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Abstract 29 

Stratocumulus clouds over the Southern Ocean have fewer droplets and are more likely to 30 
exist in the predominately supercooled phase than clouds at similar temperatures over 31 
northern oceans. One likely reason is that this region has few continental and anthropogenic 32 
sources of cloud-nucleating particles that can form droplets and ice. In this work, we present 33 
an overview of aerosol particle types over the Southern Ocean, including new measurements 34 
made below, in and above clouds in this region. These measurements and others indicate that 35 
biogenic sulfur-based particles >0.1 m diameter contribute the majority of cloud 36 
condensation nuclei number concentrations in summer. Ice nucleating particles tend to have 37 
more organic components, likely from sea-spray. Both types of cloud nucleating particles 38 
may increase in a warming climate likely to have less sea ice, more phytoplankton activity, 39 
and stronger winds over the Southern Ocean near Antarctica. Taken together, clouds over the 40 
Southern Ocean may become more reflective and partially counter the region’s expected 41 
albedo decrease due to diminishing sea ice. However, detailed modeling studies are needed to 42 
test this hypothesis due to the complexity of ocean-cloud-climate feedbacks in the region. 43 
  44 
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 45 

1 Introduction 46 

The concentrations of many aerosol types over Southern Hemisphere oceans are lower than 47 
over Northern Hemisphere oceans [Heintzenberg et al., 2000] due to fewer anthropogenic 48 
and continental sources. Many of these particles act to nucleate clouds, either as liquid 49 
droplets or ice. Low-level marine clouds are especially susceptible to changes in cloud 50 
condensation nuclei (CCN) because of their typically small droplet concentrations [Platnick 51 
and Twomey, 1994]. Approximately 90% of the Southern Ocean (SO) is covered by clouds 52 
[Eastman et al., 2014], especially low clouds that are radiatively important, but not well 53 
represented in global climate simulations [Trenberth and Fasullo, 2010; J E Kay et al., 2016]. 54 
SO clouds also are more likely to be supercooled than at similar temperatures in the Northern 55 
Hemisphere [Huang et al., 2012], with models overestimating glaciated cloud amount [J Kay 56 
et al., 2016]. Thus, the properties of ice nucleating particles (INPs) are also of interest. 57 

The ability of an aerosol particle to grow into a cloud droplet depends largely on its size, 58 
mass and water-affinity of hygroscopic material, and the environmental conditions. Over the 59 
SO far from anthropogenic pollution, there are two dominant types of CCN: sea spray and 60 
bubble-generated particles emitted directly from wind-driven disturbance of the ocean surface 61 
(“primary” formation) and marine biogenic particles created through condensation of gas-62 
phase precursors (“secondary” formation). These two CCN types will be referred to in this 63 
paper as SS-CCN and MB-CCN, respectively.  64 

SS-CCN are composed of inorganic elements present in bulk seawater, as well as organic 65 
material (in bulk seawater and that which consolidates in the sea surface microlayer) that may 66 
be present as a surface-active film on the particle surface [Blanchard, 1964; Middlebrook et 67 
al., 1998]. SS-CCN can range in size from <0.1 m to 10s of m in diameter [Gong, 2003] 68 
and may be an important SO CCN source [Pierce and Adams, 2006], particularly in winter 69 
months when biological activity is low [Vallina et al., 2006; Gras and Keywood, 2017].  70 

SS-CCN are mainly related to windspeed near the ocean surface, with changes in sea-spray 71 
aerosol possible even in the pre-industrial climate due to windspeed variations on interannual 72 
and decadal time scales [Xu et al., 2015] A 39-year record of wind speeds at Macquarie 73 
Island (55°S) showed that surface wind speeds have been increasing at a rate of about 4 74 
cm/s/year at that site [Hande et al., 2012]. More recently, Young and Ribal [2019] used a 33-75 
year satellite record to show that mean low-level windspeeds are increasing over the SO at a 76 
greater rate (~2 cm/s/yr) than anywhere else on earth. Extreme winds were shown to be 77 
increasing even more rapidly, at ~5 cm/s/yr. Korhonen et al. [2010] calculated that the wind-78 



4 
 

driven increases in sea-spray CCN number between 1980/82 to 2000/02 were sufficient to 79 
counteract expected radiative forcing changes due to greenhouse gas emissions and ozone 80 
loss in the 50-60°S latitude zones.  81 

MB-CCN can be composed of both sulfur and carbonaceous compounds. MB-CCN over the 82 
remote oceans originate primarily from biological gases lofted into the troposphere, where 83 
they form new particles and grow by condensation and coagulation to CCN sizes [Bates et 84 
al., 1998; Clarke and Kapustin, 2002; Quinn et al., 2017]. Gas to particle conversion is 85 
thought to occur mostly through a dimethyl sulfide (DMS) to methane sulfonic acid (MSA) 86 
or sulfur dioxide vapor to sulfuric acid or MSA aerosol pathway [Chen et al., 2018]. 87 
Conversion of the particles to ammonium bisulfate or sulfate may then occur when sufficient 88 
ammonia vapor is present. New particle formation may be aided by the presence of iodine 89 
[O'Dowd et al., 2002; Saiz-Lopez et al., 2007], organics [Donahue et al.], mercury 90 
[Humphries et al., 2015], or ions [Yu and Gan, 2010; Jokinen et al., 2018] 91 

During the austral spring and summer, favorable phytoplankton growth conditions of minimal 92 
sea ice, warmer temperatures, and enhanced light [Petrou and Ralph, 2011] lead to “blooms” 93 
which enhance biological emissions to the atmosphere. Nutrients and diatoms released in the 94 
spring from melting sea ice and icebergs [Smetacek and Nicol, 2005] and ocean circulation 95 
changes favoring enhanced upwelling in summer months also contribute important raw 96 
ingredients for phytoplankton growth [Tremblay and Gagnon, 2009]. Over the Southern 97 
Hemisphere oceans, the approximately 3-fold increase in CCN concentrations between winter 98 
and summer months [Boers et al., 1998] is mostly due to MB-CCN produced from ocean 99 
phytoplankton emissions [Vallina et al., 2006; Korhonen et al., 2008; Gras and Keywood, 100 
2017].  101 

This summertime increase in MB-CCN number has been observed to elevate SO 102 
stratocumulus cloud droplet concentration and lower droplet effective radius; the calculated 103 
enhancement in cloud albedo for the same liquid water path [Boers et al., 1998] would result 104 
in less shortwave radiation reaching the surface. McCoy et al. [2015] found that ocean 105 
chlorophyll-a was correlated with cloud droplet number over the ocean at 35-55°S latitudes 106 
and also inferred that MB-CCN had a strong influence cloud albedo. Engström et al. [2015] 107 
measured positive perturbations in cloud albedo at higher southern latitudes that aligned with 108 
areas of high ocean chlorophyll.  Chlorophyll-a concentrations during phytoplankton blooms 109 
over the SO were also related to a reduction in precipitation, presumably due to enhanced 110 
MB-CCN producing smaller droplet sizes [Krüger and Graßl, 2011]. 111 

Recent ocean modelling studies predict myriad impacts on ocean biota at polar latitudes in a 112 
warming climate. Predicted climate changes in the Southern Ocean region may influence 113 
marine nutrient transport [Moore et al., 2018], ocean uptake of CO2 [Gray et al., 2018] and 114 
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ocean acidification [Westwood et al., 2018]. If phytoplankton populations change in the 115 
future, so may concentrations of cloud nucleating particles and cloud properties.  116 
 117 
Some recent global modelling studies predict changes in CCN and cloud properties in 118 
response to prescribed changes in phytoplankton loadings (e.g., [Wang et al., 2018]), and 119 
have implemented marine biogenic CCN parameterizations based on simulated monthly 120 
mean concentrations of ocean surface biogenic constituents [Wang et al., 2020]. While 121 
simulations indicate these biogenic CCN may impact simulated cloud radiative forcing over 122 
the Southern Ocean [Zhao et al., 2020], work remains in incorporating expected ocean biota 123 
changes in this region and in carefully evaluating the cloud-nucleating particles against 124 
observations. For example, Schmale et al. [2019] presented elevated MSA and CCN 125 
concentrations over high chlorophyll regions near Antarctica and found that even the 126 
GLOMAP aerosol process model underestimated CCN by over 50% in the region. 127 
Additionally, coupled ocean-atmosphere simulations targeted at investigating future 128 
phytoplankton loadings highlight complex interactions between biological activity, cloud-129 
nucleating particles, cloud occurrence and albedo, and mineral dust (nutrient) deposition over 130 
the southern hemisphere that are not currently fully elucidated [Gunson et al., 2006], 131 
motivating further investigations of complex Southern Ocean region’s response to warming. 132 

Ocean biological activity also can be an important source of INPs in some environments. 133 
Vergara-Temprado et al. [2018] calculated that low INP concentrations over the SO are a 134 
major factor in maintaining supercooled clouds there, with important radiative impacts. Prior 135 
to The Southern Ocean Clouds, Radiation, Aerosol Transport Experimental Study 136 
(SOCRATES) campaign described here, observations of SO INP number concentrations were 137 
limited to ship-based measurements [Bigg, 1973; McCluskey et al., 2018b]. The latter study 138 
documented low INP concentrations over the SO compared to continental regions and that 139 
INPs within the marine boundary layer (MBL) were dominated by marine sources. There are 140 
at least two types of marine INPs that can nucleate ice at the relatively warm temperatures 141 
(T>~255K) prevalent in SO low-level clouds. Microbes such as bacteria, viruses and diatom 142 
fragments can be lofted into the atmosphere directly and act as INPs [Bigg and Leck, 2008; 143 
Després et al., 2012; McCluskey et al., 2018a].  In addition, smaller organic biomolecules 144 
that have INP properties can be produced in bubble bursting from jet drops containing bulk 145 
seawater or from film drops more representative of the composition of the sea-surface 146 
microlayer [Wilson et al., 2015; McCluskey et al., 2018a]. These types of biogenic INPs are 147 
expected to dominate INP number at low altitudes over remote marine regions like the 148 
Southern Ocean [Burrows et al., 2013; McCluskey et al., 2018b] and may be co-emitted with 149 
inorganic seawater components. Mineral dust is another important INP type that nucleates ice 150 
more efficiently than marine aerosol for a given aerosol surface area at temperatures colder 151 
than about 263K (e.g., DeMott et al., 2016). Dust is present in much lower concentrations 152 
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over the SO relative to the tropical and northern oceans [Heintzenberg et al., 2000; Jickells et 153 
al., 2005], so that the productivity of SO phytoplankton tends to be iron limited except in 154 
upwelling regions [Jickells et al., 2005]. Despite relatively low dust concentrations, 155 
modelling studies that predicted Southern Ocean INPs associated with simulated marine and 156 
dust aerosol found that even small amounts of dust aerosol transported from far distances 157 
may serve as an important source to Southern Ocean INP populations at cloud relevant 158 
altitudes [McCluskey et al., 2019]. 159 

In this paper, we present new atmospheric aerosol measurements that support oceanic 160 
phytoplankton as a significant source of both primary and secondary SO cloud nucleating 161 
particles. We then use these and other SOCRATES results, as well as those from past 162 
experiments and published modelling studies, to discuss ways in which these particles could 163 
change and influence cloud properties in a future climate. 164 

2 Experiment 165 

SOCRATES was conducted with the National Science Foundation’s Gulfstream-V aircraft in 166 
the austral summer, January and February of 2018. The aircraft flew south from Tasmania in 167 
Australia, typically conducting a survey leg southbound at about 6 km altitude, then returning 168 
northbound with ten-minute legs at 150 m above the ocean surface, within low-level layer 169 
clouds, and about 300 m above the cloud tops. Aircraft measurements covered about 49°S to 170 
61°S latitudes, where a variety of windspeed and cloud temperature regimes and warm, 171 
supercooled, mixed-phase, and fully glaciated clouds were encountered. Temperatures of the 172 
low level clouds sampled by the aircraft ranged from about 253K to 283K. Shipboard 173 
measurements extended farther south to the Antarctic ice shelf through the associated 174 
CAPRICORN-2 cruise on the RV Investigator during the same period. During summer 175 
months, sea ice retreats almost to the Antarctic continent at the longitudes south of Australia 176 
[Frey et al., 2018]. Figure 1 shows the location of the SOCRATES flight tracks, as well as 177 
the CAPRICORN-2 cruise data, superimposed on ocean chlorophyll-a concentration from the 178 
MODIS satellite sensor. 179 

Aerosol impactor samples in cloud nucleating size ranges were collected in clear air below 180 
clouds (at 150 m above the ocean surface) and in the free troposphere above clouds. Cloud 181 
residual particles were also collected in clouds using a Counterflow Virtual Impactor (CVI) 182 
inlet [Noone et al., 1988]. In cloud, the CVI rejects interstitial aerosol using a dry 183 
counterflow airstream, while collecting and evaporating droplets which are then evaporated 184 
so individual non‐volatile droplet residuals  are collected. The CVI inlet and porous tube 185 
were composed of titanium and the sample lines were stainless steel. The CVI inlet was 186 
heated to ~50°C during cloud sampling in order to evaporate cloud droplets, and the sample 187 
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stream was maintained at 40°C to prevent condensation prior to measuring the associated 188 
water vapor with a tunable diode laser hygrometer. Ambient aerosol particles were collected 189 
below and above cloud by periodically turning off the CVI counterflow airstream and heaters 190 
to minimize losses of volatile species during sample collection. Particles were collected with 191 
a two-stage impactor onto carbon-coated electron microscope grids (for elemental analysis) 192 
and onto silicon nitride membrane windows (for organic functional groups) in two dry 193 
diameter ranges of about 0.1-0.5 m and 0.5-5 m. (These physical diameters assume 194 
spherical particles with densities of 2 g cm-3 at 1000 mb.) Impactor substrates were stored 195 
immediately after flights and held for off-line analysis below 0°C.  196 
 197 
The single-particle elemental composition of selected samples was measured via analytical 198 
Scanning Transmission Electron Microscopy (STEM) using Energy Dispersive X-ray 199 
Spectroscopy (EDS) at Colorado State University; these results are presented in Sections 200 
3.1.1 and 3.1.3. Organic functional groups in single particles were analyzed via a different 201 
technique, Soft X-ray Scanning transmission X-ray microscopy (STXM) using Near-Edge X-202 
ray Absorption Fine Structure (NEXAFS), at the Lawrence Berkeley National Laboratory; 203 
these results are presented in Section 3.3. Technique and categorization for the STEM and 204 
STXM analysis are described further in the Supporting Information. Samples from clouds or 205 
ambient air containing drizzle or ice were not analyzed due to the possibility of breakup 206 
producing spurious particles [Twohy et al., 2003; Craig et al., 2013], which biases our in-207 
cloud samples toward non-precipitating clouds. Figure 1 (left) shows the location of the 208 
below-cloud, in-cloud and above-cloud single-particle samples used in our Figure 2 analysis. 209 

Ice nucleating particles were measured directly with a continuous flow diffusion chamber 210 
CFDC-1H [DeMott et al., 2015]. The aircraft-based CFDC sampled from the HIAPER 211 
modular inlet outside of cloud and the CVI inlet within clouds to enhance INP detection 212 
limits. A pre-impactor with a 50% cut size of 2.5 m aerodynamic diameter was also 213 
employed to assure discrimination of ice crystals grown within the CFDC from larger aerosol 214 
particles. INPs were also measured with a CFDC aboard the RV Investigator in 215 
CAPRICORN-2, and for that instrument an aerosol concentrator and a 1.5 m pre-impactor 216 
was used (see Supporting Information). Ice crystals grown in the CFDCs and their associated 217 
INPs were collected with a single-stage impactor (4.0 m aerodynamic diameter) onto similar 218 
substrates and their residuals were analyzed via the same single-particle techniques as for the 219 
below cloud, in-cloud residuals and above cloud particles. Figure 1 (right) shows the location 220 
of the ice nucleating particle samples used in our analysis and compiled in Section 3.2. Wing 221 
and cabin-mounted Ultra-High Sensitivity Aerosol Spectrometers (UHSAS, 0.06-1 µm 222 
diameter, Droplet Measurement Technologies) were also used for aerosol size distribution 223 
measurements aboard the aircraft. 224 
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 225 

Figure 1. SOCRATES aircraft flight tracks (dark green lines) and CAPRICORN-2 ship 226 
cruise (blue lines) over the Southern Ocean in 2018. These are superimposed on ocean 227 
chlorophyll-a concentrations from the MODIS instrument on the Aqua satellite for 2003-228 
2019 during austral summer (Dec 21-Mar 20). The bold part of the ship track shows the 229 
southbound track latitudes with chemical data shown in Table 1. On the left, locations of the 230 
aircraft STEM single-particle samples are shown in purple, blue and green, for above cloud, 231 
in cloud and below cloud, respectively. On the right, locations of the INPs collected behind 232 
the CFDC instrument are shown for the aircraft samples in red and for the ship samples in 233 
orange.  234 

Other measurements on the RV Investigator included in this work were bulk aerosol 235 
composition and cloud condensation nuclei (CCN) concentration. The aerosol observation 236 
capability onboard the RV Investigator is briefly described in Humphries et al. [2019]. 237 
Aerosols were sampled via an inlet located 18.4 m above sea level.  A Time-of-Flight 238 
Aerosol Chemical Speciation Monitor (ToF-ACSM, Aerodyne Research) was used to 239 
determine the chemical composition of aerosols between 0.04 m and 1 m diameter, 240 
although transmission of  <0.1 m particles is less than 100% [Fröhlich et al., 2013]. More 241 
information on the handling of ToF-ACSM data can be found in the Supporting Information. 242 
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Concentrations of cloud condensation CCN were measured using a continuous-flow 243 
streamwise thermal-gradient CCN counter (CCNC, Model CCN-100, Droplet Measurement 244 
Technologies).  245 

3 Results 246 

3.1 Aerosol Particle Composition 247 

3.1.1. Elemental Composition of Single 0.1-0.5 m Aerosol Particles 248 

In this section, the composition of single particles in the 0.1-0.5 m diameter size range at 249 
different altitudes is presented. Marine CCN number concentration at cloud relevant 250 
supersaturations is dominated by particles smaller than 0.5 m diameter because they are 251 
more abundant than larger particles [O'Dowd et al., 1997a]. However, the minimum size of 252 
particles activated into droplets can vary with environmental conditions and aerosol particle 253 
composition. To assess the representativeness of the 0.1-0.5 m population as CCN for 254 
SOCRATES, the mean number concentrations of particles 0.1 m to 1.0 m during the 255 
below-cloud sample periods were compared to the mean cloud droplet number concentration 256 
in the nearest low cloud leg. The wing-mounted UHSAS was used for the aerosol 257 
concentration measurement or, if those data were not available, the rack-mounted UHSAS 258 
behind the CVI was used. The 0.1 m to 1.0 m number concentration ranged from 71% to 259 
194% (median 98%) of the cloud droplet number concentration (which varied from 31 cm-3 260 
to 207 cm-3). Also, the particle number concentration between 0.5 m and 1.0 m was a 261 
small fraction (typically ~5%) of the total number concentration between 0.1 m and 1.0 m. 262 
Thus barring significant coalescence, particles in the 0.1 to 0.5 m diameter range were 263 
representative of the CCN population in many clouds over the SO.  264 

Figure 2a shows the fraction by number of different particle composition types measured for 265 
the 0.1-0.5 m diameter SOCRATES particle population. (Figure 2b shows the >0.5 m 266 
particle population, which will be discussed later in section 3.1.3). Mean values for three 267 
different types of samples are included, those below cloud at about 150 m above the ocean 268 
surface, in-cloud residual particles, and above clouds. 269 
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 270 

Figure 2. a) Fraction by number of different particles ~0.1-0.5 m dry diameter sampled 271 
below cloud at 150 m altitude (green), within cloud droplets (blue) and in the free 272 
troposphere (purple) as measured by STEM (details in Supporting Information Text S1 and 273 
Table S1). Color bars are the means of all samples from different flights. Orange bars 274 
represent the range for n individual samples (below cloud: n=6; in-cloud: n=3; above cloud: 275 
n=2). Since particles in this size range were found to be partially volatile with the CVI 276 
heaters on, 150 m and above cloud samples were only analysed for later flights (#11-#15) 277 
when heaters were turned off. 791 particles total are included. b) Fraction by number of 278 
different particles ~0.5-5 m dry diameter sampled at 150 m (green), within cloud droplets 279 
(blue) and in the free troposphere (purple). Color bars are the means of all samples from 280 
different flights. Orange bars represent the range for n individual samples (below cloud: n= 6; 281 
in-cloud: n=3; above cloud: n=3). 364 particles total in the large size range were analyzed.  282 

The 0.1-0.5 m diameter particles were dominated by sulfur-based particles, with the highest 283 
number fraction of these in the above-cloud aerosol (Figure 2a). These particles are also 284 
likely to have some organic components that cannot be detected by STEM for these small 285 
particle sizes [Saliba et al., 2020], particularly if they are volatile. However, based on the 286 
consistently high sulfate to organic mass content presented later from the ship-board ToF-287 
ACSM data (Table 1), we expect sulfate to be present at higher mass levels than organics in 288 
the >0.1 m particles, which represent most of the sub-micron particle mass and much of the 289 
accumulation mode number. The second-most frequent particle type in this size range was 290 
defined as sodium-based sea-spray (SS), which was most numerous at 150 m and in cloud 291 
residuals. There were two types of sodium-based sea spray: particles comprised of mostly 292 
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NaCl (with other inorganic and organic sea-spray components), and those in the sea-spray 293 
“high S” category, which also had sodium but were enriched in sulfur and depleted in 294 
chlorine due to uptake and condensation of sulfur gases [McInnes et al., 1994]. Almost half 295 
of the SS particles in this smaller size range had sulfur enrichment. The mean composition for 296 
3 in-cloud residual samples in this size range was 68% sulfur-based and 31% for sea-spray. 297 
These measured in-cloud ratios are consistent with compositional CCN number fraction at 298 
0.2-0.3% critical supersaturation as calculated from aerosol data by Quinn et al. [2017]’s 299 
Figure 4a, as well as the summer biogenic CCN fractions calculated by Gras and Keywood 300 
[2017] and Fossum et al. [2018]. SS-based particles were detected by the STEM down to 0.1 301 
m in diameter, but were larger overall, with median measured diameters of 0.28 m vs 0.18 302 
m for the S-based particles in size-resolved below-cloud samples. While substantially more 303 
droplets activate on S-based particles than on SS in this size range in summertime SO clouds, 304 
SS may be important in influencing peak cloud supersaturation and thereby cloud droplet 305 
number [Fossum et al., 2020]. Externally mixed organics, high K-combustion particles, and 306 
crustal (mineral) dust and metals were detected in the <0.5 m population at various heights, 307 
but at less than 3% by number.  308 

For the 150 m particles, some variation in composition was seen from case to case 309 
[McFarquhar et al., 2020], but in all but one of the six cases, sea-spray was secondary in 310 
number to sulfur-based particles. The dominance of sulfur-based particles in the 0.1-0.5 m 311 
size range (and thus as CCN that influence cloud droplet number) is expected in the spring 312 
and summer months over the SO. As discussed in the Introduction, favorable conditions for 313 
phytoplankton growth leads to enhanced biological sulfur emissions and nucleation of new 314 
particles, often in the cold, clean free troposphere. Nucleation is usually suppressed within 315 
the warmer MBL where pre-existing sea-spray surface area is high. McCoy et al. [2021] 316 
found that at the latitudes probed by the SOCRATES aircraft, enhanced concentrations of 317 
small (0.01-0.08 m) particles were frequently observed aloft over a wide area of the free 318 
troposphere, often in airmasses having undergone convective uplift. Those observations 319 
support the theory of secondary particle formation occurring in the free troposphere over the 320 
world’s oceans, where they then grow by condensation and coagulation to CCN sizes before 321 
being re-entrained into the marine boundary layer [Clarke et al., 1996; Bates et al., 1998; 322 
Clarke and Kapustin, 2002; Quinn et al., 2017]. However, as discussed in Section 4.1, the 323 
free troposphere may not be the only origin of marine biogenic CCN over the SO. 324 

 325 
  326 
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3.1.2. Submicron aerosol bulk composition 327 

To investigate further the source and composition of sulfur-based aerosol particles in the 328 
region, shipboard measurements were used to examine the changes in submicron aerosol 329 
mass composition and CCN concentration for different latitude bands. During the same 330 
January-February time period as the aircraft measurements, sulfate aerosol mass peaked at 331 
latitudes to the north of 50°S and to the south of 62°S (Table 1). This is similar to the 332 
latitudinal dependence of chlorophyll-a (Figure 1), and is consistent with biological sources 333 
of particles to the north and south of ~50-60°S. CCN concentrations [Sanchez et al., 2021] 334 
also peaked in air to the north and south and were highly correlated with sulfate 335 
concentrations (r2=0.77 for 1 hr averages). Ammonium and nitrate mass were both below 336 
their detection limits along the track, even for areas with higher sulfate values, consistent 337 
with low oceanic sources of ammonia and nitrate [O'Dowd et al., 1997b; Jokinen et al., 338 
2018]. Because of relatively high detection limit for ammonium, the molar ratio of 339 
NH4+/SO42- can’t be reliably calculated from these data. However, it can be estimated to be 340 
about 0.5 from average NH4+ and SO42- concentrations of 0.042 µg m-3 and 0.420 µg m-3, 341 
respectively, measured over the summertime SO by [Xu et al., 2013]. This is consistent with 342 
an acidic sulfate aerosol with compositions varying between sulfuric acid and ammonium 343 
bisulfate [O'Dowd et al., 1997b].  344 
 345 
Table 1.  346 

Submicron Aerosol Composition and CCN Number Concentration for 3 Latitude Ranges 347 

Latitude SO4
2-  

µg m-3 

NH4
+  

µg m-3 

NO3
-  

µg m-3 

Organic  

µg m-3 

MSA 

µg m-3 

CCN 0.3% 

cm-3 

45°S-50°S 0.320 (0.122) BDL BDL BDL BDL 230 (82) 

50°S-62°S 0.112 (0.076) BDL BDL BDL BDL 116 (55) 

62°S-65.7°S 0.352 (0.113) BDL BDL BDL 0.030 (0.014) 241 (65) 

Note. Submicron aerosol concentration from shipborne ToF ACSM and CCN number concentration at 348 
0.3% supersaturation from shipborne CCN counter during southbound portion of CAPRICORN-2 349 
ship cruise (14 Jan 2018-1 Feb 2018). Numbers in parenthesis are measurement standard deviations 350 
for the latitude range. A collection efficiency of 1.0 was assumed for the ACSM data. BDL is below 351 
the detection limit of 0.013 µg m-3 for sulfate, 0.178 for ammonium, 0.007 for nitrate, and 0.086 for 352 
organics, and 0.022 for MSA. MSA was not calibrated specifically for this instrument, but is included 353 
to show the increase south of  62°S. See Supporting Information for more ACSM details. 354 
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Organic aerosol mass was also usually below its detection limit and was always much lower 355 
than sulfate. For brief periods between 45°S -50°S when organic mass was above its detection 356 
limit, the sulfate to organic mass ratio was about 0.2, so we consider that to be an upper 357 
bound. The dominance of sulfate over organic matter in the summertime SO submicron 358 
particles has also been documented by Fossum et al. [2018]. In that cruise south of South 359 
America, organic matter measured with a ToF aerosol mass spectrometer only comprised 360 
2%-7% of the submicron particle mass. While apparently low over this part of the SO, 361 
organic mass can be significant in some marine environments, particularly in maller particles 362 
[O'Dowd et al., 2004] which may not contribute much mass [Saliba et al., 2020]. Also, since 363 
refractory sea-spray is inefficiently measured by ACSM-type instruments [Frossard et al., 364 
2014], organic mass and excess sulfate on sea-spray particles will be underestimated by this 365 
technique.  366 

The response of time-of-flight aerosol mass spectrometers to MSA has been shown to be 367 
instrument-specific [Hodshire et al., 2019], so these measurements are used qualitatively. 368 
MSA was in the noise until south of 62°S, where it increased to detectable levels and 369 
covaried with the sulfate mass (Table 1). Since DMS is the only source of particulate MSA, 370 
this indicates increased biogenic activity over recently sea-ice free, upwelling waters near 371 
Antarctica. Others have also found that MSA increases at high southern latitudes [Davison et 372 
al., 1996; Heintzenberg et al., 2000; Quinn et al., 2000; Xu et al., 2013], and it has been 373 
observed to reach up to ~50% of sulfate mass in Antarctic regions during summer [Read et 374 
al., 2008; Chen et al., 2012; Jung et al., 2019].  375 

These data, taken together with the high volatility of the SOCRATES submicron aerosol 376 
[McCoy et al., 2021] indicate that the ~0.1-0.5 m particles measured over the SO that 377 
comprise most of the CCN number were dominated by biogenically-produced acidic sulfate, 378 
probably with some contribution from biogenic MSA and organic material [Saliba et al., 379 
2020]. There is also a smaller but significant contribution to ~0.1-0.5 m particle number 380 
from sodium-based sea-spray, often internally mixed with excess sulfur from atmospheric 381 
processing.  382 

3.1.3. Elemental composition of single >0.5 m aerosol particles 383 

Figure 2b shows that particles in the >0.5 m size range were dominated by sodium-based 384 
sea-spray in the MBL, both below cloud at 150 m and in cloud. Fewer of these larger sea-385 
spray particles showed sulfate enrichment relative to those in the small size range (Figure 2a). 386 
This is consistent with their lower surface to volume ratio and longer residence times in the 387 
atmosphere for condensation of acidic gases to occur  [McInnes et al., 1994; Song and 388 
Carmichael, 1999], and size-dependent cloud chemistry [Twohy et al., 1989]. Below cloud, 389 
about 10% of the large SSA particles were enriched in calcium and/or magnesium. This 390 
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enrichment has been noted by others (Keene et al. [2007]; [Gaston et al., 2011]; Salter et al. 391 
[2016]), and is presumed to be due to the presence of coccolith fragments [Hawkins and 392 
Russell, 2010] or to the binding affinity of cations to organic substances present in the sea 393 
surface microlayer [Jayarathne et al., 2016]. Marine aerosols with enhanced magnesium and 394 
calcium relative to sodium have also been correlated with periods of enhanced marine 395 
biological activity as indicated by chlorophyll-a and DMS [Gaston et al., 2011].  396 

By mapping of elements in individual particles (one example in Figure 3), we found that 397 
many of the sea-spray particles in the larger size range had detectable amounts of 398 
carbonaceous material surrounding the primary NaCl crystal. This internal mixing of organics 399 
with sea-salt has been noted by Middlebrook et al. [1998], Russell et al. [2010], and others, 400 
with the organics thought to be biogenic compounds that are mixed in sea-spray droplets 401 
from near the surface ocean. These organic coatings on sea spray particles may be relevant 402 
for the INP population, as previous measurements of ice crystal residuals from laboratory-403 
generated sea spray aerosol included crystalline particles with organic coatings, among other 404 
particle types [McCluskey et al., 2018a]. The importance of organic material as INPs is 405 
supported by our findings of higher number fraction and different functional groups of 406 
organic INPs vs. the general population of below-cloud aerosol, discussed in Section 3.2 and 407 
3.3.  408 

The sea-spray coatings shown in Figure 3 were not just carbonaceous, however, but were 409 
usually co-located with magnesium and oxygen. Crystals of calcium, sulfur and oxygen 410 
(presumably calcium sulfate) were also observable adjacent to the NaCl crystals and 411 
sometimes co-located with the organic matter. Enrichment of Mg2+ and Ca2+ has been 412 
associated with reactions of these cations with biological exudates such as fatty acids in 413 
seawater [Bikkina et al., 2019]. The size of organic coatings on sea-spray as observed via 414 
STEM was quite variable, and may be related not only to differences in ocean biological 415 
activity but also due to relatively strong winds, which are often greater than ~8 m s-1 over the 416 
SO [Korhonen et al., 2010]. Gantt et al. [2011] found that organic mass on sea-spray aerosol 417 
was inversely correlated with mean wind speed, since breaking waves at windspeeds >8 m s-1 418 
may mix organic material from the sea surface microlayer into the deeper water column. 419 
About 1% of the particles measured in both size ranges (0.1-0.5 m and >0.5 m) were 420 
primarily organic in composition, and about 1/3 of those showed unusual morphology 421 
suggestive of primary biological particles or fragments. Based on unpublished fluorescent-422 
based data from a WIBS-4A [Twohy et al., 2016], biological particles were typically about 423 
0.1-1% of the total number of >0.8 m particles at 150 m over the region sampled, which is 424 
consistent with the STEM analysis.  425 
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 426 

Figure 3. STEM mapping analysis of an individual sea-spray particle sampled from 150 m 427 
above the ocean surface during SOCRATES. The colored images show the location of 428 
different elements (given at the top of each image) within the particle.  429 
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The composition of the large particles in the free troposphere above cloud was very different 430 
from that of the MBL aerosol, with substantial variation in composition for the three flights 431 
sampled. Though the total number of particles collected was small (n=71), a range of particle 432 
types were found above cloud, with mineral dust and metals the most common, followed by 433 
organics and sulfur-based, with a small contribution from combustion particles. Thus, this 434 
large-particle population in the free troposphere apparently has a substantial contribution 435 
from continental aerosol particles from long-range transport. Froyd et al. [2020] showed that 436 
the Saharan dust can contribute atmospheric dust to regions of the Southern Hemisphere, but 437 
Neff and Bertler [2015] found that Australia was the primary source region for dust over the 438 
SOCRATES flight area, with smaller contributions from southern Africa and New Zealand. 439 
In addition, 11% of >0.5 m particles in the free troposphere were primarily metallic, which 440 
may be from Australian mining activities known to emit atmospheric aerosol particles 441 
enriched in metals [Radhi, 2010]. While the types of metals found varied, the most common 442 
metals in all SOCRATES STEM samples were aluminum and copper, which are also 443 
elements extensively mined in Australia. 444 

We compared the number concentration of particles in the 0.5-1.0 m size range (from the 445 
UHSAS) for 10-min above-cloud legs vs 150 m legs for five flights that had well developed, 446 
single low cloud layers. Particle number concentrations above cloud ranged from about 0.02-447 
0.06 cm-3, and were only 0.5%-3% of concentrations in the same size range at 150 m. Despite 448 
the low concentrations of free tropospheric particles in this size range, mineral dust may still 449 
represent an important source of free tropospheric INPs for mid-level clouds over the SO 450 
[McCluskey et al., 2019]. This is because sea-spray aerosol are much less numerous in the 451 
free troposphere, and dust is a more efficient ice nucleator than sea-spray aerosol at 452 
temperatures below about 255K [Murray et al., 2012].  453 

3.2. Composition of Ice Nucleating Particles 454 

Six samples of INPs collected behind the CFDC on the ship cruise and four samples from the 455 
G-V aircraft were also analyzed via STEM. The  samples are expected to be dominated by 456 
INPs from the MBL, since the ship only sampled from the MBL and the aircraft sampled 457 
more total INPs from the MBL than from higher altitudes. The sizes of collected INPs were 458 
measured on the substrates (as imaged from the microscope), and ranged from about 0.1 to 459 
1.5 microns diameter, the largest size accepted due to the sampling configuration as discussed 460 
in the Experiment section and in Supporting Information. The CFDC processing temperature 461 
ranged from 241K to 246K. Because the number of ice nucleating particles found and 462 
analyzed was low (n=87), the compositions of all INP samples were averaged together in 463 
Figure 4.  464 
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 465 

Figure 4. Fractional composition by number of ice nucleating particles collected over the 466 
Southern Ocean via shipborne and airborne CFDCs at 241K to 246K processing temperatures 467 
and analyzed via STEM. 87 INPs ranging in size from 0.1 to 1.5 m physical dry diameter 468 
are included. Estimated uncertainty in fractional composition varied with particle type and 469 
size and is shown as +/- values for the dominant types of INPs.  470 

The results indicate that INPs over the Southern Ocean active were dominated by three types: 471 
organics, salt-based sea-spray, and mineral dust/metals. Organics and dust/metals were 472 
enhanced relative to their abundance in the ambient MBL aerosol samples. Note that particles 473 
in the organic category could also originate from sea-spray, but are not dominated by sodium, 474 
calcium or magnesium like the “Sea-Spray Na”, “Sea-Spray High S” and Sea-Spray Other” 475 
categories. The salt-based sea spray categories may also contain organic coatings conferring 476 
INP activity. Over 1/3 of the INPs were mainly organic, with about 1/4 of these having 477 
morphologies that likely were primary biological (microbial) particles or fragments. The 478 
other 3/4 of the organics were more amorphous but presumably were also generated from the 479 
ocean surface by the processes discussed in Section 3.2. The relatively small fraction of 480 
microbial particles and relatively higher fraction of mineral dust and metals could be 481 
reflective of the lower processing temperatures (241K to 246K) required to collect sufficient 482 
numbers of INPs in real-time with the CFDC. In particular, the lower temperature range may 483 
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favor other entities that are ice nucleating, such as mineral dust, rather than the microbial 484 
particles that may be favored at higher temperatures more representative of most SOCRATES 485 
low clouds. While the microbial type was not identified as a major INP type at lower CFDC 486 
processing temperatures in SOCRATES, it was identified as contributing at temperatures 487 
higher than 253K through heat sensitivity studies of immersion freezing INPs measured from 488 
filter-collected particles during CAPRICORN-1 [McCluskey et al., 2018b] and also in filter 489 
collections during the Measurements of Aerosols, Radiation and Clouds over the Southern 490 
Ocean (MARCUS [McFarquhar et al., 2020] study (Paul DeMott, personal communication). 491 
The diversity of marine INP types sampled during SOCRATES and associated CAPRICORN 492 
studies supports laboratory studies indicating a range of marine INP types [McCluskey et al., 493 
2018a]. Overall these results are consistent with our present knowledge of the main types of 494 
INPs present over remote oceans. 495 

3.3 Organic Functional Groups Present in Aerosol and Ice Nucleating Particles 496 

Six particle samples from 150 m above the ocean, five samples in cloud, and three free 497 
tropospheric samples were analysed for organic functional groups via STXM. All except one 498 
of these samples were from the large (>0.5 m) impactor stage, since most of the silicon 499 
nitride windows broke under the higher flow velocity required to impact smaller particles. In 500 
addition, four samples with ice nucleating particles from the CFDC instrument were 501 
analyzed. Two of these INP samples were collected from the G-V aircraft at various flight 502 
levels on 2/3/18 and 2/24/18 and two were collected in the MBL from the CAPRICORN-2 503 
ship cruise in the same region on 1/26/18 and 2/18/18. As described in the Supporting 504 
Information, approximately 200 particles total of the four sample types (150 m, cloud droplet 505 
residuals, above cloud, and INP) were analyzed via STXM for organic functional groups.  506 

Less than half of the 150 m and cloud droplet residual particles had detectable organic 507 
functional group peaks above the noise. In contrast, 73% of the INPs included a measurable 508 
carbon signal. 102 in total of the particles analyzed had enough carbon to detect organic 509 
functional group peaks, but 3 potential INPs were eliminated to their large size. The 510 
remaining 99 particles were between 0.15 and 2.7 m in dry diameter, with a median 511 
diameter of 0.74 m, so larger particles were emphasized in this analysis. Differences in size 512 
and organic properties between the different types of samples were assessed by comparing 513 
the means and standard deviations for C edge and different organic functional groups for in-514 
cloud, above cloud and INPs with the mean and standard deviation of the 150 m MBL 515 
samples. Differences significant at p ≤ 0.05 were tested using two-tailed t-tests via three 516 
different methods as described in the Supporting Information Text S2, with t-values given in 517 
Tables S2, S3 and S4. 518 
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The sizes of the particles analyzed in cloud, above cloud, and for INPs were not significantly 519 
different from the 150 m particles at the 95% probability level. Particles with detectable 520 
carbon showed no significant differences in organic content or functional groups between the 521 
22 150-m ambient aerosol samples and 23 cloud residual samples. Total carbon in INPs was 522 
63% higher than for 150-m aerosol particles in the mean, although this difference was not 523 
significant at the 95% probability level.  524 

The intensities of individual organic functional groups, however, showed several significant 525 
differences between SOCRATES INPs and the 150-m samples. INPs had significantly 526 
stronger carboxylic (COOH) peaks that can be characteristic of polysaccharide diatom 527 
exudates [Hawkins and Russell, 2010; Wilson et al., 2015], as well as carbonate (CO3) peaks 528 
that could be biological [Hawkins and Russell, 2010] or from mineral dust from long-range 529 
transport (LRT). These differences were significant even when scaling by total carbon in 530 
individual particles. INPs also had significantly stronger alkyl (C-H) groups seen in some 531 
primary marine aerosol [Hawkins and Russell, 2010]; in combination with the carboxylic 532 
peaks these may represent long-chain fatty acids that have been implicated as one type of 533 
organic IN entity [DeMott et al., 2018; McCluskey et al., 2018a]. Finally, INPs had 534 
significantly stronger C=C peaks that may be indicative of polysaccharide-type marine 535 
emissions [Hawkins and Russell, 2010]. INPs also tended to have weaker carbonyl (C=O) 536 
peaks than the 150 m samples, however this latter difference was not significant at the 95% 537 
probability level. Above-cloud particles (n=24) had much stronger carbonate peaks than 500-538 
m particles, likely due to the influence of mineral dust above the MBL. Like the INPs, they 539 
also had a significantly stronger alkyl signal. These statistics indicate that the INPs are quite 540 
different from most of the aerosol in the same size range near the ocean surface. Taken 541 
together with the STEM results (Figure 4), they suggest that biogenic marine compounds 542 
contribute to the small, but important INP population over the SO, with mineral dust and 543 
metals from long range transport contributing episodically in the free troposphere.  544 

4. Discussion 545 

4.1 Sources of Cloud Condensation Nuclei 546 

In light of the high number fraction of sulfur-based particles in the 0.1-0.5 m size range, 547 
both below and in-cloud, and their importance as CCN as discussed earlier, their sources are 548 
of interest. For the six below-cloud aerosol samples presented in section 3.1.1., the number 549 
concentration of small sulfur-based aerosols between about 0.08 m-0.5 m diameter (NS) 550 
was approximated from the measured single-particle composition and the UHSAS number 551 
concentrations. (A lower size of 0.08 m was used to include more of the aerosol 552 
accumulation mode, which tended to peak at ~0.10 m.) Substantial variation in NS was 553 
found for the different cases, ranging from a low of 29 cm-3 to a high of 224 cm-3. HYSPLIT 554 
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back-trajectories (Figure S1) revealed that while most of the sampled airmasses came from 555 
the open ocean to the west, the two highest sulfur-based aerosol concentrations were 556 
associated with southerly trajectories that had recently passed over the Antarctic continent 557 
and high chlorophyll-a waters near the sea-ice edge (Figure 1). This suggests that many of the 558 
MB-CCN may derive from the Antarctic marginal sea-ice zone. In this region, large increases 559 
in DMS ocean concentrations [Lana et al., 2011] and atmospheric flux [Webb et al., 2019] 560 
have been observed, peaking in January/February, during the same season covered by the 561 
SOCRATES measurements. Southerly back-trajectories were also associated with the highest 562 
CCN number concentrations measured by the aircraft during the entire SOCRATES flight 563 
period [McFarquhar et al., 2020; Sanchez et al., 2021]. 564 

During a springtime cruise on an Australian icebreaker ship, Humphries et al. [2016] 565 
measured enhanced concentrations of  >3 nm particles at high southern latitudes near East 566 
Antarctica. Based on airmass trajectories, they attributed the high particle concentrations to 567 
lofting of biogenic gases by the polar circulation to the free troposphere over Antarctica, new 568 
particle formation there, with subsequent descent back to the MBL related to cyclonic 569 
activity. The formation of new, ultrafine particles also has been observed directly in the 570 
summertime marine boundary layer in the Antarctic coastal zone where biological activity is 571 
enhanced [Yu and Gan, 2010; Jokinen et al., 2018; Jung et al., 2019]. The Webb et al. [2019] 572 
study found that DMS fluxes [Pandis et al., 1994] were sufficient 63% of the time to produce 573 
new H2SO4 CCN under MBL conditions on the West Antarctic Peninsula. Humphries et al. 574 
[2015] documented a springtime new particle formation event within the Antarctic pack ice 575 
region that was initiated by a brief period of cloud clearing, which enhanced solar radiation 576 
and the opportunity for photochemical reactions.  577 

Since sea-spray formation is supressed near the sea-ice edge and within ice leads [Nilsson et 578 
al., 2001], pre-existing particle surface area can be lower near Antarctica than over open 579 
water elsewhere over the SO [Yu and Gan, 2010; Humphries et al., 2015]. This and the low 580 
cold MBL temperatures could provide the opportunity for growth of recently formed particles 581 
via condensation of H2SO4 and MSA from oxidation of DMS to CCN-sized particles, aided 582 
by reactions in non-precipitating clouds [Hoppel et al., 1994]. The latitudinal trend in mean 583 
annual precipitation rate over the SO determined from combined CloudSat/precipitation radar 584 
retrievals (2007-2009) peaks at ~40°S, decreases rapidly to ~50°S and then drops off more 585 
slowly farther poleward [Behrangi et al., 2014]. Mean precipitation rate is ~30% less south of 586 
60°S than between 50°S and 60°S, so less scavenging of CCN is expected over the SO near 587 
Antarctica. In addition, high-latitude precipitation tends to be in the form of snow rather than 588 
rain [Behrangi et al., 2016], so nucleation scavenging will be suppressed. This increases the 589 
likelihood that particles nucleated in the MBL, or transported there after formation in the free 590 
troposphere, will survive to CCN sizes. Particles from the sea-ice zone over East Antarctica 591 
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can travel north to increase CCN concentrations over lower-productivity areas of the SO like 592 
those sampled by the aircraft [Humphries et al., 2016].      593 

4.2 Synthesis 594 

Based on the results from SOCRATES, CAPRICORN, and the other studies discussed, 595 
Figure 5 shows a schematic overview of the major sources of cloud nucleating particles over 596 
the SO between about 50°S and 70°S during the spring and summer months when much of 597 
the sea-ice melts. In the generally low productivity region between 50-60°S, the main source 598 
of cloud nucleating particles from the ocean surface is wind-driven sea-spray that produces 599 
SS-CCN and sea-spray INPs (SS-INP), which may include marine micro-organisms. Some 600 
biogenic gases condense on SS-CCN directly or through cloud processing in the MBL, but 601 
weather disturbances favor lofting of precursor gases to colder, cleaner upper levels. Here, 602 
exposed to ultraviolet radiation and in the low aerosol surface-area environment, they 603 
condense to form new ultrafine particles over wide regions of the SO. These grow by 604 
condensation and coagulation into primarily sulfur-based CCN that can form droplets directly 605 
in mid-level clouds (particularly given the lack of SS-CCN, which leads to higher cloud 606 
supersaturation in updrafts), or be entrained into the MBL and supplement SS-CCN as a 607 
source of droplet nuclei in lower-level clouds. In the high productivity regions south of 608 
~62°S, MB-CCN may also form from new particle formation in the free troposphere or the 609 
MBL, then grow in the MBL, particularly within the sea-ice zone. Formation and growth of 610 
new CCN is favoured in this region due to strong biological activity and DMS flux, low sea-611 
spray surface area, and cold temperatures. Some of these CCN move with airmasses to lower 612 
latitudes where they may nucleate clouds there. 613 
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 614 

Figure 5. Schematic showing sources of cloud-nucleating aerosol particles over the Southern 615 
Ocean, with approximate latitudes for high (left) and low (right) productivity areas. The 616 
diagram depicts the austral spring and summer months when sea-ice melts and light levels are 617 
high, leading to phytoplankton blooms. MBL=Marine Boundary Layer and FT=Free 618 
Troposphere.  619 

MBL clouds may remain supercooled until primary ice is formed, largely by nucleation of 620 
SS-INP. These nucleating particles may be enhanced over productive regions around 621 
Antarctica, but have a shorter lifetime than MB-CCN due to their larger size. Thus, they are 622 
less likely than MB-CCN to be carried to more northern latitudes to influence clouds there. 623 
MBL clouds may also be glaciated from ice falling from overlying mixed or ice-phase 624 
clouds.  These mid-level clouds are likely influenced by mineral dust and metallic INPs 625 
which are the main type of large particles above the MBL and are efficient ice-nucleators at 626 
the cold temperatures aloft.  627 

Not shown in Figure 5 are sinks of particles such as deposition, coagulation, and nucleation 628 
or impaction scavenging followed by precipitation, which are discussed in detail elsewhere 629 
[Dunne et al., 2014]. Cloud-related sinks are expected to be reduced in summer months, 630 
when higher MB-CCN concentrations would lead to smaller droplets, reduced 631 
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coalescence/collision, and less rainfall. These effects are similar to those of enhanced 632 
concentrations of anthropogenic CCN documented in other studies [Albrecht, 1989; 633 
Rosenfeld, 2000; Twohy et al., 2013].  634 

5. Potential Climate Implications 635 

Based on the information given above, the aerosol particle types that may be important for 636 
cloud formation over the SO are sea-spray CCN, biogenic sulfur-based CCN, sea-spray INPs, 637 
and mineral dust INPs (MD-INP). Using this and results from other studies, we consider 638 
below how number concentrations of each of these particle types may be impacted by 639 
physical factors such as higher surface winds and less sea ice expected in a changing climate. 640 
Also discussed are some studies showing aerosol changes in the warming Arctic, which has 641 
experienced substantial sea-ice loss already [IPCC, 2013]. It should be noted, however, that 642 
changes in Antarctic climate and sea-ice cover are more complex. Between 1979 and 2014, 643 
Antarctic sea ice extent actually slightly increased, then experienced a precipitous drop to 644 
below 1979 levels between 2015 and 2017 [Parkinson, 2019]. The recent changes are thought 645 
to be related to changes in atmospheric circulation which led to anomalous upper ocean 646 
temperatures in many Antarctic regions [Meehl et al., 2019]. Despite these complicating 647 
effects, Antarctic sea ice is predicted to decrease by about 1/3 in response to greenhouse gas-648 
induced warming by the year 2100 [Bracegirdle et al., 2008] and to be nearly absent by 2300 649 
[Moore et al., 2018]. 650 

5.1 Potential Changes in Cloud Condensation Nuclei 651 

5.1.1 Sea-spray CCN  652 

Further modelled increases in the Southern Hemisphere’s westerly jet may be partly offset by 653 
ozone recovery in lower CO2 emissions scenarios, but surface windspeeds are predicted to 654 
increase 2-3 m/s by 2100 over the SO in the high emissions scenario [Swart and Fyfe, 2012]. 655 
In addition to the effect of increasing windspeed, sea-spray emissions are expected to 656 
increase as a consequence of the projected increased in ocean temperature and larger exposed 657 
ocean surface, effects that have been investigated for the Arctic [Nilsson et al., 2001; 658 
Struthers et al., 2011]. Nilsson et al. [2001] found that sea-spray flux over open ocean is 659 
about 10x higher than over open leads in Arctic sea ice, and calculated a large negative 660 
climate forcing through enhanced cloud albedo that may also occur over a future Southern 661 
Ocean. Note that all these effects are positive—i.e., SS-CCN emissions are expected to 662 
increase in number in a future climate, with potential increases in low-cloud albedo that have 663 
a cooling impact on climate.  664 
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Changes not only in SS-CCN source strength, but also in sinks may occur in a future climate. 665 
Precipitation is a significant CCN sink for marine low clouds in the current climate [Wood et 666 
al., 2012], and could increase if clouds become more extensive or deeper in the future. 667 
However, the most recent climate models with more accurate cloud phase prediction show 668 
little change in SO low cloud cover or cloud thickness in a future climate [Zelinka et al., 669 
2020]. In one Arctic study using a detailed aerosol microphysics model, scavenging by 670 
drizzle was predicted to offset CCN increases from sea-ice loss [Browse et al., 2014]. On the 671 
other hand, since more SS-CCN would produce more, smaller cloud droplets, drizzle could 672 
decrease in a future climate, extending the lifetime of SS-CCN. In the Struthers et al. [2011] 673 
Arctic climate simulations which included cloud microphysics impacts, the lifetime of sea-674 
spray aerosol decreased due to enhanced wet scavenging, but was not sufficient to offset the 675 
enhanced cloud albedo effect. Thus we hypothesize that the overall effect of increasing SS-676 
CCN still would be to increase cloud droplet concentration and cloud albedo. High emissions 677 
scenarios predict a windspeed increase of 2-3 m s-1 over the SO by years 2100-2300, with 678 
expected SS-CCN increases of 40-60% [Dunne et al., 2014; Moore et al., 2018].  679 

5.1.2 Marine Biogenic CCN  680 

Here we discuss the more complex questions of the types of changes that may be expected in 681 
MB-CCN over the future SO, and how these in turn might affect clouds and climate. Unlike 682 
the year-round effects of increasing winds on SS-CCN, future changes in MB-CCN are 683 
expected to occur primarily in the late spring through early fall season when temperature and 684 
light levels are high enough to favor biological activity and oxidation reactions. As with SS-685 
CCN, higher windspeeds expected in a future climate can also impact MB-CCN. Stronger 686 
winds increase sea-air DMS flux and therefore gas to particle conversion. A mean 5% 687 
increase in MB-CCN is estimated already to have occurred between 1980 and 2002 due to 688 
this effect [Korhonen et al., 2010], with impacts on cloud properties. Stronger winds also can 689 
enhance vertical mixing in the ocean, bringing nutrients to the surface where they can 690 
stimulate phytoplankton growth [Ardyna et al., 2014].   691 

Changes in DMS emissions and MB-CCN could also occur due to the ocean biota’s response 692 
to myriad other climate-change impacts [Cameron-Smith et al., 2011]. These include 693 
migration of water mass boundaries, warming temperatures, ocean acidification, increased 694 
cloud cover, glacial melt and sea-ice retreat, which in turn affect light availability and 695 
nutrient levels [Deppeler and Davidson, 2017]. A very complex ocean biogeochemistry-sea 696 
ice-atmosphere coupled model would be required to simulate all these factors and how they 697 
may impact clouds.  Below we postulate on some of the major potential impacts. 698 

In the Arctic, an approximately 50% increase in phytoplankton net primary productivity 699 
(NPP) has already been observed associated with regional warming and reduced sea-ice 700 



25 
 

extent over a 20-year period [Arrigo and van Dijken, 2015; Kahru et al., 2016]. Higher NPP 701 
is associated with enhanced areas of open water, secondary blooms that occur in the fall 702 
[Ardyna et al., 2014], a longer annual growing period [Kahru et al., 2016], and blooms that 703 
occur at higher northern latitudes [Renaut et al., 2018]. Arctic sea-ice decline correlates with 704 
increased ocean-to-atmosphere MSA and DMS emissions as well [Sharma et al., 2012; Galí 705 
et al., 2019]. Similarly, most earth system models also predict increasing biological activity 706 
in the Antarctic, poleward of 60°S [Cabré et al., 2015; Leung et al., 2015], where many 707 
summertime MB-CCN appear to be generated. This contrasts with decreased biological 708 
activity expected in ocean areas at lower latitudes. A coupled-climate model simulation run 709 
with a strong warming scenario predicted biological effects not only directly from warming 710 
oceans, but also from increased upwelling near the Antarctic continental shelf resulting from 711 
changes in atmospheric and ocean circulation and from increased light availability with less 712 
sea ice [Moore et al., 2018]. These combined impacts are predicted to substantially increase 713 
phytoplankton primary productivity in the SO adjacent to the Antarctic continent, where 714 
nutrients become trapped along the coastal Antarctic waters and in the deep ocean.  715 

Associated increases in annual primary production of about 20% are predicted by 2100 due to 716 
increased availability of light and iron near Antarctica [Cabré et al., 2015; Leung et al., 717 
2015], with larger increases of about 50% by 2300 [Moore et al., 2018]. That biological 718 
activity currently produces enhanced CCN and cloud droplet numbers in summer months 719 
over the SO is well established [Ayers and Gras, 1991; Boers et al., 1998; Yum and Hudson, 720 
2004; Korhonen et al., 2008; Gras and Keywood, 2017]. Here we estimate that changes in 721 
MB-CCN are approximately proportional to modelled changes in primary productivity given 722 
at the beginning of this paragraph; i.e., 20% in 2100 and 50% in 2300. Taken together with 723 
expected increases in SS-CCN of 40-60% for 2100-2300, respectively (as discussed in the 724 
prior section), cloud-active CCN increases of 60-110% could occur over the SO in the future. 725 
A proportional increase in low cloud droplet number would lead to an increase in top-of-726 
cloud (TOC) visible albedo of about 0.04-0.06 (Charlson et al. [1987], Figure 1; starting with 727 
a TOC albedo of 0.5 and assuming a constant liquid water path). As discussed below, such an 728 
albedo increase has the potential to partially, but not wholly, counteract the warming effects 729 
of loss of highly reflective sea-ice in a future climate: the so-called “ice-albedo feedback” 730 
[Curry et al., 1995].  731 

Frey et al. [2018] showed that Southern Ocean clouds are optically thicker over open ocean 732 
than over sea ice, an effect thought to be driven primarily by warmer temperatures producing 733 
thicker and more liquid-phase clouds. This effect has been predicted by models for a future 734 
climate [J E Kay et al., 2016], but is not sufficient to offset the warming effects of losing sea 735 
ice since on average, the albedo associated with SO clouds over open water is smaller than 736 
the albedo over Antarctic sea ice. According to Frey et al. [2018], the top-of-atmosphere 737 
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(TOA) solar albedo is currently about 0.45 for clouds over open water, while it is about 0.61 738 
for sea ice. Thus, more shortwave radiation would be absorbed when sea ice retreats and is 739 
replaced by clouds over open water. The potential TOC visible albedo increase of ~0.05 740 
estimated above for increased CCN in the future corresponds to a TOA solar albedo increase 741 
of about 0.04 [Charlson et al., 1987]. This is only ¼ of the expected TOA decrease due to sea 742 
ice loss. Thus enhanced CCN in a future climate are unlikely to balance the albedo decrease 743 
due to predicted Antarctic sea ice loss, but could partially offset it. Note that our estimates do 744 
not include potentially increasing sea-spray emissions due to more exposed ocean area, or 745 
any feedback of DMS-related cooling into sea-ice extent, as proposed by Kim et al. [2018]. 746 

5.2 Potential Changes in Ice Nucleating Particles 747 

5.2.1 Sea-spray INPs  748 

SS-INP are expected to be generated in higher concentrations as a result of increasing 749 
windspeeds. In addition, increased biological activity associated with Antarctic sea-ice retreat 750 
would likely produce more organic material in the sea-surface microlayer, which also could 751 
lead to more SS-INP. In the Arctic, increasingly common fractures (leads) in the sea-ice are 752 
correlated with enhanced organic material on SSA just after Arctic sunrise [Kirpes et al., 753 
2019]. More SS-INP potentially could result in more extensive mixed-phase and ice clouds in 754 
the Antarctic. In fact, satellite data compiled by Listowski et al. [2019] showed that Antarctic 755 
mixed phase clouds increase near the pole after summertime sea-ice retreat, and hypothesized 756 
that this was due to more marine INPs being emitted with increased biological activity in 757 
surface waters. However, an increase in INPs would be expected to have an opposite effect 758 
on cloud radiative properties to an increase in CCN. Ice in clouds grows at the expense of 759 
cloud droplets [Storelvmo and Tan, 2015], leading to lower surface area and clouds that are 760 
optically less dense. In addition, ice enhances precipitation processes in clouds, potentially 761 
decreasing their lifetime.  Both these effects could have a climate warming impact, opposite 762 
of that of increasing CCN. 763 

SS-INP are expected to increase due to the same processes that may influence SS-CCN and 764 
MB-CCN in a future climate—higher windspeeds and enhanced biological activity. A simple 765 
approximation would be that SS-INP would increase similarly in number to SS-CCN+MB-766 
CCN, i.e., 60-110% for 2100 and 2300, respectively. This approximate doubling of SS-INP is 767 
unlikely to have as strong a radiative impact as doubling of CCN, however, because of the 768 
strong temperature dependence of INP activity. Since marine INP concentrations decrease by 769 
about a factor of 2 for each 1°C increase in cloud temperature [DeMott et al., 2016; 770 
McCluskey et al., 2018b], an increase in SS-INP number concentration of a factor of two 771 
would likely be completely offset by the 1-3°C temperature increase over the SO projected by 772 
2100 [Reisinger, 2014]. This argument is consistent with the study of Russell [2015], who 773 
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predicted that mixed-phase clouds could be inhibited in the warmer boundary layers expected 774 
in a future climate. Thus, we hypothesize that the net effect of SS-INP changes on clouds in a 775 
warming climate would be small. 776 

5.2.2 Mineral dust INPs  777 

Changes in mineral dust INPs could affect cloud precipitation, optical properties and lifetime 778 
in similar ways as changes in SS-INP discussed above. Unfortunately, there is currently no 779 
consensus on how mineral dust loadings will change over the SO in the future, due to 780 
conflicting factors affecting emission and transport [IPCC, 2013]. For example, drought-781 
related vegetation loss and increased storms producing higher winds could bring additional 782 
wind-blown dust to the SO [Woodward et al., 2005]. However, CO2 increases can also 783 
stimulate vegetation growth, while increasing storms may remove more dust from the 784 
atmosphere through wet deposition, for the opposite effect. Changes in atmospheric 785 
circulation could influence transport from continents to the remote SO as well. Thus more 786 
information is needed before any impact of changes in MD-INP on clouds over the SO 787 
reliably can be assessed. However, based on the temperature range of the low clouds sampled 788 
during SOCRATES (253K to 283K), only large increases in MD-INP could make them 789 
competitive with the more relevant SS-INP in this temperature range. This is because the 790 
major influence of mineral dust occurs below about 253K. Substantial increases in MD-INP 791 
might impact the properties of mid-level clouds, however. Also, increases in MD could have 792 
a secondary impact by depositing iron at the ocean surface. Since this nutrient is limited in 793 
many SO areas [Deppeler and Davidson, 2017], more iron could potentially impact future 794 
phytoplankton growth.  795 
 796 

6 Summary 797 

The two main CCN types in the summer MBL over the Southern Ocean in the sampled 798 
region are biogenic sulfur-based particles, which dominate the number concentration of 799 
particles 0.1-0.5 m diameter, and sea-spray, which dominates particles >0.5 m diameter. 800 
Compilation of data from this and other studies suggests that the Antarctic sea ice region is an 801 
important source of biogenic CCN in the summer months. Sulfate (and MSA) aerosol mass 802 
and CCN number are higher in the south near the Antarctic sea ice edge, where marine 803 
biological activity is enhanced in summer months. In this region the combination of high 804 
DMS flux, low sea-spray surface area, and cold temperatures can stimulate new particle 805 
production and growth, sometimes even in the marine boundary layer. Reduced precipitation 806 
in the Antarctic region relative to the open waters farther north can allow particles to grow to 807 
CCN sizes. 808 
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INPs are a different subset of the overall particle population, with STEM and STXM data 809 
showing that biogenic organics are important, with smaller contributions from mineral dust 810 
and metals from long-range transport which may be important at colder temperatures. The 811 
free troposphere over the SO has a variety of particle types, including small sulfur-based 812 
particles and larger mineral dust and metallic elements derived from long-range transport 813 
from the continents.  814 

We hypothesize that most types of cloud nucleating particles, including sea-spray CCN, 815 
biogenic CCN, and sea-spray INP likely will increase in number over the SO in a future 816 
climate, while changes in mineral dust INP are harder to predict. The combined impact of 817 
increasing SS-CCN and MB-CCN could increase top-of-atmosphere albedo by approximately 818 
0.04. This could partially but not completely offset the albedo decrease expected for a future 819 
loss of Antarctic sea-ice. The impact of changes in SS-INP is highly uncertain, but is 820 
expected to be smaller than the effects of CCN. We acknowledge that these are simple 821 
predictions for an extremely complex system. Detailed climate models that include impacts 822 
of ocean biology, air-sea interaction, and aerosol and cloud physical interactions are needed 823 
to test all aspects of this hypothesis. 824 
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