
1 
 

Ocean ventilation controls the contrasting anthropogenic CO2 uptake rates between the western 1 
and eastern South Atlantic Ocean basins  2 
 3 
Hui Gao1,2, Wei-Jun Cai2*, Meibing Jin1, 3, Changming Dong1, and Amanda H.V. Timmerman2  4 
 5 
1School of Marine Sciences, Nanjing University of Information Science and Technology, 6 
Nanjing, China. 7 
2School of Marine Science and Policy, University of Delaware, Newark, Delaware, USA.  8 
3International Arctic Research Center, Fairbanks, AK, USA. 9 
 10 
*Corresponding author: Wei-Jun Cai (wcai@udel.edu) 11 
 12 

Key Points: 13 

• Between the 1980s and 2010s, the uptake rate of CO2 in the South Atlantic Ocean was 14 
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three times that of the eastern basin. 17 
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Abstract 20 
The South Atlantic Ocean is an important region for anthropogenic CO2 (Canth) uptake and storage 21 
in the world ocean, yet is less studied. Here, after an extensive sensitivity test and method 22 
comparison, we applied an extended multiple linear regression (eMLR) method with six 23 
characteristic water masses to estimate Canth change or increase (ΔCanth) between 1980s and 2010s 24 
in the South Atlantic Ocean using two meridional transects (A16S and A13.5) and one zonal 25 
transect (A10). Over a period of about 25 years, the basin-wide ΔCanth was 3.86±0.14 Pg C decade-26 
1. The two basins flanking the Mid-Atlantic Ridge had different meridional patterns of ΔCanth, 27 
yielding an average depth‐integrated ΔCanth in the top 2000 m of 0.91±0.25 mol m-2 yr-1 along 28 
A16S on the west and 0.57±0.22 mol m-2 yr-1 along A13.5 on the east. The west-east basin ΔCanth 29 
contrasts were most prominent in the tropical region (0-20°S) in the Surface Water (SW), 30 
approximately from equator to 35°S in the Subantarctic Mode Water (SAMW), and all latitudes 31 
in the Antarctic Intermediate Water (AAIW). Less ∆Canth in the eastern basin than the western 32 
basin was caused by weaker ventilation driven by SAMW and AAIW formation and subduction 33 
and stronger Antarctic Bottom Water (AABW) formation in the former than the latter. In addition 34 
to the spatial heterogeneity, Canth increase rates accelerated from the 1990s to the 2000s, consistent 35 
with the overall increase in air-sea CO2 exchange in the South Atlantic Ocean.  36 
 37 
1. Introduction 38 

Oceanic uptake of atmospheric carbon dioxide (CO2) is a key part of the global CO2 budget. 39 
Human activities have increased the partial pressure of CO2 (pCO2) in the atmosphere from ~280 40 
ppm before the Industrial Revolution to well above 400 ppm at present (Friedlingstein et al., 2020). 41 
The ocean has absorbed 25-30% of the anthropogenic CO2 from the atmosphere and has played an 42 
essential role in regulating atmospheric CO2 concentration and our planet’s climate conditions 43 
(Sabine et al., 2004; Khatiwala et al., 2013; Le Quéré et al., 2016; DeVries et al., 2017; Gruber et 44 
al., 2019a; Friedlingstein et al., 2019). The absorbed CO2 in surface waters is then transported to 45 
the interior ocean via ventilation, that is through mode, intermediate and deep-water formation. 46 
The uptake of atmospheric CO2 has also increased seawater dissolved inorganic carbon (DIC) 47 
concentrations and decreased pH and carbonate mineral saturation (ocean acidification), with 48 
serious potential negative consequences on ocean ecosystem and biogeochemistry (Kleypas et al., 49 
1999; Orr et al., 2005; Doney et al., 2009). Thus, monitoring the anthropogenic CO2 or carbon 50 
(Canth) uptake and storage or increase rate is important for climate science and marine ecosystem 51 
research. Key challenges include reducing the uncertainty in estimating Canth via observations and 52 
modeling, as well as quantifying the spatial and decadal variations of the oceanic Canth uptake rates 53 
(Doney, 2010).  54 

The Meridional Overturning Circulation (MOC) plays a large role in the decadal variations of 55 
Canth in the Atlantic, which contains approximately 38% of the total Canth inventory although its 56 
volume is only 23% of the world ocean (Sabine et al., 2004). Overturning not only regulates the 57 
strength of ocean CO2 uptake (Pérez et al., 2013), but is also critical for the ventilation of older 58 
water masses, facilitating uptake and storage of Canth (Iudicone et al., 2011; Sallée et al., 2012). It 59 
has been suggested that decadal change of Canth is regulated by the MOC variations in the ocean 60 
interior (DeVries et al., 2017). For example, Wanninkhof et al. (2010) reported that a decadal 61 
increase in Canth inventory was anomalously higher in the South Atlantic Ocean compared to the 62 
North Atlantic during the 1990s (3.0 vs. 1.9 Pg C decade−1). Woosley et al. (2016) observed a 63 
strengthened uptake rate of Canth in both the South and North Atlantic Ocean basins during the 64 
2000s (3.7-4.4 Pg C decade−1). In the North Atlantic Ocean, the formation of deep water (North 65 
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Atlantic Deep water, NADW) and deep convection in the subpolar region represents the largest 66 
and deepest penetrated Canth uptake regions (Sabine et al., 2004; Perez et al., 2018). However, the 67 
relatively shallow isopycnal surfaces associated with mode and intermediate waters are also 68 
important carriers of Canth, as they are ventilated on time scales of a few decades or less. This 69 
ventilation on short timescales permits the transportation of Canth from the outcrop regions at the 70 
mid to high latitudes rapidly toward the ocean’s interior (Gruber et al., 2019b). An important region 71 
of oceanic Canth uptake by this mechanism is in the subtropical and subantarctic South Atlantic 72 
Ocean, where mode (Subantarctic Mode Water, SAMW) and intermediate (Antarctic Intermediate 73 
Water, AAIW) waters form and carry CO2 with them via subduction and lateral transport 74 
northward (McNeil et al., 2001; Sabine et al., 2004). Together with the deep convection process, 75 
this northward transport makes Canth's areal storage in the Atlantic twice that in the Pacific (Quay 76 
et al., 2007; DeVries et al., 2017).  77 

The Mid-Atlantic Ridge separates the Atlantic Ocean into the western and eastern basin, with 78 
different geomorphology and circulation, and thus, Canth uptake and storage rates may have both a 79 
meridional and zonal gradient. Although the Canth in the entire Atlantic Ocean has been researched 80 
using different methods (Gruber, 1998; Wanninkhof et al., 1999; Lee et al., 2003; Vázquez et al., 81 
2009; Peng and Wanninkhof, 2009; Wanninkhof et al., 2010; Woosley et al., 2016), past estimates 82 
in the South Atlantic mainly focus on the western basin (Ríos et al., 2010; Ríos et al., 2012; Salt 83 
et al., 2014). The few studies that have compared the two basins observed a higher Canth in the 84 
western than the eastern basin (Lee et al., 2003; Murata et al. 2008). Ríos et al. (2012) also 85 
indicated that the southwestern Atlantic Ocean dominates the South Atlantic sink of Canth in the 86 
western basin from 1972 to 2005. Although the above studies have directly or indirectly compared 87 
the differences between the two basins, the decadal Canth change in the eastern South Atlantic basin 88 
and the zonal Canth gradient on the two sides of the Mid-Atlantic Ridge are poorly understood. The 89 
differences between the decadal variability of oceanic Canth uptake and storage rates estimates in 90 
the Atlantic Ocean on both meridional and longitudinal directions may be caused by the study time 91 
periods, methodological differences, spatial and temporary limitations of the field observations, 92 
differences in ocean dynamic processes, and limitations on quantifying ocean circulation changes.  93 

The decadal Canth uptake fluctuation in the South Atlantic is also closely linked to the air-sea 94 
CO2 flux variations. The air-sea CO2 flux varies substantially on different timescales, especially 95 
in the Southern Ocean (Landschützer et al., 2015, 2016; Gruber et al., 2019b). The Southern Ocean 96 
carbon sink weakened significantly during the 1990s (Le Quéré et al., 2007), but strengthened 97 
rapidly after reaching a minimum around the year 2000 (Landschützer et al., 2015). The 98 
reinvigoration during the 2000s brought the Southern Ocean sink strength back to the level 99 
expected from the increase in atmospheric CO2 (Gruber et al., 2019b). These Southern Ocean 100 
fluctuations should affect CO2 uptake rate, and thus the decadal variation of Canth in the South 101 
Atlantic Ocean.  102 

In this study, we used two meridional transects in the eastern (A13.5) and western (A16S) basin 103 
and one zonal transect (A10) to explore spatial and decadal variations of Canth in the South Atlantic 104 
Ocean. First, we compared depth profiles of water properties to infer water mass distributions and 105 
transport, and the possible Canth changes from physical and biogeochemical processes. Then, we 106 
constrained the distribution and variation of Canth in the South Atlantic by comparing historical 107 
data from the 1980s to the more recent data in the 2010s. This allowed us to compare Canth between 108 
the two sides of the Mid-Atlantic Ridge in the South Atlantic Ocean. Finally, we discussed Canth 109 
distributions and changes in the context of physical oceanography (circulation of the mode and 110 
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intermediate waters) and air-sea fluxes in the eastern and western basins. A methodology study 111 
and a sensitivity test are given as an appendix.  112 
 113 
2. Study Region, Sites, and Data 114 
2.1 Description of Study Region and the Transects  115 

The study region focuses on the South Atlantic Ocean from 60°W to 20°E (Figure 1a). The 116 
Mid-Atlantic Ridge separates the eastern and western Atlantic basins and rises to a depth of ∼2000 117 
m. Meridional transects A13.5 and A16S (Figure 1a) are located, on the east and west sides of the 118 
Mid-Atlantic Ridge, respectively. Transect A13.5, along the prime meridian, was occupied in 119 
1983/1984 and 2010. Transect A16S, along roughly 25°W, was occupied in 1989, 2005, and 2013. 120 
In addition, a zonal section A10 along 30°S was occupied in 1992, 2003 and 2011.  121 

The eastward flowing Antarctic Circumpolar Current (ACC) is the most prominent feature in 122 
the southern part of the South Atlantic Ocean. The ACC forms three main fronts: Southern ACC 123 
Front (SACCF), Polar Front (PF), and Subantarctic Front (SAF) (Figure 1a, Orsi et al., 1995). To 124 
the south of the SACCF is the Southern Boundary (SB, Figure 1a, Sievers & Emery, 1978), which 125 
is the southern edge of the low oxygen layer of the Upper Circumpolar Deep Water (UCDW). To 126 
the north of the SAF is the Subtropical Front (STF), which is the oceanographic northern boundary 127 
for the Southern Ocean (Talley, 2011). North of the ACC, the Brazil Current flows poleward near 128 
the western South Atlantic boundary (Evans et al., 2017; Bryden et al., 2011; Peterson & Stramma, 129 
1991). Then it meets the cold and fresh northward Malvinas Current (Gordon & Greengrove, 1986). 130 
South America forces the Brazil-Malvinas Confluence offshore in a series of meanders, forming 131 
the eastward South Atlantic Currents. At the eastern South Atlantic boundary, the South Atlantic 132 
Currents turns northward to feed Benguela Current (Shillington, 1998; Evans et al., 2017). The 133 
Brazil Current, South Atlantic Current, and Benguela Current compose the anticyclonic South 134 
Atlantic subtropical gyre. On the north side of the subtropical gyre is the equatorial circulation in 135 
the tropical Atlantic. The tropical Atlantic is bisected by the Mid-Atlantic Ridge. The eastern 136 
tropical region is confined to the north by the African continent. The equatorial circulations are 137 
also shown in the map (Figure 1a).  138 

The South Atlantic Ocean is a key component of the global MOC (Marshall & Speer, 2012). 139 
The MOC in the Atlantic (Atlantic Meridional Overturning Circulation, AMOC) is composed of 140 
a double cell (Figure 1b). The upper cell consists of the upper ocean waters which flows northward 141 
from the South Atlantic and becomes denser in the northern North Atlantic to feed the overturn in 142 
the North Atlantic; the overturn flows out southward at depth, eventually becoming North Atlantic 143 
Deep Water (NADW). The lower cell consists of the dense Antarctic Bottom Water (AABW) 144 
which flows northward and upwells into the lower part of the NADW, disappearing by the mid-145 
latitude in the North Atlantic. 146 

There are several important water masses in the South Atlantic (Figure 1b), including Surface 147 
Water (SW, which includes Antarctic Surface Water, Subantarctic Surface Water, and Subtropical 148 
Surface Water), SAMW, AAIW, UCDW, NADW, Lower Circumpolar Deep Water (LCDW), and 149 
AABW. SAMW is located in the upper layer (~ 0-600 m) between the surface water and 150 
intermediate water, formed from the thick winter mixed layers subducted north of SAF, which is 151 
distinguished by a potential vorticity minimum and an oxygen maximum (McCartney et al., 1977) 152 
in subtropical South Atlantic. The AAIW is located between the SAMW and the UCDW (~ 500-153 
1200 m), which is characterized by a salinity minimum in subtropical South Atlantic and tropical 154 
Atlantic, and is formed from advection of fresh subantarctic surface water. NADW originates in 155 
the North Atlantic and penetrates into the South Atlantic between about 1500 and 3500 m depth 156 
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and has distinctively high salinity, high oxygen, and low nutrients. The southward NADW process 157 
is limited by interaction with the ACC. The UCDW is characterized by low oxygen and high 158 
nutrients. The LCDW includes the vertical salinity maximum derived from the NADW. The 159 
AABW forms along the coast of Antarctica, where very dense, cold near-surface shelf waters, 160 
created by ocean-atmosphere and ocean-ice interactions mix with upwelling LCDW (Doney & 161 
Hecht, 2002). The northward flowing AABW is characterized by an oxygen maxima, nutrient 162 
minima and cold waters in the bottom layer (~ 3000 m to bottom). (Rhein et al., 1998; Orsi et al., 163 
1999). 164 

 165 
Figure 1. (a) Map of South Atlantic. The red solid line represent position of A13.5 (2010), the 166 
red dashed line represent position of A16S (2013), and the red dotted line represent position of 167 

A10 (2011). The dark blue lines with arrows represents South Atlantic Ocean surface circulation 168 
schematics (Talley, 2011), Acronyms: North Equatorial Countercurrent (NECC), Northern 169 

branch of the South Equatorial Current (NSEC), Equatorial Undercurrent (EUC), Central branch 170 
of the South Equatorial Current (CSEC), South Equatorial Countercurrent (SECC), and the 171 

yellow lines represent fronts (Orsi et al., 1995), from south to north, Southern Boundary (SB), 172 
Southern ACC Front (SACCF), Polar Front (PF), Subantarctic Front (SAF), and Subtropical 173 

Front (STF); (b) water masses in the South Atlantic Ocean, and schematic diagram of the upper 174 
cell (white arrows) and the lower cell (dark arrows) of the Atlantic meridional overturning 175 

circulation (AMOC) in the South Atlantic, Water masses (along A16S) are: Surface Water (SW), 176 
Subantarctic Mode Water (SAMW), Antarctic Intermediate Water (AAIW), Upper Circumpolar 177 

Deep Water (UCDW), Lower Circumpolar Deep Water (LCDW), Antarctic Bottom Water 178 
(AABW). North Atlantic Deep Water (NADW) is located between UCDW and LCDW. Figure 179 

1(b) is constructed based on A16S 2005 data.   180 
 181 

2.2 Data  182 
Data from the A13.5, A16S and A10 cruises (Table S1) were obtained from CCHDO 183 

(https://cchdo.ucsd.edu/) and GLODAPv2.2019 184 
(https://www.nodc.noaa.gov/ocads/oceans/GLODAPv2_2019/). The two datasets were matched 185 
using their EXPOCODEs. GLODAPv2.2019 provides primary and secondary quality control to 186 
remove outliers and correct for measurement biases (Olsen et al., 2019), which are listed in Table 187 
S1. In addition, all in-situ data and acceptable data (Quality flag=2) from A13.5, A16 and A10 188 
hydrographic observations were counted. Overall, the number of acceptable total alkalinity (TA) 189 
and DIC samples were less than other variables, especially for the earlier cruises. In our study, 190 
temperature, salinity, neutral density, apparent oxygen utilization (AOU), nitrate, silicate, 191 
phosphate, and total alkalinity were considered as possible variables for our analysis. As no 192 
phosphate data is available for the A16S (2005) cruise in GLODAPv2.2019 dataset (cruise 343), 193 
data from 33RO20050111 (CCHDO) were used instead.  194 

We also used sea surface pCO2 and air-sea CO2 flux from an observation- and neural network 195 
method-based global monthly gridded sea surface pCO2 product from 1982 onward provided by 196 
Landschützer et al. (2020) (https://www.ncei.noaa.gov/access/ocean-carbon-data-197 
system/oceans/SPCO2_1982_present_ETH_SOM_FFN.html). The spatial resolution is 1°x1°, 198 
covering the global ocean including the South Atlantic Ocean.  199 

 200 
3. Methods 201 
3.1 The eMLR Method  202 

https://www.ncei.noaa.gov/access/ocean-carbon-data-system/oceans/SPCO2_1982_present_ETH_SOM_FFN.html
https://www.ncei.noaa.gov/access/ocean-carbon-data-system/oceans/SPCO2_1982_present_ETH_SOM_FFN.html
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The extended multiple linear regression (eMLR) method was developed to take advantage of 203 
the reoccupation of the World Ocean Circulation Experiment / Joint Global Ocean Flux Study 204 
(WOCE/JGOFS) hydrographic sections. WOCE/JGOFS is now organized under the international 205 
Global Ocean Ship‐based Hydrographic Investigations Program (GO-SHIP).  206 

The repeat observations made it possible to obtain the DIC concentration differences between 207 
time t1 and t2: ΔDIC (t2 − t1). Wallace (1995) proposed a multiple linear regression (MLR) 208 
approach to estimate the anthropogenic carbon change between time t1 and t2: ΔCanth(t2 − t1) using 209 
the difference in the two MLR fits, based on observations that marine inorganic carbon exhibits a 210 
strong correlation with other oceanographic variables over large areas of the ocean (Brewer, 1978; 211 
Chen & Millero, 1979). However, the estimated ΔCanth is strongly biased, primarily created by an 212 
amplification of the residuals in the two fits. To overcome this shortage, Friis et al. (2005) 213 
introduced the extended MLR (eMLR) method to estimate ΔCanth(t2 − t1) by subtracting the 214 
coefficients of the two fits. The eMLR approach removes a substantial fraction of the noise in the 215 
MLRs and tends to better separate the Canth signal from the natural variations in DIC. Thus, the 216 
eMLR method has been widely used to determine the decadal increase in Canth based on repeat 217 
hydrographic data (e.g., Friis et al., 2005; Sabine et al., 2008; Wanninkhof et al., 2010; Woosley 218 
et al., 2016; Carter et al., 2017). However, the eMLR method assumes that baseline correlations 219 
and the resulting residual fields will remain constant over time even under the effect of long-term 220 
climate changes. (Levine et al., 2008; Goodkin et al., 2011). Therefore, to obtain the reliable ΔCanth 221 
(keep the error below 20%), the eMLR method should be used for cruise data collected within 222 
three decades (Clement & Gruber, 2018).  223 

In this study, first, we carried out extensive method assessments based on statistical analysis 224 
and sensitivity study of choosing water masses and selecting parameters, and a careful comparison 225 
of several methods (see details in Appendix A and Supplementary documents). Finally, we adopted 226 
and applied a specific eMLR method to estimate the anthropogenic CO2 change (∆Canth) for the 227 
water deeper than 50 m. Our method, described below, builds on the eMLR method (Friis et al., 228 
2005) but includes several treatments to obtain optimal estimation of Canth in the South Atlantic 229 
Ocean.  230 

Step 1, water masses separation. Applying the regression equation to various isopycnal layers 231 
or characteristic water masses is a critical first step in the eMRL approach. In our study, we 232 
considered six typical water masses: SW, SAMW, AAIW, UCDW, LCDW, and AABW. They 233 
were divided into 5 layers based on neutral density (γ) (Table 1). Although other authors have 234 
found differences in Canth increase rates between AABW and LCDW (Ríos et al. 2012), due to the 235 
smaller number of sampling points in AABW (neutral density>28.27 kg m-3, Talley, 2011) and no 236 
sample’s neutral density smaller than 28.27 kg m-3 in A13.5 (2010) cruise, the data in AABW and 237 
LCDW were combined into one layer (layer 5). NADW is transformed to Circumpolar Deep Water 238 
(CDW) in the South Atlantic Ocean (Santoso et al., 2006), and the density of NADW was similar 239 
to UCDW and LCDW, so we split it between layer 4 (with the UCDW) and layer 5 using neutral 240 
density 28 as a criterial. We have also compared our approach with other approaches such as 241 
dividing water column into 14 isoneutral slabs or 25 isopycnal layers (Appendix A). 242 

 243 
Table 1. Neutral density limits for five layers and corresponding water mass. Definitions 244 
following Evans et al. (2017), Talley (2011) and Heywood & King (2002). 245 

Layer Neutral density (γ) limits Water mass 
1 γ< 26.80 Surface Water (SW) 
2 26.80 <γ< 27.23 Subantarctic Mode Water (SAMW) 
3 27.23 <γ< 27.5 Antarctic Intermediate Water (AAIW) 
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4 27.5<γ< 28 Upper Circumpolar Deep Water (UCDW) 
 27.92<γ< 28 North Atlantic Deep Water (NADW) 
5 28<γ< 28.11 North Atlantic Deep Water (NADW) 
 28<γ< 28.27 Lower Circumpolar Deep Water (LCDW) 
 γ >28.27 Antarctic Bottom Water (AABW) 

 246 
Step 2, compute C*. Since the DIC changes in water masses are influenced by both natural and 247 

anthropogenic processes, it is desirable to introduce a new variable that removes natural change as 248 
much as possible. Assuming the stoichiometric ratios are constant, the influence of natural 249 
biological processes on the DIC can be removed by creating a new variable, C*, as described in 250 
Gruber et al. (1996) following the principle described earlier (Brewer, 1978; Chen & Millero, 251 
1979). Since C* removes the carbon originating from biological processes, it captures air-sea gas 252 
exchange, including Canth uptake (Clement & Gruber 2018). In a review paper, it was concluded 253 
that in most cases the differences between the C* approach and the original DIC-based Chen 254 
approach were rather small (Sabine and Tanhua, 2009). C* is computed from measured DIC, TA, 255 
and oxygen (Gruber et al., 1996):  256 

𝐶𝐶∗ = 𝐷𝐷𝐷𝐷𝐷𝐷 − 𝑟𝑟𝐶𝐶:𝑂𝑂2𝑂𝑂2 −
1
2
�TA + 𝑟𝑟𝑁𝑁:𝑂𝑂2𝑂𝑂2�                                     (1) 257 

where the stoichiometric ratios of P:N:C:O used in this study are 1:16:117:170 (Anderson & 258 
Sarmiento, 1994). 259 

 260 
Step 3, choice of variables and combinations of regression. Several studies have shown that the 261 

results of the eMLR method are still sensitive to the selected predictors (i.e., Friis et al., 2005; 262 
Woosley et al., 2016). However, there are no universal criteria for which and how many variables 263 
should be used. Usually, variable selection is determined by assessments of the statistical fits, data 264 
availability, and data quality (Sabine et al. 2008). Salinity and temperature are used to characterize 265 
the physical properties in almost all research to date, while the majority of differences lie in the 266 
selection of nutrients (such as nitrate, silicate or phosphate), oxygen (or AOU), or TA to 267 
characterize the biological properties (Table S2). Here, we chose temperature (T, or potential 268 
temperature θ), salinity (S), neutral density (γ, or potential density σ), AOU, nitrate (N), silicate 269 
(Si), phosphate (P), and TA as possible predictors to establish the multiple linear regression (MLR) 270 
equation. The simple (Pearson) correlation coefficients between these variables were calculated to 271 
check the independence (see Additional Supporting Information: 272 
ASI_correlation_coefficients.xlsx). We selected 11 best combinations of regression according to 273 
multiple and partial correlation coefficients as well as Root Mean Square Error (RMSE) from more 274 
than 100 combinations. In previous studies, some prefer to choose temperature as a predictor, while 275 
others prefer to use potential temperature; a similar situation also exists in neutral density and 276 
potential density. In our work, both of temperature and potential temperature (neutral density and 277 
potential density) were used to test which one is better. We did not find much difference between 278 
these choices when using them as predictors in MLR (see Additional Supporting Information: 279 
ASI_correlation_coefficients.xlsx). The best choice of variables that can be used in the multiple 280 
linear regression function are given in Table 2. The mean ∆Canth based on these combinations 281 
(Table 2) of predictors for the regressions were used for the final ∆Canth (Carter et al. 2017, 2019; 282 
Gruber et al. 2019a).  283 
 284 
Table 2. Predictors used in each of 11 regressions. 285 

Regression. # T (θ) S γ (σ) AOU N Si P TA 
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1         
2         
3         
4         
5         
6         
7         
8         
9         
10         
11         

 286 
In addition, we used the “robust” multiple linear regression (Carter et al., 2017) instead of the 287 

“stepwise” regression (Wanninkhof et al., 2010; Woosley et al., 2016). Robust regression can 288 
eliminate outliers by iteratively re-estimating the regression coefficient after assigning a small 289 
weight to the measured value with large residual, so as to minimize the influence of outliers on the 290 
regression (Carter et al., 2017).  291 

In the end, the general form of the equation fit to data is as follows:  292 
𝐶𝐶∗(𝑡𝑡) = 𝐴𝐴 + 𝐵𝐵 ∙ 𝑃𝑃1 + 𝐶𝐶 ∙ 𝑃𝑃2 + 𝐷𝐷 ∙ 𝑃𝑃3 + ⋯+ 𝑅𝑅𝑅𝑅𝑅𝑅𝑅𝑅𝑅𝑅𝑅𝑅𝑅𝑅𝑅𝑅𝑅𝑅                         (2) 293 

where A is the intercept, and B, C, D … etc. are the MLR coefficients, 𝑃𝑃1, 𝑃𝑃2, 𝑃𝑃3, … 𝑃𝑃𝑛𝑛 are selected 294 
predictor variables (e.g., T, S, γ, AOU, TA, and nutrients). And the residuals are the difference 295 
between the observed C* and the fitted one (Table 2). The part of changes in biology and physics 296 
are corrected by the multiple linear regression equations. Additionally, the C* further reduce the 297 
impact of biological processes. Then, the anthropogenic CO2 change ΔCanth(t2 − t1) was estimated 298 
by subtracting the coefficients of the two fits and selected predictor variables of the later observation:  299 

∆𝐶𝐶𝑎𝑎𝑎𝑎𝑎𝑎ℎ(𝑡𝑡2 − 𝑡𝑡1) = (𝐴𝐴2 − 𝐴𝐴1) + (𝐵𝐵2 − 𝐵𝐵1) ∙ 𝑃𝑃1 + (𝐶𝐶2 − 𝐶𝐶1) ∙ 𝑃𝑃2 + (𝐷𝐷2 − 𝐷𝐷1) ∙ 𝑃𝑃3 + ⋯ 300 
                                 (3) 301 

As no TA data exists in the 1992 A10 survey, a slightly different variable, C^ (𝐶𝐶^ = 𝐷𝐷𝐷𝐷𝐷𝐷 −302 
𝑟𝑟𝐶𝐶:𝑂𝑂2𝑂𝑂2, Carter et al., 2017) was used instead to establish the MLR for A10 (They are compared in 303 
the Appendix A). Additionally, since measurements of phosphate during the 2011 A10 survey 304 
were suspect from station 64 to 112 (~21°W-46°W), regressions with phosphate and TA were not 305 
used. Finally, the mean ∆Canth from a combination of regression 1, 3, 5, 6 was used for the final 306 
∆Canth along A10 between 1992 and 2011. In order to make the ∆Canth along A10 comparable in 307 
different time periods, we used the same treatments to estimate ∆Canth along A10 between 1992 308 
and 2003 and that between 2003 and 2011. 309 

RMSE and residuals were used as eMLR error statistics, and thus helped to determine the best 310 
combinations and examine the uncertainty of the ∆Canth estimation (see Additional Supporting 311 
Information: ASI_RMSE_residuals.docx). The mean RMSE in our MLR fits ranged from 2.9 to 312 
4.3, with higher RMSE in SW and lower RMSE in the deep and bottom waters. The average 313 
residual of all 11 regressions for each cruise between the predicted and calculated C* based on 314 
observations mostly ranged from -0.69 to 0.22 µmol kg-1. Our statistic errors were similar to or 315 
slightly improved over previous studies (Lee et al., 2003; Murata et al., 2008; Wanninkhof et al., 316 
2010; Woosley et al., 2016). 317 

 318 
3.2 ΔCanth Estimation in the Mixed Layer  319 

Past studies have shown that MLR and eMLR approaches are not suitable for the mixed layer 320 
waters (Sabine et al., 2008) for the following two reasons: they are strongly affected by seasonal 321 
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physical and biological processes and the exchange rate of CO2 between seawater and atmospheric 322 
is relatively slow (~1 year). The depth of the mixed layer in the South Atlantic Ocean has a strong 323 
seasonal variation. The Mixed Layer Depth (MLD, Holte et al., 2017) is shallower in summer, and 324 
deeper in winter. The depth of summer mixed layer along A16S ranges from 16 meters to 61 meters 325 
and the depth along A13.5 ranges from 16 meters to 70 meters (Figure S1). The anthropogenic 326 
CO2 change in the mixed layer (upper 50 m) was estimated based on Carter et al. (2017), assuming 327 
sea surface pCO2 increase follows the atmospheric increase. We also confirmed that the sea surface 328 
pCO2 increase rate is similar to the atmospheric pCO2 increase rate in the South Atlantic Ocean 329 
(Figure S2, Table S3). The calculation had the following five steps: (1) calculate pCO2(t2) of the 330 
later occupation based on TA(t2), DIC(t2), and carbonate constants (Dickson & Millero, 1987); (2) 331 
determine the increase in annual mean atmospheric pCO2 (∆pCO2) between the two occupations 332 
according to the Mauna Loa observatory record (Keeling, 1986); (3) set pCO2(t1) = pCO2(t2) - 333 
∆pCO2; (4) calculate DIC´(t2), using the TA(t2) and pCO2(t1) assuming no further anthropogenic CO2 334 
uptake between the two occupations; (5) then, the anthropogenic CO2 increase is equal to the 335 
difference between the measured DIC(t2) and estimated DIC´(t2) from step 4, or ΔCanth = DIC(t2) - 336 
DIC´(t2). Note that despite its large uncertainty, ΔCanth in the mixed layer is only a small part (<0.03%) 337 
of the total ΔCanth inventory.  338 

 339 
3.3 Column Inventory Change and Total Inventory Change of Canth 340 

The column inventory of ΔCanth (µmol m-2) was estimated by integrating the gridded ΔCanth 341 
from the surface down to a specific depth, following Tanhua & Keeling (2012). 342 

Column inventory change =  ∫ ∆𝐶𝐶𝑎𝑎𝑎𝑎𝑎𝑎ℎ × 𝑟𝑟ℎ𝑜𝑜 𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑𝑑ℎ
𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠𝑠                                   (4) 343 

where ∆𝐶𝐶𝑎𝑎𝑎𝑎𝑎𝑎ℎ is the vertically interpolated anthropogenic carbon concentration change, rho is the 344 
density at in situ temperature and pressure. 345 

Total inventory change of Canth was calculated by averaging the column inventory change over 346 
meridional bands and multiplying by volume of water in that band (Woosley et al., 2016). The 347 
volumes of the South Atlantic Ocean can be found in Gruber et al. (1998) and Lee et al. (2003).  348 
 349 
4. Results  350 
4.1 Water Properties and their Decadal Changes 351 

The spatial patterns of seawater properties are indicative of the large‐scale water masses and 352 
their transport, and thus, they provide important context in explaining the spatial distributions of 353 
Canth changes. The large‐scale features along transect A16S were described in previous studies 354 
(e.g., Tsuchiya et al., 1994; Lee et al., 1997; Wanninkhof et al., 1999; Wanninkhof et al., 2010; 355 
Talley, 2011; Woosley et al. 2016) but the water properties in the eastern South Atlantic basin 356 
(along A13.5) have rarely been described. Here we compared the meridional depth profiles of 357 
water properties observed along A13.5 (2010) and A16S (2013). Salinity, AOU, nitrate, DIC, and 358 
CFC-12 were chosen to represent physical, biological and anthropogenic processes. Generally 359 
speaking, the main water property differences between transects A13.5 and A16S (Figure 2) were 360 
located in the mode and intermediate waters. Differences were also found in the deep and bottom 361 
waters (below 4000 m) in the tropical and subtropical region (north of 30°S). Similar results are 362 
also seen in the gridded differences between A16S and A13.5 in Figure S3, where the data were 363 
gridded on a 1° by 50 m grid with an inverse distance weighting (IDW) scheme (Wanninkhof et 364 
al., 2010) using a Matlab function.  365 
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Along both meridional transects, a low salinity tongue originated from surface at about 45-55°S, 366 
and then transported northward centered at about 1000 m and extended to the equator (Figure 2a 367 
& 2b). The low salinity region at the surface is indicative of the AAIW outcrop location, and the 368 
low salinity tongue represents AAIW, which is an important pathway for Canth input into the ocean 369 
interior (Brewer, 1978). The fresh-water tongue in the intermediate water was more northerly 370 
along A16S than A13.5. The water mass was also fresher along A16S than A13.5 in the deep and 371 
bottom waters (north of 30°S and below 4000 m), that is, the low salinity waters in the AMOC 372 
lower cell extends northward along the bottom Cape Basin to as far as 30°S where it meets the 373 
Walvis Ridge.  374 

AOU and nutrients are important indicators of biological processes. The highest AOU along 375 
both A16S and A13.5 were shown in the tropical region (around 10°S) at the subsurface layer 376 
(200-1200m) (Figure 2c & 2d). But the high subsurface AOU was higher and extended closer to 377 
the surface and further north along A13.5 (Figure 2d) than A16S (Figure 2c). Similar to AOU, 378 
nitrate (Figure 2e & 2f) was higher along A13.5 than A16S in the mode and intermediate waters, 379 
likely as a result of more accumulation of metabolic signals over slower and longer water transit 380 
time in the former. In addition, in the northeastern South Atlantic Ocean, a cyclonic upwelling 381 
region (Wacongne and Piton, 1992) was formed and had a large biological productivity, thus 382 
resulting in a large subsurface tropical oxygen minimum layer and nitrate maximum (Mercier et 383 
al., 2003).  Finally, DIC showed close similarities with AOU and nitrate, because that the process 384 
of controlling AOU and nitrate also affected the distribution of DIC. DIC was higher in the 385 
subtropical intermediate water where AOU and nitrate had maxima. However, nitrate, AOU and 386 
DIC were lower along A13.5 than A16S in the bottom waters north of 30°S, indicating more 387 
northward water mass expansion in the latter. 388 

Transient tracers such as the chlorofluorocarbons (CFCs) are good indicators of ocean physics 389 
and biogeochemistry processes (Fine, 2011). CFC-12 dissolve into the surface layer of the ocean 390 
and are subducted into the inner ocean during the outcrop events. It is a good tracer to trace 391 
anthropogenic signal from the atmosphere. CFC-12 was high at high latitude (48-60°S) near 392 
surface, and then it decreased with waters subducting downward and northward. Besides, high 393 
CFC-12 concentrations along both A16S (Figure 2i) and A13.5 (Figure 2j) were mainly shown in 394 
the upper 2000 m, which imply that Canth absorbed from outcrop regions during outcrop events 395 
entered the upper ocean along the pathway of subduction. Combined with salinity pattern, new 396 
AAIW in the western basin also can be recognized near 45°S by a high CFC-12 tongue, spreading 397 
northward to approximately 35°S, then turning eastward and entering into subtropical gyre 398 
(Messias & Laurent, 1998). Consistent with the observed biogeochemical tracers, the CFC-12 399 
signal was also stronger along A16S than A13.5 in the subsurface layer near the tropical region 400 
(south of 20°S). Finally, relatively high CFC-12 concentrations were observed in the AABW along 401 
A16S in particular near the Falkland Escarpment, indicating that the AABW spreads widely in the 402 
Argentine Basin (Mémery et al., 2000). In contrast, the A13.5 transect displays a weak CFC-12 403 
distribution in the bottom. However, a slightly higher CFC-12 can be found near the equator at the 404 
bottom (Fig. 2j), implying bottom water and deep water across the Mid-Atlantic Ridge through the 405 
Romanche Fracture Zone (Arhan et al., 2003). 406 

 407 
Figure 2. Vertical distribution of (a) & (b) salinity, (c) & (d) AOU, (e) & (f) nitrate, (g) & (h) 408 
DIC, and (i) & (j) CFC-12 along transect A16S (5°S-60°S) during 2013 Dec 23 – 2014 Feb 05 409 

(left), and along transect A13.5 (5°N-55°S) during 2010 Mar 08 - Apr 18 (right). The 410 
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background shading in Figure 2i and 2j denote log10(CFC-12), while the contours represent the 411 
values of CFC-12 concentration.  412 

 413 
Decadal changes of water properties are also indicative of the physical and biogeochemical 414 

variations over time, and they can be used to explain the temporary variations of Canth changes. 415 
The variation of water properties in the upper mixed layer is influenced by short-term seasonal 416 
variability. Below the winter mixed layer, the water properties are mainly affected by changes in 417 
circulation, ventilation, and remineralization of organic matter on annual to decadal time scales 418 
(Wanninkhof et al., 2010; Woosley et al., 2016). Changes in the above water properties between 419 
2010s and 1980s (about 25 years apart) for the transect A13.5 and A16S were analyzed by 420 
subtracting the gridded data of the earlier cruises from the later ones (Figure S4). Significant 421 
changes occurred in the tropical region within the surface and intermediate waters, which were in 422 
good agreement with Wanninkhof et al. (2010) and Woosley et al. (2016). Among them, DIC 423 
increased along most of the A16S (Figure S4g) and A13.5 (Figure S4h) transect, except at 1000-424 
2000 m from 5-30°S along the A13.5 transect. CFC-12 differences in the South Atlantic (Figure 425 
S4i & S4j) showed the large-scale downward and equatorward penetration from high-latitude 426 
regions. There were large increases in CFC-12 concentrations (∼1 pmol kg−1 over 20 years), which 427 
reached deeper depths near the subtropical gyre (25-45°S) due to SAMW and AAIW formation in 428 
the South Atlantic Ocean.  Relatively high CFC-12 differences between the two decades along 429 
A13.5 (Figure S4j) were persistently closer to the surface compared with that along A16S (Figure 430 
S4i), indicating deeper penetrate along the A16S.  431 
 432 
4.2 Spatial distributions of ΔCanth  433 

Anthropogenic CO2 uptake and storage increased along all three transects in the South Atlantic 434 
Ocean over the period with two common features (Figure 3). First, high ΔCanth was detectable in 435 
surface and near surface waters. Second, ΔCanth penetrated to deeper depths in the subantarctic and 436 
subtropical oceans and was limited to shallower depths in the tropical oceans.  437 

For the two meridional transects A16S and A13.5, the ∆Canth spatial patterns reflected the 438 
underlying sources from both air-sea interaction and water mass transport. High ∆Canth (more than 439 
10 µmol kg-1 decade-1) extended from the surface down to a depth of 800 m from subantarctic 440 
region (around 45°S) to tropical region (around 15°S) along A16S (1989-2013) (Figure 3a), which 441 
is comparable with the ∆Canth pattern in Woosley et al. (2016). In contrast, while ∆Canth was also 442 
high in the upper layer along A13.5 (1983-2010), it was lower than that along A16S (1989-2013) 443 
in water masses below the SAMW. ∆Canth along A13.5 from the surface down to 1000 m around 444 
25-45°S was about 5～12 µmol kg-1 decade-1 and was limited to the upper 400 m around the region 445 
north of 18°S (Figure 3b), which is similar to the Canth pattern along A14, another transect in the 446 
eastern basin (Ríos et al., 2003). The meridional distribution pattern of the Canth uptake and storage 447 
changes in the eastern basin along A13.5 were much less in the tropical region and were shifted 448 
more toward the subtropical and subantarctic regions. In contrast, in the western basin along A16S, 449 
subsurface water in the subtropical and tropical regions had the highest ∆Canth. The deepest and 450 
largest Canth increase occurred around 30-45°S in both sides of the Mid-Atlantic Ridge, but 451 
penetration was deeper in the western basin than in the eastern basin during this period.  452 

Below 2000 m, ∆Canth was low along A13.5 (~ 1 µmol kg-1 decade-1, Figure 3b). In contrast, a 453 
high ∆Canth signal of ~ 3 µmol kg-1 decade-1 was clearly seen in the LCDW and AABW along 454 
A16S (Figure 3a). Wanninkhof et al. (2010) also observed an increase in ∆Canth of 3 to 4 µmol kg-455 
1 in the AABW along A16S from 1989 to 2005. The increased ∆Canth in the deep and bottom waters 456 
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was likely a result of the deep ventilation pathway, a conclusion supported by the finding of 457 
relatively high CFC-12 concentrations there. Ríos et al. (2012) also reported that the AABW in 458 
the western basin of the South Atlantic contained higher ∆Canth than that in the upper layer of 459 
AABW (1.5 vs. 0.8 µmol kg-1 decade-1). In our study, CFC-12 (Figure 2i & 2j) was used as an 460 
evidence to support the transport of surface water into the ocean interior and support a higher 461 
∆Canth in the AABW along A16S than A13.5. 462 

The zonal transect (A10) was used to further examine the west-east differences in Canth change 463 
here as it crosses both A16S and A13.5 and has been used in the past to provide a basin-wide 464 
spatial variation of ∆Canth (i.e., Murata et al., 2008; Woosley et al., 2016). Vertically, ∆Canth along 465 
A10 between 1992 and 2011 was high in the upper 1000 m depth layer compared to the deeper 466 
depths (Figure 3c). Meanwhile, the ∆Canth was slightly (about 1 µmol kg-1 decade-1) higher west 467 
of 20°W than east of 20°W in the upper 500 m. However, the distribution of ∆Canth was quite 468 
uniform from west to east below 500 m, except a lower ∆Canth towards the eastern end. The nearly 469 
parallel isopycnals suggested Canth within the water mass was transported along the isopycnal 470 
layers and was not ventilated. A10 crosses A16S and A13.5 along the 30°S at 25°W and 0°, 471 
respectively (the dashed lines in Figure 3). The ∆Canth values at the crossover locations were not 472 
greatly different. Therefore, our work suggests that transect A10 only minimally reflects the zonal 473 
spatial differences of the South Atlantic Ocean. The eastern versus western basin contrast will be 474 
better reflected by a complete comparison of A13.5 to A16S at all latitude bands. 475 

 476 
Figure 3. Anthropogenic CO2 changes along (a) A16S (1989-2013), (b) A13.5 (1983/84-2010) 477 

and (c) A10 (1992-2011). The white lines in Figure 3a, 3b and 3c depict neutral density 478 
isopycnals along A16S (2013), A13.5 (2010) and A10 (2011), and separate characteristic water 479 

mass layers. The gray dashed line in Figure 3a and 3b indicates the latitude of zonal transect 480 
A10, while the gray dashed lines in Figure 3c indicate the longitudes of meridional transect 481 

A16S and A13.5. 482 
 483 

4.3 Decadal differences in ΔCanth  484 
The above A16S and A10 calculations of ΔCanth used the differences between 1989 and 2013 485 

and 1992 and 2011, respectively (Figure 3). We also used two midpoint cruises to explore ∆Canth 486 
on shorter time scales and observe possible changes between the earlier and later periods. However, 487 
there was no mid-point observation for A13.5. Overall, ∆Canth was higher in the more recent time 488 
period compared to the older one. For transect A16S, ∆Canth increased significantly in all water 489 
masses except for NADW for 2005-2013 (Figure 4a) compared to 1989-2005 (Figure 4b). The 490 
increase was largest (> 5 µmol kg-1 decade-1) north of 50°S and in the upper 800 m. The 491 
highest ∆Canth along A16S (2005-2013) was up to 15 µmol kg-1 decade-1 in the upper 400 m 492 
approximately from 45°S to 15°S, and high ∆Canth (~ 8～12 µmol kg-1 decade-1) penetrated roughly 493 
along 27.23 kg m-3 isopycnal (boundary between the SAMW and the AAIW) from the surface near 494 
50°S down to 1000 m near 25°S. However, high ∆Canth (~ 10 µmol kg-1 decade-1) along A16S 495 
(1989-2005) was mainly located north of 42°S and in the upper 500 m. For ∆Canth along A10, the 496 
increase from 1992-2003 to 2003-2011 was mostly in the upper 700 m (Figure 4c and 4d). A small 497 
west-east difference existed along A10 (2003-2011), with a nearly constant change to a depth of 498 
700 m. ∆Canth along A10 (1992-2003) showed a different pattern in the upper 500 m, where the 499 
west part clearly contained more ∆Canth than the east. Interestingly, the high ∆Canth along A10 500 



13 
 

(2003-2011) was confined within the SW and SAMW (<27.23 kg m-3 isopycnal) but ∆Canth along 501 
A10 (1992-2003) extended into the AAIW (<27.5 kg m-3 isopycnal). 502 

 503 
Figure 4. Anthropogenic CO2 changes along (a) A16S (2005-2013), (b) A16S (1989-2005), (c) 504 
A10 (2003-2011) and (d) A10 (1992-2003). The gray dashed line in Figure 4a and 4b indicates 505 
the latitude of zonal transect A10, while the gray dashed lines in Figure 4c and 4d indicate the 506 
longitudes of meridional transect A16S. The white lines depict neutral density isopycnals and 507 

separate characteristic water mass layers. 508 
 509 

4.4 Column Inventory Changes Along Transects  510 
Water column inventory of anthropogenic CO2 increase is an important quantity reflecting the 511 

total amount of ΔCanth in a region from both local atmospheric input and net lateral transport. Since 512 
changes in Canth were mainly in the top 2000 m, here we focus on the column inventory changes 513 
in the upper 1000 m and 2000 m layers (Figure 5). Column inventory changes from the surface to 514 
the bottom (~ 6000 m) are given in Figure S5. The following features emerged from this analysis: 515 
(1) ΔCanth column inventory was substantially higher along the A16S than A13.5 (red vs. black 516 
lines). (2) There were clear meridional variations in the ΔCanth inventory distribution with the 517 
highest water column inventory change in the subantarctic and subtropical regions. (3) Decadal 518 
ΔCanth inventory increases accelerated from the 1990s to the 2000s.  519 

The column inventory changes of Canth from the 1980s to 2010s showed a similar meridional 520 
pattern for A16S and A13.5, (Figure 5a, red lines and black lines, respectively), which increased 521 
from high latitude (~ from 55°S to 40°S), peaked at 30-40°S, then decreased to the equator. The 522 
mean upper 2000 m column inventory change was 0.91±0.25 mol m-2 yr-1 and 0.57±0.22 mol m-2 523 
yr-1, respectively, for A16S (2005-2013) and A13.5 (1983-2010). The column inventory change 524 
was about 0.34±0.15 mol m-2 yr-1 higher in the western basin (A16S) than the eastern basin (A13.5) 525 
within the upper 2000 m. The largest west-east difference occurred at low latitudes, and then 526 
gradually decreased toward higher latitudes (Figure 5a). However, the differences in the column 527 
inventory changes in the upper 1000 m along the two transects were relatively small, especially in 528 
the region south of 25°S (Figure 5a, red dashed lines vs. black dashed lines). Thus, A16S contained 529 
more ∆Canth than A13.5 mostly in the depth between 1000 and 2000 m. For the zonal transect A10 530 
(1992-2011), the mean column inventory change (0-2000 m) was 1.04±0.15 mol m-2 yr-1, as it 531 
crosses roughly the highest locations of ΔCanth in both A16S and A13.5. More importantly, Canth 532 
column inventory change along A10 showed only a very limited west-east contrast.  533 

The annual column inventory change rate along A16S between 2013 and 2005 (Figure 5a) was 534 
much higher than that between 2005 and 1989, in agreement with an increase in the atmospheric 535 
CO2 growth rate (https://gml.noaa.gov/ccgg/trends/gr.html). During both periods, the largest 536 
increases in annual Canth column inventory changes (about 0.78 mol m-2 yr-1) were located at mid-537 
high latitudes (30-50°S), then the increase gradually decreased towards higher or lower latitudes 538 
(Figure 5a, Table S4). Wanninkhof et al., (2010) estimated an average uptake rate of 0.76±0.2 mol 539 
m-2 yr-1 for A16S (south of 15°S during 1989-2005), which is in good agreement with our average 540 
of 0.76±0.25 mol m-2 yr-1 for the top 2000 m (Figure 5a, green solid line) during the same time 541 
period. The mean Canth column inventory change in the upper 2000 m for A16S (2013-2005) was 542 
1.24±0.37 mol m-2 yr-1, which was higher than the previous decade. Similarly, the ΔCanth column 543 
inventory along the zonal transect A10 went through the parallel decadal variation. The column 544 
inventory change rate along A10 was higher during the 2000s (2003-2011) than the 1990s (1992-545 
2003). The ΔCanth difference along A10 between the two periods were mainly located in the 546 
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western part (west of 20°W) for the top 2000 m (Figure 5b, blue dotted line vs. green dotted line). 547 
Murata et al. (2008) estimated an average uptake rate of 0.6±0.1 mol m-2 yr-1 for the entire section 548 
A10 between 1992/1993 and 2003, while the average rate between 2003 and 2011 estimated by 549 
Woosley et al. (2016) is 0.83±0.1 mol m-2 yr-1. Our values in the upper 2000 m are 1.11±0.22 mol 550 
m-2 yr-1 (2003-2011) and 0.99±0.12 mol m-2 yr-1 (1992-2003), which are somewhat larger than the 551 
values from these two studies.   552 

 553 
Figure 5. Column inventory of ∆Canth along (a) A16S and A13.5, (b) A10 for each time period in 554 
the top 2000 m and 1000 m.(c) Mean column inventory change for the top 2000 m as observed 555 

from A16S, A13.5 and A10 during different time periods, standard deviation is shown as vertical 556 
bars with matching colors along the right axes. Note that small column inventory changes around 557 

55°S along A16S in Figure 5a is due to shallow bathymetry. 558 
 559 

5. Discussion 560 
5.1 Basin-wide Total Inventory Change in the South Atlantic Ocean 561 

The total inventory of ∆Canth in the Atlantic Ocean have been reported in previous studies, 562 
mostly based on combined Atlantic database during their study periods (e.g. Gruber, 1998; Lee et 563 
al., 2003; Touratier & Goyet, 2004; Vázquez-Rodríguez et al., 2009; Peng & Wanninkhof 2010) 564 
or repeat transects of A16 (Wanninkhof et al., 2010; Woosley et al., 2016). However, to our 565 
knowledge, there is no previous study published on decadal Canth change for the entire repeat 566 
occupations of A13.5 and the basin wide inventory based on both A16S and A13.5.  567 

Extrapolating column inventory changes from one or a few sections to the whole basin may 568 
lead to significant uncertainty, because of limited observations, spatial-temporal variation of ∆Canth, 569 
and methodological challenges. Earlier, it was suggested that A16 (both the north and south 570 
transect) could be used to provide a good estimate for the entire Atlantic Ocean from the Arctic to 571 
the Antarctic (Wanninkhof et al., 2010; Talley, 2011). However, there are significant west-east 572 
∆Canth variability in the South Atlantic Ocean as is demonstrated here. Thus, A16S may not be 573 
representative for the entire South Atlantic Ocean. To evaluate this issue, we used both A16S 574 
(western basin) and A13.5 (eastern basin) and compared this to that using only A16S (Table 3). 575 
The total Canth uptake in the South Atlantic Ocean (0-6000 m) from the 1980s to the 2010s 576 
estimated from the sum of the western basin and eastern basin was 27% lower than that based on 577 
only A16S (3.86 vs. 5.27 Pg C decade-1). Thus, past publications may have overestimated the total 578 
Canth uptake rate based on A16S only in the South Atlantic Ocean. Moreover, our total inventory 579 
change value estimated by both A16S and A13.5 in the South Atlantic Ocean is very close to the 580 
most recent value provided by Gruber et al. (2019) (3.86 Pg C decade-1 between the 1980s and the 581 
2010s vs. 5.9 Pg C between 1994 and 2007 or 4.2 Pg C decade-1). It is also demonstrated that using 582 
both A16S and A13.5 to represent the total inventory in the South Atlantic Ocean is better than 583 
using A16S solely. 584 

Note if we use only A16S to represent the entire basin, it appears that we would derive a total 585 
inventory change higher than that of Woosley et al. (2016) (e.g., 7.02 vs. 4.0 Pg C decade−1 586 
between 2005 and 2013) during the same period (Table S5). This is mainly because our column 587 
integration (0-6000 m) included ∆Canth in the deep and bottom waters, which have ∆Canth of about 588 
3 µmol kg-1 decade-1, while their integration stopped at ∆Canth = 3 µmol kg-1. This choice results 589 
in our column inventory change to be about 0.7 mol m-2 yr-1 higher than that integrated from the 590 
surface down to 2000 m (Figure S5, Table S4). If we use the mean column inventory along A16S 591 
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in the upper 2000 m to estimate the total inventory change, we get a total inventory change in the 592 
South Atlantic Ocean very close to that of Woosley et al. (2016) (4.0 vs. 4.0 Pg C decade-1).  593 

 594 
Table 3. Total inventory changes of Canth (Pg C decade-1) (0-6000 m) for each 10° latitude band 595 
in the South Atlantic Ocean between 1980s and 2010s.  596 

Latitude band Total Inventory Change 
West (A16S) East (A13.5) Summary Use only A16S a 

0°S - 10°S 0.40±0.01 0.16±0.002 0.56±0.01 0.87±0.02 
10°S - 20°S 0.47±0.02 0.12±0.006 0.59±0.02 0.90±0.05 
20°S - 30°S 0.52±0.03 0.13±0.007 0.65±0.03 1.00±0.05 
30°S - 40°S 0.54±0.02 0.30±0.012 0.84±0.02 1.04±0.04 
40°S - 50°S 0.63±0.03 0.21±0.034 0.84±0.04 1.03±0.05 
50°S - 60°S 0.31±0.13 0.06±0.007 0.37±0.13 0.43±0.18 

Total South Atlantic 2.87±0.14 0.99+0.03 3.86±0.14 5.27±0.20 
Note. aIn the last column, A16S-based western basin results are extrapolated to the entire South 597 
Atlantic Ocean. 598 

 599 
Finally, our results show that the decadal inventory changes over 10° latitude bands indicated 600 

a meridional pattern, similar to that reported by Wanninkhof et al. (2010) and Woosley et al. (2016) 601 
(Table 3). This meridional pattern was also in accord with the pattern of total inventory from 602 
Touratier & Goyet (2004), Lee et al. (2003), and Gruber (1998). Higher decadal inventory changes 603 
occurred in the middle latitudes (20-50°S), whereas they were minor in the low (0-20°S) and high 604 
latitudes (50-60°S). The column inventory changes over 10° latitude bands between A16S and 605 
A13.5 (Table S4) showed that the smallest difference was at 50-60°S and the largest difference 606 
was at 10-20°S. However, the total inventory changes over 10° latitude bands between western 607 
and eastern basins (Table 3) showed that the largest difference at 40-50°S, followed by 20-30°S, 608 
partly influenced by the volume difference in the eastern and western basins (Table S5). The total 609 
inventory changes in the western South Atlantic basin increased for all six latitude bands from the 610 
1990s to the 2000s (Table S5). The largest increase occurred between 40-50°S, followed by that 611 
between 30 and 40°S. The decadal inventory changes had larger uncertainty at high latitudes. 612 

 613 
5.2 Spatial Difference of ΔCanth in Characteristic Water Masses 614 

In the South Atlantic Ocean, the greatest ∆Canth was observed in the surface and upper layers, 615 
consistent with the expectation since anthropogenic CO2 came from the sea surface exchange with 616 
the atmosphere. There exists an upwelling region caused by strong westerlies south of the PF 617 
(around 60°S; Marshall & Speer, 2012) in the South Atlantic Ocean (Figure S6). The upwelled 618 
water with high DIC (Figure 2g & 2h) reaches the surface, is modified by biology, before being 619 
transported northward and subducted along AAIW and SAMW. The northward waters, which are 620 
part of the AMOC upper cell (Figure 1b), are exposed to the atmosphere in a region with high 621 
wind speeds (Figure S6), allowing for quicker air-sea CO2 exchange (Figure S7), leading to higher 622 
uptake fluxes and absorption of Canth. Therefore, high ΔCanth is perceptible in the surface and upper 623 
layers due to oceanic CO2 uptake at the air-sea interface and transport into ocean interior associated 624 
with the formation and subduction of SAMW and AAIW. However, there were regional 625 
differences in ΔCanth on the two sides of the Mid-Atlantic Ridge, and ∆Canth differences along 626 
A13.5 and A16S varied differently in each layer (Figure 3). 627 

In the SW, the mean ΔCanth values of both A16S and A13.5 were similar and mainly clustered 628 
around 10 µmol kg-1 decade-1 in the subantarctic and subtropical region (~20-40°S) (Figure 6a). 629 
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This is firstly because of the active coupling of Canth to air-sea CO2 exchange, and secondly our 630 
assumption of the sea surface pCO2 increase following the atmospheric increase to estimate ΔCanth 631 
in the mixed layer. However, air-sea CO2 flux along A16S (Figure 7a) is about 1 mol m-2 yr-1 632 
stronger than that along A13.5 (Figure 7b) south of 30°S, that is, the western basin takes up more 633 
CO2 than the eastern basin in this region (Figure S7). What is more important is that Canth absorbed 634 
by surface water does not stay for a long time but is then transported into ocean interior by 635 
ventilation, resulting in the similar ΔCanth values in the surface water. In addition, the air-sea carbon 636 
flux along A16 and A13.5 experienced the same fluctuation from 1980s to 2010s.   637 

The most significant ΔCanth differences along A16S and A13.5 appeared in the SAMW and 638 
AAIW. In the SAMW, ∆Canth was higher from 35°S to the equator along A16S than that along 639 
A13.5 (7.06±1.05 vs. 4.44±2.70 µmol kg-1 decade-1 in Figure 6c). The largest ΔCanth difference 640 
between the two transects occurred nears 20°S, with the west side having ΔCanth more than twice 641 
of that of the east side. The ΔCanth difference in the AAIW (Figure 6e) between A13.5 and A16S 642 
was evident at almost all latitudes (north of 50°S). Average ΔCanth was 2.34±2.03 µmol kg-1 decade-643 
1 along A13.5 and 5.49±1.12 µmol kg-1 decade-1 along A16S. The SAMW is formed by deep winter 644 
convection around the SAF (Figure 1b). It initially moves with the Malvinas Current (Figure 1a) 645 
and subducts northward. At the same time, this thick and homogeneous SAMW is advected 646 
eastward along the SAF into the subtropical gyre (Figure 1a). The AAIW is originated in the Drake 647 
Passage region (50-60°S, Figure 1a), formed through the Ekman transport process and the 648 
divergence and convergence of water masses. AAIW is advected eastward away from the 649 
Malvinas-Brazil Current confluence. Then after entering the South Atlantic Current (Figure 1a), it 650 
plunges downward to just beneath the thermocline in the subtropical South Atlantic. Although 651 
SAMW and AAIW subduct in the entire basin, the mean subduction is stronger in the western 652 
basin than eastern basin (Sallée et al., 2010). Thus, a relatively large amount of surface water with 653 
more Canth is transported to the subtropical pycnocline, resulting in larger Canth in the western basin. 654 
The depth and thickness of SAMW in the South Atlantic western basin are larger than those in 655 
eastern basin (Feucher et al., 2019, Figure S8a and S8b), which also implies mode water is 656 
dominated in the western basin. And a low PV along A16S (Figure S8c) ranges from 30°S to 40°S 657 
at the depth of 180-400 m implies the core of SAMW along A16S, which does not exist along 658 
A13.5 (Figure S8d), also indicating that mode water is obviously in the western basin. The fact 659 
that SAMW and AAIW advect eastward along the SAF and ventilate more recently in the western 660 
basin (Murata et al., 2008), implies that these water masses are younger in the western basin than 661 
eastern basin (see Figure 2i & 2j, where CFC-12 concentration along A16S is higher than A13.5). 662 
In addition, cumulative transport cross 35°S also illustrate that transports in the west part are larger 663 
than that in the east part (Dong et al., 2009). As a result, more Canth must be transported northward 664 
in the western basin. In summary, mode and intermediate water in the western basin contain more 665 
recent and higher Canth than that in the eastern basin.  666 

ΔCanth was also much lower along A13.5 than A16S in the tropical region, especially in the SW, 667 
SAMW and AAIW. This is because mode water and intermediate water carrying Canth cannot 668 
effectively move northward, due to the blockage of water mass transport by the central African 669 
continent. The low salinity tongue (Figure 2a & 2b) also implies water mass transport less 670 
northward along A13.5 than A16S. Thus, the rate of northward movement of the subsurface waters 671 
in the eastern South Atlantic basin is slower than that in the western South Atlantic basin, resulting 672 
in less accumulation of Canth. This slower water mass movement is also consistent with more 673 
accumulated biological signals such as higher AOU and nitrate maxima in the eastern part of 674 
SAMW and AAIW (Figure 2d & 2f). This is also consistent with the CFC-12 distribution (Figure 675 
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2i & 2j). The CFC-12 signal was lower along A13.5 than A16S in mode and intermediate waters 676 
in the subtropical region, indicating older waters (Figure 2j). In addition, the current system 677 
affected by the local topography plays an essential role in regulating the distribution of Canth. For 678 
instance, the upwelled waters at the Angola Dome with large biological productivity (Talley, 2011) 679 
also have consumed CO2, probably resulting in the low Canth in this region. The presence of the 680 
southward flowing western boundary current enables the water and its Canth signal to penetrate 681 
deeper in the western basin compared to the eastern half of the basin in the South Atlantic Ocean 682 
(Wanninkhof et al., 2010; Ríos et al., 2010; Vázquez-Rodríguez et al., 2009).  683 

In the UCDW, ΔCanth ranged from 2.55±1.09 to 3.89±0.95 µmol kg-1 decade-1 along A16S, 684 
while it was lower and varied from 1.00±0.38 to 2.46±1.11 µmol kg-1 decade-1 along A13.5 (Figure 685 
6g). ΔCanth was about 1-1.7 µmol kg-1 decade-1 higher along A16S than A13.5 over the entire 686 
transect from south to north in LCDW and AABW (Figure 6i). The existence of a substantial 687 
amount of ΔCanth in the deep and bottom waters (UCDW, LCDW and AABW) along A16S but 688 
likely not along A13.5 is also consistent with CFC distributions along the two transects. It appears 689 
that in the South Atlantic, a major location of forming the densest Antarctic waters from brine 690 
rejection is in the Weddell Sea, leading to Canth from air-sea CO2 exchange sinks into the bottom 691 
water through vertical mixing. The deep gap in the South Scotia Ridge allows AABW with Canth 692 
to flow northward. When it crosses the ACC, it extends north into the western South Atlantic, 693 
reaching the Brazil Basin (Talley, 2011; Abrahamsen et al., 2019). But the AABW cannot readily 694 
enter into the eastern South Atlantic basin due to the complex topography. Only a small amount 695 
of AABWs can eventually enter into the Cape basin through the Namib Col in the Walvis Ridge 696 
along southeastward flow and transport across the Mid-Atlantic Ridge though the Romanche 697 
Fracture at the equator along the eastward flow (Hogg & Thurnherr, 2005). Consequently, the 698 
western South Atlantic has a deep anthropogenic CO2 invasion below 2000 m while this process 699 
hardly happens in the eastern basin. 700 

In summary, more Canth was transported to depth through the subduction of mode and 701 
intermediate waters in the western basin than the eastern basin, due to a stronger ventilation in the 702 
western basin than the eastern basin and the difference in circulation transport. ΔCanth was also 703 
slightly higher (~1-2 µmol kg-1 decade-1) in the deep and bottom waters of the western basin than 704 
that of the eastern basin, due to topographic limits that prevent the bottom water containing Canth 705 
enter into the eastern basin.  706 

 707 
Figure 6. The mean decadal anthropogenic CO2 change (±1 Standard Deviation) along transect 708 
A13.5 and A16S (left), and A10 (right) over 5 latitude bands for each layer, (a) & (b) SW, (c) & 709 

(d) SAMW, (e) & (f) AAIW, (g) & (h) UCDW, and (i) & (j) LCDW+AABW.  710 
 711 
 712 

Figure 7. Time-series of air-sea CO2 flux along (a) A16S, (b) A13.5 and (c) A10.  713 
* Monthly gridded sea surface pCO2 product (Landschützer et al., 2020) was matched by the 714 

longitude and latitude for each cruise. Positive air-sea CO2 flux means ocean is carbon source, 715 
negative air-sea CO2 flux means ocean is carbon sink. 716 

 717 
5.3 ΔCanth Increase Accelerated from the 1990s to 2000s 718 

In addition to the spatial difference between the two basins, data from the multiple cruises along 719 
A16S and A10 also revealed decadal variations. Past studies have shown substantial decadal 720 
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variations in the anthropogenic CO2 uptake rates in various parts of the world ocean (i.e., Sabine 721 
et al., 2008; Wanninkhof et al., 2010; Woosley et al., 2016; Carter et al., 2017).  722 

The decadal Canth increase or ΔCanth accelerated from 1990s to 2000s along both A16S and A10. 723 
As a result, the mean column inventory change increased along A16S for the top 2000 m from 724 
0.76 mol m-2 yr-1 during 1989-2005 period to 1.24 mol m-2 yr-1 during 2005-2013 period (Figure 725 
5a & 5c). The mean column inventory change also increased slightly along A10 from 1992-2003 726 
to 2003-2011 (Figure 5b & 5c). Decadal acceleration of ∆Canth was in a good agreement with the 727 
atmospheric CO2 increase rate and air-sea CO2 flux variations. Atmospheric CO2 increased from 728 
353.1 ppm in 1989 to 379.8 ppm in 2005 and 396.52 ppm in 2013, resulting in the mean increased 729 
rate increased from 1.68 ppm yr-1 during 1989-2005 period to 2.11 ppm yr-1 during 2005-2013 730 
period. Net air-sea CO2 exchange affects the oceanic CO2 absorption in the ocean surface layer, 731 
and via the subsequent transport in the ocean, will directly affect the basin-wide oceanic ∆Canth 732 
changes.  733 

Vertically, decadal ΔCanth trends varied differently between water masses. In the SW, decadal 734 
ΔCanth along both A16S and A10 increased significantly from the previous to the later decade 735 
(Figure 6a and 6b). This accelerated increase was supported by the rate of CO2 uptake from the 736 
air-sea interface as SW was the most active layer of air-sea exchange. Below the SW, decadal 737 
ΔCanth along A16S (Figure 6c, 6e, 6g & 6i) in the 2000s was also higher than that in 1990s in the 738 
subantarctic region (~25-50°S), but the decadal changes were more similar in the tropical region 739 
(north of 20°S). Importantly, as the ocean took up more CO2 in the 2000s near the outcrop regions, 740 
the water masses then subducted and transported via mode and intermediate water formation 741 
carrying higher CO2 into the inner ocean. This transport also was observed by the CFC-12 742 
differences (Figure S4). The outcrop regions around 45°S took up large amounts of CO2 before it 743 
subducted through mode and intermediate waters. As the subduction and northward transport rate 744 
was high in the region approximately from 45°S to 20°S (Feucher et al., 2019), and it slowed down 745 
at about 20°S, the decadal ΔCanth acceleration along A16S from the 1990s to the 2000s was most 746 
clear south of 20°S (Figure 6).   747 
 748 
6. Conclusions  749 

Decadal anthropogenic CO2 changes in the South Atlantic Ocean were assessed with a specific 750 
eMLR method using data from 1980s to 2010s along two meridional transects A13.5 and A16S 751 
and one zonal transect A10. An anthropogenic CO2 increase of 3.86±0.14 Pg C decade-1 was 752 
derived using column inventory changes along A16S and A13.5 extrapolated to the entire South 753 
Atlantic basin (0-60°S), which was consistent with past studies. The general pattern of significant 754 
increase in ∆Canth appeared in SW, SAMW and AAIW above 27.23 kg m-3 neutral density contour 755 
line, caused by deep penetration associated with the formation and subduction of mode and 756 
intermediate waters. Our ∆Canth along both A16S and A13.5 showed that the penetration and 757 
northward transport occurred around 25-50°S. The deepest penetration depth of ∆Canth mainly 758 
reached 1000 m near 40°S along A16S, and 800 m near 32°S along A13.5, respectively.  759 

Comparison of the transects A16S and A13.5 revealed large west-east differences: Canth uptake 760 
rate in the top 2000 m along A16S (0.91±0.25 mol m-2 yr-1, from 6°S to 60°S) was almost twice 761 
that along A13.5 (0.57±0.22 mol m-2 yr-1, from 5°N to 54°S). The ∆Canth column inventory change 762 
difference between A16S and A13.5 was largest at 10-20°S, and then gradually decreased to 763 
almost zero toward higher latitudes. ∆Canth along A10 at 30°S also revealed west-east differences 764 
but the differences were generally smaller than those at the other latitudinal bands.  765 
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Vertical structure of the ∆Canth between the two sides of the Mid-Atlantic Ridge also showed 766 
large differences in different water mass layers. The ∆Canth difference (A16S minus A13.5) was 767 
about 3 µmol kg-1 decade-1 north of 20°S in the SW, from 35°S to the equator in the SAMW and 768 
almost over all latitudes in the AAIW. For the deep and bottom waters (UCDW, LCDW, and 769 
AABW), ∆Canth was about 1.6 µmol kg-1 decade-1 higher along A16S than A13.5 for all latitudes. 770 
Differences in northward transport and recent outcrop events due to the formation of SAMW and 771 
AAIW between the western and the eastern basins were the main reasons for the ∆Canth differences 772 
in SAMW and AAIW. While differences in topography accounted for deep water circulation 773 
causing the ∆Canth differences in the deep and bottom waters. 774 

∆Canth also increased by ~0.48 mol m-2 yr-1 from 1989-2005 to 2005-2013 along A16S, and by 775 
~0.12 mol m-2 yr-1 from 1992-2003 to 2003-2011 along A10 in the top 2000 m. ∆Canth accelerated 776 
for all latitudes along A16S and for all longitudes along A10 in the SW. For the meridional transect 777 
A16S, the highest ∆Canth acceleration occurred at mid-high latitudes (south of 20°S) below the SW. 778 
While for the zonal transect A10, the highest ∆Canth acceleration occurred in the east part (east of 779 
25°W) in the SAMW, AAIW and UCDW. Increased CO2 uptake from atmosphere and the 780 
subsequent northward transport via mode and intermediate water formation were the main reasons 781 
account for the ∆Canth acceleration in the South Atlantic Ocean.  782 
 783 
Appendix A: eMLR Sensitivity Tests and Method Comparisons 784 

Using the strong correlation between carbon and other oceanographic parameters (Brewer, 1978; 785 
Chen & Millero, 1979) and the repeat occupations of the hydrographic sections, the MLR method 786 
was proposed by Wallace (1995) to estimate ∆Canth. Since then, many studies have made 787 
modifications and improvements based on this method, in an attempt to improve the reliability and 788 
accuracy of ∆Canth estimation. One of the most successful and recognized is eMLR approach 789 
proposed by Friis et al. (2005), which cancels a portion of carbon fit error. However, there are 790 
extensive comparisons and debates in the literature on using various approaches to estimate Canth 791 
changes (Sabine et al., 2008; Wanninkhof et al., 2010; Williams et al., 2015; Quay et al., 2017; 792 
Carter et al., 2017, 2019; Clement and Gruber, 2018). The differences are mainly in the following 793 
three aspects: 1) how the data are divided into subsets or fit along isopycnal intervals; 2) how 794 
biological processes are corrected, and 3) how the predictors are selected. For example, Sabine et 795 
al. (2008) divided the cruises into different regions, Wanninkhof et al. (2010), Quay et al. (2017) 796 
and Clement and Gruber (2018) applied eMLR approach along isopycnal intervals, and Carter et 797 
al. (2017) used a moving window to separate data into subsets. To correct biological processes, 798 
Sabine et al. (2008) and Carter et al. (2017) made an adjustment based on AOU changes, Clement 799 
and Gruber (2018) used the C* as the dependent variable, and Carter et al. (2019) used the C^ 800 
instead. 801 

Estimating Canth using the same dataset but different methods could lead to different results. 802 
Here, we carried out a sensitivity test for the water mass identification used in the eMLR method 803 
and compared the specific eMLR approach presented here with alternative methods. Selecting the 804 
appropriate water masses or isopycnal intervals is a critical step in the effectiveness of the eMLR 805 
method. In this work, we built 11 regression equations for 5 layers containing six characteristic 806 
water masses (SW, SAMW, AAIW, UCDW, and the combined LCDW and AABW) to estimate 807 
Canth change. Our results were nearly identical to those from the earlier 16 regression equations 808 
approach (Carter et al., 2017, 2019). Thus, we compared this method with other approaches using 809 
the same predictors (θ, S, AOU, Si, and N). We considered multiple (25) isopycnal intervals along 810 
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the sigma-0, sigma-2, and sigma-4 surface (Gruber 1998; Lee et al., 2003; Wanninkhof et al., 2010; 811 
Woosley et al., 2016), 14 isoneutral slabs (Gruber et al., 2019b), or no water mass division. In the 812 
meantime, we also used DIC (Friis et al., 2005; Wanninkhof et al., 2010), C* (Gruber et al., 1996, 813 
2019a), and C^ (Carter et al., 2019) as the dependent variable of multiple linear regression. 814 

In general, for both A16S (Figure A1) and A13.5 (Figure S9), all approaches lead to similar 815 
∆Canth patterns. The criteria used to identify water masses impacts the ΔCanth estimations. The C*, 816 
C^ and DIC results of 14 isoneutral slabs (Figure A1(a), A1(b) and A1(c)) were similar to those 817 
based on our characteristic water masses (Figure A1(d), A1(e) and A1(f)). The 14 isoneutral slabs 818 
and characteristic water masses divide the ocean into several layers based on neutral density (γ). 819 
Overall, the estimations of ΔCanth without separation of density layers (Figure A1(g)) showed 820 
lower variation in the upper ocean compared with other treatments and a more evenly distributed 821 
ΔCanth from surface to deep depths. The ΔCanth pattern using 25 isopycnal intervals (Figure A1(h)) 822 
generated similar results with the characteristic water masses (Figure A1(i)), but with more 823 
discontinuities. There may be too many separations for the 25 isopycnal intervals, resulting in 824 
insufficient data points in each density ranges. Thus, some of the established MLR equations may 825 
not be significant (leading to higher RMSE, see Additional supporting information: 826 
ASI_RMSE_and_residuals_for_Appendix.pptx). A higher ∆Canth was located near 45-53°S in the 827 
surface layer and deeper penetrated with decreasing concentrations toward the interior down to 828 
2000 m when 25 isopycnal intervals were applied (Figure A1(H)). Wanninkhof et al. (2010) and 829 
Woosley et al. (2016) also observed this deep penetration. As this deep penetration only appears 830 
when using 25 isopycnal intervals, we suspect that this is a method related artifact and suggest 831 
further study. The RMSE of using 14 slabs was close to that of using characteristic water masses 832 
division. The RMSE of not separating density layers was higher than that of the characteristic 833 
water masses (Additional supporting information: 834 
ASI_RMSE_and_residuals_for_Appendix.pptx). Therefore, it is reasonable for us to choose the 5 835 
layers with six characteristic water masses as the basis of our approach. 836 

Since dependent variable DIC, C* and C^ have been used to established multiple linear 837 
regression to estimated ΔCanth in different studies (e.g., Wanninkhof et al., 2010; Clement and 838 
Gruber, 2018; Carter et al., 2019), we also compared the ΔCanth with different dependent variables 839 
but using the same water masses separation (Figure A1(a), A1(b) and A1(c); or Figure A1(d), A1(e) 840 
and A1(f)). The change in DIC between two occupations (i.e., Figure 3a & 3b) is caused by not 841 
only the increase in Canth (i.e., Figure 4 & 5) but also changes in the natural CO2. The semi-842 
conservative tracer C* is supposed to eliminate most of the natural CO2 signal according to 843 
stoichiometric ratios. As Clement & Gruber (2018) mentioned, changes in C* are much closer to 844 
those of Canth, resulting in separating Canth from the background variability easier and statistically 845 
more robust. C^ is calculated similarly as C*, except no adjustments are applied for carbonate 846 
cycling or denitrification (Carter et al., 2019). ΔCanth estimated by C* (Figure A1(a) & A1(d)) was 847 
lower in the intermediated waters (around 1000-2200m) in subantarctic region (~25-50°S) and in 848 
bottom waters between 42°S and 55°S than that estimated by C^ (Figure A1(b) & A1(e)) and DIC 849 
(Figure A1(c) & A1(f)). Although the order of RMSE along A16S from small to large was DIC < 850 
C^ < C*, their RMSE values were not significantly different (Additional supporting information: 851 
ASI_RMSE_and_residuals_for_Appendix.pptx). While our comparison here is not conclusive on 852 
which dependent variable is a better choice, we chose to use C* in order for our results to be 853 
comparable with the recent community effort (Gruber et al. 2019a).  854 

∆Canth estimation is also sensitive to the choice of independent variables (Plancherel et al., 2013). 855 
It has been argued that ∆Canth using the mean of several combinations of predictors for the 856 
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regressions decreases the errors and RMSE compared to using only one regression (Carter et al., 857 
2017). When we applied the same 16 combinations of the five predictors for the regressions from 858 
Carter et al. (2019), however, not all these 16 regressions resulted in good RMSE and residuals. 859 
Regression 4, 8, 12 and 16 (those do not include AOU or N) had higher RMSE and residuals than 860 
the others (Additional supporting information: ASI_RMSE_and_residuals_for_Appendix.pptx). 861 
We felt it may be more reasonable that instead of using all 16 regressions, the mean of 10-12 best 862 
regressions should be used as the final ∆Canth. Thus, similar to Clement & Gruber (2018) and 863 
Gruber et al. (2019), we chose the 11 best fits from over 100 possible combinations with possible 864 
predictors according to not only small RMSE but also multiple and partial correlation coefficients 865 
(see details of this method in the supplementary Text S2). The mean RMSE of our 11 best 866 
combinations was better than that of 16 combinations.  867 

 868 
Figure A1. Comparison of anthropogenic CO2 change along the A16S transect for the time 869 

interval between 2013 and 1989. Nine cases are considered: (a) C* is used as dependent variable, 870 
water mass is divided by 14 isoneutral slabs and 16 regressions are considered. (b) & (c) are 871 

similar to (a), but use C^ and DIC as dependent variable, separately. (d) C* is used as dependent 872 
variable, water mass is divided by 5 layers with six characteristic water masses and 16 873 

regressions are considered. Similarly, (e) & (f) use C^ and DIC as dependent variable. (g) uses 874 
DIC as dependent variable, but does not divide water mass and does not adopt 16 regressions. (h) 875 

uses DIC as dependent variable, and uses 25 isopycnal intervals, but does not adopt 16 876 
regressions. (i) uses DIC as dependent variable, and uses 5 layers with six characteristic water 877 

masses, but does not adopt 16 regressions.  878 
  879 

We also examined whether different variables used in the MLR have strong inherent 880 
dependencies. In general, all of the 11 best combinations contain AOU, the difference lies in the 881 
choice of temperature or density, the selection of nutrients and whether to use TA as a predictor. 882 
Temperature (or potential temperature) showed a good correlation with density (or potential 883 
density) (r>0.9), and thus it is better not to use them as predictors at the same time. The correlation 884 
coefficient between nitrate and phosphate was also very high (r>0.99), implying that only one 885 
nutrient should be chosen (Supplementary materials).  886 

For transects A13.5 (Figure S10), A16S between 2013 and 2005 (Figure S12), and A10 between 887 
2011 and 2003 (Figure S15), the patterns of ∆Canth from regression 1-11 matched very closely with 888 
each other. But for transect A16S between 2013 and 1989 (Figure S11), as well as between 2005 889 
and 1989 (Figure S13), the patterns of ∆Canth did not always agree, especially when using TA as a 890 
predictor (Reg #8 ~ Reg #11). Woosley et al. (2016) preferred to use the eMLR with TA than Si, 891 
because, by this approach, the resulting pattern of ∆Canth matches very closely to the transient 892 
tracer SF6 measured on A16S (2013). In our study, ∆Canth of A16S (2005-2013) estimated with 893 
TA (Figure S12, Reg #8 ~ Reg #11) or Si (Figure S12, Reg #1 ~ Reg #2 and Reg #5 ~ Reg #7) 894 
were similar and also matched closely with tracer CFC-12 (Figure 2j). However, estimated ∆Canth 895 
along A16S (1989-2013 or 1989-2005) were different whether TA or Si is used (Figure S11 and 896 
Figure S13). This could be caused by the low quality of TA in the 1989 cruise as suggested by 897 
Woosley et al. (2016). More repeat observation data or models are needed to further assess and 898 
resolve this discrepancy.  899 
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