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Abstract Guided by 30 m terrain and forest cover data, snow sublimation from the Salt River basin in the
Southwest U.S. is simulated for years 2008 (wet year) and 2007 (dry year). Downscaled meteorological input
correlates well (r~0.80) with independent observations at AmeriFlux sites. Additionally, model correlation and
bias with eddy-covariance vapor flux observations is comparable to previous localized modeling efforts.
Upon a 30% reduction in effective leaf area index, canopy sublimation decreases by 1.29 mm (27.0%) and
1.05 mm (23.0%) at the basin scale for the 2008 and 2007 simulations, respectively. Ground sublimation
decreases 0.72 mm (4.75%) in 2008 and only 0.17 mm (1.5%) in 2007. Canopy snow-holding capacity and
frequent unloading events at lower elevations limit the variability in canopy sublimation from wet year to dry
year at the basin scale. The greater decrease in snowpack sublimation in the wet year is partly due to
decreased longwave radiation from the canopy reduction over a more extensive snowpack than the dry year.
This decrease overcomes the increased solar radiation and wind speed during winter. A second factor is that a
greater extent of the snowpack persisted into spring in 2008 than 2007, and the large increase in shortwave
flux upon canopy reduction increases melt rates, reducing duration. Only in heavily forested high elevations
(>2900 m above sea level) in 2008 does the snowpack persist long enough into spring to result in increased
ground sublimation upon canopy reduction. As forest cover change can occur rapidly, these results are
critical from water resource and ecosystem function perspectives.

1. Introduction

Sublimation of snow cover is a phase change from ice to water vapor and directly affects snow accumulation,
impacting ecosystem processes, soil moisture, soil porosity, biogeochemical processes, wildfire, and water
resources [Barnett et al., 2005; LaMalfa and Ryle, 2008; Broxton et al., 2014]. When snowfall is intercepted by
vegetation and sublimates before being unloaded to the ground snowpack, canopy (or intercepted) sublima-
tion occurs [Molotch et al., 2007]. Snow stored in the canopy has a high surface area to mass ratio and is often
exposed to high-energy conditions (e.g., high wind speed and solar radiation), leading to generally increased
sublimation rates relative to the ground snowpack [Pomeroy et al., 1998; Strasser et al., 2008]. Compared to the
snowpack in open areas, the subcanopy environment is more sheltered and typically experiences reduced
shortwave radiation and wind speeds as well as increased humidity and longwave radiation; thus, the forest
canopy impacts ground (or snowpack) sublimation [Pomeroy et al., 1998; Strasser et al., 2008].

Jackson and Prowse [2009] present a table of sublimation rates from more than 30 previous investigations. Wind-
exposed alpine environments generally produce high rates of ground sublimation (e.g., a mean of 2mmd™"
from Marks and Dozier [1992] and 0.9-1.8 mm d ' from Hood et al.[1999]). Open areas tend to experience more
rapid ground sublimation than adjacent forested areas, for example, 1.0mmd~" (subcanopy) versus
2.0mmd™" (open) from Suzuki et al. [2006] and 0.35mmd ™" (subcanopy) versus 0.45 mmd~" (open) from
Kaitera and Terdsvirta [1972]. In boreal forests, canopy sublimation rates are considerably larger than ground
sublimation rates, with Nakai et al. [1999] reporting 1.2mmd~" for canopy sublimation and Kaitera and
Terdisvirta [1972] reporting 0.45 mm d ™" in forest clearings. Molotch et al. [2007] measured canopy sublimation
rates of 0.71 mmd ™' and subcanopy sublimation rates of 0.41 mmd ™" in a subalpine forest in Colorado, USA.

Sublimation rates also vary by season. An extreme example is reported by Rylov [1969], who find January
sublimation rates of 0.08 mmd ™' and April rates of 0.6 mmd ™" in open areas of Kazakhstan. The increase
in sublimation rate from winter to spring is more subtle as reported by other studies in the western United
States [e.g., Reba et al., 2012; Molotch et al., 2009; Sexstone et al., 2016], and Hood et al. [1999] found that rates
of sublimation decreased from winter to spring at an alpine site in Colorado, USA. Hood et al.[1999] attributed
this to the higher wind speeds during the winter and the higher humidity of late spring.
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Measurement techniques for sublimation have challenges and uncertainty. The eddy-covariance (EC) mea-
surement technique requires high-frequency observations from sonic anemometers and infrared gas analy-
zers [Hood et al., 1999]. EC measurements at multiple levels are required to separate ground sublimation from
canopy sublimation, which has proven to be difficult [Mahat et al., 2013]. Additionally, transpiration and
vapor flux from areas without snow cover cannot be separated from snow sublimation through the EC
method [Molotch et al., 2009]. Inaccuracies from gravimetric techniques (e.g., tree weighing) arise from the
occurrence of precipitation, snow removal by wind, and from sampling a snow surface with properties that
are not representative of the surroundings [Schmidt et al, 1998; Lundberg and Halldin, 2001].
Measurements of ion chemistry and water isotopes have been used to estimate snow sublimation
[Koeniger et al., 2008; Gustafson et al., 2010; Ohlanders et al., 2013]. These methods are labor intensive and dif-
ficult to apply over long time periods and large domains [Ohlanders et al.,, 2013]. Total vapor loss from a
watershed can be estimated from accurate measurements of stream discharge and spatially distributed pre-
cipitation assuming, a negligible change in terrestrial water storage, but the quantification of evaporation
and transpiration during warm periods is required to isolate snow sublimation [Svoma, 2016].

Models are therefore promising tools to produce spatially distributed estimates of sublimation. Canopy snow
interception-sublimation, unloading from the canopy, and the canopy alteration of the energy budget over
the snowpack are all essential components of snow models suitable for forested environments. While an
exhaustive review of each of these model components is beyond the scope of this Introduction, it is impor-
tant to highlight several different components related to sublimation flux. Previous investigators have repre-
sented sublimation processes with varying complexity. For example, interception components that require
only effective leaf area index [Liston and Elder, 2006b] to those that additionally require total gap area and
mean distance to canopy [Moeser et al, 2016]. For canopy sublimation, ice-sphere models [Thorpe and
Mason, 1966; Liston and Elder, 2006b; Strasser et al., 2011] commonly assume that canopy temperature is
equal to the air temperature, while others track the temperature of intercepted snow through coupling
the canopy energy budget with the snowpack energy budget [Mahat et al., 2013]. While snowpack turbulent
vapor flux equations that assume medium roughness and stable stratification have been employed [Strasser
et al.,, 2008], other investigators have used flux equations with stability adjustments and surface roughness
length as a tunable parameter [Mahat et al., 2013; Reba et al., 2014].

Estimates of sublimation are spatially distributed through modeling but have largely been restricted to high
latitudes [Van den Broeke, 1997; Déry and Yau, 2002; Essery et al., 2003; Suzuki et al., 2015] or to small spatial
domains (e.g., ~100 km?) in complex terrain [Strasser et al., 2008; Strasser et al.,, 2011; Bernhardt et al,, 2012].
This is likely due in part to the necessity for high-resolution input of meteorological variables (e.g., radiation,
precipitation, and temperature) and land cover variables (e.g., forest cover type and density). Furthermore,
these distributed modeling efforts in mountainous terrain have been focused on nonarid climates in the
upper midlatitudes.

Forest cover density controls total interception and thus canopy sublimation [Boon, 2012; Pugh and Small,
2013; Biederman et al., 2014]. However, the portion of snowfall intercepted is also controlled by snowfall
intensity, and because of the limiting effects of canopy snow-holding capacity, heavy snow years may not
lead to a proportional increase in intercepted snowfall [Boon, 2012]. In addition, canopy sublimation is also
controlled by the duration of canopy snow storage with cold and/or snowy environments often experiencing
nearly continuous canopy snow storage and drier temperate environments experiencing intermittent
storage [Yamazaki et al., 2007; Suzuki and Nakai, 2008].

Variations in total ground sublimation with forest cover density are more complex. For example, decreased
interception from decreased forest cover density can lead to increased peak snow water equivalent
[Broxton et al., 2014] or SWE. However, changes in absorbed solar radiation affect peak SWE and melt rates
[Rinehart et al., 2008], and reduced snowpack duration may result from decreased forest density, which could
ultimately decrease total ground sublimation [Molotch et al., 2009; Mahmood and Vivoni, 2014; Perrot et al.,
2014]. Lundquist et al. [2013] show that in regions with an average winter temperature greater than —1°C,
forest cover generally reduces snow cover duration compared to adjacent open areas.

The trade-off between increased sublimation rate and melt rate is also affected by wind speed and longwave
radiation. Biederman et al. [2014] speculate that increased wind speed could have contributed to increased
winter ground sublimation in response to reduced forest density. Harpold et al. [2014] suggest that ground
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sublimation in regions with relatively high solar elevation angles and many cloud-free days would be parti-
cularly sensitive to increased shortwave radiation upon the removal of the canopy by wildfire. Longwave
radiation is also important to the snowpack energy budget [Meromy et al., 2015; Gouttevin et al., 2015].
Changes in forest cover density may result in greater changes in incoming longwave radiation than changes
in shortwave radiation during conditions of low solar elevation angle, low atmospheric emissivities, and high
snow albedos [Lundquist et al., 2013].

The available energy, the exposed surface area of a snow cover, and exposure time with the atmosphere vary
greatly with aspect, elevation, forest cover, latitude, and continentality [Rinehart et al., 2008; Pugh and Small,
2013; Mahmood and Vivoni, 2014; Broxton et al., 2014; Harpold et al., 2014]. Therefore, sublimation rates and
snow cover duration exhibit high variability in complex forested terrain [Schmidt et al., 1998; Molotch et al.,
2007; Reba et al., 2012; Mahmood and Vivoni, 20141. It is difficult to scale up results from site-specific short-
term observational studies [Jackson and Prowse, 2009]. Forest cover properties can vary considerably on short
and long time scales through natural (wildfire, bark beetle infestation, and drought) and anthropogenic (land
management practices) processes [La Malfa and Ryle, 2008; Pugh and Small, 2013]. Therefore, understanding
how small-scale changes impact snow sublimation at larger spatial scales, and how this varies temporally, is
critical from ecosystem function and water resource perspectives.

The goal of this investigation is to determine the forest cover effects, and the variability thereof, on canopy
and ground sublimation from a large, forested, lower midlatitude basin. Canopy and ground sublimation are
simulated for a wet year and a dry year over the Salt River basin in central Arizona. The three hypotheses are
(1) decreasing forest cover decreases ground sublimation for conditions favoring short duration in spring. For
example, at low to middle elevations of the snowpack, forest cover sheltering effects will extend snowpack
duration beyond late winter, increasing total ground sublimation relative to less sheltered areas due to the
increased duration. In contrast, with general conditions promoting duration long into spring (e.g., wet years
at high elevation) forest cover sheltering will reduce ground sublimation. (2) Due to a more widespread and
persistent snowpack during the wet year, the effects of forest cover on ground sublimation will be greater at
the basin scale for the wet year than the dry year. (3) Forest cover reduction will reduce canopy sublimation
more for the wet than the dry year, but the wet year to dry year difference will be less than for ground sub-
limation at the basin scale because of the limiting effects of canopy snow-holding capacity and unloading.

2, Study Area

The Salt River basin (Figure 1) is highly managed with a series of four reservoirs and nearly 2.5 x 10° m? of sto-
rage, accounting for a substantial portion of the metropolitan Phoenix, Arizona, water supply [Ellis et al.,
2008]. Above the confluence of the Salt and the Verde Rivers near metropolitan Phoenix, the Salt River basin
is ~16,200 km? in land area [Baker et al., 1998]. At the confluence, the elevation is 425 m above sea level (asl)
with the highest point in the basin above 3450 m asl [Baker et al., 1998; Fassnacht et al., 2001; Molotch et al.,
2004]. Annual precipitation across the arid metropolitan Phoenix is about 200 mm yr~', yet the higher eleva-
tions of the Salt receive over 800 mm yr™' annually [Baker et al., 1998; Bolin et al., 2010]. Thirty-nine percent of
annual precipitation at Snowpack Telemetry (SNOTEL) sites in central Arizona occurs as snowfall and more
than half of the runoff is generated from snowpack that is generally established above 2200 m asl [Baker
et al., 1998; Molotch et al., 2004]. SNOTEL sites in Arizona and southern New Mexico display an average date
of peak snow water equivalent (SWE) on 20 February with more than 160 mm average peak SWE and an aver-
age snowpack disappearance of 8 May [Serreze et al., 1999]. The subalpine zone in the region ranges from
3050 m asl to 3500 m asl [Cooper, 1987]. Forested regions in central Arizona are predominantly ponderosa
pine with mixed conifer above ~2600 m asl [Adams and Kolb, 2004; Ganey and Vojta, 2011].

3. Data and Methods

3.1. Meteorological Input

Meteorological input is guided by four data sets ranging in resolution from 32 km to 30 m (Figure 2). Variable
and acronym descriptions relevant to Figure 2 are displayed in Table 1. The 32 km North American Regional
Reanalysis (NARR) data [Mesinger et al., 2006] are first adjusted for terrain (Figure 2), with the 4km daily
Parameter-elevation Regression on Independent Slopes Model (PRISM) data providing an intermediate step
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Figure 1. The Salt River drainage basin boundary (red lines); the Phoenix Metropolitan Area (PMA; gray polygon) in central
Arizona, USA; and the 2100, 2500, and 2900 m asl contour lines (black lines). Also displayed are evergreen forests (green),
deciduous forests (yellow; almost entirely between 2500 and 2900 m asl in the eastern portion of the watershed), rivers and
reservoirs (blue), SNOTEL sites (yellow triangles), locations of targeted simulations displayed in sections 4.4.3-4.4.5 (red
dots), and locations of targeted simulations not displayed in this paper (teal dots).

for temperature, specific humidity, and precipitation. More details of the terrain adjustment methods are
given in Text S1 in the supporting information.

The terrain/PRISM adjusted data are then adjusted for forest cover (evergreen, deciduous, and mixed) based
on LAI’, the effective leaf area index (Figure 2). For model validation at the flux tower sites discussed in
section 4.2, an LAl for each local 30 m cell was determined by multiplying the reported LAI" in the literature
[Molotch et al., 2007; McDowell et al., 2008] by the National Land Cover Data (NLCD) 2011 canopy cover frac-
tion as in Broxton et al. [2014]. For Salt River basin (Figure 1) simulations, simple linear regression was used to
determine LAI" based on measured LAI” from 17 separate ponderosa pine plots presented by Law et al.[2001]
and from NLCD 2011 canopy cover percentage (CC). The regression equation is

LAI* = 0.03194 x CC + 0.0717 (1)

where canopy cover percentage is from the NLCD 2011. On the Salt, the maximum CC is 73% (LAI' = 2.403
from equation (1)), and there are no occurrences of CC less than 4% (LAl =0.1995 from equation (1)). The
regression LAl was scaled for deciduous and mixed NLCD 2011 forest types based on the table of forest type
parameterizations given by Liston and Elder [2006b]; e.g., LAl for deciduous is 20% of coniferous forest. For
the ground snowpack in forested areas, the minor adjustments to temperature and humidity by Liston and
Elder [2006b] and Strasser et al. [2011] are utilized (Figure 2). The terrain-adjusted shortwave flux (see Text
S1) from NARR is reduced by Liston and Elder [2006b]:

Qi = QsiTefk’LAl* (2)

where Qg is the terrain-adjusted shortwave flux (Figure 2) and k is an extinction coefficient taken to be 0.71,
as in SnowModel [Liston and Elder, 2006b]. The terrain-adjusted incoming longwave flux (Q;7) from NARR is
adjusted by Liston and Elder [2006b]:

Qi = (1 - Fc)QIiT + FcUTc4 (3)
Fc. =0.55+0.29In (LA|*) (4)
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Figure 2. Modeling flowchart and source information. See Table 1 for the descriptions of variables and acronyms.
Equations are found in the supporting information document. See references Arya [2001], Brock and Arnold [2000], Daly
et al. [2008], Gesch et al. [2002], Jin et al. [2013], and Liston and Elder [2006a].

where T, is the canopy temperature. T, is assumed to be equal to the air temperature over the snowpack
[Liston and Elder, 2006b], and o is the Stefan-Boltzmann constant (Table 2).

3.2. The Snowpack Model System

Spatially distributed modeling studies in complex terrain [Strasser et al., 2008; Suzuki et al., 2011; Bernhardt
et al., 2012; Groot Zwaaftink et al., 2013] find blowing snow sublimation to be a significant contribution to
the seasonal water budget for isolated portions of alpine areas, although a notably smaller contribution than
ground sublimation over broader areas [e.g., Groot Zwaadftink et al., 2013]. However, if the watershed is pre-
dominately not alpine, blowing snow sublimation has been found to be a small contribution to the water
budget by these studies, e.g., 0.2%-4.1% of total snowfall [Strasser et al., 2008; Suzuki et al., 2011; Bernhardt
et al., 2012; Groot Zwaaftink et al., 2013]. Therefore, blowing snow sublimation is not considered in this study.

The snow mass balance for snowpack and interception-unloading-sublimation models are given in Figure 2.
Relevant model parameters are presented in Table 2, and the most relevant aspects of the models are dis-
cussed below, with more details in Text S2. The Hedstrom and Pomeroy [1998] snowfall interception model
was used, and sublimation from the canopy was determined from the ice-sphere model for canopy sublima-
tion presented by Pomeroy et al. [1998]. This interception-sublimation model process is discussed in detail by
Liston and Elder [2006b]. The terrain-adjusted temperature and humidity (Figure 2 and Text S1) are used to
calculated canopy sublimation [Liston and Elder, 2006b]. After, terrain adjustment to wind (Figure 2), the wind
speed for calculating canopy sublimation is determined as a function of LAI", as in Strasser et al. [2011]. The
albedo of the snow in the canopy is assumed to be the same albedo as the ground snowpack [Strasser
etal, 2011].

Canopy sublimation (SUB)) rate (kgm™2s™") for the ice-sphere model is given by Pomeroy et al. [1998] and
Liston and Elder [2006b]:

04
SUB; = /dmn:dt kc< ! > 5)

Imax

where [ is the intercepted snow load (kg m2), Imax is the maximum snow load (kg m~2) given by 4.4 x LAI", k.
is a dimensionless coefficient to account for the shape of snow deposits in the canopy (assumed to be 0.010
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Table 1. Descriptions of Acronyms and Variables Used in Figure 2 and Commonly in the Text

Variable/Acronym Description

A aspect

cc canopy cover percentage from NLCD 2011
DEM digital elevation model

asl above sea level

M melt flux

NARR North American Regional Reanalysis
NLCD National Land Cover Database

LAI" effective leaf area index

NED National Elevation Data Set

P; precipitation flux (at time step t)

Pr atmospheric pressure

PRISM Parameter-elevation Regression on Independent Slopes Model data set
q specific humidity

Qs downward solar radiation flux

Qji downward longwave radiation flux

RH relative humidity

S slope

SFE; snowfall liquid equivalent intercepted
SFEg snowfall liquid equivalent not intercepted
SUB; intercepted (canopy) sublimation
SUBg4 ground (snowpack) sublimation
SWE; snow water equivalent of canopy snow load
SWE4 snow water equivalent of the snowpack

T air temperature

u canopy to ground snow unloading flux
w wind speed

z land elevation

here), and dm/dt is the mass change in time (s) of an ice sphere of mass m (kg). A more complete description
of equation (5) is given in Text S2.

Ground sublimation (SUB) rate (kg m~2s7") is given by Strasser et al. [2008], assuming stable stratification
and medium roughness:

1
SUB, = 1-32.82:(0.18 + 0.098W)-(e — () ©6)
s

where W is the wind speed (ms ™), h, is the latent heat of sublimation (J kg™ "), e is the vapor pressure (hPa),
and e is the saturation vapor pressure with respect to ice (hPa) at the snow surface temperature (T,) as in
Liston and Elder [2006b]. More details of the model snowpack energy balance [Luce and Tarboton, 2010;
Mahat et al., 2013] are given in Text S2.

Table 2. Values of Relevant Model Parameters

Values Basis
Temperature that precipitation is all snowfall, —1°C Mahat et al. [2013]
Tergperature that precipitation is all rainfall, 3°C Mahat et al. [2013]

LAl at Flagstaff Unmanaged Forest AmeriFlux site, 2.2 + 0.7 Dore et al. [2010]

LAI" at Valles Caldera Mixed Conifer AmeriFlux site, 3.09 £ 0.5 McDowell et al. [2008]
Maximum snowpack density, 550.0 kg m~3 Liston and Hall [1995]
Soil heat flux (Qg), 2.0 W m~ 2 Strasser et al. [2011]
Emissivity of snow (g5), 0.99 Strasser and Marke [2010]
Stefan-Boltzmann constant (), 5.67 X 10 8wm2k™* Strasser and Marke [2010]

Specific heat of ice (c;), 2.09 kJ kgf1 K

Specific heat of water (c,,), 4.2 kJ k971 K™

Luce and Tarboton [2010]

L Strasser and Marke [2010]

Latent heat of sublimation (h), 2834 kJ kg_1 Mahat et al. [2013]

Latent heat of melting, 333.7 kJ kgf1 Strasser et al. [2011]
Angular frequency of a diurnal forcing (w), 0.2618 h! Luce and Tarboton [2010]
Maximum canopy snow storage, 4.4 x LAI" Liston and Elder [2006b]
Model time step (At), 3 h NARR temporal resolution
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3.3. Validation

Since accurate snow cover duration is important for simulating total ground sublimation for the snow season,
the local area 30 m cell median of SWE was compared to observed SWE at nine SNOTEL sites (Figure 1) within
and near the Salt for 2007 (dry year), 2008 (wet year), and 2009 (slightly above average precipitation with a
long midwinter dry period). Interactive maps of SNOTEL locations are provided by Natural Resources
Conservation Services website (http://www.wcc.nrcs.usda.gov/snow/). Used in conjunction with Google
Earth, aerial imagery around the nine SNOTEL sites was examined. The sites tended to be adjacent to heavily
forested areas to the south (commonly within ~15m). Therefore, observations are also compared to “shel-
tered” simulations, where no snowfall is intercepted by the canopy, yet a 20 m tall forest within 15m of
the snow pillow is assumed to block all direct shortwave radiation when the solar zenith angle is larger than
36.9°. SNOTEL sites are often located in favorable locations for snow accumulation and long snowpack dura-
tion (e.g., small forest clearings in locally high-precipitation areas), and therefore, one should generally expect
SWE observations at SNOTEL sites to be greater than the local area average [Salzmann and Mearns, 2012].
Therefore, if the model perfectly simulated the evolution of SWE, one might expect the sheltered simulations
to generally display longer snow cover duration than observed and “nonsheltered” simulations to display
shorter snow cover duration. Furthermore, Mahat and Tarboton [2014] report substantially more measured
SWE than measured precipitation at SNOTEL sites, likely from wind redistribution of canopy intercepted snow
which is most important at small spatial scales, a process neglected in the model system used here.

In snow seasons 2007 and 2008, nearly continuous 30 min water vapor flux and meteorological observations
were available from the AmeriFlux Site and Data Exploration System (http://ameriflux.ornl.gov/) for the
Flagstaff Unmanaged Forest (FUF) AmeriFlux tower, in Arizona (35.089°N, 111.769°W). This site is approximately
90 km northwest of the northwestern boundary of the Salt watershed. At 2180 m asl, the tower is within ponder-
osa pine forest. Because much of the Salt is above this elevation (Figure 1), data from the Valles Caldera Mixed
Conifer (VMC) AmeriFlux tower were also obtained for snow seasons 2008-2010. The tower is 3003 m asl in the
Jemez Mountains of New Mexico (35.888°N, 106.532°W), an arid lower latitude climate similar to the Salt.

An open-path LI-7500 (LI-COR Inc.) and CSAT-3 (Campbell Scientific) 3-D sonic anemometer at 21.65 m mea-
surement height were used to determine water vapor flux at the VMC site with the EC technique [Molotch
et al.,, 2009]. At the FUF site, a closed-path LI-7000 (LI-COR Inc.) and CSAT-3 (Campbell Scientific) 3-D sonic
anemometer at 23 m measurement heights were used [Dore et al.,, 2008]. The canopy height surrounding
the towers was 18 m and 19.6 m at the FUF and VMC sites, respectively [Dore et al., 2008; Molotch et al.,
2009]. Flux parameters were sampled at 10 Hz, and details about data quality control, computation of means,
gap filling, coordinate rotation, correction for frequency losses, density corrections, sonic temperature correc-
tion, and despiking are given in Dore et al. [2008], Molotch et al. [2009], Schotanus et al. [1983], Aubinet et al.
[2000], and Foken and Wichura [1996]. Quality-controlled EC measurements have been used to validate
above-canopy and below-canopy fluxes over snow-covered surfaces by several studies [e.g., Molotch et al.,
2007; Marks et al., 2008; Mahat et al., 2013].

Figures from Sogachev et al. [2004] suggest that ~95% of the source contribution for vapor flux measured at
24 m in height is within an upwind range of 600 m in complex heterogeneous forested terrain. AmeriFlux
observations were compared to average model meteorological input and simulated sublimation for 30 m
cells within 600 m from the towers. Because wind direction is highly variable, simulations were for a circular
area 600 m in radius. The flux footprint is highly dynamic and complex in shape [Sogachev et al., 2004; Vivoni
et al., 2014]; however, it is important to note that the general agreement between observed fluxes and sub-
limation modeled was not highly sensitive to a range of reasonable footprint shapes and sizes. It is possible
for portions of the AmeriFlux tower EC footprint to be snow free while the modeled SWE is nonzero. To
reduce this possibility, model sublimation was only compared to observations when modeled SWE was
greater than 10 mm. In general, when compared to higher thresholds, sample size remained high for this
threshold (i.e, 10 mm), especially for the Flagstaff Unmanaged Forest AmeriFlux site.

While validation is essential for lending confidence to results, because the model is applied over large spatial
scales (Figure 1), model overtuning may occur through maximizing agreement between simulated flux and
EC measured flux at these specific locations. Unfortunately, large-scale and spatially distributed observations
of snow sublimation do not exist. Therefore, using the already established parameterizations by other inves-
tigators is more appropriate for this study.
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3.4. Wet Year and Dry Year Simulations

Simulations were performed for snow seasons (October—June) 2007 (dry year) and 2008 (wet year). As deter-
mined from the PRISM data, total 15 November to 30 April precipitation at 2200 m asl ranged from 432 mm to
810 mm in 2008 and ranged from 174 mm to 336 mm in 2007. For climatological reference, the average 15
November to 30 April precipitation at the wettest (driest) SNOTEL site is approximately 577 mm (251 mm).
From 15 November to 30 April, precipitation occurred on approximately 21% of the days in 2008 and 26%
of the days in 2007. Therefore, precipitation intensity differences caused the disparity in precipitation total
between the 2 years.

3.5. Large-Scale Modeling

Modeling the snowpack at the large spatial scale (>10,000 km?) for each 30 m cell is computationally expen-
sive. Thus, for each NARR cell, snow cover was modeled for discrete classes of aspect (A), slope (S), elevation
(2), canopy cover percentage (CC), forest cover type, and October-May precipitation total. All 30 m cells were
divided into precipitation classes based on their encompassing PRISM cell with each class spanning a range
equal to 10% of the median snow season precipitation for elevations between 2200 and 2300 m asl. This
value provided reasonable resolution (less than ~5% error over most of the watershed that establishes a
stable snowpack) while limiting computational time. The midpoints of the classes were used as model input
and were chosen to minimize the number of precipitation classes. The cells were categorized by land cover
type (evergreen, deciduous, mixed, and nonforest), and the forested 30 m cells were further categorized by
discrete canopy cover classes (0<CC<20, 20<CC< 30, 30<CC<40, 40<CC<50, 50<CC<60, and
60<CC percent). All cells were further categorized into slope classes (0<S5<7.5, 75<5<225,
22.5<5< 475, and 47.5<S degrees) and aspect classes in degrees clockwise from north (342<A and
A<18,18<A <54,54<A <90,... 306 <A < 342°). Last, the 30 m cells were categorized into discrete elevation
classes spanning 100 m.

The midpoints of the A, Z, and CC class bounds were used as model input. Exceptions to this are for the lowest
CC class where 15% was input in the model because very few (0.12%) forested cells displayed CC < 10% and
the highest CC class where 65% was the model input because 73% was the maximum CC in the watershed.
The input values for the S classes were 2.5, 12.5, 32.5, and 62.5° because of a highly right skewed distribution.

3.6. Experimental Framework

To determine the impact of forest cover changes on total sublimation, simulations were performed with LAI"
reduced by 30%. It is important to note that 10% and 20% changes in LAI" were also considered. These results
are not shown here as the only notable large-scale difference from 30% reduction was a dampened response
to LAI" change. A 30% reduction in LAI" over such a large area is not unreasonable in the short term, as the
goal of the Four Forest Restoration Initiative by the U.S. Forest Service is to thin nearly the entire ponderosa
pine stand in central Arizona [Moreno et al., 2016]. Maps from Moreno et al. [2016] suggest that projected
decreases in basal area of more than 40% due to the thinning are common. The change in total sublimation
due to changes in LAI" are likely to be very sensitive to the length of time that snow is stored in the model
canopy and to the subcanopy wind speeds. Snow unloading rate and wind speed adjustments for forest
cover are particularly uncertain aspects of snow modeling in forested terrain [e.g., Hedstrom and Pomeroy,
1998; Mahat et al., 2013]. Liston and Elder [2006b] consider snow unloading from the canopy only for air tem-
peratures above the melting point given by

U = 5.8 x 107°(T —273.16)At 7)

where T s the air temperature in K, U is the unloading in kg m~2, and At is the model time step in seconds. In
addition to unloading during melting conditions, Gelfan et al. [2004] considered unloading during cold con-
ditions to be

U=1 (1—e? ®)
where | is the intercepted snow load after sublimation and the coefficient #=6.425x10"" s~ was deter-
mined by Hedstrom and Pomeroy [1998].
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An exponential reduction of wind speed for subcanopy adjustment has been utilized by Strasser et al. [2011]:

W = Wpexp(—0.36-LAI") (9)

while Perrot et al. [2014] utilized a linear subcanopy adjustment equation:

W= W, 1-08C (10)
100

where W, is the terrain-adjusted wind speed (Figure 2). In this study, CC in equation (10) is from the NLCD 2011
and is related to LAI" using equation (1). Because values of CC greater than 70% are few in the Salt (0.00009%),
equation (10) produces higher wind speeds than equation (9). In this study, both high sublimation (HSUB) and
low sublimation (LSUB) simulations are performed. LSUB simulations utilize equations (7)-(9), and HSUB
simulations utilize equations (7) and (10), excluding unloading when air temperatures are below freezing.

3.7. Targeted Simulations

To further address the hypotheses in section 1, detailed analyses of SUB; and SUB, were performed for local-
scale simulations (i.e., 30 m) across the watershed (Figure 1) and across aspect, slope, LAI', and elevation gra-
dients. Although somewhat subjective, selected simulations for display in this paper are representative of the
general results from all targeted simulations. More specifically, full LAI" and reduced LAI" (reduced by 30%)
simulations were analyzed for selected low-, middle-, and high-elevation PRISM cells (Figure 1), 2200 m asl,
2500 m asl, and 2900 m asl, respectively. At these three elevations, simulations were analyzed for flat surfaces,
south and north aspects with 32.5° slope, and for initial effective leaf area index values (LAl,) of 0.87, 1.19,
1.51, and 2.47 (corresponding to NLCD CC of 25%, 35%, 45%, and 75% for NLCD evergreen forest, respec-
tively; see equation (1)). The average of the LAI" distribution is approximately 1.19. An LAI" of 1.51 is nearer
to the average at higher elevations (e.g., >2500 m asl). Therefore, LAl = 0.87 represents lightly forested ter-
rain. An LAl of 2.47 is near the maximum LAI” and therefore represents the most heavily forested areas of
the watershed.

4, Results
4.1. Validation with SNOTEL Observations

Model agreement with observations was best at SNOTEL site 902 in 2008, where observed SWE is within the
range of modeled SWE from the sheltered and nonsheltered simulations for nearly the entire snow season
(Figure 3). Agreement was poorest at SNOTEL site 877 in 2007, where the sheltered simulation failed to estab-
lish a stable snowpack until mid-January resulting in substantial low bias (Figure 3). In general, there was a
tendency for duration to be underestimated in 2007 and overestimated in 2008 (Table 3), but the model
appears to represent snow cover duration reasonably well, with 14 out of 26 simulation pairs (sheltered
and nonsheltered), displaying longer duration than observed for sheltered and shorter duration than
observed for nonsheltered simulations. These results are distributed evenly across the 3 years, with four in
2007 and five in 2008 and 2009. In addition, the duration of nonsheltered simulations is within 7 days of
observed for 10 out of 26 instances (Table 3).

In general, there is a tendency for low bias in simulated SWE (Table 3). This is due to the underestimation of
peak SWE (not shown), which is possibly a result of the coarseness of the precipitation data (~4 km) or snow
redistribution by wind at the SNOTEL site. An exception is for water year 2008 for the four lowest elevation
SNOTEL sites (705, 877, 866, and 519), where there is an overestimation of peak SWE leading to large positive
SWE biases throughout the snow season (Table 3). As these sites are lower in elevation, simulated total snow-
fall there is very sensitive to simulated rain/snow fraction driven by temperature (Table 2). For example, there
is a less than 10% low bias in total precipitation at these SNOTEL sites in 2008, suggesting good agreement
between precipitation input into the snow model and precipitation observed at these SNOTEL sites. It should
be noted, however, that the PRISM data set assimilates SNOTEL records, and these are not independent com-
parisons. Despite the biases in rain/snow fraction, it is important to note that duration is only substantially
overestimated at two sites in 2008, 705 and 866 (Table 3).
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Figure 3. The envelope for sheltered and nonsheltered simulations of SWE 0.79 with a bias toward higher
for SNOTEL site 902 (red shading) and SNOTEL site 877 (blue shading). humidity values but generally
Observed SWE is given by the red line (902) and the blue line (877). within 5%. Correlation coefficients

for wind speed are lower, ranging
from 0.32 to 0.61, and notably lower for the VMC site (Table 4). One would expect high wind speed bias, as
the instrumentation on the towers are only ~2 m and ~5 m above the canopy at the VMC and FUF sites, respec-
tively [Dore et al., 2008; Molotch et al., 2009], and the NARR provides winds at 10 m. There is good agreement
between seasonal totals of observed precipitation and precipitation input into the model (Table 4). This is

Table 3. For the Salt River Watershed (Figure 1), Agreement Measures Between Observed and Simulated SWE
Snow-Free Date Difference

(Days)al Bias (Percent of Peak SWE)b
SNOTEL ID (Zin m asl) Observed Peak SWE (mm) Nonsheltered  Sheltered  Nonsheltered  Sheltered
310 (2782) 2007 145 -5 13 —18.6 —9.7
2008 305 3 29 8.2 23.0
2009 254 —18 22 —25.6 —4.7
511 (2750) 2007 218 —21 —10 —26.7 —15.1
2008 434 -10 10 —7.1 3.9
2009 243 —19 10 —20.6 —04
705 (2418) 2007 290 -5 7 —18.6 —-9.0
2008 480 15 30 37.7 51.0
2009 488 —6 21 —125 57
617 (2805) 2007 168 —17 -2 —25.6 —83
2008 417 -9 16 —6.2 6.7
2009 333 -7 18 —21.3 —-1.5
416 (2561) 2007 89 —25 1 —30.3 —15.7
2008 201 —6 12 —15.4 20.4
2009 99 —34 -5 —42.4 —343
866 (2393) 2007 94 —14 6 —304 —9.7
2008 150 12 32 54.0 84.0
2009 122 7 29 49 451
902 (2436) 2007 = - - - -
2008 193 —6 7 —-124 15.0
2009 114 —35 —11 —39.5 —26.3
519 (2329) 2007 140 —16 -2 —30.0 —20.0
2008 287 2 15 25.8 48.1
2009 241 —41 1 —30.3 —5.8
877 (2104) 2007 198 —35 —28 —36.9 —333
2008 193 -7 15 104 66.3
2009 345 —43 —4 -31.6 —174

2positive values indicate longer persistence than observed.
Positive values indicate greater simulated SWE than observed. Periods when both SWE values are zero are not con-
sidered in bias calculation.
“Not considered in water year 2007 as the site displayed ~25 mm (~200%) more SWE than precipitation accumulation
by 20 January 2007.
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Table 4. Agreement Measures Between AmeriFlux Observations and Model Input/Simulated Sublimation®

Sublimation/Flux (mm)b T (K) w (msq) RH (%) P (mm)©
r NSE  Simulation® Observation© r Simulation  Observation r Simulation  Observation r Simulation Observation Simulation Observation

VMC 2008 039 —-0.28 74.2 47.0 0.86 269.8 269.5 0.35 45 3.6 0.79 55.8 53.0 387 351
(n=700)

VMC2009 037 0.13 58.7 59.8 0.88 272.1 2714 033 49 34 0.73 52.2 49.9 284 288
(n=512)

VMC 2010 0.13 —0.08 56.5 49.5 0.78 2703 270.2 0.32 4.2 3.0 0.65 544 50.9 391 394
(n=553)

FUF 2007 046 0.15 133 124 0.84 270.5 272.2 0.61 4.8 3.1 0.78 60.4 53.4 61 55
(n=216)

FUF 2008 039 -0.02 36.6 36.7 0.85 271.7 2725 0.58 5.2 29 0.77 58.7 56.5 219 172
(n=553)

#The half-hourly AmeriFlux data were coarsened to the 3-hourly model time step. If there was any missing observational data in a given time step, the time step was not considered. The number

of 3-hourly time steps for the flux data is given by n. The sample size for meteorological variables was commonly higher.
Averages from the high sublimation (HSUB) and low sublimation (LSUB) simulations are displayed.
“Summed for all time steps, all other values are averages.
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important because unlike the SNOTEL network and other common meteorological networks, precipitation
from the AmeriFlux network is not assimilated into the daily PRISM data (http://www.prism.oregonstate.edu/
documents/PRISM_datasets.pdf).

Correlations between modeled SUB, + SUB; and tower vapor flux range from 0.13 to 0.46 (Table 4) and com-
pare reasonably well to those reported in other subdaily modeling studies. For example, driven by local
meteorological observations and with site-specific calibration, Mahat et al. [2013] report correlations
between simulated and observed above canopy latent heat flux ranging from 0.37 to 0.54 for years 2003—
2010 at the Niwot Ridge Forest AmeriFlux site in Colorado, USA. Bias varies from year to year, which is partly
responsible for the wide range in Nash-Sutcliffe efficiency (NSE), from —0.28 in 2008 at the VMC site to 0.15 in
2007 at the FUF site (Table 4). The magnitude of bias is comparable to Broxton et al. [2014], who simulated
above canopy vapor flux at the VMC site using local meteorological observations as input. For the years
2008-2010, Broxton et al. [2014] report a consistent positive flux bias, as high as ~20% in 2010.

To further explore agreement with AmeriFlux tower observations, time series of observed vapor flux and
modeled sublimation are displayed for FUF in 2007, the highest correlation and NSE in Table 4, and VMC
2010, the lowest correlation in Table 4 (Figures 4 and 5). Mean absolute error (MAE) and bias are highly vari-
able in 2010 at the VMC site, with two periods of poor agreement in late January to early February and mid-
March (Figure 4). The large low bias in mid-March appears to be related to a large precipitation-interception
event. For periods within 2days of a snowfall event, observed fluxes at the VMC site in 2010 were
1.32mmd~" while simulated SUB; + SUB, was 0.79 mm d™" (Table 5). Agreement after precipitation is better
for other events. For example, low mean absolute error (less than 0.09 mm) is evident for late March, spanning
multiple precipitation events (Figure 4).

Bias and MAE appear to be relatively consistent in time at the FUF site in 2007, with MAE less than 0.1 mm
spanning several precipitation events (Figure 5). An exception is late February, with daytime temperatures
consistently above 7°C since early February, transpiration within the instrumentation footprint may have con-
tributed to higher flux measurements. The snow season positive bias (Table 4) appears to be the result of a
consistent slight positive bias, with the exception of periods just after some precipitation events when bias
drops to near 0 mm (Figure 5). For periods within 2 days of a snowfall event, observed fluxes at the FUF site
in 2007 were 0.47mmd ™" while simulated SUB; + SUB, was 049 mmd ' (Table 5). It is possible that this is
evidence of good agreement between modeled canopy and observed canopy sublimation; however, flux
observations beneath the forest canopy are required to isolate the contribution of canopy sublimation from
total above canopy fluxes. Unfortunately, subcanopy flux observations are not available at these sites.

Correlations are generally greatest during periods with most recent snowfall longer than 2 days prior and
high-wind periods (Table 5). Across both sites, agreement is generally the poorest at night and during periods
within 2 days of snowfall, with low correlations and large bias relative to other periods examined (Table 5). In
particular, there is a large positive bias (at least 0.2 mmd™") at night for both sites across all years of simula-
tion (Table 5). Biases tend to be positive for periods with most recent snowfall longer than 2 days prior and
negative with large magnitude (as low as —1.17mmd~") during periods within 2 days of snowfall (Table 5
). Biases are similar (generally <0.13mmd ™" in magnitude) between both low-wind and high-wind periods
(Table 5).

4.3. Basin-Scale Simulations

The contrast in total snowfall between 2007 and 2008 is greatest at the highest elevations in the eastern por-
tion of the Salt (Figures 1 and 6), with approximately twice the snowfall in 2008 (e.g., ~800 mm in 2008 and
400 mm in 2007). Snowpack sublimation (SUB,) and canopy sublimation (SUB)) are displayed for the LSUB
simulations in Figure 6. The largest increases in canopy sublimation from LSUB to HSUB simulations (not
shown) are at the highest elevations with a maximum increase of 6 mm in 2008 and 8 mm in 2007.
Similarly, the largest increases in ground sublimation are at the highest elevations, with a maximum of
13 mm (7 mm) more ground sublimation for the HSUB simulation in 2008 (2007) than LSUB simulations.

Canopy sublimation in 2007 and 2008 are very similar despite the greater snowfall in 2008 (Figure 6), suggest-
ing that large amounts of simulated snowfall were not intercepted by the canopy in 2008. Averaged for both
HSUB and LSUB simulations, 11% of the snowfall was intercepted across the entire study area in 2008, com-
pared to 19% in 2007. Likely owing to the large snowfall totals, snowpack sublimation exceeds 100 mm across
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Figure 4. Displayed only for 1 January to 31 March 2010 for visual clarity, pre- wave flux at the top of the canopy.
cipitation (Py), simulated total sublimation (SUB;+ SUBg), and eddy-covar- This maximum occurs at about
iance measured vapor flux (EC flux) at the VMC AmeriFlux site. Running bias 1.65 initial LAI® (LAl,) and drops to
and MAE are for a 5 day centered sliding window with no more than 50% ~0.09Wm—2 per unit unadjusted

observational data missing. fAux  at 069 LAl and  to
. o

~0.12Wm™2 at 2.50 LA, (Figure 7).

For wind speed in the LSUB simula-
tions (equation (9)), this maximum occurs at about 3.30 LAl,, which is greater than the maximum LAI" (2.40)
in the Salt derived from the 30 m NLCD 2011 and equation (1). The increase in the subcanopy wind speed upon
a 30% LAI" reduction therefore decreases monotonically from 2.40 LAI, to 0.30 LAl, for both HSUB and LSUB
simulations (Figure 7). Itis important to note that adjustment to longwave radiation for the subcanopy is a func-
tion of the natural log of LAI" (equations (3) and (4)). Thus, the change in longwave radiation due to LAI" reduc-
tion does not vary with initial LAI" (LAI,).

On average across the basin for both 2007 and 2008, wind speed increases by 1.00 ms™' per ~845 m increase
in elevation. This suggests that the increase in wind speed upon a 30% reduction in LAI" was on average
0.09m s~ ' greater at 2845 m asl than 2000 m asl at 1.20 initial LAI" (LAl,) for both HSUB and LSUB simulations
(Figure 7).

The decrease in longwave radiation upon a 30% LAI" reduction varies little through the snow season, while
the increase in absorbed shortwave radiation is substantially greater in the spring than the winter
(Figure 8a). For example, averaged for both 2007 and 2008, the difference in absorbed shortwave radiation

0.6 ‘ ‘ 100 for 1.51 LAl and 1.06 LAI' notice-

- :gBF]:xSUBJ ably increases after 1 March for
0.5] — Bias 2200 m asl flat terrain (Figure 8a).
— M 180 This results in a transition from a
041 ’ decrease in total absorbed radia-
T 03] g tion before March to an increase
£ ‘ ‘ 60 = in late winter and spring (Figure 8
x 0.2 1 ‘ ‘ ‘ g a). This transition is represented
o \ . 3 by the minimum on curves repre-
g 0'1_" h\‘ H | H‘ ‘ wh l \‘ H ( J\ M F|4° & senting the accumulating change
2 ool W ‘ H | _'1"||m L} f‘i i ‘ M ” J\' £ in total absorbed radiation upon a
| |5 30% LAI" reduction (Figure 8b).
o Gaining elevation, the decrease in
02| pum p incoming longwave radiation from
VIR GO R L g 0 LA reduction overcomes the
2006-12-1 2007-1-1 2007-2-1 . ] L
increase in shortwave radiation
Figure 5. Same as in Figure 4 but for the FUF site in water year 2007. (not shown). Therefore, the
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Table 5. Agreement Measures Between AmeriFlux Observations and Simulated Sublimation for Six Categories: More Than 2 Days Since the Last Snowfall, Less Than 2 Days Since the Last Snowfall,

Incoming Solar Radiation Greater Than 0 W m72, Incoming Solar Radiation Equal to 0Wm72, Wind Speed Greater Than or Equal to the Median Speed, and Wind Speed Less Than the Median®
Last SFE, >2 days® Last SFE, <2 days Qg >00Wm 2 Qi=00Wm 2 High W Low W
1

Sublimation/Flux (mm d71) Sublimation/Flux (mm d71) Sublimation/Flux (mmd~ ") Sublimation/Flux (mm d71) Sublimation/Flux (mm d71) Sublimation/Flux (mm d71)

r  Simulation Observation r  Simulation Observation r  Simulation  Observation r Simulation Observation r Simulation Observation r Simulation Observation

VMC 2008 0.53 0.84 0.44 0.18 0.92 0.85 0.36 1.01 0.71 0.23 0.62 0.27 0.39 1.01 0.61 0.37 0.70 0.47
VMC 2009 042 0.90 0.68 0.41 1.02 2.19 0.35 1.06 1.29 0.05 0.66 0.31 0.45 117 113 0.17 0.69 0.76
VMC 2010 0.29 0.80 0.45 0.08 0.79 132 0.13 0.87 0.94 —0.04 0.68 0.31 0.21 0.92 0.81 0.06 0.70 0.61
FUF 2007  0.62 0.50 0.45 0.35 0.49 0.47 0.47 0.56 0.71 0.12 0.38 0.06 0.53 0.56 0.44 0.41 0.44 0.49
FUF 2008 045 0.59 0.45 0.42 0.39 0.72 0.35 0.65 0.78 0.19 0.33 0.13 0.37 0.71 0.65 0.41 041 0.45

¥The half-hourly AmeriFlux data were coarsened to the 3-hourly model time step. If there was any missing observational data in a given time step, the time step was not considered.
Averages from the high sublimation (HSUB) and low sublimation (LSUB) simulations are displayed.
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Figure 6. Snow season totals of (top) total snowfall (SFE; + SFEg), (middle) ground sublimation (SUBg), and (bottom) canopy
sublimation (SUB;) for the Salt River basin.

decrease upon LAI" reduction in total absorbed radiation during winter is larger at higher elevations (Figure 8
b). The effects of aspect are very apparent (Figure 8b). Averaged for both 2007 and 2008, at an LAl, of 1.51
(CC=45%), a 30% reduction in LAl resulted in 3 times less radiation absorbed by the snowpack by 1
March for north facing 32.5° slopes than south facing 32.5° slopes (Figure 8b). For north aspects, the changes
in the longwave radiation budget are much greater than the changes in shortwave radiation. For example,
total absorbed radiation does not become consistently greater for reduced LAI" than for full LAI" simulations
until April for north aspects with slopes of 32.5° (Figure 8b). In contrast, the increasing solar insolation of late
winter results in shortwave budget changes overcoming changes in the longwave budget by 1 March for
south aspects (Figure 8b). A south aspect snowpack persisting until 1 April displays little change in absorbed
radiation, while a north aspect experiences 70 MJm~2 less absorbed radiation by 1 April upon 30% LAI"
reduction (Figure 8b).

4.4.2. Basin Scale

Simulated snowfall below 1250 m asl was minimal. For both years, distributed evenly above 1250 m asl
(~12,776 km?) end of season changes in simulated canopy sublimation (SJASUB;) with 30% LAI" reductions
range from ~1.05mm (23.0%) in 2007 to ~1.29 mm (27.0%) in 2008 (Figure 9). Ground sublimation also
decreased by ~0.17 mm in 2007 and ~0.72 mm in 2008 (Figure 9). This corresponds to a decrease in forested
area ground sublimation of 1.5% in 2007 and 4.75% in 2008. The wet year to dry year difference in the change
from reduced LAI" is 125% greater for ground sublimation than canopy sublimation.

The reduction in SUB; is episodic due to the reduced interception during precipitation events (Figure 9). The
seasonal evolution of the change in SUB is more complex with three distinct periods of ASUB,. First, ground
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Figure 7. Per unit unadjusted value,*the increase in vegetation adjusted wind speed (W) and incoming solar radiation (Qg;)
over the snowpack upon a 30% LAl reduction by initial LAl (LAl).

sublimation is decreased with LAI" reduction until early February. Second, SUBy is increased until early to mid-
March. Third, SUB4 generally decreases for the remainder of the season. All three periods of ASUB, are notice-
ably larger in magnitude at the basin scale in 2008 than 2007 (Figure 9).

Even for south aspects, total absorbed radiation is decreased from LAI” reduction during winter (Figure 8). The
period of decreased snowpack sublimation suggests that the decrease in longwave radiation from reduced LAI"
overcomes the effects increased solar radiation and wind speed during the winter at the basin scale. With
increasing solarinsolation in late winter, it is likely that the decrease in longwave radiation no longer overcomes
the increase in wind speed and shortwave radiation, thereby increasing sublimation with LAI” reduction. Total
absorbed radiation by the snowpackis increased in spring (Figure 8) so the final period of decreased sublimation
is potentially due to a decrease in snowpack duration rather than a decrease in sublimation rate.

4.4.3. LAI' Change and Elevation

In both years, simulated full LAI" SUBy is more rapid than reduced LAI" simulations in December-January
(Figures 10a and 10b). In 2007, however, the snowpack was intermittent at 2200 m asl. Specifically, for the flat
terrain 1.19 LAl, simulations shown in Figure 11, the snowpack was absent for 19 days in December-January
at 2200 m asl, lessening the cumulative effects relative to the higher elevations (Figures 11a and 11b).
Approximately 850 km? of land is within 100 m of 2200 m asl. This is considerably greater area than higher
elevations, where the snowpack was more continuous in winter. For example, 687 km? of land is within
100 m of 2500 m asl and only 188 km? within 100 m of 2900 m asl. This leads to a lesser decrease in winter
SUB, upon 30% LAl reduction at the basin scale in 2007 than 2008 (Figure 9).

In 2008, the snowpack persists into April and May at 2500 and 2900 m asl. The simulated snowpack at these
elevations was exposed to increased radiation and wind speed (Figures 7 and 8) in the reduced LAI" simula-
tions during spring, resulting in a longer period of increased sublimation rates than the simulations at 2200 m
asl (Figures 10 and 11). Despite this long period of increased sublimation rates in 2008 at higher elevations,
the total change in SUB, is negative upon reducing LAI" (Figure 11b). This is due to a longer duration of the
snowpack in the full LAI" simulations. For example, while the rate of April-May sublimation for the flat terrain
simulation at 2900 m asl is greater for reduced LAI" than full LAl (~1.35mmd ™" versus ~1.24mmd ™" in
Figure 10b), the snowpack persisted beyond 1 May for only the full LAl simulation, resulting in seven more
days of sublimation at high rates (Figure 11b). This is further illustrated with plots of SWE in Figure S1 that
clearly show increased spring melt rates for reduced LAI". For the 2500 m asl simulation, the reduced duration
decreases ASUB, by ~7 mm, resulting in a total decrease in SUB, that is comparable to the decrease in SUB;
(Figure 11b). Thus, the extended duration of the snowpack in 2008 at high elevations contributes not only to
large increases in late winter/early spring SUB, but also to large decreases in spring SUB,. This is also evident
at the basin scale in 2008 (Figure 9).

The greater decrease in SUB; with elevation displayed in Figure 11 follows from greater snowfall (Figure 6)
and thus interception at higher elevations. For example, averaged for the wet and the dry years, snowfall
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Figure 8. Forinitial LAl (LAl,) 1.51, assuming a snowpack persisting until 30 April, basin-wide averages of (a) incoming long-
wave radiation (Qj;), absorbed shortwave radiation (Qs; — Qs), and total absorbed radiation (Qg; — Qs + Qyj) for 2200 masl flat
terrain as well as (b) accumulating changes in total absorbed radiation (Qs; — Qs + Q) upon 30% LAI" reduction for selected
terrain types. The average of 2007 and 2008 is displayed, and the values in Figure 8a are 20 day centered averages for visual
clarity.

interception at 1.19 LAl" is 52.6 mm, 63.4 mm, and 73.2 mm at 2200 m asl, 2500 m asl, and 2900 m asl, respec-
tively. Another reason is the decreased percentage of intercepted snow that is unloaded before sublimation.
This percentage is 72%, 69%, and 56% in the 2200, 2500, and 2900 m asl simulations, respectively. The higher
fractions of unloaded snow at lower elevations are due to increased temperature (equation (7)). The greater
decrease in SUB; at 2500 and 2900 m asl in 2008 than 2007 (Figures 11a and 11b) follows from the greater
snowfall in 2008. In particular, average canopy snow storage was greater in 2008 than 2007 by 23% and
18% at 2500 and 2900 m asl, respectively. This is despite the slightly greater frequency of precipitation in
2007 than 2008 (26% versus 21%, respectively). In contrast, the decrease in SUB; is slightly greater in 2007
than 2008 in the 2200 m asl simulation. Average canopy snow storage was 4% less in 2008 than 2007 at full
LAI" despite greater snowfall in 2008. In addition to greater precipitation frequency in 2007, this was due to
more frequent unloading in 2008, with 60 more hours of above melting point temperatures during
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o2 December-March of water year
2008 than 2007 (see equation (7)).
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é snowfall not sublimating in 2008
o versus 66% in 2007.
= 4.4.4. LAI" Change and
< Initial LAI"
L\] 1ol ASUB: 2008 In this section, results from flat ter-
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—12] e ASUB2007 | oo 1
— ASUBg2007| s a forest cover density gradient are
—1-4ﬁ = ¥ = e S s > displayed. The patterns discussed
& % é 2 i'f = = = below are also found for 2200 and
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Figure 9. For a 30% LAI" reduction, the accumulating change in sublimation but are clearest at 2500 m asl.
for the Salt River basin given in depth distributed evenly above 1250 m asl, Snow cover duration does not

an area of 12,776 kmZ. The average of the high sublimation (HSUB) and low
sublimation (LSUB) simulations for intercepted sublimation (SUB;; dotted ; .
lines) and ground sublimation (SUBg; solid line) for 2007 (red lines) and 2008 on ASUB; with LAI" reduced by
(blue lines) are displayed. The gray envelopes represent the range of the 30% across a forest cover density

HSUB and LSUB simulations. gradient with LAl,=2.47, 1.51, and

0.87 (Figures 11c and 11d). Rather,
the combined effect of changes in radiative input and wind speed (Figures 7 and 8) appear to be of primary
importance. For LAl, =0.87, the increase in shortwave radiation and wind speed is lesser than denser forests
(Figure 7), resulting in lesser rates of SUB, in the winter for reduced LAI" simulations (Figure 10). For
LAl, = 2.47, the larger increases in wind speed and shortwave radiation upon 30% LAI" reduction (Figure 7) over-
come the decreased longwave radiation (Figure 8), resulting in increased rates of SUB in winter upon reduced
LAI" (Figures 10cand 10d). In February—March, SUBg rates are greater for reduced LAI" (Figure 10) for all values of
LAl, (0.87,1.51, and 2.47) due to increasing solar insolation relative to early winter (Figure 8). The difference in
February-March SUBg rates are greatest for LAl, = 2.47 due to the large increase in both wind speed and short-
wave flux upon LAI" reduction.

appear to be the primary impact

Snow cover duration (Figures 11c and 11d) accounts for notable differences between the dry year simulation
(2007) and the wet year simulation (2008). For example, at 2500 m asl, snow persists nearly 50 days longer into
spring in 2008. This extended period of increased SUB, rate resulted in 4 mm more SUB, in the reduced LAI"
simulations from 1 March until the disappearance of the reduced LAI" snowpack in mid-April for moderate forest
cover, LAl, = 1.51(Figure 11d). However, 7 mm of SUBg occurred in the full LAI" simulation after mid-April, result-
ingin a 2.5 mm net decrease in SUBg (Figure 11d).

The greater decrease in SUB; within greater LAl, (Figures 11c and 11d) follows from greater interception.
Averaged for both years, simulated intercepted snowfall was 54 mm, 72 mm, and 91 mm for LAI" equal to
0.87,1.51, and 2.47, respectively. This leads to higher rates of SUB; with increasing LAI® (Figures 10c and 10d).
At 2500 m asl, 335 mm more snowfall liquid equivalent (SFE) occurred in the 2008 than the 2007 simulation.
Due to the greater canopy snow-holding capacity in heavily forested areas, this resulted in 39 mm more inter-
cepted snow at LAl = 2.47 in 2008 than 2007. This contrasts with only 24 mm and 14 mm more intercepted
snow in 2008 than 2007 for LAl =1.51 and LAl =0.87, respectively. Therefore, the decrease in SUB; upon
reduced LAI" is substantially larger in 2008 (~11 mm) than 2007 (~7 mm) for LAl, = 2.47.

4.4.5. LAI' Change and Aspect

In this section, results from LAl,=1.51 simulations at 2900 m asl for north and south aspect slopes are dis-
played. The patterns discussed below are also found for lower elevations (not shown) but are clearest at
2900 m asl. The change in radiative input by aspect to the ground snowpack (Figure 8) is important to
ASUB,. The relatively small increases in shortwave radiation on north aspects upon LAI" reduction are over-
come by the decreases in longwave radiation (Figure 8), resulting in the early period of negative ASUB, lasting
until 1 March (Figures 11e and 11f). In contrast, the larger increase in shortwave radiation on south aspects
nearly overcomes the decrease in longwave input in winter upon LAI" reduction (Figure 8). When combined
with the increased wind speed (Figure 7), ASUB, is slightly positive during the winter (Figures 11e and 11f).
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Figure 10. For (a, ¢, and €) 2007 and (b, d, and f) 2008, the rates of canopy sublimation (SUB,) and ground sublimation (SUBy) corresponding to the simulation results
displayed in Figure 11. Rates are averaged for each 2 month period with periods without snow cover excluded and averaged for the HSUB and LSUB simulations.
Simulations are for flat terrain across an elevation gradient (Figures 10a and 10b), for 2500 m asl and flat terrain across an initial LAl (LAl,) gradient (Figures 10c
and 10d), and for 2900 m asl across a slope/aspect gradient (Figures 10e and 10f). The error bars represent the range of the HSUB and LSUB simulations. The
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Figure 11 For (a, ¢, and e) 2007 and (b, d, and f) 2008, accumulating change in canopy sublimation (SUB;; thlck lines) and ground sublimation (SUBg, thin lines) upon
a30% LAI" reduction are averaged for the LSUB and HSUB simulations. Simulations are for 1.19 initial LAI" (LAl,) and flat terrain across an elevation gradient
(Figures 11a and 11b), 2500 m asl flat terrain across a forest density gradient (Figures 11c and 11d), and 2900 m asl at 1.51 LAl, across a slope/aspect gradient
(Figures 11e and 11f). The error bars represent the range of the HSUB and LSUB simulations at the end of the season. The locations of the simulations are displayed in
Figure 1.

Differences in snow cover duration lead to obvious differences in ASUB, between 2007 and 2008. For exam-
ple, north aspect total ASUBy by 1 March first is nearly identical for both years, ~—2.5 mm (Figures 11e and
11f). However, the long spring duration in 2008 increases SUB, by nearly 8 mm from 1 March to mid-May,
resulting in an overall increase in SUB, (Figures 11e and 11f). A similar pattern is evident for south aspects
and flat terrain, where total ASUB, is negative in 2007 and positive in 2008.
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4.4.6. Interaction Effects of Forest Density, Aspect, and Elevation

Periods of positive ASUB; upon LAI" reduction are extended by increased elevation and by increased snow-
fall, which both extend snowpack duration in the spring (Figure 11b). For heavily forested areas (LAl, = 2.47),
the increase in wind speed upon 30% LAI" reduction is greater than areas of lighter forest cover and the
increase in shortwave radiation is only slightly less than the maximum at LAl,=1.65 (Figure 7).
Furthermore, the increase in shortwave radiation upon LAI" reduction is greater for south aspects than flat
terrain or north aspects (Figure 8). For wet year (2008) simulations at 3300 m asl, 2.47 LAl,, 62.5° slope, and
a south aspect, total SUBy is increased by 22.0 mm (Figure S2). This overcomes a 19.5 mm decrease in SUB;
for a total increase in sublimation by 2.5 mm upon 30% LAI" reduction. This contrasts sharply with the dry year
(2007) simulations, where ASUB;=—13.5 mm and ASUB, =+3 mm (Figure S2).

5. Discussion

5.1. Comparisons with Previous Investigations

The change in SUB, with LAI" reduction appears to be fundamentally controlled by three interdependent fac-
tors: (1) the competing effects of increased wind speed and decreased radiative input in winter, primarily con-
trolled by aspect and initial LAI" (LAI,); (2) the duration of snowpack in spring, primarily controlled by
elevation and total snowfall (i.e., wet year/dry year); and (3) the change in spring snowpack duration with
LAI" reduction and the meteorological conditions spanning that change. The importance of wet year/dry year
differences in duration may be exaggerated in warmer climates such as the Southwest U.S., where snow only
persists long into spring at the highest elevations in dry years.

The total change in SUB; with LAI" reduction is primarily controlled by the amount of canopy sublimation at
LAl,. More interception occurs with increasing snowfall, but it is limited by the snow-holding capacity [Boon,
2012], resulting in similar totals of canopy sublimation, between the wet year (2008) and dry year (2007), rela-
tive to the differences in SUBy (Figure 6). Colder temperatures promote longer canopy snow storage, with
72% of the intercepted snowfall unloading, rather than sublimating in the canopy, at 2200 m asl and only
56% unloading at 2900 m asl.

Several results in this study conflict with the modeling results of previous investigators. For example, in
higher-latitude and more humid climates, Strasser et al. [2011] and Gelfan et al. [2004] find greater variability
in canopy sublimation by wet and dry years than ground sublimation. There are three likely reasons for these
discrepancies. First, higher values of LAI" characterized the forests, 3.4 for Gelfan et al. [2004] and as high as
14.0 for Strasser et al. [2011]. The maximum LAI" considered in this study was 2.47. McDowell et al. [2008] mea-
sure LAl in a ponderosa pine stand in New Mexico to be 2.38 & 0.23 and note that the density of the stand is
near the highest observed for ponderosa pine forest in the Southwest U.S. Increasing LAI” lessens the limiting
effects of snow-holding capacity on canopy sublimation. Second, the higher-latitude climates are colder,
allowing snow to be stored in the canopy longer. Simulations in this study suggest that only 18% of inter-
cepted snow sublimates in the canopy at lower elevations (e.g., 2200 m asl) due to a high frequency of tem-
peratures above the melting point in winter. Third, with more humid and generally low-energy conditions
compared to the southwestern U.S., one would expect rates of ground sublimation to be low compared to
rates sublimation from snow in the canopy that has a high surface area to mass ratio.

The high totals of ground sublimation in 2008, particularly at high elevations (Figure 6), are the result of long
duration in the spring and high sublimation rates compared to winter (Figures 10 and 11). This contrasts with
Hood et al. [1999], who find lower sublimation rates in the spring (~0.25 mm d ™" in April) than winter, with net
deposition in May at an alpine site in front range of the Rocky Mountains in Colorado. The low spring subli-
mation rates in Colorado reported by Hood et al. [1999] could be unique to alpine sites, as Sexstone et al.
[2016] reported higher sublimation rates (~0.4 to ~0.8 mm d™h during snowmelt at subalpine sites in central
Colorado. In contrast to central Colorado, central Arizona is notably dry in April, May, and June [Sheppard
et al.,, 2002], and one would expect the remaining snowpack to be exposed to high-energy and dry conditions
that promote high rates of snowpack sublimation (>1.00mmd~" in Figure 10). Mahmood and Vivoni [2014]
note the importance of snow cover duration on sublimation for a catchment at a similar latitude to the Saltin
New Mexico (35°53'N, 106°17'W).
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Ground sublimation in arid regions with high solar elevation angles and many cloud-free days should be sen-
sitive to increased shortwave radiation upon LAI" reduction [Harpold et al., 2014]. In Valles Caldera National
Preserve in New Mexico, using peak SWE to winter precipitation ratio as a proxy for sublimation, Harpold
et al. [2014] found increased winter sublimation upon canopy removal by fire. This is not necessarily in con-
trast to the results in this study as increased SUBy upon LAI" reduction is clearly evident after 1 March
(Figure 11) in this low-latitude study area, particularly for heavily forested and south facing slopes.
Changes in longwave radiation from LAI" reduction overcoming changes in shortwave radiation, the “radia-
tive paradox,” is most likely to occur during conditions of lower solar elevation angle, high snow albedos, and
low atmospheric emissivities [Lundquist et al., 2013; Meromy et al., 2015]. One would expect these conditions
to be common primarily in the winter in the Southwest U.S. and for north aspects (Figures 11e and 11f) as the
angle of incident radiation is less than other aspects. Previous studies have noted the “radiative in paradox”
for melt rates [e.g., Sicart et al., 2004; Lawler and Link, 2011]. Reba et al. [2012] found that EC-measured sub-
limation rates in winter were higher at an exposed site than a subcanopy site; however, the contrast in aver-
age wind speed between the two sites was larger (~3.6ms™') than simulated in this study. For high
unadjusted wind speeds of 10m s, at 1.20 LAI", equations (9) and (10) produce only a 0.9 ms™~' decrease
in subcanopy wind speeds upon 30% LAI" reduction. In addition to the changes in the radiation budget,
one would expect the sign of ASUB, in winter to be sensitive to the changes in wind speed. Correlations
between simulated and observed wind speeds were the lowest of the meteorological variables examined
(Table 4).

Over a large forested area in Canada, Schmidt and Troendle [1992] found an annual canopy sublimation total
of about 46 mm. In Oregon, USA, Storck et al. [2002] report approximately 100 mm of intercepted snow sub-
limation. These values are more than simulated over most of the Salt (Figure 6) in this study. One would
expect the relative contribution of canopy sublimation to the snow water budget to be dependent on the
duration of snow storage in the canopy. This may be unique to warmer and drier climates with low snowfall
frequencies and frequent melt unloading in the winter to limit canopy sublimation. Cold regions have nearly
continuous snow storage in the canopy during winter [Yamazaki et al., 2007] as do snowy temperate regions
[Suzuki and Nakai, 2008], which contrasts with dry and temperate regions where canopy snow storage is
often intermittent. Change in SUB; upon LAI" reduction relative to total snowfall is low on the basin as whole
(0.6% and 1.3% decrease for a 30% LAI" reduction for 2008 and 2007 simulations, respectively). While this per-
centage is greater in more localized portions of the watershed (e.g., as high as 5%), it is possible that this
change in SUB; would be substantially greater in colder areas than the Salt, where melt unloading in winter
is not as common.

Molotch et al. [2007] report average (maximum) EC-measured canopy sublimation rates from 1 March to 10
April 2002 of 0.71 mm d' 3.7mmd™") with 34.8mm of total SFE at the Niwot Ridge AmeriFlux site in
Colorado (40°158"N, 105°32’47"W). This site in Colorado is 3050 m asl with average LAI" of 4.2 and a gap frac-
tion of 17%. For the 2900 m asl simulations presented here (Figures 10 and 11), increasing LAI" to 3.49 (i.e,,
43x0.83) results in an average SUB; rate of 0.90mmd™" with a maximum rate of 42mmd~" from 1
March to 10 April 2008. During this period, 31.0 mm of SFE was simulated. One would expect the slightly
higher rates simulated in this study than Niwot Ridge in Colorado due to the lower latitude and higher
solar insolation.

5.2. Validation with EC and SNOTEL Measurements

It is important to note that close agreement should not always be expected between sublimation simulated
here and flux observations at the AmeriFlux towers. For example, the dynamic flux tower footprint is depen-
dent on wind direction, atmospheric stability, and the characteristics of the upwind terrain [Sogachev et al.,
2004]. Additionally, the presence of liquid water in the flux footprint (e.g., during mixed precipitation events)
and transpiration (possible during warm periods in spring) would increase the measured flux values only. The
poorer agreement during periods with recent snowfall (Table 5) is understandable, considering that intercep-
tion in the model is related to LAI" at 30 m resolution, which is a very simple representation of the forest
around the AmeriFlux towers. In addition, in complex terrain, the homogeneity assumption of the flux foot-
print for EC measurement is questionable [Foken and Wichura, 1996; Mahat et al., 2013]. Lastly, it is possible
that the overestimation of sublimation during periods of low solar radiation is partly due to the challenges of
using EC as a measurement technique during periods of stable nocturnal conditions [Mahat et al., 2013;
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Sexstone et al., 2016]. As with this study (Table 5), Marks et al. [2008] noted an improved agreement between
modeled and EC-measured fluxes when nocturnal periods are excluded.

Comparisons with SNOTEL observations suggest that snowpack duration was underestimated in 2007 and
overestimated in 2008 due to the low bias in SWE in 2007 and high bias in 2008 (Table 3). The bias in
rain/snow fraction leading to snowfall overestimation in 2008 at the four lowest elevation SNOTEL sites
(705, 877, 866, and 519) resulted in the spring snowpack duration difference between 2007 (dry year) and
2008 (wet year) being largely overestimated. For example, for the simulation results displayed in Table 3,
the median overestimation of the duration difference between 2007 and 2008 at the four lowest elevation
sites was 24 days. This median decreases to 13 days for the four highest elevation sites, and the overestima-
tion is as low as 8 days (Table 3) at the highest SNOTEL site (617). The median of the observed difference in
2008 versus 2007 spring duration at all sites was 13 days. Therefore, the specific values of the differences in
ASUB, with LAI" reduction (e.g., Figures 9 and 11) are likely exaggerated in the simulations for this specific wet
year/dry year pair, especially for the lower elevations, and should be taken with caution.

5.3. Range in the HSUB and LSUB Simulations

As seen in Figure 10, the range in rates between the LSUB and HSUB is at most 0.08 mmd~' SUB; and
0.16mmd~" for SUBg. Owing to the large dependence of SUB; rate on intercepted snow load (equation
(5)), the range between HSUB and LSUB simulations generally only overlap when LAI" is held constant across
the slope/aspect gradient (Figures 10e and 10f). The range between HSUB and LSUB simulations suggests
more uncertainty in the effects of LAI" reduction on SUB, than SUB,. Although the average of HSUB and
LSUB simulations suggest a December-January decrease in SUB, for all but heavily forested south aspects,
the range in the HSUB and LSUB rates generally overlap (Figure 10). There is less overlap in the range of
the HSUB and LSUB simulations between reduced LAI" and full LAI" simulations for February-March rates
(Figure 10). Owing to the larger sample size for calculating average rates in April-May 2008 than 2007, there
is a larger range in the LSUB to HSUB rates for SUB in 2007 (as large as 0.16 mm d~" in 2007 in Figure 10e)
than 2008.

The snow season cumulative effect of the HSUB to LSUB differences in rates generally lead to a 0.8 mm range
in total SUB; change and a 1.5 mm range in total SUB, change (Figure 11). The ranges in SUB; are generally
10% of the total change in SUB;, and the ranges only overlap for the slope/aspect gradient (Figures 11e
and 11f). The largest range in accumulated change is nearly 5mm for SUB, in 2008 with LAIl,=2.47 for
2500 m asl flat terrain (Figure 11d). Therefore, the specific values of sublimation change reported in this study
should be interpreted with caution. However, the key findings in Figure 11 are generally robust to the differ-
ent parameterizations of unloading and subcanopy wind speed considered here. For example, due to the
extended duration of spring snowpack in the wet year 2008, total ASUB; upon LAI" reduction is generally
positive at 2900 m asl in 2008 and negative in 2007 (Figures 11e and 11f). For most of the basin (Figure 9),
the combined effects of reduced SUB in winter and reduced SUB, from reduced duration in late-winter early
spring results in a total decrease in SUB, for HSUB and LSUB simulations. This is most evident for the wet year
(Figure 9) and for flat terrain with moderate to light forest cover density, especially at 2200 and 2500 m asl
(Figure 11).

5.4. Limitations

It is possible that a larger range in simulation results would occur with different model parameterizations and
representations of interception, unloading, latent heat fluxes, etc. For example, changing the constants in
equations (2)-(4) for longwave and shortwave radiations would alter the curves in Figures 7 and 8. A more
aggressive depletion in solar radiation with increased LAI” might enable changes in the shortwave radiation
budget in winter to overcome changes in the longwave radiation budget upon LAI" reduction. Also, consid-
ering the thermal inertia of the canopy [Gouttevin et al., 2015] and various representations of snow albedo
would also affect the changes in subcanopy snowpack energy budget due to LAI" reduction.

In addition, the equation for SUB, (equation (6)) used here assumes stable stratification and medium rough-
ness. If stability adjustments were made for ground snowpack fluxes [e.g., Koivusalo et al., 2001] one might
expect sublimation rates during period of high solar insolation to increase. Mahat et al. [2013] considered
roughness length as a tunable parameter and found better agreement with EC flux observations upon
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increasing roughness lengths in a subcanopy environment (0.1 m), relative to typical values in open areas
(0.01 m). Similar results were found by Reba et al. [2014]. Mahat et al. [2013] found that simulated snowpack
latent heat flux decreased by 55% when roughness length was changed from 0.1 m to 0.01. Mahat et al.
[2013] note that these results suggest increased turbulence in the subcanopy environment. It is therefore
possible that SUB, was underestimated here in heavily forested areas, but Mahat et al. [2013] also question
the below-canopy EC flux measurements, as many assumptions for the EC method may not be valid in
subcanopy environments.

In addition, alternative representations of canopy interception processes [e.g., Ellis et al., 2010; Moeser et al.,
2016] would most likely have resulted in a greater range in SUB; than given here because only unloading pro-
cesses varied between the HSUB and LSUB simulations. Methods producing greater interception than the
Hedstrom and Pomeroy [1998] snowfall interception model used here would likely result in greater decreases
in SUB; upon LAI” reduction than displayed in this study.

Also, canopy snow energy balance models that are coupled to the energy budget of the snowpack [e.g.,
Mahat et al., 2013] differ fundamentally from the ice-sphere sublimation model used here that is only coupled
to the ground snowpack through unloading. In Mahat et al. [2013], sublimation is calculated from vapor pres-
sure deficit by tracking the intercepted snow surface temperature (using basic turbulent energy flux equa-
tions) and with meltwater drip resulting when the intercepted snow surface is at the melting point with
extra energy available for melting. Also, the intercepted snow surface temperature and the snowpack surface
temperature are related through the simultaneous energy balance equations for the snowpack and the
canopy snow [Mahat et al., 2013].

Given the large number of possible combinations of parameter/model representations, Essery [2015] devel-
oped a factorial snowpack model system to help quantify uncertainty. With two levels of representation
for five snowpack processes, 2° model configurations can be employed. Future work should consider a larger
number of possible model setups in an attempt to better estimate uncertainty in sublimation sensitivity to
forest cover reduction.

There are also several notable factors neglected from the modeling system used here. Reflected shortwave,
emitted longwave, and shading from adjacent terrain are neglected, as well as snow redistribution by wind
and gravity. Small-scale studies have found wind redistribution of snow to be important to the snow water
budget [Mahmood and Vivoni, 2014; Broxton et al., 2014]. Additionally, temperature inversions arising from
local topography are represented at 4 km (not 30 m), the resolution of the PRISM data. Similarly, the PRISM
data likely capture some orographic effects on total snowfall, but there are no adjustments for precipitation
based on aspect, slope, and wind direction. Thus, simulated snow interception varies little by aspect in these
simulations, resulting little variation by aspect in the decreases in SUB; upon LAI" reduction (Figures 11e and
11f). Lastly, mixed-conifer forests typically have higher LAI" than ponderosa pine forests [McDowell et al.,
2008]. More explicitly differentiating between mixed-conifer and ponderosa pine forests may have increased
simulated canopy sublimation at the higher elevations of the watershed.

While this study focused on a single pair of wet and dry years, results may vary within sets of wet years and
dry years based on precipitation frequency differences. A dry year with frequent but light snowfall may have a
very high portion of snowfall intercepted by the canopy. In contrast, a wet year characterized by only several
intense snowfall events might have a low portion of snowfall intercepted. In addition, there may be consider-
able interannual variability due to the timing of stable snowpack establishment. A deep snowpack that is
established in late fall might amplify the effects of canopy cover reduction through the winter.

6. Summary and Conclusions

For a wet year (2008) and dry year (2007), 30 m terrain and forest cover information was used to downscale
meteorological data for input into a snow model system to determine the effects of forest cover on snow sub-
limation from a large mountainous watershed in the Southwest U.S., the Salt River basin. Detailed analyses of
changes in radiation, wind speed, canopy sublimation, and ground sublimation upon forest cover reduction
were performed. Corresponding to the hypotheses stated in section 1, results suggest that (1) decreasing for-
est cover decreases ground sublimation at all but the highest elevations of the watershed; (2) at the basin
scale, the effects of forest cover change on ground sublimation are notably greater in the wet year than
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the dry year due to a more persistent snowpack; and (3) in contrast, the effect on canopy sublimation (a
decrease with reduced forest cover) is more similar between the wet and dry years at the basin scale com-
pared to the effect on snowpack sublimation.

Increased forest cover tends to slightly increase ground sublimation in the winter, most prominent for north
facing slopes and areas with light forest cover density (e.g., an effective leaf area index of 0.87). In the late
winter and spring, increased forest cover greatly reduces the rates of ground sublimation, most prominent
on south facing slopes and areas with heavy forest cover density (an effective leaf area index of 2.47).
Canopy sublimation increases greatly, moving from lightly forested to densely forested areas due to greater
interception. Canopy sublimation increases with increasing snowfall, but the increase is limited due to the
canopy snow-holding capacity. In addition, areas with colder temperatures (e.g., higher elevations) that
reduce the frequency of melt-unloading events tend to have higher totals of canopy sublimation. This also
contributes to greater changes in canopy sublimation upon forest cover reduction.

It is important to note that that there was evidence in the 2008 simulations for increased ground sublimation
upon LAI" reduction. These simulations tended to be for heavily forested midelevation areas (2500 m asl) and
moderately to heavily forested high elevations (e.g., >2900 m asl), suggesting that increasing wind speed
and solar radiation to a snowpack already persisting long into spring overcomes the effects of shorter dura-
tion. For example, in 2008, it was found that steep, heavily forested, and south facing slopes at the highest
elevations have increases in ground sublimation upon forest cover reduction that are greater magnitude
than decreases in canopy sublimation. In contrast, in the 2007 simulations, the effects of shorter duration
in spring tended to overcome the higher-energy conditions resulting from forest cover reduction, even for
high elevation, south facing, heavily forested slopes.

Despite the model uncertainties, the results in this study are promising from a water resource perspective.
Considering the good agreement with vapor flux, meteorological, and SWE observations shown here, it
may be possible to identify key areas of a large watershed that are most sensitive to forest cover change if
a model intercomparison approach that focuses on altering more parameterizations is used. This is made
more important considering recent trends toward a drier climate in central Arizona and the southwestern
U.S. [Svoma et al., 2010] that are expected to continue this century [Seager et al., 2007; Ellis et al., 2008].
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