Weak overturning circulation and high Southern Ocean
nutrient utilization maximized glacial ocean carbon

Juan Muglia®*, Luke C. Skinner®, Andreas Schmittner®

“College of Earth, Ocean and Atmospheric Sciences, Oregon State University, 104 CEOAS
Administration Building, 101 SW 26th St, Corvallis, OR 97331, USA
b Godwin Laboratory for Palaeoclimate Research, Department of Earth Sciences, Univ. of
Cambridge, Cambridge CB2 3EQ), UK

Abstract

Circulation changes have been suggested to play an important role in the se-
questration of atmospheric COs in the glacial ocean. However, previous studies
have resulted in contradictory results regarding the strength of the Atlantic
Meridional Overturning Circulation (AMOC) and three-dimensional, quantita-
tive reconstructions of the glacial ocean constrained by multiple proxies remain
scarce. Here we simulate the modern and glacial ocean using a coupled physical-
biogeochemical, global, three-dimensional model constrained simultaneously by
d13C, radiocarbon, and §'°N to explore the effects of AMOC differences and
Southern Ocean iron fertilization on the distributions of these isotopes and ocean
carbon storage. We show that §3C and radiocarbon data sparsely sampled at
the locations of existing glacial sediment cores can be used to reconstruct the
modern AMOC accurately. Applying this method to the glacial ocean we find
that a surprisingly weak (6 —9 Sv or about half of today’s) and shallow AMOC
maximizes carbon storage and best reproduces the sediment isotope data. In-
creasing the atmospheric soluble iron flux in the model’s Southern Ocean inten-
sifies export production, carbon storage, and further improves agreement with
§13C and §'5N reconstructions. Our best fitting simulation is a significant im-

provement compared with previous studies, and suggests that both circulation
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and export production changes were necessary to maximize carbon storage in
the glacial ocean.
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1. Introduction

During the Last Glacial Maximum (LGM, ~ 21 ky before present) at-
mospheric pCOy was about 100 ppm lower than its pre-industrial (PI) value
(Marcott et al., 2014). Reconstructions of stable carbon isotope (613C) distri-
butions from LGM sediments indicate a shallower Atlantic Meridional Over-
turning Circulation (AMOC) and more remineralized nutrients and carbon in
the deep Atlantic (Gebbie, 2014). However, no consensus on the glacial AMOC
strength exists, with studies inferring weaker (Lynch-Stieglitz et al., 2007), sim-
ilar (Bohm et al., 2015), or stronger (Kurahashi-Nakamura et al., 2017) over-
turning rates. Radiocarbon (A%C) reconstructions suggest that the deep ocean
was more isolated from the atmosphere, which has been suggested to explain
the full glacial-interglacial change in atmospheric COs (Sigman et al., 2010;
Sarnthein et al., 2013).

On the other hand, an increase in biological production and export of or-
ganic matter could have transferred a substantial amount of carbon from the
surface and atmosphere to deep waters during the LGM (Martin, 1990). In most
of the present Southern Ocean (SO) productivity and macro-nutrient (nitrate,
phosphate) utilization is limited by low concentrations of dissolved iron (DFe).
Higher dust deposition could have fertilized this region with iron and increased
its efficiency as a carbon sink during the LGM. Observations indicate that atmo-
spheric dust fluxes into the SO (Maher et al., 2010; Lambert et al., 2015) and
soluble iron content in dust (Conway et al., 2015) were increased in the LGM
compared to today, and nutrient utilization (inferred from *N/4N) was more
efficient (Martinez-Garcia et al., 2014). However, the effects of increased SO
nutrient utilization and changes in deep ocean circulation on three-dimensional

glacial ocean carbon storage remain unquantified.
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The goal of this work is to use a model-data comparison to constrain the
state of the LGM ocean, including its AMOC, SO nutrient utilization and to
separately quantify their effects on ocean carbon storage. We use a three-
dimensional, global climate/circulation/biogeochemistry model (Muglia et al.,
2017), that includes, for the first time, three key isotopes (}4C, *C, 1°N) si-
multaneously, as well as interactive iron cycling. Previous studies did not use
interactive iron cycling (Schmittner & Somes, 2016) or only used individual iso-
topes (mostly 6'C, Brovkin et al., 2007; Tagliabue et al., 2009; Bouttes et al.,
2011; Menviel et al., 2017), which did not allow separation between circulation
and export production effects in model/data comparisons. Our comparisons
of multiple simulated isotopes with sedimentary reconstructions exploit com-
plementary constraints provided by these isotopes (Schmittner & Somes, 2016)
and offer novel insights into the glacial ocean.

A detailed analysis of the different components of the ocean’s carbon cycle
and their effects on atmospheric CO; is beyond the scope of this paper and will

be presented elsewhere (Khatiwala et al., in preparation).

2. Methods

2.1. Physical and biogeochemical model

We use the global ocean circulation model from the University of Victoria
(UVic) (Weaver et al., 2001), version 2.9. It consists of a three-dimensional
dynamical ocean with 19 vertical levels at 3.6° x 1.8° horizontal resolution gov-
erned by the primitive equations, coupled to a two-dimensional single-level at-
mosphere, with moisture and heat balances and fluxes between the two mediums,
and a dynamical sea ice model. The model is coupled to a dynamic land vegeta-
tion model (Meissner et al., 2003). For the pre-industrial simulation wind stress,
winds used in air-sea fluxes and horizontal moisture and heat advection, and
clouds are prescribed from a present-day monthly climatology (Kalnay et al.,
1996). Evaporation, precipitation, air moisture and temperature are calcu-

lated by the two-dimensional model. Background vertical diffusivity was set
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to 3.5 x 107° m?/s. Our diapycnal mixing scheme includes a three-dimensional
parametrization of tide effects (Schmittner & Egbert, 2013), but it does not
consider changes in tidal energy dissipation. Isopycnal eddy diffusivity was set
to 1.2 x 10® m2/s. Higher values are applied in the tropics, to include effects
of the Equatorial Intermediate Current System on temperature, salinity and
dissolved oxygen (Getzlaff & Dietze, 2013).

LGM runs use an atmospheric CO5 value of 185 ppm, and orbital parame-
ters corresponding to 21 kyr. Using realistic atmospheric CO; is important for
an unbiased model-data comparison because fractionation of 13C during photo-
synthesis (Schmittner et al., 2013) and radiocarbon ages (Galbraith et al., 2015)
depend on atmospheric COs. The wind stress fields include a multi-model mean
LGM anomaly from the Paleoclimate Model Intercomparison Project Phase 3
(PMIP3), which are largest over the north Atlantic Ocean due to the presence
of the Laurentide Ice Sheet in North America and tend to intensify the AMOC
(Muglia & Schmittner, 2015). For the LGM continental ice sheets, we use the
reconstruction from the PMIP3 set up (Abe-Ouchi et al., 2015). We also apply
a global 1 PSU addition to salinity to account for sea level drop. Changes in
river routings were not included. The model’s land-sea mask and the resolved
bathymetry were not changed from preindustrial conditions.

In LGM runs, the fixed atmospheric COs of 185 ppm forces the ocean to
equilibrate its carbon to a lower pre-formed value than in preindustrial runs
that use 280 ppm. Thus the global ocean DIC content is lower in LGM than in
preindustrial simulations. It is not a goal of this work to infer glacial-interglacial
changes in atmospheric CO2 concentrations, but to compare different modeled
LGM configurations with proxy observations, and also to assess their DIC con-
tent and distribution. The fact that none of the LGM simulations has a larger
DIC inventory than the preindustrial indicates that none of the simulations
would result in LGM levels of atmospheric COs in interactive simulations with
prognostic atmospheric CO2 and a constant carbon inventory in the ocean-
atmosphere-land system.

UVic is coupled with the Model of Ocean Biogeochemistry and Isotopes
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(MOBI), version 1.8. It includes prognostic equations for POy, NO3, DFe, O,
DIC, dissolved organic matter, particulate organic matter (detritus), particu-
late iron, phytoplankton, zooplankton and diazotrophs. It is equipped with
an advection-diffusion scheme, so tracers depend on ocean physics as well as
biogeochemical interactions. The P content of the ocean is assumed constant,
but the N cycle includes Ny fixation by diazotrophs (source of NO3), and water
column and benthic denitrification (sinks of NO3) (Somes & Oschlies, 2015).
The iron cycle includes external inputs from atmospheric dust deposition,
sedimentary release, and hydrothermal fluxes (Muglia et al., 2017). Atmo-
spheric deposition is calculated from a prescribed surface field and added to
DFe at the surface. Sedimentary release is proportional to the flux of organic
matter reaching the ocean floor, and to a sub-grid bathymetry parameter used
to account for unresolved bottom features. Bulk hydrothermal iron fluxes at
mid-ocean ridges are added locally to DFe concentrations at the corresponding

grid boxes.

2.2. Moisture transport and circulation

Various processes and model parameters can affect the meridional overturn-
ing circulation (MOC). Here we modify the meridional southern hemisphere
moisture transport (Fygp), which has been proven to be an efficient way to
affect Antarctic Bottom Water (AABW) production and AMOC strength, pro-
ducing different MOC states. A decreased Fyspy leads to saltier AABW and a
weaker AMOC (Saenko et al., 2003). Tt has been suggested that changes in at-
mospheric water vapor transport played a role in glacial-interglacial changes in
SO stratification and CO2 (Sigman et al., 2007), but estimates of this transport
in the LGM are uncertain.

Specific humidity in the UVic model is controlled by the equation
9q
patl( 50 +V(ug) = V(uVq) | = po(E — P), (1)

where p, and p, are the density of air and water, respectively, H = 1.8 km is

a scale height, u is the mean wind velocity for the advection of moisture,
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and P are evaporation and precipitation fluxes, respectively, ¢ is the specific
humidity, and p is the moisture eddy diffusivity. @ accounts for the transport of
moisture due to any process that cannot be explained by the resolved advection.
It has a trigonometric dependence on latitude (Fig. S1), with higher values at
mid latitudes, where eddies play an important role in atmospheric circulation.
Larger diffusivities in the southern hemisphere compared with the northern
hemisphere improve agreement with modern observations (Saenko et al., 2003),
so an anomaly pgy is added to the moisture diffusivity in the southern hemi-
sphere.

Variations of psy produce changes in the meridional transport of humidity
from the equator to the SO (Fig. S1), and control the buoyancy of Antarctic
Circumpolar waters. Hence we can vary pgy among experiments and test the
effect of different deep circulations and water mass distributions on biogeochem-
istry, isotopes, radiocarbon ages and carbon storage. We do this by multiplying

psa by a factor €, that goes from 1 (default pgp) to —0.5.

2.8. Iron fluzes

PI and LGM surface soluble iron fluxes were calculated from dust flux
monthly climatologies (Lambert et al., 2015, see Muglia et al. (2017) for more
details). Compared to the PI, the calculated LGM surface soluble iron fluxes
exhibit an increase in parts of the SO, to the east of the Patagonian region and
around continents (Fig. S2). Yearly atmospheric surface fluxes to the ocean
south of 35° S are 0.009 Tg/y for the PI and 0.018 Tg Fe/y for the LGM. A
recent estimation from two Antarctic ice cores suggests that surface soluble iron
fluxes into the SO may have been more than 10 times higher during the LGM
(Conway et al., 2015). In order to test the effect of an iron fertilization of this
kind into the SO, we perform experiments where the LGM atmospheric flux is
multiplied by 10 south of 35° S (Fig. S2). In those cases, the yearly atmospheric
surface flux to the SO is 0.18 Tg/y.

Sedimentary DFe flux in our model is proportional to the flux of organic

carbon reaching the ocean bottom. To calculate it we use a sub-grid bathymetry
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function that specifies the fraction of ocean bottom at each ocean grid box, and
is multiplied to the sedimentary release (Muglia et al., 2017). Lower sea level in
the LGM exposed a fraction of present day continental shelves, so for LGM runs
we lowered sea level by 125 m (Lambeck et al., 2014) in the topography map
used to calculate the sub-grid bathymetry. This results in lower sedimentary

fluxes around continents (Fig. 52).

2.4. Ezperiments

Table 1 lists all LGM experiments that include biogeochemistry and iso-
topes. Each was run for 5 ky, and results from the last 500 years are shown.
Experiments differ in their ocean circulation (obtained by varying Fygm, see
2.2) and in additional SO soluble iron fluxes (see 2.3). Experiment labels are
defined by their AMOC strength at 25° N. The SOFe label indicates models
where the LGM atmospheric soluble iron flux was multiplied by 10 between 35°
S and Antarctica. Stable isotope and radiocarbon data used to compare our
simulations to, as well as the comparison methods we use, are described in the

Supplementary Materials (SM).

2.5. Validation

In order to test our methodology, we seek to answer the following question:
Can the modern AMOC be reconstructed by fitting the model to observed §'3C
and radiocarbon ages sub-sampled on the relatively sparse sediment core loca-
tions available for the LGM ocean? For this test, we have produced different PI
simulations with AMOC’s ranging between 11.5 and 18.4 Sv. Root mean square
errors (RM SE) range between 180 — 290 *Cyr in radiocarbon and 0.28 — 0.36
%o in §13C (Fig. 1). The best fit, considering both correlation coefficient R and
RMSE as metrics, to both top-core §'2C and natural radiocarbon age, sam-
pling only where LGM observations are available, is a simulation with AMOC
strength of 17.8 Sv. This is consistent with independent estimates (17.2 + 0.9
Sv, McCarthy et al., 2015) from modern observations (Fig. 1). The result indi-
cates that 63C and radiocarbon reconstructions given at the relatively sparse

sampling of the LGM can be used to quantitatively reconstruct the AMOC.
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3. Results

3.1. Physics and biogeochemistry

The model’s LGM AMOC decreases continuously with decreasing Fi sy until
about 6 Sv (Fig. 2; Table S1), at which point the AMOC collapses. It exhibits
hysteresis behavior that is impacted by North Atlantic wind stress changes by
decreasing the width of the hysteresis curve and shifting it towards lower Fysy
values (Fig. 2, bottom left). AMOC states between 0 and 6 Sv are unstable.

The stronger wind stress over the North Atlantic that existed during the

LGM as a consequence of the Laurentide Ice Sheet (Ullman et al., 2014; Muglia & Schmittner,

2015), considered in our prescribed wind stress fields, stabilizes the weak LGM
AMOC by increasing the gyre circulation and maintaining relatively high salin-
ities in the North Atlantic (Fig. 2). It also produces the conspicuous deepening
of the North Atlantic Deep Water (NADW) in LGM _ 13.

Preindustrial minimum and maximum SO sea ice surfaces in PI_control are
1.6 and 19.9 x 10° km?, respectively. This represents an underestimation of
summer sea ice extension with respect to observations of 4.12 & 0.8 x 105 km?,
although winter extension is well captured compared to 21 & 2 x 10% km? in
Roche et al. (2012). Conversely, all our LGM simulations, which range from
7 (LGM_13) to 13 x 10° km? (LGM_6), are in good agreement with LGM
minimum sea extent reconstructions (11.1 + 4 x 10 km?, Roche et al., 2012),
but underestimate LGM maximum sea ice extent (from 30 (LGM _13) to 35
(LGM_6) x10% km? versus 43.5 4+ 4 x 10° km? in Roche et al., 2012). This
indicates that the LGM-PI difference in SO sea ice extent seasonal amplitude is
underestimated in our simulations.

LGM-PI control mean surface air temperature anomalies range between
—4.6 and —4.9 °C, in agreement with observations (Annan & Hargreaves, 2013).
Global mean ocean temperature anomalies range between —1.8 °C in LGM _ 13
to —2.4 °C in LGM _8 and LGM _ 6, with the latter being the value closest to
a recent reconstruction of —2.57 & 0.24 °C (Bereiter et al., 2018).

LGM-PI_ control sea surface temperature (SST) anomalies are in the range
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of reconstructions from MARGO (Waelbroeck et al., 2009) for the Atlantic (Fig.
2) and Indo-Pacific (Fig. S3) oceans, with some cold biases, especially at north-
ern high latitudes. MARGO’s predicted cooling of —2 °C is overestimated by
our simulations, which range between —2.5 to —2.6 °C. Statistically, all LGM
experiments are in similarly good agreement with MARGO, with a range of
correlation coefficient (R) of 0.93 — 0.95 and root mean square error (RMSE)
of 2.8 — 3.0 °C, which shows the skill of our model to reproduce LGM SST’s,
but at the same time illustrates the inability of SST data to constrain the LGM
AMOC.

LGM meridional moisture fluxes cannot be easily constrained by data, so our
prescribed fluxes are not validated by observations. However, at mid-latitudes
the difference between the moisture transport of the weak AMOC cases and the
modern observations is similar to the difference between the modern reanalysis
data and PI_control (Fig. S1). Given those uncertainties, the applied fluxes in
the model are not unreasonable.

Lower meridional moisture fluxes decrease precipitation south of 45° S. As
a result, surface salinities increase around Antarctica and decrease in sub-polar
regions in experiments with decreased F,sp relative to LGM _ 13 (Fig. S4). The
surface SO cools, buoyancy loss and sea ice extent increase around Antarctica,
and Antarctic Bottom Water (AABW) production is enhanced, as hypothesized
by (Ferrari et al., 2014). In LGM_8 e.g., AABW reaches far into the deep
North Atlantic (NA), and the interface with NADW becomes 700 — 1000 m
shallower (Fig. 2). The AMOC is weak and shallow compared to LGM _13 and
PI control.

Circumpolar deep water inflow into the Indian and Pacific oceans and the
associated MOC (IPMOC) is also weakened due to reduced NADW inflow into
the Southern Ocean (Fig. S3, Table 1). Higher meridional pressure gradi-
ents increase Antarctic Circumpolar Current transport in LGM 8 compared
to LGM _13 and PI_control (Table S1), consistent with 6'*0 reconstructions
(Lynch-Stieglitz et al., 2016).

AABW is saltier than NADW in LGM _8 (Fig. 2), in agreement with sed-
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imentary pore-water reconstructions (Adkins et al., 2002; Insua et al., 2014).

LGM 13 has salinity distributions more similar to PI _control, but since pore-

water reconstructions remain relatively sparse and have high uncertainties (Miller et al.,

2015; Wunsch, 2016), salinity fields alone are insufficient to rule it out as a pos-
sible LGM scenario.

Lower surface temperatures and increased sea ice cover decrease primary
productivity and export production from PI_control to LGM runs in the SO
(Fig. 3) due to enhanced light limitation of phytoplankton. This is exacerbated
in the weak AMOC cases, mainly because of their increased sea ice cover around
Antarctica. In accordance, surface nutrients are increased in this region in
LGM experiments (Fig. S5). LGM iron fluxes from Lambert et al. (2015) do
not produce a considerable effect on biogeochemistry compared to PI_control
(Muglia et al., 2017), similar to what the authors of that work found when
they applied the same fluxes (assuming constant solubility) to an ocean model.
On the other hand, SOFe experiments (see 2.4) do show an increase in SO
productivity and export production, northward of the position of summer sea
ice. In Fig. 3, the region of increased export production reaches further south
for LGM 13 _SOFe because of less grid boxes being occupied by sea ice in this
experiment compared to LGM _8 SOFe. The latter experiment is in better
agreement with reconstructions of LGM-PI export production changes from a
variety of proxies, which suggest increased (reduced) production north (south) of
the Polar Front (Kohfeld et al., 2013, and K. Kohfeld, personal communication).
Surface nutrients decrease in the region of higher productivity, but increase
south of that (Fig. S5), and a high nutrient signal is transferred between AABW
and deep waters (not shown). A future work will focus on the decomposition of

nutrients and carbon in these experiments.

3.2. Radiocarbon

Please see the SM for a description of our radiocarbon model. Our LGM
experiments predict older (in *Cyr) waters than PI_control in most of the deep

ocean (Fig. 4). Even LGM 13, which has a similar although slightly reduced

10
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MOC compared to PI_control, results in ~ 300 4Cyr older radiocarbon ages
(Table S2) due to increased sea ice cover and lower pCOs (Galbraith et al.,
2015). However, old LGM radiocarbon ages in the deep NA and Pacific pre-
dicted by reconstructions (Skinner et al., 2017) are only reproduced with a weak
(or collapsed) AMOC and increased AABW. In the Atlantic, LGM_ 8 exhibits a
clear separation between AABW with ages higher than 2000 4Cyr and NADW
with ages younger than 1000 Cyr at approximately 2500 m of water depth.
Compared to PI _control, the depth of the interface shoals by about 1000 m
and vertical gradients are much enhanced. Experiments LGM 9, LGM 8 and
LGM _6 fit the sediment data best, as indicated by their higher R and lower
uncertainty-normalized RMSE (Fig. 4, Table S2). The difference in absolute
(unnormalized) RM SE between these experiments and the worse fitting ones
is of the order of 100 *Cyr, similar to the difference among preindustrial good-
and bad-fitting runs (Fig. 1). The best fitting simulations’” RMSE’s of ~ 1.1
indicate that these experiments are consistent with the observations given the
error estimates. RMSE’s of ~ 1.3 for LGM_0 and LGM 13 indicate that
these simulations have 20 % larger errors and thus are considerably less consis-
tent with the observations. This provides significant evidence that the LGM
AMOC was active, but likely weaker than in modern times. A comparison of
PI control radiocarbon ages with LGM observations gives normalized RMSE
of 1.5, considerably higher than all LGM simulations. This suggests that our
preindustrial circulation does a worse job than any of our LGM states at repro-
ducing deep LGM *C ages, in apparent conflict with a recent box model study
that suggests that a modern circulation can reproduce them (Zhao et al., 2018).

Reconstructions of LGM radiocarbon ages from sediment cores are much
noisier than modern water column measurements, indicating errors or biases
in the reconstructions. Reconstructions (Skinner et al., 2017) mapped to our
model’s grid suggest a global LGM-PI difference of 673 — 936Cyr. The global
age differences between our LGM experiments and PI _control, calculated over
grid boxes for which LGM data exist, vary between 283 and 635 *Cyr (Fig. 4,
Table S2), with LGM 6 producing the highest estimate. If we consider all model

11
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grid boxes, LGM _6 produces a maximum aging of 635 *Cyr, close to a global
interpolated estimate of 689 453 *Cyr (Skinner et al., 2017). At depths below
2000 m, the simulations result in 281 to 828 *Cyr older waters, and LGM 9
is closest to sedimentary reconstructions of 600 “Cyr (Sarnthein et al., 2013;
Skinner et al., 2017).

Discrepancies between our model and reconstructions could be related to
high variability in the reconstructed surface reservoir ages, which were calcu-
lated either as modern reservoir ages plus 250 “Cyr (due to pCOy effects,
Galbraith et al., 2015) or from independent dating. They have a global mean
LGM-PI value of 285 *Cyr and higher LGM variability (388 *Cyr) than our
modeled estimates (Fig. S6), which exhibit an LGM-PI_control range of 247
to 255 4Cyr and have an LGM variability of ~ 130 14Cyr. Using surface reser-
voir ages from LGM 6 to re-calculate LGM radiocarbon ages from observed
benthic-planktonic age differences (Skinner et al., 2017) gives a mean LGM-PI
aging of 673 *Cyr (lower orange dashed line in Fig. 4). Our highest estimate
of 635 Cyr is close to this number, indicating that surface reservoir ages are
a significant cause of difference between modeled and reconstructed ventilation

ages.

3.8. Stable isotopes

A strong presence of high 6'*C NADW in the Atlantic as exhibited by
LGM_ 13 is inconsistent with LGM reconstructions (Fig. 5). This simulation
also produces too high Pacific 613C, especially in the southern hemisphere. In
LGM_8 low 6'3C AABW penetrates into the northern hemisphere (NH), and
high §'3C waters are confined to the upper 1500 m of the NA, consistent with
observations (Peterson et al., 2014). A vertical profile of global 6'C means from
LGM _ 8 reproduces the decrease in reconstructed §'3C with depth, in contrast
to LGM _ 13, which results in a mid-depth maximum, and LGM _0, which re-
sults in a mid-depth minimum (Fig. 5, bottom right). LGM _8 is in better
agreement, with observations than the strong and collapsed AMOC cases (Table

s2).

12
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Higher SO atmospheric soluble iron flux in SOFe experiments increases phy-
toplankton productivity, carbon export, and deep DIC (Muglia et al., 2017), in-
tensifying 613C depletion in the AABW of the Atlantic sector (LGM _13_SOFe
and LGM_8 SOFe in Fig. 5). It also produces too low §'3C in the deep
Pacific compared to observations, probably because most of the LGM’s ex-
tra dust originated in Patagonia and delivered to the south Atlantic primarily
(Lambert et al., 2015), so fluxes over the south Pacific may be overestimated in
our SOFe experiments.

The representation of §'*C compared to observations improves in all LGM

cases when higher atmospheric iron fluxes are applied (Fig. 5, bottom). LGM_8 SOFe

exhibits the highest R (0.79) and lowest uncertainty-normalized RMSE (1.20,
Table S2). The unnormalized RM SE is 0.33 %o, of the same order of magnitude
as the combined model-data uncertainty (0.28 %o). This value indicates that this
experiment’s error is only 20 % larger than that of the PI_control simulation
relative to the late Holocene core-top data. RMSFE for the collapsed and strong
AMOC cases is more than double, which indicates that those simulations are
inconsistent with the observations.

SOFe experiments produce higher nutrient utilization and organic matter
O'N in the SO, improving considerably the agreement with LGM-PI recon-
structions (Fig. 6). The model/observation R is more than 50 % higher in
these experiments than in the rest (Table S2). Part of the extra iron is trans-
ported and upwelled to the eastern equatorial Pacific, increasing that region’s
primary productivity, nitrate utilization and water column denitrification (Fig.
S5), in agreement with some observations from sediment cores (Winckler et al.,
2016), although other observations suggest that higher iron in the SO should
cause lower productivity in the equatorial Pacific because of higher consumption
of other nutrients (Costa et al., 2016). In our model the effect increases §'5N
locally, giving a better agreement with observed LGM-PI changes.

Circulation changes have a smaller effect on 6'°N than iron fertilization (Fig.
6). Among the SOFe experiments, the ones with weaker circulation provide a

slightly better fit to the data, due to a better estimation of SO §'°N increase
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and the reproduction of positive §'°N anomalies in the tropical Atlantic.

4. Discussion

Our experiments indicate that a remarkably weak, shallow AMOC with in-
creased AABW entrainment to the Atlantic Ocean is consistent with LGM re-
constructions of radiocarbon age and §3C. This suggests that LGM AMOC
strength at 25° N may have been between 6 and 9 Sv (Table 1), with a NADW
shallowing of 1000 — 1500 m with respect to PI, and that NADW export into
the SO was decreased by about two thirds from 15 Sv in PI to 5 Sv in LGM_ 8
(Fig. 2). They indicate a weaker AMOC than suggested by previous stud-
ies (Brovkin et al., 2007; Bouttes et al., 2011; Menviel et al., 2017) but qualita-
tively consistent with interpretations of LGM proxy data (Lynch-Stieglitz et al.,
2007). Since the AMOC in our model is not stable for values lower than 6 Sv,
we cannot evaluate even weaker but non-collapsed states. Nevertheless, the
poor agreement between a collapsed state and reconstructions rules out that
possibility.

A recent data assimilation study (Kurahashi-Nakamura et al., 2017) inferred
a shallow and strong LGM AMOC (22 Sv), which resulted in a global LGM
d13C RMSE of 0.50 %o. This is in qualitative agreement with interpretations
of 23'Pa/?39Th and neodymium data from the Atlantic Ocean (Lippold et al.,
2016). Our best estimate (LGM_8_SOFe) exhibits an RM SE of 0.33 %o to the
same 0'3C data used in Kurahashi-Nakamura et al. (2017), considerably lower
than their error. Note that RMSE of ~ 0.3 %o is typical for our best fitting PI
simulations (Fig. 1). On the other hand, a RMSE of 0.5 %o is much larger than
any of the PI simulations examined here and 50 % larger than our best fitting
LGM simulation. This indicates that the strong and shallow AMOC model of
Kurahashi-Nakamura et al. (2017) does not fit the LGM §'3C observations well,
in contrast with our shallow and weak simulations, which fit the reconstructions
much better. Our results (Fig. 4) suggest that a stronger LGM AMOC would

have caused too low LGM-PI radiocarbon age differences compared to recon-

14
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structions (Skinner et al., 2017), although a previous, more restricted data set
of radiocarbon from the Brazil margin indicates that the LGM ventilation was
not very different from the modern in that region (Freeman et al., 2016). We
conclude that a shallow and strong AMOC is less in agreement with the whole
range of existing 63C and radiocarbon observations than a shallow and weak
AMOC, but that scenario may not be discarded given that it has not been tested
in our model simulations.

Another recent study (Menviel et al., 2017) found the best match to LGM-
PI A§'3C to be a simulation with stronger AMOC than our LGM estimates
and weaker global AABW transport (10 — 15 and < 10 Sv, respectively, in
Menviel et al. (2017) versus 8 and 17 Sv in LGM_ 8 and LGM_8 SOFe, Table
S1). This represents a possible alternative circulation configuration that we
have not assessed in our experiments, as AABW transport in our best estimates
is of similar magnitude than its PI _control value instead of weaker. However,
LGM_8 SOFe produces a slightly better fit to the same AJ*®C reconstruction
(R = 0.63 and RMSE = 0.31 %o in LGM_8 SOFe versus 0.6 and 0.33 %o
in Menviel et al. (2017)), while also including iron fertilization effects, and the
additional constraint from 0'°N and radiocarbon. Our estimate also agrees
well with 680 evidence of increased Antarctic Circumpolar Current transport
in the LGM (Lynch-Stieglitz et al., 2016, Table S1), something that was not
tested by Menviel et al. (2017). We conclude that both works agree in the
existence of a weaker and shallower AMOC during the LGM, but it is debatable
whether AABW circulation was of similar magnitude or weaker. This remains
an important question to address in the future.

A tenfold increase in SO atmospheric soluble iron flux, as suggested by ice
core data (Conway et al., 2015), increases distribution of LGM §'3C and LGM-
PI §'°N compared to observations. In the SO of LGM_8 SOFe, LGM-PI
export production changes are positive in a band between 45° S and 60° S, and
are negative south of that (Fig. 3), qualitatively similar to estimates from a
variety of proxies (Kohfeld et al., 2013).

We tested iron fertilizations higher than the 10xLGM experiment presented
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here, finding little additional effect on the biogoechemistry and §'°N, and a
worse fit to 6'2C observations (Fig. 7, circles). Scavenging acts to remove the
extra DFe in these cases, preventing a higher increase in nutrient uptake by
phytoplankton, indicating a saturation effect. A more realistic iron cycle that
includes interactive ligands (Volker & Tagliabue, 2015) and/or phytoplankton
species shifts (Moore et al., 2000) could potentially further improve the agree-
ment with §'°N reconstructions.

An additional simulation generated with a tenfold increase in LGM atmo-
spheric soluble iron deposition over the whole ocean, instead of just the SO, pro-
duces a 50 % lower R, indicating that the enhanced export production must have
been restricted to the SO (Fig. S7). This global iron-fertilization simulation
overestimates LGM-PI 6'°N changes in the SO and elsewhere due to too much
suboxia, water-column denitrification and nitrogen fixation, similar to experi-
ments with globally increased phytoplankton growth rates (Schmittner & Somes,
2016).

In conclusion, our simulations suggest that in order to reproduce the combi-
nation of reconstructed LGM radiocarbon ages, 6'3C of DIC and §'5N of organic
matter, a weak, shallow NADW and a voluminous AABW, together with in-
creased export production in the SO, are needed. To our knowledge, this is
the first time that these three properties are generated by a coupled physical-
biogeochemical global ocean model that includes a prognostic iron cycle, and
are directly compared to LGM reconstructions. The estimated AMOC strength
at 25° N is 6 — 9 Sv and the IPMOC at 30° S is 12 — 13 Sv (=50 % and —20 %
change, respectively). Note that our experimental design explores only a lim-
ited parameter space. For this reason we cannot exclude that other circulations
and/or biogeochemical forcings fit the data similarly well or better. However,
our solutions represent a baseline that can be improved upon in the future.

What impacts did such a state have on the carbon storage of the glacial
ocean? Global mean LGM-PI ADIC are negative in our simulations (Table 1),
because of the fixed 185 ppm atmospheric COs applied to our ocean model,

which forces it to equilibrate at lower carbon concentrations, and the absence
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of changes in global alkalinity (Schmittner & Somes, 2016). However, a weak
AMOC and far-reaching AABW produce higher accumulation of dissolved in-
organic carbon (DIC) than a collapsed or strong circulation (Fig. 7, Table
1), presumably maximizing during glacial states the amount of respired and/or
disequilibrium deep ocean carbon (Skinner, 2009).

Compared to the strong circulation LGM case, a weak and shallow AMOC
state (e.g., LGM _8) increases carbon accumulation in deep and bottom wa-
ters in both the Atlantic and Indo-Pacific oceans (Fig. 8), due to a higher
volume of poorly-ventilated, SO-originated, high-DIC waters occupying these
regions. Remineralized nutrients approximated using Apparent Oxygen Utiliza-
tion (AOU) increase in the deep ocean (Fig. S8), particularly in the North
Atlantic where NADW is replaced by AABW. Preformed nutrients (Fig. S9)
are reduced everywhere except in the less ventilated parts of the Atlantic Ocean.
This contrasts with results from a reduced circulation experiment from North
Atlantic Ocean hosing (Schmittner & Galbraith, 2008), where preformed nutri-
ent presence increased in most of the deep ocean. However, in that experiment
the hosing of the North Atlantic produced an increase in SST and a decrease in
sea ice in the SO, opposite to the effect of our southern hemisphere-driven forc-
ing (Fig. S4). Thus, in our weak and shallow AMOC experiments, increased SO
sea ice decreases export production and preformed nutrients are reduced. The
effect is partly countered in the collapsed AMOC case LGM_0 (not shown),
which exhibits less SO sea ice and higher SST than the weak AMOC cases, and
thus has a slightly lowered DIC content than the latter. A detailed and accurate
carbon decomposition as well as effects on atmospheric CO4y will be presented
elsewhere (Khatiwala et al., in preparation). It is expected that the impact
on atmospheric CO2 will depend crucially on how the effects of export produc-
tion, circulation, sea ice and solubility interact to influence both the respired
and the disequilibrium carbon inventories of the global ocean (Skinner, 2009;
Tto & Follows, 2013).

Increasing export production through SO iron fertilization also raises DIC

(Fig. 7), due to a higher efficiency of the biological pump in the SO. The
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DIC increase is larger than that from circulation changes, similar to previous
works (Brovkin et al., 2007; Tagliabue et al., 2009), although the two effects are
likely to interact in a non-linear manner. AABW disseminates the extra car-
bon in the deep ocean (Fig. 8), so LGM 8 SOFe and LGM_6 SOFe, where
this water mass is most voluminous, exhibit the highest ocean carbon content.
The combination of circulation and iron fertilization effects provides evidence
against suggestions that either iron fertilization (e.g. Martinez-Garcia et al.,
2014) or circulation (e.g. Sarnthein et al., 2013) effects alone can explain the

whole glacial-interglacial change in ocean carbon content.

5. Conclusion

A weak but stable AMOC and high SO export production together pro-
duce higher global ocean carbon than other LGM ocean configurations. This
configuration is also the one that best reproduces carbon and nitrogen isotope
fields. This suggests that a weak and shallow AMOC together with increased
SO export production provide a viable state of the LGM ocean. Those features
may also provide important mechanisms for atmospheric COs trapping in the
deep ocean during glacial periods. These constitute baseline states that can be
compared in the future with other solutions to further refine our understanding

of the glacial ocean.
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Table 1: AMOC strength at 25° N (Sv) global/SO atmospheric iron fluxes (Tg Fe/y), and
differences with PI control in global dissolved inorganic carbon DIC (Pg C). For the iron
fluxes, the numbers in parentheses indicate seasonal variability in the last significant digit.
For the AMOC strengths, they indicate standard deviations in the last significant digit, taken
from the last 500 y of the simulations.

Experiment, AMOC  Atm. Fe flux ADIC
PI control 17.79(2) 0.053(5)/0.009(2) -
LGM 13 13.51(1) 0.096(7)/0.018(4) -1153
LGM 11 11.27(2) 0.096(7)/0.018(4) -936
LGM_9 9.323(3) 0.096(7)/0.018(4) -805
LGM_8 7.791(3) 0.096(7)/0.018(4) -738
LGM_6 6.19(2)  0.096(7)/0.018(4) -706
LGM_0 0.245(3) 0.096(7)/0.018(4) -791
LGM_13 SOFe 13.51(1) 0.26(3)/0.18(4) -656
LGM_9 SOFe 9.323(3) 0.26(3)/0.18(4) -270
LGM_8 SOFe 7.791(3) 0.26(3)/0.18(4) -205
LGM_6_SOFe 6.19(2)  0.26(3)/0.18(4) -164
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Figure 1: Comparison (R and RMSE) of different PI runs with measurements of water column
natural radiocarbon ages (Key et al., 2004) and top-core sedimentary §'3C from the late
Holocene (Peterson et al., 2014). Each cross corresponds to a different simulation, generated
by varying the meridional moisture diffusivity with a scale factor €4, indicated in the numbers
next to each symbol. The simulations have AMOC strengths that range between 11.5 and

18.4 Sv. The orange full and dashed lines correspond to a modern estimate of AMOC strength

AMOC strength at 25° N (Sv)

at 26° N and its uncertainty (McCarthy et al., 2015).
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Figure 2: Top: Atlantic (left) meridional overturning and (right) zonally-averaged salinity
for different simulated physical states; (a) PI control, (b) LGM 13, (¢) LGM _8, and (d)
LGM_ 0. LGM salinities include a +1 addition due to lower sea level. Bottom left: Response of
AMOC strength to (squares) decreases in southern hemisphere’s meridional moisture transport
(Fys); (circles) increases in Fygy from a collapsed state. Full line curve uses PT + LGM
anomalies for wind stress fields; dashed line curve uses PI wind stress fields. Bottom right:
Atlantic zonally averaged LGM-PI sea surface temperature changes versus latitude for the
same experiments, as indicated. Reconstructions (Waelbroeck et al., 2009) (full orange line)
=+ propagated errors (dashed orange lines). Model means were calculated using only grid boxes

from which there exist LGM reconstructions.
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Figure 3: LGM-PI_control changes in export production out of the euphotic zone (80 m) for

some of our simulations, as indicated.
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Figure 4: Top: Zonally averaged radiocarbon age sections from four representative experi-
ments, as indicated. Left(right) corresponds to the Atlantic(Pacific) Ocean. Overlaid on the
plots are data from the Global Data Analysis Project (Key et al., 2004) for PI_control and
from a combination of sediment data (Skinner et al., 2017) for the rest. Bottom: Correlation
coefficient R, uncertainty-normalized root mean square error (RMSE) and global LGM-PI
relative age difference for all of our LGM experiments compared to reconstructions, as func-
tions of AMOC strength. The orange line indicates the LGM-PI age difference from sediment
reconstructions. The upper dashed line corresponds to the mean LGM-PI radiocarbon age
difference if we include all data from Skinner et al. (2017) (see SM). The lower dashed line is
calculated using our modeled LGM surface reservoir ages. The uncertainty used to normalize

the RMSE is a combination of the data (620 '*Cyr, Skinner et al., 2017) and model (180

14 Cyr) uncertainties.
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Figure 5: Top: Zonally averaged 6'3C sections from four of our LGM experiments, as in-
dicated. Left (right) corresponds to the Atlantic (Pacific) Ocean. Overlaid on the plots
are zonally-averaged LGM data from foraminifera (see SM). Bottom left and center: R and
uncertainty-normalized RMSE from experiments compared to observations versus AMOC
strength. Squares(crosses) represent simulations with(without) increased atmospheric soluble
iron flux in the SO. The uncertainty used to normalize the RM SE is the standard deviation
of PI _control 513C to top-core data (Schmittner et al., 2017) at the locations of LGM data,
and equals 0.28 %o. Bottom right: Depth profiles of global mean §13C, calculated using only
grid boxes for which there exists LGM data. Red and blue: Experiments plotted in the merid-
ional sections above, with line codes as indicated in the Pacific plots; green: LGM 0; Orange

squares: Observations’ global mean (squares) + standard deviations (dotted lines).
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Figure 6: LGM-PI changes in §'°N of detrital (particulate organic) matter, averaged over
the top 120 m of the water column. Labels above each map indicate the experiment names,
and also include the R/RMSE’ of the simulations compared to observations, where RMSE’
is the uncertainty-normalized RMSE of anomalies from the mean. Overlaid on the plots are

LGM-PI values from observations (see SM).
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Figure 7: Uncertainty-normalized RMSE of modeled §'°N and §'3C compared to reconstruc-
tions, mapped over AMOC strength - logarithm of SO atmospheric soluble iron flux spaces.
Squares correspond to the experiments described in the Experiments section. Circles are ad-
ditional simulations performed with various increasing SO atmospheric soluble iron fluxes.
The dashed line is an upper boundary estimate of LGM surface soluble iron fertilization from
ice core data (Conway et al., 2015). Bottom: LGM-PI global DIC versus AMOC strength
from our described LGM simulations. Stars (crosses) represent simulations with (without)

increased atmospheric soluble iron flux in the SO.
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Figure 8: Differences in zonally-averaged DIC between some of our LGM simulations, as

indicated, and LGM 13, for the (left) Atlantic, and (right) Indo-Pacific oceans.
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