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Abstract

Experiments establishing the effect of pressure on the Fe*>*/SFe ratio of andesitic silicate melts buffered by coexisting Ru
and RuO- were performed from 100 kPa to 7 GPa and 14001750 °C. Fe**/ZFe ratios were determined by room temperature
Méssbauer spectroscopy, but corrected for the effects of recoilless fraction. Fe*"/ZFe ratios in quenched glasses decrease with
increasing pressure consistent with previous results between 100 kPa and 3 GPa (O’Neill et al., 2006), but show only small
pressure effects above 5 GPa. Ratios also decrease with increasing temperature. Mdssbauer hyperfine parameters indicate
mean coordination of Fe*t ions of ~5 in glasses, with no dependence on the pressure from which the glasses were quenched,
but show an increase with pressure in mean coordination of Fe*" ions, from ~5 to ~6. XANES spectra on these glasses show
variations in pre-edge intensities and centroid positions that are systematic with Fe**/SFe, but are displaced from those estab-
lished from otherwise identical andesitic glasses quenched at 100 kPa (Zhang et al., 2016). These systematics permit construc-
tion of a new XANES calibration curve relating pre-edge sub-peak intensities to Fe>"/ZFe applicable to high pressure glasses.
Consistent with interpretations of the Mdssbauer hyperfine parameters, XANES pre-edge peak features in high pressure
glasses are owing chiefly to the effects of pressure on the coordination of Fe** ions from ~3.5 to ~6, with negligible effects
evident for Fe** ions. We use the new data to construct a thermodynamic model relating the effects of oxygen fugacity and
pressure on Fe*"/ZFe. We apply this model to calculate variations in oxygen fugacity in isochemical (constant Fe*'/ZFe)
columns of magma representative of magma oceans, in which fO, is fixed at the base by equilibration with molten Fe. These
calculations indicate that oxygen fugacities at the surface of shallow magma oceans are more reduced than at depth. For mag-
ma oceans in which the pressure at the base is near 5 GPa, as may be appropriate for Mercury and the Moon, conditions at
the surface are ~1.5 log unit more reduced at the surface than at their base. If the results calibrated up to pressures of 7 GPa
can be extrapolated to higher pressures appropriate for magma oceans on larger terrestrial planets such as Mars or Earth,
then conditions at the surface are ~2 or 2.5 log units more reduced at the surface than at the base, respectively. Thus, atmo-
spheres overlying shallow magma oceans should be highly reduced and rich in H, and CO.
© 2017 Elsevier Ltd. All rights reserved.
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1. INTRODUCTION

Owing to its importance to the chemical and physical
properties of magmas, the relative concentration of Fe?"
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1980; Mysen and Virgo, 1985; Christie et al., 1986;
Dingwell et al., 1988; Lange and Carmichael, 1989; Kress
and Carmichael, 1991; Jayasuriya et al., 2004; Bézos
et al., 2005 O’Neill et al., 2006; Borisov and
McCammon, 2010; Cottrell and Kelley, 2011). In natural
silicate melts, Fe is commonly the most abundant element
with multiple oxidation states, and so the ratio of Fe3t to
total Fe, Fe*'/ZFe, not only reflects but in many cases
can establish the oxygen fugacity, fO,, at magmatic condi-
tions. The Fe>"/ZFe ratio increases with fO,, but also is
influenced by melt composition, temperature, and pressure
(Kress and Carmichael, 1991; O’Neill et al., 2006; Borisov
and McCammon, 2010). Of these variables, the effect of
pressure has been least explored, and consequently Fe?'-
Fe*t redox relationships in magmas at high pressures are
poorly constrained.

A pressure dependence to the Fe**/ZFe ratio in silicate
liquids arises owing to differences in partial molar volumes
of molten Fe,O3 and FeO (Rivers and Carmichael, 1987;
Kress and Carmichael, 1991; Liu and Lange, 2006;
O’Neill et al., 2006). As a consequence, compression or
decompression of magmas with fixed Fe>*/SFe can create
variations in fO,. For example, Kress and Carmichael
(1991) and O’Neill et al. (2006) noted that basalts ascending
from a shallow mantle source decrease in fO, compared to
solid oxide buffers such as quartz-fayalite-magnetite
(QFM). Magma oceans represent another environment in
which changes in pressure can produce shifts in fO, relative
to standard buffers (e.g., Hirschmann, 2012; Righter and
Ghiorso, 2012a). Over the protracted history of planetary
accretion and differentiation we may expect the oxygen
fugacity of impactors and/or magma oceans to evolve
(e.g. O’Neill, 1991; Rubie et al., 2015). Accretion events
are brief, however, and at any particular time, a given con-
vecting magma ocean can be isochemical if it is well-mixed
and except at its base, metal free (Hirschmann, 2012).
Hirschmann (2012) emphasized that redox gradients in
magma oceans with fixed Fe’*/ZFe ratio may control the
redox state and mass of early planetary atmospheres.
Understanding oxygen fugacity gradients in magma oceans
is the chief motivation for the present experimental study of
the influence of pressure on Fe*'/ZFe ratio in magmas.

Oxygen fugacity is an important parameter influencing
the composition and mass of atmospheres overlying plane-
tary magma oceans because it controls the relative propor-
tions of oxidized (H,O, CO,, N;) and reduced (H,, CO,
NH3) species in a high temperature magmatic vapor, and
because differential solubility of these species (Pawley
et al., 1992; Hirschmann, 2012; Wetzel et al., 2013; Chi
et al., 2014; Stanley et al., 2014; Armstrong et al., 2015)
affects the proportion of volatiles sequestered in the magma
ocean (Hirschmann, 2012). Further, oxygen fugacity pre-
vailing during silicate-metal separation in magma oceans
determines the fraction of atmophile elements (H,C,N)
sequestered in the core (Stevenson, 1977; Ohtani et al.,
2005; Dasgupta et al., 2013; Roskosz et al., 2013) and
thereby removed from possible liberation to the
atmosphere.

Where silicate in magma oceans reacts with Fe-rich
metal, the oxygen fugacity is set by the reaction

Femetal + %02 — Feomelt (1)

Such reactions can occur at any depth, and associated
pressure and temperature, where metal and silicate equili-
brate, but considerations from dynamic models and from
siderophile elements establish that the mean pressure of
metal-silicate equilibration in the early Earth was high
(>25 GPa) (Li and Agee, 1996; Rubie et al., 2003, 2011;
Chabot et al.,, 2005; Rubie et al., 2011; Rubie and
Jacobson, 2015). Meanwhile, silicate melts and overlying
atmosphere react at low pressure and the oxygen fugacity
may be different at high and low pressure if the magma
ocean is well mixed and has a similar Fe*"/ZFe over a
range of depths (Hirschmann, 2012). Righter and Ghiorso
(2012a) also noted that the pressure of metal-silicate equi-
libration can influence oxygen fugacities.

1.1. Previous studies on the effect of pressure on Fe>*/ZFe
ratio in silicate melts

Studies focused on 1 bar relations have elucidated the
combined effects of fO,, temperature, and silicate melt com-
position on the Fe>'/ZFe ratio of both natural and syn-
thetic silicate liquids (Sack et al., 1980; Kilinc et al., 1983;
Kress and Carmichael, 1988; Helgason et al., 1989;
Jayasuriya et al., 2004; Partzsch et al., 2004; Borisov and
McCammon, 2010). The effect of pressure has been investi-
gated chiefly through low pressure measurements of FeO
and Fe,O; volumetric properties (Lange and Carmichael,
1987; Rivers and Carmichael, 1987; Dingwell et al., 1988;
Kress and Carmichael, 1991). Direct studies of the effect
of pressure include determinations of Fe>'/SFe ratios of
silicate glasses quenched from high pressure experiments
(Mysen and Virgo, 1985; O’Neill et al., 2006).

Measurements of partial molar volumes, thermal expan-
sivities, and compressibilities at 100 kPa (Lange and
Carmichael, 1987; Rivers and Carmichael, 1987; Kress
and Carmichael, 1991) allow calculation of the influence
of pressure on the fO, of magmas with fixed Fe"/2Fe ratio
(Kress and Carmichael, 1991). Owing to a smaller molar
volume/atom of FeO compared to Fe,O;, compression sta-
bilizes FeO, resulting in higher fO, at fixed Fe*'/SFe ratio.
The same, of course, is true for oxide-oxide or metal-oxide
buffers such as QFM or iron-wiistite (IW), but the effect is
more pronounced in melts, such that a basalt with fixed
Fe’"/SFe ratio becomes more oxidized relative to QFM
or IW with increased pressure (Kress and Carmichael,
1991).

Mysen and Virgo (1985) performed experiments up to
4 GPa and found Fe*'/TFe ratios in Na,O-FeO-Fe,O5-
Si0O; liquids to diminish dramatically with increasing pres-
sure according to a trend that is far greater than that pre-
dicted by the thermodynamically-derived model of Kress
and Carmichael (1991). However, oxygen fugacity was
not buffered in these experiments. O’Neill et al. (2006)
quenched glasses from andesitic melts annealed at 1400 °©
C and 0.4-3 GPa, buffered by the coexistence of Ru and
RuO, (O’Neill and Nell, 1997) and observed decreasing
Fe*'/ZFe, from 0.80+0.03 down to 0.71+0.03 with
increasing pressure. They coupled their results to the
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1 bar relationship calibrated by Jayasuriya et al. (2004) to
formulate an equation of state that predicts a pressure
dependence to Fe**/ZFe ratio that is qualitatively similar
to the model formulated by Kress and Carmichael (1991).

The effect of pressure on Fe*'/ZFe-fO, relations in sili-
cate melts is linked to the coordination of Fe?" and Fe®"
ions. For mafic silicate melts at low pressure (up to
0.5 GPa) , the average coordination of Fe?" is usually close
to 5 (Wilke et al., 2005, 2006, 2007) and for the andesitic
glass investigated in this study, XANES and M&ssbauer
spectroscopy suggest that it is near 5.5 (Zhang et al.,
2016). Fe*™ apparently takes on multiple coordination
states at low pressure, with 4 being most common, but some
evidence for 5 and 6 as well (Wilke et al., 2006; Giuli et al.,
2011) and for the andesite composition investigated here,
Mossbauer and XANES investigations are consistent with
average coordination close to 5 (Zhang et al., 2016). With
increasing pressure, more highly coordinated geometries
are favored. For example, in situ X-ray diffraction of mol-
ten fayalite shows that mean coordination of Fe?" increases
from 4.2 + 0.2 at ambient pressure to 7.2 + 0.3 at 7.5 GPa
(Sanloup et al., 2013). Pressure should also favor increases
in Fe*" coordination, as the partial molar volume of VI-
coordinated Fe** in silicate melts is 25% smaller than that
of IV Fe>" (Liu and Lange, 2006). We are not aware of any
in situ studies pertaining to the coordination of Fe**! in high
pressure melts, but Mdssbauer investigations of Na,O-
Fe,05-Si0, glasses quenched from 0 to 4 GPa may be con-
sistent with gradual increases in Fe*" coordination
(Brearly, 1990). However, the changes also may be attribu-
table to shifts in bond angles, similar to those that are
chiefly responsible for the anelastic compression effects
observed for (MAS, CAS) glasses (Allwardt et al., 2005).
At pressures beginning around 8-10 GPa, Fe*" is stabilized
in high coordination environments in minerals such as

garnet, wadsleyite, and bridgmanite (O’Neill et al., 1993;
McCammon, 1997; Frost et al., 2004; Rohrbach et al.,
2007), which lead Hirschmann (2012) to speculate that this
may also occur in silicate melts.

To further understand the influence of pressure on the
relationship between Fe*™/ZFe ratio and oxygen fugacity,
we have quenched glasses from a range of pressures up to
7 GPa and analyzed them by Méssbauer and XANES spec-
troscopy. We apply the results to understanding gradients
in oxygen fugacity in a well-mixed column of magma and
the consequences for the compositions and masses atmo-
spheres associated with magma oceans on terrestrial
planets.

1.2. Effect of quenching on observed Fe**/ZFe ratios and
glass structure

An important question is whether the glasses quenched
under experimental conditions record the Fe**/ZFe ratios
and melt structures established at high temperature and
high pressure. Many studies have documented the compar-
atively rapid migration of redox fronts through amorphous
silicates exposed to strong gradients in oxygen fugacity
(e.g., Cooper et al., 1996; Gaillard et al., 2002, 2003a,b).
However, these considerations likely do not apply to the
present experiments because (a) the quenching rate is too
high and because, (b) unlike quenching at 100 kPa, the
mechanism of quench in high pressure experiments does
not involve exposure to a gradient in fO,.

The quench rates in the piston cylinder and multianvil
devices at Minnesota range from 125 K/s to 340 K/s, result-
ing in cooling through the glass transition (~1000 K,
Neuville et al., 1993) in 2-6 s (Fig. 1). These are comparable
to the fastest cooling rate imposed by Dyar et al. (1987),
who observed no measurable differences in Fe*>*/ZFe ratios
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Fig. 1. Temperature-time relations recorded at the thermocouple during quenching for the solid media devices at the University of
Minnesota. Mean quench rates are 340 °C/s (multianvil 14/8 assembly), 260 °C/s (multianvil 18/12 assembly), 175 °C/s (piston cylinder, CaF,
pressure cell), and 125 °C/s (piston cylinder, BaCOj; cell). Data acquired at 8.7 and 3 Hz from the piston cylinder and multianvil, respectively.
Also shown are the modeled cooling rates for glasses quenched at different distances from the margin of a natural MORB pillow (Cottrell and
Kelley, 2011). Measured Fe*>*/£Fe do not vary in these glasses, indicating that quench rate does not affect ferrous/ferric ratios for cooling

rates both faster and slower than those in the experimental apparatuses.
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for basalt or andesite quenched from 100 kPa furnaces at
rates of 300 K/s and 70 K/s. The quench rates in the present
study are also more rapid than the range (150 K/s, >2.5 K/s
and <0.02 K/s) imposed by Wilke et al. (2002) across the
glass transition for a hydrous Fe-bearing “haplotonalite”.
They observed shifts in Fe*"/ZFe ratio only for the slowest
quenching rate explored, suggesting that Fe*"/ZFe ratio is
preserved during quenching (>2.5K/s) that is compara-
tively slow compared to the present study. We note, how-
ever, the experiments of Wilke et al. (2002) were not
buffered, and it is not clear whether variations in Fe*'/
YFe ratio between samples are owing to cooling rates or
other effects. Finally, Cottrell and Kelley (2011) found that
the Fe*"/XFe of glasses remained constant at different dis-
tances from the margin of MORB pillow, even though cal-
culated cooling rates varied from >2000 K/s to <2.5K/s
(Fig. 1). Comparison of the cooling rates that occurred in
this natural experiment to those in our experimental appa-
ratus supports the inference that the Fe*'/SFe of experi-
mental glasses were unaffected by quench.

A related question is whether the structural features of
the quenched glass, such as the coordination state of the
Fe*™ and Fe** ions, represent those present in the liquid.
Indeed, some features of high pressure liquids are not
quenched in recovered glasses (Williams and Jeanloz,
1988), but those chiefly responsible for melt densification,
such as metal-oxygen coordination and bond angles, may
be preserved (Allwardt et al., 2005). Judging from Moss-
bauer center shifts and quadrupole splittings, Dyar et al.
(1987) found no appreciable structural differences in Fe*"
and Fe** environments between andesitic glasses quenched
at 300 and 70 K/s, but did detect differences for a third glass
quenched at a slower, poorly quantified rate. Wilke et al.
(2002) and Rossano et al. (2008) found similar center shifts
and quadrupole splittings for haplotonalite glasses
quenched rapidly and slowly, but observed considerable
line narrowing for those quenched at <0.02 K/s, likely
owing to formation of nanocrystalline Fe-oxides (Wilke
et al., 2006). Thus, some structural features of rapidly
quenched glasses may be indicative of high temperature
high pressure melt structure, but such features should be
interpreted with care.

Studies showing rapid changes in Fe**/ZFe ratio in sil-
icate melts (Cooper et al., 1996; Gaillard et al., 2002;
Gaillard et al., 2003a; Gaillard et al., 2003b), invariably
involve exposing the melt to a strong redox gradient. This
is also true for studies of Fe®>*/ZFe ratio changes on quench
when the experiments are conducted at ambient pressure,
such as melts dropped from 100 kPa furnaces into air, gas
(Ar-H,), or a brine (e.g., Dyar et al., 1987). Large redox
gradients are not present during quenching from high pres-
sure solid media apparatuses, as cooling occurs in a nearly
isochemical environment by conduction to the large ther-
mal mass of water-cooled carbide. Even if such gradients
were imposed on the experimental charge, their penetration
into the melts would be minimal at the quench rates of solid
media devices. For example, the most rapid diffusion is
associated with the migration of hydrogen, which according
to the rate law of Gaillard et al. (2003b) should penetrate
less than 1 micron at 1400 °C over the 3-8 s required to cool

through the glass transition (~725 °C, Ryan and Sammis,
1981) in multianvil or piston cylinder devices (Fig. 1).
We conclude that quench modification of Fe*/SFe ratio
owing to reaction with the surrounding environment is
not likely to be relevant to glasses quenched in solid media
devices.

Fe*'/SFe ratios of quenched glasses may differ from
those of their precursor liquids if redox reactions with other
dissolved heterovalent species occur during cooling through
the glass transition. For example, Berry et al. (2006) found
that Cr*" present in basaltic melts oxidized to Cr** during
quenching owing to a reaction between Cr and Fe ions,
Cr*"™+Fe*" — Cr’*+Fe?" and such reactions would there-
fore affect Fe>/ZFe ratios of glasses. This problem should
be considered carefully if materials contain appreciable
concentrations of elements (e.g., Cr, V, Mn, S) that may
change valence over the span of oxidation states to be inves-
tigated, but these were excluded from our starting materi-
als. Some amount of C in experimental glasses is
unavoidable, but we do not expect this to pose a problem
because changes in valence of dissolved C occur only under
conditions at or below stabilization of graphite (e.g.,
Stanley et al., 2014), which are much more reducing than
the oxidizing conditions in the present study.

2. METHODS

The starting material for this project consists of a syn-
thetic andesite composition similar to that used by
O’Neill et al. (2006) and identical to that characterized at
100 kPa by Zhang et al. (2016), and was prepared from
reagent oxides (SiO,, Al,O3, Fe,03, TiO,, MgO), silicates
(CaSiO3, Na,SiO3) and KAISiz;Og composition glass. The
Fe,03 consisted of 70% normal reagent oxide and 30%
57Fe,05 (Isoflex, Inc). Prior to weighing, the SiO,, Al,O3,
TiO,, and MgO were devolatilized by heating at 1000 °C
overnight, until the weight stabilized. These reagents were
then weighed and mixed by grinding in an agate mortar
and pestle under ethanol for at least one hour until the
grinding sound ceased and then again devolatilized by firing
at 1000 °C for 48 h. Finally, the Fe,O3 sources, which had
been dried at 800 °C for 1 h and then weighed, were mixed
by grinding under ethanol. All the starting materials were
stored in a vacuum oven.

Experiments were conducted in 2 or 3 mm diameter Pt
capsules, which were sealed by welding (Table 1). All cap-
sules were packed with 80% silicate starting material and
20% of a mixture consisting of equal proportions Ru and
RuO,; and loaded as layers on both the bottom and top
of the capsule, producing a sandwich arrangement
(Fig. 2). Coexisting Ru and RuO, in direct contact with
the silicate melt is a highly advantageous buffer for high
pressure experiments. It imposes conditions close to that
of the magnetite/hematite buffer (O’Neill and Nell, 1997),
which is sufficiently oxidizing that loss of Fe to the Pt cap-
sule is negligible and that the Fe** and Fe>" are both in suf-
ficient abundance for high precision analysis. In contrast to
double capsule techniques, it does not require a high H,O
fugacity, and chemical reaction between the buffer phases
and silicate melt is negligible (<100 ppm Ru dissolves in
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Table 1

Experimental conditions.

Experimental T(°C) P(GPa) D (hrs) Thermo-couple Capsule Pressure Iron valence in
no. type diameter apparatus starting material
Time series

A839 1400 1.5 1 D 3 PC 3+
A840 1400 1.5 4 D 3 PC 3+
A841 1400 1.5 24 D 3 PC 3+
A843 1400 1.5 24 D 3 PC 2+
A844 1400 1.5 D 3 PC 2+
A846 1400 1.5 1 D 3 PC 2+
A848 1400 1.5 24 D 3 PC 2+
A853 1400 1.5 12.5 D 3 PC 3+
A855 1400 1.5 24 D 3 PC 3+
A857 1400 1.5 0.167 D 3 PC 3+
A860 1400 1.5 0.167 D 3 PC 2+
A862 1400 1.5 0.167 D 3 PC 3+
A863 1400 1.5 12 D 3 PC 2+
Variable pressure series

A867 1500 1.5 4 D 2 PC 3+
A888 1400 3 4 D 2 PC 3+
A896 1400 2 4 D 2 PC 3+
A%44 1500 3 4 D 2 PC 3+
A945 1500 2 4 D 2 PC 3+
A952 1500 2.5 4 D 2 PC 3+
B388 1400 2.5 4 D 2 PC 3+
B402 1400 1.5 4 D 2 PC 3+
MS535 1600 4 4 D 2 MA* 3+
M537 1600 5 4 D 2 MA 3+
M540 1600 3 4 D 2 MA 3+
M543 1600 4.5 4 D 2 MA 3+
M544 1600 35 4 D 2 MA 3+
M559 1750 7 0.2 D 2 MA 3+
M562 1750 6 0.2 D 2 MA 3+
M563 1750 5 0.2 D 2 MA 3+
M572 1750 6.5 0.2 D 2 MA 3+
M601 1750 5.5 0.2 B 2 MA 3+
VF1 1400 0.0001 4 S 2 VF& 3+

* PC: piston cylinder.
# MA: multi anvil.
& VF: vertical furnace.

glasses, O’Neill et al., 2006). To our knowledge, no other
available buffer has these properties.

2.1. Experimental apparatus

A single experiment (VF1) using a sealed 2 mm Pt cap-
sule with Ru + RuO, buffer at top and bottom was con-
ducted at 100 kPa in a Deltech VT28 vertical gas mixing
furnace at 1400 °C, as measured by a Type S (PtgoRh;o/
Pt100) thermocouple, and lasting 4 h (Table 1). Temperature
uncertainties are believed to be +5 °C based on calibration
against Au melting, which was observed at a thermocouple
reading of 1059 °C. The VF1 glass was quenched by being
put into cold water within seconds.

Experiments up to 3 GPa were performed in a half-inch,
end-loaded piston cylinder (PC) apparatus, using the
assembly and the temperature and pressure calibrations
documented by Xirouchakis et al. (2001). Temperature
was measured by Type B (Pt;oRh3o/PtosRhg) or Type D
(Wy7Re3/W7sRess) thermocouples (Table 1). Experiments
from 3.5 to 7 GPa were performed in a 1000-ton Walker-

style multi-anvil device (MA) with an 18/12 (octahedral
edge length/WC truncation edge length) assembly described
in Dasgupta et al. (2004) and using the 1400-1700 °C cali-
bration presented by Zhang and Hirschmann (2016). Tem-
perature was controlled with a Type D (Wo;Re3/W7sRess)
thermocouple positioned immediately above the capsule
and oriented axially with respect to the heater. Pressure
uncertainties are believed to be +0.3 GPa, and temperature
uncertainties are believed to be +20°C (Tenner et al.,
2012). Several glass chips from each experiment were
removed and double-sided polished for optical examina-
tion, XANES, and electron microprobe analyses, while
the remainder was ground to powder and mixed with sugar
for Mdssbauer spectroscopy.

Previous investigations of the approach to Fe
equilibrium in silicate liquids includes the study of
Thornber et al. (1980) and Kilinc et al. (1983) who showed
that 5 h is sufficient for the Fe*"/ZFe ratio to reach steady
state at 1200 °C for a basalt and 1350 °C for an andesite,
respectively. Five hours was also sufficient for Fe*'/SFe
ratio in supercooled melts of a pyroxene composition to

2+_Fe3+
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Fig. 2. Back-scattered electron image of experiment M537, which was performed at 5 GPa, 1600 °C, showing that both buffer phases, Ru and
RuO,, coexist with homogeneous crystal-free andesite glass in a Pt capsule. All other samples have same similar textures.

reach steady-state at 650 + 50 °C (Magnien et al., 2004).
We note that establishment of redox equilibrium requires
the time for the buffering phases to impose a steady equilib-
rium fO, throughout the experimental charge, as well as the
time to achieve homogeneous equilibrium in the melt. To
determine appropriate experimental times for our specific
composition with the Ru + RuO, buffer, we conducted a
time series of reversal experiments at 1400°C and
1.5 GPa (Table 1). In addition to the starting mixture, for
which all Fe is initially Fe>", we also employed a reduced
version in which the initial Fe was nearly entirely Fe*". This
latter mixture was prepared in a 100 kPa gas mixing hori-
zontal furnace in an Fe doped Pt crucible with CO,/CO
at QFM-1, 1000 °C for 12h. As shown in Fig. 3, the
Fe*'/SFe ratio of the quenched glass converges to a con-
stant ratio after 1 h and for the oxidized starting mix, much
of the approach to the equilibrium composition occurs
within 10 min. Based on this result, we conducted experi-
ments between 1400 and 1600 °C for 4 h. In order to avoid
multi-anvil failures, experiments at 1750 °C were conducted
for only 12 min, but considering the much faster reaction
expected at hotter conditions and the results from 10 min
at 1400 °C (Fig. 3) the high temperature experiments likely
also approached equilibrium.

2.2. Analytical methods
2.2.1. XRD and electron microprobe

Quenched glasses were examined by powder X-ray
diffraction (XRD) to verify that they consisted only of

amorphous silicate. Experimental textures were also exam-
ined by back-scattered electron (BSE) and secondary elec-
tron imaging (SEI) on using the JEOL JXA8900R EMPA
at the University of Minnesota according to procedures
detailed in Zhang et al. (2015). Major element concentra-
tions of quenched glasses were determined by wave-
length-dispersive EMPA and listed in Table S1. MPI-
DING glass, ATHO-G (Jochum et al., 2006) and USGS
glasses BCR-2G and BIR-1G (Jochum et al., 2005) were
analyzed as secondary standards before and after each sam-
ple analysis session, as well as interspersed between each 4
or 5 samples individual sample analyses; this procedure
ensured that the electron beam was stable. The intensity
data of standards, secondary standards and unknown sam-
ples were checked for time dependent intensity (TDI)
changes and values for Si ko and Na ko were corrected
using a self-calibrated function; no TDI effect was detected
for other elements.

2.2.2. Mdssbauer spectroscopy

Mossbauer spectra were collected using a constant accel-
eration Ranger spectrometer at the Institute for Rock Mag-
netism, University of Minnesota, and the measurements
were carried out with a >’Co/Rh source and a pure Fe foil
calibrant at room temperature (293 K). Data were collected
over 512 channels, which were then folded to produce 256
unique channels. All spectra were collected over at least
one day and until sufficient (>1,000,000) counts/channel
were accumulated to minimize statistical error. Sample
mounts consisted of powdered glass mixed with powdered
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Fig. 3. Fe>"/SFe ratios obtained from room temperature Mdssbauer spectra of the time series experiments (Table 1) as a function of
experimental duration. Red dots and blue squares refer, respectively, to starting materials consisting of an oxide mixture containing pure ferric
iron and the same mixture, but reduced in a CO-CO, gas stream at IW + 1, 1000 °C for 12 h. (For interpretation of the references to colour in
this figure legend, the reader is referred to the web version of this article.)

sugar evenly distributed in an approximately circular shape
of diameter 12.7 mm. The absorber thickness was adjusted
for an absorber density of ~2 mg/cm?® Fe.

All spectra have broadened line-shapes typical of silicate
glasses and were fitted using distribution methods (Alberto
et al., 1996; Rossano et al., 1999, 2008; O’Neill et al., 2006;
Borisov and McCammon, 2010; Zhang et al., 2015). All
Mossbauer spectra were fitted with a 2D distribution
Extended Voigt based fitting (xVBF) method with the
RECOIL software package (Lagarec and Rancourt, 1997)
and hyperfine parameters with their 16 uncertainties are
listed in Tables S2, S3, and S4.

Most of the spectra consist chiefly of two quadrupole
doublets, one each originating from paramagnetic ferric
and ferrous iron. For those spectra (like Fig. 4a), there is
no obvious evidence of sextets at 12 mm/s. Thus, the Fe
ions in those glasses are dominated by paramagnetic Fe*"
and Fe’" and the fit process is the same as that described
in Zhang et al. (2015). The fitting parameters for each spec-
trum consisted of the center shift (CS), the quadrupole
splitting (QS), and their respective Gaussian widths, ccg
and oqgs (Table S4). Ferric 6¢s and the correlation between
the ocs and s (p) are assumed to be 0, because the anal-
ysis of Alberto et al. (1996) showed that these should be
effectively negligible for Fe*" in silicate glasses in low con-
centrations (5 ~ 15 wt.% Fe,03). The fit of the Fe*" param-
agnetic component considers these correlations.

In addition to the doublets, some of the spectra also
have nonparamagnetic features. The spectra of 4 of 32
glasses’ include an obvious sextet (Fig. 4b). Such sextets
are commonly present in quenched mafic glasses

(Jayasuriya et al., 2004; O’Neill et al., 2006; Borisov and
McCammon, 2010) and are indicative of a ferromagnetic
component. Therefore, for fitting these features, we
included additional CS and QS parameters as well as that
for the hyperfine magnetic field (H) and its Gaussian width
(oy) (Tables S3 and S4). The, spectra for 14 of the 32
glasses display a Dbroadened magnetic absorption
(Fig. 4c and d), which could be owing to a superparamag-
netic component observed previously in similar glasses
based on magnetic susceptibility measurements (Zhang
et al, 2015). For those samples, both 12mm/s and
20 mm/s scale Mdssbauer spectra were collected to ensure
full accounting for all Fe components in the quenched
material (Fig. S1). All of these spectra were fit in two ways:
In the first, we fit the magnetic site with a CS value, its
Gaussian width (o¢s), QS and the strength of the hyperfine
magnetic field (H) (Figs 4¢, Sla Slc, and Table S2). In the
second, the sextets were fit using values for the CS, QS,
hyperfine magnetic field (H) and its Gaussian width (cy)
(Figs. 4d, Slb, S1d, and Table S3). Resulting Fe*'/ZFe
ratios for glasses from the time series (Tables S2 and S3)
do not depend on the velocity scales used to collect their
spectra. We can use these glasses to monitor the influence
of the magnetic site on the fits by plotting the resulting
Fe*"/SFe on the area proportion of each spectrum that is
in the magnetic sub-site (Pyr). When Py <35%, the fit
results are consistent between the two fit methods, but
where Py is >35%, the difference between two fit methods
is noticeable (Fig. S2). None of the glasses from the variable
pressure series, have Py, fractions >35% and we chose the
second fitting method (Table S4).
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Fig. 4. Examples of Mossbauer spectra and their fits. (a) M 537 fitted with only paramagnetic sites (b) M601 fitted with paramagnetic sites and
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2.2.3. X-ray absorption near edge structure (XANES)

Fe K-edge XANES spectra of glass chips were collected
at station X26A of the National Synchrotron Light Source
(NSLS), Brookhaven National Lab (BNL) using a
9 x 5um spot and at beamline 13-IDE at the Advanced
Photon Source (APS), Argonne National Lab (ANL) using
2 x 2 um or 25 X 25 um spots. A minimum of 3 spectra
were collected on each andesitic glass. All spectra were col-
lected in fluorescence mode. 7112 eV and 7110.7 eV were
specified as the first derivative peak for Fe foil at NSLS
and APS, respectively, which defined the energy calibration
for the system. Spectra were recorded with four energy
regions previously defined by Cottrell et al. (2009) and
Zhang et al. (2016) for NSLS and APS, respectively.
Because the monochromated beam energy can drift with
time, and in order to facilitate comparison of spectra col-
lected at X26A with spectra collected at 13-ID-E, we nor-
malized of all spectra to the standard glass LW_0
assuming a centroid energy of 7112.3 eV (Cottrell et al.,
2009). We collected spectra on LW_0 at variable time inter-
vals dependent upon the stability and drift of the
monochromated energy. The precision of centroid energy
1s 0.008 4= 0.005 eV, and for the basalt calibration with 13
reference glasses, the precision of Fe’'/SFe is +0.0068

(Cottrell et al., 2009). A more complete account of spectral
collection and fitting details is given in Zhang et al. (2016).
All corrected parameters resolved from fits are listed in
Table S5.

3. RESULTS
3.1. Textures and major element compositions of glasses

XRD patterns suggest that the quenched material is
amorphous, and that silicate crystals are absent. The Ru
+ RuO, buffer assemblage was evident at the top and bot-
tom of each capsule (Fig. 2). Electron microprobe analyses
indicate all quenched glasses have similar compositions
close to that of the original andesite (Table S1).

3.2. Fe**/XFe ratio determinations from Méssbauer
spectroscopy

Proportions of Fe** and Fe?' are calculated from the
areas of their sub-spectra, which are listed in Tables S2,
S3 and S4. For andesitic glasses of the same compositions
as those studied here, Zhang et al. (2015) showed that the
relative abundances of Fe*t and Fe?" in quenched andesitic
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Table 2
Fe**/ZFe ratios determined from M&ssbauer spectra collected at
room temperature.

No. Fe’t/SFe c* Corrected Fe*t/SFe®
A867 68.80(3.00)  1.14(0.04)"  65.96(3.00)
AS888 68.20(0.77) 65.33(0.77)
A896 70.10(0.54) 67.32(0.54)
A944 63.73(0.43) 60.69(0.43)
A945 65.28(0.31) 62.30(0.31)
A952 65.78(0.48) 62.81(0.48)
B388 68.19(0.39) 65.32(0.39)
B402 73.23(3.13) 70.62(3.13)
M535 59.50(0.57) 56.35(0.57)
M537  59.30(0.67) 56.15(0.67)
M540 61.12(0.57) 58.01(0.57)
M543 60.88(0.56) 57.76(0.56)
M544 60.01(0.51) 56.87(0.51)
M559 53.52(0.66) 50.29(0.66)
M562  54.1(0.66) 50.88(0.66)
M563 56.76(0.99) 53.57(0.99)
M572  52.50(0.88) 49.27(0.88)
M601  55.49(0.88) 52.28(0.88)
VF1 75.30(0.63)  1.20(0.06)"  71.76(0.62)

Uncertainties are in one sigma standard deviation (1c).

" Fe*™/ZFe obtained from Méssbauer spectra collected at room
temperature.

# Correction number from Tables S6, S7, based on Zhang et al.
(2015).
& Fe**/XFe corrected with C through equation (Fe**/ZFe)corrected =
(Fe**/SFe)/[(Fe*T/SFe) + C'(1 — Fe*T/SFe)].

glasses must be corrected for the effects of recoilless frac-
tions according to a correction number C, in which the
ratio of Fe’ and Fe*" ions in a sample, N(Fe’")/N

(Fe*™), is related to the areas of the associated paramag-
netic doublets AA(Fe*")/AA(Fe™),

AA(Fe*) /AA(Fe’™) = C x N(Fe*") /N(Fe*"). (2)

The applicable values of C are 1.14 +0.04 and 1.20
4 0.06 (Tables S6 and S7, based on Zhang et al. (2015),
and corrected in Supplementary Materials), respectively,
for glass quenched from high and ambient pressures. The
difference is presumably owing to different structures and
densities of these glasses, and so we apply the former value
for all the glasses in this study except for the lone ambient
pressure glass, VF1, for which we apply the latter value.
The uncorrected and corrected Fe®'/LFe ratios of
quenched glasses are listed in Table 2.

Values Fe*'/2Fe ratios of andesitic liquids buffered by
Ru-RuO, decrease as pressure increases (Fig. 5), as previ-
ously observed by O’Neill et al. (2006). At a given pressure,
Fe**/ZFe decreases with increasing temperature, but this is
chiefly because at higher temperature, the Ru/RuQO, buffer
becomes less oxidized compared to Fe-O buffers such as
QFM (O’Neill and Nell, 1997).

Three experiments, all at 1400 °C, were performed at the
same conditions as experiments by O’Neill et al. (2006) and
these allow direct comparison of experimental and analyti-
cal results between the two studies. At 1.5 GPa, experiment
B402, has the same Fe*/ZFe ratio within uncertainty, 73.2
4+ 3.1 (Table 2) as the correlative experiment from O’Neill
et al. (2006) (73.4 4+ 1.0). However those at 2 GPa (A896),
and 3 GPa (A888) have slightly different Fe’*/ZFe ratios
from the analogous experiments performed by O’Neill
et al. (2006) (70.1 £0.5 vs. 72.1 at 2 GPa and 68.2 + 0.8
vs. 70.8 at 3 GPa, respectively). These differences may

75

70 |~

Fe**/3Fe (%)

Experimental Data ] o o |
dV/9T = 2.92 J/IGPa/K —
oV/aT = 3.69 J/IGPa/K - - .

T (°C) 1400 1500 1600 1750

45

4 6 8
P (GPa)

Fig. 5. Effect of pressure on Fe*"/ZFe of andesitic melts buffered by Ru + RuQ,. Different colors refer to different temperatures. The curves

are the thermodynamic fits with Eq. (11), which is based on an ideal silicate solution, and with different

ar

gr values for FeO: 2.92 from Lange

and Carmichael (1987) and 3.69 from Guo et al. (2014). Fit coefficients are listed in Table 4.
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reflect problems with precision when sextets are present in
the spectra, as is the case for all the data from O’Neill
et al. (2006), and for B402, but not A896 and AS888
(Table S4).

3.3. XANES spectra of andesitic glasses

Features of the Fe Ko XANES pre-edge can be cali-
brated to give quantitative Fe’'/SFe ratios of silicate
glasses (Berry et al., 2003; Botcharnikov et al., 2005;
Wilke et al., 2005; O’Neill et al., 2006; Cottrell et al.,
2009; Cottrell and Kelley, 2011; Dauphas et al., 2014;
Zhang et al., 2016), but because the pre-edge also depends
on bonding characteristics such as Fe-O coordination
(Wilke et al., 2005; Zhang et al., 2016), calibrations based
on glasses quenched from low pressure are not necessarily
applicable to those quenched from high pressure. Conse-
quently, the XANES spectra collected in this study can be
used to infer the effects of pressure on typical bonding envi-
ronments of Fe’t and Fe®" in quenched andesitic glasses.
Relationships between pre-edge spectral features and
Fe*'/SFe can also be interpreted with the aid of Fe'/
XFe determined from Mdossbauer spectra as described
above.

Deconvolution of the XANES pre-edge into centroids
and relative areas of sub-peaks attributable to Fe’' and
Fe** was calculated according to the methods of Cottrell
et al. (2009), and fit parameters are listed in Table S5. Spec-
tra for samples collected at both NSLS and APS give the
same centroid energies, which are the weighted energies of
the entire pre-edge area within 1 sigma standard deviation
(Fig. S3, Table S5). For glasses quenched from 1.5 to
7 GPa and Fe’'/ZFe ratios determined from MG&ssbauer
spectroscopy ranging from 0.49 to 0.72, the averaged Cen-
troid Energy varies from 7113.085 to 7113.338 (Table 3).

Trends of the ratio of pre-edge sub-peak intensities, I
(Fe*N)/I(Fe*"), versus Fe*'/ZFe, determined from Moss-
bauer spectroscopy, are distinct for high pressure and ambi-
ent pressure andesitic glasses (Fig. 6). The high pressure
intensity ratios are described by the function

3+
e ) _ (0,473 +0.958) + (0.0606 + 0.0159)

I(Fe*™)
3+
X (I;;e x 100) (3)

which considers the uncertainties from intensity ratios and
Fe**/ZFe ratios.

4. DISCUSSION
4.1. Local environments of Fe** and Fe?" in silicate glasses

With increasing pressure, shifts in the bonding environ-
ments of Fe’" and Fe* of quenched glasses can be charac-
terized from both Mossbauer spectroscopy and XANES.
Quenchable compression mechanisms in silicate glasses
include both steric effects and changes in mean cation-
oxygen coordination numbers (CN) (Allwardt et al., 2005).

For Méssbauer spectroscopy, the relationship between
hyperfine parameters CS and QS and CNs for Fe*t and
Fe’t ions is well established for minerals (Dyar et al.,
2006), but interpretation for glasses is somewhat more com-
plex, in part because ions can reside in a population of envi-
ronments, rather than in discrete sites with a unique
coordination (Wilke et al., 2005; Zhang et al., 2016).
Parameters that describe the Mossbauer spectra of silicate
glasses constrain average coordination.

Values of center shifts and quadrupole splittings of Fe**
and Fe? in andesitic glasses as a function of pressure are
shown in Fig. 7. CSs of Fe*' vary little from 1.5 to
7 GPa, with values chiefly near 0.341 4= 0.010 mm/s, though
the low pressure (0.1 MPa) glass, VF1, is lower (0.297
£ 0.007). Values of QSs also fail to show a discernable
trend, with most near 1.172 mm/s. For Fe>", CS increases
0.05 mm/s from 1.5 GPa to 5 GPa then is nearly constant
at 1.10 mm/s between 5 and 7 GPa, whereas QS increases
linearly with pressure up to 7 GPa from 1.820 to
2.213 mm/s. These patterns suggest that for these compar-
atively oxidized glasses (all with Fe*/SFe > 0.5), the aver-
age coordination number for Fe*" is close to 5 (Dyar, 1985;
Zhang et al., 2016) and changes little from 100 kPa to
7 GPa, but that the average coordination number of Fe*"
increases slightly, from between 5 and 6 (Dyar, 1985;
Dyar et al., 2006). The marked increase in QS for Fe?",
which is more pronounced than the CS shift, likely suggests
that additional compression of Fe?"-O polyhedra occurs
owing to changes in O-Fe?"—O bond angles resulting in
less-symmetric Fe" sites.

XANES pre-edge spectra also constrain the effects of
pressure on Fe?' and Fe*' site geometries of quenched
glasses. Estimates of Fe ion geometries can be calculated
from the variogram approach of Wilke et al. (2005), which
compares simultaneously the pre-edge centroid positions
and integrated intensities to those of minerals with Fe in
known oxidation state and CN. As shown in Fig. 8, the
diminished integrated intensities with increasing pressure
reflect an increase in CN. A similar conclusion can be
drawn by comparison between the low integrated intensities
of the high pressure glasses and those for andesitic and
basaltic glasses quenched from low pressure from Zhang
et al. (2016) and Wilke et al. (2005), respectively. Quantita-
tive estimates of mean coordination numbers of Fe*' and
Fe?* can be calculated from the approach of Zhang et al.
(2016), which combines the XANES pre-edge characteris-
tics with Fe*'/SFe determined from Mdssbauer analyses
(Fig. 9). For the high pressure glasses, mean CN values
for Fe*t are 5.3 + 0.1, with no discernable pressure varia-
tion, while the mean coordination number of Fe? increases
from 5.5 to 6.0 over the pressure range explored. Thus, the
results from Mossbauer and XANES spectroscopies agree
that at modest pressure, compression of Fe*" in andesitic
silicate liquid is not accompanied by significant geometric
changes, but that Fe?" compression is facilitated by signif-
icant increases in mean coordination and, possibly, bond
geometries. This latter result is in qualitative agreement
though not as pronounced as the CN of Fe?" in fayalite lig-
uid inferred from XRD scattering, Sanloup et al. (2013),
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Fig. 6. Integrated XANES pre-edge intensity ratios (I(Fe>")/I(Fe*)) vs. Fe*"/ZFe (%) after Zhang et al. (2016). 100 kPa basalt and rhyolite
data are from Cottrell et al. (2009); 100 kPa andesite Intensity ratios from Zhang et al. (2016); and 100 kPa andesite Fe’>/>Fe ratios from
Zhang et al. (2016) and corrected with C = 1.20 (Table S7). Color triangles indicate I(Fe*")/I(Fe®") of glasses synthesized at 1.5-7 GPa
acquired only at APS. Data from NSLS are excluded because their intensity ratios are systematically smaller owing to the absence of a dead
time correction for the NSLS spectra (Fig. S4, Table S5). Gray curves are the best fit for andesitic glasses synthesized at 100 kPa from Zhang
et al. (2016). The blue line is the best fit to the andesite glasses synthesized at 1.5-7 GPa.

which increases from 4.8 to 7.2 from ambient pressure up to
7.5 GPa.

4.2. Effect of pressure on Fe>*/ZFe

The reaction describing homogeneous iron redox equi-
librium in a silicate melt is

FeO 1 FeO 1.5

+20:= (4)

magma magma

which is governed by the thermodynamic properties of Fe
oxides in silicate melts according to the relation:

_AG . (4 Y magma o
an® _ m( Fso”) +In (””iz‘;;;) —%lnfoz (5)

magma
RT X FeO FeO

where AG?T_ p)(4) is the free energy change of reaction (4) at
the temperature (7) and pressure (P) of interest, and Xs and
vs are, respectively, the mole fractions and activity coeffi-
cients of the Fe-oxide components, and R is the gas con-
stant. Because the difference in molar partial volumes
between FeO;s and FeO, AV,ugmarp) is non-zero (Mo
et al., 1982; Lange and Carmichael, 1987; Liu and Lange,
2006), this relationship is pressure-dependent and can be
expressed as

P
G, (4) = AGY,, (4) + / AT gt 1) (4)4P (©)

Py

where Py=100kPa. The Fe’'/SFe ratios of glasses
described in this paper resolved from Mossbauer spec-
troscopy are plotted as a function of pressure along differ-
ent isotherms in Fig. 5. Accounting for the observed
changes in Fe**/SFe using Eq. (6) requires first accounting
for the fO, fixed by the Ru + RuO, buffer, which changes
with pressure and temperature according to the expression:

log,fo,(Ru—~Ru0O,) = —@ +17.98

— 2.660l0g,,T + 5621—; (7)

where T is in K and P is in GPa (O’Neill and Nell, 1997).

To model the volumes of Fe-oxides in silicate melts as a
function of pressure, we apply the Murnaghan equation of
state in the form suggested by Holland and Powell
(2001).

i —1/K
Virry = Ve {1 +P(;>] (8)

where « is the bulk modulus, and «’ its pressure derivative.
We assume a value of 4 for «’; although this value comes
chiefly from its applicability to crystalline oxides and sili-
cates, the available evidence on silicate melts indicates that
it is not inappropriate (Rigden et al., 1989; Miller et al.,
1991; Campbell et al., 2009). Rearranging and integrating
Egs. (6) and (8) leads to
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most notably up to 5 GPa, and QS (panel d) increases nearly linearly across the pressure range.
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The spectroscopic results discussed in Section 4.1 indi-
cate that coordination and bonding of ferric iron in andesi-
tic liquids does not change appreciably over the pressures
investigated, so applicable equation of state parameters
are possibly well-constrained by low pressure measure-
ments. We take the 7(“)0) of FeO, 5 in silicate melts to be
[20170 + 4.54(T — 1673)] x 10~° m*/mol ~ (Lange  and
Carmichael, 1987) and k equal to 16.6 GPa (Kress and
Carmichael, 1991). Based on measurements of alkali iron
silicate liquids, Liu and Lange (2006) give an updated par-
tial molar volume of FeO, 5 of 2.0760 x 10™> m>*/mol, but
with a negligible g—;, so we choose to retain the older param-
eters applicable to more complex liquids from Lange and
Carmichael (1987). We consider two alternative values of
the 22 for FeO, 2.92 x 10~ m*/mol/K from Lange and
Carmichael (1987) and 3.69 x 1072 m*/mol/K from Guo

et al. (2014). The values of 7(“)0) and k for FeO are then
fit from the experimental data in Fig. 5. We note that the
temperature span of our experiments is insufficient to
extract meaningful constraints on the thermal expansion
term for Fe?™.

Rearranging Egs. (5) and (6) yields

In ( meagxln)a) = Z lnfOZ —1In (,ymeagxlnaa

X FeO FeO

P . =
+ _AG{()T.PU)(4) + _fPOAVmagma (4)dP

RT RT (10)

,magma

and we treat —ln(ffnfgx‘ni) and —AG?T.PO)(4) as refinable

’FeO

parameters. Using a weighted Levenberg-Marquardt algo-
magma
rithm to values of In ( Xﬁfﬁ;i) as a function of pressure and

FeO

temperature produces the relation
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Fig. 8. XANES pre-edge parameters of andesitic glasses synthesized at 1.5-7 GPa plotted on a variogram after Wilke et al. (2001) and Zhang
et al. (2016). Gray fields designate pre-edge parameters for the Fe coordination and oxidation state indicated, based on typical values for
minerals (Wilke et al., 2001). For andesitic glasses, comparison of high pressure data (this study, red solid circles) with those from 100 kPa
(purple empty circles, Zhang et al., 2016) shows that glasses quenched from high pressure have systematically lower pre-edge intensities,
indicating higher coordination. Values of Fe**/ZFe of the glasses are taken from Mdssbauer determinations. Blue dash and purple solid lines
between fields indicate the variation of pre-edge parameters of low-pressure glasses assuming binary mixtures of respective end-members’
intensity determined by Wilke et al. (2005) for basalt and Zhang et al. (2016) for andesite. Ticks on curves refer to the percentage of mixtures.
(For interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article.)
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Fig. 9. Coordination numbers (CN) of Fe?* and Fe®" calculated from XANES pre-edge intensities and Mdssbauer Fe*/ZFe according to
the approach detailed in Zhang et al. (2016). With increasing pressure, there are no appreciable changes in the CN of Fe*', but that for Fe**
changes from about 5.5 to 6 from 100 kPa to 7 GPa.
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Table 4
Thermodynamic fit parameters for Eq. (10).
o 2.92% 3.69°
a —6.376 & 0.186 —6.627 £ 0.187
b 107,257 + 2601 110,729 + 2623
¢ 15,095 + 237 15,243 + 246
d 0.0827 4 0.0216 0.1137 4+ 0.0243
K¢ 36.61 27.11
K@ 30.3" 21.1°
X2 32.32 31.29

Uncertainties are in one sigma standard deviation (1c).
g% in J/GPa/K.
From Lange and Carmichael (1987).
From Guo et al. (2014).
Bulk modulus, which is calculated using equation k = 4/d.
Bulk modulus from reference.
" From Kress and Carmichael (1991).
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The resulting trends of Fe**/SFe ratios are compared to
the experimental data in Fig. 5. Similar fit results are
obtained from different ?J_; values (Table 4, Fig. 5), showing
the limited constraints on g—?

We note that this thermodynamic fit could be improved
with a compositionally dependent model that accounts for
non-ideal mixing, a more sophisticated equation of state,
and direct constraints on k' values for FeO; s and FeO.
But these more advanced considerations cannot be con-
strained from the limited span of 7, P, and Fe*'/ZFe of
the experimental data in Fig. 5. This is particularly so
because variations in 7, P, and Fe*™/SFe in the experimen-
tal data are coupled, such that effects of standard state and
non-ideal mixing cannot be separated.

4.3. Effect of pressure on the relationship between fO, and
Fe**IXFe in silicate magmas

The new thermodynamic model (Egs. (11)) and (S2) can
be used to calculate the relationship between Fe®/=Fe in
melts as function of pressure and fO, relative to the IW buf-
fer at 1400 °C (Fig. 10). Such calculations would have qual-
itatively similar relations relative to any standard metal-
oxide buffer, and we choose IW for comparison because it
highlights relations under reduced conditions that may be
applied to a vertical traverse through a magma ocean
(Hirschmann, 2012). Although such calculations are much
more reduced than the experiments from this study, and

25F A

Fe**/3Fe (%)

—-— Kress and Carmichael 1991

— — O'Neill et al. 2006

— this work (0V/0T = 2.92 J/GPa/K)
—- -~ this work (oV/0T = 3.69 J/GPa/K)

P (GPa)

Fig. 10. Fe**/ZFe of silicate melts as a function of pressure at oxygen fugacities fixed relative to the iron—wiistite (IW) buffer (calculated with
Eq. (S2)) after Hirschmann (2012), for a (metastable) liquid with an FeO" content similar to the bulk silicate earth (McDonough and Sun,
1995) at 1400 °C. Trends are calculated from the models obtained from this work, Kress and Carmichael (1991) (their Eq. (7)) and O’Neill
et al. (2006). As illustrated by the red arrow, decompression at fixed values of Fe**/SFe leads to reduction relative to the IW buffer.
Quantitative differences between the models are likely because all models are extrapolated from constraints obtained under more oxidizing
conditions. The inflections at 5 GPa are owing to the calculation of the IW buffer, in which wiistite is assumed to be stoichiometric above
5 GPa, and of variable stoichiometry below 5 GPa (see Supplementary Materials).
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therefore have much smaller Fe>"/SFe, extrapolation to
such conditions is warranted, as previous work has shown
that the volumetric properties of Fe*" and Fe*" in silicate
melts mix approximately ideally (Kress and Carmichael,
1991; O’Neill et al., 2006). This extrapolation is also justi-
fied because the structural roles of the two cations do not
vary strongly with Fe’'/ZFe. For example, Mdssbauer
and XANES spectra of similar composition glasses
quenched at 100 kPa indicate consistent CN for Fe*' and
Fe?t across Fe’'/ZFe ratios from 0.07 to 0.80 (Zhang
et al., 2016).

As shown in Fig. 10, melts at 1400 °C and held at the IW
buffer have diminished Fe3+/ZFe with increasing pressure,
analogous to the relations demonstrated experimentally at
Ru-RuO; (Fig. 5). For melts not externally buffered, but
rather held at constant FeH/ZFe, isothermal decompres-
sion leads to reduction relative to the IW buffer (Fig. 10).
This recapitulates the basic point made by Hirschmann
(2012), that at low pressures an isochemical magma col-
umn, such as in a shallow magma ocean, becomes more oxi-
dized relative to IW with increasing depth. A similar
relationship is also suggested by the thermodynamic models
of Kress and Carmichael (1991) and O’Neill et al. (2006)
(Fig. 10). However, compared to these previous analyses,
the revised model shows a smaller pressure dependence
below 5 GPa. Also much of the dependence below 5 GPa
derives from the anomalous behavior of the IW buffer at
low pressure, as the stoichiometry of Fe; O changes
(Fig. S5 and text in Supplementary Materials). Above
5 GPa, where Fe;_ O approaches stoichiometric FeO, vari-
ations in pressure along the IW buffer produce little change
in Fe**/=Fe, indicating that compression or decompression
of an isochemical melt corresponds to small changes in rel-
ative fO,.

4.4. Applications to redox gradients in magma oceans

Magma oceans represent a pivotal stage in the chemical
and dynamical evolution of terrestrial planets. Reactions
between silicate magmas and transiting core-forming metal
establish geochemical partitioning between the nascent
mantle and core (Righter, 2003; Rubie et al., 2003, 2011;
Wade and Wood, 2005; Rubie and Jacobson, 2015) and
large-scale planetary degassing from magma oceans and
associated silicate-vapor equilibration creates massive prim-
itive atmospheres (Matsui and Abe, 1986; Zahnle et al.,
2007; Elkins-Tanton, 2008; Hamada et al., 2013). The
parameterization of Fe’*/ZFe as a function of 7, P, and
fO, can be applied to the problem of redox gradients in
magma oceans (Hirschmann, 2012; Righter and Ghiorso,
2012a,b).

Redox relations in a magma ocean are dynamic, depend-
ing on the history of accreting material as well as the distri-
bution of core-destined alloy and interactions with
overlying atmospheres. One idealized end-member, dis-
cussed in detail in Hirschmann (2012) is a magma ocean
in which metal has settled to the bottom, and is otherwise
metal free. To a first approximation, one can consider that
the convecting region above this depth is well-mixed, and
therefore homogeneous in Fe*/SFe ratio (Hirschmann,

2012). The prevalence of equilibration of metal at depth is
justified in part on inferences of the mean depth of metal—
silicate equilibrium in the terrestrial magma ocean, which
occurred at high pressure (e.g., >25 GPa for Earth, Li
and Agee, 1996; Chabot et al., 2005; Corgne et al., 2008;
Kegler et al., 2008). In such a magma ocean, the fO, at
the base relative to IW is established by alloy-silicate equi-
libration at depth, and fo, variations above that horizon
are fixed by the Fe*"/ZFe of the magma itself, varying with
pressure and temperature along the convecting magma
ocean geotherm.

Such calculations can be applied to redox gradients in
magma oceans applicable to the early differentiation of ter-
restrial planets and moons (Fig. 11). For magma oceans on
small bodies such as Mercury and the Moon, the pressure
at the base of a putative magma ocean is no more than that
at the depth to the core mantle boundary of ~5 GPa
(Garcia et al., 2011; Hauck et al., 2013), and the fO, at
the magma ocean base is comparatively reduced. For these
shallow magma oceans, the fO,-pressure gradient is steep,
owing chiefly to large changes in IW with pressure owing
to changes in wiistite stoichiometry (Fig. S5) and so condi-
tions are about 1.5 log unit more reduced at the surface
than at the base (Fig. 11). Differences between the calcu-
lated trends for Mercury and the Moon are owing to differ-
ent FeO contents of the silicate melts: 3 wt.% for Mercury,
9.37 wt.% for the Moon (Robinson and Taylor, 2001;
Elardo et al., 2011).

On larger bodies, such as Mars or the Earth, the pres-
sure at the base of the magma ocean can be higher and con-
sequently the fO, relative to IW set at the base is
significantly more reduced (Fig. 11). Our calculations for
the Earth assume 25 GPa at the base of the magma ocean,
though this is a minimum pressure for Earth (Li and Agee,
1996; Chabot et al., 2005; Corgne et al., 2008; Kegler et al.,
2008), and for Mars assume 14 GPa (Rai and Westrenen,
2013; Yang et al., 2015). For the Earth and Mars, condi-
tions at the surface of the magma ocean are approximately
2.5 and 2 orders of magnitude more reduced relative to IW
than at the base, respectively, chiefly owing to the low pres-
sure effects that derive from changes in wiistite
stoichiometry.

We emphasize that the calculations above 7 GPa are
extrapolations based on lower pressure experimental data.
Our experimental and spectroscopic data indicate notable
densification of Fe?>"-O components in the magma over this
pressure range, but no appreciable change in coordination
of Fe3"-O polyhedra (Figs. 7 and 9). Our expectation,
based on the increase in coordination of Fe* in minerals
with pressure (e.g., Frost and McCammon, 2008), as well
as the general trend of increase in coordination of cations
in silicate melts with pressure (e.g., Ghiorso, 2004), is that
Fe’*-O coordination in silicate melts increases at some
as-yet unknown pressure above 7 GPa, eventually leading
to stabilization Fe*" and increase in Fe*'/ZFe in silicate
melts in equilibrium with metal alloy (Hirschmann, 2012).
If this occurs, then near-surface conditions could be highly
oxidizing for deep magma oceans on Earth or Mars.

The andesitic melts examined in this study are composi-
tionally different from the peridotitic magmas expected in
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Fig. 11. Oxygen fugacity of silicate melts relative IW with FeO™ from the bulk silicate composition for the Moon (9.37 wt%, Elardo et al.,
2011), Mercury (3 wt%, Robinson and Taylor, 2001), Earth (8.05 wt%,McDonough and Sun, 1995), and Mars (18.71 wt%, Bertka and Fei,
1997) as a function of pressure at Fe*t/SFe fixed at depth (5 GPa for Moon and Mercury, 25 GPa for Earth and 14 GPa for Mars) by
equilibrium between iron and silicate melt (See Supplementary Materials). Note that the calculation assumes that metal is not present in the
magma ocean except at its bottom, and therefore the Fe*"/ZFe ratio is constant, rather than being buffered by metal-silicate reaction, as is the
case in Fig. 10. Trends are calculated from the models obtained from this work with the first column of parameters (Table 4) along the magma
ocean adiabat of Stixrude et al. (2009). The adiabat temperatures (2200-3000 °C) are well above those in the experiments of this study (1400—
1750 °C), and so the application to the redox state of magma oceans is an extrapolation. However, as the chief thermodynamic variables
influencing the calculating trends here are the pressure derivatives of FeO and Fe,O; partial molar volumes, and as the temperature
derivatives of these pressure derivatives (e.g., d>V;/dTdP) are generally taken to be small or are neglected in silicate liquid equations of state
(Ghiorso, 2004; Stixrude et al., 2009), this extrapolation is likely justifiable.

magma oceans and this could potentially affect depth-
Fe*t/ZFe-fO, relations. Although the Fe**/SFe ratio in sil-
icate liquid fixed at a particular fO, depends on melt com-
position (e.g., Kress and Carmichael, 1991; Jayasuriya
et al., 2004), the effect of pressure on the relationship
between Fe’™/EFe and fO, depends not on absolute
Fe*t/ZFe but on its variations with pressure, which in turn
derives from partial molar volume differences between FeO
and Fe->Oj; in the liquid. Several lines of evidence suggest
that this relationship is not strongly dependent on melt
composition. First, direct determinations of partial molar
volumes of FeO and Fe,O; do not show strong composi-
tional dependences, except in the case of highly alkaline-
rich melts (Lange and Carmichael, 1987; Kress and
Carmichael, 1991). Second, partial molar volumes are
strongly linked to coordination geometries (CN), and these
are not greatly different for andesitic and more mafic melts.
For example, coordination numbers of basalt and andesitic
glasses quenched at 100 kPa are consistent within uncer-
tainties (Fig. 8, Wilke et al., 2005; Zhang et al., 2016). Also,
as discussed in Section 4.1, the pressure effect on CN of
Fe®" is qualitatively consistent between andesitic glass

and fayalite liquid (Sanloup et al., 2013). Clearly, experi-
ments analogous to those presented here but on ultramafic
liquids are desirable, but the current results represent a rea-
sonable first approximation of pressure-redox relations in a
homogeneous magma column applied to magma oceans.

It should be clear that the calculations applied to magma
oceans still have considerable uncertainties owing to lack of
detailed information about the thermodynamics of FeO
and Fe,03 in silicate melts at high pressure. The relatively
sophisticated equation of state for Fe-bearing silicate melts
calibrated by Ghiorso (2004) and applied to magma oceans
by Righter and Ghiorso (2012a,b) lacks treatment of
Fe,O3. The absence of thermodynamic models for the
behavior of Fe,O5 in high pressure silicate melts highlights
the need for further experimental constraints on the effects
of fO, and pressure on Fe**/>Fe.

5. CONCLUDING REMARKS
In general, shallow magma oceans equilibrated at depth

with metal are more reduced at their surface than the fO,
fixed by reaction between Fe-bearing silicate melt and coex-
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isting metal. This means that atmospheres above shallow
magma oceans will be highly reduced, and consist chiefly
of H,, CO, and NHj; rather than H,O, CO, and N,
(Hirschmann, 2012). The experimental data presented here
to 7 GPa demonstrates that this generalization holds for
small planetary bodies such as Mercury and the Moon,
and it also would apply to shallow magma oceans that
could have existed at various times during the accretion
of Earth and Mars. Whether it applies to deeper magma
oceans relevant to larger planetary bodies requires con-
straints from experiments at higher pressures.
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