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Abstract

Carbon isotope minima were a ubiquitous feature of the mid-depth Atlantic during Heinrich
Stadial 1 (HS1, 14.5-17.5 kyr BP) and the Younger Dryas (YD, 11.5-12.9 kyr BP) yet their cause
remains unclear. Recent evidence indicates that North Atlantic processes triggered the 8'°C
anomalies, with weakening of the Atlantic Meridional Overturning Circulation (AMOC) being
the most likely driver. Model simulations suggest slowing of the AMOC increases the residence
time of mid-depth waters in the Atlantic, resulting in the accumulation of respired carbon. Here
we assess 2CO; storage in the South Atlantic using benthic foraminiferal B/Ca, a proxy for
[COs™]. Using replicated high resolution B/Ca records from ~ 2 km water depth on the Brazil
Margin, we show that [CO;>] decreased during HS1 and the YD, synchronous with apparent
weakening of the AMOC. The [CO;”] response is smaller than in the tropical North Atlantic
during HS1, indicating there was a north-south gradient in the [COs>] signal similar to that for
8"°C. The implied variability in £CO, is consistent with model results, suggesting that carbon is
temporarily sequestered in the mid-depth Atlantic during millennial-scale stadial events. Using a
carbon isotope mass balance, we estimate that approximately 75% of the HS1 §"°C signal at the
Brazil Margin was driven by accumulation of remineralized carbon, highlighting the non-

conservative behavior of 8"°C during the last deglaciation.
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1. Introduction

The last deglaciation (10-18 kyr BP) was characterized by major changes in the Earth's
climate system, including a 120 m rise in global sea level (Clark et al., 2009), a ~ 4°C increase in
average temperature (Shakun et al, 2012; Annan and Hargreaves, 2013), and an 80 ppmv
increase in atmospheric CO, (Marcott et al., 2014). Given that global temperature tracked CO,
levels (Shakun et al., 2012) and that greenhouse gases are necessary to simulate the full deglacial
temperature rise (Weaver et al., 1998; Schneider et al., 2010), isolating the mechanisms that
regulate atmospheric CO; is essential to understanding Earth’s transition from a glacial to

interglacial state.

The initial changes in deglacial climate occurred during Heinrich Stadial 1 (HS1, 14.5-
17.5 kyr BP), including a 30 ppmv rise in pCO; and a decrease in the 8'"°C of CO, of 0.3-0.4%o
(Lourantou et al., 2010; Schmitt et al., 2012; Bauska et al., 2016). Foraminiferal records also
show that decreases in 8'°C were widespread in the surface and mid-depth (1.5-2.5 km) Atlantic
Ocean (Curry et al., 1988; Schneider et al., 1992; Oppo et al., 2015). The largest anomalies
occurred in the subpolar North Atlantic (McManus et al., 1999; Rickaby and Elderfield, 2005;
Praetorius et al., 2008), with progressively smaller 8'°C excursions in the tropical (Zahn and
Stuber, 2002; Oppo and Fairbanks, 1987) and South Atlantic (Tessin and Lund, 2013; Lund et
al., 2015). The timing of the mid-depth §"°C signals is similar to the atmospheric 8'°C anomaly,
suggesting that circulation changes in the Atlantic played a key role in spurring the initial rise of

atmospheric CO, during the last deglaciation (Oppo et al., 2015; Schmittner and Lund, 2015).



51

52

53

54

55

56

57

58

59

60

61

62

63

64

65

66

67

68

69

70

71

72

Several mechanisms have been proposed to explain HS1 8'°C anomalies in the Atlantic,
including regional brine formation (Dokken and Jansen, 1999; Thornalley et al., 2010;
Waelbroeck et al., 2011), greater incursion of Antarctic Intermediate Water (AAIW) (Rickaby &
Elderfield, 2005), and weakening of the AMOC (Zahn et al., 1997). Although the abyssal South
Atlantic was depleted in "*C during the LGM (Duplessy et al., 1988; Curry and Oppo, 2005;
Hoffman & Lund, 2012), it is an unlikely source of mid-depth anomalies because the 8'°C signal
in the abyssal and mid-depth records is offset by several thousand years (Lund et al., 2015).
Moreover, the idea that greater incursion of AAIW caused the HS1 minima is now considered
unlikely, as new records suggest a reduced presence of AAIW in the North Atlantic during this
time (Xie et al., 2012; Huang et al., 2014). Greater incursion of AAIW should also lead to lower
8'°C at intermediate depths, which is opposite the pattern observed at multiple sites in the
southern hemisphere, including the Brazil margin (Hertzberg et al., 2016). Instead, the mid-
depth anomalies are most likely due to a change in the isotopic composition of northern
component water (NCW) (Oppo et al., 2015). The end-member 8'°0 and 8"°C values for NCW
exhibited a significant change during the LGM-HS1 transition (-1.2 %o and -1.0 %o,
respectively), while end-member values for deep southern sourced water remained relatively
stable (Lund et al., 2015). Cross plots of benthic 8'°C vs. §'*0 suggest that mid-depth Brazil
Margin sites fall on a mixing line between NCW and deep (2500-3000 m) southern component
water during HS1, implying that variable NCW composition caused the mid-depth anomalies
(Lund et al., 2015). Similarly, a compilation of Atlantic LGM 8"°C vs. LGM-HS1 8"°C indicates

that NCW was the primary driver of the HS1 signal (see Figure 5 in Oppo et al., 2015).
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Model simulations suggest the shift in NCW during HS1 was due to a severe reduction in
the AMOC. Shutdown of the AMOC by freshwater forcing in the North Atlantic yields negative
8'°C anomalies at mid-depth, with the largest signal occurring in the high latitude North Atlantic
and progressively smaller anomalies in the tropical and South Atlantic, similar to the observed
spatial trend during HS1 (Schmittner & Lund 2015). The 8"°C response is due to reduced sinking
of high 8"°C surface water in the North Atlantic and increased residence time of deep water,
which allows for the accumulation of isotopically light respired carbon. Under modern
conditions, the North Atlantic has high 8"°C values due to sinking of *C-enriched surface waters
and rapid transport of deep water by the AMOC, while the South Atlantic has lower 5"°C due to
mixing with *C-depleted Upper Circumpolar Deep Water and Antarctic Bottom Water
(Kroopnick, 1985; Schmittner et al., 2013). The simulated shutdown of the AMOC nearly
eliminates this gradient, making the Atlantic §"°C tracer field similar to the modern deep Pacific

where remineralization is the primary driver of 8'°C variability (Schmittner and Lund, 2015).

Although the modeled Atlantic response generally agrees with the observed spatial
pattern in 8"°C anomalies, the simulated signal in the North Atlantic is approximately 50% larger
than in the benthic 8"°C records. Bioturbation may mute the reconstructed signal in low
sedimentation rate locations, but both high and low resolution records yield smaller than
predicted anomalies in the North Atlantic (Schmittner and Lund, 2015). The discrepancy may
instead be related to the initial conditions used in the AMOC simulations, which were based on a
pre-industrial rather than LGM climate state. Another possibility is that the Atlantic overturning
did not fully collapse during HS1. While initial *'Pa/*°Th records from the North Atlantic

pointed towards a complete AMOC shutdown (McManus et al., 2004), newer results are
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consistent with the continued export of 2!pa out of the North Atlantic (Gherardi et al., 2009).
Furthermore, the Pa/Th proxy is influenced by spatially variable particle scavenging, indicating it

may not be a direct quantitative indicator of AMOC flux (Hayes et al., 2015).

A key unknown is whether the mid-depth carbon isotope anomalies were driven by
changes in preformed or remineralized carbon. If temperature dependent air-sea equilibration
(e.g. Lynch-Steiglitz, 1995) was the primary driver of the 8"°C signal, we would expect little
change in £CO; at mid-depths. On the other hand, a substantial increase in 2CO, would point to
either: 1) accumulation of respired carbon, due to weakening of the AMOC, or 2) higher
preformed DIC, due to rising atmospheric CO,. If it was the former, we would expect higher
YCO; during HS1 and lower ZCO, during the Bolling-Allerad (B-A, 12.9-14.5 kyr BP), whereas
the latter should yield a monotonic increase in XCO; during the deglaciation. One existing
record from the tropical North Atlantic (~12°N; 1800 m) shows that [COs>] decreased by ~30
pmol/kg during the LGM-HSI transition and remained low into the Holocene (Yu et al., 2010).
Assuming alkalinity (ALK) remained constant and [CO5*] = 0.6*(ALK — £CO,) (Yu et al.,
2016), these results suggest ZCO, increased by ~50 umol/kg, which is inconsistent with
temperature-dependent fractionation causing the mid-depth 8"°C anomalies. However, it leaves
open the possibility that the [CO5”] signal was driven by preformed DIC. One of the goals of
this work is to verify the North Atlantic results using new records from locations influenced by
the AMOC that are capable of resolving millennial-scale [COs>] variability during the

deglaciation.
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Here, we reconstruct [CO5>] in the Southwest Atlantic using B/Ca analyses of benthic
foraminifera from two mid-depth cores on the Brazil Margin (at 1.8 km and 2.1 km water depth)
(Figure 1). During the LGM, water at these depths was approximately 70% NCW and 30%
Antarctic Bottom Water (Tessin and Lund, 2013; Curry and Oppo; 2005), while during the
Holocene the primary endmember influences were NADW and UCDW (Hoffman and Lund,
2012). The cores have accumulation rates of ~30 cm/kyr which allows for high-resolution (200-
300 year) reconstruction of [CO5”], which we use to infer changes in ZCO,. We use [CO5>]
estimates and 8'"°C records from the same cores to infer the preformed and remineralized
components of the HS1 8"°C anomalies. We also evaluate the Brazil Margin records in the
context of [CO5”] and circulation proxies from the North Atlantic to assess the relative timing of
events and whether variable AMOC strength drove changes in carbon storage at mid-depths.
Finally, we discuss the implications of our findings as they relate to the HS1 carbon isotope
minima and centennial to millennial-scale changes in atmospheric CO,. It has been hypothesized
that release of stored carbon due to reinvigoration of the AMOC may explain the abrupt 10-15
ppm increases in atmospheric CO; at the end of HS1 and the YD (Chen et al., 2015). One
objective of this study is to assess whether carbon was temporarily sequestered at mid-depths

using the Brazil Margin records.

2. Methods

2.1. Core Sampling
Sediment samples were taken from two cores on the Brazil Margin, KNR159-5-78GGC

(1820 m; 27.5°S, 46.3°W) and KNR159-5-33GGC (2082 m; 27.6°S, 46.2°W). In core 78GGC,
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samples were collected at 2 cm intervals from the core top to 61 cm, and then 4 cm intervals
from 61 cm to 201 cm (for a total of 68 samples). Note that two of the samples (at 73 cm and 77
cm) were collected within the bioturbated interval from 70-80 cm (Tessin and Lund, 2013). We
collected a total of 42 samples from 33GGC, ranging from 2 cm intervals from the core top to 59
cm and then 4 cm intervals from 59 cm to 199 cm, with the exception of 118 cm to 143 cm,
where the average sampling interval was 12 cm. The varied sample spacing in each core was
necessary to compensate for generally lower sedimentation rates in the Holocene and late
deglacial sections of each core. According the age models published in Tessin and Lund (2013),
the upper 50 cm of 78 GGC has sedimentation rates of 3 cm/kyr, while below 50 cm the rate is
approximately 35 cm/kyr. Similarly, sedimentation rates in the upper 75 cm of core 33GGC are
2 ci/kyr, while deeper in the core the rate is ~27 cm/kyr. In total, we collected 86 samples from
78GGC and 51 samples from core 33GGC for B/Ca analyses. Samples were freeze-dried,

washed through a 150 um sieve and dried at 40°C overnight.

2.2. B/Ca

B/Ca analyses were performed on the benthic foraminifera Cibicidoides wuellerstorfi in
the laboratory of Dr. Jimin Yu at Australian National University. C. wuellerstorfi were taken
from the >250 um size fraction with 5-8 tests used for each B/Ca analysis. Samples were
crushed using glass microscope slides with just enough force to rupture individual chambers. A
compound light microscope was used to facilitate the crushing procedure and the removal of
exceptionally dirty chambers. Crushed samples were rinsed into sample vials using Milli-Q
water and ultra-sonicated for 30 seconds to bring any clay material into suspension. The mixture

was then stirred by squirting Milli-Q into each vial. After test fragments had resettled the
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overlying fluid was pipetted out. This procedure was repeated with Milli-Q and then methanol
rinses until sonication yielded a clear, particle free supernatant. Using a high powered reflected-
light microscope, we used a single haired picking brush to remove pyrite and other foreign
materials from test fragments that remained after the rinsing procedure. The samples then
underwent oxidative cleaning to remove organic matter using a buffered H,O, solution (100uL
30%v/v HO,+ 10mL 0.1M NaOH). The final step of the cleaning protocol involved leaching
using a weak acid solution (0.001M HNOs3). Cleaned samples were analyzed for B/Ca using a
Varian ICP 820MS. The analytical precision for the 150 umol/mol B/Ca consistency standard
analyzed with the unknowns was 1.6% (n=16). Full details of the analytical procedure can be

found in Yu et al. (2005).

2.3. [CO;*] and £CO,

Modern carbonate ion concentrations for the Brazil Margin were estimated using the
local and regional hydrographic parameters listed in Table 1. Potential temperature and salinity
values were taken directly from cruise KNR159-5 CTD data. PO43' and Sing' values were
estimated using WOCE Atlas Volume 3, Section A10, which intersects the Brazil Margin at
28°S (http://whpatlas.ucsd.edu/whp_atlas/atlantic/al0/sections/sct_menu.htm). ALK and £CO,
values were estimated using WOCE data from stations 13003 (43.58°W, 28.83°S) and 13627
(46.48°W, 27.95°S), located approximately 300 km and 60 km from the core sites, respectively
(http://www.ewoce.org/data/index.html#WHP_Bottle Data). Given sloping isopycnals between
the WOCE stations and the core locations, ALK and £CO; values were estimated using station
data within £0.05 kg/m3 of the potential density at each core site. Using the data in Table 1, we

then estimated [CO5” ] using CO2SYS vl.1 (Lewis & Wallace, 2014). Carbonate ion saturation
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values were determined using the equation [Cng']sat = [C032'] ! Qcatcite, Where Qearcite 1S the

saturation state for calcite at the depth of each core.

Down core estimates of [CO3>] were determined using a B/Ca to A{CO3>] conversion of
1.14 (umol/mol) B/Ca per (umol/kg) A[CO5*] (Yu and Elderfield, 2007). This relationship is
based on a global core-top calibration for C. wuellerstorfi. We then estimated [CO;”] using the
relationship [CO5%] = A[CO3*] + [CO5” Jsa, Where [CO3* st is based on modern hydrographic
conditions and water depths (Table 1). Our estimates of ZCO; are based on the carbonate
alkalinity relationship CO, ~ ALK - [CO5*]/0.6 (Yu et al., 2016). We assume that [CO5”]
primarily responds to changing £CO, but also discuss the moderating influence that alkalinity
may play on millennial and longer timescales. To create a representative time series for the
Brazil Margin sites for comparison to other paleoclimate proxies, we combined the [CO5” ]
results from each core into a single time series and then plotted the results using a simple 3-point

running mean.

Table 1. Parameters for estimating modern Brazil Margin [CO3”]

Core Water Potential PO,* Si0;™ ALK Avg. ZCO, [COs™]
depth (m)  Temp (°C) S (umol/kg) (umol’kg)  (umol/kg) (umol/kg) (nmol/kg)

78GGC 1820 3.81 34.90 1.7 30 2310+ 5 2185+7 94 +£7

33GGC 2082 3.50 34.95 1.5 25 2312+9 2171 +2 102+7

10
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3. Results

3.1. [CO;¥] Data

Benthic foraminiferal [CO3>] time series for the Brazil Margin show similar overall
patterns on glacial-interglacial timescales (Figure 2). At 1800 m and 2100 m, [CO5”] is highest
during the late LGM (19-21 kyr BP), with values of 122+2 and 108+1 pumol/kg, respectively.
(Unless otherwise noted, the uncertainties stated here are standard errors.) Higher implied
[COs*] values at 1800 m during the LGM are consistent with the presence of well ventilated
Glacial North Atlantic Intermediate Water above ~2 km water depth (Curry and Oppo, 2005; Yu
et al., 2008; Hoffman and Lund, 2012). At 18 kyr BP, [COs>] began to decrease at both sites,
reaching a minimum of ~85 umol/kg by 12 kyr BP, and then rebounding at ~10 kyr BP. At 2100
m water depth, the increase is abrupt and then levels off by 8 kyr BP whereas at 1800 m, [CO5>]
continues to increase gradually throughout the Holocene. Given the more variable [CO5> ] results
at 2100 m after 10 kyr BP, additional data points are necessary to better constrain the time series
during this interval. Nonetheless, the results from both cores converge to a similar [CO5*] value
(~100 umol/kg) in the late Holocene. The core top results are similar to modern Brazil Margin
[COs*] values at 1800 m and 2100 m (Figure 2b, d), even though the ALK and ~CO, station data
used to calculate modern [CO;”] are well offshore of the Brazil Margin core sites, and the late

Holocene data are relatively sparse in each core.

Millennial scale changes in [COs>] are apparent throughout the deglaciation. The largest
changes occurred during the LGM to HSI transition, where [COs>] decreased 22+2 umol/kg at

1800 m and 2145 pmol/kg at 2100 m (Figures 2 and 3). If we remove the low [CO;™] value in

11
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the 2100 m record at ~15.5 kyr BP, the decrease in [COs*]is 1744 umol/kg, within error of the
original estimate. During the HS1 to B-A transition, [CO3>] at 1800 m and 2100 m increased by
~15 umol/kg and then decreased by a similar amount at the beginning of Younger Dryas (YD:
11.5-12.9 kyr BP). The average [CO3>] record ([COs>]avc) shows a pattern similar to
individual time series (Figure 3). The main exception is the early Holocene, where deepening of

NCW apparently caused the individual records to diverge (see section 4.7).

3.2. [CO5™] vs. %CaCO;

Calcium carbonate results from 78GGC and 33GGC provide additional perspective on
changes in bottom water carbonate chemistry during the deglaciation (Figure 4). %CaCO; values
ranged from 10-15% in the 20 to 16 kyr BP interval, followed by an increase to 40% by 10 kyr
BP, and then a slight decrease during the Holocene (Figure 4a, c). Thus, the long-term trend in
%CaCOs; is generally opposite that for [COs>] in each core. The difference is due to dilution of
CaCOs; by non-carbonate sedimentary components. %CaCOs is suppressed during the LGM and
early deglaciation due to input of hemipelagic clays that yield sedimentation rates an order of
magnitude higher than during the Holocene (Tessin & Lund, 2013). During the early
deglaciation, however, sedimentation rates in 78GGC and 33GGC are nearly constant. The 1-
3% decrease in %CaCO; during HS1 may therefore reflect calcium carbonate dissolution (Figure
4b, d). The synchronous decrease in %CaCOs and [CO;”] during HS1 suggests that higher
YCO; at 1800-2100 m water depth resulted in modest calcite dissolution, which would tend to

increase alkalinity locally.
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4. Discussion

Our primary aim in reconstructing the carbonate ion history at the Brazil Margin is to
elucidate changes in South Atlantic carbon cycling. In particular, our goal is to determine
whether the mid-depth Atlantic acted as a temporary reservoir of carbon during millennial-scale
stadial events of the last deglaciation, as predicted by modeling results (Schmittner and Lund,
2015). The records presented here have high temporal resolution from the LGM through
Younger Dryas (78GGC ~ 210 yr; 33GGC ~ 320 yr), allowing us to infer changes in carbon
storage on millennial timescales. Below we discuss changes in mid-depth South Atlantic [CO5”]
during HS1, the B-A, and YD, as well as broader, glacial-interglacial trends, with the purpose of
highlighting variability across a range of timescales. We also discuss the most likely
mechanisms behind the observed changes in [CO5*], use mass balance constraints to assess the
remineralized vs. preformed components of the HS1 8'°C signal, and make an initial estimate of

carbon sequestration in the mid-depth Atlantic during HS1.

4.1. Millennial-scale signal driven by variable carbon storage

Both Brazil Margin time series suggest [CO;”] decreased by ~20 umol/kg during HS1
(Figure 2). Given that [CO;%] is a function of both alkalinity and total dissolved inorganic
carbon, it is possible the [CO5>] signal reflects decreasing ALK. We believe this is unlikely,
however, given that average oceanic alkalinity would have a lagged response to any deglacial
changes in carbonate preservation, particularly if they were related to sea level rise, the bulk of
which occurred after HS1 (Clark et al., 2009). Additionally, %CaCOj at the Brazil Margin

decreased slightly at 1800 m and 2100 m water depth during HS1 (Figure 4), which would
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increase alkalinity locally, opposite the effect required to account for the [CO3>] signal. Finally,
modeling results indicate that weakening of the AMOC increases alkalinity at mid-depths
(Figure 5). The continued export of CaCO; from the surface ocean and its dissolution in the deep
ocean, combined with a more sluggish circulation, increases [Ca*"] and therefore alkalinity. The
modeled ALK increase at the Brazil Margin is approximately 20 uM, which yields an equivalent
increase in [COs>]. Thus, the reconstructed [COs>] decline during HS1 likely underestimates

the 2CO; signal.

The mid-depth 8'"°C anomalies at the Brazil Margin were most likely driven by
weakening of the AMOC (Lund et al., 2015; Oppo et al., 2015; Schmittner and Lund, 2015).
Therefore, the simplest explanation of the [CO5>] signal also involves the AMOC, either through
higher preformed DIC values in the source region or accumulation of respired carbon due to
increased residence time of mid-depth waters. While the first option appears to be plausible, in
part because the decrease in Brazil Margin [COs>] and the initial increase in atmospheric CO,
both occurred during HS1, closer examination of the records reveals that the [CO5”] signal leads
atmospheric CO, by ~ 1 kyr (Figure 3). If air-sea gas exchange was responsible for increased
¥CO, in the mid-depth Atlantic, then [CO5”7] at the Brazil Margin would lag or be
contemporaneous with atmospheric CO,. The age error for the ice core CO, record at ~17 kyr
BP is £80 years (1o) (Sigl et al., 2016). The age error for the Brazil Margin data at 18 kyr BP is
+250 years (1) (Tessin and Lund, 2013), which is primarily due to an assumed + 200 year
uncertainty in surface water reservoir age. Reconciling the Brazil Margin and atmospheric CO,
time series would require a 1000-year increase in reservoir age, an unrealistically large change

given the subtropical gyre location of the Brazil Margin sites (modern AR = 7+59 years (10))
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(Angulo et al., 2005). Furthermore, the increase in [CO53>] at the end of HS1 is not matched by a
decrease in atmospheric CO; (Figure 3), suggesting that preformed DIC levels were not a

primary driver of millennial-scale [CO;”] variability at the Brazil Margin.

4.2. Temporary carbon storage driven by AMOC variability

If AMOC weakening and accumulation of respired carbon drove the [CO5”] signal, the
B/Ca records should display variability similar to proxies of the AMOC. The **'Pa/*°Th record
of McManus et al. (2004) is commonly used as reference time series for AMOC variability.
Given the caveats associated with Pa/Th as a circulation proxy (e.g Gherardi et al., 2009; Hayes
et al., 2015), here we use it to assess the approximate timing of changes in the AMOC rather than
a quantitative measure of AMOC strength. Given that the overall pattern in Pa/Th is consistent
with other circulation proxies from the Atlantic (Chen et al., 2015; Tessin and Lund, 2013; Oppo
et al., 2015), we believe such an approach is reasonable. At the beginning of HS1, [CO;”] at the
Brazil Margin decreased concomitantly with the rise in Pa/Th, suggesting that a weaker AMOC
not only reduced export of Pa from the North Atlantic but it also led to increased carbon storage
and lower [CO5>] at the Brazil Margin (Figure 3). While Pa/Th remained relatively stable from
17 to 15 kyr BP, [CO5>] in both Brazil Margin cores continued to decrease after 16 kyr BP,
which may reflect continued accumulation of respired carbon in a weakened AMOC state or a
delayed response to rising atmospheric CO,. Results from the North Atlantic also show a
decrease in [CO;”] at the onset of HS1 but the record lacks the necessary resolution to determine

whether [CO5*] continued to decline from 17 to 15 kyr BP (Yu et al., 2010).

At the beginning of the B/A, when the AMOC was apparently reinvigorated, [COs™]

15
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increased by 15 pmol/kg, implying that XCO, declined by ~25 umol/kg (Figure 3). Vertical
A"C gradients in the tropical Atlantic also disappear at the onset of the B/A, consistent with a
resumption of the AMOC and enhanced southward advection of '*C enriched NCW (Chen et al.,
2015). Later in the deglaciation, apparent weakening of the AMOC during the YD coincides
with a decrease in [CO5;>] of 10-15 pmol/kg (Figure 3). At the end of the YD, both Pa/Th and
coral A"C records imply the AMOC became reinvigorated once again (McManus et al., 2004;
Chen et al., 2015), which should liberate respired carbon from the mid-depth Atlantic. While
there was a modest increase in [COs>] at the end of the YD, the signal appears to be muted by
the overall glacial-interglacial shift in [CO3”"], which is likely due to progressively higher
preformed DIC values. Lower sedimentation rates and sampling resolution during the YD and
early Holocene section of the Brazil Margin cores may also preclude detection of subtle

millennial-scale signals during this time interval.

4.3. Spatial gradients in [COs*] and 8"C anomalies during HS1

Model results suggest that weakening of the AMOC should create a north-south gradient
in [CO5>] anomalies during HS1, similar to that observed in 8"°C (Schmittner and Lund, 2015).
Comparison of the Brazil Margin results with [CO;”] data from the tropical North Atlantic
indicates there was a meridional gradient in carbonate ion anomalies during HS1, with larger
anomalies in the North Atlantic (Figure 6). Although the [CO5*] signal in core VM28-122 was
originally interpreted as CO; released from the deep sea (Yu et al., 2010), we instead suggest that
it reflects a weaker AMOC and greater accumulation of respired carbon at mid-depth, as implied

by model results (Figure 7).
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While the timing and spatial pattern in [CO;”"] anomalies are broadly consistent with the
expected response to AMOC weakening, inconsistencies between the model results and benthic
foraminiferal records do exist. The modeled [CO5>] decrease of 20-30 umol/kg (Figure 7)
agrees well with the Brazil Margin results but the model overestimates the observed [CO3”]
decrease in the tropical North Atlantic by a factor of two. The simulated §'"°C response in the
North Atlantic is also larger than implied by observations (Schmittner and Lund, 2015). Either
the AMOC didn't collapse entirely during HS1 or the use of preindustrial initial conditions
amplifies the simulated [COs>] signal at the depth of VM28-122 (~1800 m). In the model
simulations, VM28-122 sits in the core of NADW (Figure 7), whereas during the LGM, NCW
was shallower in the water column (Curry and Oppo, 2005). As a result, the modeled change in
[COs>] during an AMOC shutdown is likely too large for this location. The discrepancy in
[CO5™] signals may also be due to the lack of interactive carbonate sediment dissolution in the
model. Dissolution of CaCOj; under elevated levels of total DIC would increase alkalinity and
therefore moderate the [CO;>] response. Despite these factors, the observed north-south
gradient in "°C and [CO5>] anomalies is consistent with the accumulation of isotopically light

carbon in the mid-depth Atlantic.

4.4. Preformed vs. remineralized §"C signal

The modeling results of Schmittner and Lund (2015) suggest that approximately 65% of
the Brazil Margin 8"°C signal can be attributed to remineralized 8'°C (8"*Crem) and 35% to
preformed 8"°C (8"°Cpye) (Figure 8). A somewhat higher proportion of the negative 8'3C shift in
the tropical North Atlantic is due to changes in 8'"*Crem (~80%) (Figure 8). Assuming the

[CO5™] signal between the LGM (19-21 kyr BP) and early HS1 (16-17 kyr BP) was primarily the
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result of remineralization, we can estimate the influence on §'"°C using the following mass
balance equations:

(8" Crina)(2CO finat) = (8" Cddea)(ZCO2 addea) + (8°CLom)(ECO216m)  (eqn.1)
2CO;z Final = ZCO2 Added T ZCO2 LM (eqn. 2)
where 8" Crina Tepresents the 8'3C value after input of respired carbon, 51 CrgMm1s the mean 8B
for the LGM time interval, and 2CO; aqded 1S the estimated ZCO; change between the LGM and
early HS1 based on the [CO32'] results (Table 2). We assume that §3C Added 1S €qual to the mean
value for 8"°C for marine organic carbon for samples from 40°S to 80°N (-21+2%o) (20)
(Goericke and Fry, 1994). Although we have no proxy estimate for XCO;  gm, the mean ZCO,
for the modern global ocean below 1000 m water depth is 2270+£50 umol/kg (1) (Schmittner et
al., 2013). We assume a similar value for the LGM but with a conservative £100 umol/kg

uncertainty. Note that the exact choice for £CO; gy has little influence on 8'3Crina because of

the modest relative error of ~5%.

Table 2. Mass balance parameters and results

KNR159-5-78GGC' | KNR159-5-33GGC! VM28-1222
Mean LGM 8"*C 1.03+0.01 0.77+0.02 1.140.04
(%0)
2CO5 added 3744 2346 48+7
(umol/kg)
8" Crinal 0.68+0.10 0.55+0.16 0.64+0.12
(%o)
Mean HS1 8"°C 0.55+0.02 0.4240.02 0.5+0.1
(%o)

'8"C from Tessin and Lund (2013); *8"C from Oppo & Fairbanks (1987), Yu et al., 2010

The mass balance results imply that the most of the Brazil Margin 5'"°C signal was due to
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changes in 8> Crem. For example, 8" Crinal for 78GGC is 0.68%0, which means that ~75% of the
change between the LGM (8"°C=1.03%o) and early HS1 (8"*C=0.55%o) can be attributed to
remineralization. Taking into account the errors listed in Table 1, the proportion due to
remineralization ranges from 50% to 100%. A somewhat lower fraction of the HS1 §'"°C signal
in core 33GGC can be explained by changes in 8'"*Cgem (60%) but it is within error of the
78GGC results. In the North Atlantic, it appears that remineralization also caused ~75% of the
HS1 8"C signal, with the proportion ranging from 50% to 100%. Thus, the results from each
core show that remineralization played the primary role in setting the 8'°C tracer field at mid-

depths, consistent with our model results (Figure 8).

The remainder of the §"°C signal at each site must be due to changes in 8°Cpr.. We
estimate that the 8'°Cpy signal was -0.13%0.11%o for 78GGC, -0.13£0.16%, for 33GGC, and
-0.14+0.16%o for VM28-122. These values are similar to the modeled ~0.15%o decrease in
8" Cpre in the mid-depth Atlantic (Figure 8), which is driven by gas exchange with a '>C-depleted
atmosphere and weakening of the biological pump triggered by shutdown of the AMOC, both of
which cause surface ocean 8"C to decrease (Schmittner and Lund, 2015). The overall agreement
between the reconstructed and modeled values for 8'°Cgem and 8" Cpre suggests: 1) weakening of
the AMOC drove changes in both remineralized and preformed 8"3C to yield the overall HS1
8'°C anomalies, and 2) the majority of the 8'"°C response was due to biological processes,
implying that 8"°C acted non-conservatively during HS1. Our results are consistent with previous
indications of non-conservative 8'°C behavior during the last deglaciation (e.g. Tessin and Lund,

2013; Oppo et al., 2015) and to our knowledge provide the first quantitative estimate of
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preformed and remineralized 8'°C components using paired stable isotope and B/Ca results.

4.5. Implications for atmospheric CO;

If a weakened AMOC resulted in greater carbon storage in the mid-depth Atlantic during
HS1 and YD, what is the fate of the sequestered carbon under a reinvigorated AMOC
circulation, and what are the implications for atmospheric CO,? Two centennial scale ~10-15
ppm increases in atmospheric CO; occurred at ~14.8 and ~11.7 kyr BP (Marcott et al., 2014)
(Figure 3). Bauska et al. (2016) report minor shifts in the §"°C of atmospheric-CO, associated
with the centennial-scale events. Given that the abrupt increases in CO; coincide with northern
hemisphere warming, SST may be the primary driver, with contributions from other secondary
inputs that moderate the 5'"°C signal (Bauska et al., 2016). The relative timing of the centennial
scale events with abrupt reinvigoration of the AMOC implies there is tight coupling between the
overturning circulation and pCO; variability (Marcott et al., 2014). The resumption of the
AMOC may trigger abrupt liberation of CO; to the atmosphere as a result of changes in
terrestrial carbon storage (Kohler et al. 2005). Alternatively, Chen et al. (2015) hypothesized the
abrupt increases in CO, were due to flushing of remineralized carbon out of the mid-depth
Atlantic during intervals of reinvigorated overturning. Consistent with this idea, our data suggest
2CO; decreased at the end of HS1 (Figure 3). However, our data also show that carbon
accumulated at mid-depths during the course of HS1, which would tend to draw down
atmospheric CO,;. Thus, it is unlikely that the mid-depth Atlantic acted as a net source of carbon
to the atmosphere across the combined HS1 to B-A interval. Instead, we suggest that
sequestration in the mid-depth Atlantic muted the rate of atmospheric CO, rise during HS1.

Upon the resumption of overturning during the B-A, we speculate the accumulated carbon was
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then released, rectifying the deficit in atmospheric CO, caused by the weakened AMOC state. A
similar process may have occurred during the YD, where weakening of the AMOC resulted in
carbon sequestration and lower [CO3”] at mid-depths (Figure 3). Presumably, reinvigoration of
the AMOC at the end of the YD caused the carbon to be released, which may contribute to the

observed abrupt shift in atmospheric CO; at 11.7 kyr BP (Marcott et al., 2014; Chen et al., 2015).

Our results imply that other factors, such as weakening of the biological pump
(Schmittner and Lund, 2015; Hertzberg et al., 2016) or release of CO; from the Southern Ocean
(Anderson et al., 2009), must have caused the rise in atmospheric CO, during HS1 and the YD,
overcoming the temporary carbon sink in the mid-depth Atlantic. The combined effects of a
weakened biological pump and release of respired carbon may explain why atmospheric CO,
increased in a stepwise pattern, instead of a steady monotonic fashion throughout the
deglaciation. AMOC-related changes in the carbon cycle cannot explain the overall increase in
pCO»; additional processes must be involved in maintaining high CO; levels during the B-A and
Holocene when the AMOC was robust and the global preformed nutrient budget would

presumably favor carbon sequestration in the ocean interior (Galbraith and Jaccard, 2015).

4.6. Quantifying XCO, Storage

To assess whether the release of respired carbon could have contributed to the centennial-
scale increase in atmospheric CO; at the end of HS1, we use the B/Ca records from the Brazil
Margin and tropical North Atlantic to generate an initial quantitative estimate of XCO, storage.
We assume that ALK remained constant from the LGM to HS1. As noted above, this will likely

yield a minimum estimate for 2CO; given that 1) carbonate dissolution would increase alkalinity
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and minimize the [CO5”] signal, and 2) enhanced residence time of mid-depth water during HS1
would lead to accumulation of alkalinity associated with the hard tissue pump (Figure 5). We
conservatively assume a depth range of 1750 + 250 m and an area of 5.2+0.3 x 10"* m? (~60°N
to ~35°S), which is the approximate volume encompassed by negative 8'°C anomalies in a
simulated shutdown of the AMOC (Schmittner and Lund, 2015). Using a seawater density of
1026 kg/m’, this volume is equivalent to a total mass of 9.3+1.4 x 10'° kg. Assuming an average
decrease in [CO;”] from the LGM to HS1 of 30+10 pmol/kg, we estimate an average increase in

YCO; of 50£17 pmol/kg, or a total carbon storage of 5621 Pg.

If 56 Pg of carbon were released directly to the atmosphere, it would be equivalent to a
pCO; change of ~26 ppm (1 ppm ~ 2.12 Gt C; Keeling & Whorf, 2005). A portion of this
carbon would be re-absorbed by the upper ocean, however, so the net influence on atmospheric
CO;, would be substantially less. Over the past two centuries, 50% of the carbon released through
fossil fuel burning has been absorbed by the ocean (Sabine et al., 2004). To first order, we would
expect a similar proportion to be absorbed by the ocean during centennial-scale CO, events of
the last deglaciation. Determining the actual fate of the stored carbon will require detailed
modeling efforts to assess the proportions released to the atmosphere and redistributed to other
ocean basins. Additional remineralized organic carbon may have been stored in the deep Atlantic
(>2500 m) prior to HS1 (Hoogakker et al., 2015; Howe et al., 2016), which should also be
considered in assessing redistribution of carbon between various reservoirs. Given the
uncertainties in our estimate of XCO, storage, additional high-resolution B/Ca records from a
range of depths and locations will be necessary to refine estimates for the Atlantic. Nevertheless,

our initial estimate suggests that: 1) significant quantities of carbon were stored in the mid-depth

22



476

477

478

479

480

481

482

483

484

485

486

487

488

489

490

491

492

493

494

495

496

497

498

Atlantic during HS1 and the YD, and 2) the mid-depth reservoir should to be taken into account

when interpreting the atmospheric CO; signal during the last deglaciation.

4.7. Glacial-Interglacial Changes in [COsY)

The dominant long-term trend in the Brazil Margin records is a steady decrease in [CO3>]
from the LGM to the early Holocene (Figure 2). The most likely explanation for the signal is
changing preformed £CO; due to air-sea exchange with an atmosphere with progressively higher
CO; levels. Although air-sea gas exchange is an unlikely driver for the millennial scale decreases
in [CO5*] during HS1 and the YD, over the course of the deglaciation such a process could lead
to lower [COs>] at depths influenced by NCW. For example, after the rapid decline in [CO5]
during HS1, [CO;”] rebounds during the B-A, but does not fully recover to LGM values (Figure
3). This suggests that preformed 2CO; in the mid-depth Atlantic increased as a result of greater
CO; absorption from the atmosphere. Between the LGM and B-A, atmospheric CO; increased
by ~50 ppm. A decline in global ocean alkalinity may also contribute to the long-term [CO5”]
trend at the Brazil Margin. Although there was little apparent change in carbonate weathering
(Foster and Vance, 2006) and deep-sea CaCOs burial (Catubig et al., 1998) on glacial-
interglacial timescales, flooding of continental shelves late in the deglaciation would facilitate
deposition in carbonate banks and coral reefs, removing ALK and DIC in a 2:1 ratio (Sigman
and Boyle, 2000). Thus, a portion of the deglacial [CO3*] decline in the Brazil Margin records

may reflect ALK removal.

If the long-term [CO;3] trend at the Brazil Margin responded primarily to atmospheric

CO; and global changes in alkalinity then we would expect little change in [CO;*] once
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atmospheric CO, and sea level stabilized in the early Holocene. While this is largely the case at
2100 m water depth, [CO5>] at 1800 m steadily increased from 10 to 2 kyr BP (Figure 2). One
possible explanation of the depth-dependent signal is a shift in watermass geometry. During the
LGM, [CO5>] was ~10 umol/kg higher at 1800 m than at 2100 m (Figure 3), which is consistent
with Brazil Margin 8'°C profiles that show the core of NCW was located at 1600-1800 m water
depth (Lund et al., 2015). By the early Holocene, however, [CO5*] was 10-15 umol/kg lower at
1800 m than 2100 m and vertical 8'°C profiles suggest the core of NCW had migrated to 2000-
2500 m (Lund et al., 2015). Thus, the 1800 m core site would have been more heavily influenced
by high [CO3*] NCW during the LGM than during the early Holocene, potentially accounting
for the different temporal trend at this water depth. Additional factors, such as enhanced
Labrador Sea Water formation (Hoogakker et al., 2011) and the appearance of Upper
Circumpolar Deep Water at the Brazil Margin during the mid-Holocene (Lund et al., 2015),
likely influence the long-term evolution of the mid-depth [CO5>] signal. Detailed vertical
transects of B/Ca from the Brazil Margin and elsewhere are necessary to more fully assess the
roles of rising atmospheric CO,, global alkalinity, and vertical migration of watermass

boundaries on the glacial-interglacial [CO5”] signal.

5. Conclusions

Carbon isotope anomalies were a ubiquitous feature of the mid-depth Atlantic during
HS1 yet the driver of the anomalies has remained enigmatic. Recent modeling efforts suggest
the 8'°C signal is driven by weakening of the AMOC which increases the residence time of mid-
depth waters, allowing for the accumulation of isotopically light respired carbon. Here we

examined the XCO; history at ~2 km water depth in South Atlantic using two high resolution
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B/Ca time series spanning the last ~25 kyr. Our records show that [CO;>] decreased by 20-25
pumol/kg during HS1, concomitant with apparent weakening of the AMOC. The records also
show that [COs”] increased ~15 umol/kg during the B-A and decreased ~15 pmol/kg during the
YD, suggesting a tight coupling between mid-depth [CO3>] and AMOC state. Given the inverse
relationship between [CO;>] and £CO,, we infer that £CO, increased during millennial-scale
stadial events of the last deglaciation. We also present model results which indicate weakening
of the AMOC increases alkalinity at mid-depths, implying the [CO5>] time series likely

underestimate the ZCO, signal.

Comparison of the [CO5>] results from the Brazil Margin and tropical North Atlantic
indicates there was a meridional gradient in [CO5*] anomalies during HS1, similar to the pattern
observed in 8"°C records. Our mass balance estimates suggest approximately ¥% of the §"°C
signal at 27°S and 12°N was due to remineralization, highlighting the non-conservative nature of
8'"°C behavior during HS1. Given that simulated weakening of the AMOC produces analogous
spatial patterns in [CO3>] and 8"°C, we infer the dominant driving mechanism behind the

observed signals is the accumulation of remineralized carbon.

Our results imply the mid-depth Atlantic sequestered carbon during HS1 and the YD,
both times of rising atmospheric CO,. Thus, alternative processes, such as weakening of the
biological pump (Hertzberg et al., 2016) or outgassing from the Southern Ocean (Anderson et al.,
2009) must account for the overall increase in atmospheric CO, during stadial events.
Reinvigoration of the AMOC may release stored carbon from the mid-depth Atlantic and

contribute to abrupt centennial-scale increases in CO, at the end of HS1 and the YD. The
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decrease in XCO, at the Brazil Margin at the beginning of the B-A is consistent with this
scenario. We also present a preliminary estimate of carbon storage in the mid-depth Atlantic
comparable to the quantity required to account for the rise in atmospheric CO; at the end of HS1.
Determining the fate of the stored carbon will require detailed modeling efforts to assess

partitioning between atmospheric and oceanic reservoirs.
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Figure captions

Figure 1. Locations of cores used in this study (white circles) overlain on a cross-section of
carbonate ion concentration (in pmol/kg) from World Ocean Circulation Experiment (WOCE)
A17 (Schlitzer 2015). Contour intervals are 10 umol/kg. The sites are influenced primarily by
high [CO3*] North Atlantic Deep Water (NADW) and to lesser extent low [CO5”] Upper
Circumpolar Deep Water (UCDW). The inset map shows the location of the A17 section
relative to the core sites (white circles). Note that hydrographic data closer to the core sites was

used to estimate the modern carbonate ion values depicted in Figure 2 (see Methods).

Figure 2. Brazil Margin 8"°C and B/Ca records spanning the LGM through late Holocene. A)
C. wuellerstorfi §"°C data for KNR159-5-78GGC, including the average value at each
stratigraphic level (thin blue line), a 3000-year running mean from 2 to 16 kyr BP, and a 1000-
year running mean from 16 to 25 kyr BP (thick black lines). A wider averaging window was
necessary from 2 to 16 kyr BP due to the lower sedimentation rates in the late deglaciation and
Holocene. Stable isotope and radiocarbon data are from Tessin and Lund (2013) with calibrated
dates as in Lund et al. (2015). B) Benthic B/Ca data for KNR159-5-78GGC (right y-axis),
including the average value at each stratigraphic level (thin blue line), running mean values as in
panel A, and + 1 SE uncertainties (shaded area). Carbonate ion concentrations (left y-axis) were
estimated using a core top calibration of 1.14 pmol/mol B/Ca per umol/kg [COs> ], with a
calibration uncertainty of 5 pumol/kg = 1o (Yu et al. 2016), shown as a the blue-grey error bar.
Note that data points in core 78GGC at 73 & 77 cm (red circles) come from a bioturbated section

of the core (see text for details). C and D) Benthic 8"°C and B/Ca data for KNR159-5-33GGC.
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The averaging window in C is a 4000-year running mean from 2 to 16 kyr BP and a 2000-year
running mean from 16 to 25 kyr BP. Red squares in panels B and D are estimates of modern
[CO5™] for the Brazil Margin sites. Vertical red bars are + 1o uncertainties. The vertical grey

bars in each panel mark the HS1 (14.5-17.5 kyr BP) and YD (12.9-11.6 kyr BP) intervals.

Figure 3. Atmospheric CO,, deep North Atlantic >*'Pa/**°Th and Brazil Margin carbonate ion
results. A) Atmospheric CO;record (Marcott et al., 2014) with updated WD2014 age scale (Sigl
et al., 2016). Note y-axis is reversed. B) Brazil Margin [COs>] records for cores 78GGC (blue
circles) and 33GGC (red circles) and a 3-point running mean of the combined 78 GGC and
33GGC records (black line). C) Sedimentary »*'Pa/**°Th data for OCE326-GGC5 (33°N, 4.5

km) including ***U based values (purple circles) and ***

Th based values (green circles). The solid
green bar and blue bar delineate the HS1 (14.5-17.5 kyr BP) and YD intervals (11.5-12.9 kyr
BP), respectively. The Pa/Th and [CO;>] results are consistent with a weakened AMOC during

HSI1, strengthening during the B-A, and then weakening during the YD.

Figure 4. Brazil Margin [COs>] (blue lines) and %CaCOj; records (orange lines). [CO5”] is
plotted as in Figure 2 and %CaCOs is plotted as a three-point running mean. A) [CO5”] and
%CaCOsrecords for KNR159-5-78GGC spanning 2 to 25 kyr BP. B) Zoomed in view of
panel A spanning 15 to 20 kyr BP. C) and D) same as panels A and B but for KNR159-5-
33GGC. The long-term trends in %CaCOjs reflect variable sedimentation rate at the Brazil
Margin due to input of hemipelagic clay (Tessin and Lund, 2013) while the narrower

windows highlight short-term changes that are more likely dependent on ZCO,.
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Figure 5. Simulated Atlantic Ocean alkalinity response due to a freshwater forcing induced
AMOC shutdown (Schmittner and Lund, 2015). A) Alkalinity for the preindustrial control run.
B) Alkalinity 2500 years after AMOC shutdown. C) The difference between the preindustrial

control and the shutdown state.

Figure 6. Brazil Margin and tropical North Atlantic B/Ca records spanning the LGM to late
Holocene. A) Benthic B/Ca data for KNR159-5-78 GGC (blue circles). B) Benthic B/Ca data for
VM28-122 (red circles). [COs>] decreased ~20 pumol/kg at 27°S compared to ~30 umol/kg at
12°N. The lower sedimentation rate for VM28-122 (7 cm/kyr during the deglaciation compared

to 35 cm/kyr for 78GGC) likely yields a relatively muted B/Ca signal in the North Atlantic.

Figure 7. Simulated response of 8"°C (left-hand column) and [COs>] (right-hand column) in the
Atlantic due to a freshwater forcing induced AMOC shutdown (Schmittner and Lund, 2015). A
and B) 5"°C and [CO;”7] for the Atlantic based on preindustrial initial conditions. Note that
NADW sits deeper in the water column than would be expected for the LGM given the boundary
conditions. C and D) 8"°C and [CO5%] 2500 years after AMOC shutdown. E and F) The §"°C
and [CO5>] anomalies (difference between post-AMOC shutdown and preindustrial values).
Both 8'°C and [CO5”] show largest decreases in the North Atlantic, with progressively smaller
anomalies moving southward. The black circles mark the location of Brazil Margin cores,
including the mid-depth sites in white, while the red circle marks the sill depth and latitude

associated with V28-122 (Yu et al., 2010).
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Figure 8. Simulated changes in A" Cpre and A8"Crem due to a freshwater forcing induced
shutdown of the AMOC (Schmittner and Lund, 2015). A) Zonally averaged AESBCPre for the
Atlantic basin. The approximate location of the mid-depth Brazil Margin cores are noted with
white circles. B) Zonally averaged A8’ Cyen for the Atlantic basin. C) Average A8"°C (black),
AESBCF,re (green), and A8"*Cren, (red) at 28°S, using vertical profiles from 30°W to 45°W. The
remineralized signal is approximately double the preformed signal at the depth of the Brazil
Margin cores. Note that the anomalies are calculated 1000 years after the AMOC collapse to
facilitate comparison to the HS1 8'°C anomalies, which were determined using the 16-17 kyr BP

time window.
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