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A B S T R A C T

Sedimentary redox proxies are usually employed to reconstruct the paleo-redox conditions of bottom water
environments, assuming that porewater and bottom water dissolved oxygen concentrations are similar. Using a
combination of geochemical and magnetic techniques, we investigate the relationship between iron speciation
and mineralogy in recent (~1760–2009 CE) sediments retrieved from the Santa Barbara Basin (SBB) – a modern
silled basin with low-oxygen (dissolved O2 < 10 μmol/kg) and sporadically anoxic (no O2 detected) bottom
waters. Magnetic analyses reveal that biogenic magnetite is preserved in SBB sulfidic porewaters on at least
decadal to centennial time scales. Highly-reactive Fe (oxyhydr)oxides remain preserved despite observed sulfidic
porewaters, indicating incomplete pyrite conversion, and producing low Fepy [pyrite Fe]/FeHR ratios. We at-
tribute this observation to restricted porewater reaction kinetics under high sedimentation rates. Our results also
reveal non-steady state diagenesis caused by instantaneous depositional events (e.g., turbidites and flood layers).
The most reducing water column suggested by Fe speciation coincided with the Macoma layer, where in situ
colonization of hypoxia-intolerant bivalve shells argues for the most oxygenated bottom water in the 250 year
record. A turbidite potentially introduced fresh unsulfidized FeHR that buffered upward-diffusing sulfide from
underlying sediments. Subsequent pyrite precipitation following re-establishment of sulfidic porewaters could
have facilitated a “false positive” interpretation. In comparison, redox-sensitive metal enrichments (MoEF, UEF,
and ReEF) were not obscured by post-depositional diagenesis and appear to accurately record redox geochemistry
at the sediment-water interface.

1. Introduction

Redox environments are central to both paleo- and modern ocea-
nographic studies due to their relationship with atmospheric and/or
oceanic oxygenation through geologic time. However, the limited
timespan (several decades) of dissolved oxygen (DO) instrumental re-
cords in the oceans is insufficient to identify the potential extremes or
full magnitude of DO change. To reconstruct past DO changes in the
ocean, numerous approaches have been applied, of which sedimentary
geochemical proxies (e.g., redox-sensitive metal enrichments, isotopes
and speciation) are the most widely used. Geochemistry of these proxies
depends directly on the ambient anoxic (no O2 detected)/euxinic (sul-
fide-rich anoxic) conditions under which they were generated and then
preserved. Iron speciation techniques in particular (Poulton and
Canfield, 2005) have been widely used on sedimentary rocks as a redox
proxy that can distinguish oxic, ferruginous (iron-rich anoxic water

column), and euxinic water columns on different time scales (Cheng
et al., 2016; Li et al., 2010; Li et al., 2015; Lyons et al., 2014; Lyons and
Severmann, 2006; Reinhard et al., 2009; Tessin et al., 2016).

Extensive calibration on modern surface marine sediments has
proven that Fe speciation can provide critical insights for identification
of anoxic water columns. Aside from anoxic and fully-oxygenated de-
positional environments, low-oxygen water columns (dissolved
O2 < 10 μmol/kg) represent another important scenario for oceanic Fe
cycling. These water column conditions are usually associated with
redox processes in bottom waters and porewaters (e.g., nitrate, Mn, Fe
oxyhydroxide, and sulfate reduction) and varied Fe mineral preserva-
tion in underlying sediments. Few investigations of Fe speciation exist
in highly oscillatory low-O2 water columns (Raiswell and Canfield,
1998; Scholz et al., 2014) with little attention given to understanding
how Fe mineralogy diagenetically shifts down-core under such condi-
tions. Iron mineralogy generated by overlying water columns may
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change in response to post-depositional diagenesis following shifts in
porewater redox environments and/or instantaneous depositional
events (e.g., flood layers and turbidites), which could obscure geo-
chemical interpretations of ambient redox environments. Finally, there
are few calibration studies of Fe speciation where independent miner-
alogy techniques were employed, all of which limits understanding of
Fe proxy behavior in reducing sediments.

To investigate responses of Fe proxies (speciation and mineralogy)
to ambient porewater redox conditions on centennial time scales down-
core, we examined a recent sedimentary record from Santa Barbara
Basin (SBB), California. New insights into the behavior of Fe diagenesis
in this continental borderland basin are provided by the prevailing low-
oxygen (O2 < 10 μmol/kg) and sporadically anoxic (no oxygen de-
tected) bottom water conditions. Iron speciation measurements were
made on a box core (SPR0901-04BC) to generate a high-resolution
down-core geochemical record spanning the last 250 years. Paired to
this record, rapid and non-destructive magnetic techniques were em-
ployed to identify specific Fe-bearing minerals and to investigate the
response of these minerals to ambient porewater redox environments
(Liu et al., 2012), thus providing independent Fe mineralogy to validate
Fe speciation interpretations. Finally, using redox-sensitive metals (Re,
U, Mo) as independent paleo-redox indicators, we compare different
approaches to reconstructing DO change in SBB since ~1760 CE. To-
gether, this multi-proxy approach allows us to revisit interpretations of
Fe speciation and mineralogy results that have implications for re-
constructing past oxygenation of ocean water columns.

2. Background

2.1. Site description

Located in the Southern California Bight, the Santa Barbara Basin is
a near-shore silled basin with a maximum depth of ~590m, and a sill
depth of 475m to the west and 230m to the east (Fig. 1). Low-oxygen
(dissolved O2 < 10 μmol/kg) subsurface water entering the basin be-
comes bathymetrically isolated and further depleted by the oxidant
demand of high regional primary productivity. Together, these features
lead to a low-oxygen water column below 550m water depth. Pre-
vailing low-oxygen conditions with sporadic anoxia in SBB bottom
waters contributes to intensive oxidant substitution near the sediment-
water interface (SWI) and the subsequent preservation of laminated
sediments (Schimmelmann et al., 1990; Soutar and Crill, 1977). The
penetration depth of bottom water oxygen is typically< 1 cm below
the SWI in SBB, and a rapid succession of electron acceptors (from
NO3

− to Mn(IV), Fe(III), and SO4
2−) occurs within the upper 5 cm of

the sediment (Kuwabara et al., 1999; Reimers et al., 1990; Reimers
et al., 1996). Sharp shifts of geochemical gradients in SBB sediments
facilitate numerous biogeochemical processes (e.g., denitrification,
microbe-mediated iron, manganese, and sulfate reduction), which in
turn control redox-sensitive element geochemistry. Biogenic methane –
the product of methanogenesis – starts to accumulate in the sulfate
methane transition zone (SMTZ) at ~100–150 cm in SBB (Harrison
et al., 2009; Komada et al., 2016). Both anoxic oxidation of methane
(AOM) and sulfate reduction for anaerobic organic carbon degradation
occur within the SMTZ, resulting in continued production of free sulfide
(Berelson et al., 2005; Harrison et al., 2009). These low-oxygen yet
highly variable bottom water redox environments make SBB an ideal
location for examining high-resolution responses of sedimentary redox
proxies (iron speciation and redox-sensitive trace metals) to water
column DO changes. Typical box core lengths (62 cm for SPR0901-
04BC) are insufficient to penetrate to the SMTZ (~100–150 cm depth),
and thus diagenetic impacts of additional sulfide production by AOM in
SMTZ could not be evaluated.

2.2. Paleo-redox proxies

2.2.1. Iron mineralogy
Preservation of Fe-bearing minerals and their responses to sedi-

mentary diagenesis provide valuable information about redox condi-
tions in their ambient environments. In oxic conditions, Fe (oxyhydr)
oxides are frequently found in sediments including amorphous ferri-
hydrite, lepidocrocite (γ-FeOOH), crystalline and nanoparticulate goe-
thite (α-FeOOH) (Poulton and Raiswell, 2005; van der Zee et al., 2003),
hematite (α-Fe2O3), maghemite (γ-Fe2O3), and magnetite (Fe3O4)
(Berner, 1981; Schwertmann, 2008). When free sulfide is present in
porewaters or the water column, these minerals can be reductively
dissolved and progressively converted to Fe sulfides including mack-
inawite (FeS), greigite (Fe3S4), and pyrite (FeS2), although reactivity
toward H2S varies among different minerals (Poulton et al., 2004;
Raiswell and Canfield, 2012; Roberts, 2015). In addition, excessive
reactive Fe can be trapped by Fe carbonate (FeCO3, siderite) in strongly
reducing conditions, notably in methanic environments where H2S is
absent (Berner, 1981; Roberts, 2015). Porewaters need to be super-
saturated in HCO3

– to form siderite (e.g., during methane oxidation in
the presence of Fe(II)); however, these conditions are difficult to
achieve in marine environments where sulfate concentrations are fre-
quently high.

2.2.2. Iron speciation
Iron speciation is commonly employed in DO reconstructions

SPR0901-04BCSPR0901-04BC

Fig. 1. Map of the Santa Barbara Basin, California.
The red star denotes the location of the SPR0901-
04BC core site and river catchments are outlined in
black: Santa Clara River (SCR), Ventura River (VR),
Santa Ynez Mountain (SYM), and Channel Islands.
Main stems of selected rivers are indicated by thick
blue lines. (For interpretation of the references to
colour in this figure legend, the reader is referred to
the web version of this article.)
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because Fe reduction/oxidation is closely associated with redox po-
tential. This technique extracts four groups of iron minerals (Fe car-
bonate, Fe oxyhydroxides, magnetite, and pyrite) to target three para-
meters — FeT [total Fe]/Al, FeHR [highly-reactive Fe]/FeT, and Fepy
[pyrite Fe]/FeHR —which can be used to distinguish between oxic,
ferruginous, and euxinic conditions (Clarkson et al., 2014; Lyons and
Severmann, 2006; Poulton and Canfield, 2011; Poulton and Raiswell,
2005). Carbonate-bearing Fe and Fe (oxyhydr)oxides are commonly
considered to be highly reactive because these forms of Fe readily react
with HS− in early diagenetic stages. When combined with pyrite iron
(Fepy), carbonate-bearing Fe, and Fe (oxyhydr)oxides are collectively
defined as the highly-reactive iron pool (FeHR) (März et al., 2008a;
Poulton and Raiswell, 2005; Raiswell and Canfield, 2012). FeHR/FeT
and FeT/Al proxies measure authigenic Fe enrichment relative to li-
thogenic input and are used as anoxia indicators to distinguish oxic
from anoxic water columns (Clarkson et al., 2014; Lyons and
Severmann, 2006; Raiswell and Canfield, 1998). Calibration studies on
modern sediments indicate a threshold of FeHR/FeT > 0.38 for anoxic
water columns (Poulton and Canfield, 2011; Raiswell and Canfield,
1998), while a lower FeHR/FeT threshold value of 0.22 has been sug-
gested following calibration studies on Phanerozoic rocks (Poulton and
Raiswell, 2002). In this study we use the modern anoxic water column
calibration (FeHR/FeT= 0.38) due to the centennial timescale of our
record. FeT/Al requires a baseline value to assess enrichments, and oxic
Phanerozoic shale values (0.53 ± 0.11) are commonly applied to in-
dicate anoxic environments (Clarkson et al., 2014; Lyons and
Severmann, 2006; Poulton and Raiswell, 2005). Nevertheless, local li-
thogenic background values of FeT/Al should be used when location-
specific anoxic thresholds are available (Clarkson et al., 2014; Lyons
and Severmann, 2006), and thus a local anoxia threshold FeT/Al= 0.54
is used. This threshold is based on geochemical analysis of silt sized
(grain size < 63 μm) SBB river sediments adjusted for catchment
contribution to SBB (Wang et al., 2017). Fepy/FeHR measures the extent
to which highly-reactive iron is sulfidized to pyrite. Under anoxic re-
gimes (FeHR/FeT > 0.38), Fepy/FeHR can differentiate euxinic (Fepy/
FeHR > 0.7–0.8, free sulfide present) from ferruginous (Fepy/
FeHR < 0.7, anoxic with free Fe(II) present) water columns (Clarkson
et al., 2014; Li et al., 2015; März et al., 2008b; Poulton and Canfield,
2011; Poulton et al., 2015). When FeHR/FeT < 0.38, high Fepy/FeHR
values (> 0.8) have also been used to indicate oxic water columns with
porewater sulfide accumulation in organic carbon-rich sediments (e.g.,
the Friends of Anoxic Mud site (FOAM), Canfield et al. (1992); Hardisty
et al. (2018); Raiswell and Canfield (1998); Raiswell et al. (2018)).

2.2.3. Trace metal enrichments
Independent of Fe proxies, redox-sensitive metals - notably Mn, Re,

U, and Mo - can be used to reconstruct redox conditions, because their
geochemical behavior differs as DO conditions change. In the presence
of oxygen, Mn exists as insoluble Mn(IV) oxides and is readily sca-
venged into sediments; whereas in reducing environments, Mn (oxy-
hydr)oxides are subject to reductive dissolution to form Mn(III)-L (so-
luble Mn(III) complexed by inorganic or organic ligands) in low-oxygen
porewaters (Madison et al., 2013) and to Mn(II) which can diffuse out
of sediments as porewaters become more reducing. Thus, sedimentary
Mn enrichment is frequently used to support an oxygenated water
column (Calvert and Pedersen, 2007). Used jointly, multiple redox-
sensitive elements (proxy suites) can improve interpretations of redox
conditions. For example, free Mn(II) can also precipitate as MnCO3

and/or co-precipitate with authigenic calcite in reducing porewaters
with high alkalinity (Calvert and Pedersen, 1996; Mucci, 2004) to
provide a false positive for oxic conditions, and thus Mn should be
evaluated simultaneously with other redox-sensitive elements. Both Re
and U have low detrital flux and behave conservatively in oxygenated
waters (existing as ReO4

− and UO2(CO3)22−, respectively), and there-
fore are frequently used as tracers of low-DO conditions (Crusius and
Thomson, 2000; Hendy and Pedersen, 2005; McManus et al., 2005;

Morford and Emerson, 1999). In low-oxygen waters, Re and U have
similar redox potentials and tend to be significantly enriched compared
to crustal values as reduction produces Re(IV) oxides/sulfides and U(IV)
precipitates (Calvert and Pedersen, 2007; Crusius et al., 1996; McManus
et al., 2006; Tribovillard et al., 2006). Additionally, Re preservation in
sediments may be associated with thiolation of ReO4

− to particle-re-
active ReOnS4-n− and/or co-precipitation with the Fe-Mo-S phase in
sulfidic waters. However, free sulfide levels in most euxinic water col-
umns are usually insufficient to support thiolated ReO4

− as major
species (Helz and Dolor, 2012; Vorlicek et al., 2015).

Molybdenum primarily behaves conservatively in oxygenated water
columns in the form of molybdate (MoO4

2−) despite co-precipitation
with Mn (oxyhydr)oxides (Scott et al., 2008; Tribovillard et al., 2006).
In contrast to Re and U, however, Mo precipitation requires the pre-
sence of free sulfide (Crusius et al., 1996; Zheng et al., 2000). A key step
in converting unreactive molybdate to authigenic Mo is the progressive
formation of a thiomolybdate series (MoOxS4−x

2−, x= 0–4) in the
presence of free sulfide (Erickson and Helz, 2000; Helz et al., 1996;
Tribovillard et al., 2006; Vorlicek et al., 2004), which are highly par-
ticle-reactive and readily scavenged into sediments. The subsequent
removal/sequestration is thought to be associated with Fe-Mo-S cluster
formation (Helz et al., 2011) and/or absorption onto sulfide-rich or-
ganic matter (Helz et al., 1996). Since the rate of Mo scavenging in
sulfidic environments is significantly faster than in oxic ones, Mo en-
richment is interpreted as an indicator of euxinic environments pro-
vided that coeval U enrichments are observed (Calvert and Pedersen,
2007; McKay et al., 2007; Scott et al., 2008; Tribovillard et al., 2006).

3. Methods

Box core SPR0901-04BC (34° 16.895′ N, 120° 02.489′ W, 588m
water depth) was collected in SBB in January 2009. The core contains
an olive layer deposited by a turbidite associated with the 1812 Santa
Barbara earthquake at a depth of 43–49 cm below the core top (cmbct)
and two gray layers associated with flood events (a 0.7-cm-thick layer
dated to 1861–62 CE at 38 cmbct and a 1.5-cm-thick layer dated to
1761 at 59 cmbct; Hendy et al. (2015)). SPR0901-04BC was stored at
4 °C until core splitting took place in January 2010. Porewater loss was
observed in the cold room but visual inspections upon core splitting
confirmed that the core interior had maintained its original appearance
with dark sulfide-rich laminations. The split cores were encased in
multiple layers of plastic wrap to minimize evaporation during storage
at 4 °C. In 2013, the core was sampled at continuous 1-cm intervals
(capturing ~2–7 years per sample) to obtain 62 bulk sediment samples.
Discrete samples were immediately frozen to avoid oxidation and were
then freeze-dried. Dried samples were ground to<75 μm for geo-
chemical and magnetic analyses.

3.1. Magnetic measurements

Magnetic measurements on discrete freeze-dried samples were
conducted at the Institute for Rock Magnetism, University of Minnesota.
Magnetic measurements are summarized here. Detailed procedures are
given in Supplementary Materials. To quantify concentrations of mag-
netic minerals in bulk sediments, low-field mass magnetic susceptibility
(χ) was determined at 1-cm intervals using an AGICO Kappabridge
MFK1 susceptometer at room temperature, followed by measurements
of anhysteretic remanent magnetization (ARM) and saturation iso-
thermal remanent magnetization (SIRM, after application of a 1 T direct
current field) on a 2G Enterprises superconducting quantum inter-
ference device (SQUID) passthrough magnetometer located in a mag-
netically shielded laboratory. ARMs were imparted using a 0.1 mT DC
bias field and a 100 mT alternating field (AF).

Magnetic hysteresis properties were measured to produce first-order
reversal curve (FORC) diagrams to illustrate the magnetic domain state
of magnetic minerals and to allow further insights into Fe mineralogy.
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Hysteresis loops were measured on a Princeton Measurements
Corporation MicroMag vibrating sample magnetometer (VSM) at room
temperature with a maximum field of 1 T. Saturation magnetization
(Ms), saturation remanence (Mrs), coercive force (Bc), and coercivity of
remanence (Bcr) were determined from hysteresis loops (after a para-
magnetic slope correction following Jackson and Solheid (2010)) and
back-field remanence curves. ‘Hard’ isothermal remanent magnetiza-
tion (HIRM, (SIRM+ IRM-300)/2) and S-ratio (S-300=−IRM-300mT/
SIRM) were obtained from hysteresis measurements. The L-ratio was
then calculated following Liu et al. (2007) as HIRM /
[0.5× (SIRM+ IRM-100mT)], which is used to demonstrate relative
contributions from hard (saturation field > 300 mT) with respect to
intermediate-coercivity (saturation field between 100 mT and 300 mT)
magnetic minerals. Additionally, first-order reversal curve (FORC)
diagrams (Pike et al., 1999; Roberts et al., 2014; Roberts et al., 2000)
were determined for selected samples on the VSM with an averaging
time of 1–1.5 s and a saturating field of 0.7 T. On average, 170–200
individual FORCs were acquired for each sample. FORC diagrams were
calculated and optimized using the variable smoothing approach
(VARIFORC) (Egli, 2013) in the FORCinel package 3.0.3 (Harrison and
Feinberg, 2008).

Temperature-dependent magnetic properties were also measured on
selected samples to identify magnetic minerals with characteristic low-
temperature transitions. Low-temperature measurements were under-
taken using a Quantum Design Magnetic Properties Measurement
System (MPMS-5S). For zero-field-cooled (ZFC) and field-cooled (FC)
remanence curves, samples were cooled to 10 K either in the absence of
a magnetic field (ZFC) or in the presence of a 2.5 T field (FC). For FC
measurements, the 2.5 T field was then switched off and the magnetic
remanence was measured upon warming back to room (300 K) tem-
perature in 5 K intervals. For ZFC, a low-temperature SIRM (LTSIRM)
was imparted at 10 K, and remanence was measured every 5 K during
warming. For low temperature cycling (LTC) remanence curves, a room
temperature SIRM (RTSIRM) was first imparted on the sample, then the
remanence was measured at 5 K steps during cooling (from room
temperature to 10 K) and warming back to 300 K in a zero field. High-
temperature measurements were performed on a Kappabridge sus-
ceptometer. For each sample run, ~200–300mg of sample was
weighed, heated from room temperature to 700 °C in air, and cooled to
room temperature while measuring χ in 3 °C steps.

3.2. Iron speciation

The iron speciation method used has been adapted from the se-
quential Fe extraction protocol of Poulton and Canfield (2005) and
chromium reducible sulfide extraction (CRS) following Canfield et al.
(1986). Sequential Fe extraction was performed on 150–200mg of the
bulk sediment sample, and a further ~300mg of the sample was used to
trap chromium reducible sulfides. This procedure operationally defines
four Fe pools as listed in Table 1. Each step in the sequential Fe ex-
traction (the first three steps) was followed by centrifugation on a
Thermo Scientific Sorvall Legend XT system (with the Thermo Scientific
TX-750 rotor) at 3500 rpm (2684×g) for 5min before proceeding to
the next treatment. Iron extracted in sequential Fe extraction was

determined on a Perkin Elmer Optima 2100 DV inductively-coupled
plasma optical-emission spectrometer (ICP-OES) at Indiana State Uni-
versity. Prior to analyzing the samples, optics were peaked using a
1 ppm Mn solution. Fe concentrations were determined following a
standard 4-point calibration curve from a Perkin Elmer stock standard
solution. Analytical precision was evaluated by comparison with re-
plicate samples, which all agreed within 10%. Analytical accuracy was
determined by incorporating known samples into the analysis and
knowns agreed within 2%. The analytical detection limit for Fe was
0.06 ppm.

Operationally CRS measures ZnS precipitated from chromium re-
ducible sulfide, which extracts all inorganic sulfur, including acid-vo-
latile sulfur (AVS, e.g., mackinawite, pyrrhotite, and greigite), ele-
mental sulfur (S0), and pyrite. AVS extraction was not attempted
because only freeze-dried samples were available, and thus AVS oxi-
dation/loss during freeze-drying could not be excluded. CRS, as an al-
ternative, measures all inorganic sulfur species and it is unaffected by
potential Fe sulfide oxidation. Replicates on selected samples (15% of
total samples) agree within ~6%. Previous work has shown that AVS is
oxidized to a phase (e.g., elemental sulfur) that can still be extracted by
CRS (Canfield et al., 1986; Lyons and Severmann, 2006; Raiswell and
Canfield, 1998). In observational data, pyrite-bound sulfur always
dominates inorganic sulfur in SBB with minor AVS (AVS-S/pyrite-S
values of 0.06–0.12, Kaplan et al. (1963); Rickard and Morse (2005))
and negligible elemental sulfur contributions (< 2% of the total sulfur,
Kaplan et al. (1963)), and thus the stoichiometrically determined
pyrite-associated iron (Fepy) from CRS provides the maximum pyrite
abundance in the core with likely significant overestimation near the
core top (Canfield et al., 1986). Highly-reactive Fe (FeHR) is thus de-
fined as Feace+ Fedith+ Feox+ Fepy, which corresponds to Fe carbo-
nate, Fe (oxyhydr)oxides, and pyrite. Total Fe (FeT) in bulk sediment
was determined by ICP-MS and ICP-OES at ALS Laboratories in Van-
couver, British Columbia (Hendy et al., 2015). Samples were digested
with a hydrofluoric, nitric, perchloric, and hydrochloric cocktail. Lab
standard (GBM908-10 and MRGeo08) replicates were used to verify
elemental concentrations, and agreed within 2%. Unreactive silicate
bound Fe (FeUR) is only reactive on 106-year or longer time scales and is
determined from FeT-FeHR. Although the CRS protocol also extracts
sulfur bound to other trace metals, this additional contribution should
be negligible due to relatively low concentrations of those metals (März
et al., 2008a). Possible core oxidation will not affect FeHR and FeT
measurements as oxidized Fe sulfides can be extracted as Fedith
(Raiswell and Canfield, 1998).

To assess the extent of core oxidation after collection, Fedith in this
study is compared to Raven et al. (2016), where dithionite extraction
was performed on SBB sediments stored under nitrogen (Table S2).
Near the core top (above 23.5 cm), the two datasets agree within 10%.
Higher Fedith values observed down-core (below 23.5 cm) in 04BC, re-
lative to Raven et al. (2016), might result from pyrite oxidation.
However, as CRS measures inorganic sulfur dominated by pyrite, the
down-core Fepy record should not be significantly altered. Additionally,
possible Fe (oxyhydr)oxide inputs by instantaneous depositional events,
inter-core variability, and seasonal changes in bottom water and
porewater environments cannot be excluded and may have led to

Table 1
Iron speciation procedure and intended target phases.

Extraction procedure Intended extracted Fe phases

10mL 1M sodium acetate solution (pH 4.5; buffered with acetic acid; shake for 24 h) Feace: Fe bound with carbonate
10mL 50 g L−1 sodium dithionite solution (pH 4.8; buffered with 0.35M acetic acid and 0.2 M sodium

citrate; shake for 2 h)
Fedith: Fe (oxyhydr)oxides, (e.g., ferrihydrite, lepidocrocite, goethite,
and hematite)

10mL 0.2 M ammonium oxalate, and 0.17M oxalic acid solution (pH 3.2, buffered with ammonium
hydroxide, shake for 6 h)

Feox: magnetite

40mL 1M CrCl2 solution acidified to 0.5M HCl (boiling for 2 h; bubbled with N2, H2S precipitated in
zinc acetate trap)

Fepy: assume that all chromium reducible sulfur is bound as pyrite
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higher Fedith values in this study.

4. Results

4.1. Magnetic measurements

Magnetic properties used for Fe mineral identification are sum-
marized in Table 2. High-temperature magnetic susceptibilities suggest
that Fe sulfide is present (e.g., pyrite) throughout the core (Fig. S3)
(Passier et al., 2001), but neither siderite nor pyrrhotite are present in
significant concentrations based on results from ZFC and FC remanence
curves (Fig. S1). Low-temperature cycling of a RTSIRM also indicates
the presence of magnetite, maghemite, and a small amount of goethite,
as do the FC-ZFC curves (Supplementary material, Figs. S1 and S2).
Based on down-core changes in magnetic mineralogy and magnetic
mineral concentrations, the core has been subdivided into three distinct
zones defined by a gradual decrease of stable magnetic minerals,
coercivity (concentration-independent) shifts, and magnetic grain size
changes (Supplementary material).

In Zone 1 (0–35 cm below core top, cmbct), samples contain rela-
tively high concentrations of stable ferrimagnetic minerals (Fig. 2).
Notably, there is a significant contribution from single domain/vortex
state (SD/vortex) mixtures of maghemite (formed by magnetite oxida-
tion) in addition to biogenic and inorganic magnetite (Figs. 3, S1, and
S3) (Roberts et al., 2017; Roberts et al., 2018). Interactive SD behavior
in Zone 1 (e.g., 15–16 cm) could be attributed to collapse of biogenic
magnetite chains (Harrison and Lascu, 2014). A trend toward coarser-
grained ferrimagnetic Fe oxides with depth in Zone 1 is also indicated
by the increased distribution along the Bu axis in the FORC diagrams
(Fig. 3).

In Zone 2 (Fig. 2, 35–56 cmbct), samples undergo a major transition
toward significantly lower magnetic mineral concentrations and a
coarser magnetic grain size distribution (Fig. S1). The dominant SD/
vortex state mineral assemblages found in the core top are gradually
replaced by vortex state/multi-domain (vortex/MD) magnetic minerals
(Fig. 3) with an additional relatively higher contribution from high-
coercivity minerals (e.g., hematite, Fig. 2h). Low-temperature mea-
surements also reveal increased coarse detrital magnetite concentra-
tions in sediments from the two instantaneous depositional events (Fig.
S1, the olive turbidite layer associated with the 1812 Santa Barbara
earthquake, and the 1861–62 gray layer associated with a flood deposit,
Hendy et al. (2015)).

Samples in Zone 3 (Fig. 2, 56–61 cmbct) have the lowest con-
centrations of magnetic minerals, yet the highest contribution of high-
coercivity Fe oxides like hematite (Fig. 4). Similar to other in-
stantaneous sediment depositional events in Zone 2, the 1.5-cm-thick
gray layer associated with the 1761 flood (Hendy et al., 2015) exhibits
coarser magnetic grain sizes and an abrupt but small increase in high-
coercivity minerals (Figs. 2 and 4). Nevertheless, the slope (95% con-
fidence level) of the L-ratio regression line in Zone 3 is significantly
higher than in Zone 2, indicating deposition of a ‘harder’ (higher-
coercivity) mineral assemblage in the Zone 3 flood layer (1761 CE)
relative to the turbidite (Fig. 4). Additionally, a reversal trend to lower
Bcr/Bc values is observed in Zone 3. Similar trends have been reported
in reducing diagenetic environments, including the northern California
and Oman margins (Roberts, 2015; Rowan et al., 2009), where the
reversal is associated with growth of SP greigite into the stable SD
particles. Although SP greigite formation could occur, there is little
evidence for a significant SD greigite contribution in Zone 3 as S-ratio
and ARM/SIRM do not increase down-core (except the last data point,
Fig. 2h and f), which would occur if ‘soft’ ferrimagnetic minerals have
increased contributions (see Supplementary Materials). Complete de-
scriptions of the magnetic measurements are provided in Supplemen-
tary Materials.
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4.2. Geochemical Fe speciation

Carbonate-bound Fe isolated by acetate-extracted Fe (Feace) varies
from 0.02 to 0.20 wt%, with the highest value occurring at the top of
the core (Fig. 5a). Below 2 cm, Feace sharply decreases and then oscil-
lates within the range of ~0.04–0.15 wt%. Minima occur in all three
instantaneous sediment deposition events. A major decrease is observed
below the gray layer at 38 cm, while the lowest value occurs within the
olive layer (Fig. 5a). Below this layer, Feace returns to values similar to
Zone 1 samples, but declines again at 54 cm in association with the gray
layer at 59–60 cm. Relative to Feace, Fe (oxyhydr)oxides extracted by
dithionite (Fedith) are more significant contributors to the reactive iron
pool (FeHR). Although concentrations are more variable (0.10–0.87 wt
% range), dithionite-extracted Fe typically accounts for ~30–60% of
reactive iron (Table S2). Fedith undergoes a gradual yet highly variable
decline from 0.66 to 0.31 wt% through Zones 2 and 3 (Fig. 5b). Con-
centrations of oxalate-extracted Fe (Feox, likely associated with mag-
netite) are comparable to Feace and range between 0.01 and 0.20 wt%
with no significant trend down-core (Fig. 5c).

Chromium reducible sulfur is used to represent Fe bound in pyrite
(Fepy) due to pyrite dominance. Fepy generally follows the opposite
trend to Feace (correlation coefficient r=−0.4531, p= 0.0004), with

the lowest values occurring at the core top (0.05 wt%) and a local
maximum at 10 cm (Fig. 5d). Below 13 cm, Fepy returns to
~0.10–0.30 wt% in Zone 1 but increases again in Zone 2, reaching a
maximum value of 1.00 wt% above the olive layer (43 cm). In contrast
to Feace, local Fepy maxima occur within both gray and olive layers.
Unreactive iron (FeUR) is consistently dominant with a>50% con-
tribution to the total Fe throughout the core (Fig. 5e), and local maxima
are shown in both gray layers. The olive layer, however, has two local
minimum FeUR values at its top and bottom (2.12 and 1.93 wt%, re-
spectively) but FeUR values (~2.6 wt%) remain consistent with back-
ground values within this layer (Fig. 5e).

An indicator of Fe enrichment – FeT/Al – suggests sustained elevated
Fe preservation with respect to the local lithogenic background of 0.54
(Wang et al., 2017) with a range of 0.50–0.68 (Fig. 5f). The uppermost
2 cm has the highest FeT/Al ratio, below which FeT/Al varies around
0.6. There is no consistent trend down-core but declines are observed in
instantaneous depositional events (gray and olive layers), notably a
sharp decrease at the bottom of the olive layer where FeT/Al reaches its
minimum value of 0.50. Although Fe enrichment is observed
throughout the core, FeHR/FeT values are usually below the proposed
anoxic threshold of 0.38 (Anderson and Raiswell, 2004; Canfield et al.,
2007; Poulton and Canfield, 2011). Exceptions occur at 10 cm, 43 cm

Fig. 2. Down-core comparison of magnetic parameters for SPR0901-04BC from the Santa Barbara Basin. (a) Magnetic susceptibility χ; (b) anhysteretic remanent
magnetization (ARM); (c) saturation isothermal remanent magnetization (SIRM); (d) ARM40 (ARM after demagnetization at 40 mT)/ARM; (e) SIRM/χ; (f) ARM/
SIRM; (g) hard isothermal remanent magnetization (HIRM); (h) S300. Zonation (dashed lines) based on changes in magnetic mineral concentrations and con-
centration-independent properties is as follows: Zone 1 (0–35 cmbct), Zone 2 (35–56 cmbct), and Zone 3 (56–61 cmbct). Gray and olive layers are shaded in gray and
dark green, respectively. Arrows indicate higher concentrations of magnetic minerals (a–c), larger magnetic grain sizes (d–f), higher concentrations of hard magnetic
materials (g) or higher contributions from magnetically hard minerals (h). Susceptibility χ, ARM, SIRM, and SIRM/χ are plotted on logarithmic scales. (For
interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article.)
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(top of the olive layer), and 55 cm, with the highest value (0.44) cor-
responding to the maximum Fepy value at 43 cm (Fig. 5g). Local
maxima are observed at the base of all three instantaneous depositional
events and at the top of the turbidite. Finally, the proposed euxinic
indicator (Fepy/FeHR) ranges from 0.05 to 0.68, with the lowest values
at the core top (0–10 cm) and the highest at the top of the olive layer
(Fig. 5h). Again, discrete Fepy maxima occur within the gray layers
(Fig. 5d). The depositional redox environments according to the Fe
proxies are summarized in a cross plot of FeHR/FeT and Fepy/FeHR
(Fig. 6). Most data fall within the oxic regime with the notable excep-
tion of three samples at 10, 43, and 55 cm, of which the 43-cm sample
corresponds to the top of the olive layer. No systematic shifts between
zones defined by magnetic parameters are observed in the cross plot.

5. Discussion

5.1. Iron mineral identification from magnetic measurements

As magnetic measurements target specific Fe-bearing minerals, ad-
ditional down-core mineralogical information can be used to constrain
and inform geochemical Fe speciation results (summarized in Fig. 7).
Both magnetic and Fe speciation measurements indicate that Fe oxides
remain present throughout the core, yet magnetic measurements
identify specific Fe-bearing mineral sources (e.g., maghemite and bio-
genic magnetite) that are not specifically targeted and/or addressed by
Fe speciation techniques. Dithionite-extractable iron (Fedith) in se-
quential Fe extraction is often interpreted as the hematite and goethite
contribution to the Fe mineral pool (Poulton and Raiswell, 2005; Tessin
et al., 2016). In SBB sediments, magnetic measurements indicate only a
minor contribution from hematite and goethite (especially in Zone 1,
Supplementary material), consistent with previous southern California
Borderland basin studies (Leslie et al., 1990).

Bc (mT)

central ridge
interacting SD

vortex-state

MD

SP

SD

Fig. 3. Day plot (Day et al. (1977)) and FORC distributions for selected samples from SPR0901-04BC. Samples from the three magnetic mineral zones are represented
by purple circles (Zone 1: 0–35 cmbct), red squares (Zone 2: 35–56 cmbct), and green triangles (Zone 3: 56–61 cmbct), respectively. The Day plot is used to evaluate
the down-core variation of hysteresis parameters. Theoretical SD-MD and SD-SP mixing lines for (titano-)magnetite are modified from Dunlop (2002) and are plotted
for reference only. Selected FORC diagrams in each zone are shown surrounding the Day plot to further demonstrate mineralogy shifts down-core. A sample FORC
distribution is shown on the top left to demonstrate typical patterns for different domain sizes following Roberts et al. (2014). Depths and VARIFORC parameters
(Sc0, Sc1, Sb0, and Sb1) used are indicated on each FORC distribution following Egli (2013), and black dashed lines indicate 95% confidence envelope of the data.
(For interpretation of the references to colour in this figure legend, the reader is referred to the web version of this article.)
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Given that Fedith remains a significant contributor to FeHR
(~30–60%, Table S2 and Fig. 5b), minerals other than hematite or
goethite have likely been extracted as Fedith during sequential digestion.
Hump-shaped RTSIRM curves and the shape of high-temperature χ
curves suggest a significant contribution from maghemite (γ-Fe2O3)
formed by magnetite oxidation (Figs. S1 and S3) (Chang et al., 2013;
Özdemir and Dunlop, 2010). It is possible that Fedith reflects the pre-
sence of maghemite resulting from magnetite oxidation as the core was
exposed to O2 in storage, especially near the core top where magnetite
oxidation is more significant (Supplementary Materials, Fig. S2).
However, Fedith values in 04BC are similar to a nearby multicore that
was stored under N2 (Raven et al., 2016), which argues against ma-
ghemite formation from core oxidation (Table S1). Instead, the sig-
nificant contribution of maghemite with minor contributions from
goethite and hematite in Fedith is likely sourced from detrital lithogenic
sediments. With the same chemical formula as hematite (α-Fe2O3) but a
different crystal structure, maghemite preservation has likely been
overlooked in sulfidic marine environments.

Both FC and ZFC remanence curves contain a double-peak Verwey
transition (Tv) feature (at ~100 °C and 120 °C), indicating the possible
existence of biogenic magnetite near the core top (Fig. S1, Zone 1)
(Chang et al., 2016a). Transmission electron microscope (TEM) ob-
servations confirm the presence of intact cuboidal or prismatic single
domain (SD) biogenic magnetite crystal chains in surficial SBB sedi-
ments (Chang and Kirschvink, 1989; Stolz et al., 1986). These ob-
servations are consistent with the ‘central ridge’ feature in FORC dia-
grams for the samples near the SWI (e.g., Egli et al. (2010); Roberts
et al. (2012), Fig. 3), further corroborating the presence of biogenic
magnetite in Zone 1 of the SBB sediments (Fig. S1). Similar patterns in
FC and ZFC derivatives have been reported in north Arabian Sea oxygen
minimum zone sediments (Chang et al., 2016a; Chang et al., 2016b)
associated with sulfidic porewater environments similar to SBB.

Fig. 4. Cross-plot of magnetic parameters, L-ratios, and HIRM for core
SPR0901-04BC. Samples from the three magnetic mineral zones are denoted by
purple circles (Zone 1: 0–35 cmbct), red squares (Zone 2: 35–56 cmbct), and
green triangles (Zone 3: 56–61 cmbct), respectively. The light purple and red
shaded rectangles represent subsets of data for which L-ratios and HIRM are not
correlated in Zone 1 and Zone 2, respectively. The dark and light gray shaded
eclipses indicate subsets of data whose L-ratios and HIRM are correlated in Zone
2 and Zone 3. The gray dashed line and solid line represent the linear regression
lines for data included by shaded eclipses for the Zone 2 (41–56 cm, including
an olive turbidite layer at 43–49 cm) and Zone 3 (56–61 cm, including a gray
flood layer at 59–60 cm), respectively. R2 and p-values with depths for each
zone are shown beside the regression lines. Correlations between L-ratios and
HIRM indicate variable hematite coercivity and the possibility of hematite
source shifts in the sediment record. (For interpretation of the references to
colour in this figure legend, the reader is referred to the web version of this
article.)

Fig. 5. Down-core comparison of iron spe-
ciation profiles in SPR09091-04BC. (a)
acetate extracted iron (Feace); (b) dithionite
extracted iron (Fedith); (c) oxalate extracted
iron (Feox); (d) chromium-reducible sulfur
bound iron (Fepy when assumed to be in
pyrite form with stoichiometry of
Fe:S= 1:2); (e) unreactive iron (presumed
to be silicate bound iron); (f) FeT (total
iron)/Al, and the vertical dashed line shows
the crustal value of 0.54; (g) FeHR (highly-
reactive iron)/FeT, and the vertical dashed
line denotes the anoxic threshold of 0.38;
(h) Fepy/FeHR. The dashed line denotes the
high-FeS2 (pyrite) scenario, where all
magnetite is assumed to form from pyrite
oxidation to demonstrate possible core
oxidation effects. Zonation (dashed lines)
based on changes in magnetic mineral
concentrations and concentration-in-
dependent properties is as follows: Zone 1
(0–35 cmbct), Zone 2 (35–56 cmbct), and
Zone 3 (56–61 cmbct). Gray bars represent
gray layers (1761 CE and 1861–1862 CE) in
the core while the turbidite layer
(1812–1842 CE) is shaded in dark green.
(For interpretation of the references to
colour in this figure legend, the reader is
referred to the web version of this article.)
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Together, these observations indicate that biogenic magnetite pre-
servation in low-oxygen (suboxic) sedimentary environments might be
more common than predicted by abiotically-controlled geochemistry in
reducing environments, on the decadal to centennial timescale of re-
cent/modern sediments. However, fine-grained biogenic magnetite re-
mains unstable in sulfidic porewater environments (e.g., the lack of
double-peak Tv in Zone 2 and 3), and should be dissolved completely as
diagenesis continues (e.g., additional sulfide production in SMTZ via
AOM and anaerobic organic carbon degradation) over longer time
scales (Roberts, 2015). Further study of Fe minerals over millennial-
and longer time scales is needed, however, to support biogenic mag-
netite preservation under sulfidic porewater conditions in the geologic
record.

Biogenic magnetite production has been attributed to either biolo-
gically-controlled mineralization by magnetotactic bacteria or biologi-
cally-induced mineralization by dissimilatory Fe-reducing bacteria.
Magnetotactic bacteria produce magnetite with highly-controlled grain
sizes and morphology (Bazylinski and Frankel, 2004; Roberts, 2015).
Based on non-interacting SD behavior (Fig. 3) (Egli et al., 2010; Roberts
et al., 2012), observed SD biogenic magnetite in SBB sediments in Zone
1 are likely associated with nitrate-reducing magnetotactic bacteria
that occupy sharp redox gradients near the base of nitrogenous zones

(e.g., near the sediment-water interface in SBB) (Bazylinski and
Frankel, 2004; Kopp and Kirschvink, 2008; Roberts, 2015).

5.2. Iron mineral preservation in rapidly-accumulated reducing sediments

Although highly-reactive Fe (oxyhydr)oxides are widely preserved
in most marine sediments, under sulfidic porewater conditions it is
assumed that they readily dissolve and are reduced to generate Fe
sulfides (Raiswell and Canfield, 2012). It has been proposed that
porewater sulfide does not increase to detectable levels until highly-
reactive Fe (oxyhydr)oxides are completely consumed, based on field
observations at the FOAM site, Long Island Sound, Connecticut
(Canfield, 1989; Canfield et al., 1992). Poulton et al. (2004) used
synthetic Fe (oxyhydr)oxides and estimated reduction half lives (t1/2) of
hours (e.g., 12.3 h for ferrihydrite) to months (182 days for crystalline
hematite) at pH=7.5 and 1000 μM dissolved sulfide. Maghemite re-
activity to reducing conditions was not tested in this study but should
be similar to hematite according to field observations of maghemite
dissolution across Fe redox boundaries (Kawamura et al., 2012;
Smirnov and Tarduno, 2000). Magnetite preservation on centennial
scales has previously been reported in reducing porewaters, an ob-
servation that is attributed to the smaller surface area (larger grain
sizes) of natural relative to synthetic magnetite (Canfield and Berner,
1987; Canfield et al., 1992; Poulton et al., 2004). However, hematite,
goethite, and maghemite all have reduction half-lives consistent with
both field observations and lab experiments (Canfield and Berner, 1987;
Canfield et al., 1992; Poulton et al., 2004). Thus, this Fe mineral re-
activity to free sulfide scheme, though derived from synthetic minerals,
should be broadly applicable to natural sediments because the synthesis
techniques produce morphologically similar Fe minerals to those in
natural environments (Poulton et al., 2004).

Free sulfide usually accumulates within porewaters of the upper
~5 cm of SBB sediments regardless of the sampling season (Kuwabara
et al., 1999; Reimers et al., 1996), such that at ~10 cm below the SWI,
porewater sulfide concentrations are typically several hundreds of μM
(Komada et al., 2016; Reimers et al., 1996; Zheng et al., 2000). Ad-
ditionally, Raven et al. (2016) report ~1000 μM dissolved sulfide at
~60 cm below the SWI in SBB in October 2013. Based on porewater
geochemistry and a centennial age of the sediments (< 1759 CE with a
~4mm/yr sedimentation rate) that is much longer than measured re-
duction half lives, any highly-reactive Fe (oxyhydr)oxides should have
been rapidly converted to sulfides at sediment depths > 5 cm below
the SWI. A general decreasing Fedith trend down-core suggests continual
dissolution of highly-reactive Fe (oxyhydr)oxides below the top 2–3 cm
where the dissolved Fe peak was observed in SBB porewaters
(Kuwabara et al., 1999; Reimers et al., 1996). Yet contributions from
Fedith and Feox throughout the core suggest that highly-reactive Fe
(oxyhydr)oxides are preserved on centennial timescales, corroborated

1.0

0.8

0.6

0.4

0.2

0.0
0.40.30.2

Fig. 6. Cross-plot of Fepy/FeHR vs. FeHR/FeT in core SPR0901-04BC. Samples
from the three magnetic mineral zones are represented by purple circles (Zone
1: 0–35 cmbct), red squares (Zone 2: 35–56 cmbct), and green triangles (Zone 3:
56–61 cmbct), respectively. The hollow markers represent the high-FeS2
(pyrite) scenario. The vertical dashed line indicates the threshold between oxic
and anoxic water columns (FeHR/FeT=0.38), respectively. In the anoxic re-
gime, the horizontal dashed lines denote the threshold of euxinia at Fepy/
FeHR= 0.7–0.8. Depths for the three data points in the ferruginous region are
indicated. (For interpretation of the references to colour in this figure legend,
the reader is referred to the web version of this article.)

Fig. 7. Summary of down-core mineralogy from magnetic
measurements in core SPR0901-04BC. As in Fig. 2, zo-
nation (dashed lines) based on changes in magnetic mi-
neral concentrations and concentration-independent
properties is as follows: Zone 1 (0–35 cmbct), Zone 2
(35–56 cmbct) and Zone 3 (56–61 cmbct), respectively.
Left, core photo of SPR0901-04BC. Right, minerals iden-
tified in each zone according to magnetic measurements.
(a) Concentration profile of magnetic minerals; (b) grain
size profile: SD, vortex and MD denote single-domain,
vortex-state and multi-domain particles, respectively; (c)
coercivity of magnetic minerals. Gray bars (1761 CE and
1861–1862 CE) represent gray layers in the core while the
turbidite layer (1812–1842 CE) is shaded in dark green.
(For interpretation of the references to colour in this
figure legend, the reader is referred to the web version of
this article.)
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by magnetic analysis results (Figs. S1 and S2). Preservation of highly-
reactive Fe (oxyhydr)oxides is also consistent with the results of Raven
et al. (2016), where Fedith still accounts for ~1/3 of FeHR (defined as
Fedith+ Fepy) at 61 cmbct. Thus, Fedith preservation in highly sulfidic
porewaters below the dissolved Fe peak appears incompatible with
complete/rapid reduction of Fe (oxyhydr)oxides and pyrite formation
in ambient sulfidic environments.

Dissolution reaction kinetics of specific Fe minerals varies with
surface area, sedimentation rates, and sulfide concentrations (Canfield
and Berner, 1987; Canfield et al., 1992; Karlin, 1990a; Karlin, 1990b;
Roberts and Turner, 1993). Sulfide concentrations found in SBB pore-
waters are similar to those used in lab experiments (Poulton et al.,
2004), and thus should not be the main control of dissolution reaction
kinetics. Similar morphology of synthetic and natural Fe (oxyhydr)
oxides (except magnetite) makes surface area impacts less likely. In
SBB, high sedimentation rates may play a role in Fe (oxyhydr)oxide
preservation down-core. The sedimentation rate (~4mm/y) in SBB is
significantly higher than sedimentation rates found at other well-stu-
died anoxic marine environments (Reimers et al., 1990; Reimers et al.,
1996; Zheng et al., 2000), being ~ two orders of magnitude higher than
the Black Sea sediments (0.063mm/y, from Degens et al. (1978)), and
~4× higher than Cariaco Basin (~0.3–1mm/y, Peterson et al. (2000)).
We posit that high sedimentation rates in SBB significantly reduce the
exposure of detrital minerals to sulfidic porewaters within the active
diagenesis zone (several cm below the SWI), where the highest mi-
crobe-mediated sulfate reduction rates are observed and maximum Fe
monosulfide formation occurs (Reimers et al., 1996). Down-core below
this horizon, subsequent rapid sediment compaction lowers porosity,
which hinders further reactions between porewater sulfide and sedi-
mentary Fe (oxyhydr)oxides. Additionally, the lab experiments pro-
viding Fe oxide reduction kinetics were performed under continuously
stirred conditions at 25 °C (Poulton et al., 2004), similar perhaps to the
well bioturbated environment in the FOAM field experiments
(Goldhaber et al., 1977). Oxic water columns in the FOAM site allow
mega- and macro-fauna to bioturbate sediments despite the presence of
sulfidic porewaters, which in turn reworks sediments, thereby in-
creasing sediment-porewater interactions (e.g., irrigation fluxes of Fe
(II) and sulfide) (Boudreau, 1984). This is not the case in SBB benthic
environment with presence of laminations indicates the lack of bio-
turbation by macrofauna, which could contribute to incomplete re-
duction of Fe (oxyhydr)oxides in addition to the high-sedimentation
rate in SBB.

5.3. The impact of water-column and porewater redox conditions on Fe
speciation

Elevated FeT/Al ratios are typically associated with Fe sulfide for-
mation in anoxic water columns (Lyons and Severmann, 2006). The
down-core FeT/Al profile in SBB exhibits a consistent enrichment (FeT/
Al of ~0.6) relative to the local lithogenic background ratio of 0.54
(except at the base of the olive layer), which suggests that anoxic
bottom waters prevailed throughout the last 250 years and facilitated
Fe-sulfide precipitation. Yet most downcore FeHR/FeT values (< 0.38)
fall outside the anoxic regime. As the FeHR/FeT threshold value (0.38) is
strictly calibrated in perennially anoxic waters, FeHR/FeT values in low-
oxygen/oscillatory anoxic environments (inhospitable for mega- and
macrofauna) are indistinguishable to those in fully-oxygenated waters,
and thus FeHR/FeT threshold values should be applied with caution
when inferring oxic/oxygenated water columns (Raiswell and Canfield,
1998; Raiswell et al., 2018). Similarly enriched FeT/Al associated with
low FeHR/FeT values (< 0.38) are found in the Kau Bay, Indonesia – a
water column which alternates between low-oxygen and sporadic an-
oxia (Middelburg, 1991). Compared to FeT/Al from the Kau Bay
(0.87 ± 0.08) (Raiswell and Canfield, 1998), however, SBB FeT/Al is
only weakly enriched (0.58 ± 0.03, 1SD).

Although the SBB water column is not sulfidic, significant

particulate Fe enrichments (FeT/Al > 0.7) exist in the water column
below sill depth (475m) (Shiller et al., 1985). These enrichments have
been attributed to mobilized Fe(II) from underlying reducing sedi-
ments, which could reprecipitate as Fe (oxyhydr)oxides in the overlying
subsurface waters. Additionally, ferric hydroxo-phosphates that accu-
mulated in coastal salt marshes could be an occasional source of Fe-rich
particulates that may be transformed into Fe (oxyhydr)oxides in SBB
bottom waters (Fig. 1, Shiller et al. (1985)). During regional rainfall
events, ferric hydroxo-phosphates can be dispersed in surface and hy-
perpycnal plumes, and are subsequently transported to SBB via floc
formation, particle settling, storm wave transport, gravity currents, and
mass movement processes (Hendy et al., 2015; Warrick and
Farnsworth, 2009a; Warrick and Farnsworth, 2009b). Under the Med-
iterranean climate in Southern California, Fe (oxyhydr)oxide addition
via this mechanism is sporadic.

At/close to the SWI where upward diffusing sulfide fluxes have been
observed, Fe-rich particulates are partially converted to Fe sulfides,
which contributes to sedimentary FeT enrichments (Kuwabara et al.,
1999; Zheng et al., 2000). Fe sulfide formation at/near the SWI is also
indicated by the presence of authigenic pyrite framboids in near-surface
sediments (Raven et al., 2016). Similarly, mobilized Fe addition from
reducing sediments with pyrite formation at/near the SWI may have
produced high FeT/Al in the sporadically euxinic Kau Bay (bottom
water sulfide concentrations of 13 μM, Middelburg (1991)), where Fe-
rich particulates in bottom waters are also reported (Middelburg et al.,
1988). Mobilized Fe(II) from underlying sediments, however, is in-
sufficient to produce significant FeHR enrichments, leading to low oxic
FeHR/FeT values in SBB.

Fepy/FeHR follows the extent of FeHR conversion to pyrite. In non-
euxinic depositional environments (FeHR/FeT < 0.38), Fepy/FeHR may
be a proxy for sulfidic porewaters (e.g., FOAM) (Hardisty et al., 2018;
Raiswell and Canfield, 1998), where complete conversion of sedimen-
tary FeHR to pyrite leads to high Fepy/FeHR ratios (> 0.7–0.8). In SBB
where sulfidic porewaters prevail, the observed Fepy/FeHR values are
relatively low (~0.2–0.6, Figs. 5h and 6). One explanation for the low
Fepy/FeHR values is that pyrite oxidation during core storage converted
Fepy back to unsulfidized FeHR. Comparison with Raven et al. (2016)
seems to suggest that Fedith in this core is not overprinted by severe
pyrite oxidation to dithionite-extracted Fe (oxyhydr)oxides (Table S1,
at least near the core top). We thus include an extreme scenario (high-
FeS2 scenario, Fig. 6), where we assume that all measured magnetite is
formed from pyrite oxidation and therefore we remove Feox (magnetite
portion) from FeHR. Fepy/FeHR calculated in this scenario represents an
extreme upper limit because our magnetic analyses confirm the pre-
sence of both biogenic and lithogenic magnetite in SBB (Figs. 3 and 4).
Yet, even in this high-FeS2 scenario, low Fepy/FeHR (< 0.7) persists
except at the top of the turbidite layer (Fig. 5h).

Alternatively, low Fepy/FeHR values could be caused by incomplete
FeHR conversion to pyrite in the depositional environment. Fe (oxy-
hydr)oxide preservation downcore (Sections 5.1 and 5.2) indicates the
sustained occurrence of unsulfidized highly-reactive Fe despite sulfide
accumulation in SBB porewaters (Reimers et al., 1996) (Fig. 5). In SBB,
high sedimentation rates combined with sluggish sediment-porewater
interaction appear to have greatly restricted the reaction kinetics of
FeHR reductive dissolution (Schimmelmann and Kastner, 1993), re-
sulting in low Fepy/FeHR values in sulfidic porewaters, at least on a
centennial timescale.

5.4. Instantaneous depositional events and post-depositional diagenesis —
an internal “iron shuttle” process

In addition to reaction kinetics, non-steady state diagenesis, such as
the response to instantaneous sedimentary deposition events, creates
another complication for Fe speciation interpretations. Two categories
of instantaneous sedimentary deposition events are preserved in the
SBB sedimentary record: flood-induced gray layers (e.g., the 1861 and
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1761 floods) and homogenous olive layers (e.g., the turbidite triggered
by the 1812 Santa Barbara earthquake) (Du et al., 2018; Hendy et al.,
2015; Schimmelmann et al., 1992). Flood and turbidite layers are
usually characterized by low total organic carbon (TOC), low FeT/Al
ratios, and a concurrent Fepy increase, although the magnitude of these
shifts varies depending on layer thickness.

The olive turbidite layer at 43–49 cmbct provides an opportunity to
observe possible post-depositional diagenetic overprinting on Fe
proxies. The base of the olive layer (49 cm) contains the lowest FeT/Al
value in the core (Fig. 5f) but the immediate overlying sample (48 cm)
recovers to a typical ratio value of ~0.6. Concurrently, Fepy increases
within the olive layer and reaches a maximum at the top of the layer
(43 cm, Fig. 5g and h) while Feace (carbonate-bound Fe) decreases. Fe
proxies suggest that the most reducing environment within the core
occurred during this interval (FeHR/FeT= 0.44; ferruginous according
to Fe speciation threshold values). Nevertheless, this apparent anoxic
water column coincides with the basin-wide bed of Macoma that in-
habited SBB around 1840 CE (Schimmelmann et al., 1992;
Schimmelmann et al., 1990). Macoma spp. are a genus of bivalve in-
tolerant of hypoxia (O2 < 65 μmol/kg) such that it cannot survive ty-
pical basin conditions (Myhre et al., 2017). Macoma preservation in situ
provides strong evidence of an unusually oxygenated benthic environ-
ment at ~1840 CE, which directly contradicts the Fe speciation inter-
pretation. Our results suggest a “false positive” scenario where “more
reducing conditions” caused by post-depositional diagenesis overprint
the original oxygenated environment.

Two processes may have played a role in producing non-steady state
diagenesis. Instantaneous depositional events (flood or turbidite layers)
can attenuate O2 diffusion into underlying sediments. This ‘coffin-lid’
effect (reduced O2 penetration) facilitates establishment of reducing
conditions in relatively organic-rich sediments immediately below the
instantaneous depositional events, including Mn/Fe oxide reductive
dissolution and microbial sulfate reduction (MSR) below the newly
formed SWI (Anschutz et al., 2002; McKay and Pedersen, 2014;
Schimmelmann, 2011). Rapid buildup of reducing conditions has been
observed within weeks to months after instantaneous depositional
events (Anschutz et al., 2002; Deflandre et al., 2002) and burndown is
prevented for significant periods of time (McKay and Pedersen, 2014).
As suggested by coercivity and S300 changes in magnetic mineral as-
semblages (Figs. 2h and 4), turbidite deposition introduces an external
input of high-coercivity reactive Fe minerals (e.g., hematite), which are
readily reduced by either microbial iron reduction (MIR), and/or am-
bient free sulfide (Meyers, 2007; Severmann et al., 2008).

For the newly deposited turbidite layer, porewater sulfide could
come either from MSR and/or from upward sulfide diffusion out of the
underlying sediments. If Fe (oxyhydr)oxide reduction outpaces sulfide
production from MSR (when porewater sulfate is completely reduced)
and diffusion supply, the second widely accepted process – in situ re-
mobilization of Fe(II) from newly introduced Fe and Mn oxides – could
occur (Chaillou et al., 2008; Lyons and Severmann, 2006; Meyers,
2007; Mucci et al., 2003; Raiswell et al., 2008). This process leads to
diffusion and transport of Fe(II) and Mn(II), resulting in less reducing
porewater conditions (i.e., the sulfide buffer of Meyers (2007)).

Complete porewater sulfate consumption has been suggested in SBB
gray flood layers from δ34S measurements on bulk sediments and in-
dividual pyrite aggregates. The irregular pyrite aggregates (dominant in
the flood layers) have more enriched δ34S values (24.2 ± 2.9‰) with
respect to typical pyrite framboids (δ34S=−24.4‰) found in the in-
tervening laminated sediments (Berelson et al., 2019; Bryant et al.,
2019). The enriched irregular pyrite aggregates thus have a similar δ34S
with the original sulfate (~21‰), indicating that pyrite was formed
with sulfide generated from complete sulfate reduction. In the observed
SPR0901-04BC turbidite layer, a similar scenario might occur given
that the sediment layer is also instantaneously deposited. Minimum Fe/
Al values at the base of the olive turbidite layer (Fig. 5h) further support
Fe remobilization after buffering with available sulfide. Thus, upon

turbidite deposition, relative rapid responses (rapid MSR, porewater
sulfate consumption, and Fe remobilization) may have contributed to
development of a short-duration sulfide-free environment that enabled
Macoma to colonize the SWI for a few years.

Fe remobilization alone is insufficient to explain the maximum Fepy
and Fepy/FeHR at the top of the turbidite layer. Since Macoma spp. are
intolerant of hypoxia (O2 < 65 μmol/kg), and Macoma occupied the
SWI for ~3 years (Schimmelmann et al., 1992), bottom waters must
have been oxygenated long enough to allow shuttling of upward dif-
fusing Fe(II). Although no burrowing is observed at the Macoma layer,
the briefly oxygenated bottom waters would have allowed some mac-
rofaunal bioturbation to facilitate Fe(II) diffusion in the porewaters.
Free Fe(II) could then have been reoxidized at the top of the turbidite
layer and/or repeatedly recycled near the SWI (Anderson and Raiswell,
2004; Raiswell and Anderson, 2005; Wijsman et al., 2001). Subsequent
re-establishment of low-oxygen bottom water conditions could have re-
initiated vigorous sulfide production near the SWI. High sedimentation
rates quickly buried the turbidite layer in the following years, further
contributing to sulfide accumulation in ambient porewaters. This
longer-term response of porewater sulfide re-accumulation would then
result in post-depositional pyrite conversion of FeHR and the Fepy/FeHR
peak at the upper boundary of the turbidite layer. This internal “shuttle-
like” mechanism involves the reduction of fresh Fe (oxyhydr)oxides
introduced by the turbidite layer that produces a local FeT/Al depletion,
the upward diffusion and oxidation of Fe(II), and finally re-precipita-
tion as pyrite when sulfidic porewaters re-established during the years
following turbidite deposition. A further possibility is thatMacoma spp.,
freshly suffocated by low-oxygen bottom water, may have provided
extra highly-reactive organic carbon contributing to reductive dissolu-
tion of Fe (oxyhydr)oxides and pyrite conversion at the top of the
turbidite layer (Emirogl̃u et al., 2004). Yet, the Macoma layer coincides
with lower than average TOC values (Wang et al., 2017).

While intense Fe(II) migration in the other two much-thinner flood
layers is not evident in the Fe speciation results (except slight FeT/Al
reduction), these layers contain similar pyrite peaks and local Fepy/
FeHR maxima. The flood sediments also rapidly deposit a new source of
FeHR as demonstrated by L-ratios (Fig. 4), therefore, Fe(II) mobilization
and sulfide buffering should occur similar to the 1812 turbidite, fol-
lowed by pyrite conversion in the ambient sulfidic porewaters. Different
slopes on the L-ratio vs. HIRM plot (Fig. 4) demonstrate that the 1761
flood layer contains a magnetically harder mineral assemblage (e.g.,
higher-coercivity hematite) than the turbidite layer. Subtle differences
in iron mineral assemblages are likely in each turbidite and flood layer
due to sediment source variations (downslope submarine landslides
relative to different river catchment contributions). Thus, instantaneous
depositional events can perturb porewater redox conditions that control
later diagenetic processes, initiating non-steady state diagenesis and
erasing the original redox record. This post-depositional non-steady
state diagenesis likely significantly altered the steady-state redox signal
in Fe proxies, leading to “false positive” anoxic interpretations. Given
widespread occurrence of instantaneous depositional events in the
geological record (e.g., turbidites triggered by submarine landslides,
storms, etc.), care should be taken when interpreting diagenetic redox
environments.

5.5. Trace metal enrichments in the Santa Barbara Basin

To further understand porewater redox chemistry and Fe enrich-
ments, trace metal enrichments (Wang et al., 2017) are compared with
Fe speciation results from the same samples. Manganese is consistently
depleted in the core; its relatively constant low enrichment factor
(~0.4) indicates that porewaters were always sufficiently reducing to
remobilize Mn (Table S3). Rhenium and U enrichments behave simi-
larly as expected (r= 0.6384, p < 0.0001), given the typically low-
oxygen bottom water in the central SBB (Fig. 8). Molybdenum enrich-
ments are not correlated with FeHR/FeT (r=−0.1695, p=0.2076) and
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are negatively correlated to Fepy/FeHR (r=−0.2821, p < 0.05), in-
dicating disagreement between the two euxinic indicators. In contrast
to Fepy and Fepy/FeHR, the enrichment factor of Mo (MoEF) reaches its
minimum within the turbidite-triggered olive layer, where Mo is close
to or slightly depleted with respect to the lithogenic background, con-
sistent with well-oxygenated bottom water as indicated by the presence
of Macoma (Tables S2 and S3). Mo has been shown to precipitate near
the SWI in SBB (Zheng et al., 2000), and thus this metal should record
the original bottom-water redox chemistry in the basin (Wang et al.,
2017).

Molybdenum enrichment in sediments is controlled by enhanced
Mo delivery via particulate shuttles (i.e., Fe-Mn shuttle effects), changes
in water-column trace metal concentrations, and bottom water redox
conditions (Algeo and Tribovillard, 2009; Cheng et al., 2016;
Tribovillard et al., 2012). In the particulate shuttle process, Mo is
readily adsorbed onto Fe-Mn oxides, thus precipitation and reduction of
Fe-Mn oxides could strongly accelerate Mo delivery to sediments (Algeo
and Tribovillard, 2009; Tribovillard et al., 2012). Uranium affinity with
Fe-Mn oxides, however, is much more limited, and thus an efficient Fe-
Mn shuttle could result in a higher MoEF than would be expected from
euxinic water columns (e.g., Cariaco Basin, Tribovillard et al. (2012)).
Variations in water-column trace metal concentrations can impact en-
richment in sediments. This occurs in the Black Sea where Mo is de-
pleted in the water column and as a result Black Sea sediments have
lower than expected MoEF (Algeo and Tribovillard, 2009). Finally, Mo
precipitation is suggested to be initiated at a H2S threshold of ~0.1 μM
at the SWI (Zheng et al., 2000), but a threshold of 11 μM is required for
MoO4

2− to abruptly switch to MoS42− (Erickson and Helz, 2000).
Given the typically low sulfide concentration near the SWI in SBB,
partial conversion to intermediate thiomolybdate phases
(MoOxS4−x

2−) is expected (Cheng et al., 2016; Erickson and Helz,
2000; Helz et al., 1996).

The cross-plot of MoEF vs. UEF provides insights into the contribu-
tion of the three processes in the SBB (Fig. 9, Algeo and Tribovillard
(2009); Cheng et al. (2016)). Molybdenum and U enrichment factors
mostly fall between 0.1× SW (seawater value of Mo:U weight ratio for
present Pacific seawater is ~3.2; Tribovillard et al. (2012)) and
0.3× SW, consistent with prevailing low-oxygen water columns.
However, Fe and Mn particulate shuttle effects are not observed in the
cross-plot (Fig. 9), which suggests that particulate shuttles only have, if
any, minor impacts on Mo precipitation in SBB sediments. Additionally,
Zheng et al. (2000) reported gradually depleted porewater Mo below

5 cm depth, which suggests that there is not a significant amount of
post-depositional release of Mo from Fe-Mn oxides. Molybdenum de-
pletion in the SBB water column has not been observed (Zheng et al.,
2000), and thus trace metal precipitation in the basin should be pri-
marily related to porewater redox chemistry and/or vigorous redox
reactions at the SWI. Thus, trace metal enrichments in the SBB contain a
primary signal that provides information on water-column redox con-
ditions at the time of deposition, while the primary Fe enrichment
signal is overprinted by post-depositional non-steady state diagenesis.

6. Conclusions and implications

Sedimentary redox-sensitive metal responses to redox conditions are
assumed to be directly linked to the overlying water column. Under
certain circumstances, this linkage can be compromised because redox

Fig. 8. Down-core comparison of iron redox proxies and trace metals in SPR0901-04BC. (a) FeT/Al; (b) FeHR/FeT; (c) Fepy/FeHR; (d) Rhenium (ppb); (e) Uranium
(ppm); (f) Molybenum (ppm); (g) Re/Mo ratios (×10−3). Zonation (dashed lines) based on changes in magnetic mineral concentrations and concentration-in-
dependent properties is as follows: Zone 1 (0–35 cmbct), Zone 2 (35–56 cmbct) and Zone 3 (56–61 cmbct), respectively. Gray bars (1761 CE and 1861–1862 CE)
represent gray layers in the core while the turbidite layer (1812–1842 CE) is shaded in dark green. (For interpretation of the references to colour in this figure legend,
the reader is referred to the web version of this article.)

Fig. 9. Cross-plot of MoEF vs. UEF in core SPR0901-04BC. Purple circles (Zone 1:
0–35 cmbct), red squares (Zone 2: 35–56 cmbct), and green triangles (Zone 3:
56–61 cmbct), respectively, represent enrichment factors (EF) for samples from
the three magnetic mineral zones. Diagonal solid lines represent multiples (0.3,
1, and 3) of SW (seawater) lines in the modern seawater (average weight ratio
of Mo:U of ~3.2). Gray dashed lines highlight general patterns of UEF and MoEF
in the unrestricted marine environment, Black Sea (Mo depletion in the water
column) and Cariaco Basin (“particulate shuttle” trend) modified from
Tribovillard et al. (2012). (For interpretation of the references to colour in this
figure legend, the reader is referred to the web version of this article.)
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conditions are also closely associated with ambient porewater chem-
istry. The geochemical setting of the Santa Barbara Basin (SBB),
California – a weakly-silled, high productivity basin overlain by low-
oxygen bottom waters and containing sulfidic porewaters – represents
an intermediate environment between oxic and euxinic water columns.
Geochemistry/magnetism records from the box core SPR0901-04BC
provide a centennial-scale snapshot on how Fe speciation results can be
obscured by high sedimentation rates and post-depositional diagenesis,
with more diagenetic processes likely affecting the down-core Fe mi-
neralogy on longer time scales. Unlike the Cariaco Basin or the Black
Sea where euxinia is observed in the water column (Algeo and Rowe,
2012; Lyons and Severmann, 2006; Raiswell and Anderson, 2005), only
porewaters in SBB are sulfidic and the redoxcline (oxic versus anoxic) is
at or close to the sediment water interface (SWI). In SBB, vigorous redox
reactions occur near the SWI; therefore, enrichments of redox sensitive
metals should reflect water column dissolved oxygen (Reimers et al.,
1996; Zheng et al., 2000).

Mineralogical shifts related to local geochemistry and diagenesis in
SBB sediments can be observed by combining magnetic measurements
with iron speciation. FeT/Al indicates a sustained anoxic depositional
environment (except at the base of the turbidite layer) due to enrich-
ment by authigenic Fe sulfide formation at or close to the SWI. Our
results also demonstrate that biogenic magnetite can be temporarily
preserved in sulfidic porewaters and there are frequent instances of
highly-reactive Fe (oxyhydr)oxides escaping reduction, at least on
decadal to centennial time scales. We suggest that highly-reactive Fe
reduction kinetics could be inhibited by the high sedimentation rates
and minimal bioturbation, which reduce sediment-porewater interac-
tions and prevent complete/rapid pyrite conversion in porewaters.
Caution should, therefore, be taken when using Fepy/FeHR as a sulfidic
porewater proxy in recently deposited sediments (Hardisty et al., 2018);
mineralogy should be checked for complete/rapid pyrite conversion. In
addition, non-steady state diagenesis following instantaneous sediment
depositional events perturbs the geochemistry of the depositional en-
vironment, notably through the increased supply of fresh highly-re-
active Fe that results in sulfide buffering. Within the 1812 turbidite
layer, recently introduced reactive Fe (oxyhydr)oxides buffered upward
diffusing free sulfide from underlying sediments and were reduced to Fe
(II) that subsequently diffused upward in porewaters. In the SBB, this
turbidite deposition created a less reducing (sulfide free) benthic en-
vironment that allowed a brief ~3 year colonization of the bivalve,
Macoma spp. With the greater availability of shuttled Fe, subsequent re-
establishment of sulfidic porewater resulted in rapid pyrite precipita-
tion and thus led to a “false positive” (more reducing conditions) in Fe
speciation results, overprinting the original oxygenated bottom water
responses. Trace metal (Mo, Re, and U) precipitation in SBB appears to
be primarily controlled by reducing conditions at the SWI and is not
overprinted by down-core diagenesis.

Instantaneous depositional events such as turbidites are common in
marginal marine sedimentary environments (Hensen et al., 2003; Otero
et al., 2003; Robinson and Sahota, 2000; Robinson et al., 2000; Yücel
et al., 2010), and yet are rarely considered in geochemical redox re-
constructions of past marine environments. Frequent instantaneous
depositional events in SBB, in addition to low-oxygen water conditions
and the centennial scale of the record, make Fe speciation a poor proxy
choice for local redox reconstructions. Trace metals, however, preserve
original redox shifts in the bottom waters of the basin. Despite observed
complications in this centennial-scale reconstruction, Fe speciation still
deserves some consideration and may provide valuable information on
deep-time redox history.

Supplementary data to this article can be found online at https://
doi.org/10.1016/j.chemgeo.2019.04.018.
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