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Abstract Atmospheric variables (temperature, velocity, etc.) are often decomposed into
balanced and unbalanced components that represent low-frequency and high-frequency
waves, respectively. Such decompositions can be defined, for instance, in terms of eigen-
modes of a linear operator. Traditionally these decompositions ignore phase changes
of water since phase changes create a piecewise-linear operator that differs in different
phases (cloudy versus non-cloudy). Here we investigate the following question: How can
a balanced—unbalanced decomposition be performed in the presence of phase changes? A
method is described here motivated by the case of small Froude and Rossby numbers,
in which case the asymptotic limit yields precipitating quasi-geostrophic equations with
phase changes. Facilitated by its zero-frequency eigenvalue, the balanced component can be
found by potential vorticity (PV) inversion, by solving an elliptic partial differential equa-
tion (PDE), which includes Heaviside discontinuities due to phase changes. The method is
also compared with two simpler methods: one which neglects phase changes, and one which
simply treats the raw pressure data as a streamfunction. Tests are shown for both synthetic,
idealized data and data from Weather Research and Forecasting (WRF) model simulations.
In comparisons, the phase-change method and no-phase-change method produce substan-
tial differences within cloudy regions, of approximately 5 K in potential temperature, due
to the presence of clouds and phase changes in the data. A theoretical justification is also
derived in the form of a elliptic PDE for the differences in the two streamfunctions.
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1 Introduction

It is often desirable to decompose atmospheric variables (temperature, velocity, etc.) into
balanced and unbalanced components. Here, the terms balanced and unbalanced are used
to refer to low-frequency and high-frequency components, respectively, which evolve on slow
and fast time scales, respectively. The balanced component is typically associated with a
scalar variable, called potential vorticity (PV), or a quasi-geostrophic (QG) PV that arises
approximately in an asymptotic limit. The ideas of balance and PV have been widely used and
beneficial in contexts such as, for instance, analyzing atmospheric dynamics (see, e.g., [13, 21, 36]
and references therein) and data assimilation and forecasting (see, e.g., [2, 14, 20, 32, 39] and
references therein). Furthermore, rigorous mathematical theory, such as fast-wave averaging,
can be proved for balanced—unbalanced decompositions [7, 8, 30, 31].

Traditionally, balanced—unbalanced decompositions are based on dry dynamics of the atmo-
sphere, without consideration of moisture or phase changes of water between, e.g., vapor and
liquid phases. If phase changes of water are present, then one needs to define variables (such as
PV) that appropriately account for water and its phase changes. Alternatively, from a related
point of view, eigenmodes can be taken as the quantity of interest instead of PV, since PV can
be associated with a low-frequency eigenmode (the vortical mode) of the linear operator L of
the atmospheric fluid dynamics equations. In particular, in the case of dry dynamics, the fluid

dynamics equations can be written abstractly as

g—;} + e L(v) + B(v,v) =0, (1.1)

where L is a linear operator, € is a small number (related to Froude and/or Rossby numbers),
B is a bilinear operator, and v is a vector of all fluid dynamics variables (temperature, velocity,
etc.) [30]. When phase changes are present, the linear operator £ becomes a piecewise linear

operator H, L, + H;L, that takes a different form in cloudy versus non-cloudy regions:

% + eV (HyLy(v) + HLs(v)) + B(v,v) =0, (1.2)
where H, and H are Heaviside functions that indicate unsaturated and saturated phases,
respectively. In this case with phase changes, it is unclear how to best perform a decomposition
into balanced and unbalanced components for the piecewise linear operator.

The main purpose of the present paper is to investigate the question: How can a balanced—
unbalanced decomposition be performed in the presence of phase changes? While one could
formulate the methods in a setting of any Froude and Rossby numbers (i.e., any value of e
in (1.1)—(1.2)), the main methods that are proposed and tested here will use the simplifying
assumption of small Froude and Rossby numbers (although also tested for their applicability in
general settings where Froude and Rossby numbers are not necessarily small). The theoretical
assumption of small Froude and Rossby numbers allows the use of a QG PV variable, in
which case the identification of the balanced component is somewhat simplified. The balanced
component can be found by solving an elliptic partial differential equation (PDE), and the
process of solving this elliptic PDE is known as PV inversion. Here, we are motivated by a

new version of QG equations and PV inversion that includes moisture, precipitation, and phase
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changes of water. These precipitating quasi-geostrophic (PQG) equations were recently derived
as the asymptotic limit, for small (moist) Froude and Rossby numbers, of an atmosphere with
moisture and phase changes [43].

Other methods for moist PV inversion have been proposed in the past (e.g., [37, 41, 50]),
and they differ from [43] and the present paper in some fundamental ways. One of the most
distinguishing aspects of [43] is in its recognition that, if moisture is present, then the bal-
anced component of the flow is a two-dimensional space, rather than a one-dimensional space
characterized by only the single PV variable. A second balanced variable, called M due to its
association with moisture, is used by [43] to complete the specification of the two-dimensional
balanced component. From an eigenmode perspective, the addition of a moisture variable cre-
ates a new eigenmode that is not present in dry dynamics, and the new eigenmode can be
associated with the variable M. As a result, for moist dynamics, the balanced component is
obtained by the process of PV-and-M inversion, rather than dry PV inversion.

This article is dedicated to Andrew J. Majda to celebrate his 70th birthday, and it has drawn
on his influence through his many contributions to topics of, e.g., balanced dynamics, singular
limits, and fast-wave averaging for fluids with small Mach, Froude, and/or Rossby numbers
[3, 4, 5, 7, 8, 17, 18, 29, 30, 31, 33], and PDEs and atmospheric dynamics with nonlinear
switches [10, 16, 34, 44].

This paper is organized as follows. In Section 2, we describe how to construct the bal-
anced components of atmospheric variables. We begin by describing the motivating model, the
PQG equations with three moisture constituents and their derivation in the QG limit from the
anelastic equations. We then describe some aspects associated with the inversion of PV and
M to recover the streamfunction. In Section 3, we discuss three different methods that may
be employed to recover the balanced streamfunction. We finish that section by discussing the
simple numerical method that we use to invert the PV. In Section 4, we use the inversion meth-
ods of Section 3 to discuss the effects of a simple, idealized PV and M with phase transitions
on the balanced streamfunction and temperature. Lastly, in Section 5, we use the inversion
methods on simulated data for a mid-latitude simulation of a channel flow. We then discuss
the balanced streamfunction, velocity, and temperature and the effect that the moisture has on

their structure.

2 Model Motivation: The Quasi-Geostrophic Limit of the
Precipitating Anelastic Equations

Here, we use the PQG equations to motivate the decomposition of a moist atmospheric model
into balanced (zero-frequency or vortical) and unbalanced (high-frequency or wave) components.
Specifically, the potential vorticity as defined in the QG sense will give a natural decomposition
of the system into balanced (zero-frequency) and unbalanced (high-frequency) contributions
by filtering out of high-frequency modes. The fact that moisture is included in our starting
set of anelastic equations means that these moist QG equations will include zero-frequency or
low-frequency modes associated with moisture contributions.

We begin by describing the anelastic equations of moist air with three phases of water (water
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vapor, cloud water, and rainwater) in Section 2.1. We then discuss the derivation of the system
in the quasi-geostrophic limit in Section 2.2. This asymptotic limit gives rise to what are called
the PQG equations. We finish the section by briefly discussing how a balanced or low-frequency

mode is determined for the total water of the system in Section 2.3.

2.1 Anelastic Equations with Three Moisture Constituents

Our starting point are the governing anelastic equations for moist air with three water con-
stituents [1, 11, 26, 38]:

%Jrf,%xu:fv <7pf>+zb, (2.1a)
V- (pu) = 0, (2.1b)

ngeri = f;:jg;(chr), (2.1c)
%qt” wciiq: =—-Cy+E,, (2.1d)

%qtc —Cy— A —C,, (2.1e)

lgr - %% (Vrar) = Ar + Cr — By (2.19)

Here u = (u,v,w) is the velocity vector, where w is the zonal (west-east), v is the meridional
(south-north), and w is the vertical (down-up) velocity component; p is the density; p is the
pressure; 1" is the temperature; 6 is the potential temperature; ¢, is the water vapor mixing
ratio; g. is the cloud water mixing ratio; and ¢, is the rainwater mixing ratio. The buoyancy

b="5b(0,qu,4qc, qr) is given by the formula

0
b:g (é +EOQU _QC_QT) . (21g)

The material derivative operator is defined as D/Dt := 9/0t+u-V with V := (9/0x,0/dy, /9z)
being the gradient operator and 2 is a unit vector in the direction of gravity. The thermody-

namic variables p, p, 8, T and moisture variables q,, q., ¢ haven been decomposed such that

the static background states, denoted by a tilde (T), are functions of the height z only, e.g.,

the total potential temperature is given by 6(z) + 6(z, ¥, z,t) with anelastic background state

6 and anomaly/perturbation 6. The static background states are freely chosen to match an

atmospheric state of interest; for this paper we choose a hydrostatically balanced pressure

and density and ¢, = ¢ = 0. Lastly, g is the acceleration due to gravity, f is the constant

Coriolis parameter, L, is the latent heat factor, ¢, is the specific heat at constant pressure,

€0 = Ry,/Rq — 1 is the ratio of water vapor R, and dry air R; gas constants, and Vr is the

rainfall speed, which is assumed to be constant for simplicity.

The source terms in prognostic equations (2.1c)—(2.1f) allow for the conversion between
moisture constituents q,, q., ¢ and correspond to the following moist thermodynamic processes:
Cy symbolizes the condensation of water vapor to form cloud water, F, is the evaporation of

rainwater into water vapor, A, is the auto-conversion of cloud water into rainwater, and C,. is
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the collection of cloud water to form rainwater. A complete characterization of these source
terms requires modeling the microphysics and the thermodynamic properties of the system
(e.g., [15]) beyond the scope of the present paper. The cloud condensation term Cy, however,
may be defined implicitly so as to impose the condition that (i) there is no cloud water in
unsaturated regions and (ii) the water vapor is at saturation in regions with cloud water [11].
Indeed, the condensation term implies the following conditions of moisture must be satisfied in

saturated and unsaturated regions:
Gv < Qus, qe =10 (unsaturated), (2.2a)

Gv = Qus, qec >0 (saturated), (2.2b)

where ¢, is the water vapor at saturation. In principle, the saturation water vapor ¢,s depends
on the pressure and temperature of the system [40]. For simplicity, however, here ¢, denotes a
prescribed water vapor saturation profile that depends on the height only, i.e., qus = guvs(2) [12,
19]. While conditions (2.2a)—(2.2b) do not allow for supersaturation of water vapor in saturated
regions, water vapor is immediately relaxed to its saturation value ¢, = ¢, s in saturated regions,
the conditions impose no constraint on the rainwater. Thus, both unsaturated and saturated
regions permit rainwater.

Phase conditions (2.2a)—(2.2b) allow us to reduce the number of thermodynamic evolution
equations (2.1¢)—(2.1f) from four to three. Specifically, the total water mixing ratio ¢ =
Gv + gc + g and the rainwater mixing ratio ¢, are now sufficient to determine all moisture
constituents ¢y, g, ¢-. To see this fact, phase conditions (2.2a)—(2.2b) may be written in the
form

Gt — Gr < Qus, ¢c=0 (unsaturated), (2.3a)
QG — Gr 2 Quvss Qv = Qus (saturated). (23b)

These conditions, in turn, may be used to deduce the formulas
¢ = min(gr — gr, qus ) (2.4a)

e = maX(07 qt — 4qr — q’US)' (24b)

It is customary to then write the thermodynamic equations of the system in terms of the
equivalent potential temperature 6, and total water ¢; [6, 45]. The variables 6, and ¢; have
the advantage that their evolution equations do not include the source terms Cy, E,, A,, or
C. Additionally, we supplement the equations for 6. and ¢; with an equation for the rainwater
gr. Thus, the 4 thermodynamic equations (2.1¢)—(2.1f) may be reduced to the thermodynamic
equations [6, 43, 45]

Do, do.
= 2.
ot TV Y (2.5a)
Dqt d(jt 1 8 - .
Dt T T 5as (pVrar) =0, (2.5b)
Dg, 10 .
a - =a. (pVTQT) = AT' + Cr - Er- (25(})

Dt  poz
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For our purposes, thermodynamic and moisture variables are related by means of the lin-
earized equivalent potential temperature equations for the background and anomaly:
db. db L, dg,

L,
==+ d fe=0+—= 2.6
=" atonaz M 0= 0t e (2.62)

where IT = T/ 6= (f)/po)Rd/ r is the Exner function for the background pressure and pq is the
surface pressure reference state. Lastly, the background and anomaly total water ¢; are given
by:

G =G and gt = qy +qc + g (2.6b)

In addition, we assume that ¢,s = ¢, so that both the total moisture variables, e.g., ¢; + ¢, and
moisture anomalies satisfy conditions (2.2a)—(2.3b).

The anelastic evolution equations with three moisture constituents may then be taken to
consist of the two equations (2.1a)—(2.1b) and three thermodynamic equations (2.5a)—(2.5¢).

2.2 Quasi-Geostrophic Anelastic Equations with Three Moisture Con-
stituents

In what follows, we use the anelastic equations presented in the previous section to derive the
anelastic PQG equations. We attempt to highlight key features of this procedure and refer the
interested reader to [43] for details on the asymptotic derivation.

The quasi-geostrophic limit entails an asymptotic scaling of comparable and small Rossby
and Froude numbers. Additionally, due to the thermodynamic equations (2.5a)—(2.5b), we
must specify the relative size of the background states df, /dz and dg;/dz. We assume that
the background states df, /dz and (L, /cp)dq:/dz are comparable and large in relation to the
Rossby number. Specifically, these terms are large enough to balance the horizontal advection
of the 6. and ¢ anomalies in equations (2.5a)—(2.5b). Under these assumptions, the leading
order balance in the system of equations (2.1a)—(2.1b) with (2.5a)—(2.5¢) consists of geostrophic
balance for horizontal motions and hydrostatic balance for vertical motions. This leading order

balance naturally gives rise to a streamfunction ¢ satisfying

_
_ [ 0y O
Uy = <_3y’ 6:0) 3 (2.7b)

where ¥ = p/(fp), ug = (u,v) is the horizontal velocity vector, and ( is the relative vorticity
with V%, := 9?/9z? + 92 /0y? being the horizontal Laplacian. The vertical velocity does not
appear in the above set of equations as it is identically zero at this order. Moreover, at leading
order, explicit moisture contributions from gy, g., ¢ to the buoyancy (2.1g) vanish [43, 49] and

the buoyancy in the quasi-geostrophic limit is given by

0
95 (2.7d)
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resembling in form the buoyancy obtained in dry quasi-gesotrophic dynamics (e.g., [48]). Im-
plicitly, however, the buoyancy (2.7d) still retains important moisture information by means of
the phase transitions of the system.

The anelastic PQG equations with three moisture constituents are then [43]

Duc _ 10

= b 2.
e = L (), (280)
Dyb.  df,
= 2.
Dt w P 0, (2.8b)
Dpyq, dgg 10 .
. L 2.
Dt Yz p 0z (PVrar), (2.8¢)
DHQT 1 8 ~
= —— A —FE,. 2.
Dt P~ (’9,2 (pVTQT) + r + Cr r ( 8d)

The horizontal material derivative operator Dy /Dt is defined in the expected manner by
Dy /Dt := 0/t + up - Vg with the horizontal gradient Vg := (9/0z,0/0y).

In addition, the PQG equations (2.8a)—(2.8d) may be combined so as to eliminate the vertical
velocity variable w; much like in dry QG [48]. These new equations naturally define a potential
vorticity variable, denoted the equivalent potential vorticity PV,, and two additional variables

due to the moisture constituents ¢; and ¢, [43]. These new variables take the form

5 (")

PVe=C+=Z=— | —= O |, 2.9a
¢ p Oz \db./dz ( )
M:qt—i—GM@e, (29b)

M, =M —q, (2.9¢)
with evolution equations
Dy PV, f  Oupm

= —— -Vyo., 2.10a
Dt dojdz= 0z " (2102)

DygM 10 .
P ), 2.10b
B = 55 Vi) (2:10)

DHMT o

i = E.— A, —-C,, (2.10c)

where Gy = —(dg,/dz)/(df,/dz) is a function of z.

In complete analogy with dry QG, it is natural to attempt to formulate a diagnostic equation
for the streamfunction 4 in terms of the dynamic variables PV,, M, and M,.. In this way, we may
derive an inversion procedure for the streamfunction v in terms of the potential vorticity and
moisture variables of PQG. Since PV,, M, and M, correspond to low-frequency or balanced
variables by construction, we use these variables as a starting point to define all balanced
components of the system. Namely, as we proceed to describe below, from the variables PV,
M, and M, we determine the balanced streamfunction ¢, which may then be used to obtain
all other balanced variables.

To construct the inversion for ¥, we use the equivalent potential vorticity equation (2.9a)
and write down both ¢ and 6. in terms of ¥, M, and/or M,.. The relative vorticity ¢ is directly
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related to the streamfunction @ by equation (2.7c). The equivalent potential temperature
6., however, requires more discussion. In the quasi-geostrophic limit, equation (2.6a) for 6.
remains unchanged. Therefore, using the fact that (2.4a) can be written in the form ¢, =
(¢t — ¢-)Hy + qus Hs, we use equation (2.6a) to write down an equation for 6. in terms of 6 and

M, in both the saturated and unsaturated regions, where

1 if ¢ — qr < qus turated
H:{ g —qr < gos (wnsaturated) oy (2.11)

0 if gt —qr > qus (saturated)

are the indicator functions for the unsaturated or saturated regions. Specifically, using (2.9b)—

(2.9¢), equation (2.6a) for 6, becomes

0. = L’i (M, —GumbOe) | Ho+ | 0+ LN Qs | H (2.12a)
IT cpll

Cp

or solving for 8, = 0.(6, M,, z) and using the background 6, equation (2.6a) we obtain

1 g 1 Lv g 1 L
.= o+ =2 \H, + L — [0+ 22 H,, 2.12b
di.jdz © GNZ ( eIl ) SR ( cpnq”> (3:128)
where we define the buoyancy frequencies
do g dé,
N2=22 N2 =9 2.1
“opdz and N, 0 dz (2.13)
Then, using (2.12b), the potential vorticity equation (2.9a) becomes
fo g 1 L, g 1 L,
= 0 M, | H, S— |04+ —quvs | Hs | . 2.14
=+ 550 \Pp e +cpH Wt +cqu( (2.14a)

We may then use (2.7a)—(2.7d) on (2.14a) to obtain the inversion relation for ) in terms of PV,
and M,.:

f? oy 10 (. g Ly f*
=PV, — ~— M, H, + qu.H,) | , 2.14b
1“ (pN28 50z facHNZ( + o) (2:140)
where
N?=NZ?H, + N%H,. (2.15)

For PQG, the balanced streamfunction ¢ can then be found by solving the nonlinear, non-
constant coefficient, elliptic partial differential equation (2.14b) using suitable boundary condi-
tions. It is worth noting that the three moisture constituent inversion (2.14b) requires knowledge
not only of the potential vorticity variable, as in dry QG, but also of a moisture variable in the
form of M,. This is in complete analogy to the two moisture constituent inversion presented
n [43], where the moisture variable needed was M rather than M,. Recall that here ¢, is
assumed to be prescribed and therefore does not feature as part of the variables of the system.

Moreover, for PQG, the nonlinearity in inversion (2.14b) arises from the indicator functions
H, and H; due to the fact that they depend implicitly on the streamfunction. To highlight
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this fact, note that we may write the phase transition conditions (2.11) in terms of ¢, PV,, M,
and/or M, as follows. First, using (2.9b)—(2.9c) we may simply write ¢; — ¢, as

qt — qr = MT - leee- (216)

Second, using the fact that 6. is given by (2.6a) and q, = (¢ — ¢»)Huy + qusHs by (2.4a), we

may gather terms and write
(Qt — QT)(DMHu -+ HS) =M, — GM9 -+ (1 — D]M) quHS, (217)

where equations (2.13) and the definition of the background state 6. in (2.6a) allow us to define

L N2
Dy =1+Gy—% =%, 2.18
M + McpH N2 (2.18)
Lastly, subtracting q,s(Dar H, + Hs) from both sides in (2.17) gives
(Qt_QT_QUs)(DMHu+Hs) :MT_GMQ_D]\/Iq’US' (219)

Since Dy H, + H; > 0 by definition, equation (2.19) shows that we may equally take the sign of
M, —Gpr0—Dpqys Or g: — G- — qys as our condition to determine phase transitions. Specifically,
this means that we may re-write the indicator function H,, in terms of the variables M, and v
(the potential temperature 6 is related to only ¢ by (2.7a) and (2.7d)) as

1 if M, — Drgos ‘
" { i G0 < Dprqps  (unsaturated) and H,—1- H,. (2.20)

0 if M, — GypO > Dygys  (saturated)

We note in passing that it is peculiar that the moisture variable M is not required for the
inversion (2.14b), the determination of the phase boundaries (2.20), and the computation of
water vapor ¢, and cloud water g. by means of the equations (2.4a)—(2.4b) and (2.17). One
may legitimately ask the question whether M is a necessary variable in the system or whether
one may dismiss this variable. The variable M is indeed necessary to determine ¢; and gq,, as
we show in Section 2.3; these variables being most likely required to determine the source terms
A, C,, E, in equation (2.10c) for the evolution of M,.

In summary, the balanced or low-frequency component of the streamfunction can be found
by solving (2.14b) for known PV, and M,. Other balanced components can be found using
this balanced streamfunction and the variables PV,, M, and M,. Specifically, the balanced
horizontal velocity is obtained directly from (2.7b) and the balanced potential temperature is
obtained from (2.7a)-(2.7d). To obtain a balanced component for the moisture variables of the
system is more involved. We describe such a process for total water anomaly ¢; in the next

subsection.

2.3 Balanced Component of Total Water

To find the balanced component of total water, we write down the equation for ¢; in terms of the

balanced variables 1, PV,, M, and/or M,. This procedure will be analogous to that discussed
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to obtain (2.17) in the previous section. We begin by using (2.9b) to write ¢t = M — Gps0.. In

addition, from equation (2.17) we deduce

1
(qt - qr)Hu = m (Mr - GMQ) Hu (221)

Then, as before, using the fact that . is given by (2.6a) and ¢, = (¢: — ¢) Hy + qus Hs is given
by (2.4a), we may write

L, 1
q=M—Gy (9 + < (MT — G]ug) H, + quHs>> . (2.22&)

eIl \ Dm

This formulation of ¢; in terms of ¥, M, and M, may be simplified into the concise form

N2 N2 I
=M+ <N2u> <MTHU + cz 0+ qH) (2.22b)
v

by using (2.18). So, the balanced component of the total water mixing ratio is given by the
equation (2.22b) above. Notice that this equation depends on the M, M,, and ¢ variables of
the PQG system for prescribed background profiles of N2, N2, I, and qys.

3 Potential Vorticity Inversion

In this section, we discuss different methods that may be used to recover the streamfunction
of the balanced system. In principle, this process amounts to the inversion of the QG elliptic
operator in (2.14b) using suitable boundary data for a known potential vorticity PV, and
moisture variable M,.. In practice, however, different methods may be attempted to approximate

the streamfunction.

3.1 Estimate using the Pressure

A simple estimate for the streamfunction may be produced as follows. For mid-latitude synoptic
atmospheric flows, one natural idea is to consider the pressure —which may be easily obtainable
from simulations or atmospheric data— as a proxy for the streamfunction. Namely, for flows in
near geostrophic balance, actual pressure is not expected to be significantly different from the
balanced pressure arising from the streamfunction. This would entail estimating the requisite

streamfunction ¢ by
p

ﬁ7

where the subscript 0 is used to connote that this is a “zeroth” order estimate. Therefore,

the function vy is an estimate of ¢ in the sense that it satisfies the equations (2.7a)—(2.7b) of
hydrostatic and geostrophic balance approximately.

Although, this method is not, strictly speaking, an inversion procedure, it represents a
legitimate avenue for estimation of the streamfunction. The appeal of this method is its relative
simplicity and ease of implementation. We include it here mainly for comparison with other

more mathematically justifiable methods.
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3.2 Inversion of Dry QG PV

Another avenue to estimate the streamfunction involves the inversion of equation (2.14b) in a
“one phase” case. Specifically, we consider solving the inversion (2.14b) under the assumption
that H, =1 and H; = 0 everywhere in the domain, i.e., the domain is strictly unsaturated. As
justification for this simplification, we are motivated by the fact that the fraction of the domain
that is saturated is expected to be small in mid-latitude atmospheric dynamics. The inversion

equation in this solely unsaturated case then becomes

9 10 ~f281/1 10 g Ly f2
=) =PV, - = [ M, . 2
Vv + p Oz pNE 0z Ve p Oz pfe cpll N2 (3-2)

Inversion equation (3.2) gives rise to two immediate observations. First, the inversion still
requires for both PV, and M, to be specified; the potential vorticity PV, and moisture variable
M, are then constructed using the definitions (2.9a) and (2.9b). Second, the absence of the phase
indicator functions H,, H, means that the buoyancy frequency coefficients N? are continuous,
though still non-constant.

To carry out the one phase inversion (3.2), suitable boundary information for the stream-
function must be specified. For our purposes we will consider periodicity in the z direction
and Neumann boundary conditions in the y, z directions. Equations (2.7a)—(2.7b) imply that
the Neumann conditions require us to specify the potential temperature 6 at the top and bot-
tom boundaries of our domain and the East-West (zonal) velocity w in the South and North
boundaries of the domain.

We denote the solution of (3.2) by 11, where the subscript denotes that this is a “one phase”

solution.

3.3 Inversion of PQG PV

We may also consider the inversion of (2.14b) with two phases of moisture. Namely, we solve

19 (_f2o0 10 (_.g L, f?
sor (Pa: ) = 7% 5o (”fécpﬁzvz(M"H“”“Hs) o

Vi + =PV,
for the streamfunction ¢ with PV, and M,. specified. As in the one phase case of Section 3.2,
we consider a periodic boundary condition in  and Neumann conditions in y and z.

For a completely balanced flow, as arises from QG dynamics, solving (3.3) for the stream-
function could be done with both discontinuous coefficients and nonlinearities arising from the
phase indicator functions H, and Hg [43]. Here, instead, as a method for decomposing flows
with both balanced and unbalanced components, the phase indicators H,, and H, are influenced
by both the balanced and unbalanced components of the system, and they will be treated as
given functions, which yields a linear problem (with discontinuous coefficients). That is, we
treat the phase interface as known here. For the QG case of the nonlinear inversion problem
where the phase interface is unknown, methods are currently under development (C.-N. Tzou
and S. N. Stechmann, personal communication).

We label solutions of this inversion procedure by 12, where the subscript 2 denotes that this

is a “two phase” solution of the inversion.
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3.4 Numerical Method

To solve the inversions discussed in Sections 3.2-3.3, we use the following simple numerical
method. First, we discretize the differential operator using centered differences on a staggered
grid (e.g., [22]). This step would be standard and second-order accurate if the coefficients of
the PDE were smooth, but it is slightly complicated due to the discontinuity of the buoyancy
frequency coefficients. As a result, the method is only first-order accurate, and it is similar
to the ghost fluid method [27, 28]. Rather than using the more complex version with sub-cell
interface locations [27], our implementation uses the simpler setup with all functions evaluated
at their respective grid points, similar to [28]. Second, the discretized system is then inverted
using the conjugate gradient method for symmetric matrices (e.g., [46]).

The discretization of the system is done on the interior points of the grid which range
over the indices ¢ € [1,I], j € [1,J], k € [1,K]. Thus, grid cell “edges” are located halfway
between interior points, e.g., (i — 1/2,4,k) and (i + 1/2,j, k) are edges for the point (4, j, k).
The boundaries of the domain are then at the points ¢ = 1/2,1 +1/2, j =1/2,J +1/2, and
k=1/2, K+1/2. The discretization of the differential operator then follows the standard form
at the grid point (i, j, k):

2 2
U - f Wi g1 — Vijk . f Yijk — Vijk—1\
PV Vi gk + Prgi)2 N2 ( e ) ~ Ph-1/2737 B2)? =F;

k+1/2 k—1/2
(3.4a)
where V%; ;1 is the usual discrete Laplacian
2 Yiv1k — 2Vik T i1k | Yijrie — 20i gk + Vigo1k
= 3.4b
Vit (Bxy * 89 (3:40)
and
N oG . _g L, f?
F(x,y,z) = pPV, — — with G(z,y,2) =p=—-5 (M, H, + q,sHs 3.4c
(z,y,2) =p P (z,9,2) f@cpHNQ( QusHs) (3.4c)
which is discretized as
G, i —Giip
s = - (Gt G a0

The streamfunction ; ; for the indices i = 0,1 +1, 7 =0,J + 1, and k = 0, K + 1 lies
outside the grid and must be specified in some form. At the ¢ = 1/2,I + 1/2 boundaries of the

domain, we assume periodicity, i.e.,

Yok =Vrjk and Y1k = Y11k (3.4e)

For the y and z boundaries we use discretizations of the conditions (2.7a)—(2.7b) as our Neumann

conditions. Namely, we set

Vi1 k — Vi0.k Vi, g+1,k — Vi, Ik
—ui,1/2,k: = 7Ay and - ui’J+1/2’k = —+ Ay s (34f)
05, i1 — Yij 05,5 i — Vi
gl _ f¢17j71 Yijo .4 gluEy f1/) g1 — Vi ke (3.42)

01/2 Az Ok 112 Az
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where v and 6 are specified functions at the given boundary.
Finally, note that one could possibly use a second-order accurate numerical method [9, 23,
24, 25, 47] instead of a first-order accurate method, but a first-order accurate method is simpler

and is sufficient for the purposes of the present paper.

4 Streamfunction Inversion in a Simplified Setting

In this section, we describe the difference between the streamfunctions and temperatures ob-
tained from the one phase inversion discussed in Section 3.2 and the two phase inversion of
Section 3.3 in a simplified setting. Namely, we use simplified anelastic background states and
simplified anomaly variables to observe the difference our choice of inversion and anomaly vari-
ables has on the resultant streamfunction. Both the background states and anomaly variables
of this section are physically motivated, but are primarily chosen for their analytical simplicity.
We observe that the moisture choice, in particular, the choice of cloud water g., can have a
significant impact on the structure of the streamfunction and temperature. In other words,
all else held equal, the location of the transition between phases, the choice of background
states in saturated regions, and the quantity of cloud water in saturated regions affect the

streamfunction.

4.1 Anelastic Background State

We begin by describing the simplified anelastic background state we will use to study the effects
of moisture on the streamfunction obtained from one and two phase inversions. Our goal in
choosing our background states is for them to be both physically sensible and analytically

tractable. First, we require the background states to satisfy the equations

dp

£ __5 4.1
o =9, (4.1a)
p=pRaT, (4.1b)
~ ~ Rd/(;p
§="T (p?> , (4.1¢)
p

where equation (4.1a) corresponds to hydrostatic balance, (4.1b) is the ideal gas law, and (4.1c)
is the definition of potential temperature. Note that equations (4.1a)—(4.1c) entail that only
one of p, p, T, or 6 may be chosen freely, with all others then determined. For simplicity we

choose the following background potential temperature:
0 =6y + Bz, (4.2a)

where 0y = 280 K and B = 5 K/km are chosen to roughly match a low altitude mid-latitude
profile [35, Fig. 5.8]. A comprehensive list of relevant parameters and their mid-latitude values
is given in Table 1. For this potential temperature profile, equations (4.1a)—(4.1c) determine

the background state pressure

_ Bz cp/Ra
P



14 A. N. Wetzel, L. M. Smith, S. N. Stechmann, and J. E. Martin

where py = 10° Pa is the value of the pressure at the surface; we refer the interested reader
to [12] for a careful derivation of the pressure (4.2b) from profile (4.2a) and equations (4.1a)—
(4.1c). From the background potential temperature (4.2a) and pressure (4.2b), the background
temperature T can then be found by means of (4.1c¢) and the background density p may be
found by means of (4.1Db).

Note that equations (4.1a)—(4.1c) do not specify the background moisture. So, we freely

choose the background water vapor to be
Gv = quo exp (—C2). (4.2¢)

where ¢, 0 = 8 g/kg and C' = 1/5 km™! are again chosen to be physically sensible for mid-
latitudes [35, Fig. 5.15]. The form of the background state density p, pressure p, potential

temperature 6, and water vapor ¢, is shown in Figure 1.

16 16
14+ 14+
12t 12+
10} 10+
g8 B
RN 0
6f 6f
4t 4t
2t 2t
0 : : : : : : 0 : : : :
0 02 04 06 08 1 12 14 0 0.2 04 06 08 1
P (kg/m’) 7 (10° Pa)
16 : : : : : : : 16
14+ 1 14+
12} 1 12}
10t 1 10¢
R ER
0 0
6 6
4 4
2 2
: 0
280 290 300 310 320 330 340 350 360 0

Figure 1. Anelastic background states satisfying equations (4.1a)—(4.1c), (4.2a), and (4.2c).
Top left: background density p. Top Right: background pressure p. Bottom left: background
potential temperature 6. Bottom right: background water vapor g,.

Additionally, the water vapor saturation profile may be determined in approximate form

using the Clausius-Clapeyron relation [12, 40]. Namely, we define the total saturation profile to

be ¢'%(2) = qus(p(2), T(2)) = qus(p, T), where the saturation profile g,s(p,T) is obtained from
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the total pressure and the Clausius-Clapeyron formula for saturation vapor pressure dependent

on the temperature 7. This gives the equation

tot Qus,0 Lv ( 1 1 ))
e = ——€xp|l——|=——11], 4.3a
é p/po p( R, \T 6o (4.32)

where g,5,0 = 20 g/kg is the surface water vapor saturation value. Then, the saturation water

vapor (anomaly) that will be used to determine the phase transitions, e.g., using relations
(2.32)—(2.3b), is then

Qus = fo;t - qu (43b)

Lastly, the background potential temperature 6 (4.2a) and water vapor ¢, (4.2c) with equa-

tion (2.6a) for 6, allow us to determine the buoyancy frequencies N2(z) and N2(z) defined by

equations (2.13). The form of the buoyancy frequencies is shown in Figure 2.

z (km)
fes)

0.6 0.8 1 1.2 1.4 16 1.8
(1074 s7h

Figure 2. Buoyancy frequencies for unsaturated regions N2 (solid line) and saturated regions
N2 (dashed line).

4.2 Simplified Anomaly Variables

In this section, we describe the simplified anomaly variables that we will use in each of our
streamfunction inversions. The choice of these variables will determine not only what may
be acceptable boundary conditions for the inversion procedure, but also the location of phase
transitions. In principle, each streamfunction inversion requires us to specify both the equivalent
potential vorticity PV, and moisture variable M,.. It is perhaps easier, however, to construct
these variables from simpler variables related to the moisture and streamfunction. In this case,
we choose to use the moisture g; — ¢ and a streamfunction like function . The potential

vorticity PV, and moisture variable M, will then be defined by

PV, =it 10 ( P (ﬂ”’“” + B (g —aH, + quHg)) , (4.4a)

df./dz \ g 0z ¢TI
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Table 1.
Parameter Typical Value Definition
f 1074 s T Coriolis parameter
g 9.81 m/s? Acceleration due to gravity
L, 2.5 x 10 J kg=!  Latent heat factor
Cp 102 J kg=! K='  Specific heat at constant pressure
Ry 287 J kg=! K=!  Dry air gas constant
R, 462 J kg=! K='  Water vapor gas constant
Do 10° Pa Reference surface pressure
) 280 K Reference surface temperature
B 5K km™! Vertical gradient of background temperature
Gv,0 8gkg! Reference surface water vapor
c 1/5 km™! Background water vapor rate of decrease
Qus,0 20 g kgt Reference surface saturation water vapor
Ag 10 g kg~! Surface value of moisture anomaly
Ay —1gkg ' km™! Vertical gradient of moisture anomaly
L 1,000 km Horizontal reference scale for QG dynamics
H 10 km Vertical reference scale for QG dynamics
U 10 m/s Velocity reference scale for QG dynamics
M, = g — g, + G (fea*" + 2 (g - ) H + qU5H5)> (4.4b)
g 0z cpll

for prescribed variables ¢; — ¢, and . As before, the indicator functions H, and Hg are
determined to be consistent with the phase conditions (2.11) for the chosen ¢; — ¢ and gys.
Thus, once ¢; — ¢ and ¢ are chosen, PV, and M, are determined and are kept the same for
both inversion cases.

We will consider two different formulations for the ¢; — ¢, and ¢ variables. One formulation
will be chosen so that ¢, — ¢, and ¢ are uniform in the horizontal directions (uniform in x and
y), while the other formulation will have x and y variation. Namely, for simplicity we choose

the moisture variable ¢; — ¢, to satisfy either

G —Gr = Ao+ Arz

1 4 2
U= =3 (A + zAq) (2 — cos (LL:E> cos <Lyx>) )

Here, we choose the parameters Ag = 10 g/kg and A; = —1 (g/kg) km~! related to the moisture
profile and L, = 12,000 km and L, = 8,000 km related to the domain geometry. We show the
moisture variable ¢; — ¢, for both (4.5a) and (4.5b) for the saturation water vapor (4.3a)—(4.3b)

(4.5a)

or

(4.5b)

in Figure 3. Notice that the region where ¢; — ¢, > ¢,s corresponds to a saturated region;
for our chosen moisture profiles saturation occurs approximately between 2 km < z < 10 km.
Since ¢. = ¢+ — ¢» — qus by definition (2.4b), the excess of ¢; — ¢, above the saturation water
vapor ¢,s corresponds to cloud water and can be seen to have a maximum of about 2.5 g/kg
at z = 6 km for (4.5a) and two maxima of about 2.5 g/kg at (z,y,2) = (3000,4000,6) km
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and (z,y, z) = (9000,4000,6) km for (4.5b). Lastly, we note that the values of ¢; — ¢, at high
altitudes are not wholly realistic as they would require a very large and negative rainwater ¢,
profile to be true, but we neglect this fact in favor of the relative simplicity of the moisture

profile.

Phase Relation ¢; — ¢, — qus

16— - - - - - - - 16 8
14| s -=q—q| 14 6

12+ AN 1 12 4
< — \_/—
101 AR ] =10 2
7 N D:' 00
N s
S . g 8 0=
6 ~ e
N

r R 1 6 2
~
N
4r AN 1 4 -4
~
~
2 N 1 2 -6
. . 0
1 2 3 4 5 6 7 8

2 4 6 8 10 12
(g/kg) y (South-North 10° km)

Figure 3. Saturation water vapor g¢,s from (4.3a)—(4.3b) with moisture anomaly ¢; — ¢,.. Left:
quvs (solid line) and ¢; — ¢, (dashed line) given by (4.5a) in the simplified setting. Right:
gt — Gr — Qus for ¢: — ¢, given by (4.5b); solid black lines represent phase transitions

qt — qr = Qus-

Next, we similarly consider two formulations of for the variable ¢. In particular, we consider

either 6
@ =ULcos <L7Tz> (4.6a)
o 4 2 6
0 T T
© =ULcos <Lxm) cos (Lyy> cos (LZ2> . (4.6b)

Here, we choose U = 10 m/s and L = 105 m as realistic mid-latitude geostrophic values [48]
and L, = 16 km as the height of the domain.

Therefore, we construct the potential vorticity PV, and moisture variable M, via (4.4a)-
(4.4b) by using (1) the formulation (4.5a) and (4.6a) to obtain a uniform in x and y system
and (2) the formulation (4.5b) and (4.6b) which gives a system with variability in (z,y,z). We
show the potential vorticity PV, and moisture variable M, using (4.5a) and (4.6a) in Figure 4
and those obtained using (4.5b) and (4.6b) in Figure 5.

4.3 Comparison of One and Two Phase Inversions

Using the anomaly variables PV, and M, of Section 4.2 with the background state of Sec-
tion 4.1, we may recover the streamfunction by inverting (2.14b) using the numerical method
specified in Section 3.4. We are then additionally able to compute the balanced potential tem-
perature arising from the streamfunction by means of equations (2.7a) and (2.7d). We do the

streamfunction inversion in two ways: first, we consider the one phase inversion outlined in
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Figure 4. Left: Equivalent potential vorticity PV, for the uniform in x and y formulation
(4.5a) and (4.6a). Right: Moisture variable M, for the same formulation.
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Figure 5. Left: Equivalent potential vorticity PV, for the fully three-dimensional (4.5b) and
(4.6b) formulation. Right: Moisture variable M, for the same formulation.

Section 3.2 and, second, we consider the two phase inversion described in Section 3.3. For each
inversion we impose the following boundary conditions: periodicity in the = direction, % =0
ony = 0,L,, and g—f =0on z =0,L,. In addition, to understand the effect that our choice
of anomalies has on the streamfunction we use both the uniform in y, z formulation (4.5a) and
(4.6a) and the fully three-dimensional formulation (4.5b) and (4.6b).

The streamfunction and balanced potential temperature from the one phase (denoted with
a subscript 1) and two phase (denoted with a subscript 2) inversions using PV, and M, for
the uniform in z and y formulation are shown in Figure 6. Notice that the balanced one and
two phase streamfunctions and temperatures differ significantly in the location of the region
of saturation; in this case, saturation occurs between 2 < z < 10 km as shown in left plot of

Figure 3. In particular, an excess of cloud water of about ¢. ~ 3 g/kg (left plot in Figure 3)
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leads to a difference of about 8 K in the temperature (bottom plots in Figure 6) or about a
20% change in the amplitude. The one phase temperature appears to be strictly lower than
the two phase temperature. Moreover, the length scale of the difference between one and two

phase solutions is comparable to the length scale of cloud water q. features.

4 05 0 05 1 15 2 25 3
(107 m?/s)

z (km)

Figure 6. Streamfunction ¢ (top) and potential temperature 6 (bottom) arising from inversion
using PV, and M, given by uniform (4.5a) and (4.6a). Subscript 1 refers to one phase
inversion while subscript 2 refers to two phase inversion.

Similarly, the potential temperature and the difference between the potential temperature
from the one and two phase inversions is shown in Figure 7 for the fully three-dimensional PV,
and M, of (4.5b) and (4.6b). As in the 1D case, we observe that an excess of ¢. ~ 3 g/kg (right
on Figure 3) in cloud water leads to a 7 K difference in temperature. Moreover, we find that
the region where the significant difference between the two temperature fields occurs is strongly
linked to the location where the system in saturated; compare the region of saturation of the
right plot in Figure 3 with the region in Figure 7. As before, the difference is such that the
temperature of the one phase inversion is lower than that of the two phase case. This, however,
is no longer strictly true everywhere in the domain; observe that the two phase temperature is
higher at (y, z) = (4000, 12) km, which is inside the unsaturated region of the domain.

It is perhaps not surprising that the differences between the solutions of the two inversion
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Figure 7. Potential temperature 6; obtained from one phase inversion (left) and difference
between temperatures in one and two phase inversions (right). Both streamfunction inversions
preformed using PV, and M, given by (4.5b) and (4.6b).

procedures are strongest in the locations where the system is saturated; the key difference
between the one and two phase inversions is the incorporation of saturated regions into the
inversion. We may indeed clarify this point slightly by considering the difference between the
two inversion procedures.

4.4 Difference Between One and Two Phase Inversions

We note briefly that by taking the difference (3.2) and (3.3) it is possible to write down a

simple PDE satisfied by the difference between the streamfunctions, i.e., ¥ — 1)1. Specifically,
the difference between the solutions of the one and two phase inversions can be written as

19 (_f2 0 19 (g L, f*

2 — —— | p=— 4.7

VH("#Q ¢1) + ﬁaz (pN2 9z W %)) paz ( f0 Cp N2 de ( )

simplifying by means of equation (2.6a) for 6., equation (2.9¢) M,, and equation (2.18) and

the fact that both inversions require the same PV, and M, variables. Therefore, the difference

between the two inversion procedures is related to the cloud water and the location of phase
transitions.

5 Simulated Data

Here, we use data from an equilibrated turbulent synoptic mid-latitude numerical simulation to
determine balanced components for the temperature and velocity by means of the procedures
of Section 3. Notice that data arising from a large scale mid-latitude simulation fits naturally
within the QG inversion or approximate QG balance framework of Section 3. We proceed analo-
gously to Section 4 by constructing potential vorticity PV, and moisture variable M,. to recover

the streamfunction. The balanced variables that arise from these different streamfunction are
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then compared and the effects of the different inversions on the solutions are discussed. We

begin by describing the numerical model chosen and the simulation setup.

5.1 Description of WRF Numerical Code and Setup

For our numerical simulations we use version 3.7.1 of the Weather Research and Forecast
(WRF; [42]) model developed by the National Center for Atmospheric Research (NCAR). The
WRF model solves the compressible, non-hydrostatic Euler equations using a terrain-following
hydrostatic-pressure vertical coordinate with C-grid staggering and a time-split integration
scheme. Our simulation consists of a generalization of the idealized default unstable baroclinic
wave case em_b_wave available within the WRF package. Namely, we configure the model to run
a (-plane mid-latitude channel simulation. The physics parameterization used for this simula-
tion is that of the Kessler microphysics scheme [15], which contains warm moisture constituents
of rainwater, cloud water, and water vapor. We include no short- or long-wave radiation, no
surface or boundary layer physics, and no cumulus physics schemes.

The channel geometry is chosen to be L, x Ly x L, = 12,000 km x8,000 km x16 km
in the West-East, South-North, and Down-Up directions, respectively. The resolution of the
simulation is selected to be Ax = Ay = 25 km, giving 480 equally spaced grid points in the
East-West and 320 points in the South-North direction, and 64 grid points in the vertical
direction, accounting for an approximate Az & 250 m resolution in the vertical. The time-step
chosen is At = 40 seconds. The $-plane is chosen with the following parameters: fy = 10~*
s7! at the center of the channel and f = 1078 s~! km™! as the south-north gradient, i.e.,
f = fo+B(y—yo), where f is the Coriolis frequency and yo = L,/2 = 4,000 km is the reference
position at the center of the channel.

Lastly, we impose periodic boundary conditions in the z (East-West) direction and specify
the boundary values in the South and North walls of the channel. At these specified boundaries
we use a relaxation zone of 4 grid points. Therefore, the south and north boundary conditions
are rigid and specified. The specific boundary values used at the south and north walls of the

channel are discussed in more detail in the next section.

5.2 Background State and Boundary Conditions

The background state and boundary conditions for the numerical simulation are chosen to be
physically relevant for a mid-latitude flow. These values themselves are taken from the default
WRF package em_b_wave. We show the anelastic background state used in the numerical
simulation in Figure 8. Similarly, the uniform in z (East-West) south and north boundary
values are shown in Figure 9. For the boundary data, we note that the water vapor chosen has
a significant signal at the southern boundary. Namely, the southern boundary will maintain a
high level of water vapor that will then flow into the channel through this wall. In this way,

the total moisture in the channel is controlled by these chosen boundaries values.
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Figure 8. Anelastic background states used in the WRF numerical simulation.

5.3 Snapshots of Simulated Data

We run the numerical simulation of the WRF model beginning from an unstable baroclinic
wave initial condition. We do not describe this initial condition in detail since it is that found
in the default em_b_wave case and our interest lies in the equilibrated state. In this simulation,
nonlinear effects become significant at around 8 days and equilibration of the solution is achieved
after about 40 days of simulation time. For the remainder of this section, we consider the
simulation data at 100 days since the system is well equilibrated and turbulence is sufficiently
developed at that time.

To give a sense of the simulated data at 100 days, we show a series of cross-sections at 4 km
height of the turbulent channel flow and a 3D visualization of the cloud water in Figure 10. At
100 days we find a significant amount of transport of moisture northward at = 8,000 km; see
qv plot in Figure 10. This moisture transport is connected to a broad northward meander of the
West-East jet at this height most easily seen in the top picture of Figure 11 for the pressure.
In addition, we observe a significant amount of cloud cover in the northern part of the channel
and broad cloud cover in the region between 5 km and 10 km in height; see g. plot and the 3D

cloud isosurface plot in Figure 10 .
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Figure 9. Southern and northern boundary values of velocity u (top left), water vapor g, (top
right), potential temperature 6 (bottom left), and equivalent potential temperature 6.
(bottom right) used in WRF simulations.

5.4 Balanced Components of Simulated Data

Since our simulation consists of an equilibrated mid-latitude channel flow, the QG inversions
of Section 3 used to construct the balanced flow are directly applicable. For the simulation we
compute the balanced components of the velocity and temperature analogously to the simplified
case of Section 4. Namely, we construct PV, and M, variables using the simulated data and
use these to recover the balanced streamfunction by means of an inversion process. Unlike the
process of Section 4, however, we are also able to compute a streamfunction arising from the
pressure as discussed in Section 3.1. The balanced velocity and temperature are then obtained
from the respective streamfunction by means of equations (2.7a)-(2.7d). For the inversions
we use boundary conditions arising from the simulated data: periodicity in the x direction,
0Y/0y = —uwony=0,L,, and 0¢/0z = g0/(f0) on z = 0, L,. Here, boundary values of the
velocity u and the temperature 6 are given by the simulation.

We show a cross-section at 4 km height for the streamfunctions obtained from the estimate

from pressure and inversion procedures in Figure 11. We note that all streamfunctions produce
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vapor ¢, Middle: Cloud water ¢, with solid black line for the cloud boundary. Bottom: Cloud
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broadly the same essential features with the streamfunction from pressure broadly agreeing
with those obtained from inversion. Namely, all streamfunctions reproduce the large meander
of the flow at z =~ 8,000 km and the two large vortices at y = 5,000 km. The West-East jet
meander coincides with the northward moisture transport seen in the bottom row of Figure 10.
The two vortices, moreover, correspond to areas with significant cloud water coverage.

In terms of the individual streamfunctions, we note that the streamfunction estimated from
pressure appears to overestimate the pressure gradient associated with the two northern vortices
in comparison to the one and two phase solutions. Similarly, the one and two phase streamfunc-
tions consider the West-East jet to be slightly stronger, with a higher gradient of streamfunction
seen in the meander. Differences between the one and two phase streamfunctions appear to be
small and localized owing largely to the small cloud water amounts in the saturated regions of
the simulation; see bottom plot in Figure 11. Nonetheless, differences between the one and two
phase streamfunctions become appreciable on derivatives of the streamfunction: the balanced
velocity and temperature.

We may quantify some the differences between the streamfunction estimates by considering
the Ly norm of the data. Namely, below 8 km in height we find that ||¢1 —tol]2/|]%0]|2 = 0.3062
and ||v2 — ¥1]2/||¥1]]2 = 0.0106, where the subscript 0 denotes the estimate from pressure, the
subscript 1 denotes the one phase inversion, and 2 denotes the two phase inversion. That is, the
difference between the streamfunction from pressure 1y and the one phase streamfunction
below 8 km is roughly 30%, while the difference between the one and two phase streamfunctions
below 8 km is about 1%. This is broadly consistent with what is observed on the figures, but we
note that these norms may not capture significant small scale variations between the variables.

In addition, we show the cross-sections of the velocity at a 4 km height in Figure 12 and
velocity differences, the unbalanced velocities, in Figure 13. These pictures show that large
scale features of the velocity are broadly captured by all balanced velocities. Most small scale
features of the raw velocity, however, are filtered out below the ~ 500 km level in both the
one and two phase balanced velocity. In contrast, the balanced velocity arising from pressure
appears to overestimate the amplitudes of large features and significantly overestimates the
small scale velocity signature.

As before, we may quantify the bulk differences between the balanced velocities and the
raw velocity by considering the Ls norm of the data. Namely, considering the values of the
velocities below 8 km in height we find: ||u — ugl|2/||u|]2 ~= 0.4664, ||u — u1||2/||u||2 ~ 0.1205,
and ||us —uq||2/||u1]]2 & 0.0180. Therefore, the balanced velocity estimated from pressure gives
a significantly different velocity signal as those predicted from the one and two phase inversions.
The one and two phase inversions are close to each other in the large scale, however, they differ
at small scales in regions of saturation. To see this last fact about the one and two phase
balanced velocities, we consider the magnitude of the Fourier transform in the x direction for a
fixed (y, z) of the data and average for all y values, i.e., the meridional mean of the magnitude
of the zonal Fourier transform. Again, we pick the height of z = 4 km and show these results
on the left plot of Figure 16. Figure 16 shows that the one and two phase balanced velocities
capture the raw velocity at large scales, but begin to differ from it at scales below ~ 1000 km.

Moreover, the one and two phase velocities differ from each other at scales below ~ 400 km;
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Figure 11. Balanced streamfunction obtained using the three methods described in Section 3
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or streamlines for the balanced flow. Top: Streamfunction estimate from pressure 1y. Middle:
One phase streamfunction ;. Bottom: Difference between two and one phase
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Figure 12. Velocity from simulation at 4 km height 100 days after start of simulation.

the scales associated with the cloud water, as seen in Figure 10.

We may similarly compare cross-sections of the potential temperature with the balanced
temperature at the 4 km height. We show the temperature in Figure 14 and temperature
differences, the unbalanced temperatures, in Figure 15. We find that the potential temperature
6 is approximated very well by the balanced solutions for large scales. Indeed, ||0—6o]|2/]|0]|2 =
0.2134, [|60 — 041]|2/]|0]|2 ~ 0.0919, and ||02 — 61]]2/]|01]]2 = 0.0167. So, while the estimate
from pressure 6y still differs significantly from the one and two phase temperatures, they all
collectively match the raw temperature broadly. In addition, the one and two phase balanced
temperature variables are again very close (2%) to each other in the large scale sense.

To observe the small scale features that are filtered out by the balanced temperatures we
show the temperature differences in Figure 15. We see that the differences between the raw
potential temperature 6 and the balanced temperature 6, are broadly in the large scale and
mostly of the order of 5 K. The difference between the raw temperature 6 and the balanced one
phase temperature 6; and two phase temperature 02 are mostly in the small scale (below ~ 500
km) and have significant amplitude differences of 15 K. The locations where these differences
between the one and two phase solution and the raw data occur coincide with the location of the
strong streamfunction vortices of Figure 11 and the cloud water shown in Figure 10. In addition,
the differences between one and two phase balanced temperatures are significant (order of 5 K),
match very closely the cloud water distribution, and are most prominent in the location of the
two vortices; the fact that the difference between one and two phase streamfunctions are most
significant in regions with cloud water is consistent with our discussion in Section 4.4.

We consider once more the mean in the y direction of the magnitude of the Fourier transform
in the z direction for a fixed z = 4 km and show these results for the temperature in the right
plot of Figure 16. We find that this plot broadly corroborates our conclusions so far, but
allows us to quantify our observations. Namely, we find that the potential temperature 6§ and
the balanced potential temperature arising from the pressure 6y are nearly indistinguishable

at all scales. The one and two phase balanced temperatures begin to differ from the potential
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Figure 14. Temperature from simulation at 4 km height 100 days after start of simulation.

temperature at about the ~ 1000 km scale and begin to differ from each other below = 400
km. Thus, the one and two phase balanced temperatures filter out the small scale features of
the temperature and differ between each other at the scales associated with the cloud water
content of the flow.

6 Conclusion

We have presented a procedure to determine the balanced and unbalanced components of
atmospheric variables in moist mid-latitude flows. To accomplish this, we were motivated by
the anelastic PQG equations [43] with the three moisture constituents of water vapor, cloud
water, and rainwater. These equations give rise to a natural decomposition of balanced and
unbalanced modes by means of a PV and moisture variable (M) inversion that recovers the
QG streamfunction of this moist problem under suitable boundary conditions. This inversion
procedure differs from those previously considered in the recognition that both PV and M
variables —accounting for moisture, precipitation, and two phases of water— are necessary to
recover the streamfunction, rather than a single dry PV variable. This QG streamfunction
may then be used to construct all other balanced variables of the system, including balanced
moisture variables.

To recover the streamfunction, we considered three methods: using the pressure as a proxy
for the streamfunction, a one phase PV-and-M inversion, or a two phase PV-and-M inversion.
The streamfunction recovered from each method leads to balanced variables that broadly cap-
ture the large scale, synoptic features of the atmospheric quantity in question. Namely, the
balanced components of both velocity and temperature capture the large scale features of the
raw velocity and temperature. Of the three methods, the balanced components arising from
pressure do worst in capturing the large scale features of the flow. The balanced variables,
however, mainly differ from each other and the raw data at smaller scales associated with the

phase transitions and the cloud water. Therefore, considerable differences may arise between
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Figure 15. Differences between temperature 6 and balanced temperatures 6; for i = 0,1, 2
obtained from the three methods of Section 3 at 4 km height at 100 days.

solutions of different inversion procedures.
The main finding is that it is within the cloud where the the two-phase inversion method

has the most substantial differences from the one-phase inversion method. For example, within
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Figure 16. Mean in y (meridional) direction of magnitude of Fourier transforms in the
(zonal) direction at 4 km height and 100 days. Left: Velocity. Right: Potential temperature.
The raw potential temperature 6 and the balanced temperature 6y are nearly identical on the
right-hand picture.

the cloud, the potential temperature difference of the two methods, 6; — 65, is as large as 5
K. Furthermore, a theoretical explanation was derived in (4.7) in the form of an elliptic PDE
for the difference ¥, — 1) in the one-phase and two-phase streamfunctions. The forcing in the
elliptic PDE is related to the cloud water, q., the presence of cloud water is a main factor in
creating differences between the different inversion methods. Another key factor is that the
two-phase inversion involves two different buoyancy frequencies, N2 and N2, corresponding
to the unsaturated and saturated phases, respectively; and the different values of N2 and N2
contribute to the differences seen in the streamfunctions v, and .

Lastly, we note that one may similarly consider the effects that the different inversion
procedures have on the balanced component of total water. In particular, it may be of interest
to determine the dependence of the balanced component of moisture on features arising from
the moisture such as the phase transition and rainwater. We leave, however, the analysis of

this quantity for a future paper.

References

[1] P. R. Bannon. On the anelastic approximation for a compressible atmosphere. J. Atmos. Sci, 53(23):3618—
3628, 1996.

[2] J. Derber and F. Bouttier. A reformulation of the background error covariance in the ECMWF global data
assimilation system. Tellus A, 51(2):195-221, 1999.

[3] A. Dutrifoy and A. J. Majda. The dynamics of equatorial long waves: a singular limit with fast variable
coefficients. Commun. Math. Sci., 4(2):375-397, 2006.

[4] A. Dutrifoy and A. J. Majda. Fast wave averaging for the equatorial shallow water equations. Comm.
PDEs, 32(10):1617-1642, 2007.

[5] A. Dutrifoy, A. J. Majda, and S. Schochet. A simple justification of the singular limit for equatorial
shallow-water dynamics. Comm. Pure and Appl. Math., 62(3):322-333, 2009.

6] K. A. Emanuel. Atmospheric Convection. Oxford University Press, 1994.



32
7
8]
9

[10]
[11]
[12]
[13]

(14]
(15]

[16]
[17]
18]
[19]
[20]
[21]

(22]

[23]
[24]
[25]
[26]
[27]
[28]
[29]
[30]
[31]

(32]
33]

A. N. Wetzel, L. M. Smith, S. N. Stechmann, and J. E. Martin

P. F. Embid and A. J. Majda. Averaging over fast gravity waves for geophysical flows with arbitary
potential vorticity. Comm. PDEs, 21(3-4):619-658, 1996.

P. F. Embid and A. J. Majda. Low Froude number limiting dynamics for stably stratified flow with small
or finite Rossby numbers. Geophys. Astrophys. Fluid Dynam., 87(1-2):1-50, 1998.

A. L. Fogelson and J. P. Keener. Immersed interface methods for Neumann and related problems in two
and three dimensions. SIAM J. Sci. Comput., 22(5):1630-1654, 2001.

D. M. W. Frierson, A. J. Majda, and O. M. Pauluis. Large scale dynamics of precipitation fronts in the
tropical atmosphere: a novel relaxation limit. Commun. Math. Sci., 2(4):591-626, 2004.

W. W. Grabowski and P. K. Smolarkiewicz. Two-time-level semi-Lagrangian modeling of precipitating
clouds. Mon. Wea. Rev., 124(3):487-497, 1996.

G. Hernandez-Duenas, A. J. Majda, L. M. Smith, and S. N. Stechmann. Minimal models for precipitating
turbulent convection. J. Fluid Mech., 717:576-611, 2013.

B. J. Hoskins, M. E. McIntyre, and A. W. Robertson. On the use and significance of isentropic potential
vorticity maps. Q. J. Roy. Met. Soc., 111(470):877-946, 1985.

E. Kalnay. Atmospheric modeling, data assimilation and predictability. Cambridge University Press, 2003.

E. Kessler. On the distribution and continuity of water substance in atmospheric circulations. Number 32
in Meteorological Monographs. American Meteorological Society, 1969.

B. Khouider, A. J. Majda, and S. N. Stechmann. Climate science in the tropics: waves, vortices and PDEs.
Nonlinearity, 26(1):R1-R68, 2013.

S. Klainerman and A. J. Majda. Singular limits of quasilinear hyperbolic systems with large parameters
and the incompressible limit of compressible fluids. Comm. Pure Appl. Math., 34(4):481-524, 1981.

S. Klainerman and A. J. Majda. Compressible and incompressible fluids. Comm. Pure Appl. Math.,
35(5):629-651, 1982.

R. Klein and A. J. Majda. Systematic multiscale models for deep convection on mesoscales. Theor. Comp.
Fluid Dyn., 20(5-6):525-551, 2006.

D. T. Kleist, D. F. Parrish, J. C. Derber, R. Treadon, R. M. Errico, and R. Yang. Improving incremental
balance in the GSI 3DVAR analysis system. Mon. Wea. Rev., 137(3):1046-1060, 2009.

G. Lackmann. Midlatitude Synoptic Meteorology: Dynamics, Analysis, and Forecasting. American Mete-
orological Society, 2011.

R. J. LeVeque. Finite Difference Methods for Ordinary and Partial Differential Equations, Steady State
and Time Dependent Problems. Society for Industrial and Applied Mathematics (STAM), Philadelphia,
2007.

R. J. Leveque and Z. Li. The immersed interface method for elliptic equations with discontinuous coeffi-
cients and singular sources. SIAM J. Numer. Anal., 31(4):1019-1044, 1994.

Z. Li. A note on immersed interface method for three-dimensional elliptic equations. Comput. Math. Appl.,
31(3):9-17, 1996.

Z. Li and K. Ito. Maximum principle preserving schemes for interface problems with discontinuous coeffi-
cients. SIAM J. Sci. Comput., 23(1):339-361, 2001.

F. B. Lipps and R. S. Hemler. A scale analysis of deep moist convection and some related numerical
calculations. J. Atmos. Sci., 39(10):2192-2210, 1982.

X.-D. Liu, R. P. Fedkiw, and M. Kang. A boundary condition capturing method for Poisson’s equation
on irregular domains. J. Comput. Phys., 160(1):151-178, 2000.

X.-D. Liu and T. Sideris. Convergence of the ghost fluid method for elliptic equations with interfaces.
Math. Comput., 72(244):1731-1746, 2003.

A. J. Majda. Compressible Fluid Flow and Systems of Conservation Laws in Several Space Variables,
volume 53 of Applied Mathematical Sciences. Springer-Verlag, New York, 1984.

A. J. Majda. Introduction to PDEs and Waves for the Atmosphere and Ocean, volume 9 of Courant
Lecture Notes in Mathematics. American Mathematical Society, Providence, 2003.

A. J. Majda and P. Embid. Averaging over fast gravity waves for geophysical flows with unbalanced initial
data. Theor. Comput. Fluid Dyn., 11(3-4):155-169, 1998.

A. J. Majda and J. Harlim. Filtering Turbulent Complex Systems. Cambridge University Press, 2012.

A. J. Majda and R. Klein. Systematic multiscale models for the Tropics. J. Atmos. Sci., 60(2):393-408,
2003.



Balanced and Unbalanced Components of Moist Atmospheric Flows with Phase Changes 33

(34]

(35]

(36]
37)

(38]
(39]

(40]
41]

42]

[43]
[44]

[45]
[46]

[47]
(48]
[49]

[50]

A. J. Majda and P. E. Souganidis. Existence and uniqueness of weak solutions for precipitation fronts: A
novel hyperbolic free boundary problem in several space variables. Comm. Pure Appl. Math., 63(10):1351—
1361, 2010.

J. Marshall and R. A. Plumb. Atmosphere, Ocean, and Climate Dynamics: An Introductory Text. Aca-
demic Press, Boston, MA, 2007.

J. E. Martin. Mid-latitude atmospheric dynamics: a first course. John Wiley & Sons, 2006.

R. McTaggart-Cowan, J. R. Gyakum, and M. K. Yau. Moist component potential vorticity. J. Atmos.
Sci., 60(1):166-177, 2003.

Y. Ogura and N. A. Phillips. Scale analysis of deep and shallow convection in the atmosphere. J. Atmos.
Sci., 19(2):173-179, 1962.

D. F. Parrish and J. C. Derber. The National Meteorological Center’s spectral statistical-interpolation
analysis system. Mon. Wea. Rev., 120(8):1747-1763, 1992.

R. R. Rogers and M. K. Yau. A short course in cloud physics. Butterworth—Heinemann, Burlington, 1989.

W. H. Schubert, S. A. Hausman, M. Garcia, K. V. Ooyama, and H.-C. Kuo. Potential vorticity in a moist
atmosphere. J. Atmos. Sci., 58(21):3148-3157, 2001.

W. C. Skamarock, J. B. Klemp, J. Dudhia, D. O. Gill, D. M. Barker, M. G. Duda, X.-Y. Huang,
W. Wang, and J. G. Powers. A description of the Advanced Research WREF version 3. NCAR Tech.
Note NCAR/TN4754+STR, NCAR, 2008.

L. M. Smith and S. N. Stechmann. Precipitating quasigeostrophic equations and potential vorticity inver-
sion with phase changes. J. Atmos. Sci., 74(10):3285-3303, 2017.

S. N. Stechmann and A. J. Majda. The structure of precipitation fronts for finite relaxation time. Theor.
Comp. Fluid Dyn., 20(5-6):377-404, 2006.

B. Stevens. Atmospheric moist convection. Annu. Rev. Earth Planet. Sci., 33(1):605-643, 2005.

L. N. Trefethen and D. Bau III. Numerical Linear Algebra. Society for Industrial and Applied Mathematics
(SIAM), Philadelphia, 1997.

C.-N. Tzou and S. N. Stechmann. Simple second-order finite differences for elliptic PDEs with discontinuous
coefficients and interfaces. Comm. App. Math. and Comp. Sci., 14(2):121-147, 2019.

G. K. Vallis. Atmospheric and Oceanic Fluid Dynamics: Fundamentals and Large-scale Circulation.
Cambridge University Press, New York, 2006.

A. N. Wetzel, L. M. Smith, and S. N. Stechmann. Moisture transport due to baroclinic waves: Linear
analysis of precipitating quasi-geostrophic dynamics. Math. Clim. Weather Forecast., 3(1):28-50, 2017.

Y .-S. Zhou, K.-F. Zhu, and Z. Zhang. Anomaly of the moist potential vorticity substance with mass forcing
and its application in diagnosing Mei-yu front rainfall. A¢tmos. Ocean. Sci. Lett., 8(1):39-44, 2015.



