
Limnol. Oceanogr. 9999, 2020, 1–17
© 2020 Association for the Sciences of Limnology and Oceanography

doi: 10.1002/lno.11419

Source partitioning of oxygen-consuming organic matter in the hypoxic
zone of the Chesapeake Bay

Jianzhong Su,1,2 Wei-Jun Cai ,1* Jean Brodeur ,1 Najid Hussain ,1 Baoshan Chen ,1 Jeremy M. Testa ,3

K. Michael Scaboo,1 Deb P. Jaisi,4 Qiang Li,4 Minhan Dai ,2 Jeffrey Cornwell 5

1School of Marine Science and Policy, University of Delaware, Newark, Delaware
2State Key Laboratory of Marine Environmental Science, Xiamen University, Xiamen, China
3Chesapeake Biological Laboratory, University of Maryland Center for Environmental Science, Solomons, Maryland
4Department of Plant and Soil Sciences, University of Delaware, Newark, Delaware
5Horn Point Laboratory, University of Maryland Center for Environmental Science, Cambridge, Maryland

Abstract
We surveyed the carbonate system along the main channel of the Chesapeake Bay in June 2016 to elucidate

carbonate dynamics and the associated sources of oxygen-consuming organic matter. Using a two endmember
mixing calculation, chemical proxies, and stoichiometry, we demonstrated that in early summer, dissolved inor-
ganic carbon (DIC) dynamics were controlled by aerobic respiration in the water column (43%), sulfate reduc-
tion in the sediment (39%), atmospheric CO2 invasion (13%), and CaCO3 dissolution (5%). A mass balance of
the DIC concentration and its stable isotope suggested that the apparent δ13C of oxygen-consuming organic
matter was −19.4 � 0.3‰. The bulk composition of particulate organic matter also reflected a dominance of
algal material (C/N = ~ 6, δ13C > −25‰). Therefore, we concluded that the decomposition of autochthonous
organic matter (i.e., eutrophication-stimulated primary production) was the dominant process consuming oxy-
gen, while allochthonous organic matter (terrestrially derived) made minor contributions to oxygen consump-
tion in the hypoxic zone in June 2016. These findings in the Chesapeake Bay contrast with another hypoxic
estuarine ecosystem, the Pearl River Estuary in China where allochthonous organic matter contributed signifi-
cantly to oxygen consumption. The differences between these two systems in terms of hydrology, quantity and
quality of organic matter, and physical characteristics are discussed to yield new insights on the formation and
maintenance of hypoxia. In both systems, autochthonous organic matter dominates oxygen depletion, indicat-
ing that nutrient management and reduction are useful actions to control and mitigate the occurrence of hyp-
oxia for the restoration of ecosystem.

Eutrophication-induced hypoxia in coastal waters has
increased in spatial extent and severity in recent decades (Diaz
and Rosenberg 2008; Breitburg et al. 2018). Respiration-driven
reductions in bottom water oxygen are associated with CO2

production and enhanced ocean acidification, threatening a
variety of aquatic and benthic organisms and habitats
(Wu 2002; Orr et al. 2005; Cai et al. 2011; Kroeker et al. 2013).
Hypoxia is an outcome of an imbalance between oxygen sup-
ply and demand where water stratification physically inhibits
oxygen replenishment from surface water allowing for organic
matter (OM) remineralization to consume oxygen at a faster
rate than reaeration of the bottom water (Rabouille et al.
2008; Testa et al. 2018b). Oxygen-consuming OM may origi-
nate from outside the aquatic system (i.e., allochthonous
source) or be generated internally within the system

(i.e., autochthonous source) (Paerl 2006; Rabalais et al. 2010).
Allochthonous organic matter (Alloc-OC) typically originates
from the watershed, including natural inputs such as vascular
plant detritus, OM resulting from soil leaching and erosion,
and anthropogenic inputs such as municipal and industrial
wastewater, and agricultural runoff. In contrast, autochtho-
nous organic matter (Autoc-OC) usually refers to
eutrophication-stimulated primary production of phytoplank-
ton within estuaries and the coastal oceans. Although many
studies have demonstrated that highly reactive Autoc-OC
dominates oxygen consumption in hypoxic waters (Turner
and Rabalais 1994; Rabalais et al. 2014), others have suggested
that the seemingly refractory, but occasionally abundant
Alloc-OC may be more labile than previously thought due to a
priming effect, and thus may also play an important role in
oxygen depletion (Swarzenski et al. 2008; Bianchi 2011;
Bianchi et al. 2011). The priming effect means the enhanced
degradation of recalcitrant OM in the presence of possible*Correspondence: wcai@udel.edu
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priming substrates, such as phytoplankton exudates, hetero-
troph metabolites, and high nutrient cycle (Bianchi 2011),
which eventually leads to the enhanced release of OM-derived
carbon and nutrient as well as the enhanced consumption of
oxygen. Quantifying the relative contributions of OM sources
fueling oxygen consumption in the hypoxic zone allows for
new insights on the formation and maintenance of hypoxia,
while providing scientific support for regional management
and policy-making for environmental restoration.

The Chesapeake Bay develops seasonal bottom water hyp-
oxia and anoxia (Hagy et al. 2004; Murphy et al. 2011), due to a
long water residence time of ~ 180 d (Du and Shen 2016), high
retention of nutrients and OM, and high rates of internal
Autoc-OC production (Fennel and Testa 2018). Previous studies
have found that water column respiration dominates oxygen
consumption, accounting for nearly two-thirds of the total res-
piration in below-pycnocline waters of the mid-Chesapeake Bay
from April to August (Kemp et al. 1992; Li et al. 2016). The
annual organic carbon budget for the Chesapeake Bay indicates
that the input of Alloc-OC from rivers and the watershed is
larger than Autoc-OC in the upper bay, while Autoc-OC repre-
sents most of the total organic carbon input in the mid-bay and
lower bay (Biggs and Flemer 1972; Kemp et al. 1997; Shen et al.
2019a). The volume of hypoxic/anoxic water has a positive rela-
tionship with winter–spring river flow and nutrient loading
(Hagy et al. 2004; Kemp et al. 2005), indicating Autoc-OC signif-
icantly contributes to respiration in the bay’s hypoxic zone.
However, observation-based studies have clearly shown either
net heterotrophy or high CO2 supersaturation in landward bay
regions (Smith and Kemp 1995; Cai et al. 2017), and modeling
studies have shown the organic loading from watershed and res-
ervoir sediment scour during storm events can cause dissolved
oxygen (DO) declines in the mainstem deep channel (Cerco
and Noel 2016; Linker et al. 2016), both of which would suggest
that Alloc-OC is important in some bay regions at some times.
The extent to which this Alloc-OC influences the mid-bay
region, especially if it is transported seaward in brief events, is
unclear. Furthermore, the Chesapeake Bay is a local hotspot for
sea level rise and associated shoreline erosion (Stevenson et al.
1985, 1988; Najjar et al. 2010). The extent to which OM origi-
nating from these eroding marshes is labile and reaches deeper
mainstem waters also remains unknown. Therefore, a direct
quantitative measurement of the relative contributions of
Autoc-OC vs. Alloc-OC to oxygen consumption in the hypoxic
zone of the Chesapeake Bay is needed to reinforce budget ana-
lyses and to improve our understanding of hypoxia drivers
within the context of climate change (Najjar et al. 2010; Orth
et al. 2017) and recent nutrient reductions (Lefcheck et al. 2018;
Testa et al. 2018b).

In this study, we investigated the OM sources driving hypoxia
formation and quantified the relative contribution of key respira-
tion reactions involved in OM degradation using a suite of isoto-
pic measures, chemical surveys, and mixing models. We adopted
a two endmember mixing calculation to distinguish the

biogeochemical processes from physical mixing in the Chesa-
peake Bay. Furthermore, chemical proxies and stoichiometry were
used to quantify the rates of key biogeochemical processes, partic-
ularly sulfate reduction (SR), sulfide storage in the sediments, and
atmospheric CO2 invasion. Since aerobic respiration (AR) of OM
produces dissolved inorganic carbon (DIC) with δ13C-DIC similar
to the isotope value of the respired OM (Hullar et al. 1996), we
utilized a mass balance of DIC and its stable carbon isotope to
trace the δ13C of the respired substrate or oxygen-consuming OM
in the hypoxic zone of the Chesapeake Bay. By combining those
analyses with an examination of the bulk composition (C/N,
δ13C) of the particulate organic matter (POM) in the surface water
of main channel as we previously did (Su et al. 2017), we were
able to quantify the sources of oxygen-consuming OM. Finally,
we compared the source partitioning results in the hypoxic zones
of the Chesapeake Bay with the Pearl River Estuary (PRE), the larg-
est estuary in southern China, in order to gain new insights on
the formation and maintenance of hypoxia.

Materials and methods
Study site

The Chesapeake Bay (36.9�N–39.6�N, 75.5�W–77.5�W) is the
largest estuary in the United States. The bay has a length of over
300 km, and a mean depth of 6.5 m (Kemp et al. 2005). The
deep and narrow central channel is flanked by broad shallow
areas, and the southern end is confined by a sill (Boicourt et al.
1999). The large watershed area and long dendritic bay shore-
lines make the bay susceptible to human disturbance, such as
deforestation, agriculture, and urbanization. Eutrophication in
the Chesapeake Bay began after European colonization in the
17th and 18th centuries (Brush 2009), and became more severe
since the 1950s due to the growth in fertilizer use and other
human activities in the watershed (Kemp et al. 2005). Nutrient
loading increased steadily from the 1950s through the late-
1980s (Hagy et al. 2004), after which loads stabilized and
declined. Bay-wide water column nitrogen concentration has
decreased by 23%, and phosphorus concentration has decreased
by 8% from 1984 to 2015 (Lefcheck et al. 2018). Hypoxia typi-
cally begins in the late spring (late April and May) in the land-
ward reaches of the bay’s deep central basin, then expands
seaward to occupy large regions of the main channel (Hagy
et al. 2004; Testa and Kemp 2014). During the last three
decades, the northward and winterward migration of the spring
bloom has been associated with an increased volume of early
season hypoxia, but a reduced late season volume and earlier
hypoxia breakup (Murphy et al. 2011; Testa et al. 2018b).

Sampling and analytical methods
During 06–10 June 2016, we conducted a cruise aboard the

R/V Rachel Carson along the bay’s central axis that spanned
the upper bay (CB2.1) southward to the bay mouth (AO1)
(Fig. 1). During the cruise, we revisited the mid-bay Sta. 858
four times and Sta. CB4.3 twice.
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At each station, we used a YSI 6600 attached to a submersible
pump to obtain profiles of temperature, salinity, and O2. Water
was pumped from 2 to 7 depths to the deck for sampling,
depending on the number of distinct water masses observed. We
measured salinity separately in discrete total alkalinity TA and
Ca2+ samples using a Cole-Parmer® salinity meter. For each
depth, a water sample was preserved in a 250-mL borosilicate
glass bottle with 50 μL saturated HgCl2 solution for DIC and
δ13C-DIC analysis. For DIC, a 1 mL sample was acidified and the
extracted CO2 gas was subsequently quantified with an infrared
CO2 detector within 1 week after the cruise using a DIC analyzer
(AS-C3, Apollo Scitech, U.S.A.) (Huang et al. 2012). The TA sam-
ples were not poisoned (Cai et al. 2017), and were analyzed
within 24 h of collection using Gran titration in an open-cell set-
ting (AS-ALK2, Apollo Scitech) (Cai et al. 2010a). The overall pre-
cision for DIC and TA was � 0.1%. Both DIC and TA
measurements were calibrated against Certified Reference Mate-
rials (CRMs) provided by Dr. A. G. Dickson at Scripps Institution
of Oceanography (SIO), University of California, San Diego
(UCSD). For δ13C-DIC, a 3.8 mL sample was acidified in a gas
stripper, CO2 was extracted by a carrier gas, and the gas stream
passed through a moisture condenser in a pretreatment device
(AS-D1, Apollo Scitech) before measurement by a cavity ring-
down spectrometer detector (G2131-i, Picarro, U.S.A.). A

computer program was used to derive the δ13C-DIC value by
averaging the δ13C-CO2 at the stage when the simultaneously
determined CO2 concentration was high enough (> 100 ppm) for
the detector to measure a stable δ13C-CO2 signal with little ran-
dom noise. Two to three repeat runs were carried out for each
sample, and a precision of 0.1‰ was achieved. A NaHCO3 solu-
tion with known δ13C-DIC value and CRMs were used for calibra-
tion. The details on analyzing δ13C-DIC are described in Su
et al. (2019).

We measured pH onboard using an Orion Ross glass elec-
trode within 1 h after the water temperature was equilibrated
to 25�C in a thermal water bath. Three NIST standards, that is,
4.01, 7.00, and 10.01, were used to calibrate the electrode. We
analyzed discrete DO samples by direct spectrophotometry of
total iodine following Pai et al. (1993) with a precision of
� 1 μmol kg−1. Apparent oxygen utilization (AOU) was calcu-
lated by subtracting the measured DO from the saturated DO
(Pilson 2012; Zhao et al. 2017). The DO solubility was calcu-
lated based on Benson and Krause (1984). We measured Ca2+

samples using a modified technique of Kanamori and Ikegami
(1980) with a precision better than 0.1%. Note that the Ca2+ sam-
ples were measured in two batches. The upper and mid-bay sam-
ples were measured in the first batch, while the lower-bay
samples (mostly salinity > 20) were measured in the second
batch. Further analysis revealed that the deviation of Ca2+ (ΔCa2
+) relative to the conservative mixing line at salinity > 20 had
greater noise than the data at salinity < 20, which may be due to
reduced operating proficiency and electrode stability in the sec-
ond batch. The pCO2 was calculated from measured DIC and TA
via a modified CO2SYS program with a H2S component
(Xu et al. 2017a). We derived the aragonite saturation state (Ωarag)

using measured Ca2+, calculated CO2−
3 , and aragonite solubility

based on Mucci (1983).
POM samples were collected in the surface water along the

main channel in two cruises in June and August 2016. Sam-
ples were concentrated onto preweighed and precombusted
47 mm Whatman GF/F filters of 0.7 μm pore size after filtering
0.3–1.5 L water under a mild vacuum (~ 25 kPa). Filters were
washed with distilled water and stored in a freezer. Before
analysis, the filters were dried. Total suspended matter (TSM)
was derived from the net weight increment on the filter and the
filtration volume. Then, the filters were decarbonated with
1.0 mol L−1 HCl, and dried again at 40�C for 48 h (Kao et al.
2012). We analyzed the bulk composition (C, N, δ13C) of POM
samples on a DELTA V Plus isotope ratio mass spectrometer
coupled with an elemental analyzer (Costech, CA). The stable
isotope of particulate organic carbon (δ13C-POC) was calibrated
against two standard materials USGS40 (δ13C = −26.39‰) and
USGS41 (δ13C = +37.63‰) with a precision of 0.1‰.

Two endmember mixing calculation
In estuarine research, a conservative mixing line of chemi-

cal concentrations against salinity between river and ocean
endmembers is widely used to distinguish biogeochemical

Fig. 1 Sampling locations along the main channel of the Chesapeake
Bay in early June 2016. Following Kemp et al. (2005), we separated the
main stem into three regions, that is, upper bay (39.0�N–39.5�N), mid-
bay (37.9�N–39.0�N), and lower bay (37.0�N–37.9�N). The boundaries
are noted with red lines.
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alterations from physical water mixing (Officer 1979). Com-
pared with the relatively consistent ocean endmember values,
large variations exist in the river endmember mainly due to
the temporal variations of freshwater discharge (Joesoef et al.
2017). For instance, mean monthly variations of DIC and TA
in the Susquehanna River endmember of the Chesapeake Bay
in 2016 were one-order of magnitude larger than the uncer-
tainty of the estuarine endmember we adopted in this study
(Table 1) (Brodeur et al. 2019). In addition, tributaries that dis-
charge seaward of the Susquehanna River, such as the
Chesapeake-Delaware Canal, may also introduce variability
into DIC and TA concentrations. Since our focus is on the
hypoxic zone in the mid-Chesapeake Bay, we decided to
choose an estuarine endmember from the well-mixed upper
bay instead of the traditional river endmember. We considered
CB2.2 to be a representative endmember, because it is a well-
mixed station in a narrow section of the upper bay before the
bay widens downstream, and there are no adjacent major trib-
utaries. Further considering the large slope value of measured
Ca2+ against salinity (Fig. 3b), a small salinity difference
between the surface layer (salinity = 3.0) and bottom layer
(salinity = 3.9) at Sta. CB2.2 would result in a significant differ-
ence on Ca2+. Therefore, we adopted the measured values in
the low salinity layer (surface) rather than the averaged values
of the whole water column at CB2.2 as the estuarine
endmember in the upper bay. For the offshore seawater
endmember, we first developed linear regressions of DIC, TA,
and Ca2+ against salinity (DIC = 79 × Salinity − 596, R2 = 0.72,
p < 0.0001; TA = 54 × Salinity + 428, R2 = 0.99, p < 0.0001;
Ca2+ = 269 × Salinity + 831, R2 = 0.98, p < 0.0001) with data
from four stations (82, 83, 85, and 87) in the Mid-Atlantic
Bight, which were visited during the East Coast Ocean Acidi-
fication (ECOA) cruise in July 2015 (Xu et al. 2017b). Then,
we used the salinity of the ocean endmember
(33.618 � 0.139) from Cai et al. (2017) to derive the offshore
endmember values for our June 2016 cruise. According to
the latitude range of the Chesapeake Bay (36�N–40�N), we
adopted the offshore δ13C-DIC endmember value as
1.3 � 0.1‰ based on Quay et al. (2007), who compiled mul-
tiyear δ13C-DIC data to delineate meridional trends of δ13C-
DIC in the surface Atlantic Ocean during the 1980s to 2000s.
Both the offshore seawater DIC and δ13C-DIC endmember
values fall within the ranges in the Mid-Atlantic Bight reported
by Bauer et al. (2001). All the endmember values and uncer-
tainties are summarized in Table 1.

Then, considering the mid-bay and lower bay water as a
mixture between estuarine water in CB2.2 and offshore seawa-
ter, we calculated the mixing fractions of the two endmembers
based on the following equations:

f estu =
Ssw−Smeas

Ssw−Sestu
ð1Þ

f sw = 1− f estu ð2Þ

where S is salinity; f represents the mixing fraction; the sub-
scripts estu and sw indicate the estuarine and seawater
endmember, respectively, and meas denotes the measured
value. These fractions were then used to predict conservative
concentrations (i.e., [X]con) of certain chemical constituents
(i.e., DIC, TA, or Ca2+) resulting solely from two endmember
mixing:

X½ �con = X½ �estu × f estu + X½ �sw × f sw ð3Þ

The difference between measured and conservative values
is defined as total nonconservative value of [X] (i.e., Δ[X]total)
(Fig. 3c):

Δ X½ �total = X½ �meas− X½ �con ð4Þ

The positive or negative Δ[X]total indicates addition or
removal of [X] to the water column, which is a composite
result driven by multiple biogeochemical processes, such as
AR and CaCO3 dissolution (CD). Similarly, the conservative
δ13C-DIC value in the bay resulting from physical mixing of
the upper estuarine water and the seawater is:

δ13CDICcon =
δ13CDICestu ×DICestu × f estu + δ

13CDICsw ×DICsw × f sw
DICcon

ð5Þ

Results and discussion
Distribution of chemical constituents along the main
channel

Spatial patterns of physical and chemical conditions in
June 2016 reveal substantial variations along the salinity gra-
dient. The surface-water temperature was generally higher
than the bottom water temperature (Fig. 2a), where in the

Table 1. Summary of endmember values and their uncertainties.

Endmembers Salinity DIC (μmol kg−1) δ13C-DIC (‰) TA (μmol kg−1) Ca2+ (mmol kg−1)

CB2.2 2.8 � 0.1 965 � 2 −6.8 � 0.1 929 � 2 1.246 � 0.010*

Offshore 33.6 � 0.1 2063 � 11 1.3 � 0.1† 2245 � 8 9.884 � 0.037

*Additional salinity measurements were performed on the Ca2+ samples (salinity = 3.0 � 0.1).
†Cited from Quay et al. (2007).
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mid-bay, the average temperature in the surface water
(23.2 � 1.1�C) was ~ 5�C higher than in the bottom water
(17.9 � 0.9�C). A two-layer estuarine circulation can clearly be
seen from the salinity distribution (Fig. 2a), that is, fresher water
flows seaward in the surface, while saline water intrudes land-
ward in the bottom. The salinity gradient contributed to the
majority (> 90%) of the density stratification (Goodrich et al.
1987; Kemp et al. 1992), with a pycnocline depth at ~ 10 m
inferred from sectional distributions of salinity and DO in
Fig. 2a,b. Below the pycnocline, there was a hypoxic zone in the
mid-bay with the lowest DO of 21 μmol kg−1 observed at
Sta. 858. A DO supersaturation zone was observed in the surface
water immediately above the hypoxic zone, with the highest
DO of 327 μmol kg−1 (equivalent to 133% of saturated DO or

−81 μmol kg−1 of AOU) observed at Sta. CB3.2, indicating a close
spatial coupling between sub-pycnocline AR and surface primary
production (Fig. 2b). Carbonate dynamics were also coupled to
oxygen in the hypoxic zone and phytoplankton bloom zone. In
the bottom hypoxic zone, DIC and pCO2 were enriched (Fig. 2c,
g), while δ13C-DIC, pH, and Ωarag were lower (Fig. 2d,g,h). In the
surface phytoplankton bloom zone, however, the opposite pat-
tern was observed: DIC and pCO2 decreased, and δ13C-DIC, pH,
and Ωarag increased. The distributions of TA and Ca2+ generally
followed the pattern of salinity (Fig. 2e,f). The pH and Ωarag

remained low in the upper bay and in mid-bay bottom water,
but were higher in more saline, seaward waters (Fig. 2g,h). H2S
was also measured at each station and depth, but concentrations
were all below the detection limit (0.5 μmol L−1).

Fig. 2 Sectional distributions of water properties in the main channel of the Chesapeake Bay in early June 2016. (a) Salinity (color) and contours of tem-
perature, (b) DO (color) and contours for AOU, (c) DIC, (d) δ13C-DIC, (e) TA, (f) Ca2+, (g) pH (NBS, 25�C) and contours for pCO2, and (h) Ωarag. Note
that the red dash curve shows the boundary of hypoxic zone, where DO is less than 63 μmol kg−1. The geological location of this section extending from
Sta. CB2.1 in the northern bay southward to the bay mouth (Fig. 1). Offshore stations were not included in the section profiles, because they are located
much more offshore in the Mid-Atlantic Bight.
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Apparent sources of DIC and TA in the hypoxic zone
DIC and TA behaved in a nearly conservative way in both

the upper and lower bay, but large quantities of DIC and TA
were added to the mid-bay water column, with peak addition
values of 344 μmol kg−1 and 161 μmol kg−1, respectively
(Fig. 3c). AOU was low in the upper bay (< 50 μmol kg−1),
increased significantly up to 250 μmol kg−1 in the below-
pycnocline water of the mid-bay, and was near equilibrium
(~ 0 μmol kg−1) with the atmosphere in the lower bay water
(Fig. 2b). Nonconservative Ca2+ (ΔCa2+) was close to zero at
salinity < 10, but increased up to 50 μmol kg−1 at salinity 10~20
(Fig. 3c), suggesting moderate CD occurred in the mid-bay
water. Beyond salinity 20, ΔCa2+ had greater noise than that at
salinity < 20 probably because of reduced operating proficiency
and electrode stability during sample analysis. Since the general
pattern of Ca2+ against salinity was correct (Fig. 3b), and the max-
imum non-conservative deviation value (ΔCa2+ = −61 μmol kg−1)
was small compared with the corresponding measured Ca2+

values (4245–9373 μmol kg−1), we retained the Ca2+ and ΔCa2+

data at salinity > 20 in Fig. 3b,c as open circles, but excluded
those data in further calculations.

Assuming the oxidation state of organic carbon is zero, the AR
of OM characterized with a Redfield ratio (C : N : P = 106:16:1)
would result in a stoichiometry of ΔDICAR : ΔTAAR : AOU = 106:
−17:138 (Table 2). Note that H3PO4 is a strong acid, and donates
a proton in its contribution to TA (Wolf-Gladrow et al. 2007; Cai
et al. 2010b). Carbonate dissolution releases Ca2+ and increases
DIC and TA with a stoichiometry of ΔDICCD : ΔTACD : ΔCa2+ =
1:2:1 (Table 2). Given that we can directly estimate AOU and
ΔCa2+, as well as their related chemical stoichiometry, first we
can calculate the DIC and TA changes caused by AR
(ΔDICAR = 106 × [AOU/138] and ΔTAAR = −17 × [AOU/138]) and
CD (ΔDICCD = ΔCa2+ and ΔTACD = 2 × ΔCa2+). Then, we sub-
tracted the DIC and TA changes of these two processes from the
total nonconservative values (ΔDICtotal and ΔTAtotal). The resid-
ual DIC and TA (i.e., ΔDICtotal-CD-AR and ΔTAtotal-CD-AR) are signif-
icantly different from zero (Fig. 4), indicating that AR and CD
cannot fully explain the additions of DIC and TA in the mid-bay
water column. Previous studies on coastal hypoxia have shown
that in addition to the dominance of AR, other processes can sig-
nificantly influence the carbonate dynamics, such as nitrification
in the upper reach of the PRE (Dai et al. 2008; He et al. 2014)

Fig. 3 Total alkalinity, DIC and its stable isotope, calcium ion against salinity, and their deviations from the conservative mixing lines. We calculated
mixing lines between CB2.2 (the estuarine endmember) and offshore seawater (the oceanic endmember) to assess the nonconservative behaviors of (a)
TA, DIC, (b) Ca2+, and (d) δ13C-DIC. The deviation values of TA, DIC, and Ca2+ are presented in (c). Note that there is a zero reference line and the
endmembers are marked by arrows. The open circles in (b) and (c) represent the lower-bay Ca2+ and ΔCa2+ data, which were measured in the second
batch.
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and oxidation of reduced chemical species in the water column
in the Black Sea and Cariaco basin (Millero 1991a; Rabalais et al.
2010). Considering that the mid-bay is typically where gross pri-
mary production, respiration (plankton + benthic), and SR peak

(Kemp et al. 1997), while surface pCO2 is undersaturated with
respect to the atmosphere in spring and summer (Cai et al.
2017), it is clear that SR and atmospheric CO2 invasion could be
alternative contributors to carbonate system dynamics. These
two contributors will be discussed in the next two sections.

SR and sulfide storage in the sediment
We inferred that SR in the mid-bay sediment had a signifi-

cant influence on the carbonate system in the water column
based on three lines of evidence. First, the residual DIC and
TA (i.e., ΔDICtotal-CD-AR and ΔTAtotal-CD-AR) are generally posi-
tive and have a ratio of 0.86 with a high R2 of 0.80 in the mid-
bay (Fig. 4a), which approximates the ratio of DIC and TA
changes induced by SR (0.88) (Table 2). Second, the vertical
distribution of ΔDICtotal-CD-AR does show higher values in deep
water than in surface water, suggesting this residual DIC origi-
nates from the sediment (Fig. 4b). However, no H2S was
detected in June 2016, while low but detectable O2 was
observed in bottom water, indicating no significant SR in the
water column. Previous studies have demonstrated that SR
(60–80%) and AR (20–40%) appear to be the most important
pathways for organic carbon mineralization in mid-bay sedi-
ments at ≥ 10 m water depth (Burdige and Homstead 1994;
Roden et al. 1995). Alternative metabolic pathways (nitrifica-
tion and methanogenesis) occur at relatively low rates in the
mid-bay in summer (Kemp et al. 1990; Hill et al. 1992; Brady
et al. 2013; Testa et al. 2013), while much of the metal oxide
reduction is dominated by interaction with sulfide, rather
than oxidation of sedimentary OM (Burdige 1993; Lustwerk
and Burdige 1993).

In the mid-bay sediments during summer, sulfide produc-
tion rates via SR typically exceed sulfide oxidation rates
(Roden and Tuttle 1992; Roden et al. 1995), suggesting sulfide
storage in the sediments (Sampou and Oviatt 1991) or release
to the overlying bottom water (Roden and Tuttle 1993). Dur-
ing our cruise in June 2016, we did not observe H2S accumula-
tion in the water column of the hypoxic zone, indicating that
H2S released from the sediment was rapidly oxidized (Millero
1991b). Oxidation of H2S by O2 would not change DIC, but it
could consume a considerable fraction of the TA produced by
SR (Table 2). If all of the SR-generated H2S diffused upward
and was oxidized by O2, we would have found the sediments
to be a source for DIC, and a weak sink for TA. In contrast, our
data show substantial additions of both DIC and TA from the
sediment to the water column (Fig. 4), indicating that a major
proportion of H2S was removed (or stored) in the sediment
below the oxic layer. Previous observations in mid-bay sedi-
ments have revealed a dynamic seasonal cycle of iron sulfide
accumulation during summer and reoxidation in winter
(Cornwell and Sampou 1995). Since the abiotic reduction of
iron oxides by H2S coupled with either FeS or pyrite precipita-
tion does not overall alter TA (Table 2) (Rassmann et al. 2019),
this will not influence the ratio of DIC and TA produced by

Table 2. Biogeochemical processes that affect the stoichiomet-
ric ratios of DIC and TA.

Processes Reaction equations ΔTA/ΔDIC

AR (CH2O)106(NH3)16(H3PO4)

+ 138O2 ! 106CO2 + 16HNO3

+ H3PO4 + 122H2O

−(16 + 1)/

106 = −0.16

CD CaCO3 +CO2 +H2O!Ca2+ + 2HCO−
3

2/1

SR* CH2Oð Þ106 NH3ð Þ16 H3PO4ð Þ+53SO2−
4 !

106HCO−
3 + 53H2S +16NH3 +H3PO4

(106 + 16-1)/

106 = 1.14

Sulfide

oxidation
H2S +2O2 ! SO2−

4 + 2H+ −2/0

Sulfide

storage†
Fe(OH)3 + 1/2H2S + 2H+ ! Fe2+ + 1/2S

+ 3H2O

2/0

Fe2+ + H2S ! FeS + 2H+ −2/0
FeS + H2S ! FeS2 + H2 0/0

*Cited from Cai et al. (2017).
†Cited from Rassmann et al. (2019).

Fig. 4 (a) The ratio of nonconservative DIC and TA excluding the portion
related to CD and AR, and (b) the sectional distribution of the non-
conservative DIC values.
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bacterial SR, which leads to the slope value nearly identical to
0.88 (Fig. 4a).

Based on published data for SR rates, sediment-water fluxes,
and several related assumptions, we estimated the changes to
DIC and TA concentrations resulting from sediment SR for
comparison with our calculated ΔDICtotal-CD-AR (0–
160 μmol kg−1) and ΔTAtotal-CD-AR (0–200 μmol kg−1) (Fig. 4a).
To make these calculations, we assumed (1) a mid-bay SR rate
in June between 15.6 and 70.3 mmol S m−2 d−1 (Kemp et al.
1997), (2) the ratio of sulfide storage to total SR was 20% on
an annual basis (Roden and Tuttle 1993), (3) an average
height of 20 m for the whole water column, and (4) a water
residence time of 120 d for the mid-bay water (Du and Shen
2016). Provided these assumptions, we estimated that SR
followed by sulfide storage would result in a DIC addition of
38–169 μmol L−1 and a TA addition of 43–193 μmol L−1 to the
water column, comparable to what were derived from our
observation-based estimates. Furthermore, previous studies
have reported that the measured sediment-water fluxes of DIC
were 16~84 mmol m−2 d−1 in the mid-bay in summer (Burdige
and Homstead 1994; Burdige and Zheng 1998; Lee et al.
2015). In June, the benthic DIC flux of 30~42 mmol m−2 d−1

is equivalent to 180~252 μmol L−1 DIC addition to the water
column under the same assumptions as above, suggesting that
SR followed by sulfide storage could largely explain the resid-
ual DIC and TA addition (ΔDICtotal-CD-AR and ΔTAtotal-CD-AR)
that we derived using stoichiometric balances.

AR and atmospheric CO2 invasion
In addition to AR, oxidation of reduced chemicals

(e.g., H2S, Mn2+, Fe2+) mixing upward from the sediment–
water interface also consumes oxygen in the water column.
Therefore, it is not strictly correct to use AOU and the theoret-
ical ratio of ΔDICAR/AOU (i.e., 106/138 = 0.77) to derive the
DIC addition via AR of OM. Assuming the stoichiometric
ratios of ΔTA/ΔDIC for SR (= 1.14) and AR (= −0.16) are valid
(Table 2), we developed a mass balance of DIC and TA to inde-
pendently derive their changes induced by AR, and further
examined its actual ΔDICAR/AOU ratio. We used x and y to
represent the quantities of DIC addition via SR and AR, respec-
tively, and thus the TA changes would be 1.14x for SR and
−0.16y for AR.

ΔDICtotal−ΔDICCD = x+ y ð6Þ
ΔTAtotal−ΔTACD =1:14x−0:16y ð7Þ

Then, the quantity of SR-induced DIC addition was
resolved as x and noted as ΔDICSR(x1). The actual DIC addition
induced by AR was resolved as y and noted as ΔDICtotal-CD-SR(x1).
As shown in Fig. 5, the ΔDICtotal-CD-SR(x1)/AOU ratio is 0.61
(Fig. 5), and is close to the Redfield ratio of 0.77 (Redfield 1934),
indicating AR of OM dominated the DO consumption in the
water column.

The positive intercepts of ΔDICtotal-CD and ΔDICtotal-CD-SR(x1)

against AOU for the below-pycnocline water in the mid-bay, how-
ever, mean that there was another DIC source unrelated to oxygen
consumption (Fig. 5). As shown in Fig. 2g, the pCO2 in the mid-
bay surface water was below the atmospheric level (~ 400 μatm),
and should have caused atmospheric CO2 invasion, which may
have contributed to water column CO2 accumulation (Cai et al.
2017). The intercept value of ~ 35 μmol kg−1 is very close to the
bottom-water DIC changes induced by atmospheric CO2 invasion
estimated by Cai et al. (2017) (~ 21–33 μmol kg−1) andmodeled by
Shen et al. (2019b) (~ 20.4–52.3 μmol kg−1). Thus, we suggest that
the invasion of atmospheric CO2 is another important control on
water-column DIC, and its alteration on DIC is noted as ΔDICATM.
AssumingΔDICATM equals 35 μmol kg−1 throughout the water col-
umn, and CO2 invasion does not influence TA, we can recalculate
the DIC addition via AR and SR by using the modified Eq. 6
(i.e., ΔDICtotal − ΔDICCD − ΔDICATM = x + y) and the same Eq. 7
(i.e., ΔTAtotal − ΔTACD = 1.14x − 0.16y). For this time, the
SR-induced DIC addition was noted as ΔDICSR(x2), while the
AR-inducedDIC additionwas noted asΔDICtotal-CD-ATM-SR(x2). Here,
the regression of ΔDICtotal-CD-ATM-SR(x2) against AOU has a similar
slope but a much smaller intercept value, which is not statistically
different from zero (n = 33, p > 0.05) (Fig. 5). In order to illustrate
the following calculations neatly, the subscripts of ΔDICSR(x2), and
ΔDICtotal-CD-ATM-SR(x2) were simplified as SR and AR in Eqs. 8–12.

The apparent δ13C value of oxygen-consuming OM
Wehave shown that in early June, the nonconservative DICs in

the below-pycnocline water of the mid-bay are controlled by AR,

Fig. 5 The different types of nonconservative DIC plotted against AOU in
the below-pycnocline water in the mid-bay. The total-CD refers to the
total ΔDIC minus the portion caused by CD. The total-CD-SR(x1) means
the part of nonconservative DIC induced by the process excluding CD
and SR, which is noted as SR(x1) without considering atmospheric CO2

invasion. Similarly, the total-CD-ATM-SR(x2) indicates the part of non-
conservative DIC generated by the process excluding CD, SR, and atmo-
spheric CO2 invasion. More details about SR(x1) and SR(x2) are in the
“Discussion” section.
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CD, sedimentary SR, and the invasion of atmospheric CO2 (ATM).
This allows us to construct amass balance equation for DIC:

ΔDICtotal =ΔDICCD +ΔDICATM +ΔDICSR +ΔDICAR ð8Þ

By dividing the DIC changes from each process by ΔDICtotal,
we further quantified that CD, ATM, SR, and AR accounted for
5%, 13%, 39%, and 43%, respectively, of the total non-
conservative DIC in the below-pycnocline waters of the mid-bay.
However, the distribution of δ13C-DIC was more than a result of
DIC concentration change, but also influenced by the distinct
δ13C source values and isotopic fractionation of individual biogeo-
chemical process (Alling et al. 2012; Samanta et al. 2015; Su et al.
2019). In contrast to the DIC addition in the mid-bay subsurface
water, the correlated δ13C-DIC values were beneath the isotopic

mixing line (Fig. 3d), indicating a considerable proportion of DIC
addition was 13C-depleted. Therefore, similar to DIC, we derived a
mass balance equation for the stable carbon isotope of DIC:

δ13CDICmeas ×DICmeas−δ13CDICcon ×DICcon

= δ13CDICCD ×ΔDICCD + δ13CDICATM ×ΔDICATM

+ δ13CDICSR ×ΔDICSR + δ13CDICAR ×ΔDICAR

ð9Þ

To derive the isotope value of oxygen-consuming OM from
Eq. 9 as well as Eqs. 1, 3, 5, and 8, a few assumptions or approx-
imations are needed. The sources of CaCO3 that dissolved in
the water column may include marine limestone, abiotic precip-
itation, and biogenic calcification. In another study described in
a manuscript currently under review, we show that CaCO3 for-
mation driven by submerged aquatic vegetation and shell
organisms may play an important role in supplying CaCO3 for
further dissolution in the subsurface water of the mid-bay to
lower bay (J. Su unpubl.). However, the sources and δ13C values
of these CaCO3 solids have not yet been quantified in the Ches-
apeake Bay. Considering CD only accounted for 5% of the DIC
addition in early June 2016, the uncertainty introduced by
δ13C-DICCD must be rather small. Thus, we tentatively assume
the δ13C-DICCD to be 0‰, which is widely used to represent
marine limestone (Craig 1953; Presley and Kaplan 1968).

Yet, the invasion of atmospheric CO2 would also cause isoto-
pic fractionation between the atmospheric CO2 and added DIC.
Given the average temperature (20.6 � 2.4�C) in the mid-bay
water column, the fractionation factor could be calculated as
−9.4‰ following Samanta et al. (2015). Assuming the δ13C of

atmospheric CO2 was −8‰, we can derive the δ13C of CO2-
invasion-induced DIC (δ13C-DICATM) as 1.4‰. AR and SR both
degrade OM, but use different terminal electron acceptors, that

is, O2 vs. SO2−
4 . Aerobic degradation of OM typically produces

DIC with minor isotopic fractionation from the substrate OM
(Hullar et al. 1996; Breteler et al. 2002; Lehmann et al. 2002).
Previous studies indicate that degradation of marine POM via
SR is a nonfractionating process, and have adopted the δ13C
of POM undergoing degradation as the δ13C value of the end-
product DIC (Irwin et al. 1977; Komada et al. 2016; Fernandes
et al. 2018). Therefore, the isotopic composition of DICAR

(i.e., δ13CAR) and DICSR (i.e., δ13CSR) should be identical to the
δ13C of substrate OM (i.e., δ13COCx), which consumes oxygen
or sulfate and produces DIC to the water column. Thus, the
δ13COCx could be derived from the following equation:

where DICcon and δ13CDICcon could be calculated from Eqs. 3,
4, ΔDICCD equals to the deviation of Ca2+ (i.e., ΔCa2+), and
ΔDICATM equals 35 μmol kg−1 throughout the water column.
The propagated errors of the calculated δ13COCx can be esti-
mated following Wang et al. (2018). The composite uncer-
tainty of the derived δ13COCx was �3.8‰, which was the
potential maximum uncertainty when propagating all errors
from the endmembers and measurements. Combining Eqs. 9,
10, we can get the following equation:

δ13CAR ×ΔDICAR + δ13CSR ×ΔDICSR = δ13COCx × ΔDICAR +ΔDICSRð Þ
ð11Þ

Note that ΔDICAR (= ΔDICtotal-CD-ATM-SR(x2)) and ΔDICSR

(= ΔDICSR(x2)) are known, and δ13COCx (= δ13CAR = δ13CSR) can
be calculated for each sample by Eq. 10. Unlike the
codominance of AR and SR as well as a moderate contribution
from CD and ATM to DIC and δ13CDIC dynamics in the Chesa-
peake Bay, AR is the most important biogeochemical process
controlling DIC and δ13CDIC in the PRE (Su et al. 2017). In
order to compare the magnitude of AR-induced DIC change
and the apparent origin of oxygen-consuming OM in the two
systems, we extracted the portion only induced by AR from
Eq. 11 and expressed that as:

Δ δ13CDIC ×DIC
� �

= δ13COCx ×ΔDICAR ð12Þ

The term at the left side of Eq. 12 means the product of
δ13COCx (= δ13CAR) and ΔDICAR for each sample. When we

δ13COCx =
δ13CDICmeas ×DICmeas−δ13CDICcon ×DICcon−δ13CDICCD ×ΔDICCD−δ13CDICATM ×ΔDICATM

DICmeas−DICcon−ΔDICCD−ΔDICATM
ð10Þ
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plot Δ(δ13CDIC × DIC) against ΔDICAR (Fig. 6), the slope value
of −19.4 � 0.3‰ reflects the apparent δ13C signature of
oxygen-consuming OM undergoing remineralization. Note
that the uncertainty of the slope (� 0.3‰) is directly derived
from the linear regression in Fig. 6, which is much smaller
than the potential maximum composite uncertainty of the
derived δ13COCx (� 3.8‰). In this case, we used marine lime-
stone as the CaCO3 source (δ13C-DICCD = 0‰). However,
Grimm et al. (2017) once measured the δ13C of oyster shells in
the James River estuary, one of the tributaries in the south-
western Chesapeake Bay, which ranged from −7.6‰ to 0.5‰
and had a positive relationship with salinity. Even if δ13C-
DICCD varies from −8‰ to 1‰ as measured for oyster shells
(Grimm et al. 2017), the slope value changes little from
−19.0‰ to −19.5‰, which is within the uncertainty of the
slope using δ13C-DICCD = 0‰. Therefore, in our case, the
slope value is not sensitive to the variation of δ13C-DICCD

because carbonate dissolution contributed only a small frac-
tion (~ 5%) to the DIC addition in early June 2016. Assuming
the isotopic composition of OM is conservative or regulated
only by physical mixing, this apparent δ13COCx could be seen
as a mixing signal from two distinct endmember sources, that
is, Autoc-OC and Alloc-OC (Thornton and McManus 1994).

Source partitioning of oxygen-consuming OM
We verified the relative contributions of Autoc-OC and

Alloc-OC by examining the bulk composition of POM and
defining the isotopic endmember values (Shultz and Calder
1976; Thornton and McManus 1994; Yu et al. 2010). TSM
showed a decreasing trend from the upper (~ 13 mg kg−1) to
the lower bay (~ 4 mg kg−1) (Fig. 7a), while POC sharply
increased in the southern portion of the upper bay, and then
decreased seaward (Fig. 7b). The peak POC value occurred at

CB3.2, which had the highest DO (327 μmol kg−1) and chloro-
phyll a concentration (16.0 μg L−1), indicating that the POC
increase was caused by strong primary production and associ-
ated phytoplankton biomass. The molar C/N ratio varied from
4.4 to 7.9, with an average value close to 6 (Fig. 7c), similar to
the results of Byonton and Kemp (1985) (4.0–13.0), Horrigan
et al. (1990) (6.9–12.2), Canuel and Zimmerman (1999)
(4.8–9.1), Sigleo and Macko (2002) (7.0–12.0), and Loh et al.
(2006) (~ 6.0). The δ13C-POC values generally increased south-
ward and had a range of −28.7‰ to −20.6‰ (Fig. 7d), similar
to the results of Canuel (2001) (−27.8‰ to −19.9‰), Sigleo
and Macko (2002) (−26.9‰ to −17.5 ‰), and Loh et al.
(2006) (−28.0‰ to −21.4‰).

In this study, the distributions of C/N and δ13C demon-
strate that Autoc-OC (estuarine/marine phytoplankton) con-
stitutes a major portion of POM in the mid-bay to lower bay.
This is supported by our findings of C/N ratios close to 6 and
δ13C > −25‰ along the majority of meso- and polyhaline
waters where hypoxia exists. Our findings of low Alloc-OC
(terrestrial) influence is not surprising given that the winter–
spring (January–May) river flow in 2016 was 20% lower than
the long-term average (1967–2017) and freshwater input was
at a seasonal minimum during our cruise period (Fig. 8b).

Fig. 6 The Δ(δ13C-DIC × DIC) vs. ΔDICAR in the below-pycnocline water
of the mid-Chesapeake Bay. The slope reflects the original δ13C signature
of oxygen-consuming OM undergoing remineralization (δ13COCx). The
PRE data set is from Su et al. (2017).

Fig. 7 Spatial distribution of (a) TSM, (b) POC, (c) molar C/N ratio, and
(d) δ13C-POC along the main channel of the Chesapeake Bay in June (cir-
cle) and August (triangle) 2016. TSM and POC concentrations are
expressed in per kilogram water units.
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These low flow conditions likely allowed any imported, terres-
trial OM and freshwater phytoplankton to be trapped in the
upper-bay turbidity maximum zone (Sanford et al. 2001;
Cheng et al. 2013).

When we combined the lowest δ13C-POC values in our
study with three previous studies (Canuel 2001; Sigleo and
Macko 2002; Loh et al. 2006), we derived a δ13C-POC value of
−27.9 � 0.7‰ as the endmember for Alloc-OC (terrestrial) or
freshwater algae. Similarly, using the highest δ13C-POC values
in these four studies, we derived a δ13C-POC endmember
value for Autoc-OC (marine) of −19.9 � 1.7‰. Therefore, our
derived δ13C of oxygen-consuming OM (−19.4 � 0.3‰) is
within the uncertainty of the Autoc-OC isotopic signal. The
fact that oxygen-consuming OM signal is the approximate
value of marine OM may reflect rapid settling and/or landward

intrusion of marine-derived OM from the high salinity regions,
consistent with well-known estuarine circulation patterns
(Arzayus and Canuel 2005). Previous studies have demonstrated
that the water of the continental shelf, flowing into the bay’s
mouth, is the largest single source of sediment for the Chesa-
peake Bay (Meade 1969; Hobbs III et al. 1992). Moreover, the
δ13COCx may be influenced by the high organic content
(as high as 74% [dry weight] in the marsh sediment) and more
13C-enriched (~ −12.5‰) materials eroded from the marshes
(Stevenson et al. 1985; Stribling and Cornwell 1997). Nonethe-
less, we did not find any POM sample with such a 13C-enriched
signal in our cruises (Figs. 7d, 8a). In addition, the absence of
biomarkers associated with terrestrial and marsh sources in sum-
mer precludes the possibility that admixture of terrestrial and
marsh materials accounts for a major portion of OM that con-
sumes oxygen (Canuel 2001; Loh et al. 2006). However, we can-
not exclude the possible contributions of terrestrial and marsh
materials to oxygen-consuming OM pool in other periods, espe-
cially during high-flow seasons (winter and spring) and storm
events (Stevenson et al. 1988; Canuel 2001). Overall, our results
demonstrate that eutrophication-stimulated primary production
(Autoc-OC) dominated oxygen-consuming OM pool in the hyp-
oxic zone of the Chesapeake Bay in June 2016.

Comparison with hypoxia in the lower reach of the PRE
It is useful to compare our isotopic analysis in the Chesa-

peake Bay (CB) with similar recent measurements in the PRE
(21.2�N–23.1�N, 113.0�E–114.5�E), a large subtropical estuarine
system in southern China. The PRE also receives large amounts
of nutrient and OM loadings (Zhang et al. 1999; Cai et al. 2004;
Dai et al. 2006), and suffers from severe eutrophication (Huang
et al. 2003). Recent observations suggest that the lower PRE has
emerged as a seasonal hypoxic zone (Qian et al. 2018). Unlike
the CB, with persistent summer hypoxia occurring at > 10 m
depth (Hagy et al. 2004), the lower PRE hypoxic zone is highly
variable given a short water residence time of only a few days
and strong tidal and wind mixing, especially during typhoon
events (Su et al. 2017). Despite these differences, oxygen con-
sumption in both systems is dominated by AR of Autoc-OC
(~ 100% in the CB vs. ~ 65% in the PRE), while Alloc-OC is also
a significant contributor (~ 35%) to oxygen consumption in the
PRE (Su et al. 2017). The δ13C-POC values were similar in both
estuaries near the freshwater zone, but differed in the seawater
regions (Fig. 8a), likely due to additional tributary OM inputs to
the lower CB (Arzayus and Canuel 2005; Countway et al. 2007).
Finally, the δ13C-DIC values measured during summer were gen-
erally higher or more positive in the CB than in the PRE
(Fig. 8a), presumably because variations in carbonate weathering
in the watershed and different biogeochemistry within the bay
waters, such as CD and atmospheric CO2 invasion. In the mid-
CB, there is atmospheric CO2 uptake because of the strong
drawdown of surface pCO2 driven by photosynthesis and long
water residence time. In contrast, within the PRE, supersaturated

Fig. 8 Comparisons of δ13C-DIC, δ13C-POC, and freshwater discharge
between the Chesapeake Bay and the PRE. In panel (a), the open circles
and squares represent the δ13C-DIC (June) and δ13C-POC (June + August)
from the CB cruises in 2016. For the PRE, the crosses are the δ13C-DIC
values from July 2014, whereas the pluses are the δ13C-POC values from
July 2015. The PRE data are from Su et al. (2017). In panel (b), the filled
circles indicate the monthly average freshwater discharge rate for the Sus-
quehanna River at Conowingo Dam (USGS site number 01578310) dur-
ing 1967–2017, while the open circles refer to 2016. The Susquehanna
River supplies 50–60% of mean annual freshwater input to the Chesa-
peake Bay (Schubel and Pritchard 1986; Testa et al. 2018a). The filled and
open squares show the monthly average freshwater discharges in the PRE
during multiple years (2000–2011) and July 2014, respectively.
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pCO2 in the surface water and short water residence time lead
to no CO2 uptake into the water (Guo et al. 2009).

To interpret why terrestrial OM contributes significantly to
the oxygen consumption in the PRE but not in the CB, we
have to consider the differences in terms of hydrology, quan-
tity and quality of both Alloc-OC and Autoc-OC, and the
physical setting. As shown in Table 3, the CB has a smaller
annual freshwater input, about one-fifth of that in the PRE,
but has an estuarine water volume ~ 10 times as large as that
in the PRE. That leads to a much longer water residence time
in the CB. Considering the smaller annual sediment loads in
the CB, most of the Alloc-OC likely settles in the upper bay
(Biggs 1970; Boynton and Kemp 1985; Cheng et al. 2013),
except in the high discharge period of March or April
(Fig. 8b). Thus, in summer, when freshwater discharge is low
(Fig. 8b), little terrestrial OM reaches the mid-bay and lower
bay, and Autoc-OC composes most of the OM pool in the
CB. In contrast, the much larger annual sediment loads and
much shorter water residence time in the PRE enables consid-
erable terrestrial OM be transported to the shallow shelf
region, where bottom hypoxia develops. This terrestrial OM
delivery would be more substantial during the peak freshwater
discharge in the PRE in summer when our measurements were
made (Fig. 8b). There appears to be substantial amounts of

bioavailable OM in both systems, but the OM is substantially
influenced by Alloc-OC that is exposed to minor degradative
loss during the short transport period in the PRE (Strong et al.
2012), while Autoc-OC is far more important in the CB, which
is generally more productive (1–9 g C m−2 d−1) than the PRE
(1–5 g C m−2 d−1) (Officer et al. 1984; Rabouille et al. 2008).
Finally, the temperature of the hypoxic water in the PRE
(23.7–27.6�C) was higher than that in the CB (17.0–18.5�C),
which favors higher rates of bacterial growth and OM degrada-
tion (Brown et al. 2004), allowing for potentially higher rates
of terrestrial OM degradation within the hypoxic zone of the
lower PRE. Clearly, the two large hypoxic zones in these estua-
rine systems have substantially different physical features and
sources of OM input and lability, suggesting that future ana-
lyses are required to better understand the varied drivers of
hypoxia across coastal systems worldwide.
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