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The distinct triple oxygen isotope composition of tropospheric O2 relative to seawater is the result of 
biogeochemical reactions (e.g. primary productivity, respiration), exchange with the stratosphere, and 
the relative size of different oxygen-containing reservoirs, namely O2, O3, and CO2. This difference 
in isotopic composition gives tropospheric O2 utility as a record of biogeochemical and atmospheric 
processes and may also be used for determining where in the rock record isotopic fingerprints of 
tropospheric oxygen may be preserved. The isotopic record of tropospheric oxygen in previous studies 
is largely limited to analyses of gas trapped in continental glaciers and a patchwork of other proxies, 
most notably the triple oxygen signature of sulfate. Here we show the uppermost layers of hydrogenetic, 
deep-ocean ferromanganese crusts from each of the major ocean basins have a triple oxygen isotope 
composition consistent with the direct incorporation of dissolved oxygen. The range of δ18O and �′17O 
in ferromanganese crusts suggests the Mn oxide endmember contains a near 50:50 mixture of oxygen 
from water and dissolved O2. Our data indicate this signal also persists into older layers of the crusts, 
potentially preserving near 75 million years of the oxygen isotopic composition of the lower troposphere 
and subsequent deep-ocean respiration. Our analysis of oxygen isotope values, bulk chemistry, and 
estimated local dissolved oxygen for crust top samples reveals that variations in bulk chemistry ultimately 
exhibit more influence on the oxygen mass balance than changes in dissolved oxygen, presenting 
a challenge for unambiguous determination of local dissolved oxygen. Although analytical challenges 
remain, these widespread, layered deposits of ferromanganese crust may offer a viable path for future 
interrogation of the history or relative history of the oxygen cycle of the troposphere and deep ocean 
millions of years into the past.

© 2019 Elsevier B.V. All rights reserved.
1. Introduction

The 18O/16O ratio of diatomic oxygen (expressed as δ18OO2) 
in the troposphere integrates biogeochemical reactions and at-
mospheric exchange processes that produce, consume, and mix 
O2 (Bender et al., 1994). The δ18OO2 of the modern troposphere 
(∼ +24�) (Barkan and Luz, 2005; Wostbrock et al., 2020) is set 
primarily by mass-dependent processes that discriminate against 
the heavier isotopes during reduction of O2 or evapotranspiration 
of leaf water (e.g., the ‘Dole Effect’) (Bender et al., 1994; Hoff-
mann et al., 2004). Ice core records indicate that the δ18OO2 of 
the troposphere has fluctuated by > 1� over the last hundred 
thousand years, primarily due to changes in the δ18O of seawa-
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ter from the periodic sequestration of isotopically light water in 
continental ice and changes in the magnitude of the Dole effect 
(Bender et al., 1994). In comparison, the 17O/16O composition of 
tropospheric O2, typically expressed in linearized form as �′17O 
(�′17O = δ′17O − λδ′18O, with λ = 0.528 used in this study), is 
controlled by mass-dependent processes and vertical mixing with 
the stratosphere where mass-independent exchange reactions oc-
cur (Blunier et al., 2002; Luz et al., 1999; Thiemens and Heiden-
reich, 1983). The �′17O value of tropospheric O2 is influenced by 
the partial pressures of CO2 and O2, their biogeochemical fluxes, 
and atmospheric vertical exchange (Cao and Bao, 2013; Thiemens, 
2006). Importantly, modern tropospheric O2 (�′17O ≈ −0.5�) has 
a triple oxygen isotope signature distinct from that of ocean water 
(�′17O = 0�), which can be used as an independent tracer of O2

cycling dynamics (Barkan and Luz, 2005; Luz et al., 1999; Pack et 
al., 2017; Wostbrock et al., 2020).
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Table 1
Ferromanganese crust sample location.
Fig. 1 ID Cruise ID Sample No. Water depth 

(m)
Latitude Longitude

1 Antipode (ANTP) 109D-E-L0-12 5698-5778 −27.980 60.803
2 Antipode (ANTP) 145D-D3 2748-2094 −7.333 57.938
3 DODO 232D-B-L0-11 4119-3558 −5.383 97.483
4 F10-89-CP D11-1K 1870-1690 11.648 161.675
5 HLY1202 DR3-035 1605 78.700 −160.050
6 HLY1202 DR3-036 1605 78.700 −160.050
7 MW-8801 D18-1F 3993 −50.040 126.742
8 PLUME 02 D3-1B 2035-1885 −1.010 −85.658
9 S6-79-NP D4-13A 2100 53.543 −144.373
10 MBARI 2004 T667-R41A 1033.7 32.394 −120.084
11 TN037 D4-1B 4000 39.838 163.913
12 VULCAN 5 (VULC) D34-39A 3983-3684 −57.782 −7.672
13 F7-86-HW CD29-2B 2390-1970 16.707 −168.237
The coarse and fine details of the oxygen cycle elucidated by 
direct measurements of δ18O and �′17O of atmospheric O2 are 
largely limited to paleo-atmosphere trapped in continental ice 
(Bender et al., 1994; Blunier et al., 2002). These studies have 
used the oxygen isotope composition of ice-trapped atmosphere 
to estimate primary production in marine and terrestrial environ-
ments and identify the key influences on O2 cycling dynamics on 
timescales up to ∼ 100,000 yr. As a high-potential oxidant of many 
reduced materials on the surface earth, the isotopic signature of 
O2 can be retained by some oxygen-bearing minerals (e.g., sulfate 
(Crockford et al., 2018), phosphate (Gehler et al., 2011)), though 
oxygen isotope exchange of biotic or abiotic origin can confound 
interpretation and limit the timescales on which questions about 
past oxygen cycling can be addressed.

Manganese oxides are extremely common and geographically 
widespread in marine environments (Uramoto et al., 2019), ex-
ceeding 50% coverage of the seafloor in some abyssal regions of the 
global ocean (Hein and Koschinsky, 2014). Manganese(II) oxidation 
by O2 can be facilitated by biological or abiotic processes, including 
enzyme catalysis, surface and ligand complexation, or reactive oxy-
gen species (ROS) of various origins (Learman et al., 2011; Suther-
land et al., 2018; Tebo et al., 2005). Study of synthetic manganese 
(Mn) oxy(hydr)oxide minerals (hereafter referred to as Mn oxides) 
suggests they capture and retain oxygen atoms from dissolved O2
during oxidation of aqueous Mn(II) to insoluble Mn(III/IV) (Man-
dernack et al., 1995; Sutherland et al., 2018). �′17O values of one 
natural ferromanganese nodule suggests the same may be true in 
natural Mn oxides (Sharp et al., 2018), though comprehensive con-
firmation that this occurs in all natural low temperature Mn oxides 
has not yet been achieved (Luther, 2010; Mandernack et al., 1995; 
Sutherland et al., 2018). Thus, Mn oxides, if resistant to isotopic 
exchange with ambient water, could serve as a valuable isotopic 
proxy for O2 over the lifetime of the oceanic crust on which these 
deposits form.

Let us consider what information may be gained from a de-
tailed geochemical proxy for the triple oxygen isotope composition 
of dissolved oxygen. Gas exchange at the ocean surface leads to 
isotopic equilibrium between the atmosphere and dissolved gases. 
Following deep-water formation, the primary process influencing 
dissolved O2 (DO) is the reduction of O2 by biological processes, 
the most consequential being respiration. The biological reduction 
of O2 roughly follows a closed-system Rayleigh fractionation curve 
(in addition to advection and diffusion), producing a monotonic 
increase in δ18O with decreasing concentrations of DO (Kroopnick, 
1980; Levine et al., 2009; Stolper et al., 2018). The δ18O of dis-
solved oxygen in the marine water column typically ranges from 
∼ +23� in productive surface waters to greater than +40� near 
the oxygen minimum (Levine et al., 2009). Assuming ∼ 50% of oxy-
gen atoms in the Mn-oxide endmember are from dissolved O2, we 
would expect the oxygen isotope signature of Mn oxides to track 
Fig. 1. Distribution of ferromanganese crusts analyzed in this study with seafloor 
depth given in meters.

that of O2 with approximately half the magnitude and an offset 
accounting for any isotope fractionation.

Hydrogenetic, deep-ocean ferromanganese crusts have several 
characteristics that make them ideal hosts of such a geochemi-
cal proxy. Ferromanganese crusts are geographically widespread, 
form as layered deposits offering a clear sense of time, and age 
within a narrow temperature range. These deposits primarily con-
stitute a co-precipitated mixture of Mn and Fe oxide phases, and 
often contain several weight percent of detrital or authigenic sil-
icates and transition metals including cobalt, nickel, and cop-
per. While the heterogeneity of ferromanganese deposits presents 
a challenge to isolating individual phases, here we demonstrate 
that bulk ferromanganese-crust compositions contain clear indi-
cation of atmospheric O2 in deposits over 30 Ma old and assess 
their fidelity as an isotopic record of DO. Below we first con-
sider the δ18O of natural ferromanganese deposits in both new 
and historical datasets (Section 3.1), followed by new insights of-
fered by triple oxygen isotope results for the same sample set 
(Section 3.2).

2. Materials and methods

2.1. Sample location and preparation

The top-most portion of each ferromanganese crust in this 
study served as the primary analytical target as it represents the 
youngest crust, and has had the least amount of time to undergo 
possible post-depositional alteration. The top 0.5 mm to 3 mm was 
sampled from each crust using a ceramic blade. Sample locations 
and information are presented in Table 1 and shown in Fig. 1. The 
geochemistry of ten major elements for the samples was deter-
mined by X-ray fluorescence (XRF) on borate fused discs, which 
is included in the supplementary information along with sample 
ID, latitude and longitude, water depth, and the crust depth inter-
val on which XRF was collected. Due to the difference in sampling 
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Table 2
Triple oxygen isotope values of ferromanganese crusts.
Crust top δ17O δ18O δ′17O δ′18O �′17O 

(λ = 0.528)
�′17O 
(λ = 0.5305)

θEQ-inferred

ANTP 109D-E-L0-12 5.450 10.516 5.435 10.461 −0.088 −0.114 0.520
ANTP 109D-E-L0-12 (2) 4.944 9.554 4.932 9.509 −0.089 −0.113 0.519
ANTP 145D-D3 3.837 7.451 3.830 7.423 −0.089 −0.108 0.516
DODO 232D-B-L0-11 4.639 9.021 4.628 8.981 −0.114 −0.136 0.515
F10-89-CPD11-1K 4.792 9.347 4.781 9.304 −0.132 −0.155 0.514
F10-89-CPD11-1K (2) 5.296 10.273 5.282 10.221 −0.115 −0.140 0.517
HLY1202DR3-035 5.488 10.627 5.473 10.571 −0.108 −0.135 0.518
HLY1202DR3-036 5.825 11.277 5.808 11.214 −0.113 −0.141 0.518
MW-8801 D18-1F 5.456 10.562 5.441 10.507 −0.107 −0.133 0.518
MW-8801 D18-1F (2) 4.948 9.594 4.936 9.548 −0.105 −0.130 0.517
PLUME 02 D3-1B 5.415 10.523 5.400 10.468 −0.127 −0.153 0.516
PLUME 02 D3-1B (2) 4.705 9.113 4.694 9.072 −0.096 −0.119 0.517
PLUME 02 D3-1B (3) 5.564 10.843 5.549 10.785 −0.145 −0.173 0.514
S6-79-NP D4-13A 6.049 11.702 6.031 11.634 −0.112 −0.141 0.518
S6-79-NP D4-13A (2) 4.348 8.432 4.339 8.397 −0.095 −0.116 0.517
MBARI 2004T667-R41A 3.427 6.707 3.421 6.685 −0.109 −0.125 0.512
TN037D4-1B 6.167 11.945 6.148 11.874 −0.121 −0.151 0.518
VULC D34-39A 5.225 10.089 5.211 10.038 −0.089 −0.114 0.519
VULC D34-39A (2) 5.047 9.782 5.034 9.734 −0.106 −0.130 0.517

Down crust

F7-86-HW CD29 0-2.5 mm 4.113 8.186 4.105 8.153 −0.200 −0.220 0.503
F7-86-HW CD29 7-9.5 mm 3.891 7.703 3.883 7.673 −0.168 −0.187 0.506
F7-86-HW CD29 14-16.5 mm 4.286 8.413 4.277 8.378 −0.147 −0.168 0.510
F7-86-HW CD29 14-16.5 mm (2) 4.070 8.043 4.062 8.011 −0.168 −0.188 0.507
F7-86-HW CD29 21-23.5 mm 3.535 7.002 3.529 6.978 −0.155 −0.173 0.506
F7-86-HW CD29 21-23.5 mm (2) 2.547 5.115 2.544 5.102 −0.150 −0.163 0.499
F7-86-HW CD29 28-30.5 mm 2.995 5.993 2.991 5.975 −0.164 −0.179 0.500
F7-86-HW CD29 35-37.5 mm 3.900 7.776 3.892 7.746 −0.198 −0.217 0.503
F7-86-HW CD29 35-37.5 mm (2) 3.932 7.779 3.924 7.749 −0.167 −0.187 0.506

(2) and (3) indicate duplicate and triplicate analyses, respectively.
intervals between XRF analysis and triple oxygen isotope analysis, 
the geochemical data presented in the supplementary information 
should be considered an approximation in relation to the triple 
oxygen isotope data. Sampling of CD29 below the stratigraphic in-
tervals presented in Table 2 was not conducted due to significant 
phosphatization (formation of authigenic carbonate fluorapatite) in 
the crust (Frank et al., 1999). Ferromanganese crusts may also host 
extraterrestrial material (e.g. micrometeorites, cosmic spherules) in 
their matrix (Basu et al., 2006; Halbach et al., 1989). Meteorites 
typically exhibit anomalous �′17O values, typically ranging from 
−1 to +1�, with some exceptions (Clayton et al., 1983; Clayton 
and Mayeda, 1996). One study found such extraterrestrial material 
made up approximately 2 ppm of a ferromanganese crust by mass 
(Halbach et al., 1989). Given the low abundance of extraterrestrial 
material in ferromanganese crusts, we will not consider this minor 
contribution in subsequent oxygen isotope mass balance calcula-
tions.

2.2. Oxygen isotope measurements

Samples were analyzed using a ThermoFinnigan MAT 253 con-
figured for O2 analysis at the University of New Mexico Center 
for Stable Isotopes. All samples were analyzed as O2 gas, which 
was extracted using conventional laser fluorination (Sharp, 1990). 
Each sample was placed in a drying oven (110 ◦C) for a minimum 
of 12 hours prior to handling to drive off adsorbed water. We 
measured the effect of this drying procedure on the average Mn 
oxidation state of one sample (CD29 0-2.5 mm, average oxidation 
state: +3.5) using X-ray absorption spectroscopy and found no sig-
nificant change in the average Mn oxidation state before and after 
drying. The dried samples were weighed (2-4 mg) before intro-
duction to the fluorination chamber. Samples were pre-fluorinated 
with 100 mbar BrF5 gas for approximately 1-2 hours. Prior to the 
analyses presented in this study, we observed a steady decrease 
in sample O2 yield and δ18O value the longer a standard was ex-
posed to BrF5 in the sample chamber. Given the direction of the 
δ18O shift, we concluded that one of the components in the fer-
romanganese material was undergoing passive reaction with BrF5. 
Submerging the sample chamber in an ice bath during sample flu-
orination prevented this passive reaction; all analyses reported in 
this study were measured using this procedure. Following O2 ex-
traction, the sample was passed through multiple liquid nitrogen 
traps, a warm sodium chloride trap, and a gas chromatography 
column to remove contaminants. The effluent O2 was condensed 
onto a 5 Å molecular sieve and the carrier gas (ultra-high pu-
rity helium) was pumped away prior to introduction into the 
mass spectrometer. The reference gas used in this study is cal-
ibrated to VSMOW and SLAP, and all values are standardized to 
the VSMOW-SLAP scale. The delta values presented in this study 
(δxO = (xRsample/

xRstandard −1) ×1000, xRsample = xO/16O) are con-
verted to linearized delta notation (δ′xO = 1000(ln(1 +δxO/1000))) 
(Hulston and Thode, 1965; Miller, 2002). The oxygen-17 compo-
sitions are reported using the �′17O value, defined as �′17O =
δ′17O − λδ′18O, where λ is a reference slope. We use λ = 0.528 to 
report values in this study’s text, table, and figures, and include 
�′17O values calculated using λ = 0.5305 (theoretical high tem-
perature limit) for ease of comparison to studies using this con-
vention. We also discuss θ values of equilibrium and kinetic pro-
cesses throughout the text, which are defined as θ = ln 17α/ ln 18α, 
xα = xRA/xRB, respectively, where A and B represent two oxygen-
bearing compounds.

There has been only limited investigation on the triple oxy-
gen isotopic analysis of ferromanganese materials. The δ18O val-
ues of some Mn oxides and ferromanganese materials have been 
previously measured (Mandernack et al., 1995; Sutherland et al., 
2018; Yeh et al., 1985). We performed an interlaboratory com-
parison of δ18O of a widely available ferromanganese reference 
material (USGS Nod-A-1) to ensure that the oxygen isotope mea-
surements are robust and sample conversions to O2 were near 
complete. Bulk and trace metal chemistry for USGS Nod-A-1 have 
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Fig. 2. δ18O of manganate samples (left) and frequency distribution of marine and non-marine manganate δ18O values. Marine samples (blue) are separated by study and 
sample type. Marine samples from left to right are a) ferromanganese crusts in this study, b) hydrothermal manganate lens from Franciscan assemblage (Chyi et al., 1984), c) 
hydrothermal manganate from Kaikata seamount (Mandernack et al., 1995), d) Pacific ferromanganese nodules (Dymond et al., 1973), e) ferromanganese crusts and nodules 
(Yeh et al., 1985), f) ferromanganese nodule near Hawaii (Sharp et al., 2018), g) ferromanganese nodules from Blake Plateau (Bar-Matthews and Matthews, 1990), and h) 
Mn and Fe oxide-rich sediment (Dymond et al., 1973). Non-marine samples (orange) from left to right are i) a freshwater ferromanganese nodule (Mandernack et al., 1995), 
j) endmember sedimentary Mn oxides (Bar-Matthews and Matthews, 1990), k) volcanogenic and sedimentary Mn oxides (Yeh et al., 1985), and l) manganese oxide from 
Hotazel Formation (Levin et al., 2014).
been previously characterized (Flanagan and Gottfried, 1980). For 
inter-laboratory comparison, USGS Nod-A-1 was measured on the 
MAT 253 at UNM and also at the Woods Hole Oceanographic In-
stitution (WHOI) using high temperature micro-fluorination on an 
Isoprime100 IRMS (analytical precision ±0.4� for Mn oxides). In 
short, samples run with micro-fluorination method were packed 
with Teflon powder and pyrolyzed at 1450 ◦C. A more detailed 
treatment of the method is described elsewhere (Menicucci et al., 
2013; Sutherland et al., 2018). The mean δ′18O of USGS Nod-A-1 
was +11.600 ± 1.544� (n=9) and +11.8 ± 0.7� (n=9) mea-
sured at UNM and WHOI, respectively. No statistically significant 
difference was observed between the two sets of measurements 
(two-sample t-test, p=0.73). �′17O values could only be measured 
using the conventional fluorination method. The �′17O value of 
Nod-A-1 is −0.112 ± 0.014 (n=9).

2.3. Estimate of marine dissolved oxygen

Measurements of marine dissolved O2 are routinely collected 
as a part of oceanographic research, making a direct comparison 
between the oxygen isotope composition of ferromanganese crust 
and an estimate of local DO concentration possible. The World 
Ocean Atlas 2018 (WOA2018) offers sufficient spatial resolution to 
produce such an estimate for each of the sample locations in this 
study (Garcia et al., 2018). The WOA2018 dissolved oxygen data 
was queried for the dissolved oxygen concentration at the latitude, 
longitude, and depth closest to the sample location (data shown 
in Table S1). If the sample depth was not available at the closest 
latitude and longitude, the next closest cell for which the sam-
ple depth was available was used. We also manually inspected 
adjacent data points to ensure dissolved oxygen concentrations 
smoothly varied locally.

3. Results and discussion

3.1. δ18O of manganese oxides

We determined the δ18O values of 13 ferromanganese crusts 
from 12 locations throughout the global ocean (Fig. 1). The range 
of δ18O values of these ferromanganese crusts spans from +5.1�
to +11.9� (average: +9.0, standard deviation: 1.7�), with top-
layer samples occupying a slightly more limited range (+6.7� to 
+11.9�, average: +9.7�, standard deviation: 1.3�, Table 2). The 
stratigraphically older subsamples of F7-86-HW CD29 ranged from 
+5.1� to +8.4� (average: +7.2�, standard deviation: 1.1�).
The range of δ18O values in the sample set may reflect a vari-
ety of factors, including different environmental conditions (e.g. 
O2 concentration), bulk chemistry and/or mineralogy, or diagen-
esis. The δ18O values alone cannot be used to distinguish these 
processes because the oxygen isotope mass balance is undercon-
strained when the isotopic composition of water or O2 is unknown 
a priori. In addition to multiple oxygen sources, variability among 
isotope fractionation factors, the relative contribution of each oxy-
gen source, Mn oxidation state, and the partial or complete iso-
topic equilibration with ambient water may confound the δ18O 
values of natural manganates. To determine what information can 
be gathered from δ18O values, we compiled every oxygen isotope 
measurement of Mn oxides and Mn oxide-rich material available 
in the literature (103 measurements; Fig. 2) (Bar-Matthews and 
Matthews, 1990; Chyi et al., 1984; Dymond et al., 1973; Levin 
et al., 2014; Mandernack et al., 1995; Sharp et al., 2018; Yeh et 
al., 1985). We categorize previous samples as either non-marine, 
which range from −7.7� to +6.4�, or marine samples, which 
range from −1.0� to +21.9�. If we omit marine samples ex-
hibiting clear evidence of hydrothermal alteration and those con-
taining a significant portion of silicate material, the range of δ18O 
of marine Mn oxides narrows to +5.5� to +15.8�. This range is 
more than double that of deep ocean marine carbonates over the 
last 70 Myr (e.g. Zachos et al., 2001).

A bimodal separation is evident, where non-marine Mn oxides 
have a lower δ18O value than marine Mn oxides (p < 0.0001, two-
sample t-test) (Fig. 2). Non-marine samples average −1.4�, while 
marine samples average +10.8�. The difference between the av-
erage marine and non-marine samples, ∼ 12 per mil, bears the 
oxygen isotope fingerprints of ocean and meteoric water. However, 
such an interpretation is complicated by complex thermal histo-
ries, incomplete mineralogical information, unknown source oxy-
gen, and compositional heterogeneity. In fact, an outlier among the 
marine samples, a hydrothermal Mn oxide lens from the Francis-
can Assemblage, has a calculated δ18O value of −1.0� for the Mn 
oxide and reflects a clear history of hydrothermal alteration in the 
presence of seawater (Chyi et al., 1984). The differences between 
terrestrial vs. marine Mn oxides and primary vs. hydrothermal ma-
rine Mn oxides could be reconciled by one or more of three likely 
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Fig. 3. Triple oxygen isotope values of marine ferromanganese crusts from this study (green) and a ferromanganese nodule from near Hawaii (Sharp et al., 2018) (red). The 
triple oxygen isotope composition of seawater (δ′18O = 0 and �′17O = 0) and tropospheric oxygen (δ′18O = +23.6� and �′17O = −0.452�) are plotted. The theoretic 
triple oxygen isotope range of low-temperature Fe oxides (Hayles et al., 2018) (orange circle), detrital and authigenic silicates (SiO2-H2O equilibrium line (Sharp et al., 2016), 
solid black curve), and the range of mixtures between these two components (gray lined area) is unable to explain the distribution of δ′18O and �′17O of ferromanganese 
crusts. The Mn oxide endmember requires a lower �′17O to satisfy the three-component mass balance. We include two candidate Mn-oxide endmembers. MnOx1 represents 
a theoretical Mn-oxide endmember with 40-60% mixture of dissolved oxygen and seawater oxygen without significant fractionation (Mandernack et al., 1995). MnOx2 is the 
theoretical Mn oxide endmember assuming a 40 to 60% mixture of dissolved oxygen and seawater oxygen (Sutherland et al., 2018), a large oxygen isotope effect (−17 to 
−23� (Sutherland et al., 2018)), and a typical kinetic mass relationship of θKIE = 0.515-0.520.
scenarios. First, all Mn oxides could be in oxygen isotope equi-
librium with its water of formation (marine or meteoric), with 
higher δ18O values corresponding to lower water temperatures. 
Second, mineralogical differences (e.g. Mn oxide mineral phases) 
may produce different equilibrium oxygen fractionation factors be-
tween water and Mn oxide minerals. Lastly, low-temperature Mn 
oxides (which may or may not derive their oxygen from O2) may 
not typically exchange oxygen with the surrounding water except 
when exposed to high temperatures or certain recrystallization 
conditions, causing oxygen atoms to re-equilibrate with ambient 
water.

One anecdotal comparison between marine Mn oxides and 
a freshwater Mn oxide formed in water of known δ18O com-
position provides a useful perspective for narrowing down the 
most parsimonious model for oxygen isotope systematics in our 
data compilation. A freshwater ferromanganese nodule from Lake 
Oneida (δ18OH2O = −8.9�) has a calculated Mn-oxide δ18O value 
of +7.5�, 16.4� higher than the corresponding lake water (Man-
dernack et al., 1995). By comparison, the average marine Mn ox-
ide has a δ18O value of +10.8�, corresponding to an offset of 
+10.8� from the δ18O value of seawater (∼ 0�). Thus, the differ-
ence between the δ18O values of marine and freshwater Mn oxides 
(3.3�) is only ∼ 40% the difference between the δ18O values of 
their waters of formation (8.9�). This difference is unlikely to be 
explained only by temperature since the approximate temperature 
difference is just a few degrees C (Mandernack et al., 1995). The 
lack of 1:1 correlation between the δ18O values of Mn oxides and 
their environmental water is consistent with the incorporation of 
DO in hydrogenetic Mn oxides, and is explained by a ∼ 60% contri-
bution from dissolved O2. The 40% incorporation of oxygen atoms 
from ambient water with the remainder coming from DO is sup-
ported by controlled laboratory experiments that found 38%–62% 
O2 incorporation among several biotic and abiotic Mn oxidation 
reactions (Mandernack et al., 1995; Sutherland et al., 2018). Al-
though this single freshwater oxide is consistent with the oxygen 
isotope framework presented in previous studies, we caution the 
reader that more measurements of freshwater systems are neces-
sary for a robust comparison.
3.2. �′17O of manganese oxides

Triple oxygen isotope measurements provide an additional di-
mension to explore the oxygen source to ferromanganese crusts. 
The �′17O values of ferromanganese crusts in this global crust-top 
survey ranged from −0.088� to −0.200� (Table 2). Measured 
values in the stratigraphic study of CD29 ranged from −0.147�
to −0.200�. The only other reported values of �′17O for ma-
rine ferromanganese deposits similarly range from −0.070� to 
−0.172� (Sharp et al., 2018). Intriguingly, these Mn oxides oc-
cupy a unique region in oxygen three-isotope space that is not 
shared by any commonly measured Earth materials (Fig. 3) and are 
inferred to have incorporated low-�′17O from dissolved diatomic 
oxygen (Mandernack et al., 1995; Sharp et al., 2018; Sutherland 
et al., 2018). We can better contextualize the distribution of ferro-
manganese triple oxygen isotope compositions by considering their 
bulk chemistry. The primary oxygen-bearing phases in ferroman-
ganese crusts include Mn and Fe oxides, with minor contributions 
from silicate phases (bulk ferromanganese crust chemistry data 
provided in the SI). While other metal oxides are present, some 
of which may share oxygen bonds with the primary Mn, Fe, or 
Si phases, their contributions to the oxygen mass balance is minor 
and we do not consider them here. Of these three primary oxygen-
bearing mineral groups, the systematic experimental or theoreti-
cal investigation of mineral-water triple oxygen isotope equilibria 
have only been conducted for a few iron (Fe) oxide and silicate 
minerals (Hayles et al., 2018; Sharp et al., 2016). Authigenic Fe 
oxides (hematite and magnetite) formed at bottom water tempera-
tures are expected to have a �′17O value no lower than −0.040�
(δ′18O = ∼ 3� at 0 ◦C) (Hayles et al., 2018). Iron oxides in ferro-
manganese crusts are typically poorly crystalline Fe oxyhydroxides 
having a presumably similar �′17O values to other Fe oxides and 
thus to that of seawater (Frank et al., 1999; Hein and Koschin-
sky, 2014). In comparison, silicates of detrital or authigenic origin 
may span a much wider range of �′17O values (Sharp et al., 2016). 
The �′17O values of detrital silicates from high temperature sys-
tems are approximately 0�, while low-temperature silica deposits 
(e.g. chert or opal) formed in 0 ◦C seawater will have δ′18O and 
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�′17O values of +44.5� and −0.190�, respectively. The triple 
oxygen isotope values of other silicate minerals will likely vary 
from the pure SiO2–water equilibrium isotope fractionation curve, 
though a systematic analysis of other relevant silicates has not 
been conducted. One anecdotal data point of a clay mineral, which 
are commonly present in ferromanganese crusts, falls very close 
to the SiO2-H2O equilibrium line (e.g. kaolinite δ′18O = 24.536�
and �′17O = −0.030�) (Sengupta, 2016) (Fig. 3). For simplicity, 
we assume any silicates present in the crust fall on this SiO2-H2O 
equilibrium line. The range of δ′18O and �′17O values from a mix-
ture of silicate and low-temperature Fe oxides cannot produce a 
�′17O low enough to describe the bulk ferromanganese crust val-
ues (Fig. 3). In sum, the Mn-oxide endmember must have lower 
�′17O values to explain the bulk crust values.

For completeness, we consider three plausible explanations for 
the distribution of δ′18O and �′17O in Mn-oxide minerals. First, 
ferromanganese crusts may reflect mineral-water oxygen isotope 
equilibrium between oxide and seawater. Second, DO may be ki-
netically incorporated with a small oxygen isotope fractionation 
(18εMnOx-O2 ≈ 0�) and preserved in ferromanganese crusts (Man-
dernack et al., 1995). Lastly, DO may be kinetically incorporated in 
Mn oxides with a large isotope fractionation (18εMnOx-O2 ≈ −20�) 
and preserved in ferromanganese crusts (Mandernack et al., 1995; 
Sutherland et al., 2018).

First, we consider whether it is possible for an equilibrium iso-
tope fractionation regime to play a role in the oxygen isotope com-
position of the ferromanganese crusts. Temperature is the main 
driver of variation during equilibrium oxygen isotope processes 
(Sharp, 2017). The δ18O values of the crusts used in this study 
range from 5.1-11.9�. Bottom water temperature does not vary 
between sites by more than a few degrees C, and the δ18O value 
of bottom water varies by ∼ 0.5� (Adkins et al., 2002). Since 
temperature and water oxygen isotope composition are essentially 
constant, the 6.8� variation in our dataset cannot be explained 
using equilibrium fractionation processes alone. Although there is 
no direct evidence of Mn oxides forming in oxygen isotope equi-
librium with water, we can also evaluate whether these �′17O 
values could reasonably result from equilibrium processes by look-
ing at the inferred δ17O-δ18O fractionation relationship between 
samples, or θEQ-inferred. Typically, θ is used to describe a fixed triple 
oxygen mass relationship intrinsic to a single process at a given 
temperature. In this thought experiment we use θEQ-inferred and the 
assumption that a sample is in equilibrium with seawater, to eval-
uate whether the observed triple oxygen values are more consis-
tent with a composition reflecting oxygen isotope equilibrium with 
seawater or some mixture of water and dissolved O2 (Sutherland 
et al., 2018). Typical values of θEQ in low-temperature (0-100 ◦C) 
mineral-water oxygen isotope equilibrium vary from 0.523 to 0.525 
(Bao et al., 2016; Cao and Liu, 2011). Computational studies in-
vestigating the bounds of θ between two oxygen-bearing systems 
(not just mineral-water pairs) have shown that θ may deviate from 
canonical values when 18α is low, but even still, 90% of theoretical 
oxygen-bearing species pairs produce θ values falling in the range 
0.5285 ± 0.01 (Bao et al., 2015). In comparison, we calculate val-
ues of θEQ-inferred of 0.499 to 0.520 for the global ferromanganese 
crusts, with an average value of 0.513. The Mn-oxide endmem-
ber contained within these ferromanganese crusts must have a 
θEQ-inferred that is lower still if the other O-bearing components in 
the crust (e.g., Fe oxides and silicates) fall within the typical 0.523 
to 0.525 range. Mn oxides with the lowest �′17O have a θEQ-inferred
of ∼ 0.500, a value quite distinct from those typically observed in 
mineral-water equilibrium systems. Similarly low values of θ have 
been observed for some kinetic isotope effects related to reactive 
oxygen species production (derived from O2) and some observa-
tions of respiration (Helman, 2005; Stolper et al., 2018). However, 
given that θEQ-inferred deviates quite significantly from typical θEQ
predictions and from observations of θEQ in mineral-water systems, 
mineral-water oxygen isotopic equilibrium can plausibly be ruled 
out for these natural marine Mn-oxide phases.

Next, we consider kinetic incorporation of DO and water with 
very little fractionation. There is evidence for a Mn-oxide endmem-
ber that derives its oxygen from a 50:50 mixture of O2 and H2O 
with little to no oxygen isotopic fractionation with respect to each 
source. This has been observed in one example of bacterial Mn(II) 
oxidation (Aurantimonas manganoxydans SI85-9A1 and inferred for 
freshwater ferromanganese nodules form Lake Oneida (Mander-
nack et al., 1995)). This theoretical Mn-oxide endmember would 
fall on a mixing line between H2O and O2 (MnOx1 in Fig. 3), and 
could adequately explain the observed distribution of δ′18O and 
�′17O in the global ferromanganese crust samples (given certain 
constraints on the silicate endmember). While this explanation is 
plausible, it raises questions as to why O2 may be subject to such a 
wide range of fractionation regimes during Mn oxidation. We dis-
cuss this further below (Section 3.5).

Lastly, we consider kinetic incorporation of DO with a large 
fractionation factor. In laboratory precipitated oxides, the oxidation 
of aqueous Mn(II) to Mn(III/IV) mediated by bacterial, fungal, and 
abiotic processes results in a large mineral-DO oxygen isotope frac-
tionation (18εMnOx-O2 = −17 to −23�) and a small mineral-water 
oxygen isotope fractionation (18εMnOx-H2O ≈ 0�) (Mandernack et 
al., 1995; Sutherland et al., 2018). In these systems, approximately 
half of the oxygen atoms derive from each reservoir (DO and 
H2O). If natural Mn oxides exhibit similar isotope fractionation fac-
tors during formation as laboratory precipitated oxides, we would 
expect the Mn-oxide endmember to have δ′18O and �′17O val-
ues of approximately 0–+4� and −0.080–−0.180�, respectively 
(MnOx2 in Fig. 3, assuming starting δ18OO2 = +24.5�, �′17OO2 =
−0.45� and δ18OH2O = 0�, �′17OH2O = 0�, εO2 = −17–−23�, 
εO2 = 0�, and θKIE = 0.515-0.520). This theoretical Mn-oxide end-
member could explain δ′18O and �′17O values in bulk ferroman-
ganese crusts, but would require that most silicate in the sample 
formed at low temperature or that θKIE be slightly higher than we 
assume (Fig. 3). In either case, the large fractionation framework 
represents most lab-based observations and can explain the �′17O 
of natural ferromanganese crusts, thereby offering the most parsi-
monious explanation for the Mn oxide system.

Indeed, the incorporation of DO into Mn-oxide minerals un-
der both fractionation frameworks (MnOx1 and MnOx2, Fig. 3) 
provides plausible explanations for the triple oxygen values and 
θEQ-inferred observed in the global ferromanganese crust dataset 
(Mandernack et al., 1995; Sutherland et al., 2018). MnOx2 offers 
a particularly compelling explanation as it reconciles synthetic and 
natural oxides. Mineral-water equilibrium does not offer a satis-
factory explanation of the ferromanganese crusts �′17O. Observa-
tionally, Mn-oxide minerals precipitated by biotic and abiotic reac-
tion mechanisms at low temperatures in circumneutral pH waters 
do not exchange oxygen isotopes with water (Mandernack et al., 
1995). Instead, these low-temperature Mn oxides retain oxygen de-
rived from the surrounding dissolved O2 and water. Such a mixture 
of O atom sources would in fact yield values for θEQ-inferred lower 
than what is typically observed in mineral-water equilibrium; in 
fact, θ would no longer be an appropriate variable to use since our 
calculated θ values represent the result of an isotopic mixture and 
isotopic fractionation – rather than a single fractionating process.

A significant question still remains: why do Mn oxides exhibit 
such a significant mineral-DO oxygen isotope fractionation range? 
Synthetic biotic and abiotic Mn oxides are typically precipitated 
in systems designed to quickly oxidize a significant quantity of 
Mn(II), typically involving > 100 μM Mn(II) and unnaturally high 
abundances of Mn(II)-oxidizing microbes, and likely fail to capture 
the complexity of Mn speciation in nature. Mn oxidation rates in 
nature are typically much slower than in benchtop experiments. 
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Further, Mn(III)-ligand complexes can comprise a significant frac-
tion (> 80%) of the dissolved Mn pool in oxic marine environ-
ments (Oldham et al., 2017), and thus natural Mn oxides may 
form in large part via the one-electron oxidation of Mn(III). To 
our knowledge, there has been no study on the oxygen isotope 
effects of Mn(III)-ligand complex oxidation. The range of fraction-
ation factors may reflect the diversity of Mn-ligand complexes 
and their coordination with O2 prior to oxidation. In any case, 
the inferred differences in oxygen isotope fractionation between 
the high-fractionation and low-fractionation cases require further 
study to determine the conditions under which each mechanism 
is operative. From here we explore the utility of triple oxygen 
isotopes of Mn-oxide minerals and associated challenges with its 
realization.

3.3. Comparison to estimates of marine dissolved oxygen

We performed a pairwise linear regression of the estimated lo-
cal dissolved oxygen concentration (see methods) against the other 
five measured parameters (Fe wt%, Mn wt%, Si wt%, δ18O, and 
�′17O, full results available in the Supplemental Material). Only 
two of these five parameters (Mn wt% and δ18O) had an R2 greater 
than 0.1 when plotted against DO: Mn wt% and δ18O. Mn wt% and 
the dissolved oxygen concentration demonstrated a negative rela-
tionship with a fairly robust correlation (R2 = 0.72), while bulk 
δ18O demonstrated a rather weak positive relationship (R2 = 0.25). 
If dissolved oxygen δ18O were the primary influence on the bulk 
δ18O of ferromanganese crusts, we would expect a negative rela-
tionship instead of the positive one we observed. One plausible 
explanation for this behavior is that dissolved oxygen also has sig-
nificant influence on the bulk chemistry of ferromanganese crusts, 
most notably Mn wt%. Thus, the strong correlation between dis-
solved oxygen and Mn concentration may be masking some of the 
effect of oxygen saturation on δ18O of manganese oxides in ferro-
manganese crusts.

To explore these correlations further and determine if our data 
could be further explained by relationships among the measured 
parameters, we performed a principal component analysis (PCA). 
The six principal components explain the following fraction of the 
total variance of the system: PC1: 43.5%, PC2: 26.0%, PC3: 13.6%, 
PC4: 10.6%, PC5: 5.3%, PC6: 1.0%. PC1 has high positive loading on 
Mn, and negative loading on all other parameters. PC2 has strong 
positive loadings on Si and Fe, strong negative loading on �′17O, 
and moderate loadings on the remaining three parameters. These 
two components (PC1 and PC2) account for 69.5% of the variance 
in the data. The long tail in the distribution of variance across the 
principal components highlights the complexity of this system. We 
hypothesize that some of this complexity arises from variability 
in the oxygen isotope composition of the Fe and Si endmembers, 
which we discuss below (Section 3.5). Additionally, variability in 
the oxygen isotope fractionation of Mn oxidation cannot be ruled 
out. Notably, the near-orthogonal nature of Mn versus Si and Fe 
suggests independence between Mn and the other major composi-
tional parameters. Similarly, the strong loading of PC1 on Mn, [O2], 
and δ′18O hint at an underlying relationship (e.g. high dissolved 
Mn concentrations in low oxygen settings). A full presentation of 
the results of this PCA are provided in the Supplementary Material.

3.4. Utility of triple oxygen isotope measurements of manganese oxides

The triple oxygen isotope signature of O2 incorporated into fer-
romanganese crusts will be governed by the isotopic signature 
of bottom seawater and dissolved O2, with the former having a 
much smaller potential dynamic range than the latter. The δ18O 
of Mn oxides can constrain the δ18O of dissolved O2, which in 
Fig. 4. Oxygen isotope ternary diagram for mixture of primary components of fer-
romanganese crust as MnO2, Fe2O3, and SiO2. The Mn oxide endmember is one of 
many possible values from MnOx2. We use hematite-water low-temperature equi-
librium to estimate the oxygen isotope composition of the Fe endmember (Hayles 
et al., 2018). SiO2 is calculated as a 80:20 oxygen isotopic mixture of detrital (high 
temperature) and authigenic (near 0 ◦C) SiO2, respectively (Sharp et al., 2016). We 
note that the choice of endmembers in this example are non-unique, these param-
eters are chosen primarily to illustrate the utility of ferromanganese crust triple 
oxygen measurements.

turn constrains the oxygen saturation of bottom-water O2. Assum-
ing a 50:50 oxygen contribution from water and DO, the limit 
to which δ18O and �′17O may provide paleo-environmental data 
on dissolved O2 is set by the fraction of the Mn-oxide endmem-
ber present in a sample. A pure Mn-oxide endmember will have 
∼ 50% of the isotopic dynamic range of the dissolved O2 in which 
it formed, and this dynamic range will decrease proportionally 
with Mn content. The Mn oxides in this study ranged from 8.2 
to 32.5 weight percent Mn, compared to ∼ 63% for pure MnO2. A 
typical ferromanganese crust from the Pacific Ocean contains ap-
proximately 19 weight percent Fe, 23 weight percent Mn, and 5 
weight percent Si (Hein and Koschinsky, 2014). Approximating this 
assemblage as a water-free oxide mixture, approximately 50% of 
the oxygen in the crusts will be associated with Mn, meaning ap-
proximately 25% of mineral-bound oxygen will be from O2.

To further illustrate the combination of factors that produce 
the δ18O and �′17O range observed in this study, we constructed 
a simple three endmember mixing ternary (Fig. 4). This ternary 
includes one possible Mn-oxide endmember for oxygen saturated 
bottom water (from MnOx2, Fig. 3), hematite in oxygen isotopic 
equilibrium with seawater at 0 ◦C (Hayles et al., 2018), and a mix-
ture of SiO2 endmembers that best fit the data in this study (20% 
authigenic, 80% detrital) (Sharp et al., 2016). The relatively low 
�′17O of the Mn-oxide endmember produces a δ′18O and �′17O 
that is unique to each assemblage. In a system where the relative 
abundance of Mn, Fe, and Si and the isotopic composition of the 
Fe and Si endmembers is constrained, the Mn-oxide triple oxygen 
endmember, and therefore the O2 saturation state at the time of 
formation, could be determined. Thus, the combination of δ′18O 
and �′17O of hydrogenetic ferromanganese crusts may theoreti-
cally provide a useful constraint on bottom-water dissolved oxygen 
over the last ∼ 75 Ma, shedding light on patterns of ocean circula-
tion, primary productivity, and respiration.

3.5. Challenges of the manganese oxide triple oxygen isotope system

Several challenges need to be addressed in the collection and 
measurement of δ′18O and �′17O of Mn-oxide minerals. First, the 
fraction of Mn-oxide oxygen derived from DO and the presumed 
oxygen fractionation factors need further investigation. Some ev-
idence suggests the O2-derived oxygen may depend on Mn ox-
idation state in mixed valence oxides (Sutherland et al., 2018). 
While these fractionation factors agree with some previous ob-
servations of synthetic and natural Mn oxides, a comprehensive 
explanation for the range of oxygen isotope fractionation values 
remains elusive. Related to this, the operative oxidation mecha-
nism(s) in naturally occurring low-temperature Mn-oxide deposits 
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are still unknown. Measurements of ferromanganese crusts where 
the δ′18O and �′17O of modern DO and water are directly mea-
sured could provide greater insight. Phase isolation is another nec-
essary step for triple oxygen isotope measurements of marine Mn 
oxides; further study of the triple oxygen isotope systematics in 
low-temperature Fe oxides and silicates would provide better end-
member constraints. The three-dimensional compositional hetero-
geneity in ferromanganese crusts is another element of complexity. 
Geochemical phase separation has been performed on ferroman-
ganese crusts, but none of these commonly used techniques can 
satisfactorily isolate the Mn-oxide endmember (Koschinsky and 
Halbach, 1995; Koschinsky and Hein, 2003). Leveraging internal 
heterogeneity among regions of similar age to calculate the Mn-
oxide endmember isotope composition may be a viable approach.

4. Summary and conclusion

We investigated the bulk triple oxygen isotope signature of 13 
ferromanganese crusts from throughout the global ocean for evi-
dence of a DO signal. The range of δ′18O values among deep-ocean 
samples collected in this study and those compiled here from pre-
vious studies suggests that the isotopic signature of water plays a 
significant role in determining the δ′18O of Mn oxides, but water 
alone does not explain the full range of δ′18O values in Mn oxides. 
Deep-ocean ferromanganese crust samples from all major ocean 
basins have a much lower �′17O value than is typically observed 
in mineral-water equilibrium, and lower than can be explained as a 
mixture of Fe oxide and silicates present in the crust, providing ev-
idence that DO is incorporated and preserved on million-year time 
scales in the Mn-oxide component of deep-ocean ferromanganese 
crusts. The combination of δ′18O and �′17O values in natural fer-
romanganese crusts makes it difficult to fully constrain the isotope 
fractionation factors associated with Mn oxidation, although lab 
studies suggest O2 incorporation gives rise to a −17 to −23�
oxygen isotope effect during Mn(II) oxidation, while water incor-
poration imparts very little oxygen isotope fractionation.

We constructed a three-component mixing model to explain 
the distribution of δ′18O and �′17O values in ferromanganese 
crusts. We propose that oxides of Mn, Fe, and Si, which make up 
the bulk of ferromanganese crusts, produce a bulk ferromanganese 
�′17O that is the sum of their individual components. If the min-
eralogy and isotopic composition of the Fe and Si endmembers are 
well known, our model illustrates how the Mn-oxide endmember 
and its O2-derived oxygen isotope composition may be calculated. 
While phase isolation and more thorough study of Mn(II) and 
Mn(III) oxidation mechanism(s) and isotope fractionation dynam-
ics are necessary, the values we present provide a framework for 
future study. Despite these challenges, bulk ferromanganese crust 
triple oxygen isotope values provide strong evidence that hydro-
genetic Mn oxides contain a previously unknown and untapped 
isotopic record of oceanic bottom water DO extending up to 75 
Ma. Such a record promises greater insight on the saturation state 
of oxygen in the ocean, the balance of global productivity and 
respiration, and processes related to the composition of Earth’s at-
mosphere.
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