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Over the last decades, a polybaric view of magmatic differen-
tiation has emerged (see early ideas in refs. 1,2), referred to as 
‘crustal distillation columns’ with multiple levels of storage 

and differentiation3. However, the depth/pressure at which magmas 
stall and the processes that control those storage depths remain con-
troversial4. Magmas are typically thought to accumulate first at the 
crust–mantle boundary, forming deep crustal mush zones (MASH5 
or hot zones6) and then again at shallow depths, potentially leading to 
two main storage levels3. However, other conceptual models have sug-
gested several additional storage levels in the lower to middle crust4,7.

Magma storage pressure is a fundamental variable that con-
trols volatile exsolution and mineral phase assemblages, impact-
ing chemical differentiation and eruptive styles of magmas as they 
ascend to the surface. Pressure is unfortunately one of the most 
difficult thermodynamic variables to constrain; its estimate by any 
method (for example, mineral barometry, volatile saturation pres-
sures in melts or geophysical imaging of active systems) is subject 
to assumptions that can be challenging to validate. Here we pres-
ent a complementary approach, focusing on mechanical processes 
thought to influence magma accumulation within the crust.

Crustal magma chambers—here defined as the eruptible portion 
of the magma reservoir—are thought to form by the amalgama-
tion of sill- and dyke-like intrusions that transport magma verti-
cally from deeper sources8–10. Therefore, understanding the depth at 
which these reservoirs form requires knowledge about the processes 
that cause dykes and sills to stall in the subsurface, and the processes 
that allow subsequent growth of the incipient magma reservoirs11. 
Dyke arrest and deflection into sills are largely governed by frac-
ture mechanics, and some commonly cited controls include neutral 
buoyancy12,13, rheological and rigidity contrasts14,15, and reorien-
tation of stresses9. Although dyke propagation occurs over short 
timescales where the host crust behaves elastically, the growth of 
subvolcanic magma chambers occurs on longer timescales allowing 

for ductile deformation of the crust to play a role. The observation 
that magma transport in the upper crust occurs by brittle defor-
mation, while storage requires some amount of crustal creep, is the 
reason that the ‘brittle–ductile’ transition is commonly invoked as 
the primary control on the depth of silicic magma reservoirs (for 
example, refs. 16–18).

Brittle–ductile transition and the depth of magma chambers
Within the context of the brittle–ductile transition, a magma 
chamber can grow if the crust can deform in a ductile manner in 
response to recharges, limiting the pressure build-up within the 
magma chamber and inhibiting eruptions. Although the brittle–
ductile transition may influence the depth of emplacement of 
magma reservoirs, it is an incomplete argument. The rheology of 
the crust—whether it is brittle or ductile—depends not only on the 
temperature19 but also on the strain rate. In the context of magma 
chamber growth, the strain rate is a function of the rate of pressure 
build-up in the magma chamber, which depends on the reservoir 
volume, compressibility and magma recharge rate11. Therefore, even 
considering the same crustal composition and temperature, the 
‘brittle–ductile transition’ may occur at different depths for different 
rates of pressure loading in the chamber20. Moreover, the conditions 
required for magma chamber growth in erupting systems (mass loss 
at the surface) remain puzzling. Hence, we focus here on conditions 
required for magma chambers to grow while the system remains 
volcanically active.

We posit here that exsolved magmatic volatiles play an important  
role in the growth of subvolcanic chambers by regulating the size 
of eruptions. Chamber growth occurs by recharge (mass addition),  
and is limited by eruption (mass loss). The role of exsolved volatiles  
is key for eruption volume21; the presence of an exsolved volatile  
phase in the reservoir can significantly enhance the mass of  
magma erupted during a single event. Furthermore, three-phase 
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compositions. Here, we use thermomechanical modelling to show that storage pressure is controlled by volatile exsolution and 
crustal rheology. At pressures ≲

I
1.5 kbar, and for geologically realistic water contents, chamber volumes and recharge rates, the 

presence of an exsolved magmatic volatile phase hinders chamber growth because eruptive volumes are typically larger than 
recharges feeding the system during periods of dormancy. At pressures > rsim

I
2.5 kbar, the viscosity of the crust in long-lived 

magmatic provinces is sufficiently low to inhibit most eruptions. Sustainable eruptible magma reservoirs are able to develop 
only within a relatively narrow range of pressures around 2 ± 0.5 kbar, where the amount of exsolved volatiles fosters growth 
while the high viscosity of the crust promotes the necessary overpressurization for eruption.
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thermomechanical modelling of volcanic systems demonstrated 
that exsolved volatiles damp the build-up of pressure in shallow 
magma chambers caused by recharges during periods between erup-
tions22,23. The presence and exsolution of volatiles therefore exerts 
a fundamental control on the proportion of the magma emplaced 
in the chamber that is later erupted, and hence the propensity of 
magma chambers to grow, stall or shrink over time21,24.

A multiphase framework for magma reservoir evolution is 
required to identify the conditions that are most favourable to the 
growth of large eruptible chambers of silicic magmas in the crust. 
The physical model used here includes visco-elastic rheology 
for the host response to pressure changes in the chamber and the 
evolution of an open multiphase magma chamber (crystal–melt–
exsolved volatiles) in response to magma recharges, eruptions and 
cooling25. The model, based on mass and enthalpy conservation 
equations (see Supplementary Information), was run for more than 
500 simulations initiated at a temperature of 930 °C, just below the 
magma liquidus (950 °C), and stopped when the magma reached a 
critical crystallinity of 50 vol%, where it is assumed no longer erupt-
ible. These simulations cover a parameter space of initial magma 
water content that ranges from 4 to 7 wt% (increments of 1 wt%), 
lithostatic pressure from 1 to 3 kbar (increments of 0.25 kbar), initial 
chamber volumes ranging from 0.1 to 10 km3 and long-term aver-
aged magma recharge rates of 10−5 to 10−3 km3 yr−1. We consider a 
continuous and fixed set of recharge rates because our objective is 
to understand the growth and eruption behaviour of chambers over 
their lifespan rather than over a single recharge event and eruption 
cycle. The effect of short-term transient variations in recharge rate 
on magma chamber dynamics was studied in ref. 22.

The background geotherm (in the far-field) is set to 30 °C km−1, 
such that the far-field temperature varies with the storage depth (a 
range of far-field geotherms is considered in the Supplementary 
Information). The temperature-dependent flow law used here for 
the rheology of the crust26 is the same as the one previously used 
in thermomechanical models27,28. The goal of the simulations is to 
determine the subdomain in parameter space (initial chamber vol-
ume, recharge rate, depth and magma water content) where the fol-
lowing two conditions are satisfied: the magma chamber grows (by 
mass) over the course of the simulation and the magma chamber is 
capable of eruptions (mass withdrawal from the chamber). As such, 
we are not considering internal processes such as mixing or chemi-
cal zonation or stratification, but focus on the balance between 
pressure evolution, crustal response and crystallization–exsolution 
that is essential to characterize the long-term evolution (growth and 
eruption) of these magma bodies.

Grow versus blow
The processes that govern repose and eruption cycles at volcanoes 
are complex and tightly coupled. It is possible, however, to char-
acterize the dynamics of a chamber subjected to magma injection 
and eruptions using a simplified framework that consists of three 
competing timescales25. The cooling timescale of a magma body is 
defined by τcool = R2/κ, with R being a characteristic length scale of 
the chamber (or effective radius) and κ being the thermal diffusiv-
ity of host rocks. This timescale controls the internal evolution of 
the magma chamber in terms of the volume fraction of melt, crys-
tals and exsolved volatiles. By extension, it affects the thermal and 
mechanical response of the magma body to recharges and erup-
tions. The relaxation timescale τrelax = ηeff/Δpc, where ηeff is the effec-
tive flow law of the crustal material evaluated at initial conditions 
(here taken from ref. 26) and Δpc is the critical overpressure that 
leads to eruptions. The relaxation timescale characterizes the ability 
of the crust to relax changes in pressure in the chamber by creep. 
The injection timescale τinj = M/ _M

I
inj, with _M

I
inj being the mass influx 

rate of magma into the chamber and M being the mass of magma 
already present in the chamber. By convention, we report the  

injection rate in units of cubic kilometres per year for  _M
I

inj/ρ, where 
ρ is the density of the magma injected.

From these three timescales, we define two dimensionless ratios 
θ1 = τcool/τinj (akin to a Peclet number) and θ2 = τrelax/τinj (akin to a 
Deborah number).

On the basis of several hundred simulations run at a fixed pres-
sure of 2 kbar and considering a magma containing initially 5 wt% 
water (Fig. 1), three different regimes can be identified. In case 1, 
the chamber grows and erupts over the course of the simulation; 
this occurs when the injection timescale is smaller than both the 
relaxation and cooling timescales (θ1 > 1 and θ2 > 1). In case 2, the 
chamber grows but does not erupt, leading to the growth of plutonic 
roots. This regime occurs when the relaxation timescale is short 
compared to the injection timescale (crust is compliant and efficient 
at dissipating overpressure), and θ2/θ1 <1. In case 3, the chamber 
erupts but is not long-lived (as much mass is erupted as added by 
recharges over time; θ2 > 1 and θ1 < 1).

The boundaries between these domains illustrate that both inter-
nal (heat loss causing crystallization and exsolution, and pressure 
increase by recharges) and external factors (rheology of the crust) 
control magma chamber growth and stability.

A sweet spot around 2 kbar
Running additional simulations over a range of depth (that is, litho-
static pressure and temperature) and magma water content values 
leads to three major observations (Fig. 2). First, some conditions of 
magma recharge and initial magma chamber size do not yield any 
parameter space for chambers simultaneously growing and erupt-
ing. This is true for large chambers and small recharge fluxes and 
it is consistent with recharges being too weak to trigger eruptions25. 
Second, the pressure range where magma chambers are found to 
grow while being tapped by eruptions (in red) is restricted to around 
2 ± 0.5 kbar. Third, the boundary between eruptible and non-erupt-
ible growing magma chambers (cases 1 and 2) is dominantly verti-
cal to subvertical (that is, independent of the water content in the 
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Fig. 1 | A regime diagram showing the evolution of magma chambers 
at a pressure of 2 kbar. The magma initially contains 5 wt% water. The 
x axis refers to the ratio of the cooling and injection timescales (more 
rapid injection rates to the right) and the y axis describes the ability of the 
crust to accommodate the mass change in the chamber (high = elastic 
behaviour of the crust, low ductile deformation). Additional simulations 
tested with a different critical overpressure (40 MPa) show a qualitatively 
similar behaviour with a slightly larger domain for simulations that undergo 
eruptions (case 1).
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chamber), implying that the transition is largely independent of  
the internal state of the chamber; it is mostly controlled by the depth 
of the chamber, the size of the chamber and the magma recharge 
rate. As the recharge rate increases, the boundary shifts to greater 
depth because pressure build-up is more rapid and can compete 
with the timescale for the host rock to relax stress by creep. In con-
trast, at a given recharge rate and increasing chamber volume, the 
pressure build-up is slower and therefore more prone to be accom-
modated by creep in the host rocks (shallowing of the boundary 
between regimes).

The boundary that separates the two regimes of eruptible cham-
bers (cases 1 and 3) at low pressure is also dominantly subvertical. At 
high water content (>5 wt% H2O), saturation in a magmatic volatile 
phase is reached at or near the liquidus, while at slightly lower water 
content (~4 wt%), magmatic volatile phase saturation is reached 
after only a few tens of percent crystallization. This behaviour is 

consistent with the shallowing of the transition between growing 
and shrinking chambers to follow a trend subparallel to the slope 
of the solubility curve (white dashed line in Fig. 2) for chambers 
subjected to fast recharge rates and magmas with low water content.

The cause for overall mass loss in shallow chambers (<~1.5 kbar) 
is cooling and crystallization-driven exsolution during the interval 
between eruptions (dormancy periods). If a chamber can signifi-
cantly exsolve volatiles during its repose phase, the eruption volume 
and mass can exceed the mass supplied by recharges (this is true for 
all recharge rates tested here). This also explains the shallowing of 
the transition at low water content, because the behaviour is mostly 
absent in chambers that do not undergo significant second boiling. 
In addition, the cooling caused by an eruption is more significant 
for chambers containing a significant mass of exsolved volatiles. 
The smaller erupting chambers will therefore also cool faster, creat-
ing a positive feedback that leads to rapid solidification.
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Fig. 2 | Regime diagrams of eruptible and growing chambers as a function of magma water content, depth, magma recharge rate and initial volume. 
Each plot shows three regions. The blue region represents conditions that are favourable for volcanic eruptions, but where the mass of magma stored 
shrinks with time (short-lived systems that cannot build up to large volumes). The red region highlights the regime where magma chambers are eruptible 
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dashed line shows the water solubility curve (based on ref. 60).
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Pressure at storage conditions
A large proportion of petrological studies rely on melt inclusion 
data or mineral barometry (see compilation by refs. 4,29–32). However, 
trapping of melt inclusions typically occurs during rapid mineral 
growth, potentially leading to boundary layer effects33 and behav-
iour as imperfect pressure vessels, especially in mineral phases that 
cleave or crack easily (such as plagioclases or pyroxenes). During 
decompression associated with eruptions, melt inclusions can leak 
and record low pressures that may not relate to the reservoir con-
ditions (for example, recording depths of <2–3 km; refs. 34–36). For 
silicic magmas, studies that report compositions of pristine quartz-
hosted melt inclusions probably provide the most reliable pressure 
estimates (for example, refs. 37–39). Similarly, mineral barometry suf-
fers from inaccuracies related to the fact that compositional param-
eters in minerals are not only pressure sensitive, but also strongly 
depend on temperature and melt composition. For example, when 

amphibole phenocrysts grow from a melt that is saturated with 
multiple other phases (such as quartz, biotite, 2 feldspars), then the 
degrees of freedom in the melt composition are limited (the system 
is compositionally buffered), and pressure values tend to be more 
reliable using the latest barometric calculations (see, for example, 
refs. 40,41). However, when magmas have less mineral diversity, 
amphibole compositions can strongly vary as a function of melt 
composition, and barometric calculations can be unreliable30,42.

Constraining the volume and depth of shallow magma cham-
bers from geophysical images is also challenging because resolu-
tion is typically low, and active volcanoes often host a hydrothermal  
system above the reservoir, where hot fluids circulate in the per-
meable crust18. From geophysical inversions, hydrothermal systems 
are not easy to distinguish from regions where silicate melt accu-
mulates, because both share similar signatures (density significantly 
lower than that of the surrounding crust, high electric conductivity,  
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low shear velocity (Vs) and high ratio of primary to shear wave veloc-
ity (Vp/Vs); for example, refs. 43–45). Similarly, during unrest periods 
at a volcanic edifice, it is expected that the hydrothermal circula-
tion and possibly boiling of water can lead to pressure changes that  
are detected by geodetic surveys46,47, leading again to a bias for  
shallow structures.

With these caveats in mind, we summarize published petrologic 
and geophysical data on storage depths for various volcanic cen-
tres (Fig. 3). While this is not an exhaustive list, the data presented 
follow the selection criteria discussed above (for example, quartz-
hosted melt inclusions, pristine amphibole composition with buff-
ering mineral assemblage and well-characterized experimental 
constraints). All three independent techniques (mineral and melt 
inclusion barometry and geophysical imaging) converge towards 
an average pressure of 2 ± 0.5 kbar for the emplacement of the sub-
volcanic reservoirs that feed most intermediate to silicic eruptions. 
This optimal pressure range is well known to experimental petrolo-
gists, who commonly use 2 kbar as the default pressure for many of 
their runs48–50. This observation holds true across tectonic settings, 
and all differentiation trends.

Evolution and imaging of magmatic columns
Our model results provide a process-based understanding of several 
important aspects of polybaric evolution in water-rich silicic magma 
chambers in the middle to upper crust. These chambers are able 
to form around pressures of about 1.5–2.5 kbar because the crust 
is compliant enough to host growing magma bodies and the abun-
dance of exsolved volatiles and efficiency of exsolution is limited  

enough for eruptions not to mobilize more magma than what is 
supplied. Interestingly, although magma chambers are able to grow 
more efficiently at pressures above 2.5 kbar in our model, the magma 
emplaced at these depths or deeper generally does not contribute 
directly to the volcanic record unless exceptionally large recharge 
rates are considered (long-term averaged fluxes >>10−3 km3 yr–1).

Our simulations suggest that only transient magma bodies 
(unable to grow to any significant size) form at pressures below 
1.5 kbar; eruptible and long-lived (potentially large) bodies form 
between 1.5 and 2.5 kbar; and large non-eruptible roots (that may 
supply shallower systems) emplace beyond 2.5 kbar, in excellent 
agreement with experimental petrology51,52, observations from geo-
physical imaging53–57, melt inclusion data37,39 and mineral and melt 
barometry58,59 for different silicic volcanic centres that are capable 
of eruption volumes spanning 3 orders of magnitude (Fig. 4). With 
variable tectonic stresses, as well as magma and volatile composi-
tions, the pressure bounds (here suggested to be ~1.5 to 2.5 kbar) 
will change slightly, but the existence of an optimal entrapment 
depth in the upper crust for erupting reservoirs will abide.

Online content
Any methods, additional references, Nature Research reporting 
summaries, source data, statements of code and data availability and 
associated accession codes are available at https://doi.org/10.1038/
s41561-019-0415-6.
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Methods
The physical model is based on the conservation of total mass, water and enthalpy 
in a homogeneous magma chamber (see ref. 25). The overpressure threshold set for 
the initiation of dykes was 20 MPa, but similar results were obtained with 40 MPa. 
The datasets generated during this study (outputs from numerical simulations) and 
the codes used to generate the results are available from the corresponding author.

Model description. We use the physical model developed by Degruyter and 
Huber25 and extended by Townsend et al.68 to describe the evolution of a magma 
reservoir. The model is designed to study the interaction of first-order processes 
that govern the capability for a magma reservoir to grow and erupt during its 
lifetime. The model considers an eruptible portion of magma referred to as 
the magma chamber sitting in a colder, viscoelastic region that represents the 
transition from a mush in the proximity of the chamber to the surrounding crust 
in the far field. We assume that the main processes involved are: magma recharge; 
crystallization; volatile exsolution; heat loss to the surroundings; viscoelastic 
response of the surroundings in response to volume changes in the chamber; and 
mass withdrawal due to eruptions (Supplementary Fig. 1).

Governing equations. The governing equations of the model are conservation of mass, 
water and energy applied to the magma chamber, which we can write concisely as:

dM
dt

¼ _Min � _Mout ð1Þ

dMw

dt
¼ _Mw

in � _Mw
out ð2Þ

dH
dt

¼ _Hin � _Hout ð3Þ

where M, Mw and H represent the (total) mass, the water mass and the enthalpy of 
the magma chamber, respectively. The subscripts ‘in’ and ‘out’ indicate source and 
sink terms, respectively.

Constitutive equations. The time evolution of the magma chamber volume (V), 
melt (ρm) and crystal density (ρX) are described by the following relationships:

dV
dt

¼ 1
βr

dP
dt

þ ΔP
ηr

� αr
dT
dt

ð4Þ

dρm
dt

¼ 1
βm

dP
dt

� αm
dT
dt

ð5Þ

dρX
dt

¼ 1
βX

dP
dt

� αX
dT
dt

ð6Þ

where T is the temperature and P is the pressure in the chamber. α and β are the 
thermal expansion coefficient (10−5 K−1) and bulk modulus (1010 Pa), respectively. 
The subscripts m, X and r refer to the melt phase, crystal phase and mush/country 
rocks, respectively. ∆P indicates the overpressure (that is, the chamber pressure 
minus the lithostatic pressure). ηr is the effective viscosity of the surrounding shell.

The crystallization in the chamber is described by a parameterized relationship 
between the temperature and the crystal volume fraction defined by equation (13) 
in Huber et al.69. We use an exponent of b = 0.5, 700 °C for the solidus and 950 °C 
for the liquidus temperature, which are values representative for silicic magmas. 
We assume that water is the dominant volatile species. We use the solubility model 
of Zhang70 as parameterized in equation (16) of Dufek and Bergantz71, suitable 
for water in rhyolite. To determine the density of the exsolved volatile phase, we 
use the modified Redlich–Kwong relationship of Halbach and Chatterjee72 as 
parameterized in equation (7) of Huber et al.73.

Boundary conditions. We assume that magma is supplied continuously from 
deeper levels in the crust at a constant rate, which we vary between 10−5 and 
10−3 km3 yr−1 in agreement with long-term rates suggested for volcanic systems74. 
The temperature of the injected magma is assumed to be 927 °C (1,200 K) and its 
water content is equal to the initial water content of the chamber.

Mass withdrawal due to eruptions occurs when overpressure in the magma 
chamber reaches a critical overpressure of 20 MPa (40 MPa was also tested and led 
to similar results). The value of a critical overpressure is uncertain and has been 
suggested to fall anywhere between 1 and 100 MPa (ref. 14). The values we use here 
are based on scaling arguments based on the cooling of a dyke27,75. We also require 
that the magma remains mobile for an eruption to occur. The physical properties 
of the magma removed from the chamber are set equal to those within the 
chamber. We simply set this criterion equivalent to having less than or equal to 0.5 
crystal volume fraction, a value that is commonly used76. Once this crystal volume 
fraction is reached through sufficient cooling, the calculation is stopped.

The heat loss from the chamber to the surroundings is determined at each 
time step from an analytical solution whereby the chamber is considered to be a 
hot sphere sitting in a larger sphere with a radius ten times the radius of the initial 

chamber. The initial temperature profile between the inner and outer sphere is 
assumed to be at steady state and thus assumes a mature plumbing system. The 
temperature at the inner boundary is that of the magma chamber and that at the 
outer boundary is set at a constant value in accordance with the crustal temperature 
in the far field at the depth of the magma chamber. To obtain this temperature, 
we assume a geothermal gradient of 30 °C km−1 for all of the calculations in the 
main paper. In the next section, we examine the influence of a hotter geotherm 
(40 °C km−1), as well as varying this temperature independently from the assumed 
depth of the chamber. The temperature profile evolves over time in response to 
changes in the temperature of the magma chamber taking into account the history 
of the temperature changes (see appendix A.4 in Degruyter and Huber25). From this 
profile, the heat flow rate emanating from the chamber is calculated.

The temperature profile of the shell is also used to determine ηr, the effective 
viscosity of the surrounding shell. At each position z in the shell, a viscosity η(z) is 
determined using an Arrhenius law

ηðzÞ ¼ Ae
G

BTðzÞ

� �
ð7Þ

where A = 4.27 × 107 Pa s is a material-dependent constant, G = 141 × 103 J mol−1 is the 
activation energy for creep flow, B = 8.31 J mol−1 K−1 is the molar gas constant and T(z) 
is the temperature at that position in the shell. We base equation (7) on the discussion 
of ref. 27 that uses values for Westerly granite with 0.1 wt% water based on experiments 
from Hansen and Carter26. The effective viscosity of the shell is calculated from 
averaging across the radially varying viscosity within the shell following the method of 
Lensky et al.77. See appendix A.5 in Degruyter and Huber25 for further details.

Initial conditions. Together with the recharge rate, three initial conditions are varied 
to explore the parameter space. The initial pressure is set equal to the lithostatic 
pressure. Assuming a crustal density of 2,750 kg m−3 and a storage depth between 6 
and 12 km, we evaluate storage pressure between 1 and 3 kbar. The choice of depth 
also determines the temperature of the outer shell of the surroundings, which is 
calculated using the geothermal gradient as discussed in the previous section. The 
initial volume of the chamber ranges between 0.1 and 10 km3 and the initial magma 
water content ranges from 4 to 7 wt%. The initial temperature and density of the 
melt and crystal phase are the same for all calculations and are 927 °C (1,200 K), 
2,400 kg m−3 and 2,600 kg m−3, respectively.

The effect of different crustal geotherms. We ran additional simulations with 
a hotter far-field geotherm to test how it influences the most favourable depth 
of emplacement of a magma reservoir over various conditions (depth, water 
content in the magma, initial volume and recharge rate). It is important to note, 
however, that the near-field temperature field around the chamber (here, near 
field refers to a distance shorter than ten times the chamber radius) is initially set 
to be at steady-state with the hot magma reservoir (thermally mature crust) and 
is solved analytically accounting for the temperature variation in the chamber at 
any subsequent time. The far-field geotherm is therefore influencing the boundary 
condition in the far field alone. As expected, the results obtained with a hotter 
geotherm of 40 °C km−1 are very similar to the results we obtained with 30 °C km−1. 
The main difference is that the maximum depth for an eruptible magma reservoir 
is shallower (lower pressure) for the higher geotherm simulations, as expected.

We conducted a series of magma chamber simulations to establish whether the 
sweet spot observed in Fig. 2 and Supplementary Fig. 2 (in pressure or depth range, 
where magma chambers can both grow and erupt) is robust when considering 
a wide range of pressure–temperature (P–T) crustal conditions (Supplementary 
Figs. 3 and 4 show results for an initial magma water content of 4 and 6 wt%, 
respectively). The temperature on the x axis in these figures corresponds to the 
temperature assumed at the outer boundary of the surrounding shell as explained 
in the section above entitled Boundary conditions. This is equivalent to the 
‘unperturbed’ crustal temperature at the same depth as the centroid of the magma 
chamber in the far field. Some of the most extreme P–T conditions explored are 
not realistic and we bracketed the most likely conditions between two endmember 
geotherms of 30 and 50 °C km−1. In all cases, we observe that magma chambers 
shrink in mass at the lowest pressure (in general, a depth corresponding to 
pressures below 1.5 kbar) while growth (by mass) is promoted at higher pressure. 
We also find that eruptions are suppressed over the range of tested recharge 
rates when the far-field crustal temperature at an equivalent depth exceeds a 
critical temperature that ranges between 250 and 375 °C. The variation in critical 
temperature and pressure marking the transition from an eruptible to a non-
eruptible chamber is mostly driven by the size and recharge rate of the chamber, 
which again supports the importance of conditions such as the volume of the 
chamber and the recharge rate of the magma on the brittle–ductile transition.

Data availability
The datasets generated during this study (outputs from numerical simulations) are 
available from the corresponding author on request.

Code availability
The code used to generate the magma chamber growth outputs can be accessed by 
contacting the corresponding author.
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