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Abstract Loading a 3‐m granite slab containing a saw‐cut simulated fault, we generated slip events
that spontaneously nucleate, propagate, and arrest before reaching the ends of the sample. This work shows
that slow (0.07 mm/s slip speeds) and fast (100 mm/s) contained slip events can occur on the same fault
patch. We also present the systematic changes in radiated seismic waves both in time and frequency domain.
The slow earthquakes are 100 ms in duration and radiate tremor‐like signals superposed onto a
low‐frequency component of their ground motion. They are often preceded by slow slip (creep) and their
seismic radiation has an ω−1 spectral shape, similar to slow earthquakes observed in nature. The fastest
events have slip velocity, stress drop, and apparent stress (0.2 m/s, 0.4 MPa, and 1.2 kPa, respectively) similar
to those of typicalM−2.5 earthquakes, with a single distinct corner frequency andω−2 spectral falloff at high
frequencies, well fit by the Brune earthquake source model. The gap between slow and fast is filled with
intermediate events with source spectra depleted near the corner frequency. This work shows that a fault
patch of length p with conditions favorable to rupture can radiate in vastly different ways, based on small
changes in p

h*
; where h* is a critical nucleation length scale. Such a mechanism can help explain atypical

scaling observed for low‐frequency earthquakes that compose tectonic tremor.

Plain Language Summary Some faults slip slowly and silently, while others are locked and
then slip spontaneously in an abrupt fashion. There is debate on whether slow and fast slip are distinct
processes or lie on a continuum of fault slip modes in nature. Recent laboratory observations show that a
single fault can slip in both modes and at some intermediate velocities, creating a spectrum of slow to fast
earthquakes. We have conducted laboratory earthquake experiments where we force a fault cut in a
3‐m‐long granite rock to slip under pressure. The experiments show that by giving a rupture more distance to
accelerate before it runs in to unfavorable fault conditions and dies, it can emit high‐frequency energy more
efficiently and exhibit resemblance to natural regular earthquakes. On the other hand, if a rupture barely
accelerates before stopping, it will emit weak tremors. This proposed mechanism and the seismic
consequences highlighted in this studymay explain the puzzling behavior of deep tectonic tremor sometimes
radiated from slow earthquakes.

1. Introduction

Since Brace and Byerlee (1966) first suggested stick‐slip frictional instability as a mechanism for crustal
earthquakes, laboratory experiments have explored topics ranging from friction properties (e.g., Dieterich
& Kilgore, 1994), rupture dynamics (e.g., Johnson et al., 1973; Johnson & Scholz, 1976), and earthquake
nucleation (e.g., Ohnaka & Kuwahara, 1990; Okubo & Dieterich, 1984). In laboratory experiments, fault sta-
bility is controlled by the loading system stiffness k and sample length l in relation to a critical stiffness kc
(Ruina, 1983) and a critical nucleation length h* (Dieterich, 1992). When k > kc, the laboratory sample will

slide stably. When k< kc two types of stick‐slip can occur:When l
h*
≪1, the sample slides like a rigid block and

accelerates uniformly (Marone, 1998). When l
h*
≫1, the transition from slow to rapid slip is commonly mod-

eled as an expanding shear rupture (e.g., Andrews, 1976; Ben‐David et al., 2010; Rosakis et al., 2006). In this
model, localized slow aseismic slip within an h*‐sized region on the fault occurs before rapid, seismic slip
commences, in a process known as earthquake nucleation (Kato et al., 1992; McLaskey & Kilgore, 2013;
Nielsen et al., 2010; Ohnaka & Kuwahara, 1990; Okubo & Dieterich, 1984; Selvadurai & Glaser, 2017).

A family of slow earthquakes have been observed in the past 20 years with the deployment of continuous
GPS recording systems and high‐sensitivity borehole seismometers and strain meters. Independent©2019. American Geophysical Union.
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discoveries of periodic deep tremor and slow slip events (SSE) in Japan (Hirose et al., 1999; Obara, 2002) and
Cascadia (Dragert et al., 2001) led Rogers and Dragert (2003) to recognize their connection and name the
phenomenon episodic tremor and slip (ETS). Other members of the slow earthquake family include low‐
frequency earthquakes (LFEs), very low frequency (VLF) earthquakes, and silent earthquakes. Shelly et al.
(2007) showed that tectonic tremor is a swarm of LFEs. All of these events are associated with slip on the
plate interface, but they have low stress drop relative to standard earthquakes and originate either downdip
or updip of the seismogenic zone, in regions where a transition between unstable and stable frictional prop-
erties is expected to occur (Beroza & Ide, 2011; Liu & Rice, 2005; Obara & Kato, 2016; Scholz, 1988; Schwartz
& Rokosky, 2007).

Recent laboratory experiments have explored the transition between stable and unstable behavior to probe
the mechanics of slow earthquake phenomena (Kaproth & Marone, 2013; Leeman et al., 2016; Scuderi
et al., 2016). Slow earthquakes in the lab occur when the machine loading stiffness approaches the critical
stiffness (Leeman et al., 2016) or the sample length approaches the critical nucleation length (McLaskey &
Yamashita, 2017). In the latter, a slow‐slip event was produced when a nucleating slip event did not acceler-
ate to fully seismic speeds before the rupture reached the ends of the sample and could not propagate
any further.

We have designed a 3‐m biaxial direct shear rock friction machine with l > h*. In addition to traditional
“complete rupture” stick‐slip events, it produces contained rupture events that nucleate within the sample
and arrest before reaching the sample ends (Ke et al., 2018). To our knowledge, no other rock friction appa-
ratus can create contained rupture events, except via pore fluid injection (Lockner et al., 1982). The con-
tained events are generated through a specified loading procedure that creates a heterogeneous stress state
along the 3‐m fault. The fault must contain a patch of length p with stress conditions that are favorable for
rupture propagation, and outside of patch p, rupture rapidly terminates due to unfavorable stress conditions.
A contained dynamic slip event will only occur if h* < p < l.

In experimental runs lasting tens of minutes, we can generate sequences of slip events that grow from slow to
fast. Initially p ≤ h*, thereby events terminate before accelerating to fully seismic speeds. With continued
loading, the ratio p

h* increases and successive events become larger and faster. A spectrum of slow to fast con-

tained and partially contained events are produced before the entire fault ruptures dynamically in standard
stick‐slip fashion. The fastest contained events generated have maximum slip velocity, stress drop, and
apparent stress (0.2 m/s, 0.4 MPa, and 1.2 kPa, respectively) similar to ordinary M −2.5 earthquakes. The
slower slip events have low static stress drops (20–100 kPa), and peak slip velocities that range from
0.1–10 mm/s.

The containment of the events on a simulated fault provides a unique opportunity to study the source para-
meters—moment, stress drop, and radiated energy—of laboratory earthquakes that initiate and terminate
primarily due to properties of the rock, with little influence from the machine loading stiffness k. Both the
sample and loading apparatus affect k, which is roughly defined as the increase in sample average shear
stress that occurs from a unit advancement of the loading piston (see, e.g., McLaskey & Yamashita, 2017).
The contained events do rupture through the top and bottom free surfaces of the slab, but this has more
minor effects on their characteristics. Using an array of local fault slip measurements, wemeasured the static
stress drop of the contained events. Piezoelectric sensors were used to quantify the source spectra of the
events. We find that near p

h* ≈1, moderate variations in p or h* can strongly affect stress drop and maximum

slip velocity and produce orders of magnitude variation in radiated energy. The laboratory‐generated slow
slip events are depleted in energy near the corner frequency and the recorded laboratory seismograms con-
tain a tremor‐like high‐frequency component superposed upon a low‐frequency component, similar to nat-
ural VLF events (e.g., Ghosh et al., 2015).

In this work, we first describe the laboratory experiments, typical loading sequences, and how we classify
events based on the spatial distribution of slip and maximum slip rate. Section 3 describes how the moment
and stress drop of the contained events are determined both geodetically, from local fault slip measurements,
and seismically, from the spectra of their radiated waves. Section 4 presents examples of slow to fast events
and illustrates the systematic variation in their initiation processes, ground motions, and spectral shapes.
Finally, we present a model to explain the mechanism behind their variation and compare the laboratory
events to slow and fast earthquakes observed in nature.
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2. Mechanics of the Experiment
2.1. Overview

A photograph and schematic diagram of our biaxial direct shear apparatus, hereafter referred to as the
“Cornell 3 m apparatus,” is shown in Figure 1. Two 3.1‐m‐long rectangular Barre gray granite blocks are
squeezed together and sheared past one another. Slip occurs on (i) a dry, rock‐rock interface between the
moving and stationary blocks and (ii) a Teflon‐steel low‐friction interface (LFI). The dimensions of the mov-
ing block are 3,100 mm × 910 mm × 310 mm in the x, y, and z directions, and dimensions of the stationary
block are 3,150 mm× 610 mm× 310 mm. The simulated fault is 3,100 mm × 310 mmwith area A= 0.961 m2.

We conducted sets of ~3‐hr‐long experiments, once every 1–6 weeks over about 24 months. After the fault
had slipped approximately 40 mm over many experiments, we unloaded the sample completely, retracted
the cylinders, and reset the moving block and eastside hydraulic cylinders using an overhead crane.
During this procedure, the two rocks were separated and the fault surface roughness was measured with a
profilometer at seven locations in October 2018 and had a mean roughness of ~7 μm. A small amount of fine
rock flour (fault gouge) was distributed throughout the nominal area of contact. Upon close inspection, stria-
tions tens of millimeters in length in the x direction were dispersed across the fault surface. Large concentra-
tions of striations and an overall roughening of the fault surface was observed within 50 mm of the fault ends
all across its width (z direction). Fault gouge was not removed between experiments or when we separated
the rocks.

2.2. Instrumentation

Eddy current sensors (E1–E16, sampled at 50 kHz then averaged to 5 kHz) measured local slip δ(x,t) on the
simulated fault surface at 16 equally spaced locations (Figure 1b). Local strain was measured by eight strain

Figure 1. (a) Annotated photograph and (b) schematic diagram of the sample and apparatus. The two granite samples are 3.1 m long and are placed into a steel
loading frame using an overhead crane. Forces are applied to the samples with 54 hydraulic cylinders (36 for normal force and 18 for shear force, as labeled).
Slip sensors (E1–E16), strain gages (S1–S8), and piezoelectric sensors (PZ1–PZ16) are coupled to the top and bottom surfaces. The locations of slip sensors are
denoted by rectangles colored from blue (North end) to red (South end). Open and filled triangles describe piezoelectric sensors on the top and bottom of the sample,
respectively. Slip occurs on the (i) rock‐rock interface and (ii) Teflon‐steel low‐friction interface.
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gage rosettes (S1–S8, sampled at 100 Hz) collocated with odd‐numbered
slip sensors. Each rosette consisted of three collocated 5‐mm‐long strain
gages oriented at 45°, 90°, and 135° from the fault. Local stresses σxx, σyy,
and σxy were derived from these strain components and elastic properties
of Barre gray granite, shear modulus G=30 GPa and Poisson ratio ν= 0.23.
Sample‐average normal and shear stresses (σn and τ, respectively), labeled
by an overbar, were derived from hydraulic pressure measurements,
described in section 2.3.

An array of 16 Panametrics V103 ultrasonic piezoelectric sensors, sampled
at 1 MHz, were coupled to the granite blocks using superglue on both the
top (PZ1–PZ8) and bottom surfaces (PZ9–PZ16) to measure ground
motion in the z direction. Output from these sensors is approximately pro-
portional to vertical ground displacement in the 60‐ to 700‐kHz band and
acceleration in the 1‐ to 10‐kHz band (Wu & McLaskey, 2018).

2.3. Loading and Stress Profiles

Figure 2 describes the loading procedure and slip time history δ(t) of a typi-
cal experimental run using experiment FS01_27_10MPaP as an example.
Force was applied to the granite samples by advancing hydraulic cylinders
using an Enerpac P‐462 hydraulic hand pump.

In a typical loading sequence, σn was increased to a specified level between 1 and 12 MPa and then held
approximately constant by closing a valve such that the volume of hydraulic fluid remained constant in
the 36 Eastside cylinders. Normal stress was still weakly coupled to shear stress through the Poisson effect.
Shear stress τ was then increased at a relatively steady rate _τ ¼ 0.03 MPa/s by increasing the hydraulic pres-

sure in the 18 northside cylinders, somewhat analogous to slow tectonic
loading (Figure 2a). This produced sequences of events with a roughly con-
stant recurrence interval.

Large increases in applied σn (e.g., 1 to 4 MPa or 4 to 10 MPa) created het-
erogeneous shear stress profiles across the fault. Figure 3 illustrates the
frustrated Poisson expansion that occurs on the moving block during load-
ing and a schematic of the resulting stress profiles. Nonuniformity of τ(x)
has two main sources. First, the localized application of shear force creates
an increase of shear force at the north end (Figure 3b, τ1). Second, when
the normal load was increased from 4 to 10MPa (while t< 0, not shown in
Figure 2a), the applied force in the y direction caused the moving block to
expand in the x and z directions, that is, “Poisson expansion,” while the
stationary block is thinner in the y direction and is constrained from
expanding on its S and W sides. As a result, local shear stress on the fault
increased at the south end and decreased at the north end (Figure 3b, τ2),
creating heterogeneous shear stress profile τ = τ1+τ2. The bowl‐shaped
σ(x), which is common to these type of experiments (Ke et al., 2018;
Yamashita et al., 2018), results from (1) the torque exerted on the moving
block by the application of shear stress, (2) compliance of the steel loading
frame, and (3) edge effects. As a result, the peak τ/σ ratio consistently
occurs ~2 m from the north end of the fault (Figure 3d). The τ(x) and
σ(x) measured by the strain gages and simulated through finite element
models support the general trends described in Figure 3 (Ke et al., 2018).

Hereafter, we refer to the series of events generated after a large increase in
σn as a Poisson expansion sequence. For catalog purposes the sequence in
Figure 2 is called “FS01_27_10MPaP”, which denotes the Poisson expan-
sion sequence at σn ¼ 10 MPa in the 27th overall day of experiments on
the first set of blocks used on the Cornell 3 m apparatus.

Figure 2. Loading procedure and slip time history in an experiment. (a)
Sample‐averaged normal and shear stress derived from hydraulic pressure.
(b) Slip time history recorded from the eddy current sensors (E1–E16). The
lines are color coded based on the location of eddy current sensor as shown
in Figure 1b. Slip events 1–6 are labeled. Event 5 is the first event to rupture
the entire 3.1‐m fault.

Figure 3. Normal and shear stress heterogeneity created by the Poisson
expansion loading scheme. σn is increased to a
prescribed level, and then τ is slowly increased to generate a sequence of slip
events. (a)When loaded in the y direction, themoving block expands in the x
and z directions, while the stationary block is constrained on the south and
west edges; (b) a nonuniform shear stress profile τ(x) is created from the local
application of shear stress τ1 and the frustrated Poisson expansion τ2; (c)
nonuniform normal stress profile that results from sample edge effects,
compliance of the load frame, and shear‐force‐induced torque; (d) as a result,
the τ(x)/σ(x) ratio has amaximumat around 2m and this is where slip events
are observed to nucleate.
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Fault slip time history δ(t) is shown in Figure 2b. Events 1–4 were the result of slip on some but not all of the
fault. They occurred before τ reached the sample average critical stress τcrit and showed essentially no sample
average stress change Δτ, as measured on the hydraulic pressure sensor. (τcrit is the maximum τ the sample
can withstand, as shown in Figure 2a.) For events 1–4, τ(x)/σ(x) exceeded a critical value near x = 2 m, but
τ(x)/σ(x) was not uniform enough for the rupture to propagate through the entire sample. Events 5 and 6 rup-

tured the entire 3‐m fault. These events occurred when
τcrit
σn

¼ μcrit≅ 0.8. This value of μcrit is higher than the

typical static friction coefficient μs for granite due to the contribution from the Teflon‐steel LFI (μcrit ¼
μs þ μLFI ). We estimate that μLFI = 0.1–0.13 based on previous work using a similar LFI (McLaskey &
Yamashita, 2017).

2.4. Three Types of Events: Contained, Partially Contained, Complete Rupture

Using slip measurements δ(x,t) from the 16 eddy current sensors, we defined parameters for each slip event.
The spatial distribution of slipD(x) was defined as the slip that occurred in a 1‐s timewindow surrounding the

event. Themax slip rate distribution, _Dmax xð Þ, was estimated numerically from the slip sensor recording δ(t) at
location x: _Dmax xð Þ ¼ max _D x; tð Þ� �

where _D x; tð Þ ¼ δ x; tð Þ−δ x; t−Δtð Þð Þ=Δt, and Δt is the sampling period.

For slow events, low‐pass filters were applied during the calculation of _D x; tð Þ to reduce high‐frequency noise
that was accentuated as a result of the numerical differentiation. For each event, we also defined the event

max slip rate _Dmax ¼ max _Dmax xð Þ� �
excluding outliers and edge effects.

Across all experiments, we categorized the observed events by the shape of their slip distribution D(x) and

peak slip rate distribution _Dmax xð Þ into three types: (1) contained, (2) partially contained, and (3) complete

rupture (Figure 4). For contained events, both D(x) and _Dmax xð Þ have a maximum at the center of the rup-
tured region and taper off gradually toward the edges (Figure 4a). We classify an event as contained even

if it has a finite amount of slip at the south end of the sample (Figure 4b), as long as _Dmax xð Þ at the south

end is less than 50% of the event max slip rate, max( _Dmax xð Þ). This allows us to classify as fully contained
those events where rapid dynamic slip was halted but slow afterslip continued near the sample edge. For par-

tially contained events, D(x) and _Dmax xð Þ taper off to zero on one side of the ruptured region, but either D(x)

or _Dmax xð Þ does not decrease on the other side (Figure 4c). The main identifier for a partially contained event

is _Dmax xð Þ increases near the sample edge, likely due to an edge effect. In contrast, events classified as fully

contained show a sharp decrease in _Dmax xð Þ near the sample edge (Figure 4b).

Complete rupture events (Figure 4d) propagate across the entire fault surface and are similar to stick‐slip
instabilities observed previously (Brace & Byerlee, 1966; Dieterich, 1981; Johnson & Scholz, 1976; Togo
et al., 2015). D(x) is approximately uniform across the fault, while the aforementioned edge effect causes

Figure 4. Three kinds of laboratory earthquakes, categorized by slip distribution D(x) (diamonds) and peak slip rate dis-
tribution _Dmax xð Þ (circles). (a) Contained event, (b) contained event, (c) partially contained event, and (d) complete
rupture.
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an increase in _Dmax xð Þ at the two sample ends (Figure 4d). This edge effect
has also been observed on other large‐scale rock experiments (McLaskey,
Kilgore, et al. (2015), Figure 3).

Across all Poisson expansion sequences, we see a consistent progression of
the three types of events. As τ is steadily increased, a few contained and
partially contained events will occur prior to the first complete rupture
(when τ ¼ τcrit), after which τ drops to a sample‐averaged final stress level
τf . Hereafter, complete rupture events occur at a roughly constant recur-

rence interval of
τcrit−τf

_τ
.

3. Methods
3.1. Geodetic Moment Mg

0

The distribution of slip during an earthquake on a natural fault and a sche-
matic explanation of its simplifications are described in Figure 5. The rup-
ture involves a complicated slip process that varies with space and time

(Figure 5a). The scalar seismic momentM0 is an integral of the processM0

¼ G∫∫S Dðx; zÞdS and is often simplified M0 ¼ GAD (Aki, 1966), where G

is the shear modulus, A is the ruptured fault area, andD is the average slip
over the rupture area. For natural earthquakes A is typically inferred from

mapping the extent of aftershocks (Mogi, 1968), andD can be directly mea-
sured only if the rupture breaks the surface of the Earth. On our simulated
fault surface, however, we measure the slip distribution D(x) from slip

measurements and assume that D(x,z) is uniform throughout the fault widthW (Figure 5b). We then define
our estimate of the moment,

Mg
0 ¼ GW∫

3 m

0 D xð Þdx; (1)

where the superscript “g” denotes that seismic moment was computed geodetically.

The assumption of uniform D(x) acrossW is supported by measurements of slip on the bottom surface of the
granite slab, made for some experiments.

3.2. Source Spectrum From an Empirical Green's Function Approach

We estimated the radiated energy and the seismic moment of some slip events using the piezoelectric sensor
array. The groundmotion signal s(t) recorded from a piezoelectric sensor is the combined effect of the source,
wave propagation, and recording system. Sources occurring inside a body can be represented by a second‐
order moment tensor m(t) (Aki & Richards, 1980). A Green's function g(t) represents wave propagation
effects such as geometric spreading, scattering, and attenuation. We combined the effects of the recording
system, including the sensor response, coupling, digitizer, and cables, into an instrument response term i
(t) such that

s tð Þ ¼ m tð Þ⨂g tð Þ⨂i tð Þ; (2)

where⨂ represents convolution. In this work, we study the moment rate spectrum _M ωð Þ, which is the first
temporal derivative of the Fourier transform ofm(t) and is commonly referred to as the displacement source
spectrum (e.g., Baltay et al., 2010).

The ideal displacement source spectrum of an earthquake is shown in Figure 6, alongside four spectra from
lab‐generated earthquakes. The ideal spectrum is flat with a constant low‐frequency amplitude Ω0 below the
corner frequency f0 and falls off with a high‐frequency spectral decay of the form ω−γ for ω > f0. The para-

meter f0 is inversely proportional to the event duration. Ω0 of the source spectrum _M ωð Þ is equal to M0.
The falloff rate is γ = 2 for most earthquake source models (e.g., Brune, 1970).

Figure 5. Schematic of fault slip on a natural fault and its simplification on
our simulated fault. (a) Slip within the rupture zone (white background) on
a natural fault is variable in space and time and surrounded by a nonslipping
locked zone (gray), adapted from Stein andWysession (2003). (b) Slip on our
simulated fault surface is assumed to be uniform across its widthW. L is the
characteristic rupture length. (c) An example of themeasured distribution of
slip D(x) is color coded with E1–E16 from Figure 1b.
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We found _M ωð Þ of the slip events using a laboratory version of the empiri-
cal Green's function (EGF) approach (McLaskey, Lockner, et al., 2015). In
this approach, g(t) and i(t) are common to both the EGF source and the
seismic event to be analyzed, therefore the unknown source can be deter-
mined if the source of the EGF event is known. We used both ball impacts
and one small abrupt contained event as EGF sources, and the method is
described in Appendix A.

Once _M ωð Þ for an event was obtained (equation (A1)), the seismic moment

Ms
0 was found by averaging over the low frequencies of _M ωð Þ where the

spectrum is relatively flat. There was good agreement between Ms
0 and

Mg
0 for the contained events (see Table 1), and this provided a means of

double‐checking our seismic analysis. Ms
0 was then used to constrain a

Brune (1970) source model _M ωð Þ ¼ Ms
0= 1þ ω=f 0ð Þ2� �

to find the corner

frequency f0 by minimizing the sum of squared residuals between _M ωð Þ
and the Brune model. Figure 6 shows the source spectra and Brune model
fit for four contained and partially contained events. The source properties
(f 0;M

g
0;M

s
0; etc.) are cataloged in Table 1.

3.3. Static Stress Drop for Contained Rupture Events

The stress drop of contained and partially contained events (Types 1 and 2)
cannot be ascertained from sample average measurements (Figure 2a).
Instead, for these events, we determined the static stress drop with meth-
ods analogous to those employed for the study of natural earthquakes.
We begin with a conventional definition for static stress drop following
Kanamori and Anderson (1975),

Δσstatic ¼ CG
D
L
; (3)

where D is the average slip and is assumed to be half of the maximum slip max(D(x)), L is the characteristic
rupture length, C is a shape factor, and we assume C = 2/π which is appropriate for long, strike‐slip faults
(Knopoff, 1958). Stress drop calculated using equation (3) was independently validated using strain gage
measurements and a dislocation model in Appendix B.

4. Geodetic and Seismic Observation of Slow to Fast Earthquakes
4.1. Slip Measurements

Figures 7–9 present four example events that range from slow to fast. Events 29–32 are from a sequence at
σn = 4 MPa that produced slow and intermediate events. Event 42 is an example of one of the fastest con-
tained events recorded. Generated at σn = 10 MPa, Event 42 is the first event after an imposed hold where
the loading rate _τ was set to zero for about 300 s and the fault rested in essentially stationary contact.

Figure 7 shows the recorded slip time history δ(t) for the two sequences and illustrates the different slip pat-
terns that precede the slow and fast events. In general, experiments with slow, quasi‐static creep, such as
shown in Figure 7a tended to produce sequences of slow slip events that became progressively faster with
successive events. Prior to event 29, slip rate increased nonlinearly for ~100 s from 0.1 to 0.5 μm/s.
Sequences at higherσn, and particularly after imposed holds, such as the sequence of Figure 7b, had minimal
slow slip and produced faster events. Prior to Event 42, the fault was essentially locked with no observable
preslip. Some slow slip preceded later events of this sequence.

4.2. Initiation and Arrest of Laboratory Earthquakes

Figure 8 shows the initiation of the same four selected events by plotting slip in 1.4‐s time windows
around each event. Each pink or purple contour shows a snapshot of the slip distribution along the fault,
relative to the slip measured at the beginning of the time window. The contours are drawn every 5 ms and

Figure 6. Idealized and estimated displacement source spectra _M ωð Þ of lab‐
generated earthquakes. Important features include the low‐frequency
amplitude Ω0, corner frequency f0, and falloff rate at high frequencies γ.
Estimated source spectra were fitted to a Brune source model (gray lines).
(Note that we observe an increase in f0 with M0, different from typical
earthquake scaling relations. This is caused by the slow speed and low stress
drop of the smaller events as described in section 5.1.)
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the contour colors cycle from light pink to dark purple every 0.1 s. Closely spaced contours with color
banding indicates slow slip 1–10 μm/s. The separation of contours indicates faster slip.

Across all Poisson loading sequences, contained and partially contained events nucleated at x ≅ 2 m, where
the peak τ/σ ratio occurred (see Figure 3d and Ke et al., 2018). This relatively slow nucleation can be

Table 1
The Seismic and Mechanical Source Properties of 52 Events

Event # FS01 Sequence σn MPa Time (s) Type

_Dmax
(mm/s) Dmax L (m) f0 (Hz)

Mechanical
M0 (N m)

Seismic
M0 (N m)

Static stress
drop (N/m2)

Radiated
energy (N m)

1 24 1MPaP 1 21 3 5.2 NA 3.1 NA 6.84E+05 7.24E+04 NA NA
2 24 1MPaP 1 23 3 7.2 NA 3.1 NA 7.99E+05 9.40E+04 NA NA
3 24 1MPaP 1 25 3 7.2 NA 3.1 NA 7.78E+05 9.08E+04 NA NA
4 24 1MPaP 1 27 3 8.4 NA 3.1 NA 8.26E+05 8.71E+04 NA NA
5 24 1MPaP 1 28 3 8.5 NA 3.1 NA 8.17E+05 8.20E+04 NA NA
6 27 2MPaP 2 108 1 0.2 5.8 2 NA 7.40E+04 NA 2.82E+04 NA
7 27 2MPaP 2 123 2 8.9 14.9 2.2 NA 2.26E+05 NA 6.46E+04 NA
8 32 2MPaP 2 141 2 17.4 22.6 3.3 600 4.29E+05 1.29E+05 6.53E+04 1.21E−04
9 32 2MPaP2 2 77 1 0.1 5 2.3 NA 7.25E+04 NA 2.06E+04 NA
10 32 2MPaP2 2 81 2 9.6 15.4 2.9 420 2.88E+05 1.06E+05 5.06E+04 2.65E−05
11 15 4MPaP 4 37 1 16.3 13.4 1.5 NA 1.19E+05 NA 8.56E+04 NA
12 15 4MPaP 4 61 1 21.3 19.2 1.9 NA 2.09E+05 NA 9.92E+04 NA
13 15 4MPaP 4 96 2 30.7 46.9 2.9 NA 6.36E+05 NA 1.54E+05 NA
14 18 4MPaP 4 19 1 29 14.2 1.5 NA 1.19E+05 NA 9.07E+04 NA
15 18 4MPaP 4 32 1 16.3 14.9 1.7 NA 1.55E+05 NA 8.36E+04 NA
16 18 4MPaP 4 42 1 22.1 21.8 2 NA 2.70E+05 NA 1.04E+05 NA
17 18 4MPaP 4 56 2 39.6 44.6 3.1 NA 6.69E+05 NA 1.38E+05 NA
18 19 4MPaP 4 18 1 1.4 2.7 0.9 NA 1.50E+04 NA 3.06E+04 NA
19 19 4MPaP 4 28 1 14.6 8.6 1.2 NA 5.81E+04 NA 7.18E+04 NA
20 19 4MPaP 4 40 1 29.7 17 1.7 NA 1.59E+05 NA 9.53E+04 NA
21 19 4MPaP 4 52 2 49.2 50.9 2.6 NA 6.86E+05 NA 1.87E+05 NA
22 23 4MPaP 4 97 1 2.6 8.5 1.5 NA 6.83E+04 NA 5.40E+04 NA
23 23 4MPaP 4 121 1 25.7 17.1 1.7 NA 1.83E+05 NA 9.62E+04 NA
24 23 4MPaP 4 140 1 23.6 32.6 2.3 NA 4.62E+05 NA 1.36E+05 NA
25 26 4MPaP 4 67 1 23.2 20.8 2 620 2.33E+05 1.91E+05 9.94E+04 4.05E−04
26 26 4MPaP 4 117 3 74.6 NA 3.1 NA 4.15E+06 4.84E+05 NA NA
27 26 4MPaP 4 186 3 99.9 NA 3.1 NA 5.48E+06 6.38E+05 NA NA
28 26 4MPaP 4 194 3 54.1 NA 3.1 NA 3.25E+06 4.01E+05 NA NA
29 35 4MPaP 4 223 1 0.54 9.64 2 NA 1.11E+05 1.82E+04 4.61E+04 9.61E−09
30 35 4MPaP 4 240 1 1.71 13.2 2.1 140 1.67E+05 1.01E+05 6.08E+04 6.74E−07
31 35 4MPaP 4 256 1 1.75 14.2 2.3 140 1.99E+05 9.60E+04 5.99E+04 6.38E−07
32 35 4MPaP 4 274 2 8.73 31.8 4 NA 4.38E+05 2.31E+05 7.59E+04 4.61E−05
33 19 7MPaP 7 20 1 5.4 7.5 0.9 NA 2.53E+04 NA 8.45E+04 NA
34 19 7MPaP 7 34 1 41.9 22.7 1.3 NA 1.64E+05 NA 1.67E+05 NA
35 26 7MPaP2 7 5 1 21.1 19.2 1.7 500 1.72E+05 1.62E+05 1.08E+05 7.91E−05
36 26 7MPaP2 8 24 2 59.6 45.9 2.1 620 5.73E+05 3.65E+05 2.09E+05 9.64E−04
37 26 7MPaP2 8 41 2 60.4 77.8 3.1 NA 1.14E+06 NA 2.40E+05 NA
38 26 7MPaP2 7 82 3 114.9 NA 3.1 NA 6.34E+06 1.08E+06 NA NA
39 26 7MPaP2 7 108 3 191.2 NA 3.1 NA 8.45E+06 1.00E+06 NA NA
40 24 10MPaP1 10 29 1 9.9 15.2 0.9 560 8.19E+04 6.22E+04 1.61E+05 4.62E−06
41 24 10MPaP1 10 59 1 22.9 20.5 1.3 1040 1.56E+05 1.30E+05 1.51E+05 8.30E−05
42 24 10MPaP2 10 37 1 92.3 57.6 1.8 1180 6.35E+05 5.87E+05 3.06E+05 3.13E−03
43 27 10MPaP 10 42 1 2.5 13.3 1.1 NA 8.76E+04 NA 1.15E+05 NA
44 27 10MPaP 10 62 1 36.3 27.4 1.4 NA 2.39E+05 NA 1.87E+05 NA
45 27 10MPaP 10 84 1 59.1 47.7 2 NA 5.61E+05 NA 2.28E+05 NA
46 27 10MPaP 11 109 2 71.3 95.5 2.9 NA 1.36E+06 NA 3.15E+05 NA
47 35 10MPaP 10 136 1 3.19 24.7 1.9 120 2.36E+05 1.22E+05 1.24E+05 7.22E−06
48 32 12MPaP1 12 172 1 54.9 27.1 1.4 NA 2.04E+05 NA 1.92E+05 NA
49 32 12MPaP2 12 64 1 114.5 68.9 1.9 760 7.09E+05 1.00E+06 3.47E+05 1.88E−02
50 32 12MPaP2 12 110 2 108.9 111.9 2.9 820 1.47E+06 1.50E+06 3.69E+05 4.08E−02
51 32 12MPaP4 12 181 1 37.5 30.2 1.6 820 2.32E+05 2.76E+05 1.80E+05 1.98E−03
52 32 12MPaP4 12 224 2 82.5 93.2 2.5 1180 1.15E+06 8.60E+05 3.56E+05 3.33E−02
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identified in Figure 8 by the dense set of contours that indicates slow slip in the nucleation region near x = 2
m. For event #29, the slip rate never exceeded 0.5 mm/s; rupture propagation velocity is poorly defined since
the entire fault patch slipped nearly simultaneously. For faster events, the nucleation region was more
localized in space and more abrupt in time. Many of the events did not end abruptly. Instead, they
continued to slip at slow and decreasing rates (they exhibited afterslip), especially near x = 3 m. Event 32
slowed down and nearly arrested after only 20 μm of slip near x = 2 m, but then slip accelerated again for
a second slip episode near x = 3 m.

Figure 7. Slip time history of slow and fast earthquakes recorded at many locations along the 3.1 m simulated fault. (a) Before events 29–32, slip slow <0.4 μm/s
occurred for about 100 s, as indicated. (b) No preceding slow slip is observed before faster event 42. E7–E16 denotes the eddy current slip sensor channels. The
curves are color coded by location as shown in Figure 1b.

Figure 8. Spatial distribution of slip during events 29, 30, 32, and 42. Slip contours are plotted every 5 ms, while the contour color cycles from light pink to dark
purple every 0.1 s. The nucleation of each event can be identified by dense contours near x = 2 m indicating slow slip.
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Figure 9. Seismicity and slip of four events ranging from slow (blue) to fast (green). (a) Original, high‐pass filtered, and low‐pass filtered waveforms of two channels
of ground motions (PZ12 and PZ14). The max slip rate and experiment number are labeled. (b) Displacement source spectra for frequency bands when signal‐to‐
noise ratio > 20 dB. (c) Velocity spectra and the radiated energy. (d) Normalized slip time history of the channel with (max _Dmax xð Þ� �

for each event and (e) slip
distribution D(x). The curves are color coded through all panels.
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4.3. Seismic Signatures and Radiated Energy

Figure 9 presents, for the four example events, the recorded ground motions from two sensors (PZ12 and
PZ14) and source spectra. High‐ and low‐pass filtered waveforms (cutoff at 1 kHz) are plotted in Figure 9a
in addition to the original signal. The low‐frequency component of the events all show a similar form, since
they occur at roughly the same location on the fault (Figure 9e), but they increase in amplitude and become
progressively faster with decreasing time duration (~50, 15, 5, and 2 ms, respectively). Event 29 is the slowest
and does not produce any detectable high‐frequency signal. For events 30 and 32, the high‐frequency signal
occurs after the emergent onset of the low‐frequency signal. Event 42 is fastest, and high‐ and low‐frequency
components initiate essentially simultaneously.

The trends in low‐ and high‐frequency signals are also captured by the displacement and velocity spectra
(Figures 9b and 9c). The spectral shape of the fastest event (42) closely matches a Brune model with
f0 = 1.5 kHz, whereas the slower events (30, 32) do not match the Brune model and their corner frequen-
cies are not well defined. The slowest event (29) exhibits an ω−1 spectral decay, similar to slow earth-
quakes in nature (Ide et al., 2007). The source duration of this event was greater than 50 ms
(Figure 9d), therefore f0 for this event was below 20 Hz and outside of the frequency band resolvable with
the 2‐s time window used for the Fourier transforms. The spectral differences between the slow and fast
earthquakes (Events 29 and 42) are bridged by events with increasing high‐frequency energy (Events 30
and 32), evident through the progression of spectral shapes. Figure 9d shows the slip time history of

the four events normalized in amplitude and aligned by the time of _Dmax for each event. Events 30 and
32 have distinct subevents with slip that accelerated and decelerated several times, and this likely contrib-
uted to the poorly defined corner frequencies.

Next, we multiplied _M ωð Þ by i2πω to obtain the velocity spectrum following Fourier transform theorems

(e.g., Bracewell, 2000). From this we obtained the radiated energy ER ¼ 1

4π2ρβ5
∫
þ∞
0 ω _M ωð Þ�� ��2 dω (e.g.,

Vassiliou & Kanamori, 1982), marked in Figure 9c. The changes in spectral amplitude and shape resulted
in 5 orders of magnitude changes in ER. We did not extrapolate the spectrum to a broader frequency band
than shown in Figure 9, so values for ER may be somewhat underestimated.

5. Discussion
5.1. Static Stress Drop and Max Slip Rate

Stress drop is an earthquake source parameter that has a strong influence on ground accelerations (e.g.,
Baltay et al., 2011; Hanks & McGuire, 1981). It is defined as the change in shear stress before and after an
earthquake, but, in most cases, stress drop is not directly measurable. Instead, the spectral shape of radiated
waves is measured and linked to event‐averaged stress drop through an earthquake model (e.g., Boatwright,
1980; Brune, 1970; Madariaga, 1979). Stress drop is found to vary between 0.5 and 50 MPa for most standard
earthquakes. Despite uncertainties in its calculation, most of this variation has been shown to represent true
variation in the underlying earthquake source, at least in some cases (Baltay et al., 2011). Furthermore, no
systematic dependence of stress drop on earthquake size had been shown for events ranging from M −7
toM 8 (Allmann & Shearer, 2009; Goodfellow & Young, 2014; Hanks, 1977; McLaskey et al., 2014), validat-
ing Aki's (1967) assumption of similarity between small and large earthquakes. Self‐similarity may break
down for large earthquakes that rupture through the entire seismogenic zone (Scholz, 1982) and for slow
earthquakes (Gomberg et al., 2016).

We explore stress drop scaling relationships using Δσstatic of ~ 40 contained and partially contained events.

Figure 10 shows Δσstatic (Equation (3)) against the max slip rate _Dmax. Faster events with _Dmax>10 mm=s fol-

low a relationship Δσ ¼ 1
2
G

_Dmax

β
, suggested by Brune (1970) (β = 2,550 m/s is the shear wave velocity inde-

pendently measured on our granite samples). Extrapolating this trend to fully seismic slip velocities (~1 m/s),
we obtain a stress drop of 3 MPa, which is close to the mean stress drop found for small and large natural

earthquakes (e.g., Kanamori & Anderson, 1975; Shearer et al., 2006). As a result, most of our fast events ( _Dmax

>10mm/s) can be considered standard earthquakes, though, perhaps somewhat weaker than average. While
higherσn tends to promote faster events in these experiments, slow events that diverge from the Brune (1970)
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relationship can occur at nearly all σn levels (2, 4, 7, and 10 MPa), as
shown by trend lines of different colors in Figure 10. At a given σn ,
partially contained events tended to be faster and had higher stress
drops than contained events, but there are no obvious indicators that
their characteristics differ from the trends illustrated by the contained
events.

5.2. Stress Drop and Duration

The scaling of stress drop over a wide range of earthquake sizes has
been used to investigate self‐similarity (Brodsky & Mori, 2007). In
Figure 11, we compare Δσstatic of contained and partially contained
events generated on the Cornell 3‐m apparatus to stress drops of nat-
ural earthquakes. Of these events, Δσ was computed in a dynamic
sense for the Cajon Pass M 1.4–3.4 earthquakes (Abercrombie &
Rice, 2005), 50 mine earthquakes from Manitoba, Canada
(Gibowicz et al., 1991) and 12 VLF earthquakes (Sugioka et al.,
2012) using source parameters derived from spectral fitting or full
waveform inversion. For the remaining events, Δσwas computed sta-
tically using equation (3). Rupture geometry parameters (D,L) were
from direct measurements (this study; Linde et al., 1996) or from
kinematic finite fault inversion from geodetic data (Dragert et al.,
2001, 2004; Hirose & Obara, 2005; Kostoglodov et al., 2003; Segall
et al., 2006). Thomas et al. (2016) utilized both geodetic measure-
ments and seismic information to estimate Δσ of LFEs.

In both the lab and Earth, we observe a continuous spectrum of
slow to fast earthquakes. Slow earthquakes observed in nature have Δσ that can be orders of magnitude
lower than Δσ of ordinary earthquakes. Our fastest laboratory‐generated earthquakes are similar to

Figure 10. Static stress drop increases with the peak slip rate _Dmax. Each symbol is
a contained (symbols without circles) or partially contained (circled symbols)
laboratory earthquake from experiments conducted at σn ¼ 2−12 MPa. When
_Dmax>20 mm=s, all events follow the Brune (1970) model. Slow events have lower
_Dmax for a given stress drop (blue‐shaded region).

Figure 11. Static stress drop plotted against event duration. Slow earthquakes are from the deep San Andreas Fault,
Hawaii, Nankai trough, Cascadia, and Mexico. The fastest contained laboratory earthquakes have similar properties to
small earthquakes (Gibowicz et al., 1991), while the slower laboratory earthquakes are closer to natural low‐frequency
earthquakes (LFEs) and very low frequency (VLF) events.
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microseismicity recorded in a mine (Gibowicz et al., 1991). The slower laboratory events have stress drops as
low as those of VLFs and LFEs, but they are smaller and have shorter duration. Previous studies have pro-
posed that slow and fast earthquakes may be distinct phenomena that follow different physics (Ide et al.,
2007) or alternatively that they lie on a continuous spectrum of fault slip modes (Gomberg et al., 2016;
Peng & Gomberg, 2010). Our integrated view of lab and natural earthquakes supports the latter view.

5.3. Radiated Energy and Apparent Stress of Slow to Fast Earthquakes

Figure 12 shows apparent stress σa which is a measure of radiated energy ER relative to the seismic moment
(σa = GER/M0, (Wyss & Brune, 1968)). Ide and Beroza (2001) found σa to vary within 0.01–10 MPa for a
compilation of earthquakes (M −3.5–8). Baltay et al. (2010, 2011) confirmed this result for events ranging
from M 2–7.

The fastest contained and partially contained events generated on the Cornell 3‐m apparatus have σa = 1
kPa, a factor of 10 lower than natural earthquakes. However, the slower laboratory‐generated events have
a range of σa that extends another 4 orders of magnitude lower, down to ~0.1 Pa for the slowest events for
which ER could still be reasonably estimated. This spread in σa results from 3 orders of magnitude variation

in _Dmax (Table 1). As _Dmax decreases, the peak in the events' velocity source spectrum near the corner fre-
quency is less pronounced and the apparent corner frequency decreases (see Figure 9c). Both of these effects
reduce ER and σa.

Another important point is that the extreme variation in radiated energy occurs with only modest variation
in seismic moment. The ruptured length L has little variation. This indicates that under slightly different con-
ditions, the same fault patch can rupture rapidly and radiate nearly as much energy as a standard earth-
quake, or it can rupture slowly and radiate 4 orders of magnitude less energy. The black dashed lines in
Figure 12 show approximate trends for slow to fast rupture on a fault patch of constant size (~1 m for our
laboratory‐generated events).

Radiated energy ER for slow earthquakes in nature has not been systematically studied due to the lack of
high‐sensitivity seismometers close to their sources. From the spectral record and low estimated stress drop
of selected tremors (e.g., Beroza & Ide, 2011; Schwartz & Rokosky, 2007; Thomas et al., 2016), we expect ER of
slow earthquakes to be significantly lower than that of natural earthquakes.

Figure 12. Apparent stress plotted against seismic moment. For laboratory‐generated earthquakes, apparent stress decreases with seismic moment and max slip
rate. Natural earthquakes do not have scale dependence, indicated by the red‐shaded region. Each black dashed trendline shows a hypothesized nonlinear rela-
tionship between the apparent stress and seismic moment for slow‐to‐fast rupture of a fault patch of constant area.
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5.4. Mechanics of Slow Earthquake Generation

The arrest of contained events on the Cornell 3‐m apparatus was studied by Ke et al. (2018) who used a linear
elastic fracture mechanics framework to explain rupture propagation and arrest as a balance between the
energy release rate and the fracture energy. Their work indicated that rupture arrest on a fault is controlled
by its potential stress drop Δτpot(x), defined as the initial stress on the fault τ0(x) in excess of its residual
strength τr(x), that is, Δτpot(x) = τo(x) − τr(x). Here, τr(x)= μdσN(x) where μd is a dynamic friction level. (In
Ke et al. (2018), τr(x) was derived from the final shear stress state τf(x) after a complete rupture event.)
Drawing upon this framework, we denote the fault sections where Δτpot > 0 as a “favorable rupture patch”
of length p. Rupture can nucleate only within this patch and will arrest soon after propagating outside it (i.e.,
into sustained fault sections where Δτpot(x) < 0).

In Figure 13 we propose a model to explain the observed spectrum of slow to fast laboratory earthquakes
based on the relative lengths of the favorable rupture patch p and critical nucleation length h*. If the ratio
p
h*

is large (Figure 13a), an earthquake rupture can accelerate to seismic levels. Under our experimental

conditions, p
h*
≈5 (Event 42) is sufficient to produce our fastest contained lab earthquakes with parameters

similar to natural ones. We expect that larger values of p
h*

can support earthquakes with 3‐MPa stress

drops and 1‐m/s slip speeds. If p
h*
≈1 (Figure 13b), then an earthquake will start to nucleate, but will fully

rupture patch p and therefore begin to arrest before accelerating to fully dynamic speeds. Additionally, these
slow events do not rupture like a crack or a standard, fast earthquake; the entire patch slips nearly
simultaneously (Figure 8, Event 29), sometimes with multiple episodes or subevents, and the apparent

Figure 13. Schematic of mechanism to explain slow to fast earthquakes and their seismograms. (a) Large p/h* ratio surrounded by unfavorable rupture conditions is
required to produce a regular, fast earthquake. (b) Small p/h* ratios likely characterize “tremor asperities” that produce slow low‐frequency earthquakes. (c)
Seismograms from fast earthquakes in the Earth and laboratory illustrate abrupt initiation and coincident high and low frequencies (filter cutoff is near f0 for both
events), (d) seismograms from slow earthquakes in the Earth and laboratory illustrate the emergent nature of wave arrivals. The ML 3.1 Southern California
earthquake is from the PFO station from the IRIS data center (http://www.iris.edu/wilber), and the Western Shikoku seismograms are from Beroza and Ide (2011).
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source time function is controlled by rise time. As mentioned in section 4.3, the long and poorly defined rise
times correspond to events with source spectra that have f0 that is poorly defined or lower than our resolvable
frequency band.

The nucleation length scale h* (sometimes referred to as Lc) has been found to have the form (e.g., Andrews,
1976; Dieterich, 1992; Rubin & Ampuero, 2005)

h*≈
GDc

σnf
; (5)

where Dc is a length scale related to fault roughness or gouge layer thickness (Marone, 1998), and f depends
on details of an assumed friction relation. In laboratory experiments or numerical simulations h* is often esti-
mated from the size of the actively slipping region at the instant that slip rate on one part of the fault exceeds
~0.1 m/s or when the rupture velocity exceeds 10% of the shear wave velocity (e.g., Kaneko & Lapusta, 2008).
It is not possible for us to quantify h* in this way for the slower events since these exceedance criteria are
never reached (the event never fully nucleates). We therefore describe h* qualitatively in this work, and
quantification of nucleation processes is reported elsewhere (G. C. McLaskey, “Earthquake initiation
from laboratory observations and implications for foreshocks”, submitted to Journal of Geophysical
Research, 2019).

Our experiments at higher normal stress tended to produce faster events, consistent with the idea that larger
σn promotes smaller h* and larger p/h*. We also observed that experiments conducted immediately after the
granite blocks were reset produced more fault creep and slow events, such as Events 29–32 shown in
Figures 7–9. This suggests that the reset disturbed the shear fabric of the gouge layer and temporarily
increased Dc, consistent with the work of Scuderi et al. (2017) who documented systematic reduction in Dc

with continued shearing of gouge layers.

In our laboratory sequences at a constant normal stress level, p
h*
increases with successive events. This is partly

due to an increase in p as the stress state is progressively smoothed by successive events, but it is also due to
reduction in h*. For example, considering Events 29–32 shown in Figure 8, p increases from ~1.8 to ~2.2 m.
(We estimate p from the extent of the ruptured region.) The nucleation process also becomes more localized
in both space and time with successive events (reduction in h*), and this is partly responsible for the increas-
ing speed of the events later in the sequence.

From equation (4), we would expect h* to remain relatively constant in a given sequence as long as the nor-
mal stress, rigidity of the fault rocks, and friction properties remain constant, but recent experiments have
shown that h* can vary based on loading rate, healing time, and other factors (Guérin‐Marthe et al., 2019;
McLaskey & Yamashita, 2017). In particular, h* has been shown to shrink in response to “kicks” such as after
sudden increases in loading rate or upon resumption of loading after holding periods where the fault is held
in essentially stationary contact.

The “kick”‐induced variation in h* noted above has a profound effect on radiated seismic waves, at least
when p

h*
≤ 1. An example of the reduction in h* is illustrated in Event 42 in Figure 8. This event was the first

in a sequence that followed a hold of ~300 s, and its nucleation is significantly smaller and more abrupt than
other events. Comparing event 42 (p

h*
≈ 2

0:4 ¼ 5Þ to event 32 ( p
h*
≈1), the factor of 5 increase in p

h*
was accompa-

nied by a factor of 5 increase in stress drop and a factor of 100 increase in radiated energy (Figure 9 and
Table 1).

5.5. Implications for LFEs

Our slowest contained laboratory events, with p
h*
<1, have stress drops and source durations similar to esti-

mates from LFEs (Figure 10). In the lab, a favorable rupture patch p is set up by the heterogeneous stress con-
ditions that result from a specific loading sequence (section 2.5). In nature, heterogeneous stress conditions
would likely be erased with successive events unless there was an underlying structural feature on the fault.
This “tremor asperity” could be a high normal stress “bump” or variation in fault rheology such as a velocity
weakening fault patch surrounded by velocity strengthening regions. Such features would be needed to sus-
tain the persistent locations of LFE families (e.g., Ghosh et al., 2012; Hawthorne et al., 2019; Shelly &
Hardebeck, 2010; Sweet et al., 2014).
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If “kick”‐induced variations in stress drops and radiated energy described in section 5.4 also occur on natural
faults, especially at their deeper transition between unstable and stable behavior, then the dramatic seismi-
city changes we observe could begin to explain some of the curious properties of LFEs and the generation of
tremor in general. For example, multiple studies found that changes in the moment of LFEs were primarily
due to variation in slip rather than increased rupture area (Bostock et al., 2015; Chestler & Creager, 2017).
Different from typical earthquake scaling behavior, this observation suggests that a fault patch of essentially
constant dimension might slip more or less under different circumstances, similar to our laboratory observa-
tions. Additionally, most tremor or LFE occurrences are correlated with high inferred slip rate or bursts of
slip either at the front of a large migrating SSE (e.g., Wech & Bartlow, 2014) or from so‐called rapid tremor
reversals (e.g., Houston et al., 2011) and other phenomena. One possible interpretation is that LFEs are pro-
duced when the fault is “kicked” from migrating SSEs or rapid tremor reversals and this temporarily
decreases h*, increases p

h*
, and produces events with radiated energy and stress drops that are high enough

for detection by seismometers.

5.6. Tremor and Other Seismic Signatures of Slow Events

The observed seismic waveforms of Events 29–32 draw resemblance to those of slow earthquakes in nature.
In the Earth, tremor (2–8 Hz) and VLFs (20–50 s) are sometimes visible in a single seismic record in different
frequency bands. This has been observed in western Shikoku, Japan, (Figure 2d in Beroza & Ide, 2011; Figure
3 in Ide et al., 2008) and central Alaska (Tape et al., 2018). When the seismogram for Event 30 was separated
into high‐ and low‐frequency signals, we see a tremor‐like signal superposed with a VLF‐like low‐frequency
component (Figure 13d). For the fast events, the high‐ and low‐frequency components of the waveforms
appear to act in concert (Figure 13c). For the slower events, the low‐frequency components dominate, and
the high‐frequency components are more emergent and tremor like. However, the very low frequency
ground deformation that dominates the slower events we observe in the laboratory (Figure 9a) is likely
near‐field deformation that decays rapidly with distance from the fault. The higher‐frequency tremors
may be the only part detectable at the observation distances expected for natural tectonic tremor.

6. Conclusion

By setting up a heterogeneous stress distribution on a large rock sample, we generated contained slip events
that nucleate, propagate, and arrest before reaching the ends of the 3‐m rock. In many ways, these events are
closer to natural earthquakes than standard “stick‐slip” events that rupture through an entire sample. Their
dynamics are controlled by the elastic properties of the rock and the friction properties of the simulated fault,
rather than by the loading machine.

The spatial distribution of slip that occurs during the contained slip events was measured in order to geode-
tically estimate their moment and their static stress drop. These quantities were compared to moment and
stress drop estimates made from the spectra of their radiated waves derived from simultaneous measure-

ments of ground motions. For the strongest fastest contained events generated, with _Dmax ≈ 0.1 m/s, the seis-
mic and geodedic estimates of the source properties compared well: these events have Δσ = 0.4 MPa and
source spectra are consistent with standardM−2.5 earthquakes. Moreover, we found slip velocity and stress

drop to follow the Δσ = μ _Dmax/2β relationship proposed by Brune (1970). However, we also observed a range
of slower events (<10 mm/s) with low Δσ, inconsistent with Brune scaling, and with stress drops and source
durations similar to LFEs. The spectra of the radiated waves of the slow events were depleted near the corner
frequency, and this reduced their radiated energy to a weak signal reminiscent of the tremor‐like signals that
sometimes accompany slow earthquakes in nature. Since we generate a spectrum of fast to slow events, our
work supports the idea that fast and slow earthquakes are not distinct mechanical processes, but lie on a
spectrum.

The contained laboratory events only occur when the stress state along the fault is heterogeneous enough to
support one fault section with conditions favorable for rupture (of length p) that is surrounded by fault sec-
tions with conditions unfavorable to rupture propagation. Successive slip events act to smooth the heteroge-
neous stress distribution andmake way for ruptures that propagate along the full length of the fault (Ke et al.,
2018). The favorable rupture patch of length p must be about 5 times larger than the critical nucleation

length scale h* for the contained events to approach seismic speeds ( _Dmax ≈ 0.1 m/s). We find that the

10.1029/2019JB017865Journal of Geophysical Research: Solid Earth

WU AND MCLASKEY 16



ratio p/h* has a strong influence on the speed (and consequently Δσ and radiated energy) of the slip events.
This study, and other recent work (Guérin‐Marthe et al., 2019; McLaskey & Yamashita, 2017) has shown that
h* can vary considerably as a result of loading perturbations. Consequently, a single fault patch of length p
may radiate strongly or weakly as a result of loading‐dependent variation in p

h*
. If applicable to natural faults,

this mechanism may help explain the puzzling way tremor is radiated.

Appendix A

We calculated the source spectrum _Mk ωð Þ of the kth laboratory earthquake from

log _Mk ωð Þ� � ¼ 1
N

∑
N

j¼1
log

Skj ωð Þ
Ψj ωð Þ

 !
; (A1)

where Skj ωð Þ is the Fourier transform of skj tð Þ, the piezoelectric sensor output from the jth of N sensors. The
parameter Ψj(ω) is an instrument apparatus response function defined as

Ψj ωð Þ ¼ Gj ωð ÞIj ωð Þ; (A2)

and Gj(ω) and Ij(ω) are the Fourier transforms of the Green's function and instrument response (gj(t) and ij
(t)), respectively. A single set of instrument apparatus response functions Ψj(ω) was used for all events in this
study. The parameter Ψj(ω) was determined from the recordings from both ball impact sources Sextj ωð Þ and
laboratory earthquake sources Sintj ωð Þ as described in equation (A4).

The ball impact was chosen as an EGF source because its source time function is a force vector f(t) that can be
readily and absolutely determined using Hertzian contact theory f(t) = Fmaxsin(πt/tc)

3/2. The maximum force
Fmax and the contact duration tc can both be determined frommaterial properties of the ball and contact sur-
face (Goldsmith, 2001; McLaskey & Glaser, 2010). The change in momentum Δp of the ball is both the area
under the curve of f(t) and the low‐frequency amplitude Ω0 of the source spectrum F(ω), and Δp can be inde-
pendently calculated from the mass of the ball, its drop height, and rebound height.

A laboratory earthquake was used as an EGF source for the determination of Ψj(ω) for frequencies below
1 kHz, where ball impact provided insufficient signal‐to‐noise ratio. The source time function of an
earthquake can be mathematically represented by the moment rate tensor _m tð Þ. We assume synchronous
sources so that all tensor components of _m tð Þ and vector components of f(t) have identical source time
functions. This allows the directionality Λ of the moment tensor and the directionality Ξ of the force
vector to be separated from their time histories.

The ball source f(t) acts on the surface of the rock slab, and the test source _m tð Þacts internal to the slab. These
two types of seismic sources can be related through the constant CF _M, the force‐moment‐rate scale factor

CF _M ¼
_M ωð Þ
F ωð Þ (A3)

that converts momentum to moment or force to moment rate. CF _M is equal to 2 × the speed of sound in the
granite CF _M ¼ 5:4 km=s (McLaskey, Lockner, et al., 2015). Equation (A3) is only valid for frequencies below
the corner frequencies of both the internal source and the external source.

We characterize both ball and earthquake sources in the frequency domain (Equation (A1)), and we focus
only on their amplitude spectra and ignore phase. Spectral estimates are averages of log spectra derived from
signals recorded fromN= 11 stations (11 PZ sensors) on both the top and bottom surfaces of the rock sample.
We computed Fourier transforms from 2 s long time windows that included P waves, S waves, and myriad
reflections and reverberations from the loading machine. This, and the averaging over multiple sensors,
allows us to ignore the directionality effects of the sources such that Ξ ≅ Λ ≅ 1, and permits the use
of equation (A3).
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Fourier transforming equation (2), substituting equations (A2) and
(A3), and rearranging, we find

Ψj ωð Þ ¼ Sextj ωð Þ
F ωð ÞCF _M

; 1 kHz<ω<10 kHz (A4)

Ψj ωð Þ ¼ Sintj ωð Þ
_M ωð Þ ; 20 Hz<ω<1 kHz: (A5)

The determination of the instrument apparatus response Ψj(ω) is

illustrated in Figure A1. Figure A1a shows
1
N

∑
N

j¼1
log Sintj ωð Þ
� �

for

one contained laboratory earthquake and
1
N

∑
N

j¼1
log Sextj ωð Þ
� �

for four

collocated ball drops of various sizes. All balls were dropped onto
the top surface of the granite sample with σn = 4 MPa applied to
simulate actual experiment conditions. Larger balls introduce more
low‐frequency energy into the rock. Small balls have lower ampli-
tude at low frequencies but extend to higher frequency due to their
larger f0. Noise spectra were also computed from a noise window of
the same length, taken just before the first wave arrival. For each
ball drop, we only trust its spectra when the signal‐to‐noise ratio
is greater than 20 dB and when ω < f0. The sensors are less sensitive
at lower frequencies, so for the largest ball (24 mm in diameter) Ψj

(ω) is only valid down to 1 kHz. To extend our estimate of Ψj(ω) to
lower frequencies (1 kHz to 20 Hz), we use a contained (Type 1)
event with f0 ≅ 1 kHz.

Figure A1b shows the same curves as in Figure A1a except the spec-
trum from each ball drop is scaled by ΔpCF _M (equation (A4)). (Note
that F ωð ÞCF _M =ΔpCF _M for ω < f0). The spectrum of the seismic event
(red), was scaled to match the amplitude of the 24‐mm steel ball at 1

kHz, since _M ωð Þ for that event was unknown. Once the spectra have
been scaled in this way, they collapse into a common line for frequen-
cies that are both less than f0 and where signal‐to‐noise ratio is ade-

quate. This common line =
1
N

∑
N

j¼1
Ψj ωð Þ and is the heavy black line

shown in Figure A1b. Once Ψj(ω) was determined in this way, _M ωð Þ
for any event was found from equation (A1).

One may argue that the ball impacts and the various laboratory earthquakes are not collocated enough for
the EGF method to properly remove wave propagation (path) effects. The granite is nearly isotropic and
homogeneous, and since there is minimal damage in the 3‐m blocks, we would not expect to find any loca-
tions with highly variableQ or wave velocity. Previous work has indicated that Rayleigh waves excited by the
ball impact can bias the EGF results if not properly accounted for (McLaskey, Lockner, et al., 2015).
However, this and other path effects primarily affect frequencies higher than 20 kHz. Source spectra in this
study are only estimated below 10 kHz, which corresponds to wavelengths greater than 0.3 m. Consequently,
all sources are spatially separated by at most a few wavelengths, and other complications such as variable
fault offset produce negligible path effects. In this laboratory experiment, we believe Ψj(ω) is primarily
affected by instrument response. Below 1 kHz, reverberations of the loading apparatus may also affect Ψj

(ω). (Note the similarity between our results and those shown in Figure 8b of McLaskey, Lockner, et al.
(2015) which utilized the same sensors but a different loading apparatus).

Figure A1. Deriving the instrument apparatus response Ψj(ω). (a) Raw spectra
of the EGF events (symbols) are compared to noise spectra (no symbols). Each
curve shows the average over 11 sensors. (b) Each spectrum from (a) is scaled
according to equations (A4) and (A5) and provides an estimate for Ψj(ω) (thick
black line) in frequency bands less than f0 and where signal‐to‐noise ratio is
greater than 20 dB.
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Appendix B

To verify our stress drop calculations, we measured Δσstatic using two additional methods. Bilby and Eshelby
(1968) presented a dislocation model where the stress along the fault plane is expressed in terms of slip,

Δσ x; tð Þ ¼ μ
2π 1−νð Þ ∫

L

0
∂D ξ; tð Þ
x−ξð Þ∂ξ dξ: (B1)

From this equation, we estimated stress changes from the measured slip distribution, and this is shown in
Figure B1 (blue circles) and compared to Δσstatic from equation (3) (horizontal magenta dashed line).
There is good agreement between these results. We also used the strain gages at eight locations along the
fault (S1–S8 in Figure 1a) to estimate stress. However, measurements from the strain gages were increased
by a factor of 2 to better match the other estimates, and that is what is shown in Figure B1. We do not know
the exact cause of the discrepancy. It may be related to a free surface effect or the 1.5‐mm chamfer at the top
corners of the block. The factor of 2 uncertainty in Δσstatic is small compared to the measured variation in
Δσstatic (many orders of magnitude), and has little influence on the main conclusions of this work.

The two events shown in Figure B1 are representative of the population of contained and partially contained
events studied. In general, stress changes within the ruptured region estimated from strain gage measure-
ments were −0.1 ± 0.05 MPa and quite variable, and stress increased near the edges of the ruptured region.
When averaged over the ruptured region, stress changes estimated from equation (B1) were consistent with
equation (3), with less than a factor of 2 discrepancy.
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