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0. Abstract

In this contribution, we explore the idea that the Ca isotope proxy has utility as an
indicator of carbonate authigenesis (i.e., post-depositional precipitation of CaCO3
within the sedimentary package). Given the strong contrast in isotopic fractionation
factor between the formational and diagenetic environments, Ca isotopes have the
potential to fingerprint carbonate authigenesis when it occurs close to the seawater-
sediment interface. We demonstrate that Ca isotopes are particularly applicable to
exploring ocean acidification events, and potentially ocean anoxic events, and focus
our attention on ocean acidification related to the Paleocene-Eocene Thermal
Maximum (PETM). We present three scenarios that vary in magnitude and duration
of carbon fluxes simulated using an Earth System model of intermediate complexity
(cGENIE) and use the cGENIE output to constrain the upper boundary conditions of
1-D reactive transport models of authigenesis and recrystallization in the
sedimentary section. Along with simple mixing calculations, the models inform our
exploration of the hypothesis that authigenic carbonate induced by a saturation
state overshoot during the PETM explains recently published Ca isotope records,
and perhaps bulk carbonate records over Ocean Anoxic Event (OAE) 2. Our
simulations suggest that fractionation factor variability does not explain the PETM
d**Carecords, and we propose a 6*Ca-CaCOs3 space framework to assist with the
elucidation of authigenic additions over time scales that are short relative to the
residence time of Ca in the ocean (~1 Ma). Ultimately, we find that the ‘authigenic
zone’ generated in the sedimentary column may be influenced by alkalinity
overshoots or redox state; the CaCO3 produced in this zone can overprint temporal
signals with depth-dependent signals that reflect lithology and sedimentation rate
and need not be spatially uniform, even when driven by a global event. Ultimately,
we demonstrate the utility of Ca isotopes for exploring short time scale climatic
events and a quantitative framework to guide interpretations.
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1. Introduction

Calcium isotopes have recently been applied as tools to identify ocean acidification
events - intervals characterized by excess release of CO; to the ocean and/or
atmosphere that drives coupled decreases in pH and carbonate ion concentration
and, hence, carbonate saturation state (e.g., Honisch et al.,, 2012) - in the geologic
past (e.g., Payne et al,, 2010; Hinojosa et al., 2012; Jost et al., 2014; Du Vivier et al,,
2015). These studies generally have assumed that (1) ocean acidification modifies
the marine Ca cycle, and that (2) the Ca isotopic composition (6**Ca) of mineral
phases, such as calcite and apatite, sample seawater and therefore serve as useful
archives of global perturbations to the Ca cycle. Modification of the Ca cycle can
arise as a result of reduced (i.e., due to dissolution associated with ocean
acidification) or enhanced (i.e., due to precipitation during the alkalinity overshoot)
Ca removal via burial of marine carbonates, and/or by changes (and particularly
temperature-driven increases) in the weathering of terrestrial carbonates and Ca-
bearing silicate minerals.

Thus, the promise of the 5**Ca proxy is that it might serve as an indicator of
the ocean acidification event itself or of enhanced rates of (calcium-) silicate
weathering in the aftermath of massive CO; release. Conceptually, ocean
acidification can impact the Ca isotopic composition of seawater by altering the flux
balance of Ca into and out of the ocean (i.e., Fseq/Fw; DePaolo, 2004; Fantle and
DePaolo, 2005; Fantle, 2010), changing the isotopic fractionation factor associated
with carbonate sedimentary removal (e.g., Fantle, 2010; Du Vivier et al., 2015;
Komar and Zeebe, 2016), and/or changing the isotopic composition of the input flux
to the global ocean (Fantle and Tipper, 2014).

One critically important aspect of this manner of interpreting Ca isotopic
composition is the assumption that seawater 6#4Ca is generally insensitive to change
over time scales shorter than the residence time of Ca in the ocean. Because the Ca
concentration of seawater throughout the Phanerozoic is generally constrained to
be greater than (or similar to) that of the modern ocean (e.g., Horita et al., 2002), it
is reasonable to assume oceanic residence times of Ca > 500 ka (e.g., Berner and
Berner, 1996). This is longer than the ~300 ka silicate weathering feedback time-
scale induced by geologically rapid CO; release (Lord et al.,, 2016) and, therefore,
any Ca isotope signal of evolving marine $*Ca will be considerably damped. Indeed,
ocean acidification events sensu stricto - that is, the coupled decline in both the pH
and carbonate saturation state of the ocean - are a <100 ka time-scale phenomena
and hence are significantly shorter than the residence time of Ca in the ocean. Thus,
it seems unlikely that Ca isotopes are indicators of exogenic Ca cycle changes due to
short time scale ocean acidification events. Only much longer-lasting (>1 Ma)
episodes of enhanced COz emissions would be expected to result in sustained
elevated concentrations of COz in the atmosphere and Ca fluxes to the ocean, and
hence drive the isotopic evolution of the seawater reservoir.

An additional interpretive complication is that the Ca isotopic fractionation
factor between carbonate sediments and seawater may be impacted by those
geochemical changes associated with ocean acidification (particularly carbonate
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saturation state). The apparent interpretive ambiguity that results can be illustrated
by comparing two studies, both of which interpreted Ca isotopic variability in
carbonates as a consequence of ocean acidification. Firstly, Payne et al. (2010) (and
later Hinojosa et al.,, 2012) measured a substantial decrease in limestone (and later
conodont) 6#4Ca associated with the end-Permian mass extinction. The authors
interpreted the excursion, which occurred over a couple hundred thousand years, to
be a result of ocean acidification driven by enhanced volcanism from large igneous
province (LIP) emplacement. The preferred mechanism for this drop in 6*4Ca was an
increase in the weathering input mass flux relative to the output mass flux of
carbonate from the ocean. More recent work has suggested a similar mechanism as
Payne et al (2010) - excess delivery of Ca via platform carbonate weathering
associated with sea level regression - as the driver of the negative Ca isotope
excursion at the P-T boundary (Wang et al., 2019).

Due to the difficultly in changing the d*4Ca of the global ocean over short time
scales via carbonate dissolution and/or a relative imbalance in the input and output
fluxes, Komar and Zeebe (2016) suggested that a weathering feedback of the sort
proposed by Payne et al. (2010) would not produce the coupled 5!3C and 8*4Ca
trends observed. Instead, Komar and Zeebe (2016) suggest that the drop in 6**Ca is
explained by a change in the fractionation factor associated with carbonate
precipitation. Similarly, Du Vivier et al. (2015) measured a relative increase in
limestone 6**Ca associated with Ocean Anoxic Event (OAE) 2 - another LIP
emplacement event and assumed interval of enhanced CO; outgassing and ocean
acidification. The 5*Ca increase was likewise interpreted as a consequence of
changes in the fractionation factor associated with calcite precipitation due to
changes in seawater carbonate chemistry. In the simplest terms, the situation is
confused: two LIP-driven events that are both associated with ocean acidification,
though based on observed $44Ca changes that are opposite in sign.

Accordingly, without some means of discriminating between the two
scenarios, the Ca isotopic proxy is ambiguous, which severely restricts its utility.
This issue is an important one to resolve, as it prevents the straightforward use of
the Ca isotope proxy and presents a barrier to the use of the proxy by those outside
the Ca isotope community. If we are to move forward with the proxy, then, we must
understand specifically how fractionation factor can impact the rock record and,
more generally, how nuanced the interpretation of the Ca isotope record must be.

From a broader perspective, it is important to be able to identify relatively
short time scale events in the geologic record unambiguously, particularly because
ocean acidification associated with rapid/abrupt climate change is the nearest
analog to modern-day climate change. Proxies other than carbon isotopes are
important to have, especially given claims that the 513C of shallow ocean carbonates
are significantly impacted by meteoric diagenesis (e.g., Swart, 2015 and references
therein; Dyer et al., 2017). More generally, of course, the application of multiple
proxies allows for a clearer picture of causative factors, and subsequent impacts on
the Earth system, associated with a given event.

At present, we suggest that the Ca isotope proxy is characterized by
ambiguity in its interpretation of ocean acidification events. Thus, in this
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contribution. we attempt to clarify the issue. In particular, we explore the origin of
so-called positive Ca isotopic anomalies via carbonate authigenesis, and evaluate the
hypothesis that fractionation factor variability can explain such anomalies. Our
exploration is guided by a series of model simulations, which examine geochemical
and isotopic trends associated with ocean acidification at the global ocean and
sedimentary column scales. Our overriding motivation, and in keeping with the
theme of the special issue, is to support the continuing development of the Ca
isotope proxy and to promote its utility as a means of reconstructing the past.

2. Authigenic Carbonate: A Link Between Ca Isotopes and Ocean Acidification

In this contribution, we propose that Ca isotopes are a useful and sensitive proxy for
ocean acidification, but not in the manner outlined above. Our proposal is
predicated on two observations of an ocean acidification event associated with the
Paleocene-Eocene Thermal Maximum (PETM). Briefly, the Paleogene (65.5-23 Ma)
is characterized by a series of ‘hyperthermal’ events, during which isotopically light
carbon was released into the ocean-atmosphere system. The most prominent of
these was the PETM, which occurred at ~55.5 Ma and is cited as one of the best
analogs available for future carbon flux scenarios (Westerhold et al.,, 2012). The
release of carbon during the PETM led to a geologically rapid (<10 ka), global
increase in temperature at the Earth's surface that was as large as 9-10°C in the
surface ocean and 4-5°C in the deep ocean (e.g., McInerney and Wing, 2011). The
carbon input lowered ocean pH and carbonate ion concentration and resulted in
decreased carbonate mineral preservation in deep-sea sediments. In some locations
at the seafloor, carbonate content (i.e., wt. % CaCO3) went to zero, leaving a clay
interval in otherwise carbonate-rich oozes (e.g., Zachos et al,, 2005).
Contemporaneous with warming, as well as pH and carbonate ion concentration
decreases, various proxies indicate that dissolved oxygen concentrations also
generally declined during the PETM (e.g., Pagani et al., 2006; Sluijs et al., 2006;
2008; Weller and Stein, 2008; Nicolo et al., 2010; Schulte et al., 2011; Dickson et al.,
2012; Wieczorek et al,, 2013; Zhou et al,, 2016; Yao et al,, 2018).

The first observation that forms the basis of our proposal, then, is the
overshoot in the depth of the carbonate compensation depth (CCD) that followed
peak carbon input and the initial dissolution pulse. Both modeling (e.g., Dickens et
al., 1997; Zeebe et al., 2009; Cui et al,, 2011, Zeebe and Zachos, 2013; Gutjahr et al.,
2017) and field measurements (e.g., Zachos et al., 2005; Rohl et al,, 2007; Zeebe and
Zachos, 2013; Penman et al., 2016) suggest that the overshoot was a global
phenomenon, occurring over ~tens to hundreds of ka subsequent to ocean
acidification as a consequence of alkalinity added to the ocean via temperature-
enhanced silicate weathering (e.g., Kelly et al., 2005; Zeebe and Zachos, 2013). The
overshoot, and its consequent impact on carbonate production and preservation in
the water column, has been proposed to be responsible for the high and constant
CaCO3 contents observed at multiple deep-sea drilling sites. We contend that the
overshoot, and specifically increases in bottom water saturation state, not only
enhanced preservation of carbonate exported from the surface ocean, but also
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provided favorable conditions for the precipitation of authigenic carbonate near the
seawater-sediment interface.

The second relevant observation is the considerable variation in the §*4Ca of
marine carbonate sediments over the PETM (Fig. 1; Griffith et al.,, 2015). This work
clearly demonstrated large shifts in sedimentary carbonate 8*4Ca associated with
the PETM that occur over time scales that are considerably shorter than the
assumed oceanic residence time. The observed shift is largest (~1%o) at ODP Site
1221, the deeper of the two sites and the site at which carbonate contents in the
sedimentary column are the lowest, but it is also evident at the shallower Site 1212
(~40% of 1221 excursion; Fig. 1). Such sizeable changes in bulk carbonate *4Ca are
not explained by evolving seawater 6**Ca (e.g., Komar and Zeebe, 2011), and were
not observed in marine barite (the ostensible “passive” tracer of seawater 844Ca;
Fantle, 2010) at ODP Site 1221. Instead, we contend that the trend in 6#4Ca is
explained by the formation of authigenic carbonate from a seawater-like fluid,
assuming a fractionation factor (o.s-f) between authigenic carbonate and aqueous Ca
of ~1 (i.e., 0%o; Fantle and DePaolo, 2007; Fantle, 2015; Griffith et al.,, 2015).
Seawater is the isotopically heaviest reservoir on Earth (~1.9%0), and biogenic
marine carbonate is typically offset from seawater by ~1.3%o (Fantle and Tipper,
2014). There is, therefore, sizeable isotopic leverage to detect authigenic carbonate
contributions to typical biogenic carbonates when authigenesis occurs close to the
seawater-sediment interface.

The reader should bear in mind that recrystallization may be considered to
be a form of authigenesis (literally “born in place”), though one in which the net
mass of solid does not change. In the end, distinguishing between net addition of
authigenic carbonate and recrystallization is not important to our narrative, as both
mechanisms require the formation of a secondary carbonate phase with a
significantly different Ca isotopic composition than primary carbonate, though it is
an interesting second-order question.

In order for authigenesis to be a feasible explanation of the PETM data,
authigenic carbonate would have to form within the diffusive boundary layer in the
sedimentary column (i.e., from pore fluid whose 6**Ca is distinct from that of bulk
carbonates). This layer, which represents the depth range over which transport via
diffusion (in most cases) and reaction compete effectively to maintain pore fluid
d**Ca out of isotopic equilibrium with respect to the reacting solid, is on the order of
10 meters in recrystallizing carbonate-rich sections (e.g., Fantle and DePaolo, 2007;
Fantle et al., 2010; Fantle, 2015), and on the order of 100 meters in sections where
reaction (i.e., dissolution and/or recrystallization) is slower relative to transport
(i.e., as at ODP Site 984; Turchyn and DePaolo, 2011). In either case, the isotopic
effects of authigenic CaCOz addition will be limited to within tens of meters of the
sediment-seawater interface. At greater depths, recrystallization and/or net
dissolution of carbonates erase(s) the isotopic leverage to alter the solid (Fantle and
DePaolo, 2007; Fantle et al.,, 2010; Fantle, 2015; Fantle et al., 2020) by adding Ca to
the pore fluid that has the same isotopic composition as the reactive solid and
attaining isotopic equilibrium (i.e., 85o1g — 8fruia = A‘Su_‘}genem; Fantle et al., 2020).
In addition, the rate of authigenic carbonate formation would have to be relatively
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slow such that there are limited rate-dependent kinetic isotope effects associated
with calcite precipitation (see Fantle and Tipper, 2014 for summary of isotope
effects associated with mineral precipitation; DePaolo, 2011; Steefel et al., 2014).

To evaluate if authigenesis can explain the PETM data from Sites 1221 and
1212 in a quantitative manner, we present a variety of simple mixing, reactive
transport, and Earth System modeling results and analyses. Chief among the
questions we address is whether a global event generates a global authigenic
response as a consequence of the alkalinity overshoot associated with ocean
acidification. In addition, we explore the hypothesis that lower 02(aq)
concentrations that accompany such events may impart an isotopically distinct
authigenic signal. This, in turn, suggests a new use for Ca isotopes in exploring the
evolution of oxidation state at the Earth'’s surface.

3. Computational/Modeling Methods

We utilized two numerical modeling constructs in this study. The first is the cGENIE
Earth System Model (Ridgwell et al., 2007a) - an ‘intermediate complexity’ model
that comprises a three-dimensional ocean circulation model with 2-D dynamic-
thermodynamic sea ice component and energy-moisture balance atmospheric
model, plus representation of the global carbon cycle. The specific PETM
simulations utilized a CO2 emissions forcing to the atmosphere that was identical to
either that of (i) Gutjahr et al. (2017) or (ii) Gibbs et al. (2016) (i.e., twice the carbon
flux of Zeebe et al., 2009). A simulation that matched the Cui et al. (2011) carbon
emissions scenario was also run, though did not include Ca isotopes. Control
scenarios that had no carbon forcing, as well as no change in Ca isotopic
fractionation factor, were also conducted. All experiments were run following the
spin-up for 200 ka from the onset of the PETM.

The second modeling effort utilized the multicomponent reactive flow and
transport code CrunchTope (e.g., Druhan et al., 2013, Steefel et al., 2014).
CrunchTope was used to simulate either carbonate authigenesis (i.e., net addition of
solid with or without primary calcite dissolution) or recrystallization (i.e., coupled
dissolution-precipitation with no net change in mass of the solid), while varying
calcite saturation state, oxygen concentrations, and/or pH at the upper boundary.
Because CrunchTope does not allow for a continuous change in boundary
conditions, the temporal evolution of the upper boundary condition was set over
three discrete intervals and the ‘stop-restart’ functionality of CrunchTope used (see
SI for details). The chemistry over the intervals was constrained by the output from
cGENIE, such that the coarse temporal evolution at the upper boundary matched the
magnitude of change in the cGENIE simulations. Additional details on both modeling
efforts are provided in the Supplementary Information (Sections S1 and S2; Fig. S1;
Tables S1-S3).
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4. Results and Discussion: Evaluating the Authigenic Hypothesis

In the discussion that follows, we present mass balance arguments in support of the
hypothesis that authigenic contributions near the sediment-seawater interface have
appropriate leverage to explain the PETM data at Sites 1212 and 1221. We then
discuss the main ambiguity in the interpretation of Ca isotopic data, that of
fractionation factor variability, and use the cGENIE simulations to support the
contention that the fractionation factor in a PETM-like ocean changes minimally due
to ocean acidification (given current understanding), and present testable
hypotheses that allow us to evaluate this concept. We use the cGENIE output to
explore how an authigenic carbonate signal associated with an ocean acidification
event might look spatially, both from location to location at the seafloor and with
depth in the sedimentary column, and evaluate the degree to which global drivers
create spatially invariant signals. Both can impact how we interpret geochemical
records of the past, and specifically whether we regard these signals as generated by
local or global processes (e.g., Swart and Kennedy, 2012). We present reactive
transport simulations of CaCO3 authigenesis associated with the PETM overshoot, as
well as the transient drop in oxygen concentrations in bottom waters that may have
co-occurred with the rise in temperature and pCO-. Finally, we propose an
authigenic interpretation of OAE 2 Ca isotope records, and evaluate the feasibility of
a fractionation factor-based explanation for these records.

4.1 Mass Balance Arguments Favoring an Authigenic Origin for PETM &*Ca Signals

The hypothesis of a detectable authigenic Ca isotope signal in the rock record is
generally reasonable from an isotopic mass balance perspective (Fig. 2).
Considering initial porosities between 0.6 and 0.9 and an authigenic endmember
with a 6#*Ca of 1.9%0 (SRM-915a scale), filling between ~10% and 90% of the
available pore space can explain the PETM data (Fig. 1; see SI for mixing equations).
As the initial carbonate content of the sediment decreases, the amount of authigenic
carbonate required to increase bulk carbonate 6*4*Ca markedly (>0.5%0) decreases
(Fig. 2). This simple estimate does not consider change in porosity as a function of
compaction, as compaction is minimal in the upper tens of meters of the
sedimentary column. This calculation also does not consider the recrystallization of
existing carbonate (i.e., stable mineral recrystallization; e.g., Fantle and DePaolo,
2007; Fantle et al., 2010; Fantle, 2015; Gorski and Fantle, 2017; Lau et al., 2017;
Ahm et al., 2018), a topic that is considered in subsequent sections.

If the addition of authigenic carbonate explains variability in the $**Ca of bulk
sediment over ocean acidification events, then we expect to see a relationship
between 644Ca and the CaCO3 content of the sediment that can be used to identify
such events in the rock record. In the simplest scenario, the carbonate content and
the 6#*Ca should vary in a positive manner. One added complication is that
carbonate content is also impacted by the flux from the surface ocean to the
sedimentary column, which is a function of the balance between production in the
surface ocean and the degree of preservation prior to burial (i.e., related to deep
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water saturation state and dissolution kinetics in the water column). For instance,
changes in the export flux of carbonate from the ocean have been noted to occur
during the recovery phase of the PETM (e.g., Penman et al,, 2016).

However, while CaCO3 content in sediments may certainly vary on short time
scales (i.e., less than the residence time of Ca in the ocean), variability in the 6**Ca of
this flux globally (and thus a relationship between CaCO3 and 3*4Ca) may only occur
by changes in the fractionation factor (A**Ca). The trajectory of a fractionation
factor change in 8*4Ca-wt. % CaCO3 space depends on whether or not there is a clear
and consistent relationship between A%4Ca and biogenic production of CaCO3, a topic
we discuss in more detail below. Ultimately, while CaCO3 and 6**Ca may covary due
to changes in fluid 6**Ca values (i.e., global seawater $*4Ca) over time scales longer
than the residence time, it seems reasonable to explore the short time scale PETM
data for correlations between CaCO3 content and d*4Ca that are indicative of
authigenesis. Following this exploration, we then discuss the likelihood of
fractionation factor variability over ocean acidification events such as the PETM.

4.2 Simple Mixing Arguments for an Authigenic Origin for PETM &§*Ca Signals

In the PETM data (Griffith et al., 2015), there are relationships between CaCO3
content and 6#4Ca that are strongly suggestive of authigenic CaCO3 additions. Given
our assumptions regarding the isotopic compositions of the endmembers, the
trajectories of the mixing relationships between 6*4Ca and weight percent CaCO3
depend mainly on the initial carbonate content of the sediment (Fig. 3; see SI for
mixing equations). Though we only consider one $**Ca value for the authigenic
endmember, the reader should be aware that the 6*4Ca of the authigenic
endmember may vary depending on where in the section it precipitates (open vs
closed diagenetic system; e.g., Fantle et al.,, 2020); authigenesis carried out within
the diffusive boundary layer will produce a phase that is isotopically distinct from
the primary phase, while authigenesis below the depth of equilibration will not.
Endmember 3*4Ca values will also depend on the $*4Ca of the local water column
(e.g., open ocean vs. coastal/near shore environments; Holmden et al.,, 2012) and
potentially the mineralogy of the primary phase (e.g., Fantle et al., 2010; Blattler et
al, 2012; Lau etal,, 2017; Ahm et al.,, 2018). The former would generally decrease
the leverage to alter by lowering the *4Ca of the fluid (e.g., due to mixing of riverine
and/or submarine groundwater discharge with seawater). The latter is a result of a
change in the fractionation factor associated with mineral precipitation and could
either increase or decrease the leverage of the authigenic phase to alter bulk 6#4Ca.
For a range of initial carbonate contents, then, the mixing curves can explain
the Ca isotopic data that are anomalously high in the PETM intervals at both Sites
1212 and 1221 (Fig. 3a). Interestingly, the data from the shallower Site 1212 lie
almost entirely on an authigenic carbonate mixing trend for a carbonate-rich
sediment. Taken at face value, this suggests that the Ca isotopic variability at Sites
1212 and 1221 is authigenic in origin. This is entirely consistent, then, with the
hypothesis that ocean acidification events promote authigenic carbonate formation
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as a consequence of deep ocean oversaturation following the dissolution pulse.
However, this preliminary analysis also suggests that the isotopic signal of
authigenesis is somewhat complicated, as it theoretically extends at least tens of
centimeters below the physical horizon that denotes the onset of the PETM. We
explore this in more detail in Section 4.4.

4.3 Expectations for Fractionation Factor Variability Associated with Ocean
Acidification

One potential interpretive complication with interpreting the §*4Ca-CaCO3 mixing
curves solely in terms of authigenesis is the presence of environmental signals, the
relative importance of which depends critically on the time scale over which the Ca
isotopic signal occurs. One of the most often cited causes of variations in carbonate
d**Ca is a change in the fractionation factor associated with CaCO3 formation. Some
authors have also claimed that the original carbonate mineralogy (i.e., aragonite vs.
calcite) can influence the Ca isotope record (Lau et al., 2017; Jost et al., 2017;
Higgins et al.,, 2018), and the implications and caveats of this hypothesis have been
explored in some detail previously (e.g., Fantle, 2010). Accordingly, we will concern
ourselves here with the fractionation factor hypothesis, as this seems the most
applicable to short time scale ocean acidification events.

Before beginning our analysis, it is worth noting that it is not clear if
fractionation factor variability can be reasonably invoked when precipitation is
biologically mediated or controlled. Most of the existing empirical relationships
between fractionation factor and carbonate system chemistry, for instance, rely on
abiotic/inorganic experiments. Given the regulated manner in which organisms,
such as foraminifera (e.g., Erez, 2003), precipitate carbonate, it is not at all clear that
such results can be used in global models to describe controls on the Ca isotopic
composition of a biogenic carbonate output flux.

Further, experimental culture studies are ambiguous when it comes to the
control of Ca isotopic fractionation by aqueous carbonate chemistry (Kisakiirek et
al, 2011; Mejia et al., 2018). If one takes the foraminiferal culture data at face value
(e.g. Fig. 3 in Kisakiirek et al., 2011), the preferred correlation between A**Ca and
carbonate ion concentration is not only weak (slope <0.0005 %o/pM CO32-) but also
opposite in sign to the well-studied inorganic precipitation effect (e.g., Tang et al.,
2008; 2012). Further, if one considers the growth rate effect on fractionation factor,
it is equally unclear if and how carbonate producers respond to elevated CO>
concentrations (e.g., Riebesell et al., 2000; Langer et al., 2006; Manno et al., 2012;
Davis et al.,, 2017), thus complicating the application of the growth rate-A*Ca
correlation to carbonate sediments.

Because of these complications, we adopt the simplest approach and apply
the inorganic experimental results of Lemarchand et al. (2004) and Tang et al.
(2008; 2012) as a means of exploring previous suggestions that fractionation factor
controls Ca isotope records of the past. Our objective is to examine spatial and
temporal patterns produced in cGENIE and use this information to generate

10
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predictions about what should be observed in cases where fractionation factor
controls the Ca isotopic composition of the rock record.

4.3.1 General Discussion of Fractionation Factor Variability

As previously mentioned, over time scales less than the residence time of Ca in the
ocean, variability in seawater $**Ca is insufficient to drive significant global
differences in bulk carbonate 6*4Ca (Fig. 1; Komar and Zeebe, 2016). Therefore,
during events lasting thousands to a few hundred thousand years, such as the PETM,
(i) the CaCOs3 content of the sediment (via the balance between production and
preservation and the addition of authigenic carbonate), (ii) authigenesis, and/or (iii)
the fractionation factor may drive variability in *Ca-CaCOs3 space. In the latter case,
the expectation is that any shift in the fractionation factor in the surface ocean, for
instance, due to ocean acidification should coincide with any shift in 613C, assuming
that the decrease in 313C directly reflects ocean acidification. As we explore in more
detail below, this means that any shift in fractionation factor will likely be
heterogeneous in the global ocean and will reflect water column chemistry.

Over short time-scale events, the fractionation factor may impact carbonate
sediment &*4Ca either locally or globally. Local shifts will result in heterogeneous
“anomalies” in the rock record that vary as a function of location and/or
environment. In theory, it should be straightforward to identify such a mechanism
by measuring contemporaneous carbonates from a range of locations. However, as
is clear from the cGENIE modeling discussed below, even a global driver (such as
pCO2) can generate spatially variable signals (e.g., temperature and saturation
state). Care must therefore be taken in discriminating between global and local
effects, which can be aided by quantifying the spatial variability in saturation state
or carbonate ion concentration using proxies or models.

One can also consider changes in the global fractionation factor over short
time scales, though this must be thought out carefully. The global fractionation
factor is a flux-weighted average (X;) of all the output modes (i) that occur in the
ocean (Fantle, 2010):

lobal F;
AMCClguotpit = Zoutputs,i A446ai : Y F; (: Xi) [2]

where F; /Y, F; is the fraction of the global flux contributed to by the ith output mode
(i.e., X;). The inorganic experimental data suggest that there are potentially two
ways to drive changes in the global fractionation factor, keeping in mind the caveat
above:

(1) By varying a single (or related) parameter(s), such as temperature or

precipitation rate, globally, which drive(s) a fundamental change in
A44Ca{ﬁzz(tll (also referred to as A**Cag,,). The expectation is that A**Ca; of
all output modes change in a similar manner or that there is one dominant

output mode, such that the effect on carbonate 6**Ca is globally uniform.
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(2) By varying one (or more) of the dominant output modes, such that F;/Y; F;
and/or A**Ca; associated with that mode. The driver of such a change can be
local in origin.

An example of the second driver of global fractionation factor is a change in the
proportion of Ca removed as aragonite, a topic that was explored in detail by Fantle
(2010). Assuming that calcite and aragonite are the main output modes of Ca from

the ocean, the global fractionation factor is described by: A**CaZpr, =

A**Cacgicive + Xarag(A** Cagrag — A*Cacaicite ), Where Xgpq,4 is the fraction of the
total output flux removed as aragonite (Fantle, 2010). One suggestion has been that
the biogenic calcite and aragonite output fluxes are isotopically distinct (Blattler et.
al,, 2012), and could therefore control seawater isotopic variability. However, post-
depositional transformation of metastable phases can reduce the leverage of the
aragonite flux to alter either seawater or bulk carbonate 344Ca (Fantle, 2010; Fantle
and Higgins, 2014; Higgins et al., 2018). In order for aragonite output to impact the
global fractionation factor, then, the aragonite must not react in the sedimentary
column or it must do so in an effectively closed system.

4.3.2. cGENIE Model Constraints on Fractionation Factor Variability Associated with
Ocean Acidification Events

Before beginning a discussion of our expectations regarding fractionation factor
impacts on Ca isotopic records, which is predicated on cGENIE constraints on the
chemical evolution of seawater over the event, we summarize the general output of
the three PETM scenarios simulated — Gutjahr et al. (2017), Cui et al. (2011), and
Gibbs et al. (2016). The general observations in all cases are similar (Fig. 4):

(1) Arise in temperature and alkalinity (due to carbonate dissolution), and a
drop in pH, associated with an increase in atmospheric pCOg;

(2) Occurrence of widespread seafloor undersaturation at the initiation of the
carbon pulse, followed by an extended period of supersaturation (the
“overshoot”);

(3) A spatially-variable pattern of bottom water supersaturation during the
overshoot;

(4) A spatially-variable distribution of sedimentary carbonate contents that
reflect the balance between delivery of carbonate to the sedimentary column
and core-top dissolution.

The surface saturation state with respect to calcite also exhibits spatial
variability over the PETM, which is presented by subtracting the initial steady state
spin-up for each simulation from the time at which the minimum saturation state
occurs (46, 60, and 6 ka, respectively, for the three scenarios presented). At these
times, large decreases in surface ocean saturation state occur in the western Pacific
Ocean while much smaller variability is observed in the Southern Ocean and sub-
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Arctic Pacific (Fig. S2). Within the thermocline, the trends are broadly similar: the
largest drops in saturation state are focused in bands between 15 and 30°N and 15
and 30°S, while the South Atlantic exhibits a smaller drop in saturation state
compared to surface waters. Recognizing the extent of the spatial variability in such
a global scenario is critical, as it allows for some degree of ground-truthing (albeit
model-based) when it comes to interpreting Ca isotopic records in terms of
fractionation factor variability.

One of the commonly cited drivers of fractionation factor variability is
temperature, which the PETM-specific cGENIE simulations suggest is not sufficient
to explain the Ca isotope records from Sites 1212 and 1221. Temperature
differences due to warming (relative to pre-event T) in the three scenarios
investigated can be as much as ~5°C or so throughout the water column. Given a
fractionation factor sensitivity <0.02%o/°C (e.g., Gussone et al., 2003; Langer et al.,
2007; Griffith et al., 2008), one would need a temperature difference at a given
location of at least 5-10°C to see a resolvable signal (~0.1 to 0.2%o). Though the
effect is in the right direction (smaller fractionation with increasing temperature),
the magnitude of this effect is considerably smaller than what is observed at Sites
1212 and 1221 (Fig. 1b).

In addition, the maximum spatial heterogeneity in the PETM temperature
anomaly is only ~1-2°C at all water depths (shown for the surface ocean in Fig. S3).
In other words, the spatial variance in temperature difference (relative to pre-event
temperature distributions) is small. This means that site-to-site differences in
carbonate *4Ca due to temperature-driven changes in fractionation factor over the
PETM are likely less than 0.1%o0. Temperature-driven changes in fractionation
factor, therefore, do not explain the differences in the Ca isotope records at Sites
1212 and 1221 over the PETM.

Thus, we turn to those chemical parameters that are commonly cited as
controlling the fractionation factor: the saturation state relative to calcite (Qcarcite)
and the carbonate ion concentration. We considered variability in the fractionation
factor as a function of either the relationship constrained by Lemarchand et al.
(2004) and regressed by Gussone et al. (2005):

1000 - In(a ~1.31+3.69 - mgpz-[mmol/kg] [3]

calcite —Caz"') =
or the relationship between saturation state and fractionation factor suggested by
Tang etal. (2012):

cacite—caz+ = —0.067 - Qcqicire — 0.321 [4]

[t is important to note that the former relationship (Eqn. 3) is similar to the one
utilized by Komar and Zeebe (2016) in their LOSCAR simulation of the end-Permian
d**Ca dataset published by Payne et al (2010), and that it is opposite in sense to the
abiotic experimental data of Tang et al. (2008; 2012) (Eqn. 4; for summary, see Fig.
7 of Fantle and Tipper, 2014). Given the low ammonium concentrations in the
experiments of Tang et al. (2008; 2012), these data are arguably more relevant to
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the surface ocean, in which ammonium concentrations are negligible, and the
sedimentary column (ammonium concentrations in sedimentary pore fluids are
generally >100x lower than in the experiments of of Lemarchand et al. (2004) and
Al Khatib and Eisenhauer (2017)).

The objective of the cGENIE simulations was to address two questions:

(1) Can fractionation factor variability driven by saturation state be responsible
for the PETM-specific Ca isotopic trends noted by Griffith et al. (2015)?

(2) Are there any general lessons that can be gleaned from the PETM simulations
that can be applied to similar events?

With regard to the first question, the results of the simulations at Site 1262
are plotted in 6**Ca-CaCOs3 space for the carbon flux scenarios described above and
the relationships in Eqns. 3 and 4 (Fig. 3a). Site 1262 is representative of a seafloor
location that exhibits a strong decrease in sedimentary carbonate content over the
PETM, and thus spans a range of CaCO3 values. More muted variations in CaCO3 are
observed in the GENIE sedcore output at Sites 1221 and 1212 (Fig. 3a, also see
Section 4.4 for discussion of Site 1212; Site 1221 not shown but minimum % CacO3
is ~26% for the Cui et al. (2011) C release scenario), but the extent of variability in
d**Ca is similar at all sites.

The simulations, which document a small change in carbonate 544Ca
associated with ocean acidification over the PETM (Fig. 3a), support the contention
that large changes in bulk carbonate 3#4Ca are not explained by variations in the
fractionation factor associated with the enhanced carbon flux to the atmosphere
over the PETM. Insofar as cGENIE accurately captures the processes that link
carbonate 8*4Ca and water chemistry (i.e., surface water production and deep
water/core top dissolution), there must be another explanation for the 6*4Ca data
observed at Sites 1212 and 1221.

In contrast to earlier cGENIE model studies on contemporary ocean
acidification that linked the CaCO3:POC ratio directly to saturation state changes:

FZC=“hCeO3 =y . LC0sPOC - FJ9¢ wherey = (O — 1)" for O > 1 (Ridgwell et al.,
2007b), we did not consider changes in the carbonate production flux relative to
particulate organic carbon (POC) production at the surface. However, such a
mechanism moves one along a totally different trajectory than those described by
the mixing lines (e.g., gray arrow in Fig. 3a), a conclusion that does not depend on
the carbon flux scenario utilized.

Though large changes in bulk carbonate d*4Ca are precluded, smaller changes
driven by fractionation factor shifts may occur over the PETM. The maximum
modeled drop in surface saturation state ({.4;.ite) that is associated with the carbon
isotope excursion (CIE) is ~60% (Cui et al. (2011) scenario). This would cause a

maximum ~0.3%o change in A, ;;._c,2+ and the effect would be expressed
regionally (i.e., in the western Pacific and Indian Oceans) and not globally (Fig. S2).

Over most of the surface ocean, the change in A44Cacalcite_6az+ is more moderate,
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between ~0.1 and 0.2%o0 at most during the CIE. Such model-based estimates are
useful, as they provide a first-order expectation for fractionation factor changes
associated with the PETM that can guide the interpretation of future measurements
and, potentially, Ca isotope records produced during other events.

With regard to the control of Ca isotopic records by fractionation factor
variability, then, our analysis suggests a testable hypothesis: IF the fractionation
factor can change over extreme events such as hyperthermals and ocean anoxic
events, as a variety of authors have suggested, then there must be variability in the
fractionation factor PRIOR to the event that is related to the spatial chemical
heterogeneity in the surface ocean. Because there is spatial variability in saturation
state and carbonate ion concentration (Fig. S4a and c), there should be resolvable
variability (~0.4-0.5%o) in the 5**Ca of the carbonate sedimentation flux from the
ocean prior to the event (Fig. S4b and d).

To be clear, this heterogeneity is not related to heterogeneity in the 5**Ca of
seawater, which is spatially uniform; neither is this hypothesis applicable to
locations in which fluid 8*4Ca is influenced locally (such as by riverine or submarine
groundwater discharge; e.g., Holmden et al., 2012). Considering only, then, locations
that receive carbonate formed from global seawater, our hypothesis is that if the
fractionation factor can control Ca isotopes in the rock record, then there must be
spatial variability in the 8*4Ca of contemporaneous carbonate sediment.

There is not an abundance of data to evaluate this hypothesis over the PETM.
Based on the cGENIE-based constraints on water chemistry (i.e., of surface waters in
which carbonate producers live), Sites 1212 and 1221 should contain
contemporaneous bulk carbonates that have similar Ca isotopic compositions. The
data, however, indicate that pre-PETM bulk carbonates at these sites are
significantly different in Ca isotopic composition. Again, this suggests a factor other
than differences in the fractionation factor as the causative factor. We therefore
conclude that authigenesis explain the Ca isotope records over the PETM.

The significance of such a conclusion is multi-faceted. One aspect that we
note here is that temporal mismatches in various geochemical proxy records are
sometimes suggested to reflect unexpected changes in the geochemical cycles of
those elements constrained by the proxy records, cycles which are then often
described as “decoupled”. However, an authigenic signal communicated from the
upper boundary overprints temporal signals in the depth domain. With regard to Ca
isotopes, the possibility of a sizeable authigenic component obviates the need to
invoke global scale decoupling of geochemical cycles, which can be difficult to
explain.

4.4 Interpreting the Past Assuming the Presence of an Authigenic 5*#Ca Signal
In Section 4.3, we noted the expectation that a shift in the global fractionation factor
associated with a change in seawater chemistry during ocean acidification events

should be coincident with any shift in 613C. The cGENIE simulations suggest that the
same is generally true of CaCOs3 (Fig. 5). However, at Sites 1212 and 1221 over the
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PETM, the maximum 64*Ca value is offset from the minimum CaCO3 content, and the
increase in 8*4Ca at both sites appears correlated in the relative depth domain (Fig.
1).

One way to explain this observation is that dissolution induced by ocean
acidification lowers the carbonate content during ocean acidification, and authigenic
carbonate then “fills in” the gap from the top down during the alkalinity overshoot.
At Site 1221, where CaCOs3 contents reach low values, such a scenario is not difficult
to imagine, and is supported by our mixing analysis (Fig. 3). At Site 1212, the
cGENIE model output suggests that dissolution could have been substantially
greater than measured (drop from ~95% to ~80 wt. % CaCOgs; Fig. 1) if bioturbation
was minimal. In the Gibbs et al. (2016) carbon emission scenario with no
bioturbation, the modeled drop in carbonate content at Site 1212 associated with
core-top dissolution was ~50 wt. % CaCOs (Fig. S5). To be consistent with the
authigenic interpretation (Fig. 3a), the CaCO3 content at Site 1212 prior to the
overshoot would only have to be ~75 wt. % CaCOsz, which seems reasonable.

Thus, while it is feasible that the 5*4Ca signal reflects authigenic carbonate
additions, this line of reasoning highlights the need to understand the depth range
over which authigenesis generated from above can influence the sedimentary
record. Accordingly, we turn to reactive transport modeling to address this
question.

4.4.1 Reactive Transport Considerations of Authigenesis in the Marine Sedimentary
Column

A variety of key questions arise when considering the hypothesis that authigenic
carbonate formation, induced by a change in the chemistry of ocean bottom waters,
plays a role in determining the Ca isotopic composition of marine sediments during
the PETM and, perhaps, other intervals in Earth history. We focus on two related
questions: (1) What controls the length scale over which authigenesis acts? and (2)
how might an authigenic signal manifest itself in the rock record? We are not
claiming that authigenesis is the explanation for all Ca isotope variability observed
in the rock record, and there are doubtlessly other signals that are present. We
should be clear that the authigenic signal we are discussing is imparted at or near
the sediment-seawater interface, where the Ca isotopic leverage to alter the bulk
sediment is the most extreme. This is not a deep, burial diagenetic signal and it will
not affect all geochemical proxies in a similar manner.

The questions above are directly relevant to the interpretation of
geochemical variations in the depth domain as temporal signals that reflect the
evolution of the ocean-atmosphere system. It is important to remember that
diagenetic processes act in the depth domain, and are not necessarily bound by
temporal boundaries (though could be if properties such as grain size, surface area,
for instance, covary with geochemistry over time). Diagenesis therefore can
overprint temporal records with depth-dependent signals, which may result in
misinterpreting the convoluted signal.
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With this in mind, authigenic carbonate addition is a reasonable explanation
of Ca isotopic variability in the rock record if the length scale over which this effect
occurs is large enough to be detected or large relative to the length scale of features
observed in the natural system. In the latter case, so-called Ca isotopic excursions
are observed over meter to tens of meters length scales, while the variability over
the PETM is observed over centimeter length scales (Fig. 1; e.g., Payne et al., 2010;
Griffith et al., 2015). So, there is a considerable range of relevant length scales to
consider.

In addition, the carbonate added must have a distinct isotopic composition
relative to the bulk sediment. In carbonate-rich sediments, this is generally the case
in the upper tens of meters of the sedimentary section (Fantle and DePaolo, 2007;
Fantle, 2015). In sedimentary systems, the Ca isotopic composition of authigenic
carbonate is a function of pore fluid 6#*Ca and the fractionation factor associated
with marine carbonate precipitation, which is close to one (Fantle and DePaolo,
2007; Fantle, 2015). In the marine system, pore fluid 3%4Ca is initially the same as
seawater (~1.9%o) and is altered in the sedimentary column by any process that
puts isotopically distinct Ca into, or takes Ca out of (fractionating isotopically in the
process), the pore fluid. The isotopic composition of the upper and lower
boundaries can also influence pore fluid 6*4Ca; the length scales over which the
boundaries can influence pore fluids depend on the relative importance of transport
(diffusion/advection) to reaction (e.g., Fantle et al., 2010).

To address these questions, we conducted two sets of authigenic
precipitation simulations, which varied primarily in the lithology of the sedimentary
column (Table S2). One set of runs was Site 1212-like (96% calcite at depths <175
cm, and 80% and 93% calcite in the upper 25 cm), while the other was Site 1221-
like (40% and 60% calcite at depths <175 cm, and 1% calcite in the upper 25 cm).
The burial lithology (i.e., the material added by sedimentation that is constrained by
the measured % CaCOs at each site) also differs for each set of site simulations
(82.5% calcite at Site 1221, in most cases, though simulations were also run with
burial lithologies that were 1% calcite and 96% calcite; 95% calcite at Site 1212).
The reader should be aware that the large changes in % CaCO3 that are shown (e.g.,
in Fig. 7) are not authigenic, but reflect the change in burial lithology assumed for
each site (refer to Table S2 for initial and burial lithologies).

Though there are no clear constraints on the rate constants for authigenic
precipitation, the simulations suggest that rate constants ~10-11 mol/m?/s can
generate the sort of mixing patterns that are inferred at Sites 1212 and 1221. The
mineral precipitation rates in the authigenic models are <10-4 mol/g/yr, which is
two to three orders of magnitude slower than experimental rates at low to moderate
saturation states (e.g., Zuddas and Mucci, 1998; Tang et al., 2008) yet faster than
carbonate recrystallization rates in natural systems (e.g., Richter and DePaolo, 1987;
1988; Richter and Liang, 1993; Fantle and DePaolo, 2006; 2007; Fantle, 2015).

Assuming such rate constants, the length scale over which the upper
boundary saturation state permeates into the sedimentary column at any given time
is on the order of tens of centimeters. The length scale is a function of the transport
flux (diffusive in this case) relative to the reaction rate (Fig. 6). Given the same
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diffusive flux (similar porosity, diffusion coefficients, and concentration gradient),
lowering the rate constant will increase the length scale. Assuming that the rate
constant is the primary variable, and not the diffusion coefficient (or tortuosity), a
larger length scale comes at the cost of slower authigenic carbonate accumulation.
The time scale of the event will therefore also determine the amplitude of the
authigenic signal, as will burial rate. Burial moves sediment through the zone of
authigenesis, determining how much time a sediment package spends in the zone
and distributing the signal in the depth domain. Assuming equal rate constants, a
slower burial rate will result in greater accumulation of authigenic carbonate over a
shorter length scale, compared to high burial rates in which authigenic additions are
smaller and the isotopic signal is distributed over a longer length scale. This effect is
clearly seen in the model simulations (Fig. 7).

The penetration of the upper boundary signal into the sedimentary column
allows for the authigenic signal to stratigraphically “precede” the primary,
depositional signal of the event. If one considers sedimentation rates on the order of
25 m/Ma (2.5 cm/ka), the apparent time lag is ~10 ka prior to the event; at lower
sedimentation rates (e.g., sedimentation rates in the OAE 2 Portland #1 core are <1
cm/ka), the apparent time lag would be tens of thousands of years. This apparent
time lag can be observed in the simulated Site 1221 depth profiles; in this case, the
authigenic signal manifests as a local peak in bulk carbonate 6#4Ca that occurs at the
edge of the siliciclastic section (Fig. 7b-c), which is material deposited before the
alkalinity overshoot. A similar peak is observed in the measured data from Site 1221
(Fig. 7d). Such a peak is important to recognize, as it is not a temporal feature, but
one associated with diagenetic processes occurring in the depth domain. That said,
the peak does not occur at higher burial rates (Fig. 7d), because the siliciclastic unit
does not spend appreciable time in the authigenic zone; however, the peak would
reappear if precipitation kinetics increased by some mechanism (e.g., increased
surface area). This is another example in which the isotopic signal could be
misinterpreted as a temporal one, yet would only be present in sections that had
slow enough burial and a carbonate-poor lithology exposed in the authigenic zone.

More generally, the simulation of authigenic carbonate precipitation induced
by a change in the upper boundary is, as expected, consistent with the simple mixing
calculations (Fig. 3b). In addition, the Ca isotopic compositon of the simulated bulk
sediment clearly reflects the chemical evolution of the upper boundary condition
over the event. Thus, even though Ca isotopes are impacted by a diagenetic process,
they are useful for elucidating primary signals.

The simulations presented above are endmember simulations in which
neither carbonate dissolution nor recrystallization is permitted. For this reason,
pore fluid 3*4Ca does not change over the model domain. The impact of
dissolution/recrystallization is to lower pore fluid 3*4Ca values closer to those of the
reacting solid; such a shift would alter the leverage of authigenic carbonate to
impact bulk carbonate 6#4Ca.

The extent to which pore fluid 6*4Ca may change due to recrystallization is
evaluated in simulations in which recrystallization of the bulk carbonate is
permitted. The rate constants used are consistent with existing constraints on
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carbonate recrystallization rates (~10-1% mol/m?/s, which yields rates ~0.1 Ma;
Fantle and DePaolo, 2007; Fantle, 2015; Huber et al., 2017). In the presence of
recrystallizing sediment, pore fluids exhibit <0.5% variability in isotopic
composition (Fig. 8). Pore fluid 6*4Ca is initially pulled down to ~1.5%0 by bulk
carbonate dissolution (as precipitation is assumed not to fractionate), but
subsequently increases as the simulation proceeds and the bulk carbonate 5*Ca
evolves towards that of the pore fluid. This is a maximum estimate of the variability
in pore fluid 6#4Ca, as it assumes the entire solid is open to recrystallization. If the
mass of reactive solid is smaller, the leverage to alter pore fluid 6*4Ca at a given rate
is less (e.g., Chanda et al., 2019).

Though observations are scarce, such isotopic variability in the pore fluid is
generally consistent with observations in the upper ~15 meters of carbonate-rich
sedimentary sections (e.g., Fantle and DePaolo, 2007; Fantle, 2015; Higgins et al.,
2018). The ultimate point is that even in the presence of recrystallization, isotopic
leverage exists in the upper 2 meters of the section to generate isotopically distinct
authigenic carbonate. This is expected given that the diffusive reaction length scale
(i.e., the length scale over which the system remains somewhat open to transport)
for Ca isotopes is on the order of meters to tens of meters (Fantle and DePaolo,
2006; Fantle and DePaolo, 2007; Fantle et al., 2010).

Recrystallization does not explain the PETM data if one assumes that all
sedimentary carbonate is equally reactive. In this case, one expects increases in the
d**Ca of the entire sedimentary package in the upper few meters of the section, with
a diagenetic effect that scales with the carbonate content (Fig. 8). This is, as
expected, generally similar to the trend expected at low extents of authigenesis, and
generally highlights the difficulty disentangling authigenesis and recrystallization.

However, at the most rudimentary level, the interpretation of Ca isotopes as
either a primary or diagenetic signal does not rely on distinguishing between
authigenesis and recrystallization. The distinction does matter if we want to
interpret the diagenetic signal or constrain the impact of authigenesis on the global
Caand/or C cycles (e.g., Schrag et al., 2013). The main differences between the two
mechanisms are that recrystallization (i) does not produce any net change in the
mass of carbonate in the section, and (ii) generates a dissolution flux that could, if
large enough, impact pore fluid 6**Ca. Accordingly, the ideal recrystallization trend
is a vertical line in 8*4Ca-CaCO3 space (Fig. 3). Thus, distinguishing between
recrystallization and authigenesis is difficult at extremes in sedimentary carbonate
content (i.e., extremely high and extremely low, such as we have at the PETM sites
being explored).

To distinguish between authigenesis and recrystallization, acidification
events in oceans with preserved pelagic carbonate records may prove to be ideal
case studies. Specifically, sites that move below a shoaling CCD during the event
present a “blank canvas” of sorts for authigenesis to impart a signal. In such
sediments, where carbonate content is essentially zero, authigenesis can be the only
means of drastically changing sedimentary 6*4Ca values. For this reason, future
work should not ignore siliciclastic-dominated facies.
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4.4.2 The Case for Ocean Anoxia as a Global Driver of Carbonate Authigenesis

One of the outstanding questions regarding a diagenetic origin of isotopic
excursions in the rock record is whether or not diagenesis can create effects that are
expressed globally. The question is relevant for a range of reasons, most notably
that the global expression of an excursion is often suggested either to preclude a
diagenetic origin or to argue for the expression of a primary marine signal (e.g.,
Halverson et al., 2002). This issue has been addressed in studies of shallow water
carbonate diagenesis (e.g., Swart and Eberli, 2005; Swart, 2008), which have
suggested global diagenetic drivers such as sea level change (e.g., Swart and
Kennedy, 2012) and increased terrestrial weathering rates (e.g., Cui etal,, 2017). In
this study, we evaluate whether or not global events, such as ocean acidification, can
generate globally-expressed, diagenetically-produced geochemical signals.

The ambiguity in the logic that primary signals are globally uniform while
diagenetic signals are local can be appreciated by considering the example of an
ocean acidification event. Associated changes in ocean carbonate ion concentration
have been hypothesized to induce variations in the Ca isotopic fractionation factor
in biogenic carbonate, which is a primary (not a diagenetic) signal. In this scenario,
carbonate ion concentration changes are driven globally, but are not uniform in the
ocean (Fig. 4; Figs. S2 and S4). Thus, the Ca isotopic expression of this global event,
which is a primary signal, will vary from location to location in the ocean. Clear
interpretation therefore requires an understanding of how the Ca isotopic signal is
imparted and expectations for the variability given location, lithology,
sedimentation rate, etc.

One theme of this contribution is that global events may be expressed in the
sedimentary record via diagenetic processes, such as a saturation state overshoot
associated with an ocean acidification-hyperthermal event. However, an alkalinity
overshoot is not the only means of increasing saturation state in the sedimentary
column during such events; alkalinity also increases in marine sedimentary pore
fluids as sulfate is reduced. A general reaction is:

S0z~ + 2CH,0 > HS™ + 2HCO3; + H* [5]

though more complex formulations for organic matter (e.g., using Redfield ratios for
marine organic matter) and the chemical composition of the electron donor can be,
and have been, considered (e.g., Dale et al.,, 2006; 2008; Soetaert et al., 2007;
Bergmann et al., 2013; Arndt et al., 2013). The simple analysis presented herein
does not take into account the myriad of complexities surrounding redox reactions
in marine sediments (e.g., Arndt et al., 2013 and references therein).

In the modern ocean, the zone of sulfate reduction extends from meters to
hundreds of meters below the seafloor (Fig. S8), effectively traversing the gradient
in pore fluid Ca isotopic composition from seawater-like to carbonate-like. In
carbonate-rich sections, authigenic carbonate formed within the upper tens of
meters can be isotopically distinct, while authigenic carbonate formed deeper will
not be isotopically distinct from bulk carbonate. In order for sulfate reduction to be
a viable mechanism for producing isotopically distinct carbonate, sulfate reduction
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must generally occur in the upper tens of meters of the sedimentary column (i.e.,
where pore fluid $**Ca is substantially higher than that of the bulk carbonate); this
length scale can change depending on the rate at which carbonate dissolves or
recrystallizes. In addition, sulfate reduction rates are influenced by a range of
parameters, including Oz(aq) concentrations, temperature, sulfate concentrations,
and the energetic favorability of the sulfate reduction reaction (e.g., vis- -vis the
electron donors). A change in any, or a combination, of these factors can
theoretically impact the depth over which sulfate reduction occurs.

In the three COz-release scenarios simulated using cGENIE, bottom water
oxygen concentrations decreased transiently throughout the ocean over a period of
10 ka (Fig. 9); at some locations at the seafloor, depressed oxygen concentrations
persisted over longer, 30 to 40 ka time scales. The change in aqueous oxygen
concentration is uniform neither spatially nor with depth in the water column,
which suggests that any O;-related isotopic signal generated by this global event is
likely to be expressed heterogeneously. Predictably, it is in deeper sediments that
such a signal is most likely to be found (Fig. 9). The decrease in oxygen
concentration coincides with the onset of the PETM, increase in export flux of POC,
and the initial temperature increase. Accordingly, sulfate reduction must also occur
at rates that produce sufficient alkalinity to counterbalance the drop in bottom
water saturation state associated with the dissolution pulse.

[t should be noted that of the small fraction of the surface ocean POC export
flux that reaches the seafloor in cGENIE, none enters the sedimentary column by
design and the residual deep ocean settling flux is reoxidized at the sediment-
seawater interface (i.e., a ‘reflective boundary’ condition; Hiilse et al., 2017). As a
result, seafloor dissolved Oz concentrations, and the oxygenation impact of changing
POC export, will be slightly overestimated. But this hypothesis is worth evaluating,
as there is evidence for low oxygen concentrations, and even anoxia, over the PETM
(e.g., Pagani et al., 2006; Sluijs et al., 2006; 2008; Weller and Stein, 2008; Nicolo et
al,, 2010; Gruber, 2011; Schulte et al., 2011; Dickson et al., 2012; Wieczorek et al,,
2013; Zhou et al,, 2016; Yao et al,, 2018). In addition, this mechanism makes
possible two different time scales (and potentially depth scales) for an authigenic
response: one associated with the main C pulse and one associated with the
alkalinity overshoot.

We conduct a preliminary exploration of this hypothesis by utilizing the
reactive transport model described in the SI (Section S2), which consists of a
reactive network containing aerobic respiration, denitrification, and sulfate
reduction (Table S2). The model is run to steady state over ~8 ka, and then
perturbed using the cGENIE output to constrain the time scale of the perturbation
and the extent to which oxygen concentration, pH, and saturation state decrease
(Fig. 10a; Table S2). Our objective is to assess if, for a given sulfate reduction rate
formulation, the PETM oxygen perturbation impacts the saturation state of calcite in
the sedimentary column relative to the pre-perturbation steady state. We can use
the same simulations to examine the length scale over which dissolution (driven
from the upper boundary) impacts pore fluid 6*4Ca. The latter determines if the
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authigenic carbonate formed as a result of this process would be isotopically distinct
relative to bulk carbonate.

The primary issue with the sulfate reduction hypothesis is that while sulfate
reduction produces alkalinity, the canonical reaction (Eqn. 5) also produces protons.
The same is true of sulfate reduction coupled to the oxidation of organic substrates
such as glucose. In this scenario, without a local sink for H* or another source of
alkalinity (e.g., carbonate dissolution: H* + CaC0; — Ca** + HCO3; Berner, 1966),
the formation of authigenic carbonate is not energetically favorable. To illustrate
this (as a reference case), we simulated sulfate reduction using glucose as the
electron donor and assuming a rate constant that generates sulfate reduction rates
comparable to those observed in the marine system (SI Section S2 and references
therein). At these rates, and in the presence of calcite dissolution, pore fluids did not
attain supersaturation with respect to calcite in the 10-meter model domain.

Interestingly, if acetate (CH;COO07™) is the electron donor (e.g., Winfrey and
Ward, 1983; Lovley and Klug, 1986; Briichert and Arnosti, 2003; Dale et al., 2006;
2008; Glombitza et al., 2015; 2008; Beulig et al., 2018), then sulfate reduction does
not produce H*:

CHyCO0~ + S02~ & 2HCO; + HS™ [6]

For other energetically-favorable electron donors, such as Hz(aq) and formate (e.g.,
Abram and Nedwell, 1978; Dale et al., 2006; 2008; Larowe and Van Cappellen, 2011;
Table 1 in Arndt et al,, 2013; Adhikari et al.,, 2016; Glombitza et al., 2015; Beulig et
al,, 2018), protons are explicitly consumed in the sulfate reduction reaction:

4H,(aq) + SO~ + H* & HS™ + 4H,0 [7]
4CHO; + SO;~ + H* & 4HCO3 + HS™ [8]

Though the microbial reaction network in nature is admittedly far more
complicated than we consider, it seems at least plausible that sulfate reduction can
induce authigenic carbonate precipitation over some length scale in the sedimentary
section if acetate, formate, and/or hydrogen are involved. Accordingly, we explore
an endmember model in which sulfate reduction uses acetate as an electron donor
(i.e., acetotrophic sulfate reduction) and quantify the impact of a PETM-like ocean
acidification perturbation on calcite saturation state in the upper 10 meters of the
sedimentary section.

The reactive transport modeling suggests that acetotrophic sulfate reduction
has the potential to enhance authigenic carbonate formation in the upper 10 meters
of the sedimentary section (Fig. 10). Over the PETM-like acidification event (Fig.
10a), the drop in 0z(aq) at the upper boundary increases sulfate reduction rates at
depth, which induces an increase in calcite saturation state relative to the pre-
perturbation steady state. Model sulfate reduction rates in the upper 10 m are
<8-10-° mol/kg water/yr, which are consistent with rates inferred for deep-sea
sediments and are ~10% times slower than rates inferred in coastal settings (SI
Section S2). Thus, the rates are not so high that the hypothesis is untenable. It is also

22



930
931
932
933
934
935
936
937
938
939
940
941
942
943
944
945
946
947
948
949
950
951
952
953
954
955
956
957
958
959
960
961
962
963
964
965
966
967
968
969
970
971
972
973
974

worth noting that while the absolute saturation state values are likely not entirely
accurate due to the closed lower boundary condition and size of the model domain,
the endmember scenario is consistent with an increase in saturation state over
meter length scales.

Itis also clear from the simulations that dissolution induced from the upper
boundary condition over the perturbation has no substantive effect on pore fluid
d**Ca. Dissolution occurs within the upper tens of centimeters of the section,
consistent with observations of burndown. However, the dissolution rate is too slow
to impact pore fluid 6**Ca, which is maintained at seawater values via diffusive
communication with bottom waters. This is in contrast to the recrystallization
scenario (Fig. 8), in which pore fluid $**Ca is impacted even at rates of dissolution
that are comparable to the dissolution/burndown scenario. The reason for this
difference is that recrystallization occurs throughout the model domain, at depths
that preclude rapid diffusive communication with bottom waters; such conditions
result in the development of a pore fluid isotopic gradient. Further, while the burial
rate extends the zone over which dissolution is seen, and will by extension affect the
depth interval over which authigenic addition is observed (as in the overshoot
simulations), increasing burial rates does not change the depth scale over which the
alkalinity increase occurs.

While this mechanism is speculative, as it depends on a reaction network
that is currently the topic of debate in the scientific community, it suggests that the
Ca isotope proxy might have utility that extends beyond its current reach. More
specifically, it offers a means of explaining authigenic enrichments during ocean
anoxic events that do not require ocean acidification (see Section 4.4.3). Finally, this
hypothesis leads to the intriguing suggestion that the formation of authigenic
carbonate is linked to the identity/chemistry of the electron donor. Though this is
likely complicated, it does suggest that there is still fertile (and perhaps unexpected)
ground to be explored with regard to the Ca isotope proxy.

4.4.3. The Role of Authigenesis in Other Deep-Time Records

Assuming that the PETM carbon perturbation (and associated changes in saturation
state) is a reasonable analog for carbon perturbations associated with other events
in deep time, we can evaluate the impact of authigenesis on other records. Ocean
Anoxic Event 2 (OAE 2) is an excellent case study because of the high-quality Ca
isotope work produced to date (Blattler et al., 2011; Du Vivier et al,, 2015), and
because the records exhibit the direction of change that one would associate with
shallow carbonate authigenesis. Additionally, the magnitude of the fractionation
factor change inferred for the PETM based on cGENIE modeling is consistent with
the size of the anomalies reported in OAE 2 Ca isotope records by Du Vivier et al.
(2015). Yet questions remain that may be addressed by an authigenic mechanism; at
the very least, a discussion of the OAE 2 data will help us identify any outstanding
questions that might guide future applications of the Ca isotope proxy to such
events.
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The Portland #1 core Ca isotopic record over OAE 2 (Fig. 11; Fig. S7) exhibits
a negative trend in 5*Ca-wt. % CaCOs3 space, which could be interpreted as either a
dissolution trend (in the case of a heterogeneous sediment) or a long-term (~1.3
Ma) environmental signal (Du Vivier et al., 2015). A number of datums, which fall off
this larger trend, were previously hypothesized to reflect a change in the global
fractionation factor over ~600 ka (Du Vivier et al., 2015). We suggest that these
d**Ca data may be explained by authigenic addition of CaCOs3 (Fig. 11); just as with
fractionation factor variability, however, authigenesis alone cannot explain the
increase in CaCO3 content over OAE 2, as there is no unambiguous progression along
a simple mixing curve. Instead, we suggest that the Portland #1 core was affected by
at least two processes: (i) an increase in relative delivery (or preservation) of CaCOs3,
and (ii) authigenesis. According to this hypothesis, authigenesis controls the Ca
isotopic signal, while the former explains most of the offset to higher CaCOs. This is
consistent with suggestions that carbonate content in the Portland #1 core
increased as a consequence of reduced siliciclastic delivery (e.g., Meyers et al.,
2001), a hypothesis that doesn’t preclude components of the signal derived via
authigenesis

From a Ca isotopic perspective, two other records, Oyubari and Eastbourne,
are also consistent with authigenesis (Fig. 11; Du Vivier et al., 2015). Oyubari, in
particular, is fascinating, as it occurs at the low end of the CaCO3 range (much like
the PETM record at Site 1221), and closely follows the trajectory of the mixing
curve. We predict that authigenic additions could explain Portland #1 and Oyubari
by increasing the CaCO3 content by <0.9 (Oyubari) to ~5 wt. % (Portland #1) (Fig.
11); such additions (ignoring the effect of any contemporaneous dissolution) would
decrease porosity by <<1 to as much as 30%. Theoretically, Eastbourne would
require a more sizeable addition but, because it is unclear what the baseline
carbonate 6*4Ca is, we do not make an estimate of the authigenic addition.

To be absolutely clear, we are not unequivocally stating that the Ca isotopic
trends associated with OAE 2 are authigenic in origin. However, we are suggesting
that it is plausible, and it represents a viable mechanism that should be considered.
If authigenesis explains the Ca isotopic records, this does not necessarily preclude a
connection to ocean acidification, as has been hypothesized previously (Du Vivier et
al,, 2015). However, instead of being driven by the fractionation factor, the Ca
isotope record is a result of authigenesis promoted by a saturation state overshoot
or, as described above, deoxygenation of the sedimentary column. Authigenesis
explains the spatially-variable, yet synchronous, nature of the OAE 2 records (i.e.,
not the same magnitude at all locales over the event), even though they are
ostensibly associated with a global driver (i.e., ocean acidification). Authigenesis
also explains the positive nature of the excursion, the correspondence with mixing
lines, and the temporally abrupt nature of the excursion.

The alternate hypothesis that fractionation factor variability explains the Ca
isotopic records over OAE 2 is consistent with the rate at which carbonate ion
concentrations and saturation state change over ocean acidification events
generated by extremely rapid C emissions (Fig. 4). However, the fractionation factor
decrease of ~0.15%o0 suggested to accompany an acidification event generated by
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CLIP volcanism (Du Vivier et al.,, 2015) is inconsistent with foraminiferal culture
data (e.g., Kisakiirek et al., 2011), which imply an increase in carbonate ion
concentration of >300 uM during OAE 2 (NB: Mejia et al. (2018) present culture data
for coccolithophores, yet no experimental pH, alkalinity, or carbonate system data
are available to apply their results consistently to this analysis.).

Not only do carbonate ion concentrations drop over COz-induced ocean
acidification events (e.g., Fig. 4), but the absolute value of such a perturbation is
more than 25 times larger than the change simulated to occur over the PETM (itself
a rather sizeable ocean acidification event over which the maximum simulated drop
in carbonate ion concentration in the surface ocean is ~30%); Figs. 4 and S4e-f). In
order for this issue of magnitude to be resolved, and ignoring the sign of the
perturbation, the biogenic carbonates measured by Du Vivier et al. (2015) must
follow the inorganic calcite slope of Tang et al. (2008; 2012). If the biological isotope
effect was associated with an alkalinity overshoot during the recovery from ocean
acidification, instead of acidification, this could explain the Du Vivier et al. (2015)
OAE 2 data. However, one would expect to see the acidification signal first, followed
by the overshoot signal, which is not observed in the OAE 2 records.

Finally, it is important to stress that whereas carbon isotopes can act as
indicators of diagenetic alteration, they may not be useful indicators in this
instance. Though 813C is typically utilized to indicate authigenesis induced by the
oxidation of organic matter or methane deeper in the sedimentary column, the
overshoot mechanism operates differently: it is driven by bottom water
chemistry that promotes carbonate authigenesis and need not be accompanied by
a 013C signal (i.e., bottom water 613C DIC) that differs from the primary DIC 813C. We
do not include any quantitative considerations of 813C in our calculations or models
for the simple fact that 813C of the authigenic phase is expected to be similar to the
primary phase, such that there is little to no leverage to alter $13C in this case. Thus,
there need not be a low 83C diagenetic component in the OAE 2 cores for our
hypothesis to be valid.

Given the fact that significant portions of the seafloor may have been driven
anoxic during OAE 2, it is also possible that the zone of sulfate reduction effectively
migrated upwards (Section 4.4.2; e.g., Barnes et al., 2020), such that authigenic
carbonate was produced over a depth range at which pore fluid §*4Ca was closer to
seawater than bulk carbonate values. Our simulations suggest that this can occur
over >1 meter length scales, which is sufficient to explain OAE 2-type trends. It
should be noted that such an authigenic signal is likely to have a distinct C isotopic
composition compared to the alkalinity overshoot case (e.g., Barnes et al., 2020).
The C isotopic offset will depend on a few parameters, including the rate of sulfate
reduction and the depth at which the signal is acquired. Though we do not explore
this is any detail in this contribution, it is worth noting that the three Portland #1
samples with the highest 5*Ca values also have the lowest $13C values (Sageman et
al,, 2006).
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5. Summary and Remaining Questions

In this contribution, we propose Ca isotopes as a sensitive proxy of ocean
acidification, an application of the Ca isotope proxy that takes advantage of (i) the
largest Ca isotopic gradient in the Earth system (i.e., that between seawater and
marine carbonates) and (ii) the occurrence of alkalinity or saturation state
overshoots during hyperthermal events. We suggest that Ca isotopes can identify
authigenic carbonate in the rock record, if that carbonate forms within the diffusive
boundary layer in the sedimentary column. Carbonate generated in this manner is
isotopically distinct, unlike that formed during burial diagenesis, where the leverage
to alter bulk carbonate values is typically extremely small (e.g., Fantle et al., 2010).
Accordingly, we demonstrate how the formation of authigenic carbonate can be
evaluated in 8*4Ca-CaCOs3 space and subsequently tie existing Ca isotopic data over
the PETM and potentially OAE 2 to authigenesis. Because explaining large changes
in the 3*4Ca of carbonates over relatively short time scales infers large and
unreasonable changes in the exogenic Ca cycle, the authigenic mechanism provides
areasonable and intrepretable alternative to Ca cycle-driven changes.

Importantly, the formation of authigenic carbonate can be driven globally
(e.g., as in a hyperthermal event such as the PETM) but the geochemical expression
of such a global event need not be spatially uniform. The data from ODP Sites 1212
and 1221 and the cGENIE simulations presented herein both demonstrate that the
intensity of the authigenic signal is likely not homogeneous across the global ocean.
Thus, there should be no unqualified expectation that all records display the same
trends in response to a global driver. This is also true of primary signals that are
driven by global ocean acidification events, such as fractionation factor variability.
The recognition that a global event need not impart a globally consistent
geochemical signal highlights the utility of Ca isotopes for mapping out spatial
variations in ocean chemistry during alkalinity overshoots.

We also suggest that decreases in bottom water 0z(aq) concentrations can
effectively shift the zone of authigenesis related to sulfate reduction in the
sedimentary column towards the seawater-sediment interface. If electron donors
such as acetate, formate, and hydrogen participate to a significant extent in sulfate
reduction, then the chemistry favors the generation of supersaturation states in the
upper part of the sedimentary section in which pore fluid 6**Ca is seawater-like. An
interesting corollary to this hypothesis, which emphasizes events that enhance the
production of authigenic carbonate, is a scenario in which a climatic or ocean
chemical perturbation reduces the authigenic signal (i.e., by lowering sulfate
reduction rates). This raises the intriguing possibility of Ca isotope excursions that
move in the opposite direction as those explored in this study.

An advantage of the interpretative framework described in this study is that
the Ca isotopic signal of shallow authigenesis is predictable and constant over
geologic time: authigenic carbonate formed within tens to hundreds of centimeters
of the seawater-sediment interface will always shift bulk sediment to higher 5*Ca
values. The mixing trend in $*4Ca-CaCOs3 space should be distinct from fractionation
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factor changes, though difficult to distinguish from recrystallization. Given what is
known about recrystallization rates, however, it seems likely that recrystallization
cannot create such trends over short length scales. Further, the amplitude of the
authigenic signal is simply limited by the relative mass of authigenic carbonate
added to the bulk sediment, and the technique is applicable to a bulk sediment
proxy archive over a variety of time scales. The framework also suggests that
sample collection should not necessarily focus only on rocks with high carbonate
contents, and that there should be an expectation of isotopic effects as one crosses
lithologic boundaries.

Future work should focus on identifying geochemical proxies that have
distinct differences in elemental and isotopic partitioning between the surface ocean
and sedimentary column (e.g., oxygen isotopes, Sr/Ca, Mg/Ca, U/Ca), which can be
used in conjunction with Ca isotopes as diagenetic indicators to aid in distinguishing
between primary and diagenetic signals (e.g., Fantle et al., 2020). Applying multiple
diagenetic indicators is necessary because the isotopic and/or elemental
partitioning contrast needed to fingerprint diagenesis may not always be present in
the sedimentary column (Fantle et al., 2020). Reliance on Sr isotopes, C isotopes, or
Mn concentrations, for instance, as unambiguous diagenetic indicators can lead to
interpretations that are not properly informed.

In addition, there is a need to advance our understanding of biologically-
mediated isotope effects, in particular the extent to which changes in seawater
chemistry impact Ca isotopic fractionation during biologically-mediated CaCO3
precipitation. Because parameters co-vary in natural systems in ways that can
complicate the application of culture studies in a simple manner, a robust
mechanistic model for such effects is needed. Although recent work has attempted
to move in this direction (Mejia et al., 2018), our understanding remains incomplete.

Ultimately, if Ca isotopes prove an effective proxy for authigenesis at the
sediment-seawater interface, it may be possible to use Ca isotopes (in conjunction
with other tools) to probe the dynamics of the Earth system in novel (and perhaps
unexpected) ways. Indeed, Ca isotopes may prove of great utility for elucidating the
strength of the weathering feedback over geologic time scales, for constraining the
organic substrates participating in sulfate reduction, or as an indicator of surface
oxidation state.
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Figure captions

Figure 1 — (a) Calcium carbonate content (wt. %) and (b) Ca isotopic composition
(0*4Ca; %o0) of bulk carbonate sediments and marine barite from ODP Sites 1212 and
1221 (Griffith et al,, 2015). In (b), both the seawater and SRM-915a scales are
shown for completeness. All records are shown on relative depth scales, relative to
the carbon isotope excursion (CIE) indicated by carbonate 613C (%o). Error bars
(external reproducibility) are not included, for clarity, but vary between 0.05 and
0.3%o (see Griffith et al., 2015).

Figure 2 — Calcium isotopic composition (6*4Ca; %o) of bulk sediment due to mixing
between biogenic marine and authigenic endmembers, as a function of % initial
pore space filled. Shaded areas indicate a range in initial carbonate content of the
sediment between 50 and 100 wt. %. Also shown are mixing envelopes that vary as
a function of the initial porosity (¢) of the bulk sediment. The authigenic
endmember is assumed to have a constant 844Ca value of 1.9%o, which is the
modern seawater value (e.g., Fantle and Tipper, 2014). In reality, the 8**Ca of the
authigenic endmember will vary based on where in the sedimentary section it
forms.

Figure 3 — Effect of authigenic carbonate addition on bulk sediment 6#4Ca and
weight percent (wt. %) CaCOs. Mixing curves are shown in each panel as solid lines
with tick marks; tick marks indicate discrete points at which mixing calculations
were performed (see SI for calculation details). Each curve follows the trajectory of
mixing for a sediment with an initial CaCO3 content and 6**Ca, porosity, and the
d%Ca of the endmember authigenic phase (6**Ca = 1.9%po). Tick marks reflect the
percentage of pore space filled (select values noted by tick mark labels; also
included in parentheses are select values for wt. % CaCO3); ticks marks are
arbitrarily spaced in order to capture the shapes of the mixing trends (esp. at low
initial % CaCOz3) but the spacing is consistent between mixing curves. (a) Bulk
nannofossil oozes (ODP Sites 1212 and 1221) plotted as blue and green circles,
respectively. Site 1262 cGENIE sedcore output (curves in red/green; blue/orange)
shown for PETM-specific carbon flux scenarios (Gutjahr et al., 2017; Gibbs et al.,
2016), respectively, and the two Ca isotopic fractionation factor-water chemistry
relationships, described in the text. The cGENIE output has different delta values
due to differences in the initial, pre-event steady state for each C flux scenario. In
(b), blue and green curves indicate CrunchTope simulations described in the text;
dashed lines indicate the effects of numerical mixing on the solid (see SI Section S2
for details). The green curve indicates “1221-like” conditions (k=5-10-11 mol/m?/s;
sedimentation rate=10 m/Ma), while the blue curve indicates “1212-like” conditions
(k=1-10-' mol/m?/s; sedimentation rate=10 m/Ma). In (b), arrows indicate the
initial lithology at the seawater-sediment interface (i.e., the upper 11 and 25 cm at
Sites 1212 and 1221, respectively) at the beginning of the simulations and the
primary burial lithologies assumed in the 1212- and 1221-like simulations (see
Tables S1 and S2 for additional reactive transport modeling details).
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Figure 4 — cGENIE sedcore model output for three carbon flux scenarios: (a)
Gutjahr etal. (2017), (b) Cui etal. (2011), and (c) Gibbs et al. (2016). All
temperatures, alkalinities, and aqueous concentrations, including the relative

saturation state (Qcalcite ()/Qcarcite (to)), are those of bottom water at a given site. The
weight percent CaCOs is the concentration of calcite that is buried. Thirty-five sites
spanning the global ocean, indicated by each of the colored curves, are plotted; the
locations of each are shown in Fig. S1.

Figure 5 — cGENIE sedcore model output for the Gibbs et al. (2016) scenario at grid
location 1607 (ODP Site 1262). The weight % CaCOs, carbonate 6**Ca (%o), and
carbonate 3'3C (%o0) are shown.

Figure 6 — CrunchTope model output for calcite saturation state over the three-step
overshoot perturbation detailed in Table S2. The two sets of curves refer to different
rate constants assumed for calcite precipitation, which vary by a factor of ten in this
example. Both the initial and burial porosity are assumed to be 0.75 in the
simulations shown.

Figure 7 — Site 1221-like and Site 1212-like CrunchTope simulations over a PETM-
like overshoot (see SI for details of simulation boundary conditions). In the
simulations, precipitation is permitted but neither bulk mineral dissolution nor
recrystallization are permitted. Site 1221-like: (a) schematic of initial sedimentary
system (i.e., prior to alkalinity overshoot initiated at upper boundary) and burial
lithology during overshoot (arrow), (b) *4Ca of bulk solid and pore fluid, (c) %
CaCOs3, and (d) comparison of results assuming a range of rate constants and a burial
rate of 25 m/Ma instead of 10 m/Ma. Site 1221-like: (e) schematic of initial
sedimentary system (i.e., prior to alkalinity overshoot) and burial lithology during
overshoot (arrow), (f) 8*4Ca of bulk solid and pore fluid, and (g) % CaCOs. (h)
Secular variability in calcite saturation state (Q2) and pH at the upper boundary of
the model domain, as constrained by the cGENIE simulations. Data points in (d) are
the Site 1221 bulk carbonate 6*4Ca values from Griffith et al. (2015).

Figure 8 —Site 1221-like (a) 6*4Ca, (b) % CaCOs3, and (c) schematic and Site 1221-
like (c) 8*4Ca, (d) % CaCOs3, and (f) schematic from CrunchTope simulations with
bulk recrystallization enabled. Data points in (a) are the Site 1221 bulk carbonate
d**Ca values from Griffith et al. (2015).

Figure 9 — cGENIE model output for three carbon flux scenarios: (a) Gutjahr et al.
(2017), (b) Cui etal. (2011), and (c) Gibbs et al. (2016). For each scenario, we show
the atmospheric CO2 concentration over the event, the sedcore bottom water 02(aq)
output at a range of sites throughout the global ocean (indicated in Fig. S1), and
spatial maps of relative oxygen concentration in both the 2756.6 meter mid-depth
interval and a longitudinal cross-section. Relative 0z(aq) concentrations are
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calculated by normalizing minimum O2(aq) by initial Oz2(aq) concentrations (i.e., at
0.5 or 10 ka, depending on the model scenario).

Figure 10 — Reactive transport simulation of acetotrophic sulfate reduction over a
(a) PETM-like perturbation in which saturation state relative to calcite, pH, and
aqueous oxygen concentration vary (see Table S3 for simulation details); the initial
condition set in the column is indicated at t=0, while the time interval over which an
initial steady state is reached is indicated by the dashed line. Plotted model output
includes: (b) sulfate reduction rate (mol/kg water/year), as well as pore fluid (c)
pH, (d) aqueous oxygen concentration (mol/kg water), (e) saturation state relative
to calcite (Qcalcite), and (f) volume fraction (%) of calcite in the modeled 1-D section.
The colored curves reflect the model output at the times indicated in (f); the model
is first run to a steady state sulfate reduction rate over 8 ka, then perturbed to lower
pH values and lower Oz(aq) concentrations in three pulses (6.5, 4.6, and 8.9 ka). The
timing and bottom water chemistry of the perturbation pulses is constrained by the
cGENIE model output. The vertical, red curve (~0 ka) is the initial chemistry at t=0.

Figure 11 — Mixing calculation for core data presented by Du Vivier et al. (2015)
associated with OAE 2; assumptions are shown at the bottom of the panel (also see
Fig. 3 caption for related details). The line labeled “environmental signal” is a
catchall term that indicates any process occurring in the natural system, besides
authigenesis/recrystallization. The mixing calculation was performed for
'percentage of pore space filled' in even increments, which is what the ticks marks
repesent; however, because of the way mixing works in this system, the tick marks
don't appear to be evenly-spaced in 6*4Ca-wt. % CaCO3 space.
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Calculation of Mixing Trajectories

The equations used to calculate the mixing trajectories in Fig. 3 are detailed below. The calculations
assume an initial porosity (¢), initial 5¢4Ca values for the carbonate and the authigenic endmember,
and an initial CaCO3 content (in weight percent CaCO3). The calculations simply assume that the a
proportion of the available pore space (volume, cm3) is subsequently filled with pure CaCO3 (p=2.7
g cm-3), and the resultant ¢, 644Ca, and wt. % CaCO3 calculated as a result:

100.08[g mol™!
¢init Viotar [CmS] - NCaCO3 added [mOI CaCOS] ’ 2-7[9 Ca[&g03 cm‘]3]

¢ = 3
Vtotal [Cm ]
44 44
(6 Cainit - NCaCO3 init T 6 Cagadea * NCaCO3 added)

64460,1, Ik =
“ NCaCO3 total

(maSSCaCO init 9] + masscqco added[g])
t.% CaCO,; = 3 3 -100
we.% Cal0s (T = )Veoras - 2719 sedt cm™7]

The initial mass of Ca in the sediment is calculated from the initial wt. % CaCO3 by:

3 9 CaCO03 _mol CaCO05
gsedt 100.08 g

NCaCO3 init = (1 - ¢) Viotar 2.7 9 sedt cm

The bulk sediment density is assumed to be 2.7 g cm'3, as is that of calcite, in order to simplify the
calculations.

Model Description

S1. cGENIE Earth System Modelling

cGENIE simulates the ocean-(atmosphere)-sediment cycling of a range of elements (C, Ca, P, Fe, O)
and their isotopes (where applicable), and includes a terrestrial weathering component to balance
burial loss. Both organic (Hiilse et al., 2018) and inorganic (i.e., carbonate) (Ridgwell and
Hargreaves, 2007) carbon can be buried in the model, and the composition of the sedimentary
column tracked over model time (Ridgwell, 2007), though no carbonate diagenetic processes -
besides core top dissolution - are currently simulated.

In the current study, we employ an established late Paleocene tectonic and climatic model
configuration (Ridgwell and Schmidt, 2010), with the spatial grid and locations of the relevant ODP
sites shown in Fig. S2. The modeled Ca cycle has a global CaCO3 budget based on recent Paleogene
hyperthermal studies (Kirtland Turner and Ridgwell, 2013; Gutjahr et al., 2017). In this study, the
steady state (and pre-event) global pelagic CaCOz burial rate in marine sediments is 14.4 Tmol
CaCO3 yr-1. Also consistent with these studies, we omit shallow, neritic sinks, such as is induced by
corals today. Modern continental weathering studies generally partition the atmospheric CO;
consumption during weathering between silicate and carbonate weathering in the ratio ~12 Tmol
COzyr1to 7-12 Tmol CO; yr! (e.g., Gaillardet et al., 1999; Ludwig et al., 1998; Amiotte-Suchet et al.,
2003; Munhoven, 2002. Assuming that (1) all silicate CO, consumption is associated with Ca2+ and
that for silicate weathering, 2 mol CO; are consumed for every 1 mol Caz+* released but (2) CO is
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consumed only in a 1:1 with CaCOs3 in carbonate weathering, leads to an approximate 2:3 split in
riverine Ca2+ supply between silicate vs. carbonates. We therefore partition the total 14.4 Tmol Ca2+
yr-1 supply required to balance carbonate burial into 6 Tmol yr-! from silicates, and 8.4 Tmol yr-1
derived from the weathering of terrestrial carbonates. We further assume that of the 6 Tmol yr-1 of
silicate weathering, 4 Tmol yr-! is Caz+* and 2 Tmol yr-1 is Mg2+. Because carbonate deposition and
burial is assumed only to occur in the form of CaCOs3 in the model, we prescribe a fixed 2 Tmol yr-1
hydrothermal exchange of Mg2+ for Ca2+, hence balancing the global budgets of both Ca2+ and Mg2-.
In terms of the Ca isotope cycle (Fig. S2), the 6*4Ca of weathering calcium-silicate minerals is
assumed to be 0.94 %o, with 0.60%o for the d44Ca of terrestrial carbonates (Fantle and Tipper,
2014). Hydrothermal 6#4Ca is assumed to have a *4Ca of 0.9%o (Blattler et al., 2011). Finally, we set
the fractionation factor between biogenic carbonates and seawater Ca2+ at A44Ca = -1.1%o (Holmden
etal,, 2012), but discuss and test alternative assumptions regarding the fractionation factor below.
For completeness, we include carbon isotopes in cGENIE, as described in Kirtland Turner
and Ridgwell (2016). To improve the balance of the long-term C cycle, we prescribe a fixed burial
flux of organic carbon to marine sediments of 2.57 Tmol yr-1, which is isotopically fractionated by -
30.0%o relative to the 513C of total dissolved inorganic carbon in the surface ocean. Balancing the
carbon budget then requires 8.57 Tmol yr! of volcanic CO; outgassing (813C = -6%o), and a 313C of
weathered carbonates on land of 3%o - all plausible and modern-like values. Consequently, the
mean 813C of newly deposited carbonate is that of weathering carbonates (3%o) and the geologic
carbon isotope cycle is balanced (the specific organic carbon burial flux was chosen to simplify the
C isotope budget). Carbonate and silicate weathering are both assumed to be responsive only to
global mean surface land temperature, the parameterizations of which are utilized by Berner
(1994) and Brady (1991), respectively, and described and evaluated in full by Lord et al. (2015).
The reference value for the mean annual air temperature over land for both weathering processes
is 19.0°C.
To spin up the isotope cycles in the model, we take the model spin-up from Gutjahr et al.
(2017) which lacked explicit representation of 644Ca, set the isotopic value of the dissolved calcium
in the ocean (which has a mean concentration of 18.2 mmol kg-1) to 1.92 %o (Fantle and Tipper,
2014), and then run the cGENIE model in an accelerated mode (Lord et al., 2015) for a total of 2 Ma.
The specific PETM simulations utilized a CO; emissions forcing to the atmosphere that was
identical to that of (i) Gutjahr et al. (2017), or (ii) Gibbs et al. (2016) (i.e., twice the carbon flux of
Zeebe et al,, 2009). A simulation that matched the Cui et al. (2011) carbon emissions scenario was
also run, though did not include Ca isotopes. Control scenarios that had no carbon forcing, as well as
no change in Ca isotopic fractionation factor, were also conducted. All experiments were run
following the spin-up for 200 ka from the start of PETM onset.

S2. CrunchTope modeling of sedimentary diagenesis

The multicomponent reactive flow and transport code CrunchTope (Druhan et al,, 2013; Steefel et
al, 2014) was used to simulate diagenetic reactions in the sedimentary column. CrunchTope
considers both thermodynamics and kinetics, and includes a solid solution model for simulating
isotopic exchange (accessed using the ISOTOPE block in the input file); the solid phase may either
back-react (‘bulk’ option in the ISOTOPE block) or be unreactive (‘none’ option). The means by
which recrystallization is simulated is described in Section 1.3 of Druhan et al. (2013). Mineral
reaction rates are parameterized as transition state theory-like (TST) rate laws, in which rate
constants, surface areas, chemical affinity dependencies, and saturation state may all be considered.
Rate laws may be ‘dissolution only’ or ‘precipitation only’, in which cases precipitation or
dissolution, respectively, are suppressed. Monod, as well as irreversible, rate formulations are also
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available (see below). Modeled transport may be diffusive or advective, and diffusion may be
considered on a species-by-species basis.

The modeled sections presented herein were assumed to be influenced only by diffusion,
and species-specific diffusion coefficients were employed (at T=13°C; Table S1; Tables 4.3, 4.7, and
4.8, Eqns. 4.4, 4.57,4.58, and 4.59 - P=1000 bar, S=35 permil where appropriate - in Boudreau
(1997); aqueous silica from Rebreanu et al. (2008); glucose from Ribeiro et al. (2006)), and a
cementation exponent (m: Dg.q; = ¢~™) between one and two was used. Burial rates varied
between ~10 m/Ma and 150 m/Ma over all the simulations.

CrunchTope was used to simulate authigenic precipitation and recrystallization scenarios,
in which the saturation state, oxygen, and pH outputs from cGENIE were used to constrain the
temporal evolution of the upper boundary condition. The evolution of the upper boundary was
necessarily stepwise, and not continuous, as CrunchTope does not permit the former. Instead, we
utilized the stop-restart functionality in CrunchTope, which allowed us to change the upper
boundary condition at specific times (Table S2). The 80 ka overshoot portion of the PETM was
simulated in CrunchTope assuming two initial lithologies: carbonate-poor over the upper ~25 cm
(ODP Site 1221 analog) and carbonate-rich (ODP Site 1212 analog). The initial and burial lithologies
(i.e., volume fractions of minerals in the initial column and in the burial flux at the upper boundary),
burial rates, and porosities of the clay-rich and carbonate-rich sections are also listed in Table S2.

In addition, the extent to which the solid is assumed to be open to back-reaction was also
varied in the simulations: in some simulations, the pre-existing carbonate was assumed to be
unreactive while in others, all of the carbonate solid was assumed to be open to back-reaction with
the pore fluid. The implementation of this feature in CrunchTope is described in detail by Druhan et
al. (2013). The siliciclastic solids (kaolinite and quartz) were constrained to be unreactive over the
time scale of the simulations, while the rate constants of the carbonate solid were varied over a
range of values. Porosity, therefore, only varied as a function of the initial state and the amount of
calcite added.

The reactive transport model results presented are not steady state results (with respect to
Ca isotopes). Because burial is in operation, and the solid lithology varies with depth, the model
does not necessarily reach steady state with respect to the Ca isotopic composition of the solid and
pore fluid. In the authigenic simulations, no dissolution of the solid phase is permitted; thus, the
pore fluid does not vary with depth and could technically be described as at steady state. However,
the solid in this scenario has authigenic carbonate being added to it constantly from the upper
boundary, and is constantly being buried and moved away from the interface. Because the depth
zone over which authigenic carbonate is added to the model section is limited, and burial operates,
there are no cases in which the pore space is filled completely, which (in the absence of any removal
flux) is what would be required to reach a steady state with respect to the solid. In any given time
interval over which the chemistry of the upper boundary is constant, then, steady state is not
necessarily achieved (nor is it expected). In the recrystallization scenarios investigated, the same is
true of both the solid and the pore fluid §44Ca; again, the primary driver here is the solid
composition, which impacts pore fluid 64¢Ca via dissolution. However, the chemistry of the pore
fluid in each simulated scenario (e.g., saturation state, pH) is generally in steady state in the depth
regime over each of the three intervals.

[t should be noted that there are numerical mixing effects on the solid phase in the
CrunchTope simulations when burial is on. A variety of simulations were conducted to determine if
changing the grid spacing (i.e., dz) or burial rate could reduce the effect, but neither did. Thus, we
present the simulations with the caveat that they contain a small degree of numerical mixing in the
solid (which is pointed out in the mixing figures), similar to what would be expected due to
bioturbation.

In order to investigate the impact of variable 02(aq) concentrations at the upper boundary,
a simplified redox ladder consisting of aerobic oxidation of organic matter, denitrification, and

SI-3



Supplementary Information for Fantle and Ridgwell

sulfate reduction was simulated. In CrunchTope, the BIOMASS formulation adapts the rate scheme
for microbial reactions proposed by Jin and Bethke (2003; 2005), which are assumed to obey
Monod-type kinetics:

AGr+mAGp

m;  Kip+m; ~orthTp
rate = kygmp———2(1—e xRT [1]
mi+Knpaif Kin

where kmax is the maximum rate constant (yr-1), mp is biomass concentration, m; is concentration of
the electron donor or acceptor that controls the Monod dependence, m; is concentration of the
electron or acceptor that inhibits reaction, K is the half-saturation constant, Kj, is the inhibition
constant, AG, is the Gibbs free energy of the redox reaction, AG, is the phosphorylation potential, m
is the number of ATPs synthesized in the reaction, and y is the average stoichiometric number for
the overall reaction (Jin and Bethke, 2005). Reactions utilizing acetate as the electron donor, as well
as those using glucose as the electron donor, are shown in Table S3. Sulfide oxidation is included in
the reaction network, and its rate assumed to be described by an irreversible rate law (i.e.,, rate =
kTI; ai; Millero etal., 1987)

The Monod expression for sulfate reduction depends on total concentrations of the electron
acceptor (acetate and glucose) and sulfate, and was inhibited by both 02(aq) and nitrate
concentrations (Table S3). In the simple construct employed, concentrations of the electron donor
are maintained <100 uM over the course of the simulations but never decrease to zero. The biomass
concentration was assumed to be constant.

Maximum modeled sulfate reduction rates were <10-5 mol SOZ~kg,,},.,vear—1, which is
comparable to those in deep-sea sediments (e.g., Goldhaber and Kaplan, 1975; Canfield, 1991) and
significantly lower than continental margin sediments in which sulfate concentrations are driven to
zero over ~1 m to tens of meter length scales (rate ~ <10-2mol SOZ~ L™ 'year~?; e.g., Dale et al,,
2008).

The redox ladder model allows isotopically distinct calcium carbonate to dissolve but
precipitation is not permitted. Thus, carbonate can dissolve and buffer pH in the sediment, which is
modeled as a clay-rich sediment with 96.4% (by volume) unreactive kaolinite (log k =
1073%mol m~2s~1) and 3.6% CaCOs, the latter of which has a §**Ca value of 0.6%o on the SRM-
915a scale. Calcite dissolution rates are constrained by rate constants (10-3 to 10-5mol m~2s™1)
that generate dissolution rates that are considerably slower than those observed in laboratory
experiments at circumneutral pH (e.g., Shiraki et al.,, 2000). More appropriately, such rate constants
create a dissolution zone that is generally less than 25 cm, which is consistent with what is assumed
for chemical burndown during with the PETM.
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Supplemental Tables

Table S1: Diffusion coefficients used in CrunchTope TRANSPORT block.

Species name in CrunchTope input file

Diffusion coefficient 2

[m?/yr]

H+ 0.23531
Na+ 0.03129
Cl- 0.04823
OH- 0.12653
Mg++ 0.01672
Sr++ 0.01857
Ca40++ 0.01869
Cad4++ 0.01869
NH4+ 0.04624
NO3- 0.04525
Acetate 0.02480
Acetic_acid(aq) 0.02789
S04-- 0.02490
HCO3- 0.02723
CO3-- 0.02181
Al+++ 0.01585
CO2(aq) 0.04255
NH3(aq) 0.04952
N2(aq) 0.04019
02(aq) 0.05385
H2S(aq) 0.03984
HS- 0.04356
H2(aq) 0.04522

Relevant TRANSPORT block inputs Value/range Comments

space_units meters

time_units years

Diffusion coefficient of any species w/

calculate_diffusion 0.020 missing D_25 entry

cementation_exponent 1.0-2.0

dispersivity 0.0

a - Diffusion coefficients were calculated at 13°C using the following references: Tables 4.3, 4.7, and 4.8, Eqns.
4.4,4.57,4.58, and 4.59 - P=1000 bar, S=35 permil where appropriate - in Boudreau (1997); aqueous silica

from Rebreanu et al. (2008); glucose from Ribeiro etal. (2006).
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Table S2: Summary of conditions associated with CrunchTope reactive transport modeling.
‘low Oz2(aq)’ runs — 20 ka a

Input file Diss-1 Diss-2 Diss-3
Parameter restart file restart file
Variable in time
Upper boundary Qb 0.92 0.70 0.84
Column Qb 1 nac¢ nac¢
Temperature * 13°C 13°C 13°C
pH (initial column) 7.50 nac¢ nac¢
pH (upper boundary) 7.33 7.17 7.10
02(aq) uM 140 50 160
Time interval 6.5 ka 4.6 ka 8.9 ka
Constant in time
Column height/dz 10 m/0.1 m Mineral specific surface area 1m2/ge
Lower boundary state open/closed
Initial porosity 0.65 Ca isotope-specific
Burial porosity 0.65 Pore fluid 44Ca (initial) 1.9%o0
Burial lithology 3.6% CaCOs3 Bulk solid &44Ca (initial) 0.6%o0
Burial rate 10-60 m/Ma  Solid 844Ca (burial) 0.6%o0
Diffusion coefficients d AT,) Qldiffusion 1.000
Time step (max) 1 year Olprecipitation 1.000
Time step (init) 10-14 year Oldissolution 1.000
‘authigenic precipitation’ runs — 80 ka
Input file Precip-1 Precip-2 Precip-3
Parameter restart file restart file
Variable in time
Upper boundary Qb 1.08 1.20 1.05
Column Qb 1 nac¢ nac¢
Temperature * 13°C 13°C 13°C
pH (initial column) 7.26 nac¢ nac¢
pH (upper boundary) 7.26 7.36 7.46
02(aq) uM na na na
Time interval 16 ka 24 ka 40 ka
Constant in time
Column height/dz 2m/0.01m Mineral specific surface 1m2/ge
area
Initial porosity 0.75 Burial porosity 0.75
Initial lithology (1212-like) Initial lithology (1221-like)
Upper 11 cm 80% CaCOs3 Upper 25 cm 1% CaCOs
Lower 189 cm 93/96% CaCOs3 Lower 175 cm 40/65% CaCOs
Burial lithology (1212-like) 95% CaCOs3 Burial lithology (1221-like) 82.5% CaCOs
1% CaCOs3
Lower boundary state closed Time step (init) 10-14 year
Burial rate 5-150 m/Ma Time step (max) 1 year
Diffusion coefficients d AT,0)
Ca isotope-specific
Pore fluid §44Ca (initial) 1.9%o0 Qudiffusion 1.000
Bulk solid 644Ca (ll’lltlal) 0.6%o0 Olprecipitation 1.000
Solid 844Ca (burial) 0.6%o0 Oldissolution 1.000

a - ‘low Oz(aq)’ do not consider a precipitating carbonate phase, only a dissolving phase with a fixed isotopic composition of 0.6%o.

b - Saturation state with respect to pure calcite.

¢ - ‘na’ indicates geochemistry picked up from end of previous simulation (i.e., during restart).

d - See Table S3 for diffusion coefficients used.

e - Specific mineral surface area the same for all minerals in simulations.

* - Over entire model domain; temperature (T) is not dynamically updated in CrunchTope, so no temperature perturbation is applied in
the reactive transport simulations. The assignment of temperature impacts diffusion coefficients and equilibrium constants. In the
‘low 02(aq)’ runs, the impact of T on equilibrium constants was not considered.
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Table S3: Parameters used in aqueous kinetic database utilized in CrunchTope. All reactions are
written for one electron (e) transferred.

Aerobic oxidation log Ka
e~donor = acetate: ~CH;C00~ + iOZ(aq) © iHCO; +ipt 18.3437
e~ donor = glucose: iC6 Hi,06 + iOZ (aq) © iHCO; + iHJr 19.6922
Type Khair Kin kmax bq® ¥
MonodBiomass Total acetate: 1e-03 none 1 2 1
02(aq): 1e-03
Denitrification log Ko
- - .1 -2 iyom 1 2ipgro L 1 -4 L
e~ donor = acetate: ~CH;C00~ + S NOs + 40H % H,0 + 4HC03 +35 N,(aq) 17,5697
e~ donor = glucose: iC6 Hy,04 +%N03_ © %HZO +iHC03_ + %Nz(aq) +%HJr 18.9183
Type Khair Kin Kmax bq® ¥
MonodBiomass Total acetate: 1e-03 02(aq): 1e-06 1 2 1
NO; (aq): 1e-03
Sulfate Reduction log Ko
e~ donor = acetate: lCH3C00_ + 1504_ © iHCO; +1HS™ 1.0541
e~ donor = glucose: iC6 H,,04 +1504_ o iHCO; +1HS™ +1H* 2.4026
Type Khair Kin kmax bq® ¥
MonodBiomass Total acetate: 1e-03 02(aq): 1e-06 1 2 1
502 (aq): 1to 10e-03 NO; (aq): 1e-03
Sulfide oxidation log Ko
“HS™ +50,(aq) & ~H* +=S03 17.2896
Type Dependence (and n value) k
Irreversible Total HS-(aq): 1.0 0.5
Total Oz(aq): 1.0
H+-0.16

a - log Keq values calculated using SUPCRT (Johnson et al.,, 1992).
b-bg =m - AG, (e.g, Jin and Bethke, 2003; 2005)
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Figure S1
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Figure S2
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cGENIE model output for PETM scenarios described in the text and in SI Section S1. Saturation state (Qcalcite,
i.e.,, saturation state with respect to calcite) differences between pre- and peak-PETM in the surface ocean box
(40.42 meters mid-depth) and the next, deeper water column box (127.552 meters mid-depth) for the three
scenarios run: (a-b) Gutjahretal. (2017), (c-d) Cui etal. (2011), and (e-f) Gibbs et al. (2016).
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Figure S3
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cGENIE model output for PETM scenarios described in the text and in SI Section S1. Temperature differences
between pre- and peak-PETM in the surface ocean box (40.42 meters mid-depth) for the three scenarios run:
(a) Gutjahr etal. (2017), (b) Cui etal. (2011), and (c) Gibbs et al. (2016).
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Figure S4
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cGENIE model output for PETM scenarios described in the text and in SI Section S1. (a) Saturation state with
respect to calcite (Qearite) in the surface ocean, and (b) the corresponding A*4Ca (%o) of the carbonate output
flux to the sedimentary column (relative to the surface ocean: 5*4Ca of sedimentation flux - 5*¢Ca of surface
ocean) at 0.5 ka simulation time (pre-event). (c) Carbonate ion concentration (uM) in the surface ocean, and
(d) the corresponding A**Ca (%o) of the carbonate output flux to the sedimentary column (relative to the
surface ocean: 8*4Ca of sedimentation flux - §*4Ca of surface ocean) at 0.5 ka simulation time (pre-event).
Carbonate ion concentration (uM) at 46 ka (peak event) relative to 0.5 ka (pre-event) at (e) 40.4204 meters
depth and (f) 127.552 meters depth. All panels refer to the Gutjahr et al. (2017) carbon flux scenario. The
equation numbers indicated in panels (b) and (d) refer to in-text equations used to constrain the Ca isotopic
composition of the output flux.
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Figure S5
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(a) Paleogeographical map with location of Site 1212 indicated, and (b) cGENIE model CaCOs3 (wt. %) output
with bioturbation and no bioturbation (orange shading indicates the zone of dissolution associated with the
PETM). Also included are model output for the 513C of the CaCO3 output flux (%o), the pCO2 of the model
atmosphere (atm), and the 813C of atmospheric CO2 (%o).
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Figure S6
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Figure S7
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(a) Calcium isotopic (6#4Ca, %o on the seawater and SRM-915a scales) and (b) carbonate concentration

(wt. %) from the Portland #1 core, as reported by Du Vivier et al. (2015), plotted as a function of stratigraphic
height (m). (c) Cross-plot of Ca isotope and CaCOs concentration data, the general trends of which are
denoted by (i) and (ii). Note that neither trend highlighted by the arrows in (c) are meant to indicate any
particular mechanism, but simply to highlight the two arrays that are present. One might, for instance,
consider trend (i) to be a function of two mechanisms, one of which controls the increase in CaCOs3 (e.g., a
decrease in clastic relative to carbonate deposition) and one of which controls the 644Ca increase (e.g.,

authigenesis).
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