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Abstract

Ensemble simulations with a regional climate model on a large domain and 30-km
resolution are used to understand why projected precipitation changes under greenhouse gas-
forcing are asymmetric across seasons in equatorial East Africa, with rainfall increasing during
the short rains (October through December) but not during the long rains (March through May).
The model captures an accurate simulation of observed East African precipitation improving
over coupled GCM simulations. Future simulations are generated by increasing atmospheric
CO; according to the RCP8.5 scenario and adding anomalies to observed SSTs as well as initial
and lateral boundary conditions derived from coupled GCM simulations.

In November, simulated rainfall rates increase by approximately one-third over much
of equatorial East Africa by the mid-21% century, and double by the end of the century. The
long rains are not significantly increased. The difference in the seasonal response is attributed
to differences in the background state. The East African short rains are greatest in November,
more than one month after the autumnal equinox, when the climatological basic state is in a
solstitial pattern. The well-defined heat low over southern Africa and the South Indian Ocean
subtropical high to its east are intensified, leading to enhanced moisture convergence over
equatorial East Africa. In contrast, the long rains are near their maximum on the vernal equinox,
with a continental thermal low centered near the equator that is insensitive to 21% century

greenhouse gas-induced changes in the subtropical atmospheric hydrodynamics.

Keywords: East Africa; East African precipitation; East Africa precipitation trends; Angola
Low; Mascarene High; South Indian high; East Africa precipitation projections; East African
climate change projections; East African long rains; East African short rains; Turkana
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1. Introduction

Precipitation over East Africa is bimodal over large regions, with a boreal spring rainy
season in March through mid-May known as the long rains, and a late-fall rainy season in
October through December known as the short rains. Some analyses of observations over the
late 20" and early 21° centuries suggest that there is a decreasing trend in rainfall during the
long rains, while other studies do not find a trend. Rainfall totals delivered during the short
rains season have increased. The implication is that these asymmetric trends are being forced
by increasing atmospheric greenhouse gas levels, but a poor representation of the East African
rainy seasons and their modes of natural variability in coupled GCMs (CGCMs) undermines
confidence in our ability to use these models for projection and attribution of change on this
regional space scale.

Here we analyze the response of the East African long and short rains to increasing
atmospheric greenhouse gases using regional climate model simulations that were performed
using a large domain — including all of Africa and the surrounding oceans - with 30-km
resolution. In the ensemble simulations, greenhouse gas forcing is applied by increasing
atmospheric COz in the model, and also by adding anomalies derived from CGCM simulations
to observed SSTs. This simulation design provides an improved simulation of the East African
rainy seasons compared with CGCMs because of the improved representation of the region’s
complex topography, realistic SST distributions, and customized physical parameterizations
choices.

Section 2 provides background on the climatology of East African rainfall, and its
observed and projected trends. In section 3 we discuss the model ensemble simulations and the
evaluation of confidence in the projections along with the observational datasets and analysis

methodology employed. Model evaluation is in section 4, followed by an analysis that explains
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why the seasonal rainfall projections for the long rains and short rains are different. Section 5

provides concluding remarks.

2. Background

East Africa stretches across 40° degrees of latitude, from the Horn of Africa (Ethiopia,
Eritrea, Djibouti, and Somalia), through the equatorial region (Kenya, Uganda, Rwanda,
Burundi, South Sudan, and Tanzania), to Mozambique and Malawi in the south. The presence
of two rainy seasons is common, especially in equatorial East Africa within 10° of the equator,
which is the focus of this paper. One rainy season, the “long rains”, typically lasts from March
through May, and the “short rains” season occurs in October through December. These rainy
seasons develop in the absence of strong meridional flow associated with the Somali jet in
Northern Hemisphere summer and its reversal in winter (Vizy and Cook 2020), contradicting
the idea that the rainfall seasonality is determined by the seasonal excursions of the inter-
tropical convergence zone.

During the long rains, onshore flow carries moisture from the South Indian Ocean that
is channeled into equatorial East Africa by the topography, and strong moisture flux through
the orographic gap known as the Turkana Channel (5°N, 36°E) supports rainfall in the interior
(Nicholson 2016; Hartman 2018; Vizy and Cook 2019). The onshore transport of high moist
static energy from the warm western Indian Ocean overcomes the divergence of the overlying
air to produce the rainy season (Yang et al. 2015). Interannual variability of the long rains is
smaller than that of the short rains. Connections to remote SST forcing during the long rains
season are weak (Ogallo et al 1988; Mutai and Ward 2000), and their prediction on seasonal
and even intraseasonal time scales exhibits low skill (Dutra et al 2013; Nicholson 2014;

MacLeod 2019).
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A number of observational studies indicate a negative trend in the long rains
precipitation, primarily over the 1980-2010 period (Lyon and DeWitt 2012; Funk et al. 2015;
Rowell et al., 2015; Maidment et al. 2015; Ongoma and Chen 2017; Cattani et al., 2018). Many
different averaging regions are used in these studies, and analyses do not agree about the causes
of the suggested decline. Natural variability, greenhouse gas increases (Williams and Funk
2011; Liebmann et al. 2014; Yang et al. 2014), western Pacific SST forcing (Liebmann et al.
2017), and the Pacific Decadal Oscillation (Omondi et al. 2013) have all been implicated.
Wainwright et al. (2019) suggest that the drying signal is associated with a shortening of the
long-rains season, consistent with the modeling study of Cook and Vizy (2013). Recent studies
suggest that the drying primarily occurred during the 1998-2009 period, was highly regional,
and did not persist into the second decade of the 21% ¢. (Wainwright et al. 2019, Cook and Vizy
2019). Kenya has experienced record-breaking spring rains recently, for example (Kilavi
2018).

Unlike the long rains, the short rains exhibit substantial sensitivity to SSTAs and, as a
result, they are more variable than the long rains (Nicholson 2014; Ndomeni et al. 2018) and
seasonal prediction may hold more promise (e.g., Lu et al. 2016). Studies of the connection
between SSTA and the short rains fall roughly into two types. In one, the intensity of the East
African short rains is related to SST gradients across the Indian Ocean, referred to as the Indian
Ocean Dipole (IOD) or the Indian Ocean Zonal Mode (I0ZM). Different authors use different
averaging periods and various means of measuring the zonal SST gradient and its variations
(e.g., Saji and Yamagata 2003, Behera et al 2005). Black et al. (2003) indicate that the
relationship is confined primarily to extreme IOZM years, which are coupled with ENSO (see
also Bahaga et al. (2019).

The other type of study finds that the sensitivity of the East African short rains to Indian

Ocean SSTs is dominated by a sensitivity to western Indian Ocean SSTAs, rather than to zonal
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SST gradient. Bahaga et al. (2015) evaluate the predictability of the East African short rains in
observations and find a dominant role for the western Indian Ocean, when warm anomalies
induce a Gill-type response to steady equatorial heating. Atmosphere-only model studies by
Ummenhofer et al. (2009) and Liu et al. (2020), with SSTAs imposed individually in various
regions of the Indian Ocean, support this result. They explicitly show that there is only weak
direct influence on the East African short rains from SSTAs in the central and eastern Indian
Ocean.

In contrast to the long rains, recent observations suggest that precipitation during the
short rains is increasing (Gebrechorkos et al. 2019). Cattani et al. (2018) examine three
satellite-based time series for 1983-2015 and find wide-spread precipitation increases in
October through December over East Africa, excepting a region over Kenya.

A poor representation of the equatorial East African rainy seasons in coupled GCMs
has been reported and analyzed (e.g., Otieno and Anya 2013; Dunning et al. 2017; Ongoma et
al. 2019), adding to uncertainty in the projections. These models simulate very weak long-rains
precipitation and produce rainfall that is too strong during the short rains season (Otieno and
Anya 2013; Yang et al. 2015; Rowell et al. 2015). Consistent with the strong connection
between East African rainfall and Indian Ocean SSTs, these studies find that inaccuracies in
the simulations of East Africa rainfall are at least partly associated with the ocean component
of the CGCMs. For example, Ummenhofer et al. (2018) use natural variability as a proxy for
evaluating responses to SSTs in a coupled GCM, and find that the modeled long rains exhibit
spurious responses to remote SST forcing such as ENSO. Atmosphere-only GCMs, with
realistic SSTs prescribed, produce improved simulations of the rainy seasons (see Fig. 5 in
Cook and Vizy 2019). With prescribed SSTs and resolution better able to accurately capture
the complex topography of East Africa, regional models also are able to improve on CGCM

simulations (Endris et al. 2013; Cook and Vizy 2013; Han et al. 2019). Additional
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improvements that include a correct simulation of the diurnal cycle of rainfall come from
convective-permitting modeling (Finney et al. 2019).

In summary, past research makes it clear that variability and trends of the long rains
and the short rains are significantly different from each other. Here we focus on greenhouse
gas-induced trends. The hydrodynamics of the changes in precipitation during each season are
analyzed using a high-resolution, ensemble modeling approach to understand the fundamental

reasons for the differences in behavior between the two rainy seasons.

3. Data and methods
3.1 Ensemble model simulations

Simulations of the late 20" century, mid-21% century, and late 21%' century created using
the Weather Research and Forecasting model V3.1.1 (WRF; Skamarock et al., 2008) are used
to project changes over East Africa due to increasing atmospheric greenhouse gas levels. A
nested-domain configuration is used, with 90-km resolution over the outer domain and 30-km
resolution over the inner domain (Figure 1). There are 32 vertical levels in the simulations,
and the top of the atmosphere is set at 20 hPa. The choice of large domain is deliberate, to
reduce the influence of lateral boundary conditions on the model’s interior solution (Cook and
Vizy, 2006).

Model parameterizations employed include the Yonsei University planetary boundary
layer (Hong et al. 2006), Monin-Obukhov surface layer, new Kain-Fritsch cumulus convection
(Kain 2004), Purdue Lin microphysics (Chen and Sun 2002), RRTM longwave radiation
(Mlawer et al., 1997), Dudhia shortwave radiation (Dudhia 1989), and the unified Noah land
surface model (Chen and Dudhia 2001). These parameterizations were tested for the time scales

and domains of these simulations, and have previously been shown to yield a realistic
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representation of the African climate (Vizy and Cook 2012; Cook and Vizy 2012; Vizy et al.
2013).

Three 20-member ensemble simulations are used. One is a control simulation, called
LATE20, which runs from 1989 to 2008 to match the last 20 years of the CMIP5 historical
runs. The twenty years of this simulation are used as a 20-member ensemble. Initial, lateral,
SST, and surface boundary conditions are interpolated and applied every 6 hours from the
National Centers for Environmental Prediction reanalysis 2 (NCEP2; Kanamitsu et al. 2002),
and atmospheric CO; is set to the average observed level of 367 ppmv for this time period.

A second 20-member ensemble, MID21, represents the mid-21% century (2041-206)
with CO2 emissions increased to 546 ppmv according to the Intergovernmental Panel on
Climate Change ARS Regional Climate Pathway 8.5 scenario (RCP8.5). While this scenario
for CO2 emissions is seen as quite steep by some energy analysts (e.g., Ritchie and Dowlatabadi
2017), we use it to produce perturbations that can be cleanly analyzed and to account for not
including emissions of other greenhouse gases such as methane. In addition to increased CO-,
mid-21% ¢. conditions are imposed by adding SSTAs to the observed values and perturbing
initial and lateral boundary conditions. All of these anomalies are derived from multiple
CMIPS simulations. This methodology was first developed by Cook and Vizy (2006) and
Patricola and Cook (2007), and it is detailed for these simulations in Vizy et al. (2013). The
use of multiple CMIP5 models reduces the dependence of the future simulation on the quality
of a single CMIP5 model as can occur when downscaling. Applying GCM-derived anomalies
to observed SSTs, rather than directly using GCM-generated SSTs, avoids propagating errors
in the simulation of SSTs into the regional model simulation and preserves a level of
independence of the regional simulation to add value to comparisons with GCM solutions.

The third ensemble, LATE21, represents 2081-2100 with CO> at 850 ppmv, and SST

and boundary-condition anomaly forcing again derived from analogous coupled CMIP5 GCM
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simulations. In the course of the model integration, deepening of the troposphere and
intensification of convection produced hydrodynamics instability on the 30-km domain, and
only 9 ensemble members could be produced. (Note that this instability in the regional model
is avoided by setting the top of the atmosphere to a lower pressure level than has been
customary.) The full 20-year integration was completed with the 90-km domain to provide a
check on the 9-member ensemble analyzed here.

Confidence in the model projections is supported by comparing the LATE20 simulation
with the observed climatology of the same period, and we are also able to include some limited
comparison with still-emerging observed trends. In addition, the ensemble simulation design
allows for the calculation of statistical significance. Finally, the analysis of the simulated
climate change trends is taken to the process level. Developing a physical understanding of the
simulated changes and their relationships to the greenhouse gas forcing allows us to evaluate

whether the perturbation to the climate is convincing.

3.2 Observational and reanalysis datasets

To evaluate the LATE20 model simulation over East Africa, observational datasets with
relatively high resolution that have been used successfully in other studies as reviewed above
are chosen. The following four observational precipitation products are used:

e NASA TRMM 3B42 V7 Precipitation (Huffman et al. 2007): A 0.25° resolution, multi-
satellite precipitation analysis (TMPA) with 3-hourly rainfall estimates between 50°S -
50°N from January 1998 to present.

e The NOAA Climate Prediction Center morphing technique precipitation V2 bias-
corrected dataset (CMORPH; Joyce et al. 2004; Xie et al. 2017). 8-km resolution
precipitation providing estimates every 30 min for 1998—present using satellite passive

microwave and infrared measurements.
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e The Climate Hazards Group Infrared Precipitation with Satellite Data (CHIRPS2; Funk
et al. 2015). Estimates are available for 1981-present at 0.05° resolution from satellite
infrared measurements from 50°S to 50°N combined with in-situ station data.

e Precipitation Estimation from Remotely Sensed Information using Artificial Neural
Networks — Climate Data Record (PERSIANN; Ashouri et al. 2015). Daily estimates
at 0.25° resolution for 1983-present based on GridSat-Bl infrared satellite data

combined with an artificial neural network trained on hourly precipitation.

Simulated atmospheric circulation and moisture fields are evaluated by comparing with
the European Centre for Medium Range Weather Forecasting ERAS reanalysis dataset (ERAS
2018). The 31-km resolution of the ERAS reanalysis is close to that of the model simulations
and produces a realistic representation of the topography and low-level circulation of the

region, including the Turkana Jet (Vizy and Cook 2019).

3.3 Moisture budget analysis

An analysis of the atmospheric water vapor budget is used to relate precipitation
anomalies in the simulations to changes in circulation and atmospheric water vapor
distributions. For the climatological average, over which the time rate of change of the specific
humidity, ¢, is zero, conservation of water mass in an atmospheric column requires that
precipitation is balanced by the combination of evaporation and the vertically-integrated

moisture flux convergence according to

(1

where P is precipitation, £ is evapotranspiration, gis gravitational acceleration, o is the

density of water, p_is the surface pressure, =~ is the horizontal wind vector, and the overbars

10
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indicate a climatological mean. We decompose the vertically-integrated moisture convergence

term into a convergence term, C, an advective term, A4, and a residual, R, defined by

| S

CZ——_J.QV'(?/-T > (2)
&P,
1 fo

A=-—[7" .. 3)
&P, 5,

and
R=P-E-C-A. 4)

R includes orographic precipitation, the effects of transient eddies, and numerical error (Lenters
and Cook 1995; Vizy and Cook 2002; Patricola and Cook 2011; Cook and Vizy 2013). The
convergence term is further decomposed into zonal and meridional convergence terms. In the

vertical integral, these terms are given by

1 % _ou
C,=———|qg—dp Q)
gp, ; Ox
and
1 +_ov
Cy=——|qg—dp. (6)
gp, ;. Oy

Moisture budget terms are also evaluated on individual pressure levels.

4. Results
4.1 Evaluation of the LATE20 simulation

Since our analysis is focused on comparing and contrasting projected changes in the
two rainy seasons that characterize rainfall seasonality over a large portion of East Africa, the

model evaluation here is largely restricted to those seasons. For additional evaluation of these

11
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simulations, please see Vizy et al. (2013), Busby et al. (2014), Vizy et al. (2015), and Han et
al. (2019).

Figure 2a displays 10-day smoothed climatological daily precipitation rates averaged
over land from 30 — 50°E and 10°S — 5°N in the LATE20 simulation and four observational
datasets. According to the observational datasets, the long rains begin in March, peak in April,
and decline in May. The short rains begin in early October, reach a maximum on November,
and decline in December. Precipitation rates in the LATE20C simulation follow a very similar
pattern. In comparison with coupled GCM simulations, for example, the LATE20 simulation
does not underestimate rainfall during the long rains, and the overestimation of rainfall rates
during the short rains much less than in the coupled GCMs.

When the averaging area is extended farther north, to 10°N, a shortcoming of the
LATE20C simulation is revealed. As shown in Fig. 2b, the ensemble simulation produces
excessive rainfall in the boreal summer months over southern Ethiopia. However, even over
this larger averaging region, the long-rains and short-rains seasons that are the focus of this
paper are well simulated.

Based on the seasonality of precipitation in the observations shown in Fig. 2, we
average March, April, and May (MAM) to evaluate the modeled distribution of rainfall during
the long rains. Figures 3a-d show seasonal-mean precipitation rates for MAM in the four
observational datasets; the LATE20C simulation precipitation climatology is in Fig. 4e. Note
that the TMPA and CMORPH datasets do not overlap for the full 20-year period of the LATE20
simulation, so only 11 years are averaged for these datasets. Strongest rainfall rates in the
observations fall over western Lake Victoria, eastern Democratic Republic of the Congo
(DRC), southeastern/coastal Tanzania, and southern Ethiopia. With the exception of the Lake
Victoria precipitation maximum, the model simulation reproduces each of these maxima, but

with rainfall rates that are unrealistically high over the DRC. The low precipitation rates

12
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simulated over Lake Victoria occur because lake temperatures in the simulation are prescribed
from the NCEP2 reanalysis, where the values are unrealistically low. Despite this local
discrepancy, the model simulation produces a reasonable simulation of the observed
precipitation maxima and the minima over East Africa.

Based on the observations shown in Fig. 2, we average October, November, and
December (OND) to evaluate the modeled distribution of rainfall during the short rains. Figures
4f - j display observed and modeled precipitation rates for OND. Note that some authors use
the traditional boreal fall mean (September-October-November) to define the short rains, but
the observations presented in Fig. 2 indicate that the rainy season does not start in the equatorial
averaging region until early October. During the short rains, the precipitation maxima over
Lake Victoria and the eastern DRC are similar to those during the long rains. Similar to MAM,
the simulation captures the maximum over the DRC with excessive rainfall rates, but does not
produce high rainfall rates over Lake Victoria.

Since a primary analysis tool used here to understand simulated changes in East African
precipitation is a decomposition of the atmospheric column moisture budget (section 3.3), the
modeled moisture budget is compared with that of the ERAS reanalysis during the two rainy
seasons. This comparison also provides insights into the implications of the too-low prescribed
Lake Victoria temperatures and precipitation rates for the larger-scale moisture advection and
convergence properties that are the focus of this study.

Figures 5a and b show MAM precipitation and evaporation rates as simulated in the
model ensemble mean, respectively, and Figs. 5c-e are the vertically-integrated atmospheric
components of the convergence (C, Eq. 3), advection (A, Eq. 4), and residual (R) terms from
the vertically-integrated atmospheric column moisture budget (Eq. 2). Figures 5f-j are the same
quantities from the ERAS reanalysis. Note that while precipitation values from reanalyses are

not as reliable as the observations shown in Fig. 4 because they depend on parameterizations,
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ERAS (Fig. 5f) reproduces the precipitation maxima observed (Figs. 4a—d). In both the model
simulation and reanalysis, evaporation rates largely reflect precipitation (and soil moisture)
distributions over land, but with smaller magnitudes. Over Lake Victoria, both precipitation
and evaporation rates are unrealistically low in the simulation in association with cool lake
surface temperatures.

The atmospheric components of the column moisture budget terms in the simulation
(Figs. 5d-e) are similar to those of the ERAS reanalysis (Fig. 5h-j). In both products C is
positive to the east of about 35°E and negative to the west (Figs. 5c and h), and the similarity
holds for the meridional and zonal components of C (not shown). R values (Figs. Se and j) are
largely opposite in sign with similar magnitudes compared with C, reflecting the important role
of orography in organizing regional rainfall over East Africa. The advection term, A, is
generally small (Figs. 5d and 1), largely due to compensation between the zonal and meridional
components (not shown).

An evaluation of the vertically-integrated moisture budget for the short rains season
(OND) also demonstrates good agreement between the modeled and reanalyzed moisture
budgets, as shown in Figure 6. These results are similar to those of Liu et al. (2020) who found
excellent agreement with the ER A-Interim reanalysis in regional model simulations of the short
rains over East Africa.

This comparison between the model and reanalysis builds confidence in the model’s
ability to correctly represent the large-scale physical processes that underlie the region’s
precipitation distributions. The comparison also shows that the discrepancies over Lake
Victoria — evident especially in the P, E, and C evaluations — are confined to the immediate

region of the lake and do not compromise the regional-scale moisture budget analysis.
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4.2 Simulated changes in East African rainfall

Figure 6 displays differences in precipitation rates averaged over East Africa (land
points only; 30-50°E, 10S -10°N) through the annual cycle for the MID21 - LATE20 (green)
and LATE21C — LATE20C (red) ensemble means. Solid lines are for the 30-km domain
ensemble means (20 members for LATE20 and MID21, 9 members for LATE21), and dashed
lines are for the 90-km domain ensemble means (20 members for all three simulations).

Differences between MID21C and LATE21C are small (less than about 0.5 mm/day)
in February through September. In mid-October, a positive precipitation anomaly grows to
greater than 1 mm/day in early December, and then steeply declines through the rest of the
month. The two 20-members ensembles from the 30-km and 90-km model domains produce
very similar results.

The intensification of the short rains is repeated in the LATE21 simulation, but with
greatly amplified magnitude. The amplitude of this anomaly is smaller in the 20-member
ensemble on the 90-km domain than in the 9-member ensemble on the 30-km domain, but in
both cases the anomaly exceeds 2.5 m/day in November. In addition, a much smaller positive
precipitation anomaly develops in boreal spring, sustained between 0.5 and 1 mm/day in the
30-km ensemble mean but barely at 0.5 mm/day in the 90-km ensemble mean in late March
and April.

We conclude that there is a robust and progressive enhancement in the short rains in
these simulations. By mid-century, the short rainy season is producing similar precipitation
rates to those in the long rains over East Africa in the model simulations, and by the end of the
century the short rains surpass the spring rainy season. In the MID21 simulation in boreal
spring, precipitation changes are small (< 0.5 mm/day). Rainfall increases occur on the higher-

resolution grid in spring, but with only 9 ensemble members and disagreement from the 20-
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member ensemble on the coarser grid, we cannot conclude that a signal is emerging by the end
of the century.

The emerging greenhouse gas-forced climate change signal provides a limited but real
potential opportunity to evaluate climate change simulations. Such a check against
observations may not always be conclusive and attributive, especially for precipitation because
of its high natural variability and the shortage (and shortness) of observational records, but a
comparison with observed change can help build confidence in simulation. Here we note that
the simulated differences in precipitation for the mid- and late-21% c. are consistent with trends
analyzed from observations as reviewed in section 2. These studies uniformly suggest that a
wetting signal in the short rains is emerging over East Africa, similar to the projections
discussed here and in Cook and Vizy (2013), while results for the long rains are uncertain.

The purpose of this paper is to explain this difference in behavior in the long and short
rainy seasons. We begin by investigating the reasons for the enhancement of the short rains,
and then compare with the long rains to understand the reasons for the differences in the rainfall
response to increasing greenhouse gases. We choose the months of November and April for
this analysis since they capture the peak responses in the model, and verify that adjacent months
are similar. Averaging over several months to form a seasonal average can distort the

dynamical responses, especially during transitional seasons.

4.3 Analysis of Short Rains Projections

Differences in the components of the vertically-integrated atmospheric moisture budget
for MID21-LATE20 are shown in Figures 7a-h in November across the equatorial East Africa
analysis domain. Positive precipitation anomalies (Fig. 7a) are widespread within about 8° of
the equator in both hemispheres, with the highest values and statistical significance along the

DRC’s border with Uganda, Rwanda, and Burundi, and over western Tanzania and eastern
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Kenya. While evapotranspiration anomalies are generally positive and statistically significant
(Fig. 7b), they do not reflect the structure of the precipitation anomalies. These structures are
more prominently reflected in the vertically-integrated moisture convergence term, which is
equal to P-E (Eq. 1), shown in Fig. 7c.

The advection term, A (Eq. 3), also produces statistically-significant differences, but
with smaller magnitudes and scattered structure. In contrast, the total moisture convergence
term, C (Eq. 2; Fig. 7d), reflects the positive precipitation anomalies over Uganda, Rwanda,
Burundi, southern South Sudan, and the western DRC as well as western Tanzania. The
wetting signal over eastern Kenya is more weakly represented.

The constituents of C, Cz (Eq. 5) and Cy (Eq. 6), are shown in Figs. 7e and f,
respectively. In general, Cz has its largest and most significant positive values to the west of
about 33°N, with significant negative values over much of Kenya. Ci opposes and overwhelms
this zonal moisture divergence over Kenya, and weakens the zonal moisture convergence over
South Sudan. The residual term, R (Fig. 7g), produces anomalies that are disorganized and not
strongly significant. It supports Cy in producing positive anomalies over Kenya (along with
evapotranspiration), but opposes Ci’s negative anomalies over southeastern Tanzania.

Comparing the moisture budget decomposition for the LATE21 simulation with that of
the MID21 simulation provides an opportunity to clarify and reinforce the conclusions from
the MID21 analysis. When an anomaly identified in the MID21 simulation is stronger and/or
more widespread in the LATE21 simulation, confidence is enhanced that this anomaly is forced
by increasing greenhouse gases (either directly or indirectly through the imposed SSTAs), even
if the anomaly is not statistically significant in the MID21 case. However, it is always important
to remember that the response to increasing greenhouse gas levels is not necessarily linear.

LATE21-LATE20 anomalies for the components of the vertically-integrated moisture

budget are shown in Figs. 71 — p; the 9-member ensemble at 30-km resolution is used. Positive
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precipitation anomalies are stronger, more widespread, and of higher statistical significance
compared with the MID21 simulation (compare Figs. 7a and i). The similarity in sign and
structure of these anomalies adds confidence to the projection of an intensification of the short
rains by mid-century.

Each of the components of the vertically-integrated atmospheric moisture budget has
anomalies that are similar in structure, but larger significance and magnitudes, to the anomalies
for MID21. This indicates that the physical processes responsible for the precipitation at mid-
century are the same for the late-21%-century.

In summary, both at mid-century and the end of the century, increases in the short rains
are primarily associated with differences in the atmospheric hydrodynamics, enhanced but not
caused by the increases in evaporation that accompany surface warming. The convergence term
(Eq. 2) produces nearly all of the anomaly. The zonal and meridional convergence terms, Cz
(Eq. 5) and Cuy (Eq. 6), are of opposite sign over much of Kenya but the largely-positive Cy
dominates. Cz and Cy are both positive and contribute to rainfall increases over Tanzania,
except in the southeast corner where Cu is negative. West and north of Lake Victoria, Cz and
Cwm have opposite signs, with the larger values of Cz producing rainfall increases.

The vertically-integrated components of the column moisture budget and their
anomalies are well represented by the low-level fields where the specific humidity, q, is large.

Figures 8a and b show climatological specific humidity and moisture flux (¢ ) vectors from

the LATE20 simulation at 850 hPa and 925 hPa, respectively. Several important features
emerge; the hydrodynamics for this region is complicated. One feature is the northeasterly
moisture flux across the Horn of Africa and its westward curvature along the equator at both
850 and 925 hPa. At the lower level, the flux is easterly along the entire coast from 10°S to
5°N. At both levels, the westward turning of this northeasterly moisture flux impinges on the

topography and carries moisture through the Turkana Channel (near 5°N and 37°E) to sustain
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rainfall over South Sudan (Vizy and Cook 2019). West of about 35°E, the moisture flux is
weaker than along the coast. It is northeasterly in the Northern Hemisphere, northwesterly in
the Southern Hemisphere, and small along the equator.

Differences in specific humidity and moisture fluxes at 850 hPa and 925 hPa for
MID21-LATE20 are shown in Figs. 8c and d. The northeasterly moisture flux across Somalia
and eastern Ethiopia seen in the full field (Fig. 8a) is about 10% stronger in the MID21
simulation at 850 hPa, but not at 925 hPa. Moisture transport through the Turkana Channel is
enhanced at both levels, primarily in association with enhanced onshore flow in the Southern
Hemisphere. The curvature of this flow from southerly to easterly over Kenya explains the
partial compensation between Cz and Cy in this region (Figs. 7f and g). Zonal moisture
convergence north of Lake Victoria occurs when the enhanced southeasterly flux through the
Turkana channel converges with an enhanced southwesterly flux over the northeastern DRC
and South Sudan.

West of about 35°E, the moisture flux anomalies are easterly along the equator at both
levels. They bifurcate around the topography generating the southeasterly anomalies to the
north, and northeasterly anomalies to the south. The easterly anomalies along the equator
impinge on the topography to enhance zonal moisture convergence and precipitation to the
west of Lake Victoria.

As seen in Figs. 8e and f, specific humidity and moisture flux anomalies at 850 hPa and
925 hPa in the LATE21-LATE20 differences have a similar structure, with larger magnitudes,
to the MID21-LATE20 differences (Figs. 8c and d). Even more apparent at late century is that
there is little enhancement of the northeasterly moisture flux across the Horn of Africa, despite
the prominence of this flux in the climatological moisture budget (Figs. 8a and b).

To understand the dynamics of the regional moisture flux anomalies and their

relationship to the greenhouse gas forcing factors, we examine geopotential height and wind
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fields on a larger space scale. Figures 9a and b display 850-hPa and 925-hPa horizontal wind
vectors and geopotential heights for November in the LATE20 ensemble mean. High
geopotential heights cover the Sahara and Arabian Deserts, characteristic of the boreal winter
climatology. In the Southern Hemisphere, the continental thermal low — the Angola low - is
centered near 15°S and 20°E with relatively low geopotential heights extending northward to
about 5°N. South of about 20°S, the continent is flanked by subtropical highs over the South
Atlantic and South Indian Ocean.

Despite the fact that the East African short rains are often described as occurring during
the boreal fall, the season does not begin until October and extends through December (Fig. 2).
Most importantly, the large-scale environment in November — the height of the short rains
season - is in a characteristic solstitial pattern with summer in the Southern Hemisphere and
winter in the Northern Hemisphere (see the geopotential height configuration shown in Figs.
9a and b). One exception is the northward extension of low geopotential heights from the
Angola low to the equator — the presence of low geopotential heights centered on the equator
is typical of an equinoctial pattern. As seen in Fig. 2, the short rains are at a maximum more
than a month after the autumnal equinox, and rainfall does not even begin to increase until after
the equinox on or about 21 September. In contrast, the long rains are near their maximum on
the date of the vernal equinox (approximately 20 March).

Figures 9a and b indicate that the climatological northeasterly moisture flux across the
Horn of Africa seen in Figs. 8a and b is due to the approximately geostrophic flow between
high geopotential heights to the northwest over the Sahara and Arabian Peninsula, and low
geopotential heights to the southeast over the equatorial western Indian Ocean. Within about
5° of the equator, with small Coriolis accelerations, the flow curves westward down the

geopotential height gradient.
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Farther south along the east coast, anticyclonic flow about the South Indian subtropical
high (the Mascarene high) meets the cyclonic flow about the Angola low. This interaction is
typical of the land-based convergence zones that develop in the Southern Hemisphere in
summer, in particular the South Indian convergence zone (SICZ; Cook 2000, Lazenby et al.
2015).

Differences in winds and normalized geopotential heights at 850- and 925-hPa are
shown in Figs. 9c and d, respectively, for MID21-LATE20. Normalized geopotential heights
are calculated by subtracting the domain-averaged geopotential height anomaly from the local
anomaly. Since geopotential heights increase throughout the domain in the future simulations,
normalizing clarifies the relative changes in geopotential heights that are associated with the
wind anomalies.

At 850 hPa and 925 hPa, the summer hemisphere thermal low and the Mascarene high
are both stronger in the mid-century simulation. In addition to strengthening, the Mascarene
high moves poleward and westward; the largest positive anomalies are near 20°S in the MID21
simulation while the center of the high is at 33°S in the LATE20 simulation. North of about
5°S, normalized geopotential height are lower in the Indian Ocean equatorial trough. These
differences in the equatorial trough and Mascarene high increase the negative meridional
geopotential height gradients in the western Indian Ocean between 15°S and 5°S, and increase
the onshore — largely geostrophic - flow and moisture flux across the East Africa coast. This
mechanism for climate change is consistent with observations of climate variability, since the
position and strength of the Mascarene High has been observed to affect the timing and
intensity of the East African short rains (Manatsa et al. 2016).

The enhanced moisture flux through the Turkana Channel and the southwesterly
moisture flux anomalies that lead to precipitation increases north of Lake Victoria are both

related to negative geopotential height anomalies over the eastern Sahara. These anomalies
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represent a weakening of the wintertime high geopotential heights over the land surface. The
zonal moisture flux and convergence anomalies that support precipitation increases west of
Lake Victoria are associated with westerly flow anomalies along the equator that are associated
with the negative geopotential height anomalies over the eastern Sahara and, to a lesser extent,
southern Africa.

Note that even though the northeasterly flow over the Horn of Africa is weaker in the
MID21 simulation, as indicated by the southwesterly wind anomalies in Figs. 9c and d,
increases in specific humidity compensate for the weaker winds so the moisture flux
differences in this region are small (Figs. 9c and d).

The same patterns in normalized geopotential height and moisture flux anomalies occur
in the LATE21-LATE20 differences (Figs. 9¢ and f), but with larger magnitudes that support
the larger precipitation enhancements projected for the end of the century (Fig. 8).

In summary, for both the mid- and late-century simulations, enhancements in the short
rains are primarily associated with differences in the vertically-integrated moisture
convergence. Decomposing the vertically-integrated moisture convergence shows that the
differences are related to low-level circulation anomalies that are associated with a
strengthening of the Southern Hemisphere (the summer hemisphere) thermal low/subtropical
high pattern and a weakening of high geopotential heights over the eastern Sahara. The final
step is to relate these influential geopotential height anomalies to the climate forcing factors.
In the simulations, these are the direct effects of increasing atmospheric CO> and the indirect
effects of increasing atmospheric CO; due to the imposed SSTAs.

Figures 10a and b display November surface temperature anomalies for the MID21-
LATE21 and LATE21-LATE20 simulations, respectively. For the MID21 simulation, SSTAs
are 1-2 K in the eastern Atlantic and western Indian Ocean. They are 2 — 3.5 K in the LATE21

simulation. Warming anomalies are fairly uniform across land and ocean surfaces deep in the

22



535

536

537

538

539

540

541

542

543

544

545

546

547

548

549

550

551

552

553

554

555

556

557

558

559

tropics, within about 6° of the equator, while subtropical latitudes feature land surface warming
anomalies that are 2 or 3 times greater than the SSTAs at the same latitude. Two exceptions,
however are SSTAs in the Red Sea and Persian Gulf. North of 15°N, Red Sea temperature
increases are similar to those of the surrounding land surfaces. While these SSTAs are
prescribed from an average of CGCM simulations as described in section 3, recent observations
of warming trends suggest that these elevated SSTAs are reasonable. For example, Chaidez et
al. (2017) estimate that the Red Sea is warming at a rate of 0.17 K/decade on average, with
amplified warming rates of 0.30-0.45 K/decade the north of 23°N. In comparison, the warming
rate for the global oceans is estimated at 0.11 K/decade. Consistent with amplified warming
over the Red Sea, temperature increases in the eastern Sahara are higher than those in the
central and western Sahara. The result is a shift of atmospheric mass to the west and positive
geopotential height anomalies over the eastern Sahara.

In the Southern Hemisphere subtropics, the enhanced intensity of the Angola low and
the Mascarene high occur because land surface temperatures (which are calculated in the land
surface model as a response to the surface heat balance) increase more than SSTs south of
about 8°S. This warming pattern shifts mass from the vertical column over southern Africa to
intensify both the thermal Angola low and the Mascarene high. This result is physically
meaningful and expected due to the lower heat capacity of the relatively dry subtropical land
surface compared with the ocean. The South Atlantic subtropical high does not intensify.
Rather, it is observed to be shifting eastward in response to SSTAs in the western South

Atlantic and an adjustment of the South Atlantic convergence zone (Vizy et al. 2018).

4.3 Analysis of Longs Rains Projections
The April monthly mean is used to evaluate differences in the long rains season as

greenhouse gases increase. Figures 11a-h show differences in the components of the vertically-
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integrated atmospheric moisture budget for MID21-LATE21. Consistent with Fig. 6, and in
contrast with the November case (Fig. 7a), significant precipitation differences are not
simulated for mid-century. Evapotranspiration anomalies (Fig. 11b) are widespread and
significant in some regions, consistent with surface warming. Differences in P-E are small (Fig.
11c¢) but similar to the precipitation anomalies, and advection term anomalies are small (Fig.
11d). While some significance emerges in the convergence term differences (Fig. 11e), there
are no coherent patterns. As seen in Figs. 11f and g, C. and C,» anomalies exhibit larger-scale
coherence, but they are largely in opposition. The residual, R in Fig. 11h, produces scattered
regions of significance that are opposite in sign to C (Fig. 11e).

At the end of the 21 century, increases in precipitation are widespread over Kenya and
most of Tanzania, but very little statistical significance emerges (Fig. 11i). The other
components of the moisture budget anomalies in the LATE21 simulation (Figs. 11j-p) are
similar in most respects to the MID21 simulation, but coherent regions of statistical
significance do not emerge.

What accounts for the difference in the April and November responses? One possibility
is that the surface temperature response is different in the two months. Figures 12a and b show
differences in the April surface temperature for MID21-LATE20 and LATE21-LATE20,
respectively. The surface temperature differences are quite similar in April and November
(compare with Fig. 10). The most notable differences include a slightly warmer central
equatorial Africa in April and, for the LATE21 differences, smaller temperature differences
over southern Africa and the Red Sea region.

The more important difference between November and April is the background (basic
state) circulation. Figures 13a and b show geopotential heights and wind vectors from the
control climatology (LATE20) for April at 850 hPa and 925 hPa, respectively. This is an

equinoctial pattern and not a solstitial pattern as occurs in November (Figs. 9a and b). The
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thermal low is centered near the equator, and the Mascarene high extends farther west and onto
the continent in the absence of the Angola low. High geopotential heights over northern Africa
are weaker than in November as the region transitions to the summer pattern with a thermal
low in place over the Sahara and Arabian Deserts. In particular, the circulation features that
were perturbed by the CO-related forcing to cause November precipitation increases in
equatorial East Africa are absent in the April base state (LATE20). There is no Angola low
present to strengthen and interact with a stronger Mascarene high, and no flow from the west
along the equator.

Circulation and normalized geopotential height anomalies for April in the MID21 case
(Figs. 13c and d) are small across the tropics. There is weak large-scale wind and moisture (not
shown) divergence from 10°S to the equator associated with anomalous easterlies to the west
and anomalous westerlies to the east, but the associated moisture flux divergence is
compensated for by an anomalous southerly flux of moisture associated with an advanced
formation of the zonal branch of the Somali jet.

While the circulation and geopotential height anomalies for the MID21 and LATE21
are similar in November (Figs. 9c-f), differing only in magnitude, the same is not true for April.
Warming in the subtropics of both hemispheres becomes large enough in the LATE21
simulation to produce anomalous lows in the normalized geopotential height fields. In the
Southern Hemisphere, the LATE21 April anomalies resemble those for November for both the
MID21 and LATE21 cases. However, the associated wind and moisture flux (not shown)
anomalies are small and superimposed on a very different base state, and they do not lead to

precipitation enhancements.
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5. Summary and Conclusions

Ensemble simulations of the late 20 century (1989 to 2008), mid-21* century (2041-
2060), and late 21 century (2081-2100) climate over equatorial East Africa at 30-km
resolution are analyzed. Future simulations are created by increasing atmospheric CO» levels
in a regional model according to the RCP8.5 emissions scenario, and adding anomalies to
observed SSTs and lateral boundary conditions derived from coupled GCM (CMIPS)
simulations. The control simulation produces an accurate simulation of observed East African
precipitation and atmospheric hydrodynamics of the late 20" century, including rainfall
amounts and their seasonality. This improvement over CGCM simulations, which generally
fail to capture the long rains and over-produce short rains, is attributable to the selection of
physical parameterizations to optimize the regional simulation, the improved accuracy of SST
distributions, and the higher horizontal resolution that provides a more accurate representation
of the region’s complex and influential topography, including the Turkana Channel. Of
particular relevance for the East African climate is a more accurate depiction of the complex
and influential topography, including the Turkana Channel.

The twenty-first century rainfall projections over equatorial East Africa indicate that
rainfall will increase during the short rains season (October through December) but not during
the long rains season (March through May). These projections are consistent with current
observations. The purpose of this paper is to understand the reason for the seasonal asymmetry
in the response.

In the model simulations for November, representing the short rains, rainfall rates
increase by approximately 30% over a large portion of equatorial East Africa (10S-10°N; 30°E-
50°E) by the mid-21* century, and by about 100% by the end of the century. An analysis of the
atmospheric column moisture budget attributes these increases to differences in the low-level

wind convergence in a moist environment rather than changes in evapotranspiration or
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moisture gradients. Amplified warming over summer hemisphere land compared with the
adjacent oceans amplifies the Angola low and the Mascarene high, increasing the onshore
easterly flow and moisture flux across the East Africa coast. Rainfall is enhanced when the
anomalous flow impinges on the East African topography, and the moisture flux through the
Turkana Channel is also strongly enhanced. The southeasterly flux through the Turkana
Channel converges with westerly anomalies that are associated with a weakening of high
geopotential heights over the eastern Sahara to support precipitation increases west of 35°E.
Amplified SSTAs in the Red Sea are associated with temperature increases in the eastern
Sahara that are higher than those in the central and western Sahara, shifting atmospheric mass
to the west and leading to the weakening of high geopotential heights over the eastern Sahara.
This thermal response to increasing atmospheric greenhouse gases is physically meaningful
and expected due to the lower heat capacity of the relatively dry subtropical land surface
compared with the ocean, lending confidence to the precipitation projections.

The long rains are not amplified at all in the mid-21* c. simulation, and they are only
slightly stronger in the late-21st c. simulation. This is consistent with recent research which
shows that a low period in the long rains from approximately 1998-2009 may not represent a
greenhouse gas-forced trend in long-rains precipitation rates (see Fig. 1a in Wainwright et al
2019 and Fig. 4 in Cook and Vizy 2019), and also with studies of variability on intraseasonal
to interannual time scales that find the long rains are less sensitive to remote SST forcing than
the short rains (e.g., Ogallo et al. 1988; Mutai and Ward 2000; Dutra et al 2013; Nicholson
2014; MacLeod 2019).

The fundamental reason for the seasonal asymmetry in the response to increased
atmospheric CO2 over equatorial East Africa, with strongly enhanced short rains and little
response in the long rains, is the background state that is perturbed by greenhouse-gas forcing.

While the East African short rains are usually described as occurring during the boreal fall, the
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maximum is in late fall, or even early winter (Fig. 2). During November, which is the short-
rains maximum, the climatological basic state is a characteristic solstitial pattern with summer
in the Southern Hemisphere and winter in the Northern Hemisphere (Figs. 9a and b). The short
rains are at a maximum more than one month after the autumnal equinox, and rainfall does not
even begin to increase until after the equinox on or about 21 September. In contrast, the long
rains are already near their maximum on the date of the vernal equinox (approximately 20
March), and the background state is an equinoctial pattern with a continental thermal low
centered near the equator (Figs. 13a and b). Unlike the November case, this equinoctial pattern
deep in the tropics is not connected with or strongly perturbed by changes in the subtropical
atmospheric hydrodynamics.

With a basic state climate that validates well, producing accurate simulations of both of
East Africa’s rainy seasons as well as the regional circulation systems, these simulations and
projections represent an improvement over GCM simulations. One reason is that the 30-km
resolution used here allows for a more accurate representation of the region’s important
topography, including the Turkana channel which is crucial for the hydrodynamical response
to CO2 increases. Another reason for the improvement compared with GCMs is the choice of
physical parameterizations that work well over Africa. Without these improvements in
modeling the climate of East Africa, the analysis of the asymmetrical response to greenhouse
gas-forcing would not be as reliable.

In addition to the relative accuracy of the simulated late 20" c. climate, further
confidence in the results derives from the ensemble simulation design which allows for the
calculation of statistical significance. The emerging greenhouse gas-forced climate change
signal has also been used to provide verification, albeit limited at this time by the combination
of natural variability and observational constraints. Finally, delving into the dynamics of the

precipitation response, relating the simulated differences in rainfall to changes in atmospheric
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circulation and moisture and, finally, to the direct and indirect forcing factors (atmospheric
CO2 increases and SSTAs, respectively) builds further confidence in the projections.
Confidence in projections is a crucial issue because the simulated changes in the short rains are
quite large and will require infrastructural adaptation to avoid the severe socioeconomic

consequences that accompany flooding, crop spoilage, and soil nutrient run off.
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Figure Captions

Figure 1. Nested domains for the regional climate model simulations with topography (m)
shaded. The outer domain has 90-km resolution, while the inner domain (purple box) has 30-

km resolution.

Figure 2. 20-day running mean of precipitation in the LATE20C 30-km simulations (blue),
TRMM (green), CHIRPS2 (red), PERSIANN (black), and CMORPH (orange) averaged over

(a) 30 to 50°E and 10S to 5°N and (b) 30 to 50°E and 10S — 10°N.

Figure 3. MAM precipitation climatologies (mm/day) from (a) TMPA, (b) CMORPH, (c)
CHIRPS2, (d) PERSIANN, and (¢) LATE20. OND precipitation climatologies (mm/day) from
(f) TMPA, (g) CMORPH, (h) CHIRPS2, (i) PERSIANN, and (j) LATE20. Years averaged are
indicated for each panel. White regions indicate rainfall rates below 1 mm/day and, in (c) and

(d), missing data over the ocean.

Figure 4. Moisture budget terms from LATE20C and ERAS5 during the long rain months
(March — May). Panels (a) — (e) display the moisture budget terms: P —precipitation (a), E —
evaporation (b), C — vertically integrated moisture convergence (c), A — vertically integrated
moisture advection (d), and R — residual (e), for LATE20C model output. Panels (f) — (j) are

the same terms calculated in the ERAS reanalysis.

Figure 5. As in Fig. 4, but averaged over the short rain months (October — December).
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Figure 6. 20-day running mean precipitation differences for MID21C-LATE20C (green) and
LATE21C-LATE20C (red) in the 30-km simulations (solid) and 90-km simulations (dashed).

All values are averaged over land points from 30-50°E and 10S-10°N. Units are mm/day.

Figure 7. Differences in (a) precipitation, (b) evapotranspiration, (c) precipitation —
evapotranspiration, (d) moisture advection term, (e) moisture convergence term, (f) zonal
moisture convergence term, (g) meridional moisture convergence term, and (h) residual term
in the moisture budget in November for MID21-LATE?20. (i) - (p) are the same as (a) - (h) but
for the LATE21-LATE20 differences. Units are mm/day. Black (purple) stippling denotes

values that are statistically significant at the 90% (95%) confidence level.

Figure 8. Climatological horizontal moisture flux (vectors; kg m kg-1 s-1) and specific
humidity (g/kg) climatologies in November from the LATE20 simulation at (a) 850 hPa and
(b) 925 hPa. November horizontal moisture flux (vectors; kg m kg-1 s-1) and specific humidity
(g/kg) anomalies for the MID21-LATE20 difference at (c) 850 hPa and (d) 925 hPa. November
horizontal moisture flux (vectors; kg m kg-1 s-1) and specific humidity (g/kg) anomalies for
the LATE21-LATE20 difference at (e) 850 hPa and (f) 925 hPa. Vector scales and color bars

are the same for (a) and (b), for (c) and (d), and for (e) and (f).

Figure 9. Climatological horizontal wind (vectors; m/s) and geopotential height (shaded; gpm)
in November from the LATE20 simulation at (a) 850 hPa and (b) 925 hPa. Horizontal wind
differences (vectors; m/s) and normalized geopotential height differences (shaded; gpm) in
November for MID21C-LATE20C at (c) 850 hPa and (d) 925 hPa. Horizontal wind differences
(vectors; m/s) and normalized geopotential height differences (shaded; gpm) in November for

LATE21C-LATE20C at (e) 850 hPa and (f) 925 hPa. Topography is masked in white.
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Figure 10. November surface temperature differences (K) for the (a) MID21-LATE20 and (b)

LATE21-LATE20 ensemble means.

Figure 11. Differences in (a) precipitation, (b) evapotranspiration, (c) precipitation —
evapotranspiration, (d) moisture advection term, (e) moisture convergence term, (f) zonal
moisture convergence term, (g) meridional moisture convergence term, and (h) residual term
in the moisture budget in April for MID21-LATE20. (i) - (p) are the same as (a) - (h) but for
the LATE21-LATE20 differences. Units are mm/day. Black (purple) stippling denotes values

that are statistically significant at the 90% (95%) confidence level.

Figure 12. April surface temperature differences (K) for the (a) MID21-LATE20 and (b)

LATE21-LATE20 ensemble means.

Figure 13. Climatological horizontal wind (vectors; m/s) and geopotential height (shaded; gpm)
in April from the LATE20 simulation at (a) 850 hPa and (b) 925 hPa. Horizontal wind
differences (vectors; m/s) and normalized geopotential height differences (shaded; gpm) in
April for MID21C-LATE20C at (c¢) 850 hPa and (d) 925 hPa. Horizontal wind differences
(vectors; m/s) and normalized geopotential height differences (shaded; gpm) in April for

LATE21C-LATE20C at (e) 850 hPa and (f) 925 hPa. Topography is masked in white.
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979  Figure 1. Nested domains for the regional climate model simulations with topography (m)
980 shaded. The outer domain has 90-km resolution, while the inner domain (purple box) has 30-
981  km resolution.
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Figure 2. 20-day running mean of precipitation in the LATE20C 30-km simulations (blue),
TRMM (green), CHIRPS2 (red), PERSIANN (black), and CMORPH (orange) averaged over
(a) 30 to 50°E and 10S to 5°N and (b) 30 to 50°E and 10S — 10°N.
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Figure 4. Moisture budget terms from LATE20C and ERAS during the long rain months
(March — May). Panels (a) — (e) display the moisture budget terms: P —precipitation (a), E —
evaporation (b), C — vertically integrated moisture convergence (c), A — vertically integrated
moisture advection (d), and R — residual (e), for LATE20C model output. Panels (f) — (j) are
the same terms calculated in the ERAS reanalysis.

45



(Na) P (LATE20C) ‘!mf] P{ERAS)

(b) E (LATE20C)

105+

(d) A (LATE20C) (i) A (ERAS)

10N 10N

EQ1 EQ4

30E 40E S0E 1950 I e S0E
(i R (ERA5)

10N

EQ4

1003
1004  Figure 5. As in Fig. 4, but averaged over the short rain months (October — December).
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Figure 6. 20-day running mean precipitation differences for MID21C-LATE20C (green) and
LATE21C-LATE20C (red) in the 30-km simulations (solid) and 90-km simulations (dashed).
All values are averaged over land points from 30-50°E and 10S-10°N. Units are mm/day.
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1015  Figure 7. Differences in (a) precipitation, (b) evapotranspiration, (c) precipitation —
1016  evapotranspiration, (d) moisture advection term, (e) moisture convergence term, (f) zonal
1017  moisture convergence term, (g) meridional moisture convergence term, and (h) residual term
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Figure 8. Climatological horizontal moisture flux (vectors; kg m kg-1 s-1) and specific
humidity (g/kg) climatologies in November from the LATE20 simulation at (a) 850 hPa and
(b) 925 hPa. November horizontal moisture flux (vectors; kg m kg-1 s-1) and specific humidity
(g/kg) anomalies for the MID21-LATE20 difference at (c) 850 hPa and (d) 925 hPa. November
horizontal moisture flux (vectors; kg m kg-1 s-1) and specific humidity (g/kg) anomalies for
the LATE21-LATE20 difference at (e) 850 hPa and (f) 925 hPa. Vector scales and color bars
are the same for (a) and (b), for (c) and (d), and for (e) and (f).
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Figure 9. Climatological horizontal wind (vectors; m/s) and geopotential height (shaded; gpm)
in November from the LATE20 simulation at (a) 850 hPa and (b) 925 hPa. Horizontal wind
differences (vectors; m/s) and normalized geopotential height differences (shaded; gpm) in
November for MID21C-LATE20C at (c) 850 hPa and (d) 925 hPa. Horizontal wind differences
(vectors; m/s) and normalized geopotential height differences (shaded; gpm) in November for
LATE21C-LATE20C at (e) 850 hPa and (f) 925 hPa. Topography is masked in white.
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1042  Figure 10. November surface temperature differences (K) for the (a) MID21-LATE20 and (b)
1043  LATE21-LATE20 ensemble means.
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Figure 11. Differences in (a) precipitation, (b) evapotranspiration, (c) precipitation —
evapotranspiration, (d) moisture advection term, (e) moisture convergence term, (f) zonal
moisture convergence term, (g) meridional moisture convergence term, and (h) residual term
in the moisture budget in April for MID21-LATE20. (i) - (p) are the same as (a) - (h) but for
the LATE21-LATE20 differences. Units are mm/day. Black (purple) stippling denotes values
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that are statistically significant at the 90% (95%) confidence level.
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1056  Figure 12. April surface temperature differences (K) for the (a) MID21-LATE20 and (b)
1057 LATE21-LATE20 ensemble means.
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Figure 13. Climatological horizontal wind (vectors; m/s) and geopotential height (shaded; gpm)
in April from the LATE20 simulation at (a) 850 hPa and (b) 925 hPa. Horizontal wind
differences (vectors; m/s) and normalized geopotential height differences (shaded; gpm) in
April for MID21C-LATE20C at (c) 850 hPa and (d) 925 hPa. Horizontal wind differences
(vectors; m/s) and normalized geopotential height differences (shaded; gpm) in April for
LATE21C-LATE20C at (e) 850 hPa and (f) 925 hPa. Topography is masked in white.
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