
1.  Introduction
Warm, salty Atlantic Water (AW) is a ubiquitous feature of the middepth Arctic Ocean. It enters the Arctic 
through the eastern side of Fram Strait and via the Barents Sea, and circulates cyclonically through the dif-
ferent basins as a boundary current before exiting the western side of Fram Strait (e.g., Aksenov et al., 2011). 
During its long transit the water is cooled, freshened and densified. After re-entering the Nordic Seas, the 
modified water flows southward with the East Greenland Current and participates in the dense overflow 
through Denmark Strait (Mauritzen, 1996). Hence, the transformation of AW in the Arctic can be thought 
of as the northern headwaters of the Atlantic Meridional Overturning Circulation, and thus represents an 
important component of our global climate system. The AW strongly influences the water column struc-
ture throughout the Arctic, contributing to the maintenance of the halocline. The layer also contains a vast 
amount of heat that has been shown to influence ice melt in the Eurasian Basin (Polyakov et al., 2017) and 
along the southern margin of the Canada Basin (Ladd et al., 2016).

To first order, the flow of AW is steered by bathymetry (e.g., Aksenov et al., 2011; Rudels et al., 1994; see 
Figure 1a). The water emanating from Fram Strait splits into three different branches in the northern part 
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of the strait: the Yermak Plateau branch (Meyer et al., 2017), the Yermak Pass Branch (Koenig et al., 2017), 
and the Svalbard slope branch (Cokelet et al., 2008; Kolas & Fer, 2018; Pérez-Hernández et al., 2017; Våge 
et al, 2016). These branches are believed to subsequently merge back into a single boundary along the north-
ern continental slope of Svalbard. Using data from a year-long mooring array at this location, Pérez-Hernán-
dez et al. (2019) determined that the AW occupies the depth range 150–600 m and estimated its transport 
within the boundary current to be 2.08 ± 0.24 Sv.

Farther downstream, the AW outflow from the Barents Sea, exiting through St. Anna Trough, joins the 
boundary current, but mostly subducts underneath the water originating from Fram Strait (Schauer 
et al., 2002). This is due to the strong air-sea-ice interaction in the Barents Sea, which cools and densifies 
the AW as it progresses across the sea. The two types of AW progressing eastward from here are referred 
to as the Fram Strait branch water (FSBW) and Barents Sea branch water (BSBW), respectively. Based on 
two years of mooring data from the Laptev Sea continental slope, the volume transport of AW (warmer 
than 0°C, within the category of FSBW) was calculated to be 3.1 ± 0.1 Sv (Pnyushkov et al., 2018). Upon 
reaching the Lomonosov Ridge, the boundary current bifurcates: part of the current progresses northward 
along the ridge, and the remaining part flows into the Canadian Basin along the continental margin (Rudels 
et al., 1999; Woodgate et al., 2007).

Direct velocity measurements of the AW boundary current in the western Arctic are rare. However, path-
ways of the water have been mapped out using water mass signatures, in particular the warm tempera-
ture core of the current and thermohaline intrusions associated with the AW (Li et al., 2020; McLaughlin 
et al., 2009; Swift et al., 1997; Woodgate et al., 2007). As such, a part of the boundary current is believed to 
get diverted into the interior along the Alpha-Mendeleev Ridge, and different branches are thought to pro-
gress through the complex topography of Chukchi Borderland. This includes a northern pathway around 
the perimeter of the Borderland—with a portion separating into the interior (McLaughlin et al., 2009; Smith 
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Figure 1.  (a) Schematic circulation of the Atlantic Water (black arrows) and relevant place names. The shaded bathymetry is from IBCAO v3. The red box 
is the area enlarged in (b), which is the domain considered in the present study. (b) Moorings comprising the two-year shelf basin interaction mooring array 
(black stars).
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et al., 1999)—and an inner branch that flows along the continental slope. Recently it has been demonstrated 
that these two branches remain separated after emerging from the Borderland into the southern Canada 
Basin (Li et al., 2020; see Figure 1a). The inner branch is located between the 1,000–1,500 m isobaths, while 
the outer branch resides between the 2,500–3,000 m isobaths. Using nine repeat shipboard velocity sections 
occupied between 2003 and 2018, Li et al. (2020) estimated the mean volume flux of the combined flow to 
be 0.87  0.13 Sv.

In addition to these AW branches on the mid and outer continental slope, a time dependent eastward flow 
of AW has been identified on the upper continental slope of the Beaufort Sea. Using data from a shelf-slope 
mooring array east of Pt. Barrow, AK, Pickart et al. (2011) revealed that, subsequent to an upwelling event, a 
narrow eastward-flowing jet of AW can form. This phenomenon has been named the “rebound jet”, and it is 
located just seaward of the eastward-flowing shelfbreak jet of Pacific water that emanates from the Chukchi 
shelf (e.g., Lin et al., 2016; Nikolopoulos et al., 2009). The evolution of the shelfbreak jet and the rebound jet 
for a particularly strong upwelling storm was diagnosed using the mooring data in conjunction with a sim-
plified model. During the storm, the flow on the outer-shelf and upper-slope is directed westward because 
of Ekman setup due to the easterly wind. After the cessation of the wind, the eastward-flowing shelfbreak 
jet of Pacific-origin water is re-established, while at the same time the AW in the rebound jet flows strongly 
to the east for a period of a few days before spinning down.

Pickart et al. (2011) diagnosed the dynamics of the rebound jet using their model. The jet arises because of 
the disparity in speeds between barotropic and baroclinic coastally trapped waves that are excited by the 
post-storm relaxation of the winds. Immediately after the winds die down, a fast-moving, eastward-prop-
agating barotropic wave adjusts the sea surface height such that the surface velocity goes from strongly 
westward during the storm to near-zero after the storm. However, the isopycnals take more time to adjust 
because of the more slowly propagating baroclinic waves. As such, the isopycnals remain upward-tilted 
toward the shelf due to the previous upwelling, and the corresponding thermal wind results in a bottom-in-
tensified flow of AW to the east. Using 6 years of data from the single shelf basin interaction (SBI) mooring 
near the shelfbreak of the Alaskan Beaufort Sea, at the same location of the mooring array used by Lin 
et al. (2019); Pickart et al. (2011), demonstrated that the post-storm occurrence of the rebound jet is ubiq-
uitous. However, their study did not focus on the rebound jet, in part because their mooring was not well 
positioned to sample AW. Hence, there remain a host of questions regarding the jet, including its transport, 
cross-stream structure, and its relationship to the two offshore branches of AW.

In this study, we investigate the flow of AW on the continental slope of the Beaufort Sea using data from 
the full shelf-slope SBI mooring array deployed east of Pt. Barrow from 2002 to 2004. While Pickart 
et al. (2011, 2013) considered a single (strong) upwelling event, we use the full 2 year timeseries and focus 
on the AW component of the boundary current system. The paper is structured as follows. In Section 2 we 
describe the mooring array data along with the atmospheric reanalysis product used. In Section 3 the forc-
ing, characteristics, and dynamics of the rebound jet are investigated. In Section 4 the mooring data are used 
to shed further light on the onshore branch of AW that resides over the mid continental slope, including 
how the flow is impacted by the wind field. Conclusions are presented in Section 5.

2.  Data and Methods
2.1.  Mooring Data

A mooring array was deployed over the Alaskan Beaufort shelfbreak and slope near 152°W from August 
2002 to September 2004, as part of the SBI program (Figure 1b). Seven moorings (BS2-BS8) were situated 
onshore to offshore with ∼5 km resolution, except for the offshore-most mooring BS8 which is ∼10 km 
apart from BS7. This spacing is smaller than the internal Rossby radius of deformation in the western Arctic 
estimated using a vast hydrographic data set (Zhao et al., 2014). An eighth mooring, BS1, was located in-
shore of BS2, but since it did not function in year one and did not sample AW, it is not considered here. The 
array was located roughly 150 km to the east of Pt. Barrow. Hydrographic measurements were obtained us-
ing a coastal moored profiler (CMP) at moorings BS2-BS6, and a McLane moored profiler (MMP) at moor-
ings BS7-8, which provided vertical traces of temperature and salinity extending from near the sea floor to 
nominally 40 m beneath the surface. The vertical resolution was 2 m, and profiles were obtained every 6 h 
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for the CMPs (0, 6, 12, 18 UTC) and twice daily (0 and 6 UTC) for the MMPs. MicroCATs, recording hourly, 
were deployed at the base of each mooring to provide calibration information for the CMPs. Details regard-
ing the processing and accuracy of the CMP and MMP data are provided in Spall et al. (2008). Velocity was 
measured using upward-facing acoustic Doppler current profilers at the base of moorings BS2-BS6. These 
provided hourly profiles with a vertical resolution ranging from 5 m (BS2-3) to 10 m (BS4-6). At moorings 
BS7-8 an acoustic current meter (ACM) was attached to the MMP, providing two profiles of velocity per 
day with a vertical resolution of 2  m. Details concerning the velocity data, including the de-tiding, are 
provided by Nikolopoulos et al. (2009). Overall, the data return was excellent. However, there were some 
significant data gaps. Most notably, the CMP at BS6 did not function in year 2, and the ACM at BS8 failed 
after 8 months in year one. When comparing the mooring data to the atmospheric forcing in Section 4, we 
consider the same 8 months time period for the yearone winds to be consistent.

We constructed vertical sections of potential temperature and potential density (referenced to the sea sur-
face), salinity (practical salinity scale), and along-stream velocity. Following Nikolopoulos et al. (2009), the 
along-stream direction is taken to be 125°T (where 0°T is northward and the angle increases clockwise), 
based on the orientation of the depth-mean flow and principle axis of variance. The gridding was done 
using Laplacian-Spline interpolation with a horizontal grid spacing of 0.5 km and a vertical grid spacing of 
2 m (5 m) for the hydrography (velocity).

2.2.  Wind Information

Two sources of wind data are used in the study. The 10 m wind timeseries from the meteorological station 
in Utqiaġvik, AK (formerly known as Barrow, AK) were obtained from the National Climate Data Center of 
the National Oceanic and Atmosphere Administration (http://www.ncdc.noaa.gov/). The data were subject 
to further quality control, which is explained in detail in Pickart et al. (2013). The temporal resolution of 
the record is 1 h, and we used the alongcoast component, which is 105°T. Previous studies have demonstrat-
ed that the winds at Utqiaġvik are similar to those in our study region (Nikolopoulos et al., 2009; Pickart 
et al., 2009). To provide a larger scale context of the atmospheric forcing, we use the 10 m winds from the 
ERA5 reanalysis product, obtained from https://www.ecmwf.int/en/forecasts/datasets/reanalysis-datasets/
era5. ERA5 is the fifth−generation European Center for Medium-Range Weather Forecast atmospheric 
global reanalysis, with a horizontal grid spacing of 0.25° and temporal resolution of 1 h. The data were 
subsampled to 3 hourly resolution for our analysis.

2.3.  Sea Surface Height Data

We use the monthly-averaged satellite sea surface dynamic topography and geostrophic velocity data-set de-
scribed in Armitage et al. (2016), which spans the time period 2003–2014. In ice-covered regions the absolute 
dynamic topography is estimated from leads in the pack-ice, which is used together with the conventional 
open-ocean altimetry product to produce composite fields. The GOCO03s geoid (Mayer-Gurr et al., 2012) 
is used to compute absolute sea surface heights. The spatial resolution of the data is 0.25° and 0.75° in the 
meridional and zonal directions, respectively. The northern extent of the satellite coverage is 81.5°N.

3.  Rebound Jet Events on the Continental Slope
Previous studies using the SBI mooring data have concentrated mainly on the Pacific Water component of 
the boundary current (e.g., Brugler et al., 2014; Lin et al., 2019; Nikolopoulos et al., 2009; ). The two-year 
mean potential temperature and along-stream velocity sections are shown in Figure 2, reproduced from Li 
et al. (2020). The warm water in the vicinity of the shelfbreak is comprised of Pacific Summer Water, which 
is due to the presence of both Bering Summer Water and the very warm Alaskan Coastal Water. Below this 
is the layer of cold Pacific Winter Water (colder than −1.2°C), centered at 150 m. The temperature of this 
layer is moderated near the continental slope due to the common occurrence of wind-driven upwelling, 
which brings warm AW to the vicinity of the shelfbreak (Lin et al., 2019). Beneath the winter water is a thick 
layer of warm AW, with a temperature maximum near 400 m. The interface between the AW and the Pacific 
Water is the 27.06 kg m−3 isopycnal, which corresponds to the peak stratification at the base of the Pacific 
winter water layer (Nikolopoulos et al., 2009). Also marked in Figure 2a is the interface between the FSBAW 

LI ET AL.

10.1029/2020JC016996

4 of 18

http://www.ncdc.noaa.gov/
https://www.ecmwf.int/en/forecasts/datasets/reanalysis-datasets/era5
https://www.ecmwf.int/en/forecasts/datasets/reanalysis-datasets/era5


Journal of Geophysical Research: Oceans

and BSBAW (27.97 kg m−3, Li et al.  (2020)). The precise choice of this 
interface does not impact our analysis below. The AW is found primarily 
seaward of mooring BS3.

In the mean, there is a bottom-intensified shelfbreak jet which advects 
Pacific Water eastward. The volume transport of the jet varies interan-
nually between 0.02–0.12 Sv (Brugler et al., 2014). Seaward of this and 
deeper in the water column is the signature of the rebound jet of AW, 
with an average speed >3  cm s−1 near 250  m depth. Instantaneously, 
however, it can exceed 50 cm s−1 (Pickart et al., 2011). As discussed in 
the introduction, the rebound jet is an intermittent feature that follows 
upwelling events (Lin et al., 2019), and its mean transport is only 0.05 Sv. 
Nonetheless, it appears in the 2  year mean section, and is likely what 
Aagaard (1984) referred to as the Beaufort undercurrent.

3.1.  Identification and Statistics of Rebound Jet Events

The single rebound jet event that Pickart et al. (2011) discussed had the 
largest velocity signal at mooring BS5, appearing shortly after the ces-
sation of the easterly wind. This is true of all the events over the 2 year 
record. Accordingly, we define two criteria that characterize a rebound 
jet event at the mooring array: (a) The near-bottom alongstream velocity 
anomaly at BS5, relative to the 2 year mean and averaged between 200–
250 m, is greater than 0 cm/s and lasts more than one day. This means we 
are only considering rebound jet events where the velocity signal exceeds 
the long-term mean. (b) The mean alongcoast wind from t1 to t2 is east-
erly, where t1 is three days prior to the event as defined by criterion (a), 
and t2 is when the eastward alongstream velocity at BS5 peaks. There are 
a small number of events that are less than one day apart from the pre-
vious event or following event. In these instances, the two back-to-back 
events are considered as a single event. After applying criterion (a), 77 po-
tential events were identified. Twenty of those corresponded to instances 
of westerly wind and were associated with downwelling events (which 
also have increased velocity in the lower layer) as reported by Foukal 
et al. (2019). The remaining 57 instances satisfy criterion (b) and hence 
are identified as rebound jet events.

The occurrences of the rebound jet over the 2  year time period of the 
mooring array are shown in Figure 3. The mean duration of an event is 
3.2 ± 1.6 days (standard deviation), and the longest event is 8.5 days. No-

tably, every upwelling event identified by Lin et al. (2019) during the 2 year SBI period was associated with 
a subsequent rebound jet. However, there are a few instances identified here when a rebound jet does not 
follow one of the upwelling events identified by Lin et al. (2019), even though there was an easterly wind. 
This is likely because the criterion used by Lin et al. (2019) only identified relatively strong wind-driven 
upwelling events. As is the case for upwelling, rebound jet events thus occur in all months of the year, but 
are most frequent in the fall (Figure 3; Lin et al., 2019; Pickart et al., 2013). The duration of the rebound jets 
is smaller during the summer (2.2 ± 1.0 days) versus the other three seasons (3.6 ± 1.7 days).

3.2.  Mean Depiction of the Rebound Jet

Inspection of the individual rebound jet events reveals that they all had the same general structure with a 
maximum velocity at mooring BS5. To quantify this structure, we constructed a composite vertical section 
from the 57 events (where the properties for each event were averaged from t1 to t2, then these mean sections 
were averaged together, Figure 4). This reveals that the typical rebound jet exceeds 15 cm s−1, with its core 
located at mooring BS5 near the 250 m isobath (Figure 4b). The mean jet extends seaward roughly 20 km. 
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Figure 2.  Two-year mean sections from the shelf basin interaction 
mooring array. (a) Potential temperature (color, °C) overlain by potential 
density (contours, kg m−3). The gray dots show the data coverage (which 
are so close together that they appear as lines), and the symbols along 
the top denote the moorings. The bounding isopycnal (27.06 kg m−3) 
between the Pacific Water and Atlantic Water (AW) is highlighted, as is 
the isopycnal (27.97 kg m−3) separating the Fram Strait Branch AW and 
Barents Sea Branch AW. (b) Alongstream velocity (color and contours, 
cm s−1), where positive is directed toward 125°T. The gray dots show the 
data coverage. The locations of the shelfbreak jet and the rebound jet are 
labeled. The bathymetry is from a shipboard echosounder.



Journal of Geophysical Research: Oceans

In addition to the appearance of the rebound jet, the shelfbreak jet becomes re-established following the 
upwelling and continues to flow eastward after the rebound jet subsides. In order to remove the signature 
of the emerging shelfbreak jet, we subtracted the mean velocity section (Figure 2b) from the rebound jet 
composite (Figure 4b), which isolates the structure of the temporary rebound jet (Figure 4c). This demon-
strates that, while the response is greatest in the AW layer, the shallower Pacific Water is also accelerated as 
part of the rebound jet in the region from the shelfbreak extending out to mooring BS7. In contrast to the 
velocity, the hydrographic structure of the water column during a rebound jet event is similar to the mean 
state (compare Figures 4a and 2a).

Although the rebound jet influences the Pacific Water layer, the focus of this study is on the AW. As men-
tioned above, the 2 year mean AW transport of the jet is <0.05 Sv. This is an order of magnitude smaller than 
the combined transport of the two branches of AW located farther offshore, 0.87 ± 0.13 Sv (Li et al., 2020, 
where the uncertainty is the standard error). To compute the transport of the composite rebound jet event, 
we chose the domain below the 27.06 kg m−3 isopycnal (i.e., the AW) and seaward to mooring BS7 (although 
the rebound jet often extends to BS8, as discussed below). This gives a transport of 0.24 ± 0.01 Sv. For the 
strongest event the value is 0.58 Sv, which is comparable to the two offshore branches (the maximum syn-
optic value of the combined branches was 1.35 Sv Li et al., 2020).

3.3.  Time Evolution of the Rebound Jet

To investigate the spin-up and spin-down of a rebound jet event, we created depth-time composites of dif-
ferent variables. This was done using normalized time, tn, ranging from 0 at the beginning of the event to 
1 at the end (see Lin et al. (2019) and Foukal et al. (2019) who used the same methodology for upwelling 
and downwelling events, respectively). We consider as well the time periods immediately prior to and sub-
sequent to the event (−0.5 ≤ tn ≤ 1.25).

Figure 5 shows the composite alongcoast wind and alongstream velocity at BS5. Before the event, the wind 
is easterly (negative) at 5 m s−1, and decreases prior to the onset of the rebound jet to roughly 3.5 m s−1. This 
period corresponds to the end of an upwelling event, which is evident in the velocity composite showing a 
surface-intensified westward flow characteristic of the reversed shelfbreak jet. Previous studies have shown 
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Figure 3.  Rebound jet events (gray bars) during the time period of the shelf basin interaction mooring array. The black 
curve is the alongstream velocity anomaly averaged over the depth range 200–250 m at mooring BS5.
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that upwelling occurs when the easterly wind exceeds roughly 4 m s−1 
(Pickart et al., 2013; Schulze & Pickart, 2012), which is consistent with the 
evolution in velocity from westward to eastward in Figure 5 as the easter-
ly wind dies down. Lin et al. (2019) composited 115 upwelling events over 
6 years and showed that the average peak alongcoast wind was 5.3 m s−1 
from the east, suggesting that the beginning of our composite, tn = −0.5, 
is close to the period of maximum upwelling. We note that the reversed 
flow in Lin et al. (2019) composite was significantly larger than that in 
Figure 5b (20 cm s−1 vs. 10.7 cm s−1). This is because their composite was 
at mooring BS3 which maximizes the shelfbreak jet response, whereas 
ours is at mooring BS5 in the heart of the rebound jet (see Figure 4b). The 
spin-up of the rebound jet is fairly rapid (Figure 5b). As noted above, it is 
present throughout the water column, but the largest signal is in the AW 
layer, reaching 23 cm s−1 at its peak. The event is asymmetric in that the 
spin-down occurs more slowly than the spin-up.

The composites of the hydrographic fields at BS5 are shown in Figure 6. 
Prior to the development of the rebound jet, the water in the AW layer 
is warmer and saltier. This is water that has been upwelled from deeper 
in the basin due to the enhanced easterly winds. The reader should keep 
in mind that, as with the velocity, the largest upwelling response in hy-
drography also occurs onshore of mooring BS5. When the upwelling ends 
and the rebound jet appears, this warmer and saltier water returns to the 
basin. While the peak eastward velocity of the rebound jet occurs near 
tn = 0.35, the properties of the AW in the rebound jet reach their coldest/
freshest values near tn = 0.9. Hence, as with upwelling, there is an offset 
in the peak kinematic and hydrographic response for the AW rebound jet. 
Interestingly, the Pacific Winter Water layer is colder during the rebound 
jet event. This is likely an advective signal from upstream (from the west), 
as the velocity signature of the jet extends into the Pacific Winter Water 
layer.

We constructed a similar set of alongstream velocity composites for all 
of the moorings (Figure 7). In line with the composite vertical section 
(Figure 4b), the largest velocity response was at moorings BS3 and BS5, 
although the former was mostly due to the re-establishment of the Pacif-
ic Water shelfbreak jet (Figure 4c). Seaward of the shelfbreak jet, there 
is a measurable signal of the rebound jet across the rest of the array. In 
terms of the anomaly from the start of the composite (tn  =  −0.5, pri-
or to the event), the average response during the rebound jet (tn = 0-1) 
was 13.4 cm s−1 at mooring BS4, 18.7 cm s−1 at BS5, 5.7 cm s−1 at BS6, 
2.4 cm s−1 at BS7, and 2.0 cm s−1 at BS8. Only 72% of the events had a 
measurable signature at the two offshore moorings (vs. 100% at the other 
moorings). In terms of depth, the rebound jet signature extended to the 
bottom (or more precisely to the deepest measurement depth) at all of 
the moorings.

3.4.  Dynamics of the Rebound Jet

As discussed in the introduction, Pickart et al. (2011) explained that the 
rebound jet arises after an upwelling storm due to the fast adjustment 
of the sea surface height, via a barotropic wave, and the slower adjust-
ment of the isopycnals, via baroclinic waves. This was diagnosed using 

a numerical simulation. We now seek to elucidate this using our observations. In particular, we seek to 
determine if stronger easterly winds lead to a stronger rebound jet. The idea is that stronger easterly winds 
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Figure 4.  Composite vertical section of all 57 rebound jet events. (a) 
Potential temperature (color, °C) overlain by potential density (contours, 
kg m−3). The gray dots show the data coverage, and the symbols along 
the top denote the moorings. The bounding isopycnal (27.06 kg m−3) 
between the Pacific Water and Atlantic Water (AW) is highlighted, as is 
the isopycnal (27.97 kg m−3) separating the Fram Strait Branch AW and 
Barents Sea Branch AW. (b) Alongstream velocity (color and contours, 
cm s−1). The gray dots show the data coverage. The locations of the 
shelfbreak jet and the rebound jet are labeled. (c) Velocity anomaly of the 
rebound jet composite relative to the two-year mean.
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should deflect the isopycnals upwards towards the shelf to a greater ex-
tent via upwelling. Then, after the sea surface relaxes, the enhanced isop-
ycnal tilt should result in a stronger rebound jet via thermal wind.

To determine if this is the case, the first step is to determine if there is a 
relationship between wind and isopycnal tilt. Previous work has demon-
strated that stronger easterly winds draw denser water to the vicinity of 
the shelfbreak (Lin et al., 2019). In particular, the bottom density anom-
aly at mooring BS3 is greater for more powerful storms. However, Lin 
et al.  (2019) did not address isopycnal tilt. Here we estimate the tilt by 
the average change in depth of the isopycnals between mooring BS4 and 
BS7 (we could not use mooring BS6 for this calculation because it had no 
hydrographic measurements in year 2). For each of the 57 rebound jet 
events we constructed a timeseries of isopycnal displacement so defined, 
starting three days prior to the event to the time when the rebound jet was 
at its peak (this is the time period t1 to t2 used in Section 3.2 for identifying 
events). After removing outliers, we chose the maximum displacement as 
our metric (results were not sensitive to this choice).

The isopycnal displacement is regressed against the alongcoast wind 
stress in Figure 8a, where the wind stress is the maximum value during 
the same time period t1 to t2 (the maximum winds occur early in the pe-
riod, since the rebound jet spins up as the winds abate). This reveals that 
stronger winds generally lead to a greater isopycnal displacement. Next, 
we compared the isopycnal displacement to the strength of the rebound 
jet, in particular the peak value of the jet at t2. This also shows a statis-
tically significant relationship, indicating that stronger isopycnal tilt is 

associated with a stronger rebound jet (Figure 8b). These results support the underlying dynamics of the 
rebound jet laid out by Pickart et al. (2011). Hence, we now know that stronger easterly winds not only lead 
to a stronger reversed shelfbreak jet and denser water upwelled from the basin (Lin et al., 2019), but they 
also result in a stronger rebound jet following the upwelling.

4.  Atlantic Water Boundary Current Seaward of the Rebound Jet
Li et al. (2020) demonstrated that there are two branches of FSBAW, seaward of the rebound jet, that flow 
beneath and counter to the Beaufort Gyre – referred to as the onshore branch and the offshore branch, re-
spectively. Using nine repeat shipboard hydrographic/velocity sections over a span of 15 years, they showed 
that the onshore branch was situated between the 1,000 and 1,500 m isobaths, and the offshore branch 
ranged between the 2,500 and 3,000 m isobaths. Since mooring BS8 was located at 1,400 m, one wonders if 
the onshore branch was detected by the mooring. Li et al. (2020) also investigated the variability of the two 
AW branches and suggested a relationship between the strength of the wind stress curl over the Canada 
Basin and the volume transport of the branches. This is perhaps not surprising since the eastward flow of 
AW is directly beneath the Beaufort Gyre, and the gyre strength is largely controlled by the wind stress curl 
(Regan et al., 2019). This is in line with the model result of Karcher et al. (2007) who suggested that the 
cyclonic AW circulation can be modulated by the Beaufort Gyre via atmospheric forcing. It is consistent as 
well with the idealized model results of Lique and Johnson (2015). With only nine realizations, however, 
Li et al. (2020) were not able to obtain statistically significant results regarding the connection between the 
wind forcing and the strength of AW boundary current branches. If mooring BS8 captures part of the on-
shore AW branch, it would provide an opportunity to test this relationship more robustly.

4.1.  Comparison Between 2002–2003 and 2003-2004

As it happens, the signature of the Fram Strait Branch AW (hereafter referred to simply as AW) at mooring 
BS8 was different in the two SBI mooring years. This is demonstrated in Figure 9, which shows the mean 
hydrographic and velocity sections for each year (Note that the BS8 year 1 deployment is from August 2002 
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Figure 5.  Composite rebound jet event, plotted as a function of 
normalized time. (a) Alongcoast wind speed (m  s−1; negative is easterly). 
The shading represents the standard error. (b) Alongstream velocity 
(cm s−1) at mooring BS5. The 0 cm s−1 contour is indicated by the thin 
black line. The 27.06 kg m−3 isopycnal, separating the Pacific Water and 
AW, is highlighted by the thick black line.
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to March 2003, and the year 2 deployment is from October 2003 to September 2004.) While the signature 
of the shelfbreak jet and rebound jet are similar in both years, the flow at mooring BS8 was predominantly 
westward in year 1 versus eastward in year 2 (Figures 9c and 9d). This is evident in the depth-averaged 
(200–700 m) AW flow (Figure 10):In year 1 the depth-averaged velocity was directed to the northwest and 
not significantly different than zero, while in year 2 it was directed eastward at 1.7 ± 0.6 cm s−1. This is 
comparable to the mean speed of the onshore AW branch computed by Li et al.  (2020) using shipboard 
data (1.2 ± 1.0 cm s−1) as well as the magnitude of the flow of AW entering the Canadian Basin east of the 
Lomonosov Ridge (2 cm s−1; Woodgate et al., 2001). The conclusion is that, in year 2, mooring BS8 pre-
dominantly measured the onshore AW branch, while in year 1 this was not the case. This is supported by 
the corresponding temperature sections (Figures 9a and 9b). Li et al. (2020) demonstrated that the two AW 
branches are associated with warm temperature cores as well. In Figure 9 we have included the bounding 
isotherm (0.55°C) used by Li et al. (2020) to identify the warmest part of the AW layer. One sees that this 
temperature core is more pronounced in year 2 (even extending to mooring BS7).

As shown by the depth-time composites in Section 3.3, the signature of the rebound jet extends offshore all 
the way to mooring BS8 (although the magnitude of the response is weak there). The enhanced eastward 
flow associated with downwelling events is also measured far seaward of the shelfbreak (Foukal et al., 2019). 
Together, upwelling and downwelling accounted for almost 50% of the record during the 2 year SBI period 
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Figure 6.  Composite rebound jet event hydrographic fields at BS5, plotted as a function of normalized time. (a) 
Potential Temperature (°C, color and contours). (b) Salinity (color) overlain by potential density (contours, kg m−3). The 
27.06 kg m−3 isopycnal, separating the Pacific Water and Atlantic Water, is highlighted by the thick black line.
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(Foukal et al., 2019). As such, one might expect to see a correlation in the alongstream flow across the array. 
In Figure 11 we have regressed the depth-averaged AW flow at mooring BS5 with that at BS8 for each of the 
years (the data were subsampled or interpolated into 6 h timeseries). In year 1 there is a clear relationship 
between the two, while in year 2 there is not. In particular, while the depth-averaged flow tends to co-vary at 
the two sites in the first year, with different amplitudes, the flow at BS8 in year two is more consistently to 
the east irregardless of the flow at BS5. This is another indication that BS8 is influenced by the AW boundary 
current in the second year.

To shed further light on this, we consider different timescales. Recall that the mean duration of the rebound 
jet is 3.2 ± 1.6 days. Downwelling events also last this long on average (3.25 ± 1.8 days, Foukal et al., 2019). 
As such, we applied a 15-days high-pass filter to the velocity records in order to isolate the high frequency 
signal. Not surprisingly, this revealed a significant correlation between BS5 and BS8 for year 1 (r = 0.49, 
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Figure 7.  Composites of alongstream velocity (cm s−1) of the rebound jet event, plotted as a function of normalized 
time, for moorings BS2-BS8. The 0 cm s−1 contour is indicated by the black line. The horizonal dashed line in each 
panel (except for the first one) represents the lower depth of the previous panel.



Journal of Geophysical Research: Oceans

LI ET AL.

10.1029/2020JC016996

11 of 18

Figure 8.  (a) Horizontal displacement of isopycnals (m) versus alongcoast wind stress (N m−2, negative is easterly) for 
the rebound jet events (see text for details). (b) Horizontal displacement of isopycnals (m) versus maximum velocity of 
the rebound jet. The best fit lines (solid black) and 95% confidence levels (dashed black) are shown.

Figure 9.  Mean vertical sections from the shelf basin interaction mooring array in the two deployment years. (a) Potential temperature (color,°C) overlain by 
potential density (contours, kg m−3) in the first year. The 0.55°C temperature contour is highlighted by the thick black line. (b) Potential temperature in the 
second year. (c) Alongstream velocity (color and contours, cm s−1) in the first year, where positive is directed toward 125°T. (d) Alongstream velocity in the 
second year. The other information is the same as in Figure 2.
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p < 0.05), in line with Figures 11a (the comparison in Figures 11a takes into account all time scales). How-
ever, there is also significant correlation in this frequency range for year 2 (r = 0.29, p < 0.05). Hence, the 
high-frequency signal of rebound jets and downwelling events are measured for both deployment years at 
BS8. This implies that the AW boundary current signature at BS8 in year 2 (Figures 9d and 11b) varies on 
longer timescales.

To investigate this, we low-passed the BS8 alongstream velocity record using a 15 days filter. As mentioned 
above, Li et al. (2020) found a relationship between the transport of both branches of the AW boundary 
current and the wind stress curl averaged over the Canada Basin. In particular, they found that the transport 
varied in accordance with the time-mean wind stress curl averaged over the month preceding the shipboard 
section. We therefore computed the wind stress curl in the study region using the ERA5 reanalysis data, and 
subsequently low-passed this with the same filter width. We then computed the lagged correlation between 
the depth-averaged AW flow at BS8 and the wind stress curl at each data point in the domain. This was done 
separately for each year.

In year 2 there was significant correlation over the central part of the Canada Basin when the velocity 
lagged the wind stress curl, with peak correlation occurring at a lag of 19 days (Figure 12b). The sign of the 
correlation in year two is such that less negative wind stress curl results in enhanced eastward flow of the 
AW, also in agreement with Li et al. (2020). By contrast, there was weak correlation everywhere in year 1 at 
lags close to 19 days (Figure 12a). The only significant correlation for year 1 occurred at a short lag of 5 days, 
and the location of correlation was far to the north, outside of the Canada Basin (there is a hint of this in 
Figure 12a). These results demonstrate that both the alongcoast wind stress and the interior wind stress curl 
can influence the flow of AW at the seaward end of the SBI array. In year 1, when there was no signature of 
the AW boundary current, the effect of the local wind stress dominates. In year 2, when BS8 detected the on-
shore branch of the boundary current, this is only true at short time scales associated with rebound jets and 
downwelling events. At longer timescales the wind stress curl in the interior basin is the dominant factor.

4.2.  Role of the Beaufort Gyre

We have demonstrated that the onshore branch of the AW boundary current was measured by mooring BS8 
in 2003–2004, but not in 2002–2003. We now investigate the reason for this. Figure 13 shows the average 
wind stress curl in the study region for year 1 versus year 2. In the first year, the minimum wind stress curl 
was in the center of the basin, while in the second year the minimum was displaced southward adjacent 
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Figure 10.  Depth−averaged velocity vectors in the Atlantic Water layer with standard error ellipses, in (a) the first year 
(2002–2003), and (b) the second year (2003–2004) of the shelf basin interaction mooring array.



Journal of Geophysical Research: Oceans

LI ET AL.

10.1029/2020JC016996

13 of 18

Figure 11.  Depth–averaged velocity in the Atlantic Water layer (gray dots) at BS5 versus BS8 for (a) the first mooring 
year (2002−2003), and (b) the second mooring year (2003−2004). The black dots are the mean value of all points in 
each velocity interval (the intervals are larger at the two ends of the plot). The error bars are the standard deviation. The 
line of best fit of the interval means (solid black line) is plotted for year 1.

Figure 12.  Map of the correlation coefficient between the 15 days low-passed, depth-mean AW velocity at BS8 and the 
15 days low-passed wind stress curl at each grid point, where the velocity has been lagged by 19 days. (a) The first year 
(2002–2003), and (b) the second year (2003–2004) of the shelf basin interaction mooring array.
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to the continental slope, and was also larger in magnitude (more negative). What effect does this have on 
the Beaufort Gyre? To answer this, we delve further into the wind stress curl fields and also consider the 
satellite-derived, gridded sea surface geostrophic velocity product of Armitage et al. (2016). This product 
is available for the time period 2003–2014, which unfortunately means we can't compare the conditions in 
year 1 versus year 2 for surface geostrophic velocity.

We defined two boxes corresponding to the regions of minimum wind stress curl in year 1 and 2, respec-
tively (Figure 13). We then computed a monthly timeseries of average wind stress curl for each box over the 
time period 2003 to 2014. The long-term mean value of wind stress curl in each box is comparable, approx-
imately −0.27  10−6 N m−3. We then identified the months when the monthly-mean value in the northern 
box was less than the long-term mean, while at the same time the monthly-mean value in the southern 
box was greater than the long-term mean. This was meant to identify instances when the pattern of wind 
stress curl was similar to year 1 (Figure 13a). The opposite was done to identify times when the wind stress 
curl pattern was similar to year 2 (Figure 13b). We further sorted the realizations in these two states into 
instances where the wind stress curl is less than or greater than the mean of the given state. The number of 
realizations (monthly means) in each of these four scenarios ranges from 8 to 11.

To assess the effect of these different wind stress curl scenarios on the Beaufort Gyre, we created correspond-
ing composite maps of sea surface geostrophic velocity. The composites are shown in Figures 14a–14e. They 
reveal that, whether the wind stress curl minimum is located in the interior basin or near the southern 
boundary, when it is strong (more negative), the westward surface flow adjacent to the Beaufort slope is 
enhanced (Figures 14c and 14f). The effect of the change in the location of the wind stress curl minimum 
can be seen by considering the top two rows of Figure 14. Irregardless of the strength of the minimum, 
when it shifts southward the westward surface flow along the Chukchi slope and western portion of the 
Beaufort slope strengthens, while the westward flow along the eastern Beaufort slope weakens (Figures 14g 
and 14h).

The dividing line between these two regimes is where the SBI array is located (with some uncertainty due to 
the resolution of the satellite product). Since we are unable to compute a surface velocity composite for year 
1, we created two climatological mean wind stress curl fields quantitatively similar to those in Figures 13a 
and 13b using the data from 2003–14, and constructed the associated surface velocity composites. The dif-
ference between these two velocity composites also shows the same pattern as in Figures 14g and 14h. Based 
on this, it is tempting to conclude that the SBI array was located to the left of the dividing line for year 1 
minus year 2, meaning a stronger southern-arm of the Beaufort Gyre in year 1 at the longitude of the array.
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Figure 13.  Mean wind stress curl (10−6 N m−3, color) and 10 m wind vectors from ERA5 for (a) the first year (2002–2003), and (b) the second year (2003–2004) 
of the shelf basin interaction mooring array. The black box denotes the region of strongest negative wind stress curl in each year (used in the subsequent 
analysis).
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In reality, the strength of the Beaufort Gyre relies on a combination of the wind stress curl and ice-ocean 
stress curl (Meneghello et al., 2018). However, to compute the latter one needs to know the surface velocity, 
which again we don't have for year 1. Interestingly, the ice concentration during the cold months of the year 
in the Canada Basin was on average 10% less in year 1 versus year 2. This implies that the ice keels would 
have been more mobile in the first year, which favors a larger ice-ocean stress (Martin et al., 2014; Pickart 
et al., 2013), and hence a stronger Beaufort Gyre. At this point it is unclear what the relative roles of wind 
and ice were in causing the westward flow measured at mooring BS8 in year 1, and hence the lack of a sig-
nature of the onshore AW branch. The underlying dynamics of the interaction between the Beaufort Gyre 
and AW boundary current need to be further explored, which is a topic for future study.

5.  Conclusions and Discussion
In this study we have used two years of data from the shelf/slope SBI mooring array in the Alaskan Beau-
fort Sea, from 2002–4, to investigate aspects of the AW rebound jet—a ubiquitous feature that occurs after 
wind-driven upwelling events. Over the course of the 2 year period there were 57 such events. By construct-
ing a composite event we revealed that on average they last 3.2 ± 1.6 days and transport 0.24 ± 0.01 Sv 
of AW. The rebound jet spins up quickly after the cessation of the easterly wind, with a peak velocity of 
23 cm s−1, then takes longer to spin down. During the event the isopycnals continue to slump from their up-
welled state. The eastward velocity signature of the bottom-intensified jet is largest near the 250 m isobath, 
but extends well offshore of the shelfbreak. The seasonality of the rebound jet follows that of upwelling; 
hence they are most common in the fall. They occur often enough that the signature of the jet appears in 
the two-year mean velocity section.

Our observations also support the dynamical explanation put forth by previous modeling for the existence 
of the jet. The idea is that the slower baroclinic adjustment of the water column, following the decrease 
in wind speed, results in a thermal wind signature associated with enhanced eastward flow at depth. We 
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Figure 14.  Composite fields of surface geostrophic velocity corresponding to the four wind stress curl scenarios described in the text, and their anomalies. (a) 
Strong and (b) weak negative wind stress curl in the central Canada Basin (within the white box). In each case the curl was stronger in the northern white box 
than in the southern white box. (c) The difference between (a) and (b). (d) Strong and (e) weak negative wind stress curl in the vicinity of the continental slope 
(within the white box). In each case the curl was stronger in the southern white box than in the northern white box. (f) The difference between (d) and (e). (g) 
The difference between (a) and (d). (h) The difference between (b) and (e).
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demonstrated that stronger easterly winds result in a more pronounced isopycnal tilt during upwelling 
events. This in turn was shown to be correlated with faster rebound jet velocities following the event. While 
this influences the Pacific Water layer as well, the response is greatest in the AW layer. In addition to the 
short-lived rebound jet, the eastward flow of the shelfbreak jet becomes re-established following the up-
welling, which dominates the velocity response near the shelfbreak.

Seaward of the rebound jet, the offshore-most mooring of the array measured the onshore branch of the 
AW boundary flowing eastward in the Canada Basin. However, this was only evident in the second year of 
the mooring timeseries. We suspect that this is due to the influence of the Beaufort Gyre. In year 1, the neg-
ative wind stress curl that helps drive the gyre was largest in the central part of the Canada Basin, while in 
year 2 it was shifted southward toward the continental slope. Based on satellite-derived surface geostrophic 
velocity data, the former state corresponds to stronger westward flow along the continental slope in the 
Chukchi Sea and in the western Beaufort Sea close to the array. We surmise that this enhanced westward 
flow opposed the onshore branch of the AW boundary current which would otherwise be present at the off-
shore-most mooring, such that the two flows essentially canceled out each other at depth. Consequently, it 
would be difficult to detect a signal of the gyre or the boundary current. This can explain why the signature 
of rebound jet events/downwelling events was evident at the offshore-most mooring in year 1, and why 
there was no correlation of the flow at that site with the time-varying wind stress curl in the basin in year 1.

By contrast, in year 2 when the westward flow of the gyre was reduced near the array, the AW boundary 
current signal was more pronounced which overwhelmed the signature of rebound jet events/downwelling 
events (except at high frequency). In this scenario the AW boundary current is situated immediately ad-
jacent to the southern arm of the Beaufort Gyre, and thus appears to be impacted by the wind stress curl 
forcing that drives variations in the gyre, with roughly a three-week lag. These results suggest a coupling 
of the dynamics associated with the Beaufort Gyre and the AW boundary current, which requires further 
investigation.

Our study has provided a better understanding of different aspects the AW boundary current system in the 
Beaufort Sea, and how it relates to wind forcing. As upwelling-favorable storms have become stronger and 
more frequent in recent years (Pickart et al., 2013), this implies that rebound jet events have also intensified 
and occurred more often. Further work is required to determine what the ecosystem ramifications are asso-
ciated with this energized component of the AW boundary current system. It is also of interest to determine 
the longitudinal extent of the rebound jets, and if they affect the AW outflow through Fram Strait into the 
Nordic Seas.

Data Availability Statement
The mooring data used in the study can be found at http://www.eol.ucar.edu/projects/sbi/all_data.shtml.
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