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Abstract 24 

Stratosphere-troposphere exchange (STE) of ozone represents a significant source term in the 25 

tropospheric ozone budget and can impact surface ozone concentrations, tropospheric oxidation 26 

capacity, and methane lifetime. Using the Whole Atmosphere Community Climate Model 6, 27 

changes in the air mass and ozone STEs in the Last Glacial Maximum (LGM) as compared with 28 

preindustrial (PI) climate are investigated. We use dynamic isentropic surfaces that are 29 

determined by fitting to the tropical tropopauses as the upper boundary of the lowermost 30 

stratosphere in a mass budget approach, a method particularly suitable for estimating air mass 31 

and ozone STEs across different climates. Relative to the PI, the magnitude of ozone STE in the 32 

LGM is decreased by 14-19%, 18-24%, 18-23%, 16-21%, 15-21% over the Northern hemisphere 33 

extratropics, Southern hemisphere extratropics, the tropics, the extratropics, and the globe, 34 

respectively. The extratropical and global decreases are mainly caused by decreased ozone in the 35 

extratropical lower stratosphere associated with a weakening of Brewer-Dobson circulation, 36 

while changes in air mass fluxes play a minor role because the effects of weakening Brewer-37 

Dobson circulation and increased isentropic density partly cancel each other. Analysis of the 38 

modelled tropospheric ozone budget indicates that the ozone STE in the LGM is 28% of the 39 

tropospheric ozone production rate, as compared to about 9% in the modern climate (year 2000) 40 

and 19% in the PI. 41 

 42 
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1. Introduction  47 

As an important component of the tropospheric ozone budget, the stratosphere-troposphere 48 

exchange (STE) of ozone can substantially impact tropospheric ozone concentrations (e.g., 49 

Collins et al., 2003, Stohl et al., 2003; Ordóñez et al., 2007; Lin et al., 2015).  Using surface 50 

ozone measurements and a nudged chemistry-climate model, Lin et al. (2015) showed that 51 

stratospheric ozone influx can elevate surface ozone concentrations over the western US to 52 

unhealthy levels during the spring season. Stratospheric ozone influx can also impact the 53 

tropospheric oxidation capacity and methane lifetime (Fiore et al., 2002; Kentarchos and Roelofs, 54 

2003; Geng et al., 2017). A model study by Kentarchos and Roelofs (2003) showed that ozone 55 

STE contributes about 15% to the averaged oxidation capacity in the Northern hemisphere (NH) 56 

and up to 40% for some regions. 57 

 58 

In response to greenhouse gas induced climate change, climate models consistently project an 59 

acceleration of the Brewer-Dobson circulation (BDC) (e.g., Butchart et al., 2006; Li et al., 2008; 60 

Lin and Fu, 2013; Butchart et al., 2014; Abalos et al., 2021) and an increase of ozone STE (e.g., 61 

Collins et al., 2003; Hegglin and Shepherd, 2009; Hess et al., 2015; Meul et al., 2018; Abalos et 62 

al., 2020).  Similarly, large differences in the atmospheric composition (e.g., CO2, CH4, and N2O 63 

concentrations) as well as the Earth's surface conditions for the Last Glacial Maximum (LGM) 64 

compared with the modern climate lead us to expect that the stratosphere and the ozone STE in 65 

the LGM will also differ from the modern climate. 66 

 67 

Compared to the rich literature covering the current and future climate impacts on ozone STE 68 

(e.g., Collins et al., 2003; Hess et al., 2015; Hegglin and Shepherd, 2009; Meul et al., 2018; 69 
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Abalos et al., 2020), very little attention has been paid to the ozone STE in the LGM (Murray et 70 

al., 2014). The latter could be important in the interpretation of ice-core proxies of atmospheric 71 

chemistry (Geng et al., 2017; Yeung et al., 2019) and biological productivity (Luz et al., 1999), 72 

which motivates its study. Using the GEOS-Chem chemical transport model (CTM), Murray et 73 

al. (2014) found that the stratospheric ozone influx is decreased in the LGM relative to the 74 

modern climate. Murray et al. (2014) inferred the stratospheric ozone influx as the residual of 75 

tropospheric ozone production, loss, and deposition by assuming a budget closure over a year. 76 

They suggested that the BDC and the stratospheric ozone influx in their present-day simulation 77 

were overly vigorous, a common issue for CTMs (e.g., Liu et al., 2001).  78 

 79 

Using the Whole Atmosphere Community Climate Model version 6 (WACCM6), Fu et al. 80 

(2020a) and Wang et al. (2020) investigated the BDC and stratospheric ozone in the LGM. Fu et 81 

al. (2020a) showed that the model-simulated BDC in the modern climate agrees well with the 82 

reanalysis.  They found a slower BDC during the LGM than the modern climate, which is due to 83 

a downward shift of the wave breaking associated with the zonal wind changes (Fu et al., 2020a).  84 

By transporting stratospheric ozone from the tropics, where it is produced, to the extratropics, the 85 

BDC plays an important role in determining the stratospheric ozone distribution (e.g., Butchart, 86 

2014). Wang et al. (2020) found that the lower-stratospheric ozone in the LGM as compared to 87 

the preindustrial (PI) climate increases in the tropics and decreases in the extratropics because of 88 

a weakening of the BDC. This current study examines the ozone STE in the LGM and its 89 

changes as compared to the PI climate.    90 

 91 
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Various methods have been used to estimate ozone STEs (see Stohl et al., 2003; Schoeberl, 2004; 92 

Hsu et al., 2005; Wang and Fu, 2021). In contrast to Murray et al. (2014), the STEs of air mass 93 

and ozone concentration in this study are directly quantified using the widely used lowermost 94 

stratosphere mass budget approach (e.g., Appenzeller et al. 1996). While this approach cannot 95 

isolate the locations of STE events, it can accurately estimate the net mass fluxes of air, ozone, 96 

and other species across the tropopause over the NH and Southern hemisphere (SH) extratropics, 97 

tropics, and globe – our focus here. This approach is often used as an important constraint and 98 

reference to assess estimates obtained with other techniques (e.g., Stohl et al., 2003; Škerlak et 99 

al., 2014). Note that the air mass net flux across the tropopause, derived using the mass budget 100 

approach (e.g., Appenzeller et al., 1996), is the difference of two much larger opposing one-way 101 

fluxes (i.e., stratosphere-to-troposphere and troposphere-to-stratosphere transports). While the 102 

magnitude of estimated one-way air mass fluxes depends on the smallest resolved length and 103 

time scales (e.g., Wernli and Bourqui, 2002; Hall and Holzer, 2003; Orbe et al., 2012), the air 104 

mass net fluxes, especially on seasonal or longer timescales, are not sensitive to the details of 105 

resolved near-tropopause phenomena (Holton et al., 1995; Yang et al., 2016). In this study, the 106 

net mass fluxes across the tropopause, i.e., the net stratosphere-troposphere exchange, is simply 107 

referred to as the stratosphere-troposphere exchange. 108 

 109 

In this lowermost stratosphere mass budget approach, the 380 K isentropic surface, lying just 110 

above the tropical tropopause, is often used as the upper boundary of the lowermost stratosphere. 111 

However, the upper boundary of the lowermost stratosphere is expected to change with the 112 

changing tropical tropopause in different climates.   Here we deploy the budget approach but use 113 

a dynamic upper isentropic surface boundary determined by fitting to the tropical tropopause for 114 
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each climate, i.e., a different boundary for the LGM versus PI. We find that the magnitude of the 115 

global ozone STE is decreased by 15-21% in the LGM versus PI, mainly due to smaller ozone 116 

concentrations in the extratropical lower stratosphere resulting from a weakening of BDC during 117 

the LGM. We also show that ozone STE in the LGM is 28% of the tropospheric ozone 118 

production rate as compared to 19% in the PI climate. 119 

 120 

Sections 2 and 3 describe model experiments and the method used, respectively. The main 121 

results are presented in section 4. Section 5 gives the summary and conclusions. 122 

 123 

2. Model Experiments  124 

We analyze the simulations from Fu et al. (2020a, 2020b) and Wang et al. (2020), who used 125 

WACCM6 with 70 vertical levels up to 140 km and a horizontal resolution of 0.9
०

 latitude by 126 

1.25
०

 longitude (Gettelman et al., 2019). WACCM6 has a realistic, internally generated quasi-127 

biennial oscillation in the stratosphere (Garcia and Richter, 2019; Gettelman et al., 2019; Fu et 128 

al., 2020b). The BDC in WACCM6 agrees well with ERA-Interim (Fu et al., 2020a). The 129 

WACCM model provides a realistic evolution of the SH springtime ozone hole over the latter 130 

half of the twentieth century (Solomon et al., 2015). Relative to previous versions of the 131 

WACCM, the updated tropospheric chemistry scheme used in WACCM6 leads to improvements 132 

in the tropospheric ozone representation when compared to observations (Emmons et al., 2020).  133 

 134 

Four simulations are analyzed in this study, consisting of 1) LGM simulation with prescribed sea 135 

surface temperatures (SSTs) derived from models (LGMPMIP3), 2) LGM simulation with the 136 

SSTs based on proxy data (LGMPROXY), 3) Preindustrial climate simulation (PI), and 4) modern 137 
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climate simulation (MC). The MC simulation is used here to compare with previous 138 

observational and modeling studies (e.g., Gettelman et al., 1997; Olsen et al., 2004; Hsu et al., 139 

2005; Olsen et al., 2013; Yang et al., 2016; Wang and Fu, 2021), providing confidence in the 140 

WACCM6-derived STEs. We analyze simulations from Year 11-40, with the first 10 years 141 

discarded for spin-up. The greenhouse gas concentrations and orbital parameters in the 142 

simulations correspond to the LGM, PI, and MC conditions (Fu et al., 2020a, 2020b; Wang et al., 143 

2020). For the PI (MC) simulation, the observed climatology SSTs and sea ice of years 1870-144 

1890 (1980-2000) with a seasonal cycle (Rayner et al., 2003) are used. The SSTs and sea ice in 145 

LGMPMIP3 are taken from the model differences between the LGM and MC simulations plus 146 

corresponding observed SSTs/sea ice in the MC (Fu et al., 2020a, 2020b). For LGMPROXY, the 147 

SSTs are taken from the MARGO proxy data (Kucera et al., 2005), and with the same sea ice as 148 

in LGMPMIP3. WACCM6 is coupled with the CLM4.0 land model (Oleson et al., 2010) and 149 

utilizes the CLM4.0 LGM lower boundary conditions from the CESM Paleo Working group 150 

(Brady et al., 2013). The ice sheet topography in the LGM simulations is from Abe-Ouchi et al. 151 

(2015). More details of the model setup are provided in Fu et al. (2020a, 2020b) and Wang et al. 152 

(2020).  153 

 154 

3. Analysis method  155 

Figure 1 shows a schematic of the components involved in the air mass and ozone STEs for the 156 

methods of (a) Appenzeller et al. (1996), (b) Wang and Fu (2021), and (c) the present study. In 157 

the lowermost stratosphere mass budget approach, the 380 K isentropic surface just lying above 158 

the tropopause in the tropics (e.g., Holton et al., 1995), is often used as the upper boundary of the 159 

lowermost stratosphere (e.g., Appenzeller et al., 1996; Schoeberl 2004; Olsen et al., 2004; Olsen 160 
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et al., 2013; Yang et al., 2016; Wang and Fu, 2021). However, for different climates, the upper 161 

boundary of the lowermost stratosphere is also expected to change with the tropical tropopause. 162 

In this study, we propose the dynamic upper isentrope method (Figure 1c) that uses a dynamic 163 

isentropic surface as the upper boundary of the lowermost stratosphere, which is determined by 164 

fitting to the tropical lapse rate tropopauses (WMO, 1957) in different climates.  This is 165 

distinctly different from a constant 380 K isentrope used in Appenzeller et al. (1996) (Figure 1a) 166 

and Wang and Fu (2021) (Figure 1b). The dynamic upper isentropic surface (red solid line in 167 

Figure 1c) is determined by minimizing the difference between the isentropic levels ranging 168 

from 360 K to 390 K with a 1 K interval and the lapse rate tropopause over the regions 169 

equatorward of the latitudes with zero tropopause diabatic heating.  These fitted upper isentropic 170 

surfaces are 373 K, 370 K, 361 K, 365 K in the MC, PI, LGMPMIP3, and LGMPROXY, respectively. 171 

Following Schoeberl (2004) and Wang and Fu (2021), a 3.5 potential vorticity unit (PVU) 172 

surface (1 PVU = 10
6
 m

2
 K kg

-1
 s

-1
) is used as the extratropical tropopause, and the tropopause at 173 

the tropics is the fitted upper isentrope. The regions poleward of the zero diabatic heating at the 174 

fitted upper isentrope are defined as the extratropics, while the equatorward regions are defined 175 

as the tropics. The light blue shaded regions between the 3.5 PVU tropopause and the upper 176 

isentropic surface constitute the extratropical lowermost stratosphere (Figure 1c). The dynamic 177 

upper isentrope method avoids the gap between the tropical tropopause and upper isentropic 178 

surface in the tropics (i.e., the light red shading in Figure 1b) and thus the horizontal transport 179 

between the tropical and extratropical lowermost stratospheres. The latter is not part of the STEs 180 

(see Schoeberl (2004) and Wang and Fu (2021) for details). The comparison of air mass and 181 

ozone STEs between Wang and Fu (2021) and dynamic upper isentrope methods is discussed in 182 

the Appendix for the modern climate. 183 
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 184 

The definition of extratropics/tropics boundaries has little impact on the estimated global STEs, 185 

but does have a large impact on the STE partitioning over the NH extratropics, SH extratropics, 186 

and the tropics. The annual- and zonal-mean extratropics/tropics boundaries in the dynamic 187 

upper isentrope method are similar in all climates, and are located at about 32-33
०  

N and 31-32
०  

188 

S. Different from the dynamic upper isentrope method, Appenzeller et al. (1996) used a constant 189 

isentropic surface of 380 K and defined the extratropics/tropics boundaries as the cross point 190 

between the PVU tropopause and 380 K isentrope (Figure 1a).  The derived annual- and zonal-191 

mean extratropics/tropics boundaries are about 17
०

 N, 15
०

 N, 11
०

 N, 11
०

 N in the NH, and 18
०

 192 

S, 16
०

 S, 11
०

 S, 11
०

 S in the SH for the MC, PI, LGMPMIP3, and LGMPROXY, respectively.  The 193 

equatorward shifts of extratropics/tropics boundaries in the colder climate here are due to a lower 194 

tropopause (see Figure 2 in Wang et al., 2020) but higher 380 K isentrope (not shown). 195 

Therefore, a constant 380 K upper isentropic surface would lead to an apparent reduction in the 196 

downward air mass and ozone flux over the extratropics in the cold climate as compared with 197 

MC, which is not related to the change in climate, but rather to the change in defined 198 

extratropics/tropics boundaries.  This is because more portions of the upwelling region between 199 

∼30
०  

N/S and the defined boundary latitudes are included, which then partly compensates the 200 

downward flux poleward of about 30
०  

N/S (see Figure 1a). 201 

 202 

The air mass flux across the tropopause (Ftrop) can be calculated from the sum of the diabatic air 203 

mass flux across the fitted upper isentrope (Fupper) and the rate of change in the lowermost 204 

stratosphere air mass (
𝑑𝑀

𝑑𝑡
),  205 
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𝐹𝑡𝑟𝑜𝑝 = 𝐹𝑢𝑝𝑝𝑒𝑟 +

𝑑𝑀

𝑑𝑡
 

(1) 

The diabatic flux across the upper isentrope can be derived from∬ 𝑄𝜎 𝑑𝐴, where 𝑄 = 𝑅


𝑇
   is the 206 

diabatic heating rate,  𝜎 = −𝑔−1 𝜕𝑝

𝜕𝜃
 is isentropic density, R is the radiative heating rate, 𝜃 is the 207 

potential temperature, T is the temperature, p is pressure, g is the gravitational acceleration 208 

constant, and A is the area over the NH extratropics, SH extratropics, and tropics. Over the 209 

tropics where the tropopause is the fitted upper isentropic surface, Ftrop = Fupper.  The summation 210 

of the fluxes over the NH and SH extratropics is hereafter referred to as the flux over the 211 

extratropics, and the summation of the fluxes over the extratropics and tropics as that over the 212 

globe. In Equation 1, Fupper is positive for the upwelling flux while Ftrop is positive for the flux 213 

entering the stratosphere (lowermost stratosphere) over the tropics (extratropics). Schoeberl 214 

(2004) extended Appenzeller et al. (1996) by further dividing Ftrop into diabatic (Ftrop-d) and 215 

adiabatic (Ftrop-a) components. Ftrop-d  is calculated using the same method as the diabatic flux 216 

across the upper isentrope but on the tropopause surface. The adiabatic flux is then the residual 217 

of Ftrop and Ftrop-d.   218 

 219 

Similarly, the net ozone flux across the tropopause (𝐹𝑡𝑟𝑜𝑝
𝑂3 ) can be derived from the diabatic 220 

ozone flux at the fitted upper isentropic surface, 𝐹𝑢𝑝𝑝𝑒𝑟
𝑂3 , and the rate of change of the ozone mass 221 

in the lowermost stratosphere, 
𝑑𝑂3

𝑑𝑡
, with an added term for ozone net chemical source (CTO3),  222 

 
𝐹𝑡𝑟𝑜𝑝

𝑂3  =  𝐹𝑢𝑝𝑝𝑒𝑟
𝑂3  +  

𝑑𝑂3

𝑑𝑡
 −  𝐶𝑇𝑂3 

(2) 

where CTO3 is calculated by integrating ozone net chemical sources at every level and grid point 223 

within the lowermost stratosphere. As in Equation 1, Equation 2 is applied to the NH and SH 224 
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extratropics to derive ozone STEs. In the tropics, 𝐹𝑡𝑟𝑜𝑝
𝑂3  =  𝐹𝑢𝑝𝑝𝑒𝑟

𝑂3 . Likewise, the tropopause net 225 

ozone flux (𝐹𝑡𝑟𝑜𝑝
𝑂3 ) over the extratropics can be separated into tropopause diabatic (𝐹𝑡𝑟𝑜𝑝−𝑑

𝑂3 ) and 226 

adiabatic ozone fluxes (𝐹𝑡𝑟𝑜𝑝−𝑎
𝑂3 ). 227 

 228 

The derived global air mass fluxes at the upper isentrope may not be zero. Therefore, following 229 

Olaguer et al. (1992) and Rosenlof (1995), the diabatic heating rate at the fitted upper isentrope 230 

is adjusted by subtracting or adding a constant to produce a global zero net air mass flux for each 231 

month. Hereafter, ‘diabatic heating’ refers to the diabatic heating after the adjustment, unless 232 

otherwise indicated. The following results are based on monthly data, and the results are quite 233 

similar to those derived using daily data (not shown). 234 

 235 

4. Results 236 

4.1 Air mass and ozone STEs  237 

The seasonal evolution of air mass and ozone STEs during the PI are shown in Figure 2, based 238 

on the dynamic upper isentrope method. Tables 1 and 2 give the annual mean air mass and ozone 239 

fluxes during the PI, LGMPMIP3, and LGMPROXY, with relative differences for the LGMPMIP3 and 240 

LGMPROXY versus PI shown in the parentheses. Note that we show the negative of ozone net 241 

chemical source in the lowermost stratosphere (CTO3) in Table 2, Table 3, Figure 2, Table S1, 242 

Figure S1, and Figure S2. The tropopause net air mass fluxes during the MC as compared to PI 243 

(Table S1a versus Table 1a) are increased by 4%, 1%, and 3% over the NH extratropics, SH 244 

extratropics, and the tropics, which are all statistically significant. For reference, the interannual 245 

variabilities of tropopause net air mass fluxes, measured by one standard deviation of annual-246 

mean values divided by the climatic mean, during the MC (PI) are 1.5% (1.9%), 2.6% (2.8%), 247 
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and 1.2% (1.6%) over the NH extratropics, SH extratropics, and the tropics, respectively. Using 248 

the Appenzeller et al. (1996) approach with a constant 380 K upper isentropic surface, by 249 

contrast, the air mass fluxes for MC versus PI are increased by ~30% over all regions including 250 

NH and SH extratropics, and the tropics (not shown). These large increases are mainly because 251 

of the poleward shifts of the extratropics/tropics boundary latitudes from ~15
०

 N/S during the PI 252 

to ~18
०

 N/S during the MC, which are largely a matter of definition. Using the Wang and Fu 253 

(2021) method, the tropopause net air mass fluxes for the MC versus PI are increased by ~ 10% 254 

over the NH and SH extratropics, and the tropics (not shown). Note that the gap between the 255 

tropical tropopause and 380 K in the Wang and Fu (2021) approach would decrease in a 256 

warming climate, which would affect the estimates of the STE changes over the extratropics and 257 

tropics.  Below we examine the STE changes during the LGM versus PI based on the dynamic 258 

upper isentrope method. 259 

 260 

Compared to the PI, the tropopause net air mass fluxes in the LGM are decreased by 0.3-2% over 261 

the SH extratropics, but increased by 5-7% and 2-4% over the NH extratropics and the tropics 262 

(Table 1). The interannual variabilities of tropopause net air mass fluxes during the LGMPMIP3 263 

(LGMPROXY) are 2.4% (2%), 1.8% (2.2%), and 1.4% (1.4%) over the NH extratropics, SH 264 

extratropics, and the tropics, respectively. As shown in Figure 3a, the magnitudes of diabatic 265 

heating are generally decreased, associated with a weakening BDC for the LGM versus PI. The 266 

effect of the weakening BDC, however, is canceled out by increased isentropic density (Figure 267 

3b), leading to increases in air mass STEs in the NH extratropics and the tropics. For the LGM 268 

versus PI, the tropopause diabatic air mass fluxes are increased over the NH extratropics and the 269 

tropics, but the changes are inconclusive over other regions (Table 1).  The changes in 270 



 

 13 

tropopause adiabatic air mass fluxes for the LGM versus PI are inconclusive in all regions (Table 271 

1). 272 

 273 

The tropopause net ozone fluxes are decreased by 14-19%, 18-24%, 18-23%, 16-21%, 15-21% 274 

over the NH and SH extratropics, the tropics, the extratropics, and the globe, for the LGM versus 275 

PI (Table 2). The reduction in tropopause net ozone fluxes in the colder climate is largely due to 276 

the reductions of ozone concentration over all regions, driven by different factors in the tropics 277 

versus the extratropics (explained in detail in Section 4.2 below). Like the tropopause net ozone 278 

fluxes, the tropopause diabatic ozone fluxes are decreased by 13-24% over all regions for the 279 

LGM versus PI. The tropopause adiabatic ozone fluxes are small (Olsen et al., 2004; Wang and 280 

Fu 2021), and their changes in the LGM as compared to PI are inconclusive (Table 2). In the 281 

extratropical lowermost stratosphere, there are net ozone chemical sinks, which are larger in the 282 

LGM as compared to the PI (Table 2); this may be related to the increased stratospheric 283 

temperature and thus faster ozone loss reaction rates during the LGM (Wang et al., 2020).  284 

 285 

Although the approach of Wang and Fu (2021) might not be suitable to derive the changes in air 286 

mass and ozone STEs over extratropics and tropics for different climates, it can derive the global 287 

STEs accurately (Wang and Fu, 2021). Table 3 shows the global ozone STEs in the PI, 288 

LGMPMIP3, and LGMPROXY using the Wang and Fu (2021) method. There is excellent agreement 289 

for the global tropopause net ozone fluxes using the dynamic upper isentrope method (i.e., 367, 290 

291, and 312 Tg year
-1 

during the PI, LGMPMIP3, and LGMPROXY, respectively) and Wang and Fu 291 

(2021) method (i.e., 367, 287, and 308 Tg year
-1

,
 
correspondingly). The relative changes in the 292 
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global tropopause net ozone fluxes during the LGM versus PI from the two methods are almost 293 

identical. 294 

 295 

We also examine the changes in ozone STEs during the MC versus PI using the dynamic upper 296 

isentrope method (Table S1c versus Table 2a). The tropopause net ozone fluxes are increased by 297 

25%, 54%, and 9% over the NH extratropics, the tropics, and the extratropics, but decreased by 298 

13% and 1% over the SH extratropics and the globe. The decreased ozone STE over the SH 299 

extratropics is due to a large ozone depletion there in the MC (Solomon, 1999).  300 

 301 

4.2 Causes of STE changes during the LGM versus PI 302 

The annual-mean tropopause net air mass and ozone fluxes and changes are well approximated 303 

by the annual-mean diabatic fluxes and changes across the fitted upper isentropic surfaces 304 

(Tables 1 and 2). Here we examine the role of individual factors, including the diabatic heating, 305 

isentropic density, extratropics/tropics boundary, and ozone concentrations, in the changes of 306 

annual-mean diabatic air mass and ozone fluxes across the upper isentropic surface during the 307 

LGM versus PI.  308 

 309 

Figure 3 shows the latitudinal distributions of annual-mean zonal-mean diabatic heating, 310 

isentropic density, ozone mass mixing ratio at the fitted upper isentrope during the PI, LGMPMIP3, 311 

and LGMPROXY (upper panel), and the corresponding differences for the LGMPMIP3 and 312 

LGMPROXY versus PI (lower panel).  The diabatic heating is positive over the tropics and 313 

negative over the extratropics (Figure 3a). Relative to the PI, the change of diabatic heating in 314 

the LGM is generally the reverse of the climatology (Figure 3e), consistent with a weakening of 315 
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the BDC in the LGM (Fu et al., 2020a). The reduced diabatic cooling (i.e., weakening of BDC) 316 

around 40
०  

N -50
०  

N is alleviated in the LGMPMIP3 versus PI, and the diabatic cooling over this 317 

region is even enhanced (i.e., stronger BDC) in the LGMPROXY versus PI; this may be related to 318 

the local intensification of the BDC induced by the Laurentide ice sheet (Fu et al., 2020a; Wang 319 

et al., 2020).  320 

 321 

Figure 4 is the same as Figure 3, but for longwave and shortwave diabatic heating. No 322 

adjustment is applied to the longwave and shortwave heating rates. The latitudinal dependence in 323 

the shape of changes in diabatic heating for LGM versus PI is similar to that associated with the 324 

longwave heating, while the changes in shortwave heating shift the diabatic heating down by 325 

~0.05 K day
-1

 (Figure 4). Gettelman et al. (2004) examined the importance of various radiatively 326 

active gases for the radiation balance at the tropical tropopause layer, and found that water vapor 327 

makes the largest contribution to the radiation balance there, while carbon dioxide and ozone 328 

also play some role (see Figure 5 in Gettelman et al., 2004). As shown in Wang et al. (2020), the 329 

stratospheric water vapor in the LGM compared to the PI is decreased everywhere because of the 330 

lower methane concentration and colder tropopause temperature in the LGM. Therefore, the 331 

reduced longwave cooling rate at the extratropics for the LGM versus PI (Figure 4c) is largely 332 

due to the reduced longwave cooling by water vapor. The reduced longwave cooling by water 333 

vapor for the LGM versus PI leads to increased longwave heating in the tropics (Figure 4c). 334 

Relative to the PI, the shortwave heating is decreased in the LGM everywhere, with small 335 

latitudinal variations (Figure 4d), due to lower concentrations of water vapor and carbon dioxide 336 

in the LGM.  337 

 338 
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For the LGM versus PI, the isentropic density is increased at all latitudes (Figures 3b and 3f), 339 

which is due to the lower upper isentropic surface (Figure 3d and 3h) corresponding to the lower 340 

tropical tropopause in the LGM (see also Figure 2 in Wang et al., 2020).  The ozone 341 

concentrations for the LGM versus PI are decreased at all latitudes (Figures 3c and 3g). The 342 

weakening of the BDC (Fu et al., 2020a; Wang et al., 2020) can explain the decreases of ozone 343 

concentrations in the lower stratosphere over the extratropics. In the tropics, the reduced ozone 344 

concentrations near the tropopause are due to decreased tropospheric ozone production (Wang et 345 

al., 2020).  346 

 347 

We quantify the changes in air mass and ozone STEs due to changes in extratropics/tropics 348 

boundary, isentropic density, diabatic heating, and ozone concentrations following the method in 349 

Wang and Fu (2021). For LGMPMIP3 versus PI, we first replace PI extratropics/tropics boundary 350 

with LGMPMIP3 extratropics/tropics boundary, but retain the PI isentropic density, diabatic 351 

heating, and ozone. Then we further replace PI isentropic density with LGMPMIP3 isentropic 352 

density but retain PI diabatic heating and ozone. We continue replacing PI diabatic heating with 353 

LGMPMIP3 diabatic heating but retain PI ozone. Finally, we replace the PI ozone with the 354 

LGMPMIP3 ozone (i.e., using all fields from LGMPMIP3). The flux differences between the two 355 

calculations are referred to as the flux differences due to the variable replaced. The order of the 356 

replacement only has a minor impact on the results (not shown). Note that this approach neglects 357 

the interactions among the variables considered (e.g., the coupling between changes in ozone and 358 

diabatic heating). The same calculation for the LGMPROXY versus PI is also performed. Different 359 

from Wang and Fu (2021), we do not make a diabatic heating adjustment after replacing the PI 360 
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diabatic heating or isentropic density with fields in the LGM since we investigate the STE 361 

changes between different climates.  362 

 363 

Figure 5 shows that for the LGM versus PI, the changes in air mass fluxes over the NH 364 

extratropics (Figure 5a) are dominated by the increases associated with increased isentropic 365 

density, compensated slightly by the decreases associated with increased diabatic heating (i.e., a 366 

weakening of the BDC). On the other hand, there are slight decreases in air mass fluxes over the 367 

SH extratropics for the LGM versus PI (Figure 5c). This is because of the large cancellation 368 

between the decreases due to diabatic heating changes and the increases associated with 369 

isentropic density. The cancellation between the diabatic heating and isentropic density may be 370 

due to the tight coupling between the diabatic heating and temperature in the lowermost 371 

stratosphere. Over the tropics, there are increases in air mass fluxes for the LGM versus PI due to 372 

the increases in isentropic density (Figure 5e). The changes in extratropics/tropics boundaries 373 

also play some role, which leads to a slight decrease in air mass fluxes over all regions (Figures 374 

5a, 5c, and 5e).  375 

 376 

The relative changes in ozone STEs are negative over all regions for the LGM versus PI, mainly 377 

due to the decreased ozone concentrations (Figures 5b, 5d, 5f, 5g). The decreased ozone in the 378 

extratropical lower stratosphere (Wang et al., 2020) leads to less ozone flux from the stratosphere 379 

to the troposphere over extratropics (Table 2).  On the other hand, the decreased ozone at the 380 

tropical tropopause results in less ozone flux from the troposphere to the stratosphere over the 381 

tropics (Table 2).  These two terms have opposite contributions to the changes in the global 382 

tropospheric ozone budget for the LGM versus PI, but the decreased extratropical ozone 383 
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dominates. Thus, the decreased net ozone fluxes from the stratosphere to the troposphere over 384 

the globe are mainly caused by the weakening of the BDC through its impact on the ozone 385 

concentrations in the extratropical lower stratosphere (Table 2). The contributions to the ozone 386 

STEs from changes in the extratropics/tropics boundaries are generally small (Figures 5b, 5d, 387 

and 5f). As expected, the extratropics/tropics boundaries have no impact on the global ozone 388 

STEs (Figure 5g). 389 

 390 

4.3 Tropospheric ozone budget  391 

Ozone STE is a crucial component for the tropospheric ozone budget (e.g., Stohl et al., 2003; 392 

Bates and Jacob, 2020; Griffiths et al., 2020). Table 4 shows the global tropospheric ozone 393 

burden, ozone lifetime, ozone chemical production and loss rate, ozone deposition, and ozone 394 

STEs in all climate simulations. The residuals of tropospheric ozone production, loss, deposition, 395 

and ozone STEs are also shown in Table 4. The tropospheric ozone lifetime in Table 4 is 396 

calculated by dividing the tropospheric ozone burden by the total ozone losses (chemical loss 397 

plus deposition). The tropopause (i.e., a combination of 3.5 PVU tropopause and the fitted upper 398 

isentrope) is used as the upper boundary of the troposphere for the vertical tropospheric column 399 

integration.  400 

 401 

In the MC, the tropospheric ozone burden, ozone production rate, ozone loss rate, ozone 402 

deposition flux, and tropospheric ozone lifetime are all in the range reported by previous studies 403 

(e.g., Young et al., 2013; 2018). The ozone STE over the extratropics in the MC (484 Tg year
-1

 404 

in Table S1c) is quite similar to the stratospheric ozone influx (469-479 Tg year
-1

) obtained using 405 

the CESM2 simulations for the year 2013 (Emmons et al., 2020) (see their Table 3). Note that 406 
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the residuals of the tropospheric ozone budget (i.e., summation of ozone production rate, loss, 407 

deposition, and ozone STE) in Emmons et al. (2020) are 217-287 Tg year
-1

, quite close to our 408 

residual (i.e., 220 Tg year
-1

) without considering the tropical upward ozone flux in the MC. By 409 

contrast, the residual of the tropospheric ozone budget in the MC becomes much smaller (i.e., 410 

100 Tg year
-1

) after considering the tropical upward ozone flux (Wang and Fu, 2021). 411 

 412 

In the PI simulation, the tropospheric ozone burden, tropospheric ozone production rate, ozone 413 

loss rate, and ozone deposition flux are all much smaller than the MC. Such a result is in line 414 

with past studies, showing a significant increase of tropospheric ozone since the preindustrial 415 

because of higher photochemical ozone production related to anthropogenic emission of NOx, 416 

hydrocarbons, and CO from the combustion of fossil fuels (e.g., Young et al., 2013).  During the 417 

LGM, the tropospheric ozone burden, tropospheric ozone production rate, ozone loss rate, and 418 

ozone deposition flux are 135-137 Tg, 1071-1086 Tg year
-1

, 1090-1136 Tg year
-1

, 315-318 Tg 419 

year
-1

, respectively.  The decreased tropospheric ozone burden, and ozone production and loss 420 

rates in the LGM versus PI may be related to the reduced surface emissions of ozone precursor 421 

gases (Wang et al., 2020). The reduced ozone deposition flux may be related to both surface land 422 

types (e.g., widespread ice sheets in the NH) and a decreased tropospheric ozone burden. On the 423 

relative contribution of ozone STE to the tropospheric ozone budget, Table 4 shows that ozone 424 

STE in the LGM is ~28% of the tropospheric ozone production rate, as compared to only 9% in 425 

the modern climate (year 2000) and 19% in the PI. The tropospheric ozone lifetimes are 34-35 426 

days in the LGM, which are longer than the PI and MC, consistent with Murray et al. (2014). 427 

The residuals of the tropospheric ozone budget are positive for MC but negative for PI and 428 

LGM, which have a magnitude less than 100 Tg/yr in all simulations (Table 4). The non-zero 429 
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residuals may be related to the fast chemical cycles between ozone and hydrogen oxide (HOx) 430 

and will be further investigated in the future. 431 

 432 

5. Conclusion and discussion 433 

This study investigates air mass and ozone STEs in the LGM versus PI based on WACCM6 434 

simulations using the lowermost stratosphere mass budget approach with dynamic upper 435 

isentropic surfaces obtained by fitting to tropical tropopauses in different climates. Our analysis 436 

shows that the budget approach with a fixed upper isentropic surface (e.g., 380 K) is not suitable 437 

for examining the STE changes in response to climate changes.  438 

 439 

As compared to the PI, the tropopause net air mass flux is decreased by 0.3-1.5% over the SH 440 

extratropics, but increased by 5-7% over the NH extratropics, and 2-4% over the tropics in the 441 

LGM.  The relatively small changes in air mass fluxes and their different signs over different 442 

regions are due to the compensating effects of changes in diabatic heating related to a weakening 443 

of the BDC, along with increased isentropic density related to the lower tropopause in the LGM.  444 

The ozone fluxes for the LGM versus PI are decreased by 14-19%, 18-24%, 18-23%, 16-21%, 445 

15-21% over the NH extratropics, SH extratropics, the tropics, the extratropics, and the globe, 446 

respectively, mainly caused by decreased ozone concentrations at the fitted upper isentrope over 447 

all latitudes. Over the extratropics, the decreased ozone concentrations for the LGM versus PI are 448 

caused by the weakening of BDC, while the decreased ozone over the tropics is due to a 449 

decreased tropospheric ozone production related to the reduced surface emissions of ozone 450 

precursor gases. The contribution of the ozone STE change over the extratropics and that over 451 

the tropics to the global tropospheric ozone budget have opposite signs, but the former dominates.  452 



 

 21 

The reduced ozone STE source to the global tropospheric ozone budget in the LGM versus PI is 453 

thus mainly caused by decreased ozone concentrations over the extratropics related to a 454 

weakening of BDC.  The impact of the BDC through air mass flux changes plays only a small 455 

role in the ozone STE changes. The contributions from extratropics/tropics boundary changes are 456 

generally small for both air mass and ozone STEs.  457 

 458 

On the tropospheric ozone budget, relative to the PI, the tropospheric ozone burden, ozone 459 

production rate, ozone loss rate, and ozone deposition in the LGM are all decreased, and the 460 

tropospheric ozone lifetime in the LGM is increased, in line with Murray et al. (2014). It is also 461 

shown that ozone STE in the LGM is ~28% of the tropospheric ozone production rate, as 462 

compared to the fraction of 9% in the modern climate (year 2000) and 19% in the PI. 463 

 464 

Appendix: Various lowermost stratosphere mass budget approaches  465 

Following Schoeberl (2004), Wang and Fu (2021) used the combined tropopause (i.e., 3.5 PVU 466 

tropopause over the extratropics but lapse rate tropopause over the tropics, with the transition 467 

latitudes identified where the 3.5 PVU tropopause crosses the lapse rate tropopause) along with a 468 

380 K isentropic surface as the upper boundary of the lowermost stratosphere (see Figure 1b). 469 

Wang and Fu (2021) estimated the STE of air masses and ozone concentrations based on 470 

reanalysis and observations over both the extratropics and the tropics. They defined the boundary 471 

latitudes between the extratropics and tropics as those where the tropopause diabatic heating is 472 

zero (white vertical lines in Figure 1b), which occurs at ∼30 N/S. Wang and Fu (2021) showed 473 

that the global ozone STE averaged over 2007–2010 is about 350 Tg year
−1

. A key finding was 474 
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that the tropical upward ozone flux compensates ~35% of the extratropical downward ozone 475 

fluxes and should not be neglected. 476 

 477 

As noted in Wang and Fu (2021), the derived net fluxes across the tropopause over the 478 

extratropics and tropics using the Schoeberl (2004) method include the exchanges of air mass 479 

and ozone across the gaps between the tropopause and 380 K at the extratropics/tropics boundary 480 

latitudes (white vertical lines in Figure 1b). The strong anticyclonic vortex in the upper 481 

troposphere and lower stratosphere associated with the Asian summer monsoon can contribute to 482 

this horizontal transport between the extratropics and the tropics (Randel et al., 2010; Randel and 483 

Jensen, 2013). Those horizontal fluxes across the gaps, however, do not have any impact on the 484 

estimated global air mass and ozone STEs (Wang and Fu, 2021). On the other hand, in 485 

Appenzeller et al. (1996) method (Figure 1a), the boundaries between the extratropics and 486 

tropics are the cross points between the 3.5 PVU tropopause and the 380 K isentrope that is 487 

considered as the tropical tropopause, which are at ~20 N/S. Thus, there are no gaps between 488 

380 K and the tropical tropopause in the Appenzeller et al. (1996) method.  Wang and Fu (2021) 489 

showed that there is little difference in estimated global ozone STEs using the Schoeberl (2004) 490 

versus Appenzeller et al. (1996) methods, but the partition of the global ozone STE between the 491 

extratropics and tropics does depend on the methods used.  This is mainly because of the 492 

differences in the extratropics/tropics boundary latitudes between the two methods. The 493 

exchanges of air mass and ozone across the gaps between the tropopause and 380 K in the 494 

Schoeberl (2004) approach, which is not part of the STEs, also impact the partitioning of the 495 

global ozone STE over the extratropics and tropics.  496 

 497 
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Table S1 shows the annual-mean air mass and ozone fluxes in the MC using the dynamic upper 498 

isentrope method and those following the Wang and Fu (2021) method, with the corresponding 499 

seasonal cycle shown in Figures S1 and S2. The MC results using the Wang and Fu (2021) 500 

method (Table S1b and S1d, Figure S2) are in good agreement with reanalysis and observational 501 

results using the same method (Tables 1, 2, and Figure 2 in Wang and Fu, 2021), except for a 502 

smaller seasonal variation of tropopause net ozone flux over the SH extratropics in the 503 

WACCM6 MC simulation (Figure S2d). In accordance with earlier studies (e.g., Olsen et al., 504 

2004; Hegglin and Shepherd, 2009), the CTO3 in the lowermost stratosphere over the NH 505 

extratropics (~4 Tg year
-1

) is negligible (Table S1d). On the other hand, we find a larger ozone 506 

chemical sink of ~25 Tg year
-1

 over the SH extratropics in the MC because of ozone depletion 507 

there (Solomon, 1999). It is also interesting to note an ozone chemical source of ~22 Tg year
-1

 508 

over the tropics, but the CTO3 term over the globe is small (i.e., 7 Tg year
-1

) (Table S1d).  509 

 510 

The magnitudes of annual mean of tropopause net air mass fluxes in the MC based on the 511 

dynamic upper isentrope method are larger than those using the Wang and Fu (2021) method 512 

(Table S1a versus Table S1b). This is because of the lower fitted upper isentropic surface (i.e., 513 

373 K versus 380 K). On the other hand, the tropopause net ozone fluxes over all regions from 514 

the two methods agree well (Table S1c versus Table S1d). The seasonal evolutions of air mass 515 

and ozone STEs in the MC using the two methods are also quite similar (Figure S1 versus Figure 516 

S2). See Wang and Fu (2021) for the comparison of the Appenzeller et al. (1996) and the Wang 517 

and Fu (2021) methods. 518 

 519 
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Table 1. Annual-mean diabatic air mass fluxes across the upper isentropic boundary of the 708 

lowermost stratosphere, rate of change of the lowermost stratosphere air mass, and 709 

tropopause net, diabatic, and adiabatic air mass fluxes (10
9 
kg s

-1
), over the Northern 710 

hemisphere (NH) extratropics, the Southern hemisphere (SH) extratropics, the tropics, the 711 

extratropics, and the globe from the WACCM6 pre-industrial (PI) simulation and the Last 712 

Glacial Maximum (LGM) simulations with prescribed sea surface temperature (SST) 713 

from the PMIP3 models (LGMPMIP3) and proxy data (LGMPROXY). The upper isentropic 714 

boundary is determined by fitting to the tropical lapse rate tropopause. The fitted upper 715 

isentropic surfaces are 370 K, 361 K, 365 K in the PI, LGMPMIP3, LGMPROXY, 716 

respectively. Numbers in parentheses are relative changes for LGM versus PI, which are 717 

in bold representing statistically significant at 95% confidence level, according to the 718 

Student’s t test, with degrees of freedom adjusted for autocorrelation.  719 

Table 2. The same as Table 1 but for ozone fluxes (Tg year
-1

), with an added term for negative of 720 

ozone net chemical source in the lowermost stratosphere (CTO3) (positive indicates 721 

ozone net chemical sink in the lowermost stratosphere and vice versa).  722 

Table 3.  Global annual-mean diabatic ozone fluxes across the 380 K isentropic surfaces, rate of 723 

change of the lowermost stratosphere ozone mass (dO3/dt), negative of ozone net 724 

chemical source in the lowermost stratosphere (CTO3), and tropopause net, diabatic, 725 

and adiabatic ozone fluxes (Tg year
-1

) in the PI, LGMPMIP3, LGMPROXY simulations, 726 

following Wang and Fu (2021) method.  727 

Table 4. Global annual-mean tropospheric ozone burden, ozone lifetime, ozone chemical 728 

production rate, ozone chemical loss rate, ozone deposition flux, stratosphere-troposphere 729 

exchange (STE) of ozone derived from the present study, and the residual of tropospheric 730 
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ozone budget (i.e., the summation of tropospheric ozone production, loss, deposition, and 731 

ozone STE) in the WACCM6 MC, PI, LGMPMIP3, and LGMPROXY simulations. The 732 

tropospheric ozone sources (i.e., ozone production rate and ozone STE) and sinks (i.e., 733 

ozone loss rate and deposition) are shown as positive and negative values, respectively.  734 

 735 

Figure captions  736 

Figure 1. Schematic diagrams of the stratosphere-troposphere exchange of air masses and ozone 737 

concentrations for (a) Appenzeller et al. (1996), (b) Wang and Fu (2021), and (c) 738 

dynamic upper isentrope method (this study). The zero diabatic heating contour is 739 

indicated by the green dashed line. The blue solid lines in (a) and (c) are the 3.5 potential 740 

vorticity unit (PVU) tropopause, and the blue solid line in (b) is the 3.5 PVU tropopause 741 

combined with the lapse-rate tropopause in the tropics. The upper boundary of the 742 

lowermost stratosphere, represented as the red solid lines, are the 380 K isentrope in (a) 743 

and (b), and the fitted upper isentrope in (c). This fitted upper isentrope is determined by 744 

the best-fit isentrope (at a 1 K interval) for the lapse rate tropopause (blue dashed line in 745 

(c)) over the regions equatorward of the latitudes with zero tropopause diabatic heating. 746 

The tropics/extratropics boundaries in (a), (b), and (c) are defined as the cross points 747 

between 3.5 PVU tropopause and the 380 K isentrope, the zero diabatic heating at the 748 

tropopause (i.e., white vertical lines in (b)), and the zero diabatic heating at the fitted 749 

upper isentropic surfaces (i.e., black dashed vertical lines in (c)), respectively.  The 750 

latitudes of the tropics/extratropics boundaries of each method in the PI are given in the 751 

upper right corners. The light blue shading indicates the extratropical lowermost 752 

stratosphere region, and the light red shading in (b) indicates the tropical lowermost 753 
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stratosphere region.  Blue arrows indicate the tropopause net fluxes, and red arrows 754 

indicate the diabatic flux across the upper isentropic surfaces and the tropopause. Red 755 

wavy double-headed arrows represent the adiabatic flux across the tropopause; the red 756 

wavy double-headed arrows across the white vertical lines in (b) indicate the quasi-757 

horizontal transport between the tropical and extratropical lowermost stratosphere, which 758 

are not part of the stratosphere-troposphere exchanges. The isentropic surfaces of 360, 759 

340, 320, and 300 K are shown as red dashed lines, with the isentropic surface of 380 K 760 

also shown in (c) for reference. 761 

Figure 2. The seasonal cycle of tropopause net (black solid lines), diabatic (black dashed lines), 762 

and adiabatic (black dash-dot lines) air mass (left) and ozone (right) fluxes over the 763 

Northern hemisphere extratropics (a and b), Southern hemisphere extratropics (c and d), 764 

the tropics (e and f), and the globe (g) from the WACCM6 pre-industrial simulation.  Red 765 

solid lines represent the diabatic air mass (left) and ozone (right) fluxes across the fitted 766 

upper isentropic surface (i.e., 370 K isentrope). Blue solid lines represent the rate of 767 

change of the lowermost stratosphere air mass (left) and ozone mass (right). Green lines 768 

(left) represent negative of ozone net chemical source in the lowermost stratosphere 769 

(CTO3) (positive indicates ozone net chemical sink in the lowermost stratosphere and 770 

vice versa). Over the tropics, only the tropopause net fluxes are shown in panels (e) and (f) 771 

since the tropopause adiabatic fluxes are zero, and the tropopause diabatic and net fluxes 772 

are the same. 773 

Figure 3. Latitudinal distributions of annual-mean zonal-mean (a) adjusted diabatic heating (K 774 

day
-1

), (b) isentropic density (kg m
-2

 K
-1

), (c) ozone mass mixing ratio (ppm), and (d) 775 

pressure (hPa) at the fitted upper isentropic surfaces in the PI, LGMPMIP3, and LGMPROXY 776 
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simulations. Panels (e)-(h) are the corresponding changes in the LGMPMIP3 and 777 

LGMPROXY relative to the PI simulation. Lines in panels (e)-(h) that are not shaded are 778 

statistically significant at 95% confidence level, according to the Student’s t test, with 779 

degrees of freedom adjusted for autocorrelation.  780 

Figure 4. The same as Figure 3 but for longwave (left) and shortwave (right) heating rates (K day 781 

-1
) at the fitted upper isentropic surfaces. No adjustment is applied to the longwave and 782 

shortwave heating rates.  783 

Figure 5. Relative differences (gray colors) in annual-mean air mass (left) and ozone (right) 784 

diabatic fluxes at the fitted upper isentropic surfaces over the Northern hemisphere 785 

extratropics (a and b), Southern hemisphere extratropics (c and d), the tropics (e and f), 786 

and the globe (g) for LGMPMIP3 versus PI and LGMPROXY versus PI. Red, blue, orange, 787 

and cyan colors indicate the relative differences of diabatic fluxes due to the differences 788 

in diabatic heating, isentropic density, ozone mass mixing ratio, and extratropics-tropics 789 

boundaries. The bars with the slant lines indicate the relative differences are statistically 790 

significant at 95% confidence level, according to the Student’s t test, with degrees of 791 

freedom adjusted for autocorrelation.  792 

 793 
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 795 

 796 

 797 

 798 

Table 1. Annual-mean diabatic air mass fluxes across the upper isentropic boundary of the 799 

lowermost stratosphere, rate of change of the lowermost stratosphere air mass, and tropopause 800 
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net, diabatic, and adiabatic air mass fluxes (10
9 
kg s

-1
), over the Northern hemisphere (NH) 801 

extratropics, the Southern hemisphere (SH) extratropics, the tropics, the extratropics, and the 802 

globe from the WACCM6 pre-industrial (PI) simulation and the Last Glacial Maximum (LGM) 803 

simulations with prescribed sea surface temperature (SST) from the PMIP3 models (LGMPMIP3) 804 

and proxy data (LGMPROXY). The upper isentropic boundary is determined by fitting to the 805 

tropical lapse rate tropopause. The fitted upper isentropic surfaces are 370 K, 361 K, 365 K in 806 

the PI, LGMPMIP3, LGMPROXY, respectively. Numbers in parentheses are relative changes for 807 

LGM versus PI, which are in bold representing statistically significant at 95% confidence level, 808 

according to the Student’s t test, with degrees of freedom adjusted for autocorrelation.  809 
 810 
 811 
(a)  PI    

  NH extratropics SH extratropics Tropics Extratropics Global 

370K diabatic -10.9 -8.5 19.5 -19.5 0 

dM/dt 0 0 0 0 0 

Tropopause net  -10.9 -8.5 19.5 -19.4 0 

Tropopause diabatic  -36 -27.6 19.5 -63.6 -44.2 

Tropopause adiabatic  25.1 19.1 0 44.2 44.2 

(b)  LGMPMIP3   

  NH extratropics SH extratropics Tropics Extratropics Global 

361K diabatic -11.7 (7.1%) -8.5 (-0.3%) 20.2 (3.9%) -20.2 (3.9%) 0 

dM/dt 0 0 0 0 0 

Tropopause net  -11.7 (7.1%) -8.5 (-0.3%) 20.2 (3.9%) -20.2 (3.9%) 0 

Tropopause diabatic  -36.4 (1.2%) -27 (-2.3%) 20.2 (3.9%) -63.4 (-0.3%) -43.2 (-2.2%) 

Tropopause adiabatic  24.7 (-1.4%) 18.5 (-3.2%) 0 43.2 (-2.2%) 43.2 (-2.2%) 

(c)  LGMPROXY   

  NH extratropics SH extratropics Tropics Extratropics Global 

365K diabatic -11.5 (5.4%) -8.4 (-1.5%) 19.9 (2.4%) -19.9 (2.4%) 0 

dM/dt 0 0 0 0 0 

Tropopause net  -11.5 (5.6%) -8.4 (-1.5%) 19.9 (2.4%) -19.9 (2.5%) 0 

Tropopause diabatic  -36.7 (2%) -27.9 (1.1%) 19.9 (2.4%) -64.7 (1.6%) -44.7 (1.3%) 

Tropopause adiabatic  25.2 (0.5%) 19.5 (2.2%) 0 44.7 (1.2%) 44.7 (1.2%) 

                      

 812 

 813 

 814 

 815 

 816 

 817 

 818 

Table 2. The same as Table 1 but for ozone fluxes (Tg year
-1

), with an added term for negative of 819 

ozone net chemical source in the lowermost stratosphere (CTO3) (positive indicates ozone net 820 

chemical sink in the lowermost stratosphere and vice versa).  821 
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 822 
(a)  PI    

  NH extratropics SH extratropics Tropics Extratropics Global 

370K diabatic -262.4 -196.1 77.8 -458.5 -380.7 

dO3/dt 0.1 -0.1 0 0.1 0.1 

−CTO3 8.3 5.2 0 13.5 13.5 

Tropopause net  -253.9 -190.9 77.8 -444.9 -367.1 

Tropopause diabatic  -262.3 -189.3 77.8 -451.6 -373.8 

Tropopause adiabatic  8.4 -1.7 0 6.7 6.7 

(b)  LGMPMIP3   

  NH extratropics SH extratropics Tropics Extratropics Global 

361K diabatic -214 (-18.4%) -151.3 (-22.9%) 59.6 (-23.3%) -365.3 (-20.3%) -305.6 (-19.7%) 

dO3/dt -0.3 -0.1 0 -0.4 -0.4 

−CTO3 8.9 (7.7%) 6 (14%) 0 14.9 (10.1%) 14.9 (10.1%) 

Tropopause net  -205.4 (-19.1%) -145.4 (-23.9%) 59.6 (-23.3%) -350.7 (-21.2%) -291.1 (-20.7%) 

Tropopause diabatic  -212.4 (-19%) -144.3 (-23.8%) 59.6 (-23.3%) -356.7 (-21%) -297 (-20.5%) 

Tropopause adiabatic  7 (-16.7%) -1.1 (-36.9%) 0 5.9 (-11.7%) 5.9 (-11.7%) 

(c)  LGMPROXY   

  NH extratropics SH extratropics Tropics Extratropics Global 

365K diabatic -229 (-12.7%) -164.5 (-16.1%) 63.5 (-18.4%) -393.5 (-14.2%) -330 (-13.3%) 

dO3/dt -0.2 0 0 -0.2 -0.2 

−CTO3 11.1 (33.7%) 7.1 (36.1%) 0 18.2 (34.7%) 18.2 (34.7%) 

Tropopause net  -218.2 (-14.1%) -157.3 (-17.6%) 63.5 (-18.4%) -375.5 (-15.6%) -312 (-15%) 

Tropopause diabatic  -227.1 (-13.4%) -157 (-17%) 63.5 (-18.4%) -384.1 (-14.9%) -320.6 (-14.2%) 

Tropopause adiabatic  8.9 (6.2%) -0.3 (-83.8%) 0 8.6 (28.6%) 8.6 (28.6%) 

                      

 823 

 824 

 825 

 826 

 827 

 828 

 829 

 830 

 831 

 832 

 833 

 834 

Table 3.  Global annual-mean diabatic ozone fluxes across the 380 K isentropic surfaces, rate of 835 

change of the lowermost stratosphere ozone mass (dO3/dt), negative of ozone net chemical 836 

source in the lowermost stratosphere (CTO3), and tropopause net, diabatic, and adiabatic ozone 837 
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fluxes (Tg year
-1

) in the PI, LGMPMIP3, LGMPROXY simulations, following Wang and Fu (2021) 838 

method.  839 

 840 

    

 PI LGMPMIP3 LGMPROXY 

380K diabatic -363.4 -278.9 -305.8 

dO3/dt 0 -0.6 -0.2 

−CTO3 -3.9 -7.8 -2.4 

Tropopause net  -367.3 -287.3 -308.4 

Tropopause diabatic  -368.1 -292.7 -318.2 

Tropopause adiabatic  0.8 5.4 9.8 
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 869 

Table 4. Global annual-mean tropospheric ozone burden, ozone lifetime, ozone chemical 870 

production rate, ozone chemical loss rate, ozone deposition flux, stratosphere-troposphere 871 

exchange (STE) of ozone derived from the present study, and the residual of tropospheric ozone 872 
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budget (i.e., the summation of tropospheric ozone production, loss, deposition, and ozone STE) 873 

in the WACCM6 MC, PI, LGMPMIP3, and LGMPROXY simulations. The tropospheric ozone 874 

sources (i.e., ozone production rate and ozone STE) and sinks (i.e., ozone loss rate and 875 

deposition) are shown as positive and negative values, respectively.  876 

 877 

          

  MC PI LGMPMIP3 LGMPROXY 

Tropospheric ozone burden (Tg) 303.8  190.6  134.9  136.8  

Ozone lifetime (day) 25.4  29.8  35.0  34.4  

Ozone production rate (Tg year-1) 4103.8  1916.9  1071.3  1086.0  

Ozone loss rate (Tg year-1) -3581.6  -1885.5  -1089.6  -1136.0  

Ozone deposition flux (Tg year-1) -786.1  -448.8  -318.0  -314.6  

Ozone STE (Tg year-1) 364.0  367.1  291.1  312.0  

Residual (Tg year-1) 100.1  -50.4  -45.1  -52.6  
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 904 
Figure 1. Schematic diagrams of the stratosphere-troposphere exchange of air masses and ozone 905 

concentrations for (a) Appenzeller et al. (1996), (b) Wang and Fu (2021), and (c) dynamic upper 906 

isentrope method (this study). The zero diabatic heating contour is indicated by the green dashed 907 

line. The blue solid lines in (a) and (c) are the 3.5 potential vorticity unit (PVU) tropopause, and 908 

the blue solid line in (b) is the 3.5 PVU tropopause combined with the lapse-rate tropopause in 909 

the tropics. The upper boundary of the lowermost stratosphere, represented as the red solid lines, 910 

are the 380 K isentrope in (a) and (b), and the fitted upper isentrope in (c). This fitted upper 911 

isentrope is determined by the best-fit isentrope (at a 1 K interval) for the lapse rate tropopause 912 

(blue dashed line in (c)) over the regions equatorward of the latitudes with zero tropopause 913 

diabatic heating. The tropics/extratropics boundaries in (a), (b), and (c) are defined as the cross 914 

points between 3.5 PVU tropopause and the 380 K isentrope, the zero diabatic heating at the 915 

tropopause (i.e., white vertical lines in (b)), and the zero diabatic heating at the fitted upper 916 

isentropic surfaces (i.e., black dashed vertical lines in (c)), respectively.  The latitudes of the 917 

tropics/extratropics boundaries of each method in the PI are given in the upper right corners. The 918 

light blue shading indicates the extratropical lowermost stratosphere region, and the light red 919 

shading in (b) indicates the tropical lowermost stratosphere region.  Blue arrows indicate the 920 

tropopause net fluxes, and red arrows indicate the diabatic flux across the upper isentropic 921 

surfaces and the tropopause. Red wavy double-headed arrows represent the adiabatic flux across 922 

the tropopause; the red wavy double-headed arrows across the white vertical lines in (b) indicate 923 

the quasi-horizontal transport between the tropical and extratropical lowermost stratosphere, 924 

which are not part of the stratosphere-troposphere exchanges. The isentropic surfaces of 360, 340, 925 

320, and 300 K are shown as red dashed lines, with the isentropic surface of 380 K also shown in 926 

(c) for reference. 927 

 928 

 929 
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 930 
Figure 2. The seasonal cycle of tropopause net (black solid lines), diabatic (black dashed lines), 931 

and adiabatic (black dash-dot lines) air mass (left) and ozone (right) fluxes over the Northern 932 

hemisphere extratropics (a and b), Southern hemisphere extratropics (c and d), the tropics (e and 933 

f), and the globe (g) from the WACCM6 pre-industrial simulation.  Red solid lines represent the 934 

diabatic air mass (left) and ozone (right) fluxes across the fitted upper isentropic surface (i.e., 935 

370 K isentrope). Blue solid lines represent the rate of change of the lowermost stratosphere air 936 

mass (left) and ozone mass (right). Green lines (left) represent negative of ozone net chemical 937 

source in the lowermost stratosphere (CTO3) (positive indicates ozone net chemical sink in the 938 

lowermost stratosphere and vice versa). Over the tropics, only the tropopause net fluxes are 939 

shown in panels (e) and (f) since the tropopause adiabatic fluxes are zero, and the tropopause 940 

diabatic and net fluxes are the same. 941 
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 942 
Figure 3. Latitudinal distributions of annual-mean zonal-mean (a) adjusted diabatic heating (K 943 

day
-1

), (b) isentropic density (kg m
-2

 K
-1

), (c) ozone mass mixing ratio (ppm), and (d) pressure 944 

(hPa) at the fitted upper isentropic surfaces in the PI, LGMPMIP3, and LGMPROXY simulations. 945 

Panels (e)-(h) are the corresponding changes in the LGMPMIP3 and LGMPROXY relative to the PI 946 

simulation. Lines in panels (e)-(h) that are not shaded are statistically significant at 95% 947 

confidence level, according to the Student’s t test, with degrees of freedom adjusted for 948 

autocorrelation.  949 
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 974 
Figure 4. The same as Figure 3 but for longwave (left) and shortwave (right) heating rates (K day 975 
-1

) at the fitted upper isentropic surfaces. No adjustment is applied to the longwave and 976 

shortwave heating rates.  977 
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 991 
 992 

Figure 5. Relative differences (gray colors) in annual-mean air mass (left) and ozone (right) 993 

diabatic fluxes at the fitted upper isentropic surfaces over the Northern hemisphere extratropics 994 

(a and b), Southern hemisphere extratropics (c and d), the tropics (e and f), and the globe (g) for 995 

LGMPMIP3 versus PI and LGMPROXY versus PI. Red, blue, orange, and cyan colors indicate the 996 

relative differences of diabatic fluxes due to the differences in diabatic heating, isentropic density, 997 

ozone mass mixing ratio, and extratropics-tropics boundaries. The bars with the slant lines 998 

indicate the relative differences are statistically significant at 95% confidence level, according to 999 

the Student’s t test, with degrees of freedom adjusted for autocorrelation.  1000 
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