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Abstract

The mantles of both Earth and Mars are more oxidized than would be expected based on low pressure equilibration of
molten silicate and alloy during their magma ocean stages. High pressure silicate-alloy equilibration in a magma ocean
can produce appreciable ferric iron in the silicate, leading to comparatively oxidized near surface conditions and overlying
atmospheres. Upon crystallization, this may feasibly be sufficient to account for oxygen fugacities prevailing in basalt source
regions of Earth and Mars. Experiments and first principles studies affirm that Fe3+ is stabilized at high pressure, but to date
there has been no model that accounts accurately for the combined effects of melt composition, temperature, pressure, and
oxygen fugacity on magma ocean Fe3+/FeT. We calibrate a new model for Fe3+/FeT as a function of temperature, pressure,
melt composition, and fO2 which reproduces Fe3+/FeT for experimental peridotite liquids and which incorporates differences
in FeO and Fe2O3 liquid heat capacities into a potentially realistic temperature function. For the effects of pressure, two ver-
sions of the model are implemented based on recent equations of state (EOS), though only the EOS of Deng et al. (2020) is
applicable to pressures relevant to metal-silicate equilibration in a deep terrestrial magma ocean. For Earth, metal-silicate
equilibration at 28–53 GPa, 2300–4100 K, and fO2 set by plausible mantle and core compositions produces Fe3+/FeT between
0.034 and 0.10, with variation mostly owing to differences in assumed temperatures. For Mars, different proposed mantle
compositions produce Fe3+/FeT ratios that range from 0.026 for FeO* of 13.5 wt.% up to 0.038 for FeO* of 18.1 wt.%.

Although significant Fe3+ may be present in magma oceans owing to high pressure equilibration with alloy, the budget of
Fe2O3 in crystallized mantles is expected to be modified from that in the molten state. An important additional factor is the
influence of Cr, which is Cr2+ in molten silicate equilibrated with alloy and Cr3+ in terrestrial upper mantles. Production of
Cr3+ and Fe2+ by reaction with Cr2+ and Fe3+ during crystallization can destroy much of the Fe2O3 present during the mag-
ma ocean stage. Considering the stability of Cr2+ in olivine and the temperature-dependent partitioning of Cr3+ between man-
tle silicates, we construct an empirical model for the fraction of Cr that is Cr2O3 in solid spinel peridotite as a function of
temperature and fO2. For Earth, at least 0.35 wt.% Fe2O3 is destroyed by oxidation of magma ocean CrO and for Mars, more
than 0.55 wt.% Fe2O3 should be destroyed. Consequently, either the terrestrial and martian magma oceans were significantly
more enriched in Fe2O3 than their present-day upper mantles or other processes contributed to oxidation of the latter. Over-
enrichment of Fe2O3 in the magma oceans is plausible only if terrestrial metal-silicate equilibration occurred above 3300 K
and if the martian mantle contains >17 wt.% FeO*. Subsolidus disproportionation of ferrous iron may have contributed to
the present-day redox state of the Earth’s mantle, and late accretion of chondrite-like material and hydrogen degassing also
likely affected the solidified mantles of both Earth and Mars.
� 2022 Elsevier Ltd. All rights reserved.
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1. INTRODUCTION

Planetary mantles originate during the magma ocean
stage of differentiation, as metallic alloy segregates from
molten silicate, which then crystallizes. Reaction with Fe-
rich alloy imposes reducing conditions on the molten sili-
cate, but the mantles of both Earth and Mars are more oxi-
dized than would be expected based on low pressure
silicate-alloy equilibration (Frost et al., 2008). These more
oxidized conditions affect geochemical and geodynamical
evolution during the magma ocean phase and subsequently,
including early mantle outgassing and retention of volatiles
in the nascent mantle, and have ongoing influence on cli-
mate and the potential for prebiotic chemistry
(Hirschmann, 2012; Armstrong et al., 2019; Deng et al.,
2020; Sossi et al., 2020).

Reaction between core-destined alloy and molten silicate
fixes the oxygen fugacity according to the reaction

Fe
molten

alloy

þ1=2 O2 () FeO
molten

silicate
ð1Þ

For a terrestrial magma ocean with �8 wt.% FeO, this
reaction sets the fO2 to approximately two orders of magni-
tude below the iron-wüstite (IW) reference buffer (Frost
et al., 2008), defined by the coexistence of pure crystalline
Fe and Fe1-yO (Hirschmann, 2021). In contrast, Earth’s
upper mantle is 3–5 orders of magnitude more oxidizing
than IW and has been so at least since the early Hadean
(Delano, 2001; Canil, 2002; Trail et al., 2011). The high
comparative oxygen fugacity of the terrestrial upper mantle
is manifested by an appreciable concentration of Fe3+.
Based on xenoliths, basalts, and thermodynamic calcula-
tions, the proportion of Fe in Earth’s upper mantle that
is ferric, denoted as Fe3+/FeT, is between 0.02 and 0.06
(O’Neill et al., 1993; Canil et al., 1994; Canil and Oneill,
1996; Woodland et al., 2006; Cottrell and Kelley, 2011;
Gaetani, 2016; Sossi et al., 2020; Davis and Cottrell,
2021), which translates to 0.16–0.48 wt.% Fe2O3 for mantle
with 8 wt.% FeO* (McDonough and Sun, 1995) (where
FeO* signifies all Fe expressed as FeO). Mars also has an
offset between the fO2 expected from magma ocean-core
equilibration and the fO2 recorded by basalts, though it is
less pronounced than for Earth. The conditions of martian
core formation are typically estimated to be at IW�2 to
IW�1.5, though they depend on the FeO content of the
martian mantle, for which there is some uncertainty (13.5-
18.1 wt.%; Taylor, 2013; Khan et al., 2018; Yoshizaki and
McDonough, 2020). Recent estimates based on geophysical
constraints from the InSight mission favor FeO* concentra-
tions at the low end of this span (Khan et al., 2022). In con-
trast, the most reduced martian basalts record fO2 near IW
(Herd, 2008; Schmidt et al., 2013; Nicklas et al., 2021).
Many martian basalts are yet more oxidized, ranging up
to IW+5 (Schmidt et al., 2013; Santos et al., 2015), and
plausibly may represent either more enriched mantle
domains or the effects of processes in the crust (Herd,
2008; Nicklas et al., 2021).

A significant process producing oxidized mantle is dis-
proportionation of ferrous iron to metallic and ferric iron
at high pressure. Iron disproportionation was originally
considered to be driven by crystallization of Fe3+-rich sili-
cates or oxides at high pressure (Mao, 1974; Frost et al.,
2004), but could also occur directly in the magma ocean,
owing to stabilization of Fe3+ in high pressure silicate melts
(Hirschmann, 2012; Zhang et al., 2017; Armstrong et al.,
2019; Deng et al., 2020). The distinction is important, as
the two imply different mechanisms and timing for the
oxidative transition. Disproportionation associated with
crystallization requires that coevally formed alloy be trans-
ported to the core by an additional later process. A separate
episode of core segregation is not required if disproportion-
ation is driven by magma-alloy equilibration. The latter
may also impose relatively oxidized conditions at the sur-
face of the magma ocean, owing to the pressure dependence
of ferric-ferrous equilibrium in the melt (Hirschmann, 2012;
Sossi et al., 2020), whereas the former does not transmit
more oxidizing conditions to the surface until convective
overturn of the solidified mantle brings the oxidized residue
into the upper mantle. Thus, the redox state during the
main stage of magma ocean evolution has important effects
on how a magma ocean retains volatiles or expels them to
the overlying atmosphere (Hirschmann, 2012; Armstrong
et al., 2019; Deng et al., 2020; Sossi et al., 2020). The differ-
ent disproportionation processes are not mutually exclu-
sive, as Fe3+ could be stable at magmatic conditions and
be further enhanced during crystallization.

In addition to iron disproportionation, several other
processes may play important roles. One of these is hydro-
gen escape (Hunten, 1973; Dreibus and Wanke, 1987;
Hamano et al., 2013; Sharp et al., 2013; Sharp, 2017;
Pahlevan et al., 2019) though on the basis of D/H isotopes,
the extent of the latter was limited if the source of hydrogen
delivered to Earth was similar to chondrites (Pahlevan
et al., 2019). Another is reaction with material added during
post-magma ocean late-accretion (Pahlevan et al., 2019;
Nicklas et al., 2021). Also, fractional crystallization during
magma ocean crystallization can create oxidized domains
(Schaefer and Elkins-Tanton, 2018), though it shouldn’t
affect whole-mantle redox mass balance. Finally, secular
evolution through subsequent tectonic and magmatic his-
tory may have modified the terrestrial mantle (Aulbach
et al., 2019; Nicklas et al., 2019), and plausibly the martian
mantle also. In the case of Earth, this is thought to be a sec-
ondary effect, modifying conditions that were already com-
paratively oxidized by the early Hadean (Delano, 2001;
Canil, 2002; Trail et al., 2011).

Stabilization of appreciable Fe3+ in alloy-saturated
magma at high pressure was presented initially as a specu-
lation (Hirschmann, 2012), but was not confirmed by a pre-
liminary experimental study to 7 GPa (Zhang et al., 2017).
Later, experiments up to 23 GPa (Armstrong et al., 2019)
and first principles calculations (Deng et al., 2020) showed
that Fe3+ in alloy-saturated silicate liquids does increase
with pressure. Recent investigations at low pressure have
provided the first experimental constraints on the relation-
ship between fO2 and the stability of Fe3+ in peridotitic
melts (Sossi et al., 2020), as compared to less magnesian
analogs on which earlier work relied. Together, these indi-
cate that magma oceans equilibrated with iron alloy at high
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pressure can have small but significant ferric iron concen-
trations. However, the new studies are not wholly consis-
tent with one another and do not resolve fundamental
questions, including whether the amount of Fe3+ present
during the magma ocean stage was sufficient to account
for the present-day redox inventory of Earth’s mantle and
whether the modest pressures of alloy-silicate equilibration
during core separation on Mars stabilized sufficient Fe3+ to
account for the comparatively oxidized state of the martian
mantle sampled by basalts.

An important additional factor, to our knowledge not
previously considered, is the role of chromium. Whereas
nearly all Cr in silicate liquid is Cr2+under the conditions
relevant to core-mantle equilibration (Corgne et al., 2008;
Mann et al., 2009; Siebert et al., 2011; Steenstra et al.,
2020), most of it is Cr3+ in solidified upper mantle peri-
dotite (Li et al., 1995; Witt-Eickschen and O’Neill, 2005).
During mantle crystallization, Cr is oxidized in an interva-
lence exchange reaction with iron

Fe2O3
magma

þ2 CrO
magma

() Cr2O3
peridotite

þ2 FeO
peridotite

ð2Þ

thereby diminishing the Fe3+ available to solid mantle
assemblages. This has the effect of producing a more
reduced solid mantle than would result from solidification
of an iron-bearing Cr-free system. The effect of Cr is impor-
tant even though it is far less abundant than Fe in peridotite
because a much larger fraction of the Cr changes valence.

Here we investigate quantitatively the effects of iron dis-
proportionation in a magma ocean and of Cr-Fe interva-
lence transfer on the redox transformation of Earth and
Mars from the conditions imposed by core formation to
those prevailing in their basalt source regions. The chief
aim is to evaluate whether these processes together can
account for significant ferric iron in the upper mantles of
Earth and Mars. An associated aim is to highlight those
places where quantitative evaluation is limited by current
understanding of fundamental thermodynamic properties
of ferric and ferrous iron at magma ocean conditions.

2. ALLOY-SILICATE EQUILIBRATION AND

MAGMA OCEAN FO2

The oxygen fugacity set by equilibration between molten
silicate and core-destined alloy depends on the composi-
tions of the liquids and on the temperature and pressure
of equilibration. Numerous studies have sought to charac-
terize the conditions of core formation on Earth, Moon,
and Mars, chiefly by characterizing the effects of tempera-
ture and pressure on partitioning of siderophile elements
(e.g., Li and Agee, 1996; Righter and Drake, 1996;
Gessmann and Rubie, 2000; Gessmann et al., 2001; Li
and Agee, 2001; Siebert et al., 2012). However, the history
of metal-silicate reaction during planetary accretion and
differentiation is dynamic, evolving as a planet grows
(Rubie et al., 2011; Siebert et al., 2013) and punctuated
by giant impacts, which may impose transient high temper-
ature episodes of core segregation (Lock and Stewart,
2017). Further, the conditions of metal-silicate equilibra-
tion are controlled in part by kinetic parameters and
dynamical factors such as the length-scales of core-
destined blobs or droplets and the effective time scales of
magma ocean homogenization (Deguen et al., 2014). Con-
sequently, there is no unique set of compositions and con-
ditions at which a planet’s core and molten mantle
equilibrate. Any estimated set of pressure and temperature
conditions should be understood as a characteristic average
of processes that happened over a range of conditions and
such averages may have different significance, depending on
whether the chief parameter of interest is the masses of side-
rophile elements removed to the core or the conditions pre-
vailing in the magma ocean when core-mantle separation
terminated. The former should remember the integrated
history of core-mantle equilibration conditions, whereas
the latter may depend chiefly on the conditions of last sep-
aration of metal from a convecting and well-mixed molten
mantle. More advanced treatments may reconcile these dif-
ferences by forward modeling the history of metal-silicate
separation during accretion and differentiation (Rubie
et al., 2011; Siebert et al., 2013), though these also depend
on assumptions about the accretion history and the details
of metal-silicate equilibration. Such models also incorpo-
rate heterogeneous accretion, such that the arriving compo-
sitions of molten silicate and core-destined alloy evolve
through the differentiation process. For present purposes,
it is the composition of the silicate and alloy that separate
at the termination of core segregation that determine the
redox characteristics of the net material destined to form
the earliest solidified mantle. In most cases, this should be
quite similar to the composition of the bulk silicate mantle
that can be estimated from present-day observations of
rocks and geophysical characteristics. The complementary
alloy composition is partly model-dependent, but fortu-
nately, except as noted below, has only a second-order
effect on calculated oxygen fugacities

To explore the effects of silicate-alloy equilibration con-
ditions on the oxygen fugacity imposed on a magma ocean,
we consider a representative range of estimates of nominal
core-forming conditions, silicate, and alloy compositions
(Table 1). Although most of these are derived from sidero-
phile element abundances, and therefore may not describe
well the temperatures and pressures of final silicate-alloy
equilibration, the estimates allow exploration how the tem-
peratures and pressures of alloy separation affect magma
ocean fO2 and Fe3+/FeT. For Earth, estimated pressures
and temperatures vary widely (28–53 GPa, 2250–4100 K;
see sources in Table 1). We take the silicate composition,
8 wt.% FeO*, as that of the bulk silicate Earth
(McDonough and Sun, 1995) and examine a range of pro-
posed core compositions (Table 1). For Mars, estimates of
core-forming conditions lie in a narrow range (14 ± 1 GPa,
2200 ± 200 K; Rai and van Westrenen, 2013; Righter et al.,
2015; Righter et al., 2020), but estimates of mantle (13.5–
18.1 wt.% FeO*) and core compositions are diverse.
Although not of direct relevance to the main aim of this
paper, for completeness we also include estimates applica-
ble to the lunar magma ocean, with core segregation condi-
tions of 3.5–4.8 GPa, 2200–3150 K, and 7.6–12 wt.% FeO*
in the magma ocean (Table 1).



Table 1
Magma ocean compositions and conditions.

Silicate Alloy Conditions

FeO*
wt.%

Cr2O3

wt.%
XFeO aFeO XFe aFe T (K) P (GPa) DIW* DIW log fO2

Mars

14.7a 0.88a 0.108a 0.167 0.681a 1.011† 2200r 14r �1.56 �1.48 �3.75
17.9b 0.76b 0.133b 0.206 0.701b 0.801 2200r 14r �1.18 �1.10 �3.37
18.1c 0.73c 0.137c 0.213 0.632c 0.851 2200r 14r �1.20 �1.12 �3.39
15.9d 0.65d 0.119d 0.185 0.862d 0.865 2200r 14r �1.34 �1.26 �3.53
17.2e 0.68e 0.127e 0.197 0.754e 0.803 2200r 14r �1.22 �1.14 �3.41
17.0f – 0.126f 0.195 0.580f 0.755 2200r 14r �1.17 �1.09 �3.36
16.0g – 0.121g 0.188 0.770g 0.827 2200r 14r �1.29 �1.21 �3.48
13.5g – 0.100g 0.155 0.807g 0.840 2200r 14r �1.47 �1.39 �3.65
13.7h – 0.099 0.154 0.637h 0.780 2200r 14r �1.41 �1.33 �3.60

Moon

10.9i 0.61i 0.079i 0.122 0.886l 0.877 2200s 3.5s �1.71 �1.89 �6.79
10.9i 0.61i 0.079i 0.122 0.734m 0.565 2200s 3.5s �1.33 �1.51 �6.41
10.9i 0.61i 0.079i 0.122 0.856n 0.842 2200s 3.5s �1.68 �1.86 �6.76
7.6j 0.5j 0.054j 0.083 0.886m 0.877 2250m 4.8m �2.05 �2.21 �6.53
7.6j 0.5j 0.054j 0.083 0.734m 0.565 2250m 4.8m �1.66 �1.83 �6.15
7.6j 0.5j 0.054j 0.083 0.856n 0.842 2250m 4.8m �2.01 �2.18 �6.50
12k 0.3k 0.089k 0.137 0.886m 0.877 3150m 4.8m �1.61 �2.09 �3.35
12k 0.3k 0.089k 0.137 0.734m 0.565 3150m 4.8m �1.23 �1.71 �2.96
12k 0.3k 0.089k 0.137 0.856n 0.842 3150m 4.8m �1.57 �2.06 �3.31

Earth

8.0l 0.38l 0.056l 0.087 0.792o 0.791 2250t 28t �1.91 �1.59 �0.47
8.0l 0.38l 0.056l 0.087 0.727p 0.637 2250t 28t �1.72 �1.40 �0.28
8.0l 0.38l 0.056l 0.087 0.788q 0.866 2250t 28t �1.99 �1.67 �0.55
8.0l 0.38l 0.056l 0.087 0.792o 0.791 4100u 40u �1.91 �2.49 2.49
8.0l 0.38l 0.056l 0.087 0.727p 0.676 4100u 40u �1.78 �2.36 2.63
8.0l 0.38l 0.056l 0.087 0.788q 0.830 4100u 40u �1.95 �2.54 2.45
8.0l 0.38l 0.056l 0.087 0.792o 0.791 3250v 50v �1.91 �1.93 4.00
8.0l 0.38l 0.056l 0.087 0.727p 0.663 3250v 50v �1.76 �1.78 4.16
8.0l 0.38l 0.056l 0.087 0.788q 0.841 3250v 50v �1.97 �1.99 3.95
8.0l 0.38l 0.056l 0.087 0.792o 0.791 3600w 53w �1.91 �2.12 4.25
8.0l 0.38l 0.056l 0.087 0.727p 0.669 3600w 53w �1.77 �1.98 4.40
8.0l 0.38l 0.056l 0.087 0.788q 0.836 3600w 53w �1.96 �2.17 4.20
8.0l 0.38l 0.056l 0.087 0.792o 0.791 3300w 35x �1.91 �2.10 1.75
8.0l 0.38l 0.056l 0.087 0.727p 0.664 3300x 35x �1.76 �1.94 1.91
8.0l 0.38l 0.056l 0.087 0.788q 0.841 3300x 35x �1.97 �2.15 1.70

DIW* is the log fO2 relative to conditions buffered by pure liquid Fe and FeO; DIW is relative to pure crystalline Fe and wüstite. †An activity
>1 indicates that the Ma (2001) solution model predicts that the oxygen-rich core composition favored by Yoshizaki and McDonough (2020)
is inside a miscibility gap at the specified temperature. Martian core compositions with XFe in italics indicates publications that did not specify
a Ni concentration. In these cases, we assume Ni/(Ni + Fe) = 0.085, similar to other martian core estimates.
(a) Yoshizaki and McDonough (2020), (b) Wänke and Dreibus (1994), (c) Taylor (2013), (d) Morgan and Anders (1979), (e) Lodders and
Fegley (1997), (f) Khan and Connolly (2008), (g) Liebske and Khan (2019), (h) Khan et al. (2022), (i) Taylor (1982), (j) Longhi (2006), (k)
Snyder et al. (1992), (l) McDonough and Sun (1995), (m) Steenstra et al. (2017), (n) Righter et al. (2017), (o) McDonough (2003), (p) Litasov
and Shatskiy (2016), (q) Badro et al. (2014), (r) Righter et al. (2015), (s) Righter and Drake (1996), (t) Li and Agee (1996), (u) Gessmann et al.
(2001), (v) Li and Agee (2001), (w) Siebert et al. (2012), (x) Gessmann and Rubie (2001).
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The coexistence of FeO-bearing silicate melt and molten
Fe-rich alloy allows calculation of oxygen fugacity through
reaction (1). It is common practice to consider this reference
reaction as being equivalent to the ‘‘iron wüstite” (IW) buf-
fer (e.g., Li and Agee, 1996; Siebert et al., 2012; Chi et al.,
2014). However, some care should taken in the definition of
‘‘iron wüstite”. We term reaction (1) ‘‘IW*” and it repre-
sents equilibrium between two pure molten phases, and
we report logarithmic deviations of fO2 from it as DIW*.
For IW*, the standard states for which unit activity applies
are liquid Fe and liquid FeO, whereas representations of
the high pressure IW buffer (Campbell et al., 2009;
Fischer et al., 2011; Hirschmann, 2021) refer to crystalline
standard states:

Fe
solid

alloy

þ1=2O2 () FeO
solid

oxide

ðIWÞ
ð3Þ
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IW* and IW impart somewhat different oxygen fugaci-
ties, with greater differences further from the fusion temper-
atures of pure Fe and FeO, as quantified below.

Calculation of DIW* for a given silicate/alloy pair at the
temperature and pressure of interest requires evaluation of

the activity coefficients, cphasecomponent, of Fe and FeO:

aalloyFe ¼ calloyFe X alloy
Fe ; asilicateFeO ¼ csilicateFeO X silicate

FeO ð4a; 4bÞ
Values of calloyFe are calculated with the methods of Ma

(2001), using the calculator (http://norris.org.au/expet/met-
alact) supplied by Norris and Wood (2017) (Table 1). The

value of csilicateFeO in silicate melts is derived by examination
of high pressure experiments in which ultramafic melts
coexist with ferropericlase (fp), following Rubie et al.

(2004). Alternative experimental values of csilicateFeO come from
gas mixing experiments in which silicate melts were equili-
brated with metallic Fe at known fO2 (e.g., Doyle, 1988;
O’Neill and Eggins, 2002; Holzheid and Grove, 2005), but
those from ferropericlase-melt experiments are preferred
because they give constraints at temperatures, pressures,
and melt compositions that are more applicable to core-
segregation in magma oceans.

For experimental pairs of coexisting ferropericlase and
silicate melt at known temperature and pressure, the
equilibrium

FeO
fp

() FeO
liquid

ð5Þ

gives the activity of FeO in the liquid according to

aliqFeO ¼ afpFeOexp �DGfusion
FeO =RT

� � ð6Þ
Therefore

csilicateFeO ¼ afpFeO
X silicate

FeO

exp �DGfusion
FeO =RT

� � ð7Þ

in which afpFeO is calculated from the composition of fer-
ropericlase and the non-ideal mixing model of Frost

(2003), csilicateFeO is calculated on a 1-cation oxide basis and

DGfusion
FeO is evaluated from the thermodynamic models of

Komabayashi (2014).
Compiled experimental ferropericlase-silicate pairs

(Fig. 1) span 2–33 GPa and 2023–2900 K (Table S1). For

melts with X silicate
FeO > 0.1, these produce csilicateFeO values in the

range of 1.55 ± 0.19 (n = 16), with no evident dependence
on temperature, pressure, or melt composition. Those with

X silicate
FeO < 0.1 indicate higher csilicateFeO . This apparent non-

Henrian behavior is not seemingly owing to the effects of
temperature, pressure, or concentrations of major melt spe-
cies (SiO2, MgO), as these are not systematically different

between the high and low X silicate
FeO experiments. We suspect

that the high csilicateFeO values at low X silicate
FeO are artifacts of

application of the ferropericlase activity-composition model
of Frost (2003) to low-FeO oxides, as this model was cali-
brated only from more FeO-rich experiments. Possibly
asymmetric mixing effects in low FeO ferropericlase are
not captured by this symmetric solution model. Conse-

quently, we apply csilicateFeO of 1.55 for all the proposed magma
ocean compositions that we consider. If the greater values
of csilicateFeO at low X silicate
FeO evident in Fig. 1 are accurate, then

calculated values of DIW* and DIW for the less FeO-rich,

such as that of Earth (X silicate
FeO = 0.056; Table 1) or the

FeO-poor lunar mantle composition of Longhi (2006)

(X silicate
FeO = 0.054), are about 0.2 log units too reduced.
Using the above thermodynamic models, calculated val-

ues of DIW* for magma ocean-alloy equilibration depend
chiefly on silicate FeO* concentrations, as has been long
known (e.g., Frost et al., 2008). For Earth, values of
DIW* range from �2 to �1.7 (Table 1) and depend on
assumed molten alloy compositions, with more oxidized
values corresponding to higher Si and C and lower O and
S concentrations. Calculated values of DIW* for Mars
and the Moon span �1.6 to �1.2 and �2.1 to �1.2 respec-
tively, and vary largely because of variable estimates of
FeO* concentrations in their mantles (Table 1). The more
oxidized IW* values for the Moon are based on C-rich core
compositions advocated by Steenstra et al. (2017).

The absolute fO2 of IW* as a function of temperature
and pressure can be evaluated from Eq. (1), given by

log f O2
¼ 2

ln 10ð Þ ðG
liq
FeO � Gliq

Fe � 1=2GO2
Þ ð8Þ

calculating values of Gliq
FeO and Gliq

FeO from Komabayashi
(2014) and GO2

from JANAF (Chase, 1998). This allows
translation of the DIW* values for each set of magma
ocean-alloy equilibration conditions depicted in Fig. 2A
to values of fO2 (Table 1), which can be used to calculate
magmatic Fe3+/FeT.

It is also of interest to calculate the fO2 imparted by
silicate-alloy equilibration relative to the solid IW buffer.
The oxygen fugacities calculated from Eq. (8) can be trans-
lated to values of DIW based on the iron-wüstite parameter-
ization given by Hirschmann (2021). IW crosses from more
reduced than IW* to more oxidized at temperatures near
the melting points of FeO and so resulting values of DIW
for magma ocean-alloy equilibration conditions have a
greater spread than those relative to DIW*, with the more
relatively reduced values corresponding to higher tempera-
ture estimates. For Earth, Mars and the Moon, calculated
values of IW range from �2.5 to �1.4, �1.5 to �1.1, and
�2.2 to �1.5, respectively (Fig. 2B). The more reduced
DIW values for Earth come from high temperature esti-
mates of core formation, conditions at which DIW and
DIW* are more distinct. Likewise, the span for Mars differs
little from that based on DIW* because the estimated con-
dition of core formation is not too distant from the iron and
FeO fusion temperatures.

3. EFFECT OF MELT COMPOSITION,

TEMPERATURE, AND PRESSURE ON SILICATE

LIQUID FE3+/FET

For a silicate liquid at specified temperature, pressure,
and oxygen fugacity, the ratio of Fe3+ and Fe2+ can be
evaluated from the reaction

FeOþ 1=4O2 ¼ FeO1:5 ð9Þ
and its associated equilibrium constant



Fig. 1. Values of csilicateFeO calculated from ferropericlase-silicate melt pairs coexisting at 2–33 GPa and 2023–2900 K (Table S1), as described in
the text. Data include ferropericlase crystallized from the melt during the experiment and produced by interaction between FeO-bearing melts
and MgO capsule material. csilicateFeO for melts with X silicate

FeO > 0.1 have mean values of 1.55 ± 0.19. Those with X silicate
FeO < 0.1 have greater values of

csilicateFeO , but this apparent non-Henrian effect may be an artifact (see text).

Fig. 2. Values of (A) DIW* and (B) DIW calculated for magma ocean silicate coexisting with alloy for different estimates of core-forming
conditions on Earth, Mars, and the Moon, as described in the text, where DIW* and DIW are respectively the differences in log fO2 from
reference buffers defined by coexistence of Fe(liquid) + FeO(liquid) and Fe(solid) + wüstite (solid).
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Fig. 3. Fe3+/FeT of peridotitic melts from the experiments of Sossi
et al. (2020) at 2100 ± 50 K and 100 kPa compared to ratios
calculated from models of Kress and Carmichael (1991) (KC91;
Eq. (7)), Jayasuriya et al. (2004) (J04; Eq. (14)), Zhang et al. (2017)
(Z17), Borisov et al. (2018) (B18), Deng et al. (2020) (D20), Sossi
et al. (2020) (S20), and this work (Eq. (21); Table 2). Eq. (21)
reproduces these nearly isothermal experiments with accuracy
similar to the models of Borisov et al. (2018) and Sossi et al. (2020),
but also incorporates improved temperature dependences and
accommodates the effects of pressure, as discussed in Sections 3.2–
3.4.
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where DGT;P0 is the free energy of reaction (9) at the refer-
ence pressure (100 kPa), DV is the change in volume of
the reaction at T, and ai, Xi, and ci are the activities, mole
fractions, and activity coefficients of the condensed reac-
tants. Non-ideal interactions between ferrous and ferric
iron in the melt have been accommodated either by adopt-
ing models in which FeO and FeO1.5 affect the activity coef-
ficient ratio (cFeO1.5/cFeO) (Jayasuriya et al., 2004; Zhang
et al., 2017; Deng et al., 2020) or by modifying Eq. (11)
to allow the dependence on oxygen fugacity to be an empir-
ical parameter, a,

log
Xmelt

FeO1:5

Xmelt
FeO

 !
¼ a log f O2 þ

� DGT;P0 þ
R T;P

T;P0
DVdP

� �
RT lnð10Þ

� log
cmelt
FeO1:5

cmelt
FeO

 !
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(Sack et al., 1980; Kress and Carmichael, 1991; Borisov
et al., 2018). Among all these models, no single parameter-
ization reproduces accurately Fe3+/FeT variations with
melt composition, temperature, pressure, and fO2 for condi-
tions applicable to magma oceans. In the following sec-
tions, we review previous models and relevant
experimental data to examine these dependencies. From
these, we develop a revised model for application to magma
oceans.
3.1. Effect of melt composition

The recent experiments of Sossi et al. (2020) at
2100 ± 50 K and 100 kPa give the first direct measurements
of Fe3+/FeT in peridotitic liquids (Fig. 3). Sossi et al. (2020)

provided an empirical expression (reduced v2v = 23.2;
n = 10) that fits the isothermal variation of Fe3+/FeT with
fO2, but its applicability at other temperatures is uncertain.
Previous thermodynamic models for compositional and
temperature variation of Fe3+/FeT (Kress and
Carmichael, 1991; Jayasuriya et al., 2004; Zhang et al.,
2017; Borisov et al., 2018; Deng et al., 2020) were calibrated
from less magnesian compositions and so extrapolation to
peridotitic melts may not be justified. However, the
Borisov et al. (2018) model included experiments designed
to isolate the effects of MgO variation on Fe3+/FeT and
reproduces the experimental values better than the empiri-

cal fit (reduced v2v = 4.9). The other earlier models severely
underpredict Fe3+/FeT in peridotitic melts (Fig. 3).
3.2. Effect of temperature

The temperature dependence of Fe3+/FeT in silicate
melts derives chiefly in the change in DGT;P0 (Eq. (12)),
though temperature dependences to the activity coefficient
ratio can also contribute. Careful attention to the effect of
temperature dependence is warranted because the condi-
tions of metal-silicate equilibrium in magma oceans can
be several thousand kelvins (Table 1), whereas experimental
observations to date are limited to below 2200 K. Accurate
assessment of Fe3+/FeT in hot deep magma oceans ulti-
mately will require experiments at appropriate tempera-
tures, but at present, reasonable extrapolations must
depend on formulations that best capture the relevant influ-
ences of temperature.

One approach to estimating parameters for DGT;P0 is to
extract it from the properties from simple oxide FeO and
FeO1.5 liquid (Jayasuriya et al., 2004; Eq. (10) and ‘‘DG
(1)”) (Deng et al., 2020; Sossi et al., 2020). This strategy,
however, has limitations because constraints on the proper-
ties of Fe2O3 liquid are poor. Crystalline Fe2O3 decomposes
to magnetite plus gas at 1730 K (Wriedt, 1991), and there-
fore neither the fusion temperature, enthalpy, nor heat
capacity of Fe2O3 liquid have been measured experimen-
tally. Further, the thermodynamic properties of FeO liquid
tabulated in JANAF (Chase, 1998), employed in thermody-
namic models of reaction (9) by Deng et al. (2020) and Sossi
et al. (2020) (and also indirectly in the value of ‘‘DG(1)”
derived by Jayasuriya et al., 2004), are known to be erro-



Fig. 4. Calculated temperature variations of Fe3+/FeT from
different thermodynamic models (Kress and Carmichael, 1991;
Jayasuriya et al., 2004; Zhang et al., 2017; Borisov et al., 2018;
Deng et al., 2020) for liquid with a composition of the bulk silicate
Earth (McDonough and Sun, 1995) at fO2 fixed at IW�2. Except
for Eq. (14) of Jayasuriya et al. (2004) (see text), models that
incorporate non-zero values of DCp (solid lines) predict increases in
Fe3+/FeT at high temperature, whereas those that assume DCp = 0
(dashed lines) approach constant values. This is illustrated by
calculating two curves for the Kress and Carmichael (1991) model;
one that includes the DCp term and one that excludes it. Note that
for the curves in these plots, only the temperature dependences and
not the absolute values of Fe3+/FeT are relevant. This is because
the Fe3+/FeT predicted by each model is influenced by the adopted
activity coefficients, which in most cases are not accurate for
ultramafic liquids (Fig. 3).
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neous (Hirschmann, 2021). Properties of FeO(l) and Fe2-
O3(l) from the metallurgical literature (Sundman, 1991;
Kowalski and Spencer, 1995; Hidayat et al., 2015), derived
from modeling liquidus relations in the system Fe-O, do not
depend on JANAF and are believed to have accurate esti-
mates of the free energy of FeO liquid (Komabayashi,
2014; Hirschmann, 2021), but for Fe2O3(l) their accuracy
is poorly established, because direct thermochemical data
for Fe2O3(l) are not available and because the models are
not constrained from phase equilibria data beyond liquids
only slightly more O-rich than Fe3O4.

DGT;P0 can also be evaluated from homogeneous equilib-
rium between ferrous and ferric iron in silicate liquids (Sack
et al., 1980; Kress and Carmichael, 1991; Zhang et al., 2017;
Borisov et al., 2018). This may produce accurate partial
molar properties of FeO and Fe2O3 that account for bond-
ing and coordination of ferrous and ferric iron cations in
silicate liquids. Similar strategies were shown to be success-
ful for deriving heat capacities, volumes, and compressibil-
ities of magmatic liquids (Kress and Carmichael, 1991;
Lange and Navrotsky, 1992). In practice, such constraints
come from liquids of diverse composition and at variable
oxygen fugacities, and so values of delta DGT;P0 are
extracted by simultaneous regression with melt mixing
parameters (Sack et al., 1980; Kress and Carmichael,
1991; Jayasuriya et al., 2004; Borisov et al., 2018).

A key consideration for extrapolation to high tempera-
ture is the nature of the DGT;P0 function employed. Because
most available data span a relatively limited temperature
range (1500–1900 K), several previous studies (Jayasuriya
et al., 2004; Zhang et al., 2017; Borisov et al., 2018) adopt
a simple parameterization with a reciprocal temperature
dependence

DGT;P0

RT
¼ aþ b=T ð13Þ

Such functions predict that Fe3+/FeT will asymptotically
approach a constant value at high temperature (Fig. 4). A
more complete representation is given by

DGT;P0
¼ DH þ DCpðT � TRÞ � T

�
DS þ DCpln

T
TR

�
ð14Þ

where DCp ¼ CFeO1:5
P � CFeO

P � 0:25CO2
P and TR is a reference

temperature. Combining values of CFeO1:5
P and CFeO

P from
Lange and Navrotsky (1992) and Cp of O2 gas from
JANAF (Chase, 1998) at a reference temperature of
1673 K gives DCp = 32.5 J/K.

In empirical form, Eq. (14) reduces to

DGT;P0

RT
¼ aþ b

T
þ clnT ð15Þ

where c ¼ �DCp Representations similar to Eqs. (14) and
(15) include Kress and Carmichael (1991), Jayasuriya
et al. (2004) (their Eq. (10) plus ‘‘DG(1)”), and Deng
et al. (2020). The value of DCP also imparts a constant
and reciprocal temperature influence, which can either be
folded into the a and b terms in an empirical fit (Eqs. (14)
and (15)), or included separately (Kress and Carmichael,
1991):
DGT;P0

RT
¼ aþ b

T
� DCp 1þ T 0

T
þ ln

T
T 0

� �� �
ð16Þ

where T0 is a reference temperature (1673 K). The inclusion
of the DCP term has relatively little influence on calculated
Fe3+/FeT at temperatures of most experimental measure-
ments, but becomes significant in extrapolation to high tem-
perature. This is demonstrated in Fig. 4 in which the model
of Kress and Carmichael (1991) is calculated for a peri-
dotite liquid at IW�2 as originally formulated
(DCP = 27.9 J/K) and with DCP omitted. The two are
little-different below 2000 K, but diverge above, and at
4000 K, the calculation that excludes the DCP term predicts
Fe3+/FeT of 0.015, whereas including the term predicts
Fe3+/FeT of 0.04, more than twice as great.

Both the functions of Kress and Carmichael (1991) and
Deng et al. (2020), which adopt values of DCP guided by
calorimetry of FeO and FeO1.5 liquid components, predict
significant increases in Fe3+/FeT when extrapolated to high
temperature (Fig. 4). The third model that incorporates a
dependence on DCP, Jayasuriya et al. (2004) (Eq. (10) plus
‘‘DG(1)”), does not show a similar trend because the value
of DCP employed, �3.124 J/K, is of opposite sign and an
order of magnitude smaller than that derived from experi-
mental determinations (e.g., Lange and Navrotsky, 1992).
We conclude that based on present knowledge of the heat
capacities of FeO and FeO1.5 in silicate liquids, the effects
of high temperature in deep magma oceans should enhance
Fe3+/FeT significantly.
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A second source of temperature dependence to Fe3+/FeT

is possible variations in activity coefficients. Some previous
models (Sack et al., 1980; Kress and Carmichael, 1991;
Zhang et al., 2017; Borisov et al., 2018) have adopted ather-
mal compositional terms (which assume that non-ideality
between iron species and other melt components has no
temperature dependence). Because these are derived from
experimental data that span a relatively small temperature
interval, temperature effects on non-ideality may not be sig-
nificant, and, if present, are manifested in regressed terms
nominally associated with DGT;P0

. Other models

(Jayasuriya et al., 2004; Eq. (14); Deng et al., 2020) adopt
temperature-dependent non-ideality terms derived from
regular solution theory. These follow the well-established
expectation that thermodynamic non-ideality diminishes
with temperature (Pitzer and Brewer, 1961) and are consis-
tent with other general considerations of the temperature
effect on non-ideality in silicate liquids, such as closing of
miscibility gaps, whether they arise from regular-solution-
like interactions or speciation (Hess, 1995; Navrotsky,
1995). Although experimental data on the effects of non-
ideality on Fe3+/FeT at very high temperature are lacking,
models that incorporate a diminishing effect with tempera-
ture are likely more appropriate in temperature
extrapolation.

3.3. Effect of pressure

Depending on differences in the partial molar volumes of
ferrous and ferric oxide components in silicate melts, pres-
sure can either enhance or diminish the stability of Fe3+.
The change in volume of condensed components in reaction
(9) is given by

DV
�
x ¼ V

�
FeO1:5

� V
�
FeO ð17Þ

and is comparatively large at low pressures (Lange and
Carmichael, 1987), such that at fixed temperature and oxy-
gen fugacity relative to Fe-O-Si buffers (IW, quartz-
fayalite-magnetite), Fe3+/FeT diminishes with pressure
(Kress and Carmichael, 1991; O’Neill et al., 2006; Zhang
et al., 2017). However, owing to the greater compressibility
of FeO1.5 relative to FeO, this trend reverses at higher pres-
sures, leading to increases in Fe3+/FeT (Hirschmann, 2012;
Armstrong et al., 2019; Deng et al., 2020).

Contrary to the assertion of Armstrong et al. (2019), the

value of DV
�
x need not become negative to produce a posi-

tive Fe3+/FeT trend with pressure at an fO2 fixed relative to

IW or other buffer. Rather, DV
�
x should simply be smaller

than that compared to the D V
�

for the buffer reaction.
Along isopleths of constant fO2 relative to the IW buffer,
Fe3+ in silicate melt will be stabilized by increased pressure
if

DV
�
x <

1

2
V
�
FeO � V

�
Fe

� �
ð18Þ

The factor of ½ arises because DV
�
x is associated with lib-

eration or fixation of ¼mole of O2 (Eq. (9)) whereas the IW
reaction (Eq. (1)) involves ½ mole. Of importance to the
discussion in the following paragraph, the sign of DV
�
x

should remain positive at all reasonable conditions, as the
volume of FeO1.5, with 1.5 oxygens per formula unit,
should exceed that of FeO, with one.

Quantitative evaluation of the effect of pressure on
Fe3+/FeT in silicate melts depends on an appropriate ther-
mal equation of state to evaluate the integralZ P

P0

V
�
dP ð19Þ

Among available EOS, only those of Armstrong et al.
(2019) and Deng et al. (2020) extend to pressures sufficiently
great to capture the key decrease of Fe3+/FeT with pressure
that was predicted by Hirschmann (2012). Armstrong et al.
(2019) calibrated a Tait EOS from experiments up to
23 GPa, whereas Deng et al. (2020) derived a 4th order
Birch-Murnaghan (B-M) EOS from volumes of idealized
silicate components, determined by first principles methods.
However, owing to very high predicted compressibility of
FeO1.5, extrapolation of the Tait EOS of Armstrong et al.
(2019) above 10 GPa produces physically implausible nega-

tive values for DV
�
x(Fig. S1A) and above the pressures of

their experimental calibration (�23 GPa), this leads to large
and unreasonable predicted values of Fe3+/FeT (Fig. S1B).
Therefore, whereas both may feasibly apply to modest pres-
sures applicable to Mars, Deng et al. (2020) gives at present
the only viable EOS plausibly applicable to core-forming
conditions relevant to Earth (�28 GPa, Table 1,Fig. 2).

3.4. A revised model

Here we formulate a revised model that predicts Fe3+/
FeT in ultramafic liquids at conditions relevant to deep
magma oceans. Although our interests are limited to ultra-
mafic compositions, the revised model accounts for the
effects of compositional variation as this is needed to cali-
brate the effects of temperature on Fe3+/FeT. In order to
derive an accurate temperature dependence, it is preferable
to span the full range of experimental temperatures avail-
able (1468–2197 K), and this requires modeling composi-
tion effects also, as the high temperature liquids are
ultramafic and those at low temperature are mafic.

As a starting point, we take the model of Borisov et al.
(2018), owing to its relative success in predicting Fe3+/FeT

in peridotitic liquids (Fig. 3),

log
X FeO1:5

X FeO

� �
¼ 0:207logf O2

� 10; 852þ 4633:3=T

þ �0:445X SiO2
� 0:9XTiO2

þ 1:532XMgO þ 0:314XCaO þ 2:03XNa2Oþ
3:355XK2O � 4:851XPO5

� 3:081X SiO2
XAl2O3

� 4:370X SiO2
XMgO

� 	
ð20Þ

We modify Eq. (20) in four ways: (1) we incorporate a
term for DCp, using the form adopted by Kress and
Carmichael (1991) and the difference in partial molar heat
capacities of FeO1.5 and FeO (33.25 J/K) from Lange and
Navrotsky (1992), (2) we employ single-cation oxide mole
fractions, rather than integer oxygen units, (3) we assume



Fig. 5. Comparison of Fe3+/FeT from experimental glasses to
calculated with Eq. (21) and parameter values in Table 2. Exper-
imental data include wet chemical analyses compiled by Borisov
et al. (2018) (B19, n = 435), andesites from Zhang et al. (2016)
(Z16, n = 19), basalts from Cottrell et al. (2009), with revised
Fe3+/FeT from Zhang et al. (2018) (C09-Z18, n = 14), and
peridotite glasses from Sossi et al. (2020) (S20, n = 10, glasses from
time series were excluded). Overall fit has a reduced v2v of 4.38.
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that the non-ideal contributions are proportional to recip-
rocal temperature and (4) we adopt a pressure dependence
based either the equations of state of Armstrong et al.
(2019) or Deng et al. (2020).
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Choosing a relation for which the dependence on log fO2

is an adjustable parameter (a) (Eq. (12)), rather than the
canonical value of (1/4) (Eq. (11)), has a small effect on cal-
culations extrapolated to reduced conditions applicable to
magma oceans, as elaborated in the Discussion (Sec-
tion 6.1). Next, we calibrate the adjustable terms in Eq.
(21) (a, b, c, yi) at 100 kPa from a least squares regression,
using the database of wet chemical analyses compiled by
Borisov et al. (2018), Mössbauer determinations for ande-
site and MORB melts over a wide range of fO2s (Cottrell
et al., 2009; Zhang et al., 2016; Zhang et al., 2018), and
the XANES analyses of peridotite glasses of Sossi et al.
(2020). These total 478 experiments spanning 1468–

2197 K. The reduced v2v for the fit is 4.38, but this relatively
high value is attributable to the Mössbauer-analyzed sam-
ples. For those analyzed by wet chemistry (n = 435), the

reduced v2v is 2.71. As shown in Fig. 5, the quality of the fits
for glasses analyzed by Mössbauer and wet chemistry are
not obviously different, and so the distinction is likely
owing to smaller estimated uncertainties for Mössbauer
Fe3+/FeT, which could be underestimates.

The high pressure experiments of O’Neill et al. (2006),
Zhang et al. (2017) and Armstrong et al. (2019) can be used
to examine the relative performances of the Armstrong
et al. (2019) and Deng et al. (2020) EOS at modest pres-
sures. As shown in Fig. S2, neither model reproduces the
experiments with high accuracy – both tend to underpredict
Fe3+/FeT at low pressure (<5 GPa). Above 15 GPa, the
models diverge, with the Armstrong and Deng EOS predict-
ing values of Fe3+/FeT that are higher than and lower than
experimental values, respectively. In the case of the Arm-
strong EOS, this is attributable to the exaggerated com-
pressibility of FeO1.5 (Fig. S1).
4. IMPORTANCE OF CR

4.1. Cr redox in magma oceans and solidified upper mantle

As noted in the Introduction, Cr in a magma ocean equi-
librated with alloy is present as Cr2+ (Corgne et al., 2008;
Mann et al., 2009; Siebert et al., 2011; Steenstra et al.,
2020), but in the upper mantles of Earth in Mars, Cr is
chiefly Cr3+. On crystallization of the upper mantle, some
Fe3+ is converted to Cr3+ according to reaction (2) and
so the amount of Fe3+ in crystallized upper mantles should
be less than that present in the magma ocean from which
they descend. We focus on Cr as it is the only lithophile ele-
ment in silicate melts apart from Fe known with some cer-
tainty to a adopt a different valence state than in solidified
mantle and that is present in abundances sufficient to have
appreciable effect on Fe via intervalence reactions. It is con-
ceivable that Ti could contribute a similar, though smaller
effect, as considered further in Section 6.4 of the Discussion.

To calculate the fraction of magma ocean Fe3+ that is
converted to Fe2+ during solidification of the upper mantles
on Earth and Mars from reaction (2), we consider the pro-
portion of Cr3+ that is present at relevant fO2 and temper-
ature for spinel peridotite, which we take as typical of the
many source regions for terrestrial and martian basalts,
(Falloon et al., 2008; Filiberto, 2017) and therefore a prin-
cipal source of constraints on mantle fO2. At the fO2 values
relevant for the terrestrial and martian upper mantles, we
consider that the pyroxene and spinel incorporate only
Cr3+ (Papike et al., 2005), though under highly reduced
conditions sufficient to stabilize Cr metal (�IW�4), both
phases also incorporate Cr2+ (Li et al., 1995). We calculate
the Cr2+/Cr3+ ratio in olivine as a function of temperature
and fO2, as detailed below. Therefore, mass balance gives

the concentration of Cr in bulk spinel peridotite, CCr
T , as a

function of the mass modes of the constituent minerals, mi,

CCr
T ¼ CCr2þ

T þ CCr3þ
T ð22Þ

CCr2þ
T ¼ molC

Cr2þ
ol ð23Þ

CCr3þ
T ¼ molC

Cr3þ
ol þ mopxC

Cr3þ
opx þ mcpxC

Cr3þ
cpx þ msplC

Cr3þ
spl ð24Þ

Concentrations of Cr in pyroxenes and spinel are calcu-
lated from applicable mineral/olivine partition coefficients,

Di=ol
Cr :



Fig. 6. Cr present as Cr2O3 in spinel peridotite upper mantle of Earth and Mars as a function of fO2 and temperature, calculated from Eq.
(27). The calculation assumes 0.38 wt.% total Cr2O3* for Earth and 0.75 wt.% for Mars (Table 1). Shaded regions show fO2 of primitive basalt
source regions in terrestrial upper mantle of Earth and Mars, with the latter relevant only to the most reducing basalts. Along the right-hand
Y axis is the scale for Fe2O3 that is reduced to FeO in proportion of a given Cr2O3 concentration, according to reaction (2). As the atomic
weights of Fe and Cr are little different, this is hardly distinguishable from the Cr2O3 scale.
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CCr3þ
opx ¼ Dopx=ol

Cr CCr3þ
ol ; CCr3þ

cpx ¼ Dcpx=ol
Cr CCr3þ

ol ; CCr3þ
spl

¼ Dspl=ol
Cr CCr3þ

ol ð25a; b; cÞ
and Cr2+ in olivine is calculated from the Cr2+/Cr3+ ratio

CCr2þ
ol ¼ ðC

Cr2þ
ol

CCr3þ
ol

ÞCCr3þ
ol ð26Þ

Combining and rearranging Eqs. (22)–(26) gives

CCr3þ
T ¼

Ccr
T mol þ mopxD

opx=ol
Cr þ mcpxDcpx=ol

cr þ msplDspl=ol
cr

� �
mol

CCr2þ
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CCr3þ
ol

þ 1

� �
þ mopxD

opx=ol
Cr þ mcpxDcpx=ol

cr þ msplDspl=ol
cr

� 	
ð27Þ

We take the mineral modes of terrestrial and martian
mantles from Bertka and Holloway (1994) and inter-
mineral partitioning is given by the temperature-
dependent expressions (Hervig and Smith, 1982):

lnDopx=ol

Cr3þ ¼ 5540

T
� 1:86 ðHervig and Smith; 1982Þ ð28Þ

lnDcpx=ol

Cr3þ ¼ 8787

T
� 2:87 ðHervig and Smith; 1982Þ ð29Þ

lnDspl=ol

Cr3þ ¼ 10; 358

T
� 1:45; ð30Þ

where the latter is an empirical recasting of the relation in
Witt-Eickschen and O’Neill (2005), which was given in
terms of spinel Cr#. We calculate the Cr2+/Cr3+ ratio in oli-
vine as a function of fO2, modified from the isothermal for-
mulation of Jollands et al. (2018)

CCr2þ
ol

CCr3þ
ol

¼ 10�ð0:25 D
WþIW P0ð Þþlog KÞ ð31Þ

where K is the equilibrium constant for the Cr2+/Cr3+

exchange reaction in olivine (Eq. (25) in Jollands et al.,
2018), IWP0 is the log fO2 of IW at the temperature of inter-
est and 100 kPa (Hirschmann, 2021) and DIW is the differ-
ence between the log fO2 of interest and the IW buffer. For
log K, Jollands et al. (2018) used a value of 1.84 at 1400 �C,
but here we adopt a temperature dependence based on the
calibration of Li et al. (1995) for the Cr2+ concentration in
olivine in equilibrium with chromian spinel.

logK ¼ 13; 319

T
� 6:117 ð32Þ

Eqs. (31) and (32) assume that Cr2+/CrT does not vary
with pressure at fixed relative fO2 (i.e., along fugacity iso-
pleths parallel to the IW buffer). According to Li et al.
(1995), pressure should cause small decreases in the concen-
tration of Cr2+ in olivine at fixed relative fO2.

The mineral/olivine partition coefficient expressions in
Eqs. (28)–(30) are presumed to apply to partitioning of
Cr3+ only, as they are derived empirically from xenoliths
which equilibrated at low temperatures where Cr2+ in oli-
vine can be neglected (Li et al., 1995). If these empirical
Cr partition coefficients are affected by some Cr2+ in oli-

vine, they underestimate Di=ol
Cr for Cr3+, and therefore they

underestimate the amount of Cr3+ in the calculated bulk
rock. These calculations also make the simplified assump-
tion of constant mineral modes for Earth and Martian
mantles. They therefore do not account for several factors
that likely affect these modes, though the effect of these
variable modes on peridotite Cr3+/CrT are small compared
to the effects of fO2 and temperature. These factors include:
(1) Different proposed compositions of the martian mantle
(Table 1) should correspond to slightly different modes. (2)
mineral modes in the spinel peridotite facies are affected by
temperature and pressure (3). In detail, the spinel mode
depends on whole rock Cr2O3 and Fe2O3 and therefore
on fO2.



Fig. 7. Calculated Fe3+/FeT of a terrestrial magma ocean, calculated for different proposed magma ocean-core equilibration conditions
(Table 1; Fig. 2) versus pressure (A) and temperature (B). Shaded region shows range of Fe3+/FeT (0.02–0.06) proposed for Earth’s modern
upper mantle (Canil et al., 1994; Canil and O’Neill, 1996; Cottrell and Kelley, 2011; Gaetani, 2016; O’Neill et al., 1993; Sossi et al., 2020;
Woodland et al., 2006). Panel C shows the same calculations translated to total Fe2O3. It also shows the Fe2O3 that would remain following
destruction of 0.35% Fe2O3 by oxidation of CrO in the magma ocean to Cr2O3 during mantle crystallization. Negative calculated values of
Fe3+/FeT signify oversaturation with alloy (see main text).
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As shown in Fig. 6, the Cr3+ content of the upper mantle
increases with oxygen fugacity and decreases with tempera-
ture. With increasing temperature, the greater stability of
Cr2+ in olivine (Eq. (32)) combines with a weaker tendency
of Cr to partition into pyroxene and spinel (Eqs. (28)–(30))
to suppress Cr3+ stability. For oxygen fugacities relevant to
Earth’s upper mantle (>IW+3), nearly all available Cr is
Cr3+ (>0.3 wt.% Cr2O3). For those applicable to the prim-
itive martian upper mantle (IW – IW+1), at least 0.3 wt%
Cr is present as Cr2O3 at high temperature (1600 �C), and
0.5–0.6 wt.% at 1400 �C. As Cr2O3 and Fe2O3 have nearly
the same molecular weights, comparable masses of Fe2O3

must be consumed in reaction (2) to produce these quanti-
ties of Cr2O3 (Fig. 6).

5. RESULTS

5.1. Application to Fe3+/FeT in magma oceans

For terrestrial magma ocean conditions (Table 1, Fig. 2)
the Fe3+/FeT predicted using the Deng et al. (2020) EOS
ranges from 0.034 to 0.103 (Fig. 7A,B), which for mantle
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with 8 wt.% FeO* (Table 1) translates to 0.28–0.83 wt.%
Fe2O3 (Fig. 7C). Both pressure and temperature enhance
Fe3+/FeT (Figs. 4, S1), but comparison of Fig. 7A and B
shows that temperature has the greatest control, with the
largest ratios predicted for the highest temperature magma
ocean conditions. Thus, the Fe3+/FeT predicted from core
segregation of the terrestrial magma ocean is similar to or
greater than that present in the upper mantle today (0.02–
0.06; Fig. 7). However, as discussed below, a significant
fraction of the Fe3+ produced in the magma ocean may
be destroyed during crystallization by intervalence transfer
with Cr.

For martian magma ocean conditions, the Fe3+/FeT

predicted is 0.029–0.038 for the Deng et al. (2020) EOS
and 0.026–0.034 for the Armstrong et al. EOS (Fig. 8A).
The corresponding concentrations of Fe2O3 depend on
the assumed total FeO* of the martian mantle, and span
from 0.37 wt.% for a magma ocean with 13.5 wt.% FeO*
up to 0.68 wt.% with 18.1 wt.% FeO* (Fig. 8B). The posi-
tive correlation of Fe3+/FeT with FeO* is owing to the
influence of the latter on oxygen fugacity (Fig. 2). The con-
centrations of Fe2O3 prevailing in the modern martian
Fig. 8. Calculated (A) Fe3+/FeT and (B) Fe2O3 of a martian magma oce
and for different proposed FeO* contents of the martian mantle (Table 1;
destruction of 0.55% Fe2O3 by oxidation of CrO in the magma ocean to
upper mantle are not well-known, but these predicted
Fe3+/FeT ratios are comparable to the low to middle range
of estimates for Earth’s upper mantle (Fig. 7A), and should
be more than sufficient to account for the modest oxidation
of the solid martian mantle (IW or greater). However, the
influence of Cr during crystallization will affect these rela-
tionships significantly, as considered below.

5.2. From magma ocean to solid upper mantle, with Cr

oxidation

Taking conservative estimates of Fe2O3 consumed by Cr
oxidation during upper mantle crystallization to be 0.35 wt.
% for Earth and 0.55 wt.% for Mars (Fig. 6), the amount of
Fe2O3 remaining in solidified upper mantle is considerably
less than that set at magma ocean conditions. For Earth,
the remaining Fe2O3 can be similar to the low to intermedi-
ate estimates of modern upper mantle concentrations if
magma ocean-metal equilibration occurred at high temper-
ature (>3300 K) (Fig. 7C). For Mars, remaining Fe2O3 is
negative for lower estimates of bulk mantle FeO*
(Fig. 8B). Negative concentrations are unphysical and
an, calculated for conditions of proposed core-mantle equilibration
Fig. 2). Panel B also shows the Fe2O3 that would remain following
Cr2O3 during mantle crystallization.



Table 2
Fit parameters for calculating log(FeO1.5/FeO) in silicate melts
from Eq. (21).

Parameter Value Units

a 0.1917
b �1.961
c 4158.1 K
DCp 33.25 J/K
T0 1673.15 K
y1 �520.46 K
y2 �185.37 K
y3 494.39 K
y4 1838.34 K
y5 2888.48 K
y6 3473.68 K
y7 �4473.6 K
y8 �1245.09 K
y9 �1156.86 K

Fit at 100 kPa. v2v = 4.38 (n = 478).
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imply over-saturation of Fe-rich alloy, which in turn would
impose oxygen fugacities at least below IW�1. Small posi-
tive concentrations of Fe2O3, required for conditions as oxi-
dized as IW (i.e., peridotite unsaturated in alloy), are
feasible only for martian bulk mantle compositions with
�17 wt.% FeO*.

6. DISCUSSION

6.1. Choice of Fe3+/FeT fit equation and extrapolation to

reduced conditions

As accurate measurement of low Fe3+/FeT ratios in sil-
icate glasses is challenging, thermodynamic models of Fe3+/
FeT are by necessity largely based on extrapolation from
experiments conducted at comparatively oxidized condi-
tions. Therefore, the extrapolated values depend not only
on the quality of the fit to experimental data, but also on
the functional form of the adopted equation; e.g. Eq. (11)
versus Eq. (12). This difference can be illustrated by com-
parison of the predicted 100 kPa values for peridotite liquid
from the model in this work (Eq. (21); Table 2), which has
the form of Eq. (12), and the simple parameterization of
Sossi et al. (2020), which has a log fO2 dependence of
0.25, as in Eq. (11).

From their 100 kPa experiments, Sossi et al. (2020)
regressed the relationship

logðFe3þ=Fe2þÞ ¼ 0:252DIW� 1:53 ð33Þ
However, Sossi et al. (2020) calculated IW from O’Neill

and Eggins (2002), which takes reference states of crys-
talline iron and molten FeO and this combination of solid
and liquid reference phases convolves the buffer with a
fusion reaction. When extrapolated to high temperature,
this has the effect of overstabilizing FeO and yielding a
low fO2 value for the Fe-FeO boundary. Therefore, whereas
Sossi et al. (2020) took log(IW) to be �6.47 at 2173 K, the
accurate value is �5.97 (O’Neill and Pownceby, 1993;
Hirschmann, 2021). We therefore correct Eq. (33) as

logðFe3þ=Fe2þÞ ¼ 0:252DIW� 1:4: ð34Þ
As shown in Fig. 9, at reducing conditions Eq. (21) pre-

dicts larger values of Fe3+/FeT than the corrected Sossi
et al. (2020) relation (Eq. (34)). At conditions most relevant
to the calculations in this paper (IW�2 to IW�1), the Fe3+/
FeT difference is �0.015. The Sossi et al. (2020) parameter-
ization fits better the peridotite experiments from low fO2 in
part because Eq. (21) is calibrated from a large number of
experiments (Fig. 5), whereas Eq. (34) is calibrated solely
from the peridotite experiments in that study. We note
however, that the apparent low values of Fe3+/FeT for
the reduced experimental glasses in Sossi et al. (2020) derive
from a XANES calibration based on Berry et al. (2018).
The Berry et al. (2018) calibration is derived from an a pri-

ori assumption that reduced basaltic glasses have zero
Fe2O3, and is debated in the literature (Borisov et al.,
2018; O’Neill et al., 2018; Zhang et al., 2018; Cottrell
et al., 2021). The merits of this debate are mostly beyond
the scope of the present contribution. However, as made
clear by the work on which this study is based
(Armstrong et al., 2019; Deng et al., 2020), the Fe2O3 con-
tent of reduced silicate liquids is not zero at high pressure,
and there is no theoretical reason why it must be absent at
lower pressure. Regardless, adoption by Sossi et al. (2020)
of the Berry et al. (2018) XANES calibration minimizes
apparent Fe3+/FeT in reduced low pressure glasses. If the
thermodynamic model adopted here were more similar to
that of Sossi et al. (2020), the calculated magma ocean val-
ues of Fe3+/FeT would be approximately 0.015 lower than
described in Section 5.1, and this would not change signif-
icantly the inferences and conclusions here about magma
ocean ferric iron. On the other hand, for the same Fe3+/
FeT, Eq. (34) predicts DIW more oxidized than Eq. (21).
For values of Fe3+/FeT of 0.02, 0.04, and 0.06, the respec-
tive differences are 1.3, 0.9, and 0.7 log units. This may have
appreciable effect on the fO2 of an atmosphere overlying a
magma ocean, as discussed below in Section 6.3.

6.2. Extrapolation and the need for further experiments

We emphasize that the thermodynamic calculations in
this work are in important instances extrapolations in tem-
perature, pressure and melt composition compared to exist-
ing experimental constraints. The recent experimental
results for peridotitic liquids at 100 kPa (Sossi et al.,
2020) show well that most previous models, based on mafic
liquids, do not predict accurately the Fe3+/FeT of melt com-
positions relevant to magma oceans (Fig. 3). Further, the
effects of both elevated pressure and temperature are both
important for accurate assessment of Fe3+/FeT in magma
oceans (Figs. 4, S2). Though temperatures and pressures
relevant to core segregation on Mars are spanned by pre-
sent experimental data, those applicable to Earth must be
extrapolated beyond existing observational temperature
and pressure constraints. This highlights the need for exper-
iments at more extreme conditions and for melt composi-
tions relevant to magma oceans.



Fig. 9. Fe3+/FeT of peridotite liquid at 100 kPa and 2173 K
calculated from the model in this work (Eq. (21), Table 2) and the
corrected model of Sossi et al. (2020) (Eq. (34)). Also shown are
peridotite liquid experiments from Sossi et al. at 2112–2197 K, with
2r uncertainty bars where these exceed symbol size. Note that the
DIW scale here, based on crystalline iron and wüstite (Hirschmann,
2021) is different from that employed by Sossi et al. (2020) (see
main text), that the latter at 2173 K is 0.5 log units more reduced,
and so corresponding values of DIW are 0.5 units higher. Inset
shows the span of values of DIW for the atmospheres above magma
oceans on Earth (stippled region) and Mars (green region),
corresponding to the plausible ranges of Fe3+/FeT for each magma
ocean (Figs. 6, 7) and the differing models (Eqs. (21) and (34)),
calculated at 2173 K.
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6.3. An oxidized magma ocean atmosphere?

One of the consequences of stabilization of Fe2O3 in a
magma ocean is that it may impose oxidizing conditions
on the overlying atmosphere (Hirschmann, 2012). Sossi
et al. (2020) argued that the atmosphere above Earth’s
magma ocean would be modestly oxidizing (corrected value
DIW = 0, see Section 6.1), based on the assumption that the
Fe3+/FeT of the magma ocean was 0.037 ± 0.005, the same
as their estimate of Earth’s present-day upper mantle.
Destruction of magma ocean Fe2O3 by Cr oxidation is just
one reason why the modern mantle and magma ocean
Fe3+/FeT may not be the same. Forward modeling of
Fe3+ stabilized in the magma ocean environment (Figs. 6,
7) allows further exploration of this question.

The relationship between magma ocean Fe2O3 and fO2

at its surface differs depending on the model used for calcu-
lation (Fig. 9). For a terrestrial magma ocean with Fe3+/
FeT ratios of 0.034–0.103 (Fig. 7), the corresponding fO2

ranges from IW�1.2 to IW+1.4 using Eq. (21) from this
study, or �0.2 to 1.8 for the corrected relationship of
Sossi et al. (2020) (Eq. (34)) (Fig. 9 Inset). For a martian
magma ocean (Fe3+/FeT = 0.026–0.038, Fig. 8), the corre-
sponding values are IW�1.4 to �0.7 from Eq. (21) and
�0.4 to 0.2 from Eq. (34) (Fig. 9 Inset). These results affirm
that an oxidized atmosphere, composed chiefly of H2O and
CO2, is feasible above Earth’s magma ocean and that an
intermediate atmosphere composed of CO, CO2, H2O,
and H2, may be possible above a martian magma ocean.
However, the range of plausible oxidation states highlights
that the combined uncertainties in magma ocean Fe2O3

contents and in the relationship between magma ocean
Fe3+/FeT and low pressure fO2 remain too great to establish
with certainty the redox state and composition of atmo-
spheres above magma oceans on Earth and Mars.

6.4. Ferric iron in crystallized mantle following Fe-Cr redox

exchange

The thermodynamic calculations above show that at
plausible conditions of magma ocean-molten alloy equili-
bration for Earth and Mars, significant Fe2O3 should be
produced and that these Fe2O3 concentrations can be equal
to or greater than that present in the upper mantles of these
planets today. The range of core-forming conditions
explored for Earth (Fig. 7C) illustrates that temperature is
a key parameter enhancing magma ocean Fe2O3, whilst
the range of mantle compositions considered for Mars
(Fig. 8B) highlights that more Fe2O3 is produced for more
FeO*-rich mantles, in which metal-silicate equilibration
produces more oxidized conditions. However, the fractions
of Fe2O3 stabilized in molten mantle are not necessarily
preserved upon crystallization.

A key consideration is that in a magma ocean equili-
brated with metal, chromium is present as CrO, whereas
at plausible redox conditions in the upper mantles of Earth
and Mars, much of it is Cr2O3. Thus, a significant portion
of the Fe2O3 present in parcels of magma ocean that crys-
tallize to form material destined for planetary upper man-
tles is destroyed by Cr oxidation. This effect does not
depend on direct crystallization of the upper mantle from
a magma ocean. For example, magma ocean crystallization
at greater depth, where Cr2O3 stability may not be the same
as calculated in Fig. 6, may retain greater amounts of Fe2O3

together with CrO in silicate minerals (See discussion in
Supplementary Information). However, on later advection
of that material to the upper mantle, conversion of CrO
to Cr2O3 will reduce the same fraction of Fe2O3 as indicated
in Fig. 6.

The stabilization of Fe2O3 in a hot deep magma ocean,
followed by destruction of much or even all of that ferric
iron by oxidation of Cr in crystallized upper mantle peri-
dotite are two key processes that affect the oxidation states
of the upper mantles of Earth and Mars. Whether these
result in the comparatively oxidized character of basalt
source regions on these planets depends on factors such
as the temperature and pressure of metal-silicate equilibra-
tion and the abundance of total mantle iron. If the thermo-
dynamic models adopted here are accurate, then this
combination of processes could result in appropriate quan-
tities of solidified mantle Fe2O3 if mean conditions of core
formation on Earth and Mars are at sufficient temperature
and pressure, and for the case of Mars, if the mantle FeO*
content is great enough. As recent geophysical data from
the InSight mission point to martian mantle FeO* contents
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at the lower end of the range depicted in Fig. 8 (Khan et al.,
2022), other processes such as hydrogen degassing seem
required.

6.5. The possible role of Ti

Like Cr, Ti also could feasibly participate in charge
transfer reactions during magma ocean solidification and
thereby affect the redox evolution from core segregation
to crystallized mantle. In solidified terrestrial and martian
upper mantles, Ti is present only as Ti4+, though a small
fraction of Ti3+ is present in the more reduced lunar mantle
(Papike et al., 2005), In reduced silicate liquids some studies
have suggested that a portion of Ti could be present as Ti3+

(Schreiber et al., 1978; Borisov, 2012). Conversion of Ti3+

present during core segregation to Ti4+ following mantle
solidification would have an effect similar to that of Cr,
destroying a portion of the Fe3+ stabilized during magma
ocean solidification,

Fe2O3
magma

þTi2O3
magma

() 2 TiO2
peridotite

þ2 FeO
peridotite

ð35Þ

Concentrations of Ti in the terrestrial (0.2 wt.% TiO2;
McDonough and Sun, 1995) and martian mantles (0.1–
0.3 wt.% TiO2; Yoshizaki and McDonough, 2020) are less
than those for Cr (Table 1) and if only a portion of the
Ti in a magma ocean is Ti3+, then the overall effect of Ti
would be to enhance modestly the Cr-induced destruction
of Fe3+ during magma ocean crystallization. However,
whether there was appreciable Ti3+ in silicate melt equili-
brated with alloy in the magma oceans of these planets is
not clearly established.

Early experiments at 100 kPa on simple-system silicate
melt compositions in which Ti3+ concentrations were eval-
uated by wet chemistry, infrared spectroscopy, or thermo-
dynamic inference suggested the presence of modest
fractions of Ti3+ below IW (see review by Borisov, 2012).
More recent Ti-XANES studies of (Fe-free) lunar analog
glasses have failed to find appreciable Ti3+ even at condi-
tions as reduced as IW�7 (Leitzke et al., 2018; Tarragó
et al., 2022). Experimental studies of silicate/alloy partition-
ing of Ti at conditions relevant to core formation have
inferred that Ti is essentially all Ti4+ (Kilburn and Wood,
1998; Corgne et al., 2008; Steenstra et al., 2020), though
these interpretations are complicated by the influence of
Si on Ti partitioning at highly reduced conditions
(Kilburn and Wood, 1997; Steenstra et al., 2020). More
experimental and analytical work is likely required to quan-
tify if Ti3+ influences magma ocean redox balance at pre-
vailing temperatures, pressures, melt compositions and
oxygen fugacities, but at present evidence is insufficient to
conclude that Ti has a significant role.
6.6. Other factors influencing magma ocean and early mantle

redox

We focus here on FeO-Fe2O3 equilibria in magma
oceans and CrO-Cr2O3 intervalence transfer during upper
mantle crystallization, two key factors influencing the redox
conditions in terrestrial planets as they evolve from the
magma ocean stage to the first solidified mantle, but other
processes are also likely to contribute, including subsolidus
iron disproportionation, late accretion, and hydrogen
degassing, which we discuss below. The first two of these
would not affect Fe redox in the magma ocean, but would
modify Fe3+/FeT of the crystallized mantle. Hydrogen
degassing could oxidize the magma ocean itself. Beyond
these, yet additional processes, including magma ocean dif-
ferentiation (Schaefer and Elkins-Tanton, 2018), carbon
oxidation (Canil and O’Neill, 1996; Stagno et al., 2013),
and long-term secular evolution owing to mantle-surface
exchange (Aulbach et al., 2019; Nicklas et al., 2019) or to
mantle cooling (Gaetani, 2016) could be factors, but are
not considered further here.

Prior to the hypothesis that Fe2O3 could be stabilized in
a deep magma ocean (Hirschmann, 2012), it was estab-
lished that Earth’s early mantle could have become oxidized
by Fe2O3 produced by iron disproportionation during crys-
tallization of high pressure minerals (Mao, 1974; Frost
et al., 2004; Wade and Wood, 2005; Frost and
McCammon, 2008). Frost et al. (2004) argued that stabi-
lization of Fe3+ in bridgmanite formed during magma
ocean crystallization drove precipitation of an iron-rich
phase that was subsequently removed to the core as a S-
rich liquid. This crystallization-driven disproportionation
could also be expected from a Fe2O3-containing magma
ocean if the Fe3+/FeT of precipitating bridgmanite was
greater than that of the coexisting silicate liquid.

If bridgmanite Fe3+/FeT is greater than the magma
ocean from which it crystallizes, the remaining liquid
Fe3+/FeT diminishes. Depending on whether this shift is
greater than the decrease in Fe3+/FeT at alloy saturation
with diminishing temperature (Figs. 4, 6B), alloy would also
precipitate and thereby produce additional Fe2O3. Indirect
experimental evidence suggests that this could be the case;
i.e., Fe3+/FeT in bridgmanite crystallized at IW�2 near
25 GPa and 2000 K is approximately 0.2 (Frost et al.,
2004; Terasaki et al., 2007; Boujibar et al., 2016), signifi-
cantly greater than that expected for peridotitic liquid at
similar conditions (Fig. 7). This mechanism would not be
applicable to Mars if bridgmanite is not stable in the deeper
parts of the martian mantle (Stahler et al., 2021).

Another factor possibly influencing redox conditions in
early planetary mantles is late accretion post-dating magma
ocean crystallization. The effects of late accretion depend in
part on the character of accreting material. Accretion of
reduced bodies similar to non-carbonaceous (NC) chon-
drites would add metal, tending to reduce the mantle
(Pahlevan et al., 2019), whereas the iron in carbonaceous
(CC) chondrites is approximately equal parts FeO and
Fe2O3 (Sutton et al., 2017) and could oxidize it. Nicklas
et al. (2021) argued that the comparatively oxidized charac-
ter of the martian mantle is owing to late accretion of oxi-
dized chondritic material. Late accretion for Earth and
Mars amounted to approximately 1% of mantle masses
(Walker, 2009; Tait and Day, 2018). Assuming accreting
bodies were 25 wt.% FeO* similar to typical chondrites
(Jarosewich, 2006), and neglecting the reducing effect of
associated organic carbon, then late accretion of purely
enstatite (NC) chondrites would diminish the Earth’s bulk
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mantle Fe3+/FeT of Earth’s bulk mantle (8 wt.% FeO*,
Table 1) by 0.06. For martian mantle with 13–18 wt.%
FeO, the decrease would be 0.03–0.04. Late accretion of
CC devoid of organic carbon could have a more modest
effect in the opposite direction, increasing Fe3+/FeT by
0.014 for Earth and 0.006–0.008 for Mars.

On the basis of Ru and Mo isotopes, late accreted mate-
rial for Mars and for much of Earth is thought to have been
largely NC, though for Earth some fraction of CC is per-
missible (Hopp et al., 2020; Kleine et al., 2020). Considering
only late-accreted iron, an admixture of consisting of 80%
carbonaceous and 20% enstatite chondrite-like material
would have an approximately neutral effect, and contribu-
tions from late-accreted organic carbon make it likely that
even 100% CC late-accretion would diminish the Fe3+/FeT

ratio that persisted following crystallization of the terres-
trial and martian magma oceans. Though quantification
awaits better-resolved constraints on the relative mass frac-
tions of CC and NC accreting late to Earth and Mars, the
processes responsible for the comparatively oxidized condi-
tion of crystallized upper mantles of Earth and Mars likely
had to overcome the reducing effects of late accretion.

An additional process leading to oxidation of magma
oceans and early planetary mantles is hydrogen escape
(Hunten, 1973; Dreibus and Wanke, 1987; Hamano et al.,
2013; Sharp et al., 2013; Sharp, 2017; Pahlevan et al.,
2019). Dissociation of dissolved H2O in a magma ocean
to hydrogen gas (e.g., Hirschmann et al., 2012) drives the
reaction

H2O
melt

þ 2FeO
melt

() H2
gas

þFe2O3
melt

ð36Þ

Assuming that Earth’s water originated from a reservoir
with D/H ratio similar to that of chondrites, Pahlevan et al.
(2019) calculated that the mass of hydrogen degassed from
the magma ocean was limited to <2 MPa atmospheric pres-
sure. This modest loss would enhance the Fe3+/FeT in
Earth’s mantle by up to �0.025. The magnitude of hydro-
gen escape and consequent magma ocean oxidation on
Mars is not as easily constrained, in part because of large
variations in D/H between martian surface and interior
reservoirs (Usui et al., 2015; Peslier et al., 2019; Barnes
et al., 2020).

7. CONCLUDING REMARKS

Recalculated conditions of core formation on Earth rel-
ative to the crystalline iron-wustite buffer range from
DIW�1.4 to DIW�2.5, with more reduced conditions cor-
responding to greater temperature. For Mars, DIW of core
formation ranges from �1.6 to �1.2, depending on the
assumed FeO* of the magma ocean.

Melt composition, temperature, and pressure are all
important factors determining the Fe3+/FeT ratio in deep
magma oceans equilibrated with core-destined alloy. We
have calibrated a new thermodynamic model that is based
on experiments with both mafic and ultramafic melt compo-
sition and that facilitates extrapolation to high tempera-
ture, taking into account differences in liquid FeO and
FeO1.5 heat capacities. Combined with available equations
of state, application of this model for representative deep
magma ocean conditions for Earth and Mars predicts
Fe3+/FeT ratios of 0.034–0.10 and 0.026–0.038 respectively.
Higher ratios are possible if hydrodynamic escape of hydro-
gen occurred from overlying atmospheres during the
magma ocean stage. Atmospheres above magma oceans
on Earth and Mars could have been comparatively oxidized
if temperatures of the terrestrial magma ocean were at the
high end of likely conditions and if the martian mantle is
more FeO*-rich. However, such conditions would have lim-
ited the partial pressure of H2, thereby diminishing the effi-
cacy of further magma ocean oxidation by hydrodynamic
escape.

Oxygen fugacities and Fe3+/FeT ratios prevailing in
magma oceans are unlikely to translate directly to those
in crystallized mantle, as additional redox processes occur
during and immediately after magma ocean crystallization.
One such process, not previously considered, is oxidation of
Cr2+ to Cr3+ during magma ocean crystallization, which
has the potential to consume much or even all of the
Fe2O3 produced in a deep magma ocean. For Earth, this
could leave sufficient Fe3+ in the upper mantle to account
for present-day redox if core formation occurred at the
higher end of feasible temperatures and pressures. For
Mars, the Cr-Fe redox exchange has the potential to
destroy virtually all the Fe3+ produced by magma ocean
processes unless the martian mantle FeO* is at the high
end of proposed values.

Late accretion is likely to reduce the early mantles of
Earth and Mars, as isotopic evidence favors metal-bearing
NC material predominating and as the reduction potential
of metal-bearing chondrite-like compositions, per unit
mass, is significantly greater than the oxidation potential
of impactors similar to carbonaceous chondrites. On Earth,
disproportionation of FeO to Fe2O3 + Fe during bridg-
manite crystallization may have had a significant oxidizing
effect. Thus, the redox conditions of young planetary man-
tles are a product of a combination of processes. Yet, the
role of high pressure is significant, first in stabilizing
Fe2O3 in the magma ocean and second in promoting dis-
proportionation during bridgmanite crystallization, and
favors more oxidized conditions in larger terrestrial planets.
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