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ABSTRACT: The abyssal southwest Pacific basin has warmed significantly between 1992 and 2017, consistent with

warming along the bottom limb of the meridional overturning circulation seen throughout the global oceans. Here we

present a framework for assessing the abyssal heat budget that includes the time-dependent unsteady effects of decadal

warming and direct and indirect estimates of diapycnal mixing from microscale temperature measurements and finescale

parameterizations. The unsteady terms estimated from the decadal warming rate are shown to be within a factor of 3 of the

steady-state terms in the abyssal heat budget for the coldest portion of the water column and therefore cannot be ignored.

We show that a reduction in the lateral heat flux for the coldest temperature classes compensated by an increase in warmer

waters advected into the basin has important implications for the heat balance and diffusive heat fluxes in the basin. Vertical

diffusive heat fluxes are estimated in different ways: using the newly available CTD-mounted microscale temperature

measurements, a finescale strain parameterization, and a vertical kinetic energy parameterization from data along the P06

transect along 32.58S. The unsteady-state abyssal heat budget for the basin shows closure within error estimates, demon-

strating that (i) unsteady terms have become consequential for the heat balance in the isotherms closest to the ocean bottom

and (ii) direct and indirect estimates from full-depth GO-SHIP hydrographic transects averaged over similarly large spatial

and temporal scales can capture the basin-averaged abyssal mixing needed to close the deep overturning circulation.

SIGNIFICANCE STATEMENT: The deep overturning circulation of the ocean is driven by northward flow of cold

waters formed in the SouthernOcean and diffusion-driven upwelling fromoceanic turbulence, both of which are difficult

to measure and quantify accurately. This study aims to reconcile different methods of measuring the overturning in a

large ocean basin by 1) inferring mixing required to sustain the overturning using long-term observations of inflow and

outflow heat fluxes from a time-dependent heat budget and 2) direct/indirect observations of mixing within the basin.

While our results show consistency of the basin-averaged mixing estimates from several different methods, this study

also highlights the need to make sustained oceanic observations of mixing and circulation to further reduce uncertainty

in the estimates.

KEYWORDS: Abyssal circulation; Diapycnal mixing; Mixing; Thermohaline circulation; In situ oceanic observations;

Oceanic variability

1. Introduction

The meridional overturning circulation (MOC) regulates

global climate through the exchange and distribution of heat,

carbon, and nutrients throughout the global oceans (Meehl

et al. 2006). The overturning structure and strength of the deep

and bottom cells of the MOC are set by the balance between

surface buoyancy loss at high latitudes that produces deepwater,

and diapycnal mixing throughout the global ocean driven by

internal wave breaking and geothermal heating (Nikurashin and

Ferrari 2013; Talley 2013; MacKinnon et al. 2017; Lumpkin and

Speer 2007; Marshall and Speer 2012).

In the southwest Pacific (SWP) basin, the bottom limb of

theMOC is fed by a mix of Antarctic BottomWater (AABW),

originating primarily from the Antarctic continental shelf, and

Lower Circumpolar Deep Water (LCDW), primarily made up

of deep waters originating from the North Atlantic Ocean that

have been modified in the Antarctic Circumpolar Current. The

pathways of bottom water in the SWP basin have been rela-

tively well observed, with this modified AABW mixture en-

tering the SWP basin through an intensified deep western

boundary current (DWBC) south of New Zealand that con-

tinues north along the Tonga-Kermadec Ridge (Reid 1997;

Wijffels et al. 2001; Whitworth et al. 1999). The majority of the

flow bottlenecks through the Samoan Passage before filling the

entirety of deep North Pacific Ocean (e.g., Roemmich et al.

1996; Voet et al. 2016).

The inflow of cold deep water is largely balanced by vertical

transfer of heat from above through diapycnal mixing. Direct

observations of diapycnal mixing in the deep ocean are sparse

in space and time, despite their critical importance in under-

standing large-scale ocean dynamics and closing the ocean heat

budget (Waterhouse et al. 2014; MacKinnon et al. 2017).

Observations from a pilot program to equip CTD rosettes used
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on decadally occupied Global Ocean Ship-based Hydrographic

Investigations Program (GO-SHIP) repeat hydrographic

sections with x-pods—self-contained instruments that mea-

sure temperature microstructure and package motion (see

Nash et al. 2021, manuscript submitted to J. Atmos. Oceanic

Technol.)—offer a new means for estimating deep-ocean

mixing. Here we use these CTD x-pod data collected on the

GO-SHIP hydrographic transect P06 to estimate the vertical

heat transfer from turbulent mixing into the abyssal ocean.

When assessing the deep-ocean heat budget, it is important

to note that the deep ocean is not currently in steady state but

instead has been warming significantly in recent decades.

Below 2000m, the global oceans have warmed at a rate

equivalent to a downward heat flux of 0.065 6 0.040Wm22

over the entire surface of Earth between the 1990s and 2000s,

with the strongest warming rates found in the Southern Ocean

closest to AABW formation sites (Purkey and Johnson 2010;

Kouketsu et al. 2011; Desbruyères et al. 2016). This warming is

likely being driven by a slowdown in AABW production and

communicated globally on decadal time scales by deep plan-

etary waves (Fukasawa et al. 2004; Kouketsu et al. 2009;

Masuda et al. 2010; Purkey and Johnson 2012). In the SWP

basin, the deep waters below 4000m have warmed at a mean

rate of 1.26 6 0.198mC yr21 between the 1990s and 2010s,

with a possible stronger warming rate of 2.08mC yr21 between

the 2000s and 2010s (Purkey et al. 2019). Furthermore, the new

DeepArgo array suggests an even larger warming rate of 38mC

yr21 between 2014 and 2019 (Johnson et al. 2019).

Here, we present an in-depth analysis of the unsteady-state

abyssal heat budget of the northern half of the SWP basin

between 1992 and 2017 to assess our ability to directly measure

all aspects of the local MOC. Using available ship-based hy-

drographic, mooring and Deep Argo data within the SWP

basin (section 2), we quantify all terms in the heat budget of

the abyssal ocean to test our current ability to directly monitor

the processes controlling the MOC (section 3). Geostrophic

velocity is calculated from four repeat hydrography sections

along 32.58S in the South Pacific and from velocity measure-

ments in the Samoan Passage (Roemmich et al. 1996; Rudnick

1997; Voet et al. 2016) to estimate advective heat flux and

compare it with new estimates of vertical heat flux from both

microscale temperature measurements and finescale parame-

terizations of eddy diffusivity k. In section 4 we compare results

of the full unsteady-state heat budget, which accounts for the

observed warming in the abyssal SWP basin, with a simple

steady state heat budget calculation by ignoring the temporal

variation that has previously been incorporated in various

studies (e.g., Whitehead and Worthington 1982; Morris et al.

2001; Heywood et al. 2002). Last, in the framework of the

abyssal heat budget, we discuss how changes in advective and

diapycnal heat fluxes could drive abyssal warming by changing

theMOC, and how well we can currently monitor and quantify

each component (section 5).

2. Data

We use CTD, lowered acoustic Doppler current profiler

(LADCP), and microscale temperature data collected during

one or more of the four occupations of the zonal repeat hy-

drographic line P06 across the Pacific at 32.58S (Fig. 1). The

line was first occupied in 1992 as part of the World Ocean

Circulation Experiment (WOCE) and was repeated in 2003,

2009, and 2017, first under the Climate Variability and

Predictability (CLIVAR) program and later under GO-

SHIP. Stations sample from the surface to within 10–20m

of the ocean bottom or to 6000-m depth and are nominally

spaced roughly every 55km along the section, with closer

spacing in regions of rough topography, trenches, and boundary

currents.

All four occupations include 2-dbar-binned data for temper-

ature T, salinity S, and pressure P with accuracy to 0.0028C,
0.002 PSS-78, and 3 dbar, respectively. Salinity data were

calibrated to the International Association of the Physical

Sciences of the Oceans (IAPSO) standard seawater, and any

batch-to-batch offsets between standards were applied (Kawano

et al. 2006). All temperature measurements were converted to

the International Temperature Scale (ITS-90) and salinity is

given in Practical Salinity Scale 1978 (PSS-78). potential tem-

perature u and neutral density gn are calculated following

Jackett and McDougall (1997).

LADCP data are available for the 2003, 2009, and 2017 oc-

cupations, but the 2003 and 2009 data are characterized by high

noise as a result of only having a downward-looking 300-kHz

LADCP instrument, whereas the 2017 occupation had both an

upward- and downward-looking LADCP. For this reason, only

the LADCP data from the 2017 occupation are used for the

finescale parameterization.

In addition, microstructure measurements of the dissipa-

tion rate of temperature variance xwere made along the 2017

occupation of the P06 section. Two x-pods, self-contained

instruments that measure microscale temperature fluctua-

tions using fast-response FP07 thermistors sampled at 100Hz

(Moum and Nash 2009), were mounted on the outer ring of

the CTD rosette and extended above the top of the cage to

avoid influence of the wake generated by the CTD package.

Data were also collected from a downward-looking x-pod

mounted near the CTD and LADCP head; however, mea-

surements from this sensor were often contaminated (pos-

sibly by wake shed from the LADCP head) and so are not

used here.

Eight months of full-depth CTD profiles collected from

three Deep Argo floats (Fig. 1) deployed along the P06 line in

2017 at 1688W [float identifier (ID): 6030; WMO ID: 5902528],

1608W (float ID: 6031; WMO ID: 5902529), and 1528W (float

ID: 6032;WMO ID: 5905161) are also used to assess temporal

variability of the geostrophic flow over the abyssal plain.

Each float took full-depth profiles every 10 days, sampling

continuously in the upper 500 dbar and discretely every 2–

50 dbar between 500 dbar and the bottom. As seen in Fig. 1,

the floats considered in this study (Fig. 1, pink lines) stayed

close to the initial deployment location along P06 over

the course of the 8-month period; hence, the measure-

ment records are considered as stationary time series here.

Also, time series of heat and volume transport through the

Samoan Passage based on moored observations between

1992–94 (Rudnick 1997) and 2012–14 (Voet et al. 2016) are
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used to estimate deep meridional outflow from the northern

SWP basin.

3. Methods

We formulate a heat budget for the northern SWP basin.We

distinguish the northern SWP basin from the rest of the SWP

basin as the geographical region north of 32.58S. The cold waters

considered here are isolated zonally by the Tonga-Kermadec

Ridge along its western boundary and the east Pacific Rise along

its eastern flank. The eastern and western sides of the deep basin

are bounded by the 4000-m isobath running along the east Pacific

Rise and Tonga-Kermadec Ridge, the northern edge bounded

at 108S by Samoan Passage and the P31 zonal hydrographic

FIG. 1. Climatological bottom potential temperature (color shading; Gouretski and Koltermann 2004) within the study region of the

northern southwest Pacific basin, defined by the 4000-m isobath (black contour) to the east and west (green), Samoan Passage and P31 to

the north (blue), and P06 to the south (orange). Locations of three Deep Argo floats (pink) used to estimate geostrophic transport

variability along across P06 in 2017–18 are indicated (section 3b).

FIG. 2. Schematic of all terms in the heat budget as described by Eq. (8) showing heat fluxes in a zonal-mean isotherm framework (three

unsteady terms, advective terms, and diffusive flux terms) associated with meridional flow entering through the P06 section at 32.58S and

exiting through the Samoan Passage (SP).
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section and southern end along the GO-SHIP P06 hydrographic

section along 32.58S (Fig. 1).

The unsteady-state abyssal heat budget expands on the

framework in Morris et al. (2001) (Fig. 2). In this framework,

the time rate of change of heat Q and the divergence of ad-

vective heat fluxes into a defined volume are balanced by a

diffusive heat flux and geothermal heating:

›Q

›t
1= � (Qu)5= � (k=Q), (1)

where u is the three-dimensional velocity field and k is the

eddy diffusivity. The first term in Eq. (1), the unsteady term

(Qt), is often neglected in abyssal heat budgets; however, we

will show this term to be leading order in the coldest tem-

perature classes (that are bounded by isotherms) and there-

fore include it here. This term represents the observed abyssal

warming.

The heat budget calculation includes 41 isothermal layers

(hereinafter, layers) (0.68–18C in increments of 0.018C) within
the deep basin. The spatial extent of each layer is defined by the

climatological position of a top and bottom bounding isotherm

from the 18 3 18WOCE hydrographic climatology (Gouretski

and Koltermann 2004). First, theWOCE climatology potential

temperature–pressure profiles are interpolated onto a fine

(0.018C) isotherm grid between 0.68 and 18C. The volume V

and top and bottom isotherm surface area Stop and Sbtm of each

layer can then be calculated by integrating spatially over the

northern SWP basin. Note that the volume V and top and

bottom surface areas of each layer i represent the ‘‘mean’’

volume and surface area of each of 41 layers over the clima-

tological period of 1980–2004 (Gouretski and Koltermann

2004). WhileV is constant in time, below we will introduce aV0

term (defined as dV/dt) in the heat budget calculation reflecting

the observed temporal changes in the volume of each layer in

the basin (Fig. 2).

We integrate Eq. (1) over the layer volumeV and expand the

terms by applying divergence theorem to get

ððð
V

›Q

›t
dx dy dz1∯

S

(Qu) � n̂dS5
ðð

Stop

k
›Q

›z
dS

2

ðð
Sbtm

k
›Q

›z
dS2Q

g
: (2)

The last term in Eq. (2) is the geothermal heating term and is

defined as Qg 5 Qo 3 FA 3 SA, a mean abyssal geothermal

heat flux (Qo; 0.05Wm22) times the fraction area (FA) of the

total bottom bounding surface area (SA) of each defined layer

in contact with the bottom. We then separate velocities in

Eq. (2) into the vertical velocities w and the horizontal inflow

velocity along P06 uP06 and outflow velocity through Samoan

Passage usp:

ð
V

›Q

›t
dx dy dz1

 ð
Ssouth

2Qu
P06

dS1

ð
Snorth

Qu
SP

dS

1

ð
Stop

QW
adv

dS2

ð
Sbtm

QW
adv

dS

!
5

ð
Stop

k
›Q

›z
dS

2

ð
Sbtm

k
›Q

›z
dS2Q

g
: (3)

Using Leibniz rule for the unsteady term in Eq. (3) whose in-

tegral bounds are changing in time, we can transform using

d

dt

ðz2(t)
z1(t)

Q(z, t) dz5Q(z
2
, t)

›z
2
(t)

›t
2Q(z

1
, t)

›z
1
(t)

›t
1

ðz2
z1

›Q

›t
dz,

(4)

where z2 and z1 are top and bottom bounds of the layer in the

vertical direction. We use the transformation in Eq. (4) to split

the unsteady term into three different terms and substitute into

Eq. (3) to get

d

dt

ð
V

Qdx dy dz2

ð
Stop

Q(z
2
, t)

›z

›t
dS1

ð
Sbtm

Q(z
1
, t)

›z

›t
dS

1

 ð
Ssouth

2Qu
P06

dS1

ð
Snorth

Qu
SP

dS1

ð
Stop

Qw
adv

dS

2

ð
Sbtm

Qw
adv

dS

!
1Q

g
5

ð
Stop

k
›Q

›z
dS2

ð
Sbtm

k
›Q

›z
dS . (5)

Further, we replace heat Q with rcpu where r, cp, and u are

the density, heat capacity, and average potential tempera-

ture of the layer, respectively. Using mass conservation, we

replace Wadvtop 5 (UP06 2USP)i and Wadvbtm 5 (UP06 2USP)i21

corresponding to upward advection through the top and

bottom isotherms, respectively, where W and U now rep-

resent volume transports instead of velocities. Further, on

solving the integral in term 1 on the LHS of Eq. (5), it is

transformed into the time derivative of the product of two

functions that represent the average temperature and av-

erage volume of the layer, respectively, where the change in

the volume is due to the movement of the top and bottom

bounding isotherms of the layer, that is,

rc
p

d

dt
u(t)V(t):

We use the product rule for derivatives to get

Vrc
p

du
i

dt
1 rc

p
u
i

�
dz

dt

����
top

S
top

2
dz

dt

����
btm

S
btm

�
2 rc

p
u
top

›z

›t

����
top

S
top

1 rc
p
u
btm

›z

›t

����
btm

S
btm

2 rc
p
u
i
U

P06

1 rc
p
u
i
U

SP
1 rc

p
u
top

(U
P06

2U
SP
)
i
2 rc

p
u
btm

(U
P06

2U
SP
)
i21

1Q
g
5

ð
Stop

rc
p
k
›u

›z
dS2

ð
Sbtm

rc
p
k
›u

›z
dS . (6)

We split term 2 in Eq. (6) into two terms as follows:
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Vrc
p

du
i

dt
1 rc

p

dz

dt

����
top

(u
i
2 u

top
)S

top
2 rc

p

dz

dt

����
btm

(u
i
2 u

btm
)S

btm
2 rc

p
u
i
U

P06
1 rc

p
u
i
U

SP
1 rc

p
u
top

(U
P06

2U
SP
)
i

2 rc
p
u
btm

(U
P06

2U
SP
)
i21

1Q
g
5

ð
Stop

rc
p
k
›u

›z
dS2

ð
Sbtm

rc
p
k
›u

›z
dS: (7)

We rearrange the unsteady terms in Eq. (7) to get

Vrc
p

du
i

dt
2 rc

p

dz

dt

����
top

(u
top

2 u
i
)S

top
2 rc

p

dz

dt

����
btm

(u
i
2 u

btm
)S

btm
2 rc

p
u
i
U

P06
1 rc

p
u
i
U

SP
1 rc

p
u
top

(U
P06

2U
SP
)
i

2 rc
p
u
btm

(U
P06

2U
SP
)
i21

1Q
g
5

ð
Stop

rc
p
k
›u

›z
dS2

ð
Sbtm

rc
p
k
›u

›z
dS . (8)

Each term of the abyssal heat budget in Eq. (8) can now be

evaluated within the northern SWP basin from observational

data. From left to right, the first three terms are unsteady terms

representing the energy needed to change the mean tempera-

ture within each layer [term 1: Vrcp(dui/dt)] and the energy

associated with increasing or decreasing the volume of water

within each temperature class through the vertical heave of

the upper or lower bounding isotherm [terms 2 and 3:

rcp(dz/dt)jtop(utop 2 ui)Stop and rcp(dz/dt)jbtm(ui 2 ubtm)Sbtm].

Terms 4–7 of Eq. (8) are simply the advective terms ac-

counting for the loss or gain of energy through the horizontal

inflow (term 4: rcpuiUP06; section 3b), horizontal outflow

(term 5: rcpuiUSP; section 3c), and vertical upwelling (terms 6

and 7), estimated using a combination of geostrophic flow

from hydrography and Deep Argo floats and velocity data

frommoorings. The geothermal heating (term 8:Qg; section 3e)

is estimated assuming a constant heat flux proportional to the

area of the isotherms in contact with the bottom across the

abyssal plain. The sum of the left-hand side (LHS) terms is

calculated as the inferred vertical diffusive heat flux (section 3f).

Calculated as a residual, this term consists of diapycnal mixing

processes as well as contributions from errors propagated from

measurement error and other unresolved components in the

LHS. We can then compare this term with vertical diffusive

heat fluxes estimated using k derived from the strain-based pa-

rameterization (Gregg 1989; Whalen et al. 2012), a VKE-based

parameterization (Thurnherr et al. 2015), and temperature mi-

crostructuremeasurements from x-pods (MoumandNash 2009)

(section 3g). Further partition of the right-hand side (RHS) term

into a decomposition consisting of gradients of diffusivity,

stratification and isotherm area as has been done in some recent

studies (e.g., Drake et al. 2020; Spingys et al. 2021) is not con-

sidered here as it deviates from the scope of this study.

a. Unsteady terms [Eq. (8), terms 1–3]

The time derivatives in the unsteady terms (du/dt and dz/dt)

are calculated using the linear trend in potential temperature,

u, and isotherm height, z, using measurements from the four

occupations of P06 following Purkey and Johnson (2012). The

u–depth profiles from the four occupations are interpolated

onto a regularly spaced vertical and horizontal grid. At each

horizontal grid point along the section, the u–depth profile is

also interpolated onto a regular spaced u grid and the isotherm

height is calculated as the distance above the bottom along the

section. Then, a linear trend in u and isotherm height versus

occupation date are found at each horizontal and vertical grid

point. The along-section average of du/dt along isobars and

dz/dt along isotherms is calculated and assumed to represent

the basin mean [see Purkey and Johnson (2012) for more

details].

b. Horizontal heat transports across P06 [Eq. (8), term 4]

The horizontal heat flux into the basin across P06 is cal-

culated from the deep geostrophic volume transport esti-

mated with corrected reference velocity from the LADCP

(Hernández-Guerra and Talley 2016) and the observed hy-

drographic properties along the 4 occupations of the section.

First, geostrophic velocity is estimated between station pairs

along P06 using CTD data linearly interpolated on a 20-m depth

grid assuming a level of no motion at gn 5 28.1 kgm23. In the

South Pacific, gn 5 28.1 kgm23 roughly forms the boundary

between southward gyre return flow of lighter intermediate

and thermocline waters and northward transport of the denser

AABW/LCDW (Ganachaud and Wunsch 2003).

A velocity correction for the level of no motion assumption

at gn 5 28.1 kgm23 was applied based on LADCP data for

stations between 1798 and 1608Win the deep western boundary

current where the velocity is unlikely to be zero at gn 5
28.1 kgm23 (Whitworth et al. 1999; Hernández-Guerra and

Talley 2016). The correction was only applied to the 2003, 2009,

and 2017 occupations of P06 owing to LADCP data avail-

ability. For each occupation, meridional LADCP velocities

were linearly interpolated to the midpoint of station pairs and

the mean and variance of the difference between the initial

geostrophic velocity and LADCP velocity between depths of

2000 and 5500m are calculated. The mean offset is applied to

all station pairs where the variance is below 0.07 cm2 s22. This

variance cutoff corresponds to where the geostrophic and

LADCP velocity profiles were determined to be vertically

consistent across all depths through visual inspection of the

profiles.

The net geostrophic transport below deep isotherms into the

northern SWP basin across 32.58S is calculated by integrating

geostrophic velocities (Fig. 3) from west to east. To do this, the
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corrected geostrophic velocities are first linearly interpolated

on to a regular potential temperature grid from 0.68 up to 18C in

0.018C layers and linearly interpolated onto an evenly spaced

0.18 longitude grid. Then, transport within each layer is inte-

grated across the basin. The choice of the 18C isotherm as the

upper bound corresponds roughly to gn5 28.1 kgm23, forming

the boundary for the deep northward transport that flows

through the Samoan Passage (e.g., Roemmich et al. 1996). For

comparison, a similar calculation can be done by integrating

the net transport below gn 5 28.1 kgm23 from the Tonga-

Kermadec Ridge to 1308W for each year (Fig. 4) of the P06

occupation. We use averaged mass transport estimates be-

tween 1992 and 2017 to estimate term 4 in Eq. (8) in the

unsteady-state heat budget calculation.

To capture the variability in the integrated meridional

transport across P06, we use guidance from previous estimates

of mass transport variability in the Tonga-Kermadec Trench

region between 1788 and 1688W, as well as observed mass

transport variability from two pairs of Deep Argo floats in the

abyssal plain of the SWP basin east of 1688W.Whitworth et al.

(1999) estimated a DWBC transport variance of 59% from the

mean transport below 3200m from amooring time series in the

Tonga-Kermadec Ridge region. Inverse model estimates from

Hernández-Guerra and Talley (2016) show transport variance

in the DWBC below gn 5 28.1 between 25% and 48%. Other

studies also show a similarly wide range of basin integrated

northward transport across the P06 section (Wijffels et al. 2001;

Mazloff et al. 2010). Since transport variability on interannual

and shorter time scales is largely unknown along the P06

section and has been shown to vary greatly in the DWBC from

prior estimates, a factor of 50% of the net LADCP-referenced

geostrophic transports is applied to account for temporal var-

iability within each temperature bin for each year between 1788
and 1688W in the DWBC region.

For assessing temporal variability of transport east of 1688W,

the vertical profiles of temperature and salinity from three

Deep Argo floats are interpolated vertically onto an evenly

spaced 20 dbar vertical grid, and geostrophic transport be-

tween pairs of Deep Argo floats are calculated for pairs that

surfaced within a week of each other for the period between

October 2017 and June 2018. The temporal variance in the

geostrophic transport over the 8-month time series is assumed

to be representative of the expected variance over the full

abyssal plain even though the floats did not fully cover the

region. The geostrophic transport from the Deep Argo floats

shows a 29% variation from the mean transport in the 8-month

FIG. 3. Meridional northward geostrophic velocities (cm s21) referenced to LADCP [for (b)–(d)] across the deep western boundary

current in the Tonga-Kermadec Ridge along P06 at 32.58S in (a) 1992, (b) 2003, (c) 2009, and (d) 2017 with bottom bathymetry (black) and

the mean depth of gn 5 28.1 kgm23 (dot–dashed black contour).

3322 JOURNAL OF PHYS ICAL OCEANOGRAPHY VOLUME 51

Unauthenticated | Downloaded 08/01/22 05:15 PM UTC



period. Therefore, we apply a 29% variance on the mean

geostrophic flow in all temperature classes between 0.68 and
18C east of 1688W to account for the variation of geostrophic

transport in the abyssal plain region.

The net meridionally integrated transports below gn 5
28.1 kgm23 are within 1 Sv (1 Sv[ 106m3 s21) for the four P06

occupations as well as within error of previously published

estimates for the region (Whitworth et al. 1999; Wijffels et al.

2001; Hernández-Guerra and Talley 2016). However, the ap-

plication of transport time variances in the DWBC and the

abyssal plain as a measure of the spread aims to account for

potential differences in integrated transport resulting from

choice of reference density level in calculating the geostrophic

transport as well as other measurement errors and the overall

variability in the circulation on mesoscale and longer time

scale. We then consider this range of integrated mass transport

to calculate horizontal heat transports in each isotherms be-

tween 0.68 and 18C in the heat budget calculation of the re-

sidual estimates of diffusivity (section 4).

c. Horizontal heat transports across Samoan Passage

[Eq. (8), term 5]

To estimate heat fluxes out of the basin, the mean volume

transport through the Samoan Passage is estimated using

mooring data from 1992 to 1994 (Rudnick 1997) and 2012 to

2014 (Voet et al. 2016). No significant reduction in volume

transport was observed between the twomoored arrays but the

volume of water within the coldest isotherms has changed

(Voet et al. 2016). Therefore, here we use the 2012–14 mooring

array heat outflow for the 2003, 2009, and 2017 budgets and the

1992–94 heat outflow for the 1992 budget. Outflow volume

transports were interpolated onto the same regular potential

temperature grid used for the inflow across P06. To account for

northward flow around theManihiki Plateau, an additional net

transport of 2.7 Sv is distributed within temperature classes

between 0.88 and 18C and added to the budget calculation for

all years following estimates fromRoemmich et al. (1996). Our

final estimates of diffusive heat fluxes and diffusivity for these

temperature classes are not sensitive to this choice.

d. Vertical advection [Eq. (8), terms 6 and 7]

Upward advection, or upwelling, through the top bounding

isotherm for each layer is calculated by solving for w through

conservation of mass. To conserve mass within each layer

beginning at the bottom-most isotherm (0.68C), the hori-

zontal mass inflow and vertical advection through the bottom

bounding isotherm has to be balanced by an equal horizontal

outflow or vertical outflow through the top bounding iso-

therm, or a change in the layer volume.

e. Geothermal heating [Eq. (8), term 8]

The geothermal heating term is calculated as the product of

the total surface area of the isotherm in contact with the bot-

tom in the basin and a constant deep-ocean heat flux of

0.05Wm22 (Hofmann and Maqueda 2009). We determine the

total surface area of each layer in the temperature grid in

contact with the ocean bottom using the 18 latitude 3 18 lon-
gitude climatological maps of the ocean bottom temperature

(Gouretski and Koltermann 2004)(Fig. 1). The time depen-

dence of top and bottom surface areas Stop and Sbtm on the

geothermal heating term is not taken into account in the study

since this term is orders-of-magnitude less than the other terms

in Eq. (8) (see section 4) is ultimately negligible in comparison.

f. Residual diffusive heat fluxes from basin heat budget
[Eq. (8), LHS]

A mean basin-averaged diffusivity k can be estimated from

the diffusion term (Fig. 5a) by summing the LHS of Eq. (8).We

estimate the basin-averaged diffusive heat flux and k on each

isotherm by solving Eq. (8) using the surface area of bounding

isotherm S and vertical temperature gradient ›u/›z derived

from WOCE-era hydrographic climatology (Gouretski and

Koltermann 2004) (Fig. 6). Upper and lower bounds on the

basinwide diffusivity estimates are made by propagating the

transport temporal variability error of 50% (in the Tonga-

Kermadec Ridge region) and 29% (in the abyssal plain) on

mass flux along P06 and through the Samoan Passage for each

layer in the heat budget (see section 3b).

g. Diffusive heat fluxes from in situ measurements and
parameterizations [Eq. (8), RHS]

Vertical diffusive heat flux, turbulent dissipation rate �, and

eddy diffusivity k for the basin are also estimated using a strain

parameterization, a VKE-based parameterization, and tem-

perature microstructure profiles from x-pods along P06.

1) STRAIN-BASED FINESCALE PARAMETERIZATION

Finescale parameterizations provide indirect means of esti-

mating turbulent mixing in the ocean. Shear and strain-based

parameterizations use internal wave–wave interaction theories

to predict the downscale cascade of energy transfer from larger

to smaller scales, resulting in turbulence production from

FIG. 4. Eastward integrated net northward mass transport

(kg s21) below gn 5 28.1 kgm23 along the four occupations of P06

(colors) between the Tonga-Kermadec Ridge (1798W) and the east

Pacific Rise (1308W). Accumulated transport from all of the four

occupations between 1798 and 1688W is shown with a green error

bar representing 50% transport variance in the TKR region. Mean

geostrophic transport with 1 standard deviation of the mean esti-

mated between ;1688 and ;1528W (Deep Argo Float Pair 1) and

;1608 and ;1528W (Deep Argo Float Pair 2) from Deep Argo

floats profiles collected between September 2017 and June 2018 is

plotted at 1528W, offset by the eastward integrated geostrophic

transport in 2017 at 1688 and 1608W, respectively, to show agree-

ment with the hydrography line.
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breaking internal waves (McComas andMüller 1981). Vertical

profiles of strain variances are calculated along the P06

section using ship-based CTD data to estimate the rate of

turbulent dissipation (Kunze et al. 2006; Whalen et al. 2012;

Polzin et al. 2014) (Fig. 7a).

Strain variance hj2zi is calculated by integrating the buoyancy-
normalized spectra, starting integration at l 5 100m, which is

constrained by the segment length (200m) and avoids longer

wavelength contamination by background stratification (Kunze

et al. 2006), to between wavelengths of 10 and 40m, while also

satisfying strain variance hj2zi, 0:2 to avoid underestimating the

variance through oversaturation of the spectrum (Gargett 1990).

We do not employ the use of shear measurements for the shear-

strain parameterization (Kunze et al. 2006) in this study because

of the unusually high noise levels in the deep-ocean shear

measurements along this section. Therefore, we apply a constant

ratio between shear and strainRv5 3 excluding the mixed layer

[see Whalen et al. (2015) for details]. Profiles of « and k are

calculated at each CTD station along the section from 200-m

half-overlapping segments in depth. The parameterization gives

average estimates of diffusivity and kinetic energy dissipation

from breaking internal waves over multiple wave periods and

does not account for mixing processes in the boundary layer,

hydraulic jumps, double diffusion, or internal wave–driven tur-

bulence in regimes with significant wave–mean flow interaction

(Waterman et al. 2014).

2) VERTICAL KINETIC ENERGY (VKE)
PARAMETERIZATION

In contrast to the shear and strain-basedmethods, the single-

parameter VKE parameterization (Thurnherr et al. 2015) is

based on an empirical relationship between dissipation of

turbulent kinetic energy and the energy in high-frequency in-

ternal waves, which dominate vertical velocity in the interior

ocean (e.g., Eriksen 1978). Requiring no input beyond vertical

velocity, the VKE scaling between internal-wave energy and

dissipation is not consistent with the latitudinal dependence of

the shear/strain methods. From the relatively limited applica-

tion to date, the VKE method does not seem to be affected by

dataset-specific biases that exceed a factor of 2 that have been

reported to affect some applications of the shear/strain method

(Polzin et al. 2014; Thurnherr et al. 2015).

Using LADCP velocity data, the vertical fluid velocity w is

calculated following Thurnherr (2011) and Fourier trans-

formed to obtain VKE spectra. The scaling between the VKE

spectra and � has been further described in the study by

Thurnherr et al. (2015). Estimates of � and k, the latter based

on the Osborn (1980) relationship k 5 G�/N2 with constant

mixing efficiency G 5 0.2 (Gregg et al. 2018) and buoyancy

frequency N from CTD data, are calculated at each CTD sta-

tion along the section and binned in 320-m half-overlapping

segments vertically. Mean profiles and confidence intervals

along P06 are computed in the same way as for the strain pa-

rameterization [see section 3g(4) below; Fig. 7b].

3) CTD-MOUNTED x-POD MEASUREMENTS

High wavenumber temperature gradient fluctuations

dT0/dz measured by the x-pods were obtained on each

upcast and processed following the methods of Moum and

Nash (2009) and Nash et al. (2021, manuscript submitted to

J. Atmos. Oceanic Technol.) to compute the dissipation

rate of the temperature variance x:

FIG. 5. (a) Heat balance for each layer between 0.68 and 18C (W) for the components of the heat budget in the SWP basin, which include

unsteady terms [Eq. (8), terms 1–3], sum of the advective and geothermal heat terms, herein steady terms [Eq. (8), terms 4–8] and a

diffusion term [Eq. (8), RHS] calculated using hydrographic data from the P06 section and mooring data in the Samoan Passage [Eq. (8)].

(b) Three components of the unsteady term (blue) as derived in Eq. (8) along with the total unsteady term (purple) calculated using

isotherm heave (dh/dt) (see Fig. 8b, below) and warming within the layer.
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whereDT is the thermal diffusivity andCTz
is the wavenumber

spectrum of temperature gradient fluctuations. In practice,CTz

is not fully resolved by FP07 thermistor measurements, so as-

sumptions must be made about the shape of the spectrum to

compute x at moderate TKE dissipation rates. While Goto

et al. (2018) use a curve-fitting technique to determine x from

CTD-mounted sensors, this method requires that the spectral

roll-off be resolved and is biased for �. 10218Wkg21. Instead

we follow a procedure that is based onMoum and Nash (2009)

that corrects for unresolved variance in 1-s-long spectra by si-

multaneously determining the � and x that are consistent with

the resolved part ofCTz
. Details of the method are provided in

Nash et al. (2021, manuscript submitted to J. Atmos. Oceanic

Technol.), who also outline a means for rejecting data contami-

nated by the CTD-rosette wake for profiles collected in moderate

sea states and compare these estimates with those from a free-

falling microstructure profiler to demonstrate that the method is

not biased. Here we follow that method and use Osborn and Cox

(1972) to calculate the eddy diffusivity of heat kT:

k
T
5

x

2(dT/dz)2
, (10)

where dT/dz is the mean background temperature gradient

computed over 10-m scales. The dissipation rate of kinetic

energy is then calculated as

�5
N2x

2G(dT/dz)2
, (11)

where N2 is the squared buoyancy frequency and G is the

mixing efficiency, chosen to be a constant 0.2. Following Nash

et al. (2021, manuscript submitted to J. Atmos. Oceanic

Technol.), x is computed in 1-s bins, data that are potentially

contaminated by platform-induced noise are rejected, as are

data in regions of very weak stratification where dT/dz is less

than 1024 Km21. Retained data are binned into 200-m half-

overlapping segments (Fig. 7c).

4) BASIN MEAN DIFFUSIVITY PROFILES

We calculate the basin mean diffusivity and 95% boot-

strapped confidence intervals for each parameterization and

x-pod measurements. First, parameterized estimates of diffu-

sivity along the P06 section along isotherm surfaces are con-

verted to diffusive heat fluxes by multiplying the diffusivity by

the local vertical temperature gradient for a given isotherm

du/dz, density r, and specific heat cp. We then take the mean

along isotherms to determine the basinmean diffusive heat flux

FIG. 6. (a) Profiles of basin mean diffusive heat flux (W m22) calculated from the residual of a heat budget

calculation of the northern SWP basin (black lines), also showing estimates resulting from 1 standard deviation of

the meridional mass transport interannual variability along P06 (gray shading). Section-mean vertical profiles of

diffusive heat flux calculated from two finescale parameterizations and a temperature microstructure along P06 are

plotted (colored lines) with 95% bootstrapped confidence intervals (colored shading). (b) Profiles of diffusivity

k (m2 s21) for the northern SWP basin calculated from the heat budget–derived mean profiles of diffusive heat flux

as plotted in (a) (black) with estimates resulting from 1 standard deviation of the meridional mass transport in-

terannual variability along P06 (gray shading). Basin mean vertical profiles of k calculated from two finescale

parameterizations and a temperature microstructure are plotted (colored lines) with 95% bootstrapped confidence

intervals (colored shading).
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from each parameterization so as to compare it with the heat

budget–derived diffusive heat fluxes (Fig. 6a). Further, we di-

vide the above diffusive heat fluxes by the horizontal mean

temperature gradient for each isotherm in the SWP basin de-

termined from a hydrographic climatology to calculate the

mean diffusivity for the basin (Gouretski and Koltermann

2004) (Fig. 6b).

4. Results

Each term in the heat budget in the northern SWP basin is

examined using the measurements along P06 section and

Samoan Passage and compared with diffusive heat flux and

diffusivity estimates from finescale parameterizations and x-pod

measurements. The occupations of P06 are also used to esti-

mate the variability in the estimates of the diffusive heat flux

from the heat budget owing to the variance in the geostrophic

flow across P06, as well as the heat tendency term due to

warming in the abyssal ocean [Eq. (8)].

a. Unsteady-state terms

Thewaters below0.78Chavewarmed significantly throughout

the basin between the 1990s and 2010s and the coldest waters

have disappeared, leading to more homogeneous bottom tem-

peratures throughout the basin (Fig. 8; Purkey and Johnson

2010; Sloyan et al. 2013; Purkey et al. 2019; Johnson et al. 2019).

FIG. 7. Dissipation rate � (W kg21) in the SWP basin along the 2017 occupation of the P06

section bounded in the east and west by the east Pacific Rise and Tonga Kermadec Ridge,

respectively, with bottom bathymetry (black) from (a) a strain-only parameterization with a

constant shear-to-strain ratio, (b) a VKE-based parameterization, and (c) temperature mi-

crostructure measurements of CTD-mounted x-pods along with the 0.658, 0.758, 18, 1.258, 1.58C
isotherms contoured as gray lines.
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Observations along P06 between 1992 and 2017 show the rate

at which the deepest isotherms have fallen in the coldest layers

(;25m yr21 at 0.68C), which results in a substantial loss in

volume of cold water (Fig. 8b).

In Eq. (8), this warming is included in the heat budget

through three terms. The first term is the unsteady warming

term Vrcp(dui/dt), which accounts for increase in heat content

of the layer over time. This term depends on the grid spacing

and accounts for the fact that discrete isotherm bins could

experience nonuniform warming that results in changing the

mean temperature ui of the water within that bin. Since our

isotherm bins are very fine (0.018C), this term is smaller than

the other unsteady terms in our framework (Fig. 5b).

Second, the effect of deep warming is accounted for in

Eq. (8) through the rate of change in isotherm volume in

the terms

rc
p

dz

dt

����
top

(u
top

2 u
i
)S

top
and
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btm

(u
i
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and represents a basinwide contraction or expansion of the

volume of a given isotherm and the energy required to warm a

given volume of water from a given isotherm by 0.018C tomove

it into the warmer layer. This effect is roughly similar for the

top and bottom bounding isotherms throughout much of the

deep ocean and accounts for the bulk of the warming tendency

term (Fig. 5b, purple). Consequently, the heat tendency term

reduces to near-zero as the basinwide isotherm contraction

goes to zero, representing a steady-state in the warmer iso-

therm classes above 0.858C.
We have assumed for our calculation that the rate of iso-

therm heave in the basin observed along P06 (Fig. 8b) is rep-

resentative of the meridional variation in the entire basin. This

is supported by data fromGO-SHIP lines P15 and P16, the two

meridional sections along the east and west sides of our study

region, showing similar rates since the 1990s (see Purkey

et al. 2019).

b. Lateral transport from geostrophic velocities

The structure and magnitude of geostrophic velocity across

P06 into the northern SWP basin is consistent between occu-

pations, with small differences inmagnitude and location of the

DWBC (Fig. 3). We find the highest velocities in the DWBC to

occur within the core of the DWBC with mean velocities be-

tween 3 and 10 cm s21 found below 4000m between 1798 and
1778W. However, structure and location of the DWBC core

vary between occupations. Despite this spatial variability

within the DWBC, the integrated northward mass transport

across the northern SWP basin in the four occupations is

remarkably similar below gn5 28.1 kg m23 with net trans-

port ranging from 14.6 3 109 kg s21 to 15.3 3 109 kg s21

(Fig. 4). In all four occupations, over half of the total

transport is found east of 1788W within the DWBC. Some

southward recirculation is observed to the west adjacent to

the DWBC, but overall northward transport is observed

between 1708 and 1408W, until the cumulative sum of the

transport becomes constant around 1308W, where the gn 5
28.1 kg m23 isopycnal ‘‘bottoms out’’ along the east side of

the basin.

Despite the total northward volume transport staying rela-

tively constant across the four occupations of P06 (Fig. 4), the

temperature of the northward-flowing waters changed sub-

stantially between occupations. The coldest waters found along

32.58S within the northern SWP basin warmed from 0.68C in

1992 to 0.628C in 2017 (Fig. 8).

c. Residual diffusivity from heat budget

Summing the left-hand side of Eq. (8) gives the vertical

diffusion term needed to close the budget (Fig. 5a, black). We

find that the inferred diffusive heat fluxes below 0.78C in-

creased by around a factor of 3 relative to the steady state

diffusive fluxes with the inclusion of the unsteady terms in

FIG. 8. (a) Isotherm contours in 1992 (blue) and 2017 (red) along P06 across the SWP basin with mean neutral

density gn 5 28.1 kgm23 between 1992 and 2017 (dashed black line). (b) Rate of isotherm heave dH/dt (m yr21)

calculated using four occupations of P06 between 1992 and 2017, along with 95% confidence intervals (blue

shading).
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Eq. (8) that are leading order in the coldest part of the water

column (below 0.78C).
A reduction in the cross-isotherm upwelling term (not

shown) occursmainly below the 0.758C isotherm because of the

reduction in volume and heat transport in the coldest layers,

which is indicated by an isotherm heave signal dh/dt along the

P06 section (Fig. 8b). Consequently, this reduction in cross-

isotherm upwelling is compensated through an increase in the

diffusion term in those isotherm classes (Fig. 5a, black). This

difference in decreased upwelling transport and increased

downward diffusion is most prominent below 0.658C where the

bulk of the warming is concentrated; the contribution of the

unsteady terms (Fig. 5a, purple) is nonnegligible in the three-

term balance between steady, unsteady and diffusion terms.

The contribution of the unsteady terms to the increased dif-

fusive heat flux reduces greatly by 0.758C and is virtually the

same as would be under a steady-state assumption above 0.88C.
This is primarily driven by a gradual minimization of the

warming-driven isotherm heave signal of waters with temper-

atures greater than 0.758C (Fig. 8b), as shown by persistent

isotherm positions along P06 between 1992 and 2017 (Fig. 8a).

The unsteady state diffusive heat flux and diffusivity estimates

from the heat budget calculation and the associated uncer-

tainties calculated using the full range of northward heat

transport in the SWP basin (see sections 3b and 3c) lie within

the uncertainty estimates from the finescale VKE and strain

parameterizations as well as x pod observations for most of the

temperature classes considered in the budget.

1) STEADY-STATE MODIFICATION OF THE

HEAT BUDGET

In addition to formulating the full unsteady-state budget

[Eq. (8)], we consider the effect of neglecting the unsteady-

state terms to incorporate the more widely used framework

of a steady-state heat budget (Whitehead and Worthington

1982; Hogg et al. 1982; Polzin et al. 1997; Morris et al. 2001;

Heywood et al. 2002). Here we assume zero heat accumulation

within each layer and do not consider the unsteady terms in

Eq. (8). That is, the heat budget is a balance between only the

horizontal advection calculated usingmass and heat transport

estimates from individual occupations of the P06 section,

vertical upwelling, geothermal heating, and diapycnal diffu-

sion (Fig. 2). To conserve heat within a layer, heat entering

within a layer must either exit the layer as outflow, upwell by

advection or mix through vertical diffusion. Similar to the

unsteady-state heat budget, the diffusive heat flux is in bal-

ance with the advective heat flux without the presence of the

unsteady terms.

Despite the diffusive heat term being the same order of

magnitude as the advective terms as well as being notably

lesser in magnitude from the unsteady-state-derived estimates

of diffusive heat flux in the coldest isotherms below 0.658C
(Fig. 6a), the inferred diffusivity remains well within the error

of the unsteady-state estimate accounting for interannual

variations in the advective transport (Fig. 6, gray shading). The

inferred diffusivity profile from both unsteady-state and steady

state heat budgets (Fig. 6b) show enhancement of turbulent

mixing near the bottom, in line with recent results showing

elevated levels of turbulent mixing occurring near bottom to-

pography (up to ;1023m2 s21 here) in the abyssal basins

driven in-part by internal wave interaction with ocean topog-

raphy (e.g., Polzin et al. 1997; Ledwell et al. 2000; Waterhouse

et al. 2014;Mashayek et al. 2017; Drake et al. 2020). Our results

also show that variations up to a factor of 8–10 between steady

and unsteady budget estimates are possible when considering

the full range of uncertainty bounds that account for variability

in lateral heat transport in the basin.

d. Diffusivity k and dissipation rate � from finescale
parameterizations and x-pods

In much of the SWP basin’s interior and in regions away

from surface and near-bottom influences, dissipation rates are

relatively weak, as measured by x-pod observations and fine-

scale parameterizations (Fig. 7). However, regions of intensi-

fiedmixing are observed along the interface between the 18 and
1.258C isotherms that roughly forms the boundary between

northward-flowing Circumpolar Deep Water and southward-

flowing Pacific Deep Water in both the x-pod data and fine-

scale estimates. Bottom-intensified mixing is observed along

most of the section in the deep SWP basin, especially evident in

the x-pod observations that characterize irreversible mixing

and less so from the internal-wave based parameterizations.

Notable are regions around the east Pacific Rise between 1408
and 1008W that show high dissipation rates and diffusivities

values along the sloping bottom bathymetry, consistent with

enhanced generation and scattering of internal waves over

rough topography (Polzin et al. 1997; Mashayek et al. 2017;

Holmes et al. 2018; Callies and Ferrari 2018).

The strain and VKE parameterizations show high dissipa-

tion rates in patches atmiddepths, observed also in undulations

of isotherms in the middle of the basin away from topography.

Topographic enhancement in dissipation rate is observed in

the finescale estimates along the abrupt topography of the east

Pacific Rise region east of 1558W. These patterns also reveal

some differences between the finescale and temperature mi-

crostructure estimates from x-pods, which are metrics of

slightly different attributes of the flow. First, the overall (me-

dian) dissipation rates from the x-pods (Fig. 7c) in the abyssal

ocean below 18C are slightly higher than the finescale estimates

(Figs. 7a,b), but have few regions where their means are sig-

nificantly different based on bootstrap averages (Fig. 6b).

Second, the range of dissipation estimates from finescale pa-

rameterizations in regions of high dissipation associated with

rough topography is larger than estimates from x-pods, which

likely reflects the fact that the x-based estimates have signifi-

cantly more degrees of freedom in their averages. While the

current analysis cannot completely rule out all possible biases

from x-pod measurements (see Nash et al. 2021, manuscript

submitted to J. Atmos. Oceanic Technol.), the possibility of low

biases in finescale parameterizations (Klymak et al. 2008;

Polzin et al. 1995, 2014; Waterman et al. 2014) in the abyssal

ocean cannot be overlooked either. Although CTD x-pod es-

timates are not significantly biased relative to direct mea-

surements from shear microstructure (Nash et al. 2021,

manuscript submitted to J. Atmos. Oceanic Technol.), a

broader evaluation of the differences and biases of the
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patterns of turbulent dissipation and amplitude of the en-

ergetics exhibited in the abyssal ocean will be the subject of

future work and outside the scope of this study.

Mean diffusivities for the northern SWP basin are derived

from estimates of average diffusive heat flux along the P06

section (section 3f, Fig. 6a). The basin mean diffusivity for

waters colder than 18C calculated from the unsteady-state heat

budget agrees within error estimates with the temperature

microstructure estimates (x-pod) for all isotherms colder than

18C, and with the VKE and Strain parameterization for waters

warmer than 0.78C (Fig. 6b). The heat budget, x-pod and strain

parameterized estimates that extend to the bottom show bot-

tom intensified diffusivity values, decreasing exponentially

toward the warmer temperature classes. The highest diffusiv-

ities from the heat budget are around 4.3 3 1024m2 s21 from

2009 to 2010 and 3.6 3 1024m2 s21 for 1992. The diffusivity

estimates from the heat budget fall within 95% bootstrap

confidence intervals of x-pod as well as the strain and VKE

parameterizations. In the lower water column below 0.78C, the
budget estimates agree with x-pod, VKE, and the strain pa-

rameterization within error for most of the temperature

classes.

5. Discussion and summary

We have demonstrated that the heat fluxes associated with

the abyssal limb of the MOC in the northern SWP basin can be

well constrained within uncertainty limits using data from re-

peated hydrography sections, mooring arrays and Deep Argo

floats. This is shown by the broad agreement of inferred ver-

tical diffusive heat flux estimates from an unsteady-state heat

budget (i.e., allowing for temporal changes in temperature,

volume and heat storage) to direct measurements from the

CTD-mounted x-pods and indirect estimates from finescale

parameterizations (Fig. 6). We assess the relative contribution

of each term in the heat budget, showing that the heat budget is

primarily a balance between the inflow of cold waters from the

south and the vertical diffusion of heat from above with a small

contribution from the unsteady-state warming term. Of par-

ticular importance, direct measurements of terms in the un-

steady heat budget [Eq. (8)] allow for evaluation of the

assessment ofmeasurement error in each term, a key step as we

continue to develop our global deep-ocean observing system.

The hydrographic section (P06) results presented here

indicate a steady northward volume transport along the bottom

limb of the MOC in the Southwest Pacific (Fig. 4) with the

gradual warming and eventual disappearance of the coldest

abyssal waters being transported northward since the 1990s

(Fig. 8). From four repeat occupations of the P06 section be-

tween 1992 and 2017 we estimate that isotherms below 0.658C in

the SWP basin have been sinking at an average rate between 10

and 30myr21 within uncertainty bounds, encompassing most of

the abyssal ocean below 4500m in depth. For instance, between

1992 and 2017 the coldest portion of the SWP basin once con-

sisting of waters colder than 0.68C had warmed to ;0.628C, re-
sulting in an average isotherm heave of more than 1000m in the

deepest portion of the basin over the period (Fig. 8a). The re-

sulting decrease in the volume of the coldest waters flowing into

the basin is compensated by an increase in volume transport of

warmer bottom waters. As the abyssal ocean is in flux, we show

that the unsteady terms in the heat budget calculation are con-

sequential in the heat balance for the isotherms shrinking in

volume. We show that the unsteady terms (section 3a) below

0.648C are within a factor of 3 of the steady and diffusion terms

[Fig. 5a, Eq. (8)], which result in an increase by factor of 2–5 in

the inferred diffusive heat flux and diffusivity estimates from

steady-state in the bottom-most isotherms. While the unsteady-

state balance regime (primarily below 0.648C) occupies a small

fraction of the range in temperature coordinates (as shown in

Fig. 5), it has consequences for large swaths of the abyssal ocean

in the SWP below 4000m (Fig. 8a). However, these deviations

still remain within our overall estimates of uncertainty, as

discussed below.

The largest source of known uncertainty in our budget stems

from estimates of total meridional transport in and out of the

basin. GO-SHIP measurements offer decadal snapshots of the

global ocean. However, a large uncertainty of the total annual

transport remains due to the unknown temporal variability in

the northward meridional transport. We assessed this vari-

ability with Deep Argo (in the abyssal plain) and other pub-

lished findings from moorings (in the DWBC region) in the

SWP basin and incorporated them into the range of uncer-

tainty for the calculated vertical diffusive heat fluxes that

would arise from variations in the northward heat transport

(Fig. 6). The future implementation of a global array of Deep

Argo, complemented with the continued GO-SHIP cruises,

will allow for broader assessment of the interannual to decadal

variability of the deep meridional transport and will greatly

reduce the uncertainty spread in the results as well as better

constrain the variability in the MOC (Roemmich et al. 2019).

Further, there are several sources of uncertainty associated

with the turbulent heat flux estimates presented here. Each

method used in our comparison has its own intrinsic uncer-

tainties and limitations. The finescale parameterized estimates

are based upon a mathematical framework that assumes that

the downscale cascade of energy from larger to smaller spatial

scales is driven by nonlinear internal wave–wave interactions

and results in turbulent dissipation in the ocean. While some

previous studies have pointed to a strong agreement between

microstructure and finescale estimates in the open ocean

(Polzin et al. 2014; Whalen et al. 2015), others have provided

insight into regions where these parameterizations may be bi-

ased, possibly due to mixing processes other than the cascade

of internal wave energy captured by the current state of fine-

scale parameterizations (Polzin et al. 1995; MacKinnon and

Gregg 2003; Klymak et al. 2008; Waterman et al. 2014; Ijichi

and Hibiya 2015). The x-pod measurements are a more direct

estimate of mixing because they are based on the small scales of

turbulence at which irreversible mixing occurs, and hence in-

clude more turbulence-producing phenomenology. However,

they can be problematic at extremely low stratification (Nash

et al. 2021, manuscript submitted to J. Atmos. Oceanic Technol.)

and are instantaneous measurements of turbulent events and

hence can be biased when turbulence is (as typical) lognormally

distributed (e.g., Whalen 2021). Biases in finescale as well as

x-pod estimates could also be introduced in certain regimes
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dominated by turbulent mixing driven by advective process such

as downslope bottom Ekman flows near the DWBC are con-

cerned (e.g., Naveira Garabato et al. 2019; Spingys et al. 2021).

Furthermore, all methods shown here are subject to the limita-

tion that they represent one snapshot across the basin and may

not reflect either meridional or temporal variability in turbu-

lence, which is known to have significant variability in the deep

and abyssal ocean (Polzin et al. 1997; Waterhouse et al. 2014;

MacKinnon et al. 2017; Kunze 2017).

Despite these uncertainties, the agreement in averaged-

profile magnitude and structure between all direct or indirect

estimates of turbulence and inverse heat budget estimates is

remarkable. A primary motivation for the global x-pod pro-

gram was to provide the first high-resolution maps of turbu-

lence microstructure measurements in the deep ocean. The 75

profiles shown in Fig. 7c span a wide swath of varied bottom

topography. The section traverses through a range of regimes

that are considered dynamically active sites for turbulent

mixing in the abyssal ocean (e.g., Polzin et al. 1997; Ledwell

et al. 2000; Waterhouse et al. 2014; Ferrari et al. 2016;

Mashayek et al. 2017; Drake et al. 2020) including but not

limited to a strong DWBC on the flanks of the Tonga-

Kermadec Ridge, abyssal plains, ridges, and seamounts as

well the sloping rough topography of the east Pacific Rise.

Additionally, the sheer number of profiles likely reduces some

of the uncertainty associated with poor sampling of episodic

turbulence events (e.g., Whalen 2021), facilitating robust av-

eraged profiles.

Some error could arise from imposing a basinwide average

temperature gradient calculated from the WOCE hydro-

graphic climatology to estimate average diffusive heat fluxes

for the basin. Meridional spatial inhomogeneity in the tem-

perature gradient in the basin could result in significant spatial

variations of estimated diffusive heat fluxes and diffusivities.

The temperature gradient regime could be especially different

from the mean temperature gradients in regions of abrupt or

steep topography where multiple isotherms slump or intersect

within a short depth range. Furthermore, the vertical temper-

ature gradient is changing in time due to the disappearance of

some of the coldest isotherms in the basin (Fig. 8), resulting in a

more thermally uniform abyssal ocean and reduced stratifica-

tion, which in turn has implications for vertical heat fluxes near

the bottom (Zhang et al. 2021).

In this study, we quantified the effect of decadal warming on

the heat budget through three unsteady terms (section 3a) and

calculated inverse estimates of diffusive heat flux and diffu-

sivity in the northern SWP basin [Eq. (8)]. Although the un-

steady terms are important in the resulting heat balance for the

coldest isotherms that are rapidly warming (Fig. 5a), the re-

sultant effect on the diffusive heat flux and diffusivity remains in

the envelope of uncertainty ensuing from temporal variability in

the northward abyssal transport (section 3b). However, we find

that high-resolution mixing estimates from CTD-x-pods and

indirect estimates from strain and VKE finescale parameteri-

zations agree towithin a factor of 3 for all isotherms below18C in

the abyssal SWP basin adding confidence to our residual esti-

mates of mixing in the basin. However, some previous studies

(e.g., Katsumata et al. 2021; Huussen et al. 2012) have also found

significant (between factors of 8 and 10) disagreement between

large-scale inverse and finescale parameterized estimates of

mixing in the Indian Ocean. This was largely attributed to

discrepancies in the inverse estimates of the strength of the

Indian Ocean MOC, perhaps undersampling of intense

mixing events on repeat hydrographic sections that sample a

minuscule volume of the ocean or the inadequacy of fine-

scale parameterizations to capture mixing processes other

than nonlinear internal wave–wave interactions. Looking to

the future, the commitment of sustained global measure-

ments of the deep MOC fromDeep Argo, GO-SHIP Repeat

Hydrography and moored arrays in DWBCs, coupled with

high-resolution global measurements of mixing from in-

strumentation like the CTD x-pod, will help to close the

uncertainty gap as well as advance our understanding of the

mechanisms driving water mass transformation and path-

ways of overturning in the abyssal ocean.
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