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Abstract 21 

Recent discoveries of significant variations in stable K isotope ratios (41K/39K or δ41K) 22 

among various terrestrial samples indicate that K isotopes can be a novel tracer for the global K 23 

cycle, but a key observation that seawater δ41K is ~0.6‰ higher than the bulk silicate Earth 24 

remains unexplained. An unconstrained component critical to this puzzle is hydrothermal 25 

systems that represent both a major K source and sink in the ocean. Here we report δ41K results 26 

on mid-ocean ridge (MOR) hydrothermal fluids from the Gorda Ridge and ~9°N East Pacific 27 

Rise (EPR), including time-series samples that recorded major perturbations in fluid chemistry 28 

induced by a local volcanic eruption. Fluid δ41K values range from -0.46‰ to -0.15‰, falling 29 

between those of fresh basalts and seawater. δ41K values of “time-zero” fluids collected shortly 30 

after the volcanic eruption are shifted towards the seawater value, followed by a return to pre-31 

eruption values within ~2 years. Fluid δ41K variations are largely influenced by water–rock 32 

interactions, but they cannot be solely explained by simple mixing of seawater and K leached 33 

from basalts at high temperatures. Instead, these data imply small but significant isotope 34 

fractionation that enriches heavy K isotopes in basalts, likely caused by low-temperature 35 

alteration during the recharge stage of hydrothermal circulation. Our results preclude MOR 36 

hydrothermal systems as the cause for the heavy δ41K value of seawater. Using fluid δ41K data 37 

and K isotope fractionation constrained here for hydrothermal systems, a K mass-balance model 38 

implies a critical role for a marine sedimentary sink, possibly authigenic clay formation, in the 39 

global K cycle. Also, applying the K isotope fractionation constrained here to the published δ41K 40 

data from ophiolites shows the possibility for significantly lower seawater δ41K during the 41 

Ordovician, which can be explained by enhanced reverse weathering in response to distinct 42 

climate and tectonics at that time. 43 
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 45 

1. Introduction 46 

The stability of the global carbon cycle over the million-year timescale is closely related 47 

to destruction and neoformation of silicate minerals. Chemical breakdown of silicates sequesters 48 

atmospheric CO2 and exports alkalinity and other soluble ions into the ocean. The effects of this 49 

so-called silicate weathering must be counterbalanced in the ocean to maintain the long-term 50 

stability of climate and seawater chemistry. Authigenic clay formation has been proposed as an 51 

important counterbalancing process (Mackenzie and Garrels, 1966; Isson and Planavsky, 2018). 52 

This putative process is often referred to as “reverse weathering” because the reaction involves 53 

formation of new clays in-situ in the ocean that consumes soluble cations and alkalinity, and 54 

releases CO2. Increasingly, there is evidence to support clay formation under certain low-55 

temperature marine settings (e.g., Michalopoulos and Aller, 1995), but an unambiguous 56 

demonstration of its global significance remains lacking. 57 

The K cycle has unique bearing on the global silicate cycle, because K, the 4th most 58 

abundant cation in seawater, primarily resides in silicates rather than carbonates, making its 59 

geochemical cycle more directly coupled to silicate transformations relative to other major 60 

cations in seawater such as Mg and Ca. Recent studies have reported significant variations in 61 

stable K isotopes (41K/39K or δ41K) in terrestrial samples (e.g., Li et al., 2016; Wang and 62 

Jacobsen, 2016; Morgan et al., 2018; Wang et al., 2021b), providing a new proxy for the global 63 

K (hence silicate) cycle. For example, several studies have demonstrated the potential of K 64 

isotopes for tracing silicate weathering (Li et al., 2019a; Chen et al., 2020; Teng et al., 2020). 65 

Among these new studies, a particularly critical observation is that the seawater 41K/39K ratio 66 
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that is ~0.6‰ heavier than the bulk silicate Earth (BSE). BSE has a narrow δ41K range with an 67 

average value of ~-0.45‰ (NIST 3141a scale) (e.g., Li et al., 2016; Wang and Jacobsen, 2016; 68 

Morgan et al., 2018; Huang et al., 2020), whereas seawater has a higher and homogenous δ41K 69 

value of ~0.10‰ (e.g., Li et al., 2016; Wang and Jacobsen, 2016; Morgan et al., 2018).  70 

The higher seawater δ41K value compared to BSE remains unexplained, but it must be 71 

related to K isotope fractionation in one or more processes associated with K sources and sinks 72 

in the ocean. Potassium is added to seawater mainly through rivers and high-temperature 73 

hydrothermal fluids, and it is removed largely through low-temperature hydrothermal alteration 74 

and clay formation (e.g., Alt et al., 1986; Von Damm, 1995). The riverine input is unable to fully 75 

explain a seawater δ41K value ~0.6‰ higher than BSE (Li et al., 2019a; Wang et al., 2021a). 76 

Authigenic clay formation, in principle, can be a viable contributor to the heavy seawater δ41K 77 

because clays can preferentially retain light K isotopes based on field observations (Santiago 78 

Ramos et al., 2018; Li et al., 2019a). Direct field observations of reverse weathering, however, 79 

are challenging and often limited to marginal settings of considerable heterogeneity, making it 80 

difficult to assess its global significance. 81 

Marine K isotope mass balance potentially provides a unique assessment for the global 82 

significance of authigenic clay formation. This approach avoids difficulties associated with 83 

extrapolation of spatially heterogeneous influence of clay formation to the global scale, but it 84 

requires constraints on K isotope characteristics associated with all other major K input and 85 

removal processes in the ocean. Hydrothermal systems are a key component in the global marine 86 

K cycle, but they are also one of the least constrained components in the marine K isotope mass 87 

balance. Hydrothermal alteration of oceanic crust is a seawater K sink at low temperature (< 88 

~70°C), but a major K source at high temperature (e.g., Seyfried and Bischoff, 1979; Von 89 
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Damm, 1995). Potential K isotope fractionation during seawater–basalt interactions and 90 

emanations of K-rich hydrothermal fluids may, in principle, significantly affect seawater δ41K, 91 

but modern hydrothermal systems have been rarely studied to date (Zheng et al., 2019). This 92 

work attempts to fill this critical gap through an investigation of K isotope characteristics in a 93 

suite of hydrothermal fluids collected from Pacific mid-ocean ridge (MOR) systems. 94 

 95 

2. Sample background 96 

Representative MOR hydrothermal fluids were studied here, including samples collected 97 

from three vents in the Sea Cliff hydrothermal field (Sea Cliff GR-14 Marker C, L, and Y) on the 98 

Gorda Ridge and three vents (Bio9, L, Medusa) on the East Pacific Rise (EPR) in the Pacific 99 

Ocean (Fig. S1 in Supplementary Material). The Sea Cliff hydrothermal field is located on the 100 

northernmost segment of the Gorda Ridge at ~42°N, and chemical compositions of fluids from 101 

this field were inferred to have been stable for ~20 years (Von Damm et al., 2006), making this 102 

location an ideal example for hydrothermal systems with long-term physicochemical stability. 103 

The samples used in this study had exit temperatures of ~300°C (Table S1 in Supplementary 104 

Material), with formation temperatures estimated to be >400°C (Von Damm et al., 2006). The 105 

EPR is an extensively studied fast spreading hydrothermal system (e.g., Fornari et al., 2012). Our 106 

samples include two time-series from two vents near ~9°50’N (see sampling dates in Table S1); 107 

one suite was collected from the same orifice of the Bio9 vent, and the other one was from two 108 

immediately adjacent orifices of the L vent (L/La series). Measured exit temperatures of these 109 

samples ranged from 279°C to 386°C (Table S1), with estimated in-situ temperatures of >400°C 110 

at depths (Fornari et al., 2012). Our time-series bracketed a major volcanic eruption occurred 111 

between late 2005 and early 2006 that caused major changes in fluid chemistry (Fornari et al., 112 
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2012). These samples, therefore, provide a unique opportunity to study possible transient 113 

evolution of fluid K isotopes in response to an eruptive perturbation. Fluids with exit 114 

temperatures of 335°C (Table S1) from the Medusa vent at an overlapping spreading center on 115 

the EPR at ~9°N were also analyzed in this study. Dregs precipitated during sampling (mostly 116 

sulfides) were not available for analysis, but it is unlikely that they could perceptibly affect fluid 117 

K isotopes because of generally high solubility of K salts and high K concentrations in fluids. 118 

 119 

3. Methods 120 

For K isotope analysis, aliquots of hydrothermal fluids containing ~100 μg K were 121 

processed through Bio-Rad chromatographic columns packed with 2 ml AG50W–X8 cation 122 

exchange resin (200–400 mesh, H+ form). Potassium was separated from major matrix ions (e.g., 123 

Na, Mg, Ca) and quantitatively recovered from resin using 0.4 M HCl. The detailed elution 124 

protocol was provided in Supplementary Material Table S4. Total procedural blank was 125 

negligible (~20 ng K). 126 

Potassium isotopes were analyzed on a collision-cell equipped MC-ICP-MS (IsoProbe) 127 

in the Department of Geoscience, University of Wisconsin-Madison, following the method 128 

reported in Li et al. (2016) with the exception that a desolvator was used in this study. Complete 129 

analytical details are provided in the Supplementary Material. Briefly, interferences on K 130 

isotopes from plasma-derived Ar species, notably 40Ar1H+ and the tailing of 40Ar+, were reduced 131 

to a negligible level by using helium and deuterium as collision/reaction gases in a hexapole 132 

collision cell. Potassium isotopes were analyzed by a sample-standard bracketing protocol using 133 

an Aridus II desolvator. A pure K solution from High-Purity Standards was used as the 134 
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bracketing standard, and this solution was routinely analyzed against NIST SRM 3141a. All δ41K 135 

data reported here were converted to the NIST SRM 3141a scale. 136 

Quality of our K isotope analysis was evaluated through extensive tests using a series of 137 

in-house test solutions and reference materials, and accurate and precise δ41K results were 138 

obtained in all tests (details in Supplementary Material). Our analyses yielded δ41K values of -139 

0.41 ± 0.07‰ (2SD, n = 3) for BCR-2 and 0.10 ± 0.05‰ (2SD, n = 3) for seawater, all of which 140 

agreed well with published values (Wang et al., 2021b). Despite being analyzed only once, 141 

BHVO-2 yielded a δ41K value of -0.40‰ that also agreed with literature values (Wang et al., 142 

2021b). Duplicate analyses of randomly selected fluid samples show that our δ41K data can be 143 

reproduced ≤0.05‰ (Table S1). Importantly, for 7 out of the total 11 individual sample 144 

collections studied here, aliquots from two different sampling bottles were intentionally analyzed 145 

to estimate reproducibility of endmember calculations; endmember δ41K values calculated based 146 

on measurements of two individual bottles of the same vent all agreed ≤0.02‰ (Fig. S3 in 147 

Supplementary Material). 148 

Strontium was purified using Sr-Spec resin in 4 M HNO3, and then recovered from the 149 

resin using 2% HNO3. Total procedural blank was ~8 pg Sr, which was negligible compared to 150 

>70 ng Sr in each sample processed. Strontium isotopes (87Sr/86Sr) were analyzed on a VG 151 

Sector 54 thermal ionization mass spectrometer (TIMS) at University of Wisconsin-Madison, 152 

using Re filaments and a TaF5 activator. Mass bias was corrected using an exponential law and 153 

86Sr/88Sr = 0.1194. Analyses of NIST SRM-987 Sr standard and a marine carbonate standard 154 

EN-1 from the USGS yielded 87Sr/86Sr results of 0.710273 ± 0.000016 (2SD, n = 10) and 155 

0.709205 ± 0.000005 (2SD, n = 4), respectively. 156 

 157 
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4. Results 158 

Fluid K and Sr isotopes, along with other chemical compositions previously analyzed on 159 

the same samples, are provided in Supplementary Material Table S1. The estimated uncertainty 160 

for elemental concentrations is ~5% (1SD). Elemental concentrations in endmember fluids were 161 

calculated based on a conservative mixing of unadulterated seawater and pure hydrothermal 162 

fluids containing zero Mg (Supplementary Material Table S2). Isotope compositions of 163 

endmember fluids were obtained by extrapolating the measured and seawater isotope ratios 164 

against Mg/K ratios to Mg/K = 0 for K isotopes, and against Mg/Sr ratios to Mg/Sr = 0 for Sr 165 

isotopes (Supplementary Material Table S2). For one sample set, La.14, collected in 2006 soon 166 

after the 2005/2006 volcanic eruption, endmember δ41K and 87Sr/86Sr values could not be 167 

precisely constrained because of large seawater entrainment (59-80 wt.%), and extremely low 168 

endmember [K] (0.4 mmol/kg) and [Sr] (~0) estimated for these fluids. Expectedly, the measured 169 

δ41K and 87Sr/86Sr values of these fluids were indistinguishable from seawater compositions. 170 

 Hydrothermal fluids from EPR and the Gorda Ridge showed a wide range of chemical 171 

compositions (Fig. 1A–D). Endmember [Cl] contents ranged from ~45 to 581 mmol/kg, 172 

representing ~8% to ~107% of the seawater [Cl] concentration. Relative to seawater [K] of 10.1 173 

mmol/kg (Von Damm, 2000), [K] in pure fluids ranged from an extremely depleted value of 0.4 174 

mmol/kg found at the L site (La.14) soon after the volcanic eruption to enriched values of up to 175 

24.2 mmol/kg at the Sea Cliff vent on the Gorda Ridge. Endmember δ41K values varied between 176 

-0.46‰ and -0.15‰. The estimated endmember fluid [Sr] contents, ranging between 0 and 82.1 177 

μmol/kg at most vents, were lower than the ambient seawater level (87 μmol/kg, Von Damm, 178 

2000), except for one sample from the L vent (L.13) before the 2005/2006 volcanic eruption that 179 

has a Sr concentration higher than seawater (i.e., 155.5 μmol/kg). Fluid 87Sr/86Sr ranged from 180 



 9 

0.70319 to 0.70609. For time-series samples collected at Bio9 and L vents, fluid [K] and [Sr] 181 

decreased considerably soon after the volcanic eruption compared to pre-eruption levels, in 182 

concert with shifts in fluid δ41K and 87Sr/86Sr towards the seawater values. Fluid concentrations 183 

and isotopic compositions of these two elements recovered at pre-eruption values over the 184 

following ~2 years. 185 

 186 

5. Discussion 187 

5.1 Controls on fluid chemistry 188 

Potassium and other elemental concentrations in hydrothermal fluids are affected by 189 

phase separation that is the primary process known to significantly change fluid [Cl] contents in 190 

hydrothermal systems (e.g., German and Seyfried, 2014). This influence is evident from large 191 

variations in fluid [Cl] concentrations (Fig. 1). Two-phase separation was inferred to have 192 

occurred for the vents studied here (Von Damm, 2000; 2006; Foustoukos and Seyfried, 2007; 193 

Fornari et al., 2012). Most of our fluids derived from the vapor phase, as indicated by their low 194 

[Cl] relative to seawater (Fig. 1), with the only exception at the L site, where brine fluids were 195 

sampled outside the 2005/2006 volcanic eruption window. Because Cl is the major anion in 196 

hydrothermal fluids, differential partitioning of Cl into different phases produced by phase 197 

separation is accompanied by similar partitioning of cations, including K and Sr, to maintain 198 

charge balance (German and Seyfried, 2014). This explains the general positive correlation 199 

observed between cations (K and Sr) and Cl concentrations (Fig. 1A, C). 200 

Besides phase separation, seawater–basalt interactions also affected fluid chemistry, as 201 

manifested in fluid K/Cl and 87Sr/86Sr ratios. Despite changes in absolute concentrations, two-202 

phase separation generally does not change the K/Cl ratio in either of the two phases relative to 203 
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that of the initial solution (e.g., Berndt and Seyfried, 1990). However, except for samples 204 

collected shortly after the 2005/2006 volcanic eruption (L.14), all other fluids showed K 205 

excesses to varying degrees relative to K concentrations predicted based on fluid [Cl] and the 206 

seawater K/Cl ratio (Fig. 1A), implying K additions in fluids from basalt. Our observation is 207 

consistent with laboratory experiments that demonstrated leaching of K from basalts by seawater 208 

at high temperatures (≥150°C) (Mottl and Holland, 1978; Seyfried and Bischoff, 1979). Fluid 209 

87Sr/86Sr ratios provide further evidence for influence from seawater–basalt interactions. Distinct 210 

from fluid [Sr] contents that can be strongly mediated by formation of Sr-bearing minerals, 211 

notably anhydrite, fluid 87Sr/86Sr ratios are neither affected by mineral formation nor phase 212 

separation. Endmember fluid 87Sr/86Sr ratios fall within the range defined by seawater (~0.70916, 213 

Palmer and Edmond, 1989) and local basalts (~0.70245, Davis et al., 2008; Goss et al., 2010) 214 

(Fig. 1D), showing a clear influence from seawater–basalt interactions. 215 

Time-series samples from Bio9 and L vents provide insights into the response of fluid 216 

chemistry to an eruptive perturbation. Consistent with observations from an earlier volcanic 217 

eruption in 1991 at EPR (Von Damm, 2000; 2004; Fornari et al., 2012), fluids collected soon 218 

after the 2005/2006 eruption (B9.20 and La.14), the so-called “time-zero” fluids, show extremely 219 

low [Cl] (Fig. 1), reflecting phase separation at elevated temperature and shallow depth in 220 

response to rising magma. Identical to “time-zero” fluids from the 1991 eruption (Von Damm, 221 

2000), B9.20 and La.14 fluids also have K/Cl ratios closer to the seawater ratio (Fig. 1A), 222 

implying a lesser influence of water–rock interaction on these samples. This is consistent with 223 

elevated 87Sr/86Sr in B9.20 fluid (Fig. 1D), although a similar inference based on Sr isotopes is 224 

not possible for La.14 samples that were estimated to be devoid of Sr in endmember fluids. The 225 

reduced influence of water–rock interaction may reflect heat-induced healing of rock fractures 226 
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that impeded exposure of rock surfaces to fluids, or a non-steady state condition where fluid 227 

recharge from fresh seawater occurred during the eruption. Nonetheless, chemical compositions 228 

of fluids, including Sr and K isotopes, returned to pre-eruption values within ~2 years after the 229 

eruption (Fig. 1), providing first-order evidence for the timescale over which changes of K 230 

isotopic compositions may occur in hydrothermal fluids. 231 

 232 

5.2 K isotope compositions of MOR hydrothermal fluids 233 

Our results provide the first glimpse of δ41K values in marine hydrothermal fluids. 234 

Because seawater has a homogenous δ41K value of ~0.10‰ (e.g., Li et al., 2016; Wang and 235 

Jacobsen, 2016; Morgan et al., 2018; Santiago Ramos et al., 2018), and basalts also show limited 236 

δ41K variability with an average value of ~-0.45‰ (e.g., Li et al., 2016; Wang and Jacobsen, 237 

2016; Morgan et al., 2018), endmember fluid δ41K values that fall between seawater and basalt 238 

compositions (Fig. 1B) imply that K exchange during seawater–basalt interactions is the primary 239 

control on δ41K values in MOR hydrothermal fluids. 240 

A broadly positive correlation between fluid δ41K and 87Sr/86Sr indicates the influence of 241 

seawater-basalt interaction (Fig. 1B, D); a higher δ41K value (i.e., seawater-like) corresponds to 242 

higher 87Sr/86Sr, indicative of less extensive seawater–basalt interaction, whereas the converse 243 

relation indicates higher extents of interaction. It is noted that fluid δ41K values show a broadly 244 

negative correlation with fluid [Cl] (Fig. 1B). We, however, interpret this to be a coincidence 245 

rather than a causal link between δ41K and phase separation, because the extent of seawater–246 

basalt interaction also increases with fluid [Cl] for the suite of samples analyzed here, as 247 

indicated by a similarly negative correlation between fluid 87Sr/86Sr and [Cl] (Fig. 1D). 248 
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Further support for a major role of seawater–basalt interaction in controlling fluid δ41K 249 

comes from the relation between fluid δ41K and K excesses (Fig. 2). Net K gain (or loss) in a 250 

fluid sample, corrected for the effect of phase separation, can be quantified via the vertical 251 

“distance” of fluid [K] above (or below) the seawater K/Cl line in Fig. 1A, divided by the 252 

predicted seawater [K] at the corresponding fluid [Cl] on the seawater K/Cl line. We define this 253 

parameter as an enrichment factor (EF), where a negative value indicates net fluid K loss, and a 254 

positive value indicates net fluid K gain. All fluids exhibited varied K excesses (i.e., positive 255 

EF), except for the “time-zero” fluid La.14. Importantly, fluid δ41K values are found to generally 256 

shift towards the basalt value with increasing K excesses (i.e., a larger EF value) (Fig. 2). This 257 

broad correlation implies that addition of varied amounts of basaltic K during seawater–basalt 258 

interaction is a main driver for fluid δ41K variations. 259 

 260 

5.3 Quantification of K isotope fractionation in hydrothermal systems 261 

Despite the major influence of basaltic K addition, the occurrence of K isotope 262 

fractionation can be inferred when fluid δ41K and K concentrations are considered together. 263 

Because fluid K excesses result from basaltic K addition, the relative K contributions from 264 

seawater and basalt in the fluid can be quantified for any given EF. Based on these contributions, 265 

a simple two-component mixing model, therefore, shows predicted fluid δ41K in the absence of 266 

isotope fractionation. As shown in Fig. 2, however, observed fluid δ41K values are consistently 267 

lower than the mixing line, indicating the occurrence of isotopic fractionation that favors light K 268 

isotopes in fluids. A complication of Fig. 2 lies in the fact that K enrichment factors are based on 269 

net fluid K excesses (or deficiencies) relative to seawater. Because K in seawater is lost to basalt 270 

during low-temperature hydrothermal alteration (Seyfried and Bischoff, 1979), K enrichment 271 
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factors referenced to seawater K concentration may underestimate the true proportion of K 272 

derived from basalts. As a result, fluid data in Fig. 2 may shift to higher enrichment factors, 273 

approaching the mixing line. One could estimate that removal of ~30% seawater K for Medusa 274 

vent, ~50% for Bio9 and L/La vents, and ~80% for Sea Cliff vent would be required to shift fluid 275 

data onto the mixing line. The exact percentage of K loss from seawater at the low-temperature 276 

recharge zone is not known, partly because of large uncertainties on the area of recharge zone. 277 

However, low-temperature hydrothermal fluids from two well-studied sites, Dorado outcrop at 278 

the Cocos Plate and Baby Bare on the flank of the Juan de Fuca Ridge, show only minor to 279 

moderate K depletion (~5% to 30%) relative to seawater (Wheat and Fisher, 2008). If these low-280 

temperature fluids are representative of the fluid percolating through the low-temperature 281 

hydrothermal recharge zone in general, it is unlikely that our fluid data (except for the Medusa 282 

vent) could directly plot onto the seawater–basalt mixing line in Fig. 2, even though they may 283 

displace rightward slightly. We conclude, therefore, that K isotope fractionation that favors light 284 

K isotopes in fluids is the most plausible explanation. 285 

The magnitude of K isotope fractionation can be quantified by an open-system water-286 

rock interaction model similar to those previously developed to explain many other isotope 287 

systems (e.g., O, Li, Sr) in hydrothermal fluids and altered oceanic crust (e.g., Bowers and 288 

Taylor, 1985; Magenheim et al., 1995). In our model, fresh basalt is incrementally equilibrated 289 

with a chemically evolving fluid according to a K isotope fractionation factor Δ 𝐾	"# $%&'()*+,+%- 290 

(≈ 10.𝑙𝑛𝛼$%&'()*+,+%-) along a single-pass flow. Δ 𝐾	"# $%&'()*+,+%- can be related to fluid δ41K 291 

via the following equation (Derivation in Supplementary Material): 292 

𝛿 𝐾	"# $%&'( = $𝛿 𝐾	"# )*+*%, + Δ 𝐾	"# $%&'(-)*+*%,' − $𝛿 𝐾	"# )*+*%, − 𝛿 𝐾	"# +. + Δ 𝐾	"# $%&'(-)*+*%,'exp
/- !"

#/%0 293 

(Eq. 1) 294 
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where 𝛿 𝐾	"# $%&'(, 𝛿 𝐾	"# *+,+%-, and 𝛿 𝐾	"# ,/ are the K isotope compositions of fluid, fresh basalt, 295 

and seawater, respectively; DK is the distribution coefficient of K between basalt and fluid 296 

([𝐾]*+,+%-/[𝐾]$%&'(); and 𝑊/𝑅 is the water/rock ratio involved in the interaction. The W/R ratio 297 

here is derived from fluid chemistry, and it is different from the physical water/rock ratio. 298 

Although Eq. (1) includes the partition coefficient that is traditionally defined for equilibrium 299 

conditions, the model does not constrain equilibrium K isotope fractionation factors or imply 300 

equilibrium fractionation because it adopts necessary simplification that ignores possible 301 

dependence of K isotope fractionation on temperature and mineralogy. Such dependence is 302 

currently poorly known in hydrothermal systems. Instead, the model is intended to provide first-303 

order estimates on the net effect of K isotope fractionation (or “apparent” fractionation) induced 304 

during entire hydrothermal convection. 305 

As shown in Eq. (1), a critical parameter needed to constrain Δ 𝐾	"# $%&'()*+,+%- is the 306 

𝑊/𝑅 ratio. One method for estimating 𝑊/𝑅 relies on fluid K concentrations. Application of the 307 

same water-rock interaction model can yield the following relation between fluid K 308 

concentration and 𝑊/𝑅 ratio (details in Supplementary Material): 309 

1
(𝑊/𝑅)0

= −
1
𝐷0

ln	(
𝐶*+,+%- − 𝐷0𝐶$%&'(

𝐶*+,+%- − 𝐷0𝐶,1+/+-12
)	(𝐄𝐪. 𝟐) 310 

where 𝐶*+,+%-, 𝐶,1+/+-12, and 𝐶$%&'( denote K concentrations in mid-ocean ridge basalt, 311 

seawater, and hydrothermal fluids. The principle of this method for W/R estimation is similar to 312 

the conventional approach that uses excess alkali metal concentrations in fluids relative to 313 

seawater and a box model (e.g., Von Damm et al., 1985), but our model is more realistic than a 314 

simple box model because it accounts for continuous reactions along the flow path. When a DK 315 

value is given, Eqs. (1) and (2) together can quantify Δ 𝐾	"# $%&'()*+,+%-. 316 
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Details on model parameter selection, along with sensitivity experiments that evaluated 317 

the influence of different parameter choices on the model output, are provided in the 318 

Supplementary Material. Conservative estimates from the model are shown in Fig. 3A, and these 319 

results yielded apparent K isotope fractionation (Δ 𝐾	"# $%&'()*+,+%-) between ~ -0.1‰ and -0.6‰ 320 

for most samples. Larger K isotope fractionation of up to several per mil was constrained for 321 

fluids collected after the volcanic eruption (Fig. 3A), but it is most likely to be a spurious result 322 

due to an overestimate of 𝑊/𝑅 ratios in these samples, because their K concentrations are too 323 

close to seawater concentration on the Cl-normalized basis to be effective indicators of water–324 

rock interactions. This is particularly evident from sample B9.20 whose K/Cl ratio is almost 325 

identical to seawater, but 87Sr/86Sr shows clear influence from basalt (Fig. 1A and D). 326 

𝑊/𝑅 estimation is almost always subject to uncertainty associated with incomplete 327 

knowledge on actual chemical reaction pathways that an element undergoes in a hydrothermal 328 

system (e.g., Berndt et al., 1988), and the uncertainty would in turn affect 329 

Δ 𝐾	"# $%&'()*+,+%-	quantification. An alternative modelling approach that utilizes co-variations in 330 

fluid 87Sr/86Sr and δ41K can provide a useful additional check. Compared to the K-only model, 331 

this approach takes advantage of the fact that 87Sr/86Sr is not affected by processes that could 332 

fractionate stable isotopes (e.g., temperature change and phase separation), but simply reflects 333 

mixing of Sr from seawater and basalt. Using a fractionation factor of zero for 87Sr/86Sr, an 334 

equation similar to Eq. (1) can be written to describe the relation between fluid 87Sr/86Sr and 335 

𝑊/𝑅 ratios: 336 

𝑆𝑟	34 / 𝑆𝑟	35 $%&'( = 𝑆𝑟	34 / 𝑆𝑟	35 *+,+%- − ( 𝑆𝑟	34 / 𝑆𝑟	35 *+,+%- − 𝑆𝑟	34 / 𝑆𝑟	35 ,/)exp
6)!"#

$/&7  (Eq. 3) 337 

where 𝑆𝑟	34 / 𝑆𝑟	35 $%&'(, 𝑆𝑟	34 / 𝑆𝑟	35 *+,+%-, and 𝑆𝑟	34 / 𝑆𝑟	35 ,/ denote 87Sr/86Sr for fluid, fresh basalt, 338 

and seawater, respectively; DSr is the Sr distribution coefficient. 339 
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Model parameter selection and sensitivity experiments that evaluated the influence of 340 

different input values are provided in detail in the Supplementary Material. Using reasonably 341 

chosen inputs, the coupled Sr–K isotope model provides conservative estimates on K isotope 342 

fractionation between ~ -0.2‰ and -0.5‰ (Fig. 3B), a range similar to that constrained from the 343 

K-only model. Ravizza et al. (2001) previously proposed the presence of a “non-zero Mg fluid” 344 

component that could have affected fluid chemistry at a few hydrothermal vents on EPR, based 345 

on a close examination of fluid 87Sr/86Sr and [Mg] relations in some fluid samples from 9°50’N, 346 

and they concluded that the estimated endmember 87Sr/86Sr for these vents could be lower than 347 

the true value. We do not have an extensive data set that allows for a similar examination, but, if 348 

the true endmember 87Sr/86Sr ratios were indeed higher than our current estimates, fluid data 349 

could shift to the right in Fig. 3B, implying even larger K isotope fractionation. 350 

Apparent K isotope fractionation quantified from the two models agreed reasonably well 351 

(i.e., within ~0.4‰) for most samples, and the differences resulted from varied uncertainties in 352 

𝑊/𝑅 estimation associated with each method. For several samples strongly affected by the 353 

volcanic eruption (Fig. 3), the magnitude of K isotope fractionation constrained by the K-only 354 

model is typically much larger than that constrained by the coupled Sr–K isotope model. Results 355 

from the latter model are favored because 87Sr/86Sr values in these samples are more sensitive to 356 

water–rock interactions than K concentrations (Fig. 1A and D). Regardless the absolute 357 

magnitude, both models imply uptake of heavy K isotopes in basalts, leaving fluids isotopically 358 

light. Our results provide the first quantification of K isotope fractionation in modern 359 

hydrothermal systems. 360 

 361 

5.4 Possible controls on K isotope fractionation in hydrothermal systems 362 
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Although high-temperature hydrothermal fluids were analyzed in this study, their 363 

chemical compositions were affected by both low- and high-temperature reactions when 364 

seawater passed through the thermal gradient of the oceanic crust. Therefore, the fluids should 365 

record K isotope fractionation produced by any combination of phase separation, low-366 

temperature, and high-temperature alteration processes. Several useful inferences can be made 367 

regarding the relative significance of these three processes in producing the inferred apparent K 368 

isotope fractionation. First, results of our time-series samples indicate that phase separation is 369 

unlikely to be the main contributor to the inferred apparent isotope fractionation. B9.20 samples 370 

collected shortly after the volcanic eruption provide the best test among all fluids analyzed to 371 

evaluate the potential effect of phase separation on K isotope fractionation, apart from La.14 372 

samples whose endmember δ41K value cannot be precisely constrained. We focus on these 373 

samples because (1) they were least affected by water–rock interactions as indicated by their 374 

K/Cl and 87Sr/86Sr ratios (Fig. 1A, D); (2) given their extremely low [K], these vapor-phase 375 

fluids must represent small K reservoirs relative to their counterpart brines, and, hence, they 376 

should show the largest expression of phase-separation-induced isotope fractionation, if any, 377 

from a mass balance perspective. Considering more reliable results from the coupled Sr–K model 378 

for this particular sample, K isotope fractionation constrained by B9.20 is ~0.2‰ more negative 379 

than the isotopic fractionation constrained by fluids sampled from the same vent before the 380 

volcanic eruption (Fig. 3B), implying possible phase-separation-induced fractionation that favors 381 

light K isotopes in the vapor phase. The isotopic fractionation may be caused by a kinetic effect 382 

during phase separation because light K isotopes are known to diffuse faster than heavy K 383 

isotopes in aqueous solution (Bourg et al., 2010). However, although phase separation may 384 

fractionate K isotopes, the magnitude of fractionation is rather small as indicated by sample 385 
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B9.20. Its expression should be muted in more typical fluid samples that have much higher [K] 386 

(and [Cl]) concentrations based on a mass-balance consideration. Phase separation, therefore, 387 

cannot explain the apparent fractionation up to ~-0.6‰ constrained from our dataset. 388 

Instead, K isotope fractionation is most likely to reflect isotopic partitioning between 389 

fluid and K-bearing minerals during hydrothermal alteration. Major K-bearing alteration 390 

products relevant to MOR hydrothermal systems studied here include mica- and smectite-group 391 

minerals (celadonite, nontronite, saponite), and occasionally K-feldspars, at low temperatures, 392 

and zeolites, mixed-layer chlorite-smectites, and chlorites at more elevated temperatures (Alt et 393 

al., 1986). Our inferred K isotope fractionation is consistent with an early study that showed 394 

preferential retainment of heavy K isotopes on zeolite upon chemical exchange with K solutions 395 

(Taylor and Urey, 1938). Also, mica group minerals (e.g., glauconite and muscovite), non-396 

swelling clays (e.g., illite), and K-feldspars are inferred to preferentially retain heavy K isotopes 397 

based on analyses of natural samples, although smectites and chlorites were inferred to favor 398 

light K isotopes upon interactions with aqueous K (Santiago Ramos et al., 2018; Li et al., 2019a; 399 

Huang et al., 2020). Ab initio calculations suggest preferential enrichment of heavy K isotopes in 400 

muscovite and orthoclase relative to aqueous K, but they predict an enrichment of light K 401 

isotopes in illite (Zeng et al., 2019). A recent laboratory study suggested that the direction of K 402 

isotope fractionation may vary depending on whether K is adsorbed onto clay surfaces or 403 

incorporated into crystal lattices (Li et al., 2021). A coherent picture of direction and magnitude 404 

of K isotope fractionation between aqueous solution and different minerals remains lacking, so it 405 

is premature to estimate the relative importance of individual minerals in controlling K isotope 406 

fractionation in hydrothermal systems. Despite uncertainties, aqueous–mineral K isotope 407 

fractionation can certainly occur, providing a viable mechanism to explain our inferred K isotope 408 
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fractionation. Our inference is consistent with a study on a non-marine hydrothermal system 409 

associated with a porphyry Cu deposit, where high δ41K values were found in most alteration 410 

minerals (Li et al., 2019b). 411 

Potassium is sequestered into basalt at low temperature (< ~70℃), but strongly leached 412 

from basalt at high temperature (Seyfried and Bischoff, 1979; Von Damm, 1995). Previous 413 

studies on hydrothermal fluid chemistry at EPR have inferred almost quantitative extraction of K 414 

from basalts during high temperature alteration (Von Damm et al., 1985). Similarly, compared to 415 

the typical K2O content of ~0.07 wt% in primary normal mid-ocean ridge basalt (Workman and 416 

Hart, 2005), consistently low K2O contents of ~0.01 wt% measured in DSDP 504B core from the 417 

nearby East Pacific, below the volcanic zone of the altered oceanic crust, indicate leaching of 418 

over 85% K from primary basalt (Bach et al., 2003). Theoretically calculated K isotope 419 

fractionation between aqueous K and a variety of K-bearing minerals is typically ~0.5‰ or 420 

smaller around ~400℃ (Zeng et al., 2019) – a temperature relevant to our study vents. Assuming 421 

a fractionation factor of 0.5‰ and 85% K loss from basalt, K leached from basalt at high 422 

temperatures should have a δ41K value less than 0.1‰ different from the unaltered basalt value. 423 

In contrast, solution–mineral K isotope fractionation is estimated to be up to several per mil at 424 

low temperatures (Zeng et al., 2019). As a result, although fluids from high-temperature 425 

hydrothermal vents were analyzed, they are most likely to record K isotope fractionation at low 426 

temperature alteration during the downward limb of hydrothermal circulation, followed by 427 

mixing of variable amounts of basalt-derived K with δ41K values similar to the pristine basalt. 428 

 429 

5.5 Implications for the global K cycle in the modern ocean 430 
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Our inferred isotopic fractionation that favors light K isotopes in fluids precludes 431 

hydrothermal input as the cause for the high δ41K value of seawater compared to BSE. Instead, 432 

preferential removal of heavy K isotopes from seawater in hydrothermal systems makes it more 433 

challenging to explain a high δ41K value in seawater. Rivers, the other major K source in the 434 

ocean, also cannot fully explain the heavy K isotope signature in seawater (Li et al., 2019a; 435 

Wang et al., 2021a). These observations make it clear that invoking a marine sedimentary K sink 436 

for light K isotopes is required to explain the high δ41K in seawater. Preferential loss of light K 437 

isotopes to sediments has been inferred based on marine porewater data (Santiago Ramos et al., 438 

2018). A recent study showed that K sorption onto clay surfaces prefers heavy K isotopes (Li et 439 

al., 2021), an opposite direction of that required to explain the high seawater δ41K value. 440 

Removal of light K isotopes to sediments is, therefore, most likely to require K incorporation 441 

into clay structures through clay formation processes. Our results highlight the significance of a 442 

marine sedimentary K sink, possibly through authigenic clay formation, in the global K cycle. 443 

We may improve estimates of K fluxes in the global ocean using combined element and 444 

isotope mass balance equations – an approach first proposed by Li et al. (2019a): 445 

𝐹2'8 + 𝐹9:; = 𝐹+%- + 𝐹,1( 		(𝐄𝐪. 𝟒) 446 

𝛿 𝐾2'8𝐹2'8 + 𝛿 𝐾9:;𝐹9:; =	
"#

	
"# 𝛿 𝐾+%-𝐹+%- + 𝛿 𝐾,1(𝐹,1(	

"# 		(𝐄𝐪. 𝟓)	
"#  447 

Eq. (4) describes that the total flux (F) of major K inputs in the ocean, including rivers (riv) and 448 

MOR hydrothermal fluids (MOR), is balanced by major K outputs, including a sedimentary sink 449 

(sed), most likely authigenic clay formation, and alteration of oceanic crust at low temperature 450 

(alt). Eq. (5) is the K isotope mass balance equation for the global ocean. Potassium isotope 451 

fractionation factors between seawater and the two outputs, Δsw–sed (= δ41Ksw – δ41Ksed) and Δsw–alt 452 



 21 

(= δ41Ksw – δ41Kalt), can be introduced to replace δ41Ksed and δ41Kalt in Eq. (5). Then, Eqs. (4) and 453 

(5) yield: 454 

𝛿 𝐾,/ =	
"# 1

1 + 𝐴𝛿 𝐾2'8	
"# +

𝐴
1 + 𝐴𝛿 𝐾9:; +

𝐵
1 + 𝐵 Δ,/)+%-	

"# +
1

1 + 𝐵 Δ,/),1( 		(𝐄𝐪. 𝟔) 455 

where A and B represent flux ratio FMOR/Friv and Falt/Fsed, respectively. 456 

The estimated global riverine input (δ41Kriv) ranges between -0.22‰ and -0.38‰ (Li et 457 

al., 2019a; Wang et al., 2021a). Excluding the “time-zero” fluids collected under a likely non-458 

steady state condition immediately after the volcanic eruption (B9.20 and La.14), other fluids 459 

analyzed in this study gave an average δ41K value of -0.32 ± 0.08‰ (1SD). Given that these 460 

fluids cover a spread of K concentrations from seawater-like to more concentrated values typical 461 

of MOR fluids in the global ocean, we consider the average δ41K value to be a reasonable 462 

representation of the global MOR input (δ41KMOR). Fluids with considerably higher K 463 

concentrations do exist, but the presence of these fluids should only drive the global δ41K 464 

average towards the basalt composition because of excessive addition of isotopically 465 

unfractionated K from leaching of basalt at high temperatures, as constrained by mass balance. 466 

As discussed in Section 5.4, although high-temperature hydrothermal fluids were studied here, 467 

our inferred K isotope fractionation should mostly represent fractionation produced by water–468 

rock interaction at low temperature, providing estimates for Δsw–alt. It is important to note that the 469 

expression of this K isotope fractionation is muted in high-temperature fluids due to mixing of 470 

basaltic K at high temperatures, but this fractionation cannot be ignored because large low-471 

temperature hydrothermal reaction zones represent a major but under-sampled K sink in the 472 

global ocean. Low-temperature hydrothermal fluids, such as those from Dorado and Baby Bare 473 

sites (Wheat and Fisher, 2008), are expected to be critical future tests for our inferred K isotope 474 

fractionation. 475 
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Previous estimates of K input and output fluxes were associated with large uncertainties, 476 

with estimated FMOR, Fsed, Friv, and Falt fluxes ranging from 5 to 36 Tg/yr, from 25 to 52 Tg/yr, 477 

from 52 to 62 Tg/yr, and from 12 to 15.6 Tg/yr, respectively (see Li et al., 2019a and references 478 

therein). Using our new results on δ41KMOR and Δsw–alt, two billion Monte Carlo simulations were 479 

conducted to screen the full ranges of previous estimates for all parameters in Eqs. (4) and (5) 480 

(details in Supplementary Material). The results showed that estimates of FMOR and Fsed fluxes 481 

can be considerably refined (Fig. 4A and B), yielding a narrower range between 5 and 15.3 Tg/yr 482 

for FMOR, and between 42 to 52 Tg/yr for Fsed. Friv and Falt are not sensitive to the model, so they 483 

cannot be further refined.  484 

The key observation here is that the refined Fsed flux occupied the upper range of 485 

previous estimates, implying that the role of this removal process in the global K cycle is more 486 

important than previously considered. This tendency stays true even if a higher Falt upper limit is 487 

used as the model input based on recent suggestions for a possible larger Falt in the global ocean 488 

(details in Supplementary Material), although absolute values for FMOR and Fsed can change. This 489 

highlights the need to improve the Falt estimate in the future. The model also shows that any 490 

refined Friv and Falt estimates in future via other approaches could further improve FMOR and Fsed 491 

estimates, because these fluxes are intimately linked through K element and isotope mass-492 

balance relations. In addition, our results show that the global average K isotope fractionation 493 

associated with the sedimentary source Δsw–sed can be refined by this model. Under the current 494 

model inputs, a narrow range of 0.53 ± 0.06‰ (1 SD) was obtained, even though an 495 

exceptionally large initial input range between -3‰ and +3‰ was tested in our simulations (Fig. 496 

4C). This fractionation lies within previous estimates between 0‰ and 2‰ based on local field 497 
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observations (Santiago Ramos et al., 2018; Li et al., 2019a), and such an estimate can be useful 498 

in future model efforts focused on the K isotope mass balance of the global ocean. 499 

 500 

5.6 Implications for δ41K of ancient seawater 501 

Our results have implications for interpreting δ41K data from ophiolites. Ophiolites 502 

preserve records of ancient hydrothermal alteration and, hence, potentially δ41K values of ancient 503 

seawater. A few studies have reported δ41K data from several ophiolites, or altered oceanic crust, 504 

with ages ranging from the Cretaceous to Ordovician, and these studies generally argued for 505 

either no K isotope fractionation during hydrothermal circulation or enrichment of light K 506 

isotopes in altered basalts (Parendo et al., 2017; Hu et al., 2020; Santiago Ramos et al., 2020). 507 

Previous interpretations, however, often hinged on the assumption of ancient seawater δ41K at 508 

the time of alteration. For example, based on a water–rock interaction model similar to our Sr–K 509 

isotope model and an assumption that Ordovician seawater had the same δ41K value as modern 510 

seawater, a reasonable choice at the time of study, δ41K data from ~485 Ma Bay of Islands (BOI) 511 

ophiolite were interpreted to reflect uptake of seawater K in basalts with negligible K isotope 512 

fractionation (Parendo et al., 2017). However, because our study provides direct estimates on 513 

Δ 𝐾	"# $%&'()*+,+%-, we can invert the use of the water–rock interaction model to infer Ordovician 514 

seawater δ41K. Using the same model and input parameters adopted in Parendo et al. (2017), but 515 

replacing their Δ 𝐾	"# $%&'()*+,+%- with a conservative estimate of -0.2‰ from this study, we show 516 

that an Ordovician seawater δ41K value ~0.3‰ lower than today is required to fit the K and Sr 517 

isotope data reported for BOI ophiolite (Fig. 5). 518 

A lower Ordovician seawater δ41K value is consistent with climatic and tectonic 519 

conditions at that time. The Ordovician was generally considered to have had high atmospheric 520 
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pCO2 levels up to ~10-time higher than at present (e.g., Berner and Kothavala, 2001; Lenton et 521 

al., 2018), causing more intensive silicate weathering (e.g., Avigad et al., 2005). This would 522 

drive δ41Kriv closer to that of unaltered basalts, based on the negative relation observed between 523 

river-water δ41K and weathering intensity (Li et al., 2019a). The Ordovician was also associated 524 

with a high ocean crust production rate ~2 times of the modern level (Gaffin, 1987), which is 525 

consistent with a high sea level at the time (Miller et al., 2005). Faster production of ocean crust 526 

may cause more intense high-temperature hydrothermal alteration that should shift δ41KMOR 527 

closer to unaltered basalts, and it may also create larger areas for low-temperature hydrothermal 528 

alteration. The FMOR/Friv ratio in the Ordovician ocean was inferred to be ~22% higher than that 529 

in the modern ocean (Hardie, 1996). Based on mass-balance Eq. (6), assuming both δ41Kriv and 530 

δ41KMOR to be an igneous rock value, a ~22% higher FMOR/Friv ratio, and the same K isotope 531 

fractionation factors as today, a ~0.3‰ lower δ41Ksw would require a ~25% decrease in the 532 

Falt/Fsed ratio in the Ordovician ocean relative to today. If Falt can be directly scaled with the ~2-533 

time increase in the ocean crust production rate during the Ordovician, a ~25% decrease in 534 

Falt/Fsed requires a ~1.7-time increase in Fsed relative to the modern level. Because occurrence of 535 

authigenic clay formation is probably most intensive at continental margins where the supply of 536 

soluble cations required for the reaction are the most abundant (e.g., Michalopoulos and Aller, 537 

1995), an increase in Fsed in the Ordovician is most likely explained by enhanced reverse 538 

weathering at continental margins whose areas increased significantly during high sea-level 539 

stands in the Ordovician (Miller et al., 2005). A lower seawater δ41K value in the early 540 

Ordovician ocean, therefore, implies enhanced reverse weathering. Certainly, complications may 541 

include the applicability of modern hydrothermal systems to ancient ophiolites, as well as 542 

possible later alteration of isotope signatures during obduction and preservation of ophiolites. 543 



 25 

Nonetheless, our results highlight the possibility that seawater δ41K may have varied over 544 

geologic time. Further understanding of ancient seawater δ41K is of considerable significance 545 

because changes in the marine K cycle can ultimately provide valuable clues to understanding of 546 

the long-term variations in the global carbon cycle. 547 

 548 

6. Conclusions 549 

A suite of mid-ocean ridge hydrothermal fluids collected from the Pacific show δ41K 550 

values between -0.46‰ and -0.15‰. Although these δ41K values span the range between 551 

seawater and basalt, the observed K isotope variability cannot be explained by a simple mixing 552 

of the two endmembers when fluid [K] concentrations are considered. Instead, δ41K–[K] 553 

variations require K isotope fractionation that favors light K isotopes in fluids. The magnitude of 554 

apparent K isotope fractionation can be estimated to range from ~-0.2‰ and -0.6‰. This 555 

apparent K isotope fractionation is most likely to reflect fractionation produced during low-556 

temperature alteration, rather than phase separation or high-temperature alteration. Potassium 557 

isotope fractionation and fluid δ41K values constrained here demonstrate the necessity to invoke 558 

a sedimentary sink, possibly authigenic clay formation, to explain the high δ41K value of 559 

seawater. Our results also highlight that a different δ41K value of ancient seawater remains a 560 

viable possibility that requires further tests but has important bearing for understanding of δ41K 561 

data in ophiolites and the past global carbon cycle. 562 
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Fig 1. Endmember (EM) concentrations and isotope compositions for the fluids analyzed in this 3 

study, calculated based on the assumption that endmember fluids were Mg-free: (A) [K] 4 

concentrations; (B) δ41K; (C) [Sr] concentrations; (D) 87Sr/86Sr. Bio9 and L/La were collected as 5 

time-series samples with larger numbers in their sample names corresponding to more recent 6 

sampling. Samples B9.20 and La.14 were collected soon after the 2005/2006 volcanic eruption in 7 

2006. Endmember δ41K and 87Sr/86Sr cannot be precisely constrained for La.14 due to the 8 

presence of high Mg in the sample indicative of entrainment of a large seawater component 9 

(>60%) during sampling, so the measured rather than endmember values were plotted and 10 

indicated by a question mark for this sample. Seawater [Cl], [K], and [Sr] concentrations were 11 

taken from Von Damm (2000). Seawater δ41K composition was based on the average of the data 12 

reported in literature (Li et al., 2016; Wang and Jacobsen, 2016; Morgan et al., 2018; Santiago 13 

Ramos et al., 2018), and seawater 87Sr/86Sr was taken from Palmer and Edmond (1989). 14 

Endmember basalt δ41K composition was based on the average of the basalt data reported in 15 

literature (Li et al., 2016; Wang and Jacobsen, 2016; Morgan et al., 2018), and basalt 87Sr/86Sr 16 

was based on data reported for MORB samples collected near our study areas (Davis et al., 2008; 17 

Goss et al., 2010). 18 

 19 

Fig 2. Endmember (EM) δ41K values of the fluids plotted against fluid K enrichment factor (EF) 20 

– a parameter that quantifies K excesses in fluids relative to the expected seawater K contents at 21 

corresponding fluid [Cl] concentrations. Endmember δ41K value cannot be precisely constrained 22 

for La.14 due to entrainment of a large seawater component (>60%) during sampling, so the 23 
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measured δ41K value was plotted for this sample with a question mark. The dashed line is the 24 

simple two-component mixing line between seawater- and basalt-derived K based on their 25 

relative contributions in the fluid at the given [K] enrichment factor. This mixing line represents 26 

the expected fluid δ41K values in the absence of K isotope fractionation. The fact that all our 27 

observed endmember fluid δ41K values fall below the mixing line implies the occurrence of K 28 

isotope fractionation that favors light K isotopes in fluids in hydrothermal processes. Seawater 29 

δ41K composition was based on the average of the data reported in literature (Li et al., 2016; 30 

Wang and Jacobsen, 2016; Morgan et al., 2018; Santiago Ramos et al., 2018), and basalt δ41K 31 

composition was based on the average of the basalt data reported in literature (Li et al., 2016; 32 

Wang and Jacobsen, 2016; Morgan et al., 2018). 33 

 34 

Fig 3. Modeled apparent K isotope fractionation factors using (A) the K-only model that relied 35 

on fluid [K] concentrations to estimate water/rock ratios, and (B) a coupled K–Sr isotope model 36 

that relied on fluid 87Sr/86Sr to infer water/rock ratios. Blue lines in both plots are model outputs 37 

using different K isotope fractionation factors (Δfluid–basalt) with 0.2‰ increments. Endmember 38 

fluid compositions obtained from this study were plotted against the model outputs. The subtle 39 

differences in the K isotope fractionation factors constrained from the two models reflect the 40 

intrinsic uncertainties in estimation of water/rock ratios associated with each method. For Bio9 41 

and L/La time-series samples collected after the 2005/2006 volcanic eruption, especially those 42 

with extremely low [K] concentrations (i.e., B9.20 and La.14), the K-only model cannot 43 

effectively estimate their water/rock ratios. Consequently, the resultant K isotope fractionation 44 

factors for these samples from the K-only model are not reliable compared to the coupled K-Sr 45 

isotope model. Seawater endmember δ41K composition was based on the average of the data 46 
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reported in literature (Li et al., 2016; Wang and Jacobsen, 2016; Morgan et al., 2018; Santiago 47 

Ramos et al., 2018), and seawater 87Sr/86Sr was taken from Palmer and Edmond (1989). 48 

Endmember basalt δ41K composition was based on the average of the basalt data reported in 49 

literature (Li et al., 2016; Wang and Jacobsen, 2016; Morgan et al., 2018), and basalt 87Sr/86Sr 50 

was based on data reported for MORB samples collected near our study areas (Davis et al., 2008; 51 

Goss et al., 2010). 52 

 53 

Fig 4. Results of 2 billion Monte Carlo simulations for the combined K elemental and isotopic 54 

mass balance model for the global ocean. This coupled model includes two K source flux terms, 55 

namely riverine and mid-ocean ridge hydrothermal inputs (Friv and FMOR), two K sink flux terms, 56 

including low-temperature hydrothermal alteration and a sedimentary sink that is likely to be 57 

authigenic clay formation (Falt and Fsed), and two K isotope fractionation factors associated with 58 

low-temperature alteration and the sedimentary sink (Δsw-alt and Δsw-sed). The prescribed ranges of 59 

the four K fluxes tested in our Monte Carlo simulations were based on previous estimates in 60 

literature (Li et al., 2019a and references therein), the range of Δsw-sed was based on field 61 

observations (Santiago Ramos et al., 2018; Li et al., 2019a), and the range of Δsw-alt was based on 62 

the estimates from this study. Model results are shown in (A), (B), and (C). The range of y-axis 63 

shown in (A), (B), and (C) is equivalent to the range tested in the Monte Carlo simulations for 64 

FMOR, Fsed, and Δsw-sed, respectively. Blue dots in all three plots are model solutions that 65 

simultaneously satisfy K concentration and isotope mass balance. It is obvious that plausible 66 

solutions for the three fluxes (FMOR, Fsed, and Δsw-sed) fall within considerably narrower ranges 67 

compared to the prescribed ranges tested in Monte Carlo simulations. In (A) and (B), x-axis 68 

shows the prescribed range tested in the Monte Carlo simulations for Friv and Falt, respectively. 69 
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However, these two fluxes are not sensitive to the model as shown in the two plots, and, 70 

therefore, estimates of these two fluxes cannot be further refined using our approach. In (C), x-71 

axis shows the refined range of Fsed, and no valid solutions can be found outside this refined Fsed 72 

range. 73 

 74 

Fig 5. Modeled δ41K and 87Sr/86Sr co-variations assuming different Ordovician seawater δ41K 75 

values (grey and blue squares), plotted against δ41K results (yellow circles) from ~485 Ma 76 

ophiolite (Parendo et al., 2017). Both models used a conservative K isotope fractionation factor 77 

(Δsw–alt) of -0.2‰ estimated from this study, and all other parameters were the same as those used 78 

in Parendo et al. (2017). Compared to Model 1 that assumed a modern seawater δ41K value of 79 

0.10‰ for Ordovician seawater (grey curve), a better model–data fit was achieved when 80 

seawater δ41K value was assumed to be -0.15‰ (Model 2, blue curve), ~0.3‰ lower than the 81 

value of modern seawater. 82 
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(1) Data quality control on K isotope measurements 

High-precision stable K isotope (41K/39K) measurements are notoriously challenging due 

to intense interferences from argon hydride (40Ar1H+) on 41K+ and possible tailing from the large 

40Ar+ beam on the adjacent 39K+ and 41K+ on the mass spectrometer. In this study, K isotopes 

were analyzed on a collision-cell equipped MC-ICP-MS (Micromass IsoProbe) in the 

Department of Geoscience, University of Wisconsin-Madison, following the method reported in 

Li et al. (2016) with the exception that an Aridus II desolvating unit was used in this study. 

Interferences on K isotopes from plasma-derived Ar species, notably 40Ar1H+ and the tailing of 

40Ar+, were reduced to a negligible level by using helium (He) and deuterium (D2) as the 

collision/reaction gas in a hexapole collision cell using settings similar to those reported in Li et 

al. (2016). Typical K background in blank 2% HNO3 was ~25 mV (reported on the scale of 1011-

ohm resistors). Typical K sensitivity was ~4.5 V/ppm, which is similar to the sensitivity reported 

by a previous study that used a desolvator (i.e., Apex) sample introduction method (“dry 

plasma”) on IsoProbe for K isotope analysis (Wang and Jacobsen, 2016). During the analysis, 4 

ppm K solutions were used, yielding signal to background ratios of >650. Background was 

corrected by an on-peak zero protocol where background K intensities were first measured in 

blank 2% HNO3 and then subtracted from the intensities measured in the subsequent sample 

measurement. Potassium isotopes were analyzed by a sample-standard bracketing protocol. A 
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pure K solution from High-Purity Standards was used as the in-house bracketing standard, and 

this solution was routinely analyzed against NIST SRM 3141a, allowing for conversion of K 

isotope data to the NIST 3141a scale. All δ41K data reported here were on the NIST SRM 3141a 

scale. 

Extensive tests were conducted during the course of this study to ensure data quality. The 

results of these tests allowed for a critical assessment on accuracy and precision of our K isotope 

analysis. First, aliquots from each of the three reference materials, BCR-2, BHVO-2, and a 

natural seawater sample, were processed through column chemistry during the course of this 

study and each aliquot was analyzed 4-6 times. The natural seawater sample was collected from 

500 m at the SEATS site in the South China Sea (Wong et al., 2007). The δ41K results yielded -

0.41 ± 0.04 ‰ (2SE, n = 16) for BCR-2, and 0.10 ± 0.03 ‰ (2SE, n = 12) for seawater, where n 

represents the total number of analyses. Variability in mean δ41K results obtained from different 

aliquots was 0.07‰ (2SD, 3 aliquots) for BCR-2 and 0.05‰ (2SD, 3 aliquots) for seawater. 

BHVO-2 was only processed once during this study, and yielded -0.40 ± 0.07 ‰ (2SE, n = 3). 

All these values agree well with those published from other labs (Wang et al., 2021b). 

Second, given the fact that chemical compositions of the three reference materials do not 

sufficiently match matrices of hydrothermal fluids, we also processed and analyzed three test 

solutions that mimicked fluid compositions to (1) demonstrate the absence of matrix effects, and 

(2) better estimate analytical precision and accuracy of our K isotope measurements on fluid 

samples. We first compiled K to major- and trace-element concentration ratios (K/element) in 

typical mid-ocean ridge hydrothermal fluids from literature, including chemical data of our fluid 

samples. Based on these estimated K/element ranges, high-purity single element standards (e.g., 

Na, Ca, Mg, Si, Rb) were mixed to produce 3 test solutions – one solution with high K/element 
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ratios (test solution A), one with average K/element ratios (test solution B), and one with low 

K/element ratios (test solution C). A high-purity K solution with a known δ41K value was used as 

the K source for the three test solutions. As a result, test solutions A through C had progressively 

more challenging matrices, and should cover the full range of chemical compositions expected in 

our fluid samples. In particular, we consider solution C to be a worst-case scenario for fluid 

samples processed in this study, because it was made to have a combination of low K/element 

ratios for all major- and trace-elements as defined by extreme values reported for mid-ocean 

ridge hydrothermal fluids from a wide range of localities in literature, and such an extreme 

composition is unlikely to be encountered in any individual fluid sample. Test solution 

compositions were tabulated in Table S5. 

A total of 7 separate aliquots from the three test solutions (2-3 from each) were processed 

through column chemistry and each aliquot was analyzed multiple times during the course of this 

study. The pooled δ41K result yielded an overall 2SE of 0.02‰, and was accurate within 

uncertainty (i.e., matching the known δ41K value of the high-purity K solution), precluding an 

influence of matrix effects (Fig. S2). Aliquot-to-aliquot variability was 0.05‰ (2SD), and the 

worst reproducibility of 0.05‰ was obtained on the test solution C that had matrices more 

challenging than any sample we analyzed. We considered the results from these test solutions to 

be more representative to our fluid data because of more pertinent matrices, and we took the 

precision of 0.05‰ as an upper limit of our K isotope analysis. 

Third, we further evaluated our analytical precision through processing 2 separate 

aliquots of 5 fluid samples through column separation for analysis. Although it is not statistically 

meaningful to consider the standard deviation on the results from two aliquots, we noticed that 

the difference in δ41K values obtained from two full-protocol replicates was smaller than 0.05‰ 
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for 4 out 5 replicates (Table S1). These results implied that the precision of our K isotope 

analysis on actual samples was most likely to be at the level of 0.05‰ or better. 

Lastly, besides the tests described above, for all EPR and Medusa vent sites (i.e., 7 out of 

a total of 11 individual sample collections), we intentionally processed and analyzed two fluid 

samples taken from two separate sampling bottles for each site, because we were cautious about 

sampling artifacts and end-member calculations that could inevitably include analytical 

uncertainties not only associated with K isotope analysis but also K and Mg concentration 

analysis. We processed each of these fluids separately for isotope analysis, and calculated 

endmember δ41K values based on data for individual samples. A comparison of results showed 

that separately acquired endmember δ41K values all agreed within 0.02‰ (Fig. S3). These 

samples were processed separately through column chemistry, and many of them were analyzed 

on MC-ICP-MS during different days, so it is unlikely that the good reproducibility reflects a 

systematic bias on our measurements. These results strongly imply that we were able to 

reproduce endmember δ41K values to a ~0.02‰ level. 

 

(2) Derivation of the open system water–rock interaction models based on K concentrations 

and the coupled K–Sr isotope co-variations 

Similar to the approach used in previous studies (e.g., Spivack and Edmond, 1987; 

Magenheim et al., 1995; Foustoukos et al., 2004), an open system single-pass water–rock 

interaction model was developed by assuming incremental additions of fresh basalt in fluid. 

Chemical compositions of the fluid are evolving in response to addition of fresh basalt at each 

model step. A mass balance equation can be written for each model step where fresh basalt is 

incrementally added to chemically evolving fluids: 
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𝑊 × 𝐶!" + 𝑑𝑅 × 𝐶#" = 𝑊 × 𝐶!"$% + 𝑑𝑅 × 𝐶#"$% (Eq. S1) 

where W and Cf represent the mass of fluid and [K] concentration in fluid, respectively; dR and 

Cr denote the mass of each rock increment and [K] content in rock, respectively; and i and i+1 

denote the status before and after water–rock equilibration. Assuming a potassium partitioning 

coefficient between rock and fluid D (= Cr / Cf), and taking initial conditions 𝐶!& = 𝐶'(	  and 𝐶#& =

𝐶*+'+,-	 , integration of the above equation yielded the relation between fluid [K] concentration 

and W/R ratio: 

1
(𝑊/𝑅).

= −
1
𝐷.

ln	(
𝐶*+'+,- − 𝐷.𝐶!
𝐶*+'+,- − 𝐷.𝐶'(

)	(𝑬𝒒. 𝑺𝟐) 

Similarly, an isotope mass balance equation can be written for the system as below: 

𝑊 × 𝐶!" × 𝛿!" + 𝑑𝑅 × 𝐶#" × 𝛿#" = 𝑊 × 𝐶!"$% × 𝛿!"$% + 𝑑𝑅 × 𝐶#"$% × 𝛿#"$%	 (Eq. S3) 

where W, Cf, and δf represent the mass of fluid, [K] concentration in fluid, and fluid δ41K, 

respectively; dR, Cr, and δr denote the mass of each rock increment, [K] content in rock, and rock 

δ41K, respectively; and i and i+1 denote the status before and after water–rock equilibration. 

Assuming a K isotope fractionation factor between fluid and rock Δf–r (= δf – δr), and a K 

partitioning coefficient between rock and fluid D (= Cr / Cf), Eq. (S3) can be rearranged to yield:  

𝑊 × 𝑑𝛿! = 𝐷 × 7𝛿#" + Δ!/# − 𝛿!9 × 𝑑𝑅		(Eq. S4) 

Integrating Eq. (S4) 

:
1

(𝛿#" + Δ!/# − 𝛿!)
𝑑𝛿!

0!

0!
"

= :
𝐷
𝑊

1

&
𝑑𝑅 

and taking initial conditions 𝛿!& = 𝛿'(	  and 𝛿#" = 𝛿*+'+,-	 , evolution of fluid K isotope 

compositions (δf) can be then expressed by the following equation: 

𝛿! = 7𝛿*+'+,- + Δ!/#9 − 7𝛿*+'+,- − 𝛿'( + Δ!/#9 × exp
2/ #

$/&3		(𝑬𝒒. 𝑺𝟓). 
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Fluid radiogenic Sr isotopes follow a similar equation as described by Eq. (S5), except 

for the fact that the fractionation factor between fluid and rock for 87Sr/86Sr ratios should be zero: 

𝑆𝑟	45 / 𝑆𝑟	46 ! = 𝑆𝑟	45 / 𝑆𝑟	46 # − ( 𝑆𝑟	45 / 𝑆𝑟	46 # − 𝑆𝑟	45 / 𝑆𝑟	46 '()exp
2/#'(

$/&3  (Eq. S6) 

 

(3) Choices of input parameters in the water–rock interaction models and results of 

sensitivity tests 

Water-rock interaction model results shown in Fig. 3 of the main text were produced 

using input parameters summarized in Table S3. Seawater δ41Ksw and basalt δ41Kbasalt values are 

based on a compilation of published data for seawater and basalts (Li et al., 2016; Wang and 

Jacobsen, 2016; Hu et al., 2018; Morgan et al., 2018; Santiago Ramos et al., 2018; Chen et al., 

2019; Hille et al., 2019; Tuller-Ross et al., 2019; Xu et al., 2019). Given the restricted ranges 

reported for the two reservoirs, these two input parameters in the model are well constrained. 

Radiogenic 87Sr/86Sr ratios of seawater and MORB are also well constrained; the ratio for 

seawater was taken from Palmer and Edmond (1989), and the ratio for basalt was based on data 

reported for MORB samples primarily collected from the areas where our fluid samples were 

collected (Ito et al., 1987; Davis et al., 2008; Goss et al., 2010; Wanless et al., 2010). It is 

important to note that 87Sr/86Sr ratios of basalts from the overlapping spreading center at ~9°N on 

EPR where the Medusa vent was found are indistinguishable from those measured for MORB 

from other study areas (Wanless et al., 2010), although lavas found at ~9°N are chemically more 

evolved (i.e., dacitic) (Wanless et al., 2010; Wanless et al., 2012). Distribution coefficient 

between basalt and fluid for K, DK, is based on a compilation of results from hydrothermal 

alteration experiments conducted at T-P conditions pertinent to MOR hydrothermal systems 

(Mottl and Holland, 1978; Seyfried et al., 1984; Seyfried et al., 1998), and was found to vary 



 9 

between ~0.1 and ~0.6 without obvious temperature dependence at ≥300°C. An upper limit value 

of 0.6 was used to produce the results shown in Figure 3 in the main text. 

For the K-only model, the main source of uncertainty is choice of Dk. We recognize that 

considerably lower Dk values (e.g., <0.1), reflecting intense leaching of K from basalt, are 

possible when comparing K concentrations measured in our fluid samples to K concentrations 

measured in sheeted dike sampled from the nearby DSDP 504B drill core (Alt et al., 1986; Bach 

et al., 2003). We tested the influence of lower Dk values on estimation of the apparent K isotope 

fractionation in the K-only model, and we found that a lower Dk value leads to quantification of 

even larger K isotope fractionation (Fig. S4). The results shown in the main text are therefore 

conservative estimates. Our use of a higher DK value of 0.6 strikes a balance between K uptake at 

low temperature and K leaching at high temperature, and it is thus more appropriate for the goal 

of our model – that is to constrain the net K isotope effect produced over the entire hydrothermal 

convection path. 

For the coupled K–Sr model, relative to DK, DSr is less well constrained due to varied 

anhydrite precipitation in experimental and natural hydrothermal systems, as well as natural 

variability in mineral Sr contents. Following a previous approach (Parendo et al., 2016), DSr was 

assumed to be equal to the initial Sr concentration ratio of local basalts (~100 ppm, (Davis et al., 

2008; Goss et al., 2010; Wanless et al., 2012)) and seawater (~87 μM, (Von Damm, 2000)). 

Because Sr contents in most of our fluids lie slightly below the seawater [Sr]–[Cl] line shown in 

Fig. 1C of the main text, implying minor net loss of fluid Sr, our chosen DSr value is likely an 

underestimate.  

With prescribed DK and DSr values, apparent K isotope fractionation Δ 𝐾	7% !,8"9/*+'+,- can 

be quantified using Eqs. S5 and S6 (i.e., Eqs. (1) and (3) in the main text). Assuming a common 
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𝑊/𝑅 ratio in this coupled model, a logical initial assumption, could lead to an estimate of 

unrealistically large K isotope fractionation (i.e., ≤ -5‰). This reflects the fact that the 𝑊/𝑅 

ratio is an element-specific parameter closely related to chemical behavior of individual element 

during hydrothermal alteration. For example, because Sr is typically less fluid mobile relative to 

alkali elements including K during high-temperature hydrothermal alteration, it is well known 

that a 𝑊/𝑅 ratio calculated based on fluid 87Sr/86Sr would give a higher value (i.e., “less 

altered”) than that calculated based on alkali elements for the same hydrothermal system (e.g., 

Berndt et al., 1988). Consequently, it is more appropriate to assume different 𝑊/𝑅 ratios for K 

and Sr in a coupled geochemical model. A scale factor q, such that (𝑊/𝑅). = 𝑞(𝑊/𝑅):#, can 

be used to take account of different reactivity of K and Sr during hydrothermal alteration, and 

this approach was used in a previous study (e.g., McCulloch et al., 1981). Fluid 87Sr/86Sr values 

allow for direct calculation of (𝑊/𝑅):# using the water–rock interaction model (Eq. S6), and 

typically yielded values ranging from ~6 to ~14 (Table S2). Data from “time-zero” fluids 

collected immediately after the volcanic eruption in 2006 (B9.20 and La.14) were calculated to 

give much higher W/R ratios that are likely transient signals. (𝑊/𝑅). 	ratios were estimated to 

range between ~0.3 and ~11 using Eq. S2 (Table S2). This method cannot provide a W/R 

estimate for the time-zero fluid La.14, because its [K] concentration showed a deficiency relative 

to that of seawater on a [Cl]-normalized basis. Based on independent constraints on (W/R)Sr and 

(W/R)K (Table S2), values of the scale factor q can be estimated to range between ~0.07 and ~0.5 

for vents at EPR, and at slightly lower values of ~0.06 for vents from the Gorda Ridge. A q value 

of 0.1 was taken as a representative value to produce results shown in Fig. 3B of the main text, 

because this value is close to both the average and median value of q estimates for all vents 

studied here.  
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Major uncertainties in the coupled K–Sr model come from input values for Dk, DSr, and 

the scale factor q. We conducted a series of sensitivity experiments to explore the influence of 

these parameters on quantification of the apparent K isotope fractionation. Similar to the K-only 

model, assuming all other parameters in the model unchanged, we found that a smaller DK value 

could shift the modeled δ41K–87Sr/86Sr curve towards the upper left corner in the δ41K–87Sr/86Sr 

space (Fig. S5), making it more difficult to fit model results to observational data, unless a more 

negative Δ41Kfluid–basalt is used. As discussed above, our chosen DSr value of ~13 is likely to be an 

underestimate. Assuming all other parameters in the model unchanged, a larger DSr value could 

shift the modeled δ41K–87Sr/86Sr curve towards the upper left corner in the δ41K–87Sr/86Sr space 

(Fig. S5), making it more difficult to fit model results to observational data, unless a more 

negative Δ41Kfluid–basalt is used. Again, like our choice for DK value, the DSr value used to produce 

the results shown in Figure 3B of our main text provided a conservative constraint on the 

minimum magnitude of K isotope fractionation. In addition, we also tested the influence of 

different q values on the model output. Using a q value of 0.07, a lower limit for vents at EPR, 

estimates of Δ41Kfluid–basalt ranged between ~ -0.1‰ and ~ -0.3‰ (Fig. S6). Using a q value of 

0.06, a lower limit constrained for the vents on the Gorda Ridge, the estimated Δ41Kfluid–basalt for 

MOR vents on the Gorda Ridge is ~ -0.1‰. Using an upper limit of 0.5 for q would yield 

unrealistically large magnitude of K isotope fractionation between fluid and basalt (Fig. S6). 

Although uncertainties are inevitable, it is clear that, even based on some extreme input values, 

fitting of the model to observational data always predicts a preferential enrichment in light K 

isotopes in fluid relative to basalt. 

 

(4) Mass balance model for the global K cycle in the modern ocean 
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Mass-balance equations for K fluxes and isotopes in the ocean can be written as: 

𝐹#"; + 𝐹<=1 = 𝐹+,- + 𝐹'>9 		(𝑬𝒒. 𝑺𝟕) 

𝛿 𝐾#";𝐹#"; + 𝛿 𝐾<=1𝐹<=1 =	
7%

	
7% 𝛿 𝐾+,-𝐹+,- + 𝛿 𝐾'>9𝐹'>9	

7% 		(𝑬𝒒. 𝑺𝟖)	
7%  

Two K isotope fractionation factors Δsw–sed (= δ41Ksw – δ41Ksed) and Δsw–alt (= δ41Ksw – δ41Kalt) can 

be introduced into the model via Eq. S8. Previous estimates based on K concentrations are often 

associated with large uncertainties for many terms in the above equations; estimated FMOR, Fsed, 

Friv, and Falt fluxes ranged from 5 to 36 Tg/yr, from 25 to 52 Tg/yr, from 52 to 62 Tg/yr, and 

from 12 to 15.6 Tg/yr, respectively. The estimated δ41Kriv for the global riverine input ranges 

between ~-0.2‰ and ~-0.4‰ (Li et al., 2019; Wang et al., 2021a). The estimated ranges for all 

parameters in literature are large, but K isotope mass balance provides an additional constraint 

on the global K cycle that was not possible at the time previous estimates were made, and hence 

should improve those previous estimates. A Monte Carlo approach was used to refine estimates 

on various K fluxes and K isotope fractionation factors in the modern ocean. Compared to 

previous studies, our work provided new constraints on δ41KMOR (-0.32 ± 0.08 ‰) and Δsw–alt (-

0.2‰ ~ -0.5‰) that were not known until our study. The large range from -3‰ to +3‰ was set 

for Δsw–sed in the Monte Carlo experiments. Each simulation randomly selected input values 

within the prescribed ranges mentioned above, and then the input values were tested to check if 

they fulfil the two mass balance equations (Eq. S7 and S8). Solutions that can simultaneously 

fulfil the two mass balance equations are accepted otherwise rejected. A total of two billion 

Monte Carlo experiments were conducted, and it was found that FMOR, Fsed, and Δsw–sed could be 

considerably refined as compared to the large ranges prescribed for the simulations. FMOR was 

estimated to range between 5 and 15.3 Tg/yr, and Fsed was estimated to range between 42 to 52 

Tg/yr. Although an unrealistically large range between -3‰ and +3‰ range was prescribed for 
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Δsw–sed in the Monte Carlo simulations, experiment results indicated that Δsw–sed must be 0.53 ± 

0.06‰ (1 s.d.) in order to meet the two mass-balance constraints, confirming that our simulations 

captured the entire possible range. Friv, and Falt are not sensitive in the model, so they cannot be 

further constrained with existing data. 

Recent studies suggested the possibility for a considerably higher Falt (Coogan and Gillis, 

2018). We tested the influence of a higher Falt on our model results by increasing the upper limit 

of Falt to 30 Tg/yr (i.e., ~2-time the current upper limit) while keeping all other inputs 

unchanged. A total of 200 million Monte Carlo simulations were conducted, and the results are 

shown in Fig S7. The results show that the possible K sedimentary flux Fsed still occupied the 

upper area of the prescribed range, which is consistent with the trend presented in the main text, 

although the possible ranges for FMOR and Fsed are slightly larger. This result indicates the need 

for an improved estimate for Falt to more accurately quantify the K flux associated with the 

sedimentary removal. 
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Fig. S1 A map of sample locations 
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Fig. S2 δ41K results measured for the three synthetic hydrothermal fluid test solutions.  

 

 

 

Fig. S3 Calculated endmember δ41K values based on analyses of samples from two different 

sampling bottles for 7 individual sample collections. It is important to note that endmember δ41K 

values derived from individual measurements of samples from two bottles of the same vent all 

agreed within 0.02‰. 
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Fig. S4 Sensitivity tests for the K-only model using different DK values. It can be seen from 

these results that a smaller DK would constrain larger K isotope fractionation. Sample symbols 

with blue edges are those strongly affected by the volcanic eruption. 
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Fig. S5 Sensitivity test results of the modeled δ41K–87Sr/86Sr curves as a function of different DK 

(left) and DSr (right), plotted against observational data. A constant Δ41Kfluid–basalt value of -0.2‰ 

was chosen for the purpose of illustration here. It can be seen that lower DK, or larger DSr, would 

shift the model curve away from observational data, making it harder to achieve a good fit 

between the model and data unless a Δ41Kfluid–basalt value more negative than -0.2‰ is used. 

These results suggest that a DK value of 0.6 and a DSr value of 13 used to produce the results 

shown in the main text provided a conservative constraint on the minimum magnitude of K 

isotope fractionation between fluid and basalt. Sample symbols with blue edges are those 

strongly affected by the volcanic eruption. 
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Fig. S6 Sensitivity test results showing the modeled δ41K–87Sr/86Sr curves using two different 

values for the scale factor q, plotted against observational data. The plot on the left used a q 

value of 0.07 that is the lower limit of q, and the plot on the right used an upper limit q value of 

0.5. Dark to light blue curves in both plots represent different Δ41Kfluid–basalt values between -

0.6‰ and 0‰ with an increment of 0.2‰. It shows that a larger q would result in a more 

negative Δ41Kfluid–basalt value, and an extreme value of 0.07 would suggest Δ41Kfluid–basalt values 

ranging between ~ -0.1‰ and ~ -0.3‰. A more moderate q value of 0.1 that is close to both the 

mean and median value estimated for all fluids analyzed in this study was used to compute the 

results reported in the main text. Sample symbols with blue edges are those strongly affected by 

the volcanic eruption. 
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Fig. S7 Sensitivity test results using a larger prescribed range for Falt (12-30 Tg/yr) to account for 

a possible larger K removal flux associated with low-temperature hydrothermal alteration. The 

range of x- or y- axis shown in this figure is the prescribed range for the corresponding 

parameter tested in the Monte Carlo simulations, and 200 million simulations were conducted. 

Blue dots represent valid model solutions. Although the possible ranges of FMOR and Fsed that 

fulfil the coupled K elemental and isotope mass balance are different from the possible ranges 

resulting from the use of a narrower Falt input range (12-15.5 Tg/yr), the trend that valid Fsed 

fluxes occupy the upper area of the prescribed estimates remains unchanged. 
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