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Highlights 8 

● A new oxygen cycle model is built to systematically constrain the rates of low-temperature 9 

and high-temperature alteration using the evolution of continental crust and the thermal 10 

evolution of Earth. 11 

● The reconstructed evolution of seawater 𝛿18O increased from a possible minimum of -10 12 

to -5‰ at the late Archean to its present-day value, whereas the ∆′17O value decreased from 13 

0.015‰ ±	0.01‰ at the late Archean to ~0‰ modern. 14 

● The evolution of seawater 𝛿18O requires rapid continental extraction in the early Earth. 15 

 16 

Abstract 17 

        There has been extensive debate about how to link sedimentary oxygen isotope records to 18 

changes in solid Earth and surface processes. We present a new model of coupled ocean-crust-19 

mantle evolution to investigate the geological processes that are responsible for the evolution of 20 

seawater 𝛿18O values. In our model, the rates of low- and high-temperature crustal alteration are 21 

constrained by mantle cooling and crustal evolution. This way, we were able to outline the possible 22 

path of solid Earth evolution that matches the observed seawater 𝛿18O records. Our results suggest 23 

that marine 𝛿18O values may have been as low as  -10‰ to -5‰ in the late Archean. The 24 

corresponding ∆′17O value may have been 0.015‰ ±	0.01‰ in the late Archean and then 25 

decreased with time. The evolution of seawater 𝛿18O is shown to be sufficiently sensitive to the 26 

history of continental formation, and our modeling suggests the presence of a considerable amount 27 

of continental crust in the early Archean. 28 
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1. Introduction 33 

        The significance of sedimentary oxygen isotope records has been debated for decades. A 34 

well-established secular increase in 𝛿18O values (𝛿xO (‰) = 1000 ∙	(𝑅!"#$%&'  /𝑅()*+'  - 1) and  35 

𝑅!"#$%&'  is the xO/16O ratio of the sample, where x is 17 or 18) is observed in sedimentary records, 36 

where the 𝛿18O values of Archean sediments are ~10‰ to 20‰ lower than that of modern (e.g., 37 

Knauth and Epstein, 1976; Galili et al., 2019). From Archean to Phanerozoic, the 𝛿18O values of 38 

chert increased from ~15‰ to ~30‰ (e.g., Robert and Chaussidon, 2006; Bindeman et al., 2016 39 

and references therein), shale increased from ~10‰ to ~15‰ (e.g., Bindeman et al., 2016 and 40 

references therein), and marine carbonate increased from ~-13‰ (relative to PDB)  to a maximum 41 

of 0‰ (e.g., Prokoph et al., 2008 and references therein). Recently, high-precision paired 𝛿17O-42 

𝛿18O measurements (hereafter referred to as ∆′17O where ∆′17O = 1000 ∙	(ln (𝛿17O/1000 + 1) - 43 

0.528 ∙	ln (𝛿18O/1000 + 1); see Wostbrock and Sharp, 2021, for details) have been used to provide 44 

an additional constraint to interpret the observed 𝛿18O records. The ∆′17O value of chert gradually 45 

decreases as the 𝛿18O value increases from ~3.5 Ga to present-day (e.g., Zahkarov et al., 2021; 46 

Sengupta et al., 2020; Liljestrand et al., 2020; Lowe et al., 2020; Levin et al., 2014).  47 

        Two end-member explanations have been proposed to explain this global sedimentary trend. 48 

The first hypothesis suggests that the early ocean was significantly hotter (>70°C) than the present 49 

(e.g., Knauth and Epstein, 1976; Robert and Chaussidon, 2006), and that the	𝛿18O of seawater has 50 

remained relatively constant through time. An alternative hypothesis is that the temperature of the 51 

surface ocean has remained relatively constant over time, requiring the 𝛿18O value of seawater to 52 

increase by ~10‰ in sync with the sedimentary	𝛿18O record (e.g., Walker and Lohmann, 1989; 53 

Jaffrés et al., 2007). Recently, Galili et al. (2019) utilized marine iron oxides, whose 𝛿18O has only 54 

a weak temperature-dependence (~1‰ per 20℃), to support the second hypothesis. According to 55 

Galili et al. (2019), there was a shift in seawater 𝛿18O from -8‰ at 2 Ga to 0‰ in the early 56 

Phanerozoic. However, the history of seawater 𝛿18O is still highly debated.  57 

        Suggested Archean seawater 𝛿18O values range from -13.3‰ to +3.3% (e.g., Muehlenbachs 58 

et al., 2003; Jaffrés et al., 2007; Johnson and Wing, 2020). For example, modeling of the geological 59 

water cycle suggests that seawater 𝛿18O may have been as low as -13.3‰ at ~3.4 Ga and gradually 60 

increased to -0.3‰ at present-day (Jaffrés et al., 2007). Jaffrés et al. (2007) explains this increasing 61 

trend with two stepwise increases in the ratio of high- to low-temperature water/rock interactions 62 
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over geological history. On the other hand, studies using ophiolites of altered oceanic crust indicate 63 

that seawater 𝛿18O is likely to be buffered at 0‰ in the past (e.g., Muehlenbachs, 1998; 64 

Muehlenbachs et al., 2003). This buffering effect would be achieved through a constant ratio of 65 

high-to-low temperature alteration. More recently, studies on Archean altered oceanic crust 66 

suggested that the ocean 𝛿18O value would have been higher in the past and decreased over time. 67 

Pope et al. (2012) studied Isua Supracrust Belt serpentines to suggest that the 𝛿18O value of the 68 

Eoarchean ocean was between +0.8 and +3.8‰. Johnson and Wing (2020) examined ~3.24-69 

billion-year-old hydrothermally altered oceanic crust from the Panorama district in the Pilbara 70 

Craton and suggested that the ocean had an 𝛿18O value of +3.3 ± 0.1‰. Using a water cycle model, 71 

they explain the decreasing ocean 𝛿18O record with the emergence of continental crust (increasing 72 

the low-temperature alteration flux) after the late Archean.  73 

 Previous studies do not include comprehensive modeling of solid Earth and the role it may 74 

have on marine chemical evolution. The oxygen isotopic composition of seawater is controlled 75 

primarily by hydrothermal alteration of oceanic crust, continental weathering, and subduction of 76 

water and crustal materials (e.g., Muelenbachs, 1998; Wallmann, 2001). Larger fractionation 77 

values occur during low-temperature alteration processes, where the heavier isotopes, 18O and 17O, 78 

are preferentially incorporated into secondary minerals. This results in  lower 𝛿18O and 𝛿17O values 79 

of seawater relative to modern. Smaller fractionation values occur during high-temperature 80 

alteration, increasing the 𝛿18O and 𝛿17O values of seawater relative to modern. The evolution of 81 

the solid Earth system has major control over the history of oxygen fractionation in seawater. The 82 

secular cooling of the mantle controls the rates of hydrothermal alteration and subduction of crust, 83 

whereas the history of crustal formation is directly linked to the rate of continental weathering. 84 

Therefore, it is desirable to interpret geochemical records with a theoretical framework that is 85 

consistent with the solid Earth system evolution (e.g., Korenaga et al., 2017; Guo and Korenaga, 86 

2020). In this regard, developing a quantitative model of coupled ocean-crust-mantle evolution is 87 

essential for interpreting the seawater oxygen isotope evolution. 88 

        Here we present a comprehensive model of solid Earth evolution coupled to a mass balance 89 

model of seawater oxygen isotope ratios to investigate the geological processes that are responsible 90 

for the evolution of seawater 𝛿18O and ∆′17O values. This is the first model to systematically 91 

constrain the changing proportion of high-temperature versus low-temperature crustal alteration 92 

using the history of mantle cooling and crustal formation. To achieve this, we make use of the 93 
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distributions of continental formation age (Korenaga, 2018) and surface age (Roberts and Spencer, 94 

2015) to constrain the extent of crustal recycling and reworking as well as the Archean and 95 

Proterozoic mantle potential temperatures (Herzberg et al., 2010) to constrain the thermal history 96 

of Earth. We compared and examined the three end-number seawater 𝛿18O values in the Archean, 97 

-13.3‰  (Jaffrés et al., 2007), 0‰ (e.g., Muehlenbachs et al., 2003), and +3.3‰ (Johnson and 98 

Wing, 2020), and the evolution of seawater 𝛿18O in the Phanerozoic and Proterozoic is constrained 99 

by iron oxides records (Galili et al., 2019 and references therein). The calculated seawater 𝛿18O 100 

and ∆′17O evolutions are compared with the observed sedimentary records (Zahkarov et al., 2021; 101 

Sengupta et al., 2020; Liljestrand et al., 2020; Bindeman et al., 2016; Prokoph et al., 2008; Levin 102 

et al., 2014; Lowe et al., 2020; and references therein). As a result, we improve the previous 103 

simulation scheme of seawater 𝛿18O by grounding the alteration rates with geophysical constraints 104 

and provide a first-order estimate on the seawater ∆′17O evolution. 105 

 106 

2. Methods 107 

        Our box model of seawater 𝛿18O and ∆′17O tracks the compositional evolution of six 108 

terrestrial reservoirs: mantle, seawater, marine sediments, high- and low-temperature altered 109 

oceanic crusts, and continental crust. Wallmann (2001) built a comprehensive model for seawater 110 

𝛿18O during the Phanerozoic, and the overall setup of our model draws upon many aspects of his 111 

model. However, we modified the model to track the evolution of seawater 𝛿18O and ∆′17O through 112 

Earth history in a self-consistent fashion.  113 

        In our model, the quantitative constraints on hydrothermal alteration rates are directly linked 114 

to constraints on solid Earth evolution (following Guo and Korenaga, 2020), which determine the 115 

seawater 18O fluxes. For ∆′17O evolution of seawater, we relate the high and low-temperature 116 

fluxes to a 𝜃 value, which is a variable relating the 𝛿18O and 𝛿17O fractionation between two phases 117 

and varies with temperature during equilibrium processes (Cao and Liu, 2011). Our model also 118 

includes changing ocean mass and the effect of crustal reverse weathering. Reverse weathering 119 

describes the in situ authigenesis of non-kaolinite-type (cation-poor) phyllosilicate minerals 120 

(clays) (e.g., Isson and Planavsky, 2018). In this section, we first explain the overall model setup 121 

of seawater 𝛿18O and ∆′17O values. We then describe the constraints of crustal formation and 122 

thermal evolution history on the rates of high- and low-temperature alteration rates.  123 

 124 
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2.1 The seawater 𝛿18O and ∆′17O model 125 

     The exchange of oxygen between seawater, mantle, and crust is controlled by temperature. In 126 

our model, high-temperature alteration (>150°C) includes on-axis hydrothermal alteration, 127 

serpentinization, and alteration at hydrothermal vents, whereas low- to mid-temperature alterations 128 

(<150°C) include off-axis hydrothermal alteration such as Urey reactions and reverse weathering.  129 

     To track the evolution of seawater 𝛿18O, we consider the evolution of the total abundance of 130 

oxygen as well as its isotopic composition in seawater through Earth history. Our strategy is to 131 

track the mass fluxes of oxygen between terrestrial reservoirs (Fig. 1) and then calculate the 132 

corresponding fluxes of 18O (Fig. 2). The exchange of oxygen among different reservoirs is mainly 133 

controlled by the creation and subduction of crustal materials and their hydrothermal alteration. 134 

Through magmatism, oxygen can be fixated in the crust (FmHT, FmLT, and Fmw) at mid-ocean ridges, 135 

hotspot islands, and back-arc basins. After formation, oceanic crust can exchange oxygen with 136 

seawater through weathering (Fw), reverse weathering (Frev), and high- and low-temperature 137 

crustal alteration (FHT and FLT). During subduction, oxygen can be released from downgoing slabs 138 

due to the breakdown of hydrated minerals under high temperatures and pressures, and the released 139 

volatiles can be degassed through arc and back-arc magmatism and eventually end up in seawater 140 

(FreHT, FreLT, and Frew). The rest of the oxygen in the slab is then recycled into the mantle at 141 

subduction zones as chemically bound water and pore water (FsHT, FsLT, and Fsw). The proportion 142 

of the released oxygen to the total oxygen content in the subducting slab is characterized by 143 

recycling rates (rHT, rLT, and rw).  144 

 145 
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 146 
     Fig. 1. Model structure of oxygen fluxes between terrestrial reservoirs. The blue and red arrows represent the 147 
oxygen fluxes that are transferred from crust and mantle into seawater and vice versa, respectively. The green arrows 148 
represent the oxygen fluxes that are exchanged between crust and mantle. The dashed box labeled “Mantle” is the 149 
same reservoir as the solid one. 150 
 151 
        Based on the oxygen fluxes between terrestrial reservoirs, we track the exchange of 18O by 152 

considering both their transfer along with the total mass fluxes as well as their exchange between 153 

seawater, oceanic crust, and weathering products during alternation (Fig. 2). The major mass 154 

balance relationships considered in this model are listed in Table S1. The amount of 18O transferred 155 

along with the water fluxes are calculated based on their isotope fraction during oxygen fixation 156 

under different temperatures (Table S2). The rate of 18O exchanged between terrestrial reservoirs 157 

is controlled by the history of mantle cooling and crustal alteration. In our model, the rate of high-158 

temperature alteration of oceanic crust (fHT) is constrained by the thermal evolution of the mantle, 159 

whereas the rate of low-temperature alteration (fLT) is inferred from the mass balance of surface 160 

volatiles. The non-dimensional variables, fHT and fLT, represent the relative changes in high- and 161 

low-temperature alteration activities with respect to their present-day values. The present-day mass 162 
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transfer rates are estimated based on relevant geological and geochemical observations (Table S3). 163 

On the other hand, oxygen isotope exchange between seawater and crust, which proceed by 164 

dissolution and precipitation of minerals as well as isotope diffusion, are modeled by means of 165 

isotopic saturation indices	(𝛺, Table S2 and S3).  166 

 167 

 168 
Fig. 2. Model structure of 18O fluxes between terrestrial reservoirs. The blue and red arrows represent the 18O fluxes 169 
that are transferred from crust and mantle into seawater and vice versa, respectively. The green arrows represent the 170 
18O fluxes that are exchanged between crust and mantle. The dashed box labeled “Mantle” is the same reservoir as the 171 
solid one. 172 
 173 
        We calculate the seawater ∆′17O based on the modeled 𝛿18O value and the relative proportions 174 

of high-, mid-, and low-temperature fluxes. First, as 17O follows the same fractionation processes 175 

with 18O but with different magnitude, the seawater 𝛿′17O value can be calculated through time 176 

according to 𝛿′18O: 177 

 𝛿′17O = 𝜆seawater	𝛿′18O,  (1)  178 
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where 𝛿′XO = 1000*ln(	𝛿XO /1000+1) and x is either mass 17 or 18, and 𝜆seawater is calculated based 179 

on an assigned 𝜃	value	for	each	temperature	flux	and the relative proportion of each flux at each 180 

timestep as follows. The variable 𝜃	relates the 𝛿18O and 𝛿17O fractionation between two phases 181 

and varies with temperature during equilibrium processes (Cao and Liu, 2011). Knowing that 182 

𝜃	values change between ~0.524 at low temperature to 0.5305 at high temperature, we assign each 183 

flux a different 𝜃	value according to temperature (low-T = 0.524-0.525; mid-T = 0.525-0.526, and 184 

high-T = 0.527-0.528; Table S4). This range in 𝜃	values is reasonable based on the 𝜃-T relationship 185 

of silicates and water (e.g., Wostbrock and Sharp, 2021 and references therein). The percent of 186 

each temperature flux is tracked through time by adding each temperature flux and dividing by the 187 

total flux. We then multiply each 𝜃	with its corresponding flux percent and add the three variables 188 

together to construct a 𝜆seawater value. Lastly, the seawater ∆′17O is calculated as (see Wostbrock 189 

and Sharp, 2021 for more details): 190 

∆′17O =	𝛿′17O - 0.528	𝛿′18O.  (2) 191 
 192 
      2.2 Constraining the rate of high-temperature alteration (fHT) using the thermal evolution 193 

of mantle  194 

     The high-temperature alteration factor fHT is controlled by the processing rate of mantle at mid-195 

ocean ridges and arc systems, which is closely related to plate velocity. Thus, the non-dimensional 196 

variable fHT	is set to be proportional to plate velocity as: 197 

𝑓,-(𝑡)	= G
.(0)	
.30!4

H
5
,  (3) 198 

where t is time, tp refers to the present day, and n is a constant, whose value can vary between 1 199 

and 3. When n equals 1, this formulation corresponds to a linear dependence of high-temperature 200 

alteration of oceanic crust on plate velocity (e.g., Wallmann, 2001), whereas n greater than 1 201 

represents a nonlinear dependence. The possibility of a nonlinear relationship is suggested from 202 

several observations. First, the number density of hydrothermal vents is roughly linearly 203 

proportional to spreading rate (Baker and German, 2004), but the activity level of hydrothermal 204 

vents is very sensitive to the depth of axial magma chamber at the mid-ocean ridges, with shallow 205 

magma chambers allowing greater vent activities (Baker, 2009). Second, the depth of the axial 206 

magma chamber is a strongly nonlinear function of spreading rate (e.g., Phipps Morgan and Chen, 207 

1993). The oxygen isotope composition of hydrothermal vent fluids suggests that the extent of 208 
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high-temperature water-rock reaction is greater at hydrothermal vents on a slower spreading ridge 209 

(Bach and Humphris, 1999); however, this effect is not strong enough to cancel the above sources 210 

of nonlinearity. Slower plate velocity in the past is accompanied by higher mantle potential 211 

temperature and greater magma supply (Korenaga, 2006, 2018), but the effect of mantle potential 212 

temperature is likely to be weaker compared to the effect of spreading rate (Chen, 2004). In fact, 213 

hydrothermal vent activity is virtually absent along the slow-spreading Reykjanes Ridge (German 214 

and Parson, 1998), which is located adjacent to the Iceland hotspot. Even though the details of 215 

high-temperature water-rock reaction at the global mid-ocean ridge system are yet to be 216 

understood, therefore, one cannot overlook the possible nonlinear dependence of high-temperature 217 

hydrothermal processes on plate velocity. We thus test values from 1 to 3 for the exponent n in 218 

equation (3).  219 

     To track the high-temperature alteration factor fHT, we need to know the temporal evolution of 220 

plate velocity V(t). By utilizing its relationship with surface heat flux, V(t) can be expressed as 221 

(Korenaga, 2006): 222 

𝑉(𝑡)	=	𝑉L𝑡$M	G
6(0)	
630!4

-!30!4	
	-!(0)

H
7
, (4) 223 

where the present-day plate velocity V(tp) is 5 cm/yr (Parsons, 1981), the present-day mantle 224 

potential temperature Tp(tp) is 1350 ℃ (Herzberg et al., 2010), and the present-day mantle heat 225 

flux Q(tp) is calculated as the difference between the total surface heat flux (46 ± 3 TW; Jaupart et 226 

al., 2007) and the heat production of continental crust (7.5 ± 2.5 TW; Rudnick and Gao, 2003). To 227 

solve equation (4), all we need is the history of mantle potential temperature Tp(t) and mantle heat 228 

flux Q(t). 229 

     Using the global energy balance (Korenaga, 2017), the mantle potential temperature Tp(t) is 230 

calculated backward in time as: 231 

𝐶#
8-!(0)

80
 =	𝐻(𝑡) − 	𝑄(𝑡) +	𝑄9(𝑡), (5) 232 

where Cm is the heat capacity of the whole mantle (4.97x1027 J/K), H is the mantle heat production, 233 

Q is the mantle heat flux, and Qc is the core heat flux.  234 

     To solve equation (5), first, the mantle heat production H is tracked backward in time with the 235 

heat production rates and decay constants of heat producing elements (238U, 235U, 232Th, and 40K) 236 

within the mantle (Korenaga, 2006). Second, the mantle heat flux Q is assumed to be constant at 237 
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~36 TW throughout the entire Earth history following Korenaga (2017). Finally, the core heat flux 238 

Qc is considered to be linearly decreasing through time, with the difference between initial and 239 

present-day core heat flux (ΔQc) varying between 2 to 5 TW (O’Rourke et al., 2017). The present-240 

day core heat flux is set to be a free parameter varying between 5 to 15 TW (O’Rourke et al., 241 

2017). The parameters used in the thermal evolution model are listed in Table S5. To summarize, 242 

the mantle potential temperature can be obtained by integrating equation (5) backward in time with 243 

H, Q, and Qc, which is checked against observations (Herzberg et al., 2010). The evolution of plate 244 

velocity can then be tracked with equation (4), and the high-temperature alteration factor fHT can 245 

be calculated from plate velocity using equation (3). 246 

 247 

2.3 Constraining the rate of low-temperature alteration (fLT) using the thermal evolution 248 

of mantle and the history of continental formation 249 

     We constrain the factor of low-temperature alteration fLT by utilizing the surface mass balance 250 

of carbon dioxide (CO2). During mantle magmatism and continental recycling and weathering, 251 

volatiles like CO2 are released into the atmosphere and eventually end up in oceans. Because CO2 252 

is an important greenhouse gas, it has to be consumed during low-temperature alteration of oceanic 253 

crust and continental weathering (e.g., Coogan and Gillis, 2020), to obtain a relatively constant 254 

global temperature (e.g., Galili et al., 2019). Thus, using both the history of crustal growth and the 255 

thermal evolution of Earth, fLT may be calculated as follows: 256 

𝑓:-(𝑡)	=	
;"#(0)	<	;"!(0)	<	;"$(0)	<	=%%/';($(0)	<	=%%/';()(0)	

;"#30!4	<	;"!30!4	<	;"$30!4	<	=%%/';($30!4	<	=%%/';()30!4		
	,  (6) 257 

where Kmo, Kmp, and Kmc are the mantle processing rates during the generation of oceanic crust, 258 

hotspot islands, and continental crust, respectively; Krc and Krw are the rates of continental 259 

recycling and reworking, respectively; and 𝑓>>/) is the ratio of the carbon dioxide released from 260 

the same amount of continental crust and mantle during geological processes. In our model, the 261 

term “crustal recycling” denotes the loss of continental crust to the mantle through subduction and 262 

delamination, whereas “crustal reworking” indicates the processes that change isotopic 263 

compositions and reset the apparent age of the established crust (e.g., erosion, weathering, and 264 

intra-crust partial melting). Recent studies of global carbon flux suggest that mid-ocean ridges and 265 

subducting sediments emit CO2 at similar rates of ~20 Mt C yr-1 (e.g., Plank and Manning, 2019), 266 

and because the mantle processing rate beneath mid-ocean ridges and the recycling rate of 267 
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continental crust are ~0.69 x 1024 kg Gyr-1 (Korenaga, 2006) and ~0.7-0.9 x 1022 kg Gyr-1 (e.g., 268 

Stern and Scholl, 2010), respectively, we consider 𝑓>>/) 	to be ~100 in our model. 269 

     To calculate fLT using equation (6), Kmo, Kmp, Kmc, Krc, and Krw need to be constrained. Among 270 

these, Kmo and Kmp can be inferred from the thermal evolution of the mantle, whereas Kmc, Krc, and 271 

Krw can be obtained from a model of continental growth. First, considering that volcanism at mid-272 

ocean ridges is due to decompressional melting, Kmo is directly linked with the initial depth of 273 

mantle melting Z and plate velocity V: 274 

𝐾#@(𝑡)	=	𝐾#@L𝑡$M
A(0)	.(0)	
A30!4.30!4

,  (7) 275 

where Kmo(tp) is the present-day rate of oceanic crust generation, which is considered to be 6.7x1014 276 

kg/yr (Korenaga, 2006). The evolution of plate velocity V(t) is obtained in the thermal evolution 277 

model as described in section 2.2. The initial depth of melting Z is controlled by mantle potential 278 

temperature Tp: 279 

𝑍(𝑡)	=		 -!(0)	B	CCDE
	FG"(C.7	I	CE*+	B	(8-/8J),)

,  (8) 280 

where g is gravitational acceleration (9.8 m/s2), 𝜌#	is mantle density (3300 kg/m3), (𝑑𝑇/𝑑𝑃)(	is 281 

the adiabatic gradient in the mantle (1.54 x 10-8 K/Pa), the evolution of mantle potential 282 

temperature Tp(t) is obtained in the thermal evolution model (section 2.2), 1150 ℃	is the surface 283 

temperature of the mantle solidus, and 1.2 x 10-7 K/Pa is the gradient of mantle solidus. 284 

     Second, we assume a linear relation between the rate of mantle magmatism at hotspot islands 285 

Kmp and core heat flux Qc: 286 

𝐾#$(𝑡) =	𝐾#$L𝑡$M
6$(0)
6$30!4

, (9) 287 

where Kmp(tp) is the plume mass flux at present, which can be estimated from the present-day 288 

plume buoyancy flux, and the evolution of core heat flux is calculated in section 2.2.  289 

     Third, we solve for the crustal recycling rate (Krc) using the history of crustal formation. 290 

Following Rosas and Korenaga (2018), the rates of crustal generation Kcc and recycling Krc are 291 

parameterized as follows: 292 

𝑀99(𝑡) =	
)$$30!4

CB&*-./0!*012
L1 − 𝑒BK.(0B01)M, (10) 293 

𝐾L9(𝑡) =	𝑅! +	
M!BM1

CB&*-(/0!*012
L1 − 𝑒BK((0B01)M, (11) 294 
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8)$$(0)
80

 =	𝐾99(𝑡) −	𝐾L9(𝑡), (12) 295 

where Mcc(t) is continental mass at time t, Mcc(tp) is the present-day crustal mass (2.09 x1022 kg), 296 

Kcc is the crustal generation rate, and Krc is the crustal recycling rate. In equations (10) and (11), 297 

the term ts denotes the onset of crustal formation; κg and κr are the decay constants for Kcc and Krc, 298 

respectively; and Rs and Rp are the rates of crustal recycling at ts and tp, respectively. In this 299 

parametrization, Mcc(t) and Krc(t) are first calculated from the assumed values of these model 300 

parameters, and then equation (12) is used to calculate Kcc(t). A wide range of crustal growth 301 

patterns can be simulated by varying these parameters, and different crustal growth models yield 302 

different evolutions of Krc and Kcc. 303 

     Fourth, we infer the mantle processing rate during the generation of continental crust (Kmc) from 304 

the rate of crustal generation Kcc. As suggested by equation (12), the net growth rate of continental 305 

crust equals the difference between crustal generation rate Kcc and recycling rate Krc. However, 306 

considering that the continental crust does not result from single-stage melting of the mantle, at 307 

least part of the crust is likely to be produced through the secondary melting of oceanic crust. Thus, 308 

to avoid overestimating the mantle processing rate during continental generation, the contribution 309 

of oceanic crust needs to be deducted from Kcc following Guo and Korenaga (2020) (see their 310 

equations (4) and (5)). 311 

     Lastly, we assume that the crustal reworking rate Krw is proportional to crustal recycling, 312 

considering that reworking facilitates breaking down crustal rocks into smaller fragments, which 313 

are further subjected to subduction. Thus, the temporal evolution of reworking is assumed to be in 314 

sync with recycling but scaled by a factor of frw, which varies between 0.1 to 0.8. The crustal 315 

reworking rate can be expressed as: 316 

𝐾LN(𝑡) = 𝑓LN𝐾L9(𝑡).		(13) 317 

     The crustal recycling and reworking rates are checked against the crustal formation age 318 

distribution (Korenaga, 2018) and surface age distribution (Roberts and Spencer, 2015), following 319 

Guo and Korenaga (2020) (see their equations (7) to (11)). Note that crustal reworking constrained 320 

by these two age distributions is mostly about the partial melting of preexisting continental crust, 321 

so it serves as an additional source of atmospheric CO2. The parameters used in the crustal 322 

evolution are listed in Table S5. 323 

 324 
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3. Results 325 

     We conduct our modeling in three stages using Monte Carlo sampling, in a manner similar to 326 

Guo and Korenaga (2020). First, we test a wide range of crustal evolution scenarios, where we 327 

assume substantial continental growth correlates to crustal mass emergence. We consider models 328 

that span from instant continental growth to late-stage growth. We only force the model with 329 

scenarios that satisfy previously proposed, empirically based distributions of crustal formation 330 

ages (Korenaga, 2018 and references therein) and surface ages (Roberts and Spencer, 2015) (Figs. 331 

3A and 3B).  332 

     Next, we couple the selected crustal growth models from the first stage with different models 333 

of mantle thermal evolution, by considering the uncertainties of heat production and heat fluxes of 334 

terrestrial reservoirs. The appropriate combinations of crustal and thermal evolution are selected 335 

according to the history of mantle cooling during the Archean and Proterozoic (Herzberg et al., 336 

2010) (Fig. 3C).  337 

 338 
Fig. 3. Observational constraints and the distribution of successful model solutions. Observational constraints used to 339 
select successful solutions are shown in orange. The middle 50% and 90% of successful solutions are shown in dark 340 
green and light green, respectively. (A) Formation age distribution of continental crust (Korenaga, 2018), (B) surface 341 
age distribution of continental crust (Roberts and Spencer, 2015), (C) Mantle potential temperature (Herzberg et al., 342 
2010), and (D) history of oceans mass. In (D), the history of ocean mass is compared with the freeboard-based estimate 343 
of Korenaga et al. (2017), which is shown in blue dashed lines. The freeboard-based estimate is shown only for 344 
comparison; it is not used to select successful solutions. (A-C) are modelled throughout the Earth’s history, whereas 345 
(D) is modelled with the evolution of seawater 𝛿18O and ∆′17O, from 3.5 Ga to present day. 346 
 347 
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     Lastly, we determine the rates of high- and low-temperature alteration of oceanic crust (fHT and 348 

fLT) using the accepted combinations of crustal and thermal evolutions and calculate the 349 

corresponding evolution of seawater 𝛿18O and ∆′17O. The evolution of ocean mass is also tracked 350 

in our model and is compared with the freeboard-based estimates (Korenaga et al. 2017) (Fig. 3D). 351 

In this stage of modeling, we test three scenarios of proposed marine 𝛿18O records, with the mid-352 

Archean seawater 𝛿18O of +3.3‰ (Johnson and Wing, 2020), 0‰ (e.g., Muelenbachs, 1998; 353 

Muehlenbachs et al., 2003), and -13.3‰ (Jaffrés et al., 2007) (Figs. 4A-C). The successful results 354 

are selected according to the estimates of marine 𝛿18O from iron oxides in the Proterozoic and the 355 

Phanerozoic (Galili et al., 2019) and modern seawater 𝛿18O value (0 ±	2‰). The reconstructed 356 

seawater 𝛿18O evolution is also compared with the 𝛿18O trend recorded in carbonates (Prokoph et 357 

al., 2008 and references therein), chert (Zahkarov et al., 2021; Sengupta et al., 2020; Liljestrand et 358 

al., 2020; Bindeman et al., 2016; Levin et al., 2014; and references therein), and shale (Bindman 359 

et al., 2016 and references therein). The corresponding seawater ∆′17O (Figs. 4D-F) are calculated 360 

and selected according to its modern value (0‰ ±	0.005%), whose evolution is compared with the 361 

chert records (Zahkarov et al., 2021; Sengupta et al., 2020; Liljestrand et al., 2020; Lowe et al., 362 

2020; Levin et al., 2014; and references therein). It should be noted that the sedimentary records 363 

(except iron oxides) of 𝛿18O and ∆′17O are shown only for comparison but not used to select 364 

successful solutions. The corresponding crustal evolutions from the successful solutions are shown 365 

in Figs. 4G-I.  366 

     As can be seen from the successful Monte Carlo solutions (Fig. 4), by solely varying the relative 367 

proportion of fHT to fLT according to the history of crustal evolution and the thermal evolution of 368 

the mantle, we are able to reproduce the inferred seawater	𝛿18O evolution, and the corresponding 369 

∆′17O agrees with the decreasing trend of chert without using such a constraint. The results suggest 370 

that seawater 𝛿18O may have changed substantially through time — increasing from a possible 371 

minimum of -10‰ ±	2‰ at the end of Archean to modern value (Figs. 4A-C). Consequently, the 372 

corresponding evolution of ∆′17O may be as high as 0.015‰ ±	0.005‰ at the end of Archean and 373 

then decreased with time. Results from Fig. 4 are based on the 18O mole fraction of sedimentary 374 

rocks from Jaffres et al. (2007) and Wallmann (2001) (𝜙!O= 2.017x10-3), see Table S4). Our model 375 

results are sensitive to 𝜙!" values, which are not well-constrained through Earth history; therefore, 376 

we re-run the model with a 𝜙!O consistent with modern day 18O mole fraction of sedimentary rock 377 
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(𝜙!O= 2.037x10-3). Results from the Monte Carlo show the same shape of the 𝛿18O value of 378 

seawater through time, though the minimum value is ~-5‰ ±	2‰ in the late Archean (Fig. S1). 	379 

These results demonstrate that the proposed seawater 𝛿18O records can be reconstructed by using 380 

constraints from solid Earth evolution. Critically, all the successful evolutions of seawater 𝛿18O 381 

requires rapid continental growth in the early Earth (Figs. 4G-I), with the mass of continental crust 382 

reaching its present-day level by the end of the Hadean to early Archean. We collected a total 383 

number of ~3 x 103 successful solutions for each scenario of seawater 𝛿18O evolution. Our 384 

modeling scheme ensures that the final successful solutions satisfy the thermal evolution of mantle, 385 

the mass of present-day oceans, the distribution of crustal formation age and surface age within 386 

reasonable uncertainties (Fig. 3), and the present-day, the Proterozoic, and the Phanerozoic 387 

seawater 𝛿18O (Galili et al., 2019) (Fig. 4). The figures shown in the Results section are from 388 

successful solutions of the first scenario where the initial seawater 𝛿18O = +3.3‰ (except for 389 

Figs. 4 and 7 where all initial 𝛿18O seawater values are shown), because the model selected crustal 390 

and thermal evolution are very similar. All figures for all scenarios are provided in the 391 

supplementary information (Figs. S1-S6). 392 

 393 

 394 
Fig. 4. The simulated Monte Carlo solutions of the seawater 𝛿18O and ∆′17O evolutions with 𝜙34=2.017x10

-3. The 395 

evolution of seawater 𝛿18O and the corresponding ∆′17O and crustal evolution for the initial conditions of (A, D, G) 396 
+3.3‰ (Johnson and Wing, 2020), (B, E, H) 0‰ (e.g., Muehlenbachs et al., 2003), and (C, F, I) -13.3‰ (Jaffrés et 397 
al., 2007), respectively. The middle 50% and 90% of successful solutions are shown in dark green and light green, 398 
respectively. The iron oxide records (Galili et al., 2019) are shown in orange circles; carbonates (Prokoph et al., 2008 399 
and references therein) are shown in light blue circles; chert and shale (Zahkarov et al., 2021; Sengupta et al., 2020; 400 



16 

Liljestrand et al., 2020; Bindeman et al., 2016; Levin et al., 2014; and references therein) are shown in  dark blue and 401 
red circles. The 𝛿18O of carbonates, chert, and shale are shown for comparison but not used to select successful 402 
solutions. The corresponding evolution of seawater ∆′17O for (A) to (C) are compared with chert records (Zahkarov 403 
et al., 2021; Sengupta et al., 2020; Liljestrand et al., 2020; Lowe et al., 2020; Levin et al., 2014; blue dice). According 404 
to the different timings on the proposed ancient seawater 𝛿18O initial values, (A) and (D) are modelled from 3.2 Ga to 405 
present day; (B), (C), (E), and (F) are modelled from 3.5 Ga to present day. Their corresponding crustal growth models (G-I) are 406 
tracked throughout the Earth’s history. 407 
 408 

     It should be noted that the crustal evolution and thermal evolution of mantle are simulated 409 

throughout Earth history (Fig. 3A-C), whereas the evolution of seawater	𝛿18O and ∆′17O is 410 

simulated from 3.24 Ga or 3.5 Ga to the present day (Fig. 3D and Fig. 4). There are two reasons 411 

behind this modeling scheme. First, as explained in the methods, fHT and fLT are constrained by the 412 

thermal evolution of the mantle and the surface mass balance of the carbon cycle. The thermal 413 

evolution of the mantle is well-constrained only from ~3.5 Ga to the present (Herzberg et al., 414 

2010), whereas the early Earth condition is more uncertain. Second, the early carbon cycle is likely 415 

to have experienced considerable change during the Hadean to early Archean due to magma ocean 416 

solidification (e.g., Miyazaki and Korenaga, 2022); however, the details of this change remain 417 

ambiguous. Thus, we focus on the evolution of seawater 𝛿18O and ∆′17O values from 3.5 Ga to the 418 

present when we have robust constraints, which is also the time span of the sedimentary		𝛿18O 419 

records to which we are comparing.  420 

     To understand how the crustal growth model is constrained after the aforementioned three 421 

stages, we compare the a posteriori distributions of model parameters with their a priori 422 

distributions (Fig. 5 and Figs. S2&S3). The distributions of crustal evolution parameters from stage 423 

1 to 3 are shown in blue, gray, and red, respectively. The correlation coefficients between crustal 424 

growth parameters and all independent variables in thermal evolution and seawater 𝛿18O models 425 

are provided in Tables S6-S8. As described in section 2.3, we use six parameters to model 426 

continental evolution: the onset of crustal growth (ts), the initial and present-day rates of crustal 427 

recycling (Rs and Rp), the decay constants of crustal recycling and growth rates (κr and κg), and the 428 

extent of crustal reworking (frw). The a priori ranges of these parameters are chosen following 429 

Rosas and Korenaga (2018), and the combinations of different parameter values allow us to model 430 

from convex to concave evolution patterns for crustal generation and recycling rates and to cover 431 

from late-stage to almost instantaneous crustal growth models.  432 
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     As can be seen in Fig. 5, the first and second stages of Monte Carlo sampling do not provide 433 

tight bounds on crustal evolution, with most parameters exhibiting nearly uniform distributions 434 

(Fig. 5, A and D to F) and a slight preference to low recycling rate (Fig. 5, B and C). The a 435 

posteriori distributions after the first two stages cover the entire range of their a priori distributions 436 

(Table S5), which means all the proposed crustal growth models, ranging from early instant growth 437 

to late gradual growth, are tested during the seawater 𝛿18O model. The selection of early rapid 438 

continental growth is only due to the required driving forces of the rising seawater 𝛿18O during the 439 

Precambrian. As can be seen, the successful solutions from modeling seawater 𝛿18O values (third 440 

stage) strongly favor low present-day recycling rate Rp (Fig. 5B) and positive decay constants of 441 

crustal recycling κr (Fig. 5C), while slightly preferring high initial crustal recycling rate Rs (Fig. 442 

5A). These results suggest favorable selection of crustal evolution with intense initial recycling 443 

followed by a rapid decrease. According to our formulation (equation (13)), the rate of crustal 444 

reworking is in sync with but lower than that of crustal recycling. Both recycling and reworking 445 

contribute to intense low-temperature crustal alteration in the early Earth (equation (6)), and 446 

consequently, a lower 𝛿18O value of  seawater during the early Archean (Figs. 4 and S1). Net 447 

crustal growth is mainly controlled by κg, and ~94% of our successful solutions display κg larger 448 

than 3 Gyr-1, indicating high crustal growth in the early Earth followed by a rapid decrease (Fig. 449 

5D). Such a rapidly decreasing rate of crustal generation also facilitates the lowering of seawater 450 

𝛿18O values during the early Archean (Fig. 4). The distributions of ts and frw are rather uniform 451 

with some preference to later onset and higher reworking rate (Fig. 5, E and F). The significant 452 

contrasts between the a posteriori distributions from modeling seawater 𝛿18O values (third stage) 453 

and those from the previous stages suggest that the evolution of seawater 𝛿18O is sufficiently 454 

sensitive to different histories of continental formation, thereby providing a new constraint on 455 

crust-mantle differentiation. 456 

 457 
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 458 
Fig. 5. The a posteriori distributions of crustal evolution parameters, based on ~2x104, ~2.5x104, and ~3x103 successful 459 
Monte Carlo solutions from stage 1 to 3 (for the  initial conditions of seawater 𝛿18O is +3.3‰ at 3.24 Ga (Johnson 460 
and Wing, 2020)), respectively. Distributions from stage 1 to 3 are shown in green, blue, and red, respectively. (A) 461 
Initial recycling rate, (B) present-day recycling rate, (C) decay constant for crustal recycling, (D) decay constant for 462 
crustal generation, (E) onset time for crustal formation, and (F) reworking factor. 463 

     The model selected rates of crustal generation, recycling, and reworking and the evolution of 464 

plate velocity are shown in Fig. 6. It can be seen that the evolution of seawater 𝛿18O favors rapid 465 

continental growth with intense crustal recycling and reworking during the early Earth (Figs. 6A-466 

C). The changing rates of crustal generation, recycling, and reworking display exponential 467 

decreases through time. According to our parameterization of the low-temperature alteration factor 468 

fLT (equation (6)), such crustal formation history contributes to lowering fLT since the Archean. 469 

Meanwhile, based on the thermal evolution of the mantle, the evolution of plate velocity exhibits 470 

an increase since the early Archean (Fig. 6D), which controls the rise of the high-temperature 471 

alteration factor fHT (equation (3)). As explained in the Methods (Section 2), the exponent n in 472 

equation (3) determines the dependence of high-temperature alteration of oceanic crust on plate 473 

velocity, whose value can vary from 1 to 3. The successful Monte Carlo solutions suggest a strong 474 

preference to non-linear dependence, with ~ 70% results having a value of 3 (Fig. S4). 475 

      476 
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 477 
Fig. 6. Preferred crustal growth and thermal evolution based on ~3 x 103 successful Monte Carlo solutions. The middle 478 
50% and 90% of successful solutions are shown in dark green and light green, respectively. The present-day plate 479 
velocity is from Parsons (1981). (A) Crustal generation rate (Kmc), (B) crustal recycling rate (Krc), (C) crustal 480 
reworking rate (Krw), and (D) plate velocity.  481 
 482 
     The evolving proportion of low- temperature (fLT) and high-temperature (fHT) crustal alterations 483 

are shown in Fig. 7, for the three scenarios with mid-Archean seawater 𝛿18O starting at +3.3‰, 484 

0‰, and -13.3‰. The changing proportion of fLT to fHT determines the evolution of seawater 𝛿18O 485 

and ∆′17O because the oxygen isotope composition of seawater is lowered by low-temperature 486 

alteration and increased by high-temperature alteration. The a posteriori distribution of isotope 487 

fractionation factors during Urey reaction (𝛼N), low-T alteration (𝛼:-), reverse weathering (𝛼L&P), 488 

and high-T alteration (𝛼,-) are shown in Fig. S5. As can be seen from Fig. 7, the effect of fLT 489 

displays a significant decrease through time, whereas fHT shows a gentle but steady increase. As a 490 

result of these two competing processes, the effect of low-temperature alteration dominates the 491 

oxygen isotope exchange during the Archean for the first two scenarios (Figs. 7A-B), which causes 492 

the seawater 𝛿18O value to decrease to a possible minimum of -10‰ ±		2‰ (or ~-5‰, Fig. S1A-493 

B) by the end of Archean (Figs. 4A-B). After that, however, a continued shift in the balance of 494 

high-temperature and low-temperature alteration causes a gradual increase of 𝛿18O throughout the 495 
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rest of Earth history. In similar fashion, their corresponding ∆′17O values display an increase at the 496 

end of Archean and then a decrease through the Proterozoic (Figs. 4D-E and S1D-E), because low-497 

temperature alteration increases ∆′17O in seawater, whereas high-temperature alteration decreases 498 

it. For seawater 𝛿18O starting at -13.3‰, the shift of power between fLT and fHT is completed before 499 

3.5 Ga, which results in high-temperature alteration always dominating and results in a steadily 500 

increasing seawater 𝛿18O value from 3.5Ga to modern (Figs. 4C and S1C). Consequently, the 501 

difference between fLT and fHT in Fig. 7C is smaller compared to Figs. 7A and B. With high-502 

temperature alteration dominating most of the Earth history, the evolution of ∆′17O values show a 503 

continuous decrease through time (Figs. 4F and 6F). The competing effect of fLT and fHT through 504 

time is also reflected in the evolution of 𝜆seawater,	which	displays	an	increasing	trend	through	505 

time	as	fHT  continuously increases (Fig. S6). These estimates of evolving fLT and fHT from the solid 506 

Earth evolution framework suggest that seawater 𝛿18O and ∆′17O values may have changed 507 

considerably through time. Further, it is possible to reconstruct the proposed evolution of seawater 508 

𝛿18O using a simple stochastic approach to explore the effect of a different range of options for 509 

solid Earth evolution.   510 

 511 

 512 
Fig. 7. Preferred evolution paths of high- and low-temperature alteration rates of oceanic crust (fHT and fLT) based on 513 
~3 x 103 successful Monte Carlo solutions. (A) The fHT and fLT for the scenario of initial seawater is 𝛿18O is 3.3‰; (B) 514 

fHT and fLT when the initial seawater is 𝛿18O is 0‰; and (C) fHT and fLT when the initial seawater is 𝛿18O is -13.3‰. 515 
The parameters fHT and fLT are normalized by their respective present-day high- and low-temperature alteration rates. 516 
The middle 50% and 90% of successful solutions of fHT are shown in dark orange and yellow, respectively, whereas 517 
those of successful solutions of fLT are shown in dark blue and light blue, respectively. 518 
 519 
4. Discussion 520 



21 

     Consistent with previous models of seawater 𝛿18O evolution (e.g., Wallmann, 2001; Jaffrés et 521 

al., 2007; Johnson and Wing, 2020), our results show that the seawater oxygen isotope value can 522 

vary dramatically through time with solid Earth evolution. However, the magnitude of change is 523 

highly dependent on the 18O mole fractionation of sedimentary rocks overtime, a value that is not 524 

well constrained through Earth history.  Our approach delineates the trajectories of Earth system 525 

evolution that matches the 𝛿18O values recorded in sedimentary records, when assuming the 526 

sedimentary records are preserving precipitation conditions and have not undergone subsequent 527 

alteration (Zahkarov et al., 2021; Sengupta et al., 2020; Liljestrand et al., 2020; Galili et al., 2019; 528 

Bindeman et al., 2016; Prokoph et al., 2008; Levin et al., 2014; and references therein). Although 529 

the model results cannot clearly show whether the ocean 𝛿18O value was +3.3, 0, or -13‰ in the 530 

early Archean, all of our successful solutions are characterized by rapid early crustal growth with 531 

an exponential decrease in crustal generation, recycling, and reworking after the early Archean 532 

(Figs. 4 and 6). The preference for such rapid crustal formation is largely guided by the increase 533 

in seawater 𝛿18O during the Proterozoic. Since the ∆′17O value is calculated based on the ratio of 534 

high- to low- temperature alteration flux, initial 𝛿18O and 𝜙!O values do not impact the ∆′17O 535 

seawater values from 2.5 Ga to modern. In all model outputs, the ∆′17O value is about 0.015‰ 536 

±	0.01‰ from 2.5 Ga and decreases to ~0‰ in the modern. This is considerably lower than 537 

previous model results of the ∆′17O evolution of seawater (Sengupta et al, 2020; Liljestrand et al., 538 

2020).  539 

      There has been a long-standing debate about the history of continental evolution (e.g., 540 

Armstrong, 1981; Campbell, 2003; Guo and Korenaga, 2018). Korenaga (2018) grouped various 541 

models of continental growth into three categories: crust-based, mantle-based, and others. Crust-542 

based models are estimates on the present-day distribution of crustal formation age (e.g., Condie 543 

and Aster, 2010; Korenaga, 2018). They do not contain information of the crust that has been 544 

recycled into the mantle, thereby serving as the lower bound on net crustal growth. Mantle-based 545 

models utilize the complementary nature of the depleted mantle and the continental crust (e.g., 546 

Campbell, 2003; Rosas and Korenaga, 2018) and can constrain the net growth of continental crust. 547 

The third category (e.g., Pujol et al., 2013; Guo and Korenaga, 2020) uses less direct constraints 548 

than the mantle-based approach but still aims at constraining net continental growth. Our approach 549 

using the history of seawater 𝛿18O belongs to this third category. Assuming that the inferred history 550 

of seawater 𝛿18O are robust, the pattern of continental growth preferred by our modeling (Fig. 6) 551 
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is in good agreement with recent growth models based on Nd isotopes (Rosas and Korenaga, 2018) 552 

and atmospheric argon (Guo and Korenaga, 2020), thereby reinforcing the notion of rapid crustal 553 

growth during the Hadean and the early Archean. 554 

      A central feature of our model is the simultaneous application of multiple observational 555 

constraints to ensure the internal consistency among crust-mantle differentiation, the thermal 556 

evolution of the mantle, and the chemical evolution of the ocean     . This treatment also allows us 557 

to quantitatively investigate the changing proportion of low- to high-temperature alteration of 558 

crustal materials through Earth history. As mentioned in the introduction, the products of low-559 

temperature alteration and silicate weathering are important sinks of heavy oxygen. In contrast, 560 

high-temperature hydrothermal alteration does not intensively fractionate oxygen isotopes. The 561 

relative proportion of these two competing processes controls the history of seawater 𝛿18O and 562 

∆′17O, which can be linked to mantle and crustal evolution.  563 

      Previous work on oxygen isotope values of seawater either focused on the evolution of 564 

seawater 𝛿18O in the Phanerozoic (e.g., Wallmann, 2001) or modeled the evolution of fLT to fHT in 565 

a simplified manner not directly grounded in geophysical modeling (e.g., Wallmann, 2001; Jaffrés 566 

et al., 2007). For instance, it can be seen from Fig. 7 that, according to the thermal evolution of 567 

mantle (e.g., Korenaga, 2018), the rate of high-temperature alteration does not exhibit an 568 

exponential decrease through time as many papers assumed (e.g., Wallmann, 2001; Jaffrés et al., 569 

2007). By properly parameterizing fLT and fHT, our results suggest an alternative set of controls on 570 

seawater oxygen isotopic composition — high-temperature alteration plays a leading role during 571 

the Proterozoic due to the increasing plate velocity, whereas a possible domination of low-572 

temperature alteration before the end of Archean is caused by the significant amount of CO2 573 

released during crustal formation processes. The secular decrease of fLT is mainly controlled by the 574 

generation, recycling, and reworking rate of continental crust. These rates are checked against the 575 

present-day distributions of continental crust formation (Korenaga, 2018) and surface age 576 

distributions (Roberts and Spencer, 2015). On the other hand, the secular increase of fHT is 577 

informed by considering the sensitivity of mantle viscosity to both water and temperature. The 578 

Earth’s mantle was considerably hotter in the past compared to present, but a hotter mantle does 579 

not necessarily result in more vigorous mantle convection (e.g., Korenaga, 2017). Considering also 580 

the increasing water content in the mantle through Earth history (Korenaga et al., 2017), the 581 

velocity of mantle convection should experience secular increase from ~3.5 Ga to present day, 582 



23 

which is further confirmed by empirical data of Herzberg et al. (2010). Our model provides a 583 

comprehensive frame that provides another window into crust-mantle interactions, crustal growth, 584 

and the chemical evolution of seawater. 585 

   586 

5. Conclusion 587 

      We combined crustal evolution, thermal evolution, and oxygen isotope modeling and used a 588 

stochastic approach to provide a new look at how seawater 𝛿18O and ∆′17O values could change 589 

through time. By doing this, we were able to delineate the possible path of Earth system evolution 590 

that matches the 𝛿18O records in iron oxides, chert, shale, and carbonates (Zahkarov et al., 2021; 591 

Sengupta et al., 2020; Liljestrand et al., 2020; Galili et al., 2019; Bindeman et al., 2016; Prokoph 592 

et al., 2008; Levin et al., 2014; and references therein), although we were not able to explicitly 593 

constrain the 𝛿18O value of early Archean seawater. Our results suggest that seawater 𝛿18O may 594 

have increased from a possible minimum of ~-10‰ ±	2‰ (if 𝜙!O= 2.017x10-3) or ~-5‰ ±	2‰  (if 595 

𝜙!O= 2.037x10-3) at the end of Archean to the present-day value. The corresponding ∆′17O may be 596 

as high as ~0.015‰ ±	0.01‰ at the end of Archean and decreased with time. Using this approach, 597 

we suggest that the considerable amount of CO2 released during mantle magmatism and 598 

continental recycling in the early Earth drives intense low-temperature alteration of oceanic crust 599 

and silicate weathering, and as a result, lowers the seawater 𝛿18O and raises ∆′17O values. After 600 

the early Archean, the rates of crustal generation and recycling decrease, whereas plate velocity 601 

continues to increase with time. As a result, the effect of high-temperature alteration starts to buffer 602 

the low-temperature alteration flux, which raises seawater 𝛿18O and decreases ∆′17O values. The 603 

evolution of 𝛿18O values in seawater favors rapid continental growth in the early Earth, with the 604 

crustal mass reaching its present-day level by the early Archean. The presence of a large amount 605 

of continental crust in the early Earth has far-reaching implications for the onset of plate tectonics, 606 

early surface environment, and the evolution of early life, thereby motivating further research to 607 

test the proposed history of seawater 𝛿18O.  608 

 609 
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Supplementary material 783 

Table. S1. The mass balances relationships considered in seawater 𝛿18O model (following Wallmann 784 

(2001)).  785 

Reservoirs Differential Equations 

Changing O mass in free water  
#$!"

#%  = [𝐹&'()(𝑡) +	𝐹&'*)(𝑡) +	𝐹&'+(𝑡) +	𝐹,(𝑡)] –  
[𝐹()(𝑡) + 𝐹*)(𝑡) +	𝐹+(𝑡) +	𝐹&'-(𝑡)] 

Changing 18O mass in free water  
#$!"

#$

#%  = [𝐹&'()./ (𝑡) + 𝐹()'0(𝑡) + 𝐹&'*)./ (𝑡) + 𝐹*)'0(𝑡) + 𝐹+'0(𝑡) + 𝐹&'-'0 (𝑡) +
𝐹&'+./ (𝑡) + 𝐹,./(𝑡)] – [𝐹()./(𝑡) + 𝐹*)./(𝑡) + 𝐹+./(𝑡) + 𝐹&'-./ (𝑡)] 

Changing mass of 18O bonded in 
high-T altered OC 

#$%&
#$

#%  =[𝐹()./(𝑡) + 𝐹,()./ (𝑡)] – [𝐹&'()./ (𝑡) + 𝐹()'0(𝑡) + 𝐹!()./ (𝑡)]  
Changing mass of 18O bonded in low-
T altered OC 

#$'(
#$

#%  =[𝐹*)./(𝑡) + 𝐹,*)./ (𝑡)] – [𝐹&'*)./ (𝑡) + 𝐹*)'0(𝑡) + 𝐹!*)./ (𝑡)] 
Changing mass of 18O bonded in 
sediments 

#$"
#$

#%  =[𝐹+./(𝑡) + 𝐹&'-./ (𝑡)	+	𝐹,+./ (𝑡)] – [𝐹+'0(𝑡) + 𝐹&'-'0 (𝑡) + 𝐹&'+./ (𝑡)		+	𝐹!+./(𝑡)] 

 786 
Table. S2. Parameterization of the mass transfer rates considered in seawater 𝛿18O model (following 787 
Wallmann (2001)).  788 

Mass transfer rates Parameterizations 
O fixation in high-T altered OC 𝐹()(𝑡) = 𝑓()(𝑡) 𝐹()(𝑡1) 
O fixation in low-T altered OC 𝐹*)(𝑡) = 𝑓*)(𝑡) 

𝑉(𝑡)	
𝑉4𝑡𝑝5

𝐹*)(𝑡1) 

O fixation in sediments during Urey reaction 𝐹+(𝑡) = 𝑓*)(𝑡) 
6)*(𝑡)	
6)*4𝑡𝑝5

𝐹+(𝑡1) 

O fixation in sediments during reverse weathering 𝐹&'-(𝑡) = 𝑓&'-(𝑡) (𝐹*)(𝑡) + 𝐹+(𝑡)) 

O released from mantle at spreading center 𝐹,(𝑡) = 
𝐾𝑚𝑜(0)	<	𝐾𝑚𝑝(0)

𝐾𝑚𝑜30!4	<	𝐾𝑚𝑝30!4
𝐹𝑚(𝑡0) 

O released from high-T altered OC during subduction 𝐹&'()(𝑡) = 𝑟(𝑡) 𝐹()(𝑡) 
O released from low-T altered OC during subduction 𝐹&'*)(𝑡) = 𝑟(𝑡) 𝐹*)(𝑡) 
O released from sediments during subduction 𝐹&'+(𝑡) = 𝑟(𝑡) (𝐹+(𝑡) + 𝐹&'-(𝑡)) 
18O fixation in high-T altered OC 𝐹()./(𝑡) =

;%&<!(%)

.	=	;%&<!(%)
 𝐹()(𝑡) 

18O fixation in low-T altered OC 𝐹*)./(𝑡) =
;.&<!(%)

.	=	;.&<!(%)
 𝐹*)(𝑡) 

18O fixation in sediments during Urey reaction 𝐹+./(𝑡) =
;"<!(%)

.	=	;"<!(%)
 𝐹+(𝑡) 

18O fixation in sediments during reverse weathering 𝐹&'-./ (𝑡) = 
𝛼)/0<!(%)

.	=	;)/0<!(%)
𝐹&'-(𝑡) 

18O released from mantle at spreading center 𝐹,./(𝑡) = 𝜙,	𝐹,(𝑡)	
18O released from high-T altered OC during subduction 𝐹&'()./ (𝑡) = 𝜙()(𝑡) 𝐹&'()(𝑡) 
18O released from low-T altered OC during subduction 𝐹&'*)./ (𝑡) = 𝜙*)(𝑡) 𝐹&'*)(𝑡) 
18O released from sediments during subduction 𝐹&'+./ (𝑡) = 𝜙+(𝑡) 𝐹&'+(𝑡) 
18O exchanged between high-T altered OC and seawater 𝐹()'0(𝑡) = 𝑓()(𝑡) 𝑘() (𝛺()(𝑡) − 1) 
18O exchanged between low-T altered OC and seawater 𝐹*)'0(𝑡) 			= 𝑓*)(𝑡) 𝑘*) (𝛺*)(𝑡) − 1) 
18O exchanged during Urey reaction 𝐹+'0(𝑡) 			= 𝑓*)(𝑡) 𝑘+ (𝛺+(𝑡) − 1) 
18O exchanged during reverse weathering 𝐹&'-'0 (𝑡) 			= 𝑓&'-(𝑡)𝑓*)(𝑡) 𝑘+ (𝛺&'-(𝑡) − 1) 
Formation of 18O in high-T altered OC at spreading center 𝐹,()./ (𝑡) = 𝜙>? 	𝑓()(𝑡)	𝐹,()(𝑡1)	
Formation of 18O in low-T altered OC at spreading center 𝐹,*)./ (𝑡) = 𝜙>? 	𝑓*)(𝑡)	𝐹,*)(𝑡1)	
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Formation of 18O in sediments at subduction zone 		

Subduction of 18O in high-T altered OC at spreading center 𝐹!()./ (𝑡) = 𝜙()(𝑡)	𝑓()(𝑡)	𝐹,()(𝑡1) + 𝜙()(𝑡)	(1 −
𝑟()(𝑡)) 𝐹()(𝑡) 

Subduction of 18O in low-T altered OC at spreading center 𝐹!*)./ (𝑡) = 𝜙*)(𝑡)	𝑓*)(𝑡)	𝐹,*)(𝑡1) + 𝜙*)(𝑡)(1 −
𝑟*)(𝑡)) 𝐹*)(𝑡) 

Subduction of 18O in sediments  
𝐹!+./(𝑡) = 𝜙+(𝑡)	𝑓*)(𝑡)	𝐹@+(𝑡1) + 𝜙+(𝑡)	(1 − 𝑟+(𝑡)) 
𝐹+(𝑡) 

 789 
 790 
Table. S3. The dependent parameters in seawater 𝛿18O model (following Wallmann (2001)). 791 

Dependent parameters Parameterizations 
18O mole fraction in high-T altered OC 𝜙()(𝑡) 	= 

$%&
#$ (%)

$%&(%)
 

18O mole fraction in low-T altered OC 𝜙*)(𝑡) 	= 
$.&
#$(%)

$.&(%)
 

18O mole fraction in sediments 𝜙+(𝑡) = 
$"
#$(%)

$"(%)
 

18O mole fraction in free water 𝜙A(𝑡) = 
$!"
#$ (%)

$!"(%)
 

./B

.CB
 ratios in each reservoir 𝑅(𝑡) = D(%)	

.	E	D(%)
 

Isotopic saturation index of 18O exchange in high-T altered OC 𝛺()(𝑡) =
𝑅>? 	

𝛼()𝑅A(𝑡)
	

Isotopic saturation index of 18O exchange in low-T altered OC 𝛺*)(𝑡) =
𝑅>? 	

𝛼*)𝑅A(𝑡)
	

Isotopic saturation index of 18O exchange during Urey reaction 𝛺+(𝑡) =
𝑅!" 	

𝛼+𝑅A(𝑡)
	

Isotopic saturation index of 18O exchange during reverse weathering 𝛺&'-(𝑡) =
𝑅!" 	

𝛼&'-𝑅A(𝑡)
	

 792 
 793 
  794 
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Table. S4. The constants and values used in seawater 𝛿18O model (following Wallmann (2001)). 795 

Parameters Values used in the Model 
Present-day O fixation in high-T altered OC 𝐹()(𝑡1) =	20 -70 x 1018 mol/Myr 
Present-day O fixation in low-T altered OC 𝐹*)(𝑡1) =	6 x 1018 mol/Myr 
Present-day O fixation in sediments during Urey reaction 𝐹+(𝑡1) =	7 x 1018 mol/Myr 
Present-day O released from mantle at spreading center 𝐹,(𝑡1) =	3 x 1018 mol/Myr 
Present-day formation rate of 18O in high-T altered OC at spreading 
center 

𝐹,()(𝑡1) =	1.6 x 1021 mol/Myr 

Present-day formation rate of 18O in low-T altered OC at spreading 
center 

𝐹,*)(𝑡1) =	1.2 x 1020 mol/Myr 

Present-day formation rate of 18O in sediments at spreading center 𝐹,+(𝑡1) =	7.8 x 1019 mol/Myr 
The proportion of reverse weathering to low-temperature alteration and 
weathering processes (nondimensional) 

𝑓&'-(𝑡) = 20 ±	5% 

Recycle factor of oxygen at subduction zones 𝑟 = 0	𝑡𝑜	1 
Isotopic fractionation for O fixation in high-T altered OC 𝛼() =	1 to 1.01 
Isotopic fractionation for O fixation in low-T altered OC 𝛼*) = 1.015 ±	0.003 
Isotopic fractionation for O fixation in sediments during Urey reaction 𝛼+ = 1.020 ±	0.003 
Isotopic fractionation for O fixation in mantle 𝛼, = 1 to 1.01 
Isotopic fractionation for O fixation during reverse weathering 𝛼&'- = 1.025 ±	0.003 
𝜃	value	 for low-T alteration 𝜃*) = 0.524 to	0.525 
	𝜃	value	 for mid-T alteration 𝜃$) = 0.525 to	0.526 
𝜃 value for high-T alteration 𝜃() = 0.527 to	0.528 
𝜃 value for mantle condition 𝜃, = 0.528 to	0.529 
Kinetic constant for isotopic exchange in high-T altered OC 𝑘() =	4.8 x 1017 mol 18O /Myr 
Kinetic constant for isotopic exchange in low-T altered OC 𝑘*) =	1.0x 1017 mol 18O /Myr 
Kinetic constant for isotopic exchange in sediments weathering 𝑘+ =	1.2 x 1017 mol 18O /Myr 
18O mole fraction in fresh oceanic crust 𝜙>? =	2.0126 x 10

-3 
18O mole fraction in weathered silicate rocks 𝜙!" =	2.017 and 2.032 x 10

-3  
18O mole fraction in mantle 𝜙, =	2.015 x 10-3 
Mass of oxygen in high-T altered OC 𝑀() =	1.68 x 1023 mole 
Mass of oxygen in low-T altered OC 𝑀*) =	1.0x 1022 mole 
Mass of oxygen in sediments 𝑀+ =	7.0 x 1022 mole 
 796 
  797 
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Table S5. The independent parameters in crustal evolution (following Guo and Korenaga (2020)), thermal 798 

evolution (following Guo and Korenaga (2020)), and seawater 𝛿18O model. 799 

Parameter Definition Value Unit 
𝜅& 	 Decay constant of crustal recycling rate -3 to 3 Gyr -1 
𝜅F	 Decay constant of crustal generation rate -1 to 30 Gyr -1 
Rs Initial crustal recycling rate 0 to 10 x 1022 kg Gyr -1 
Rp Present-day crustal recycling rate 0 to 2 x 1022 kg Gyr -1 
ts Crustal growth starting point 0.057 to 0.567 Gyr 
frw Crustal reworking rate factor 0.1 to 0.8 - 

HBSE(tp) Present-day BSE heat production 13 to 19 TW 
HCC(tp) Present-day continental crust heat production 5 to 10 TW 
Qtotal(tp) Present-day total terrestrial heat flux 43 to 49 TW 
Qc(tp) Present-day core heat flux 5 to 15 TW 
ΔQc Difference between initial and present-day Qc 2 to 5 TW 

n 
Exponent in equation (3), which describes the 

dependence of high-temperature alteration of oceanic 
crust on plate velocity 

1 to 3 - 

 800 
 801 
Table S6. The correlation matrix of independent variables in crustal growth, thermal evolution, and 802 

seawater 𝛿18O models, for the initial condition of seawater 𝛿18O is +3.3‰ at 3.24 Ga (Johnson and Wing, 803 

2020). 804 

 805 
  806 
  807 
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Table S7. The correlation matrix of independent variables in crustal growth, thermal evolution, and 808 

seawater 𝛿18O models, for the initial condition of seawater 𝛿18O is 0‰ at 3.5 Ga (e.g., Muehlenbachs et al., 809 

2003). 810 

 811 
 812 
Table S8. The correlation matrix of independent variables in crustal growth, thermal evolution, and 813 

seawater 𝛿18O models, for the initial condition of seawater 𝛿18O is -13.3‰ at 3.5 Ga (Jaffrés et al., 2007). 814 

 815 
  816 
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 817 
Fig. S1. The simulated Monte Carlo solutions of the seawater 𝛿18O and ∆′17O evolutions, with 𝜙!" equals 818 

2.037 x 10-3. The evolution of seawater 𝛿18O and the corresponding ∆′17O and crustal evolution for the 819 

initial conditions of (A, D, G) +3.3‰ (Johnson and Wing, 2020), (B, E, H) 0‰ (e.g., Muehlenbachs et al., 820 
2003), and (C, F, I) -13.3‰ (Jaffrés et al., 2007), respectively. The middle 50% and 90% of successful 821 
solutions are shown in dark green and light green, respectively. The iron oxide records (Galili et al., 2019) 822 
are shown in orange circles; carbonates (Prokoph et al., 2008 and references therein) are shown in light 823 
blue circles; chert and shale (Zahkarov et al., 2021; Sengupta et al., 2020; Liljestrand et al., 2020; Bindeman 824 

et al., 2016; Levin et al., 2014; and references therein) are shown in  dark blue and red circles. The 𝛿18O of 825 

carbonates, chert, and shale are shown for comparison but not used to select successful solutions. The 826 
corresponding evolution of seawater ∆′17O for (A) to (C) are compared with chert records (Zahkarov et al., 827 
2021; Sengupta et al., 2020; Liljestrand et al., 2020; Lowe et al., 2020; Levin et al., 2014; blue dice).   828 
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 829 
Fig. S2. The a posteriori distributions of crustal evolution parameters, based on ~2x104, ~2.5x104, and 830 

~3x103 successful Monte Carlo solutions from stage 1 to 3 (for the initial conditions of seawater 𝛿18O is 831 

0‰ at 3.5 Ga (e.g., Muehlenbachs et al., 2003)), respectively. Distributions from stage 1 to 3 are shown in 832 
blue, gray, and red, respectively. (A) Initial recycling rate, (B) present-day recycling rate, (C) decay 833 
constant for crustal recycling, (D) decay constant for crustal generation, (E) onset time for crustal formation, 834 
and (F) reworking factor. 835 
 836 
 837 
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 838 
Fig. S3. The a posteriori distributions of crustal evolution parameters, based on ~2x104, ~2.5x104, and 839 

~3x103 successful Monte Carlo solutions from stage 1 to 3 (for the initial conditions of seawater 𝛿18O is -840 

13.3‰ at 3.5 Ga (Jaffrés et al., 2007)), respectively. Distributions from stage 1 to 3 are shown in blue, gray, 841 
and red, respectively. (A) Initial recycling rate, (B) present-day recycling rate, (C) decay constant for crustal 842 
recycling, (D) decay constant for crustal generation, (E) onset time for crustal formation, and (F) reworking 843 
factor. 844 
 845 
  846 
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 847 
Fig. S4. The a posteriori distribution of the exponent n in equation (3), based on ~1 x 104, ~ 1.8 x 104, and 848 

~3 x 103 successful Monte Carlo solutions for the initial conditions of seawater 𝛿18O is (A) +3.3‰ (Johnson 849 

and Wing, 2020), (B) 0‰ (e.g., Muehlenbachs et al., 2003), and (C) -13.3‰ (Jaffrés et al., 2007), 850 
respectively. When n equals 1 (green bars), equation (3) corresponds to a linear dependence of high-851 
temperature alteration of oceanic crust on plate velocity, whereas n equals 2 (orange bars) and 3 (blue bars) 852 
represents a nonlinear dependence. 853 
 854 
 855 
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 856 
Fig. S5. The a posteriori distribution of isotope fractionation factors during Urey reaction (𝛼+), low-T 857 
alteration (𝛼*)), reverse weathering (𝛼&'-), and high-T alteration (𝛼()), based on ~3 x 103 successful Monte 858 
Carlo solutions for the initial conditions of (A-D) +3.3‰ (Johnson and Wing, 2020), (E-H) 0‰ (e.g., 859 
Muehlenbachs et al., 2003), and (I-L) -13.3‰ (Jaffrés et al., 2007), respectively. 860 
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 861 
 862 

Fig. S6. The simulated Monte Carlo solutions of λseawater ( for the initial conditions of seawater 𝛿18O is (A) 863 
+3.3‰ (Johnson and Wing, 2020), (B) 0‰ (e.g., Muehlenbachs et al., 2003), and (C) -13.3‰ (Jaffrés et 864 
al., 2007), respectively. The middle 50% and 90% of successful solutions are shown in dark green and light 865 
green, respectively.  866 
  867 
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