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Abstract 

A new geospeedometer is developed based on the differential closures of Mg and rare earth 

element (REE) bulk-diffusion between coexisting plagioclase and clinopyroxene. By coupling the two 

elements with distinct bulk closure temperatures, this speedometer can numerically solve the initial 

temperatures and cooling rates for individual rock samples. As the existing Mg-exchange thermometer 

was calibrated for a narrow temperature range and strongly relies on model-dependent silica activities, a 

new thermometer is developed using literature experimental data. When the bulk closure temperatures of 

Mg and REE are determined, respectively, using this new Mg-exchange thermometer and the existing 

REE-exchange thermometer, this speedometer can be implemented for a wide range of compositions, 

mineral modes, and grain sizes.  

Applications of this new geospeedometer to oceanic gabbros from the fast-spreading East Pacific 

Rise at Hess Deep reveal that the lower oceanic crust crystallized at temperatures of 998–1353 °C with 

cooling rates of 0.003–10.2 °C/yr. Stratigraphic variations of the cooling rates and crystallization 

temperatures support deep hydrothermal circulations and in situ solidification of various replenished 

magma bodies. Together with existing petrological, geochemical and geophysical evidence, results from 

this new speedometry suggest that the lower crust formation at fast-spreading mid-ocean ridges involves 

emplacement of primary mantle melts in the deep section of the crystal mush zone coupled with efficient 

heat removal by crustal-scale hydrothermal circulations. The replenished melts become chemically and 

thermally evolved, accumulate as small magma bodies at various depths, feed the shallow axial magma 

chamber, and may also escape from the mush zone to generate off-axial magma lenses. 
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1. Introduction 1 

Earth’s lower oceanic crust is mainly composed of mafic cumulate rocks (e.g., gabbros and 2 

gabbronorites), solidifying from mantle-derived melts beneath the spreading mid-ocean ridges. This 3 

cumulate section thus records styles of igneous accretion and crustal cooling. Many crustal formation 4 

models have been proposed based on petrological observations, deformation structures, and geodynamic 5 

simulations at various ocean ridge settings and ophiolites (e.g., Nicolas et al., 1988; Phipps Morgan and 6 

Chen, 1993; Quick and Denlinger, 1993; Kelemen et al., 1997; Dick et al., 2008). Among these, two end-7 

member models for fast spreading mid-ocean ridges are actively debating whether cumulates of the lower 8 

oceanic crust crystalize mainly in a shallow melt lens (e.g., Phipps Morgan and Chen, 1993; Quick and 9 

Denlinger, 1993; Coogan et al., 2007; Faak et al., 2015) or in situ solidify largely from magma sills at 10 

various depths (e.g., Nicolas et al., 1988; Kelemen et al., 1997; Lissenberg et al., 2004; Maclennan et al., 11 

2005; VanTongeren et al., 2008, 2015; Natland and Dick, 2009). The former postulates much slower 12 

cooling in the deeper crust (i.e., near-conductive cooling), whereas the latter necessitates efficient heat 13 

removal by hydrothermal circulations throughout the entire crust. Thus, a key to distinguishing these two 14 

models is the cooling history of the lower crust at fast-spreading mid-ocean ridges. 15 

Geospeedometers have the ability to extract cooling information of natural rocks from mineral 16 

compositions using analytical or numerical models (e.g., Dodson, 1973; Eiler et al., 1992; Ganguly and 17 

Tirone, 1999; Costa et al., 2003; Müller et al., 2013; Watson and Cherniak, 2015; Liang, 2017). Applying 18 

the closure temperature equation of Dodson (1973) to Ca in olivine, two research groups estimated 19 

cooling rates of oceanic gabbros from the Oman ophiolite, an analogue of fast-spreading mid-ocean 20 

ridges, but obtained highly controversial results: one showed slower cooling rates consistent with near-21 

conductive cooling (e.g., Coogan et al., 2007), whereas the other found higher cooling rates supporting 22 

deep hydrothermal cooling (VanTongeren et al., 2008). The reasons for their discrepancies remain 23 

unclear, but their approaches may involve uncertainties arising from the Dodson-type assumptions: (1) 24 

negligible influences of initial temperatures and (2) surrounding clinopyroxene acting as an infinite 25 
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reservoir.  26 

Using their newly developed Mg-in-plagioclase geospeedometer, Faak et al. (2015) argued that 27 

cooling rates derived from their 1-D grain-scale diffusion modeling support near-conductive cooling of 28 

the lower crust at the East Pacific Rise (EPR). However, in addition to the Dodson-type assumptions, 29 

results of Faak et al. (2015) are also likely subject to uncertainties from their Mg-exchange thermometer 30 

(Faak et al., 2013) and 1-D plane sheet approximation. Particularly, Faak et al.’s thermometer has a strong 31 

dependence upon silica activities that can only be calculated using existing activity models (Fig. 1a-b). 32 

Silica activities in a typical basaltic system buffered by olivine and orthopyroxene appear to differ by a 33 

factor of two between the models of Faak et al. (2015) and Carmichael (2004) (Fig. 1b), corresponding to 34 

100–200 °C differences in Faak et al.’s thermometer (cf. Fig. 1a). Because Faak et al.’s thermometer was 35 

calibrated only at 1100–1200 °C for plagioclase with 50–80 mol% anorthite, it is unclear how accurately 36 

their thermometer can be extrapolated to lower temperatures (e.g., 700–900 °C; Faak et al., 2015), at 37 

which Mg in gabbros has been extensively reset by diffusion. Although the 1-D plane sheet diffusion 38 

model is easy to implement, it is likely inadequate for 3-D shaped crystals with substantial diffusive 39 

resetting (e.g., Ganguly and Tirone, 1999; Costa et al., 2003; Krimer and Costa, 2017).  40 

In this study, we present a new Mg-REE coupled speedometer for plagioclase- and clinopyroxene-41 

bearing rocks that could overcome the aforementioned limitations regarding the Dodson-type 42 

assumptions, silica activities, applicable temperatures and 1-D geometry. Using the bulk closure 43 

temperatures of REE and Mg, this speedometer can simultaneously determine the initial temperatures and 44 

cooling rates of individual samples. The bulk closure temperatures of REE can be calculated using the 45 

REE-exchange thermometer of Sun and Liang (2017), while those of Mg can be determined using a new 46 

Mg-exchange thermometer calibrated at 800–1430 °C. Applying this speedometer to oceanic gabbros 47 

from the Hess Deep rift valley (Lissenberg et al., 2013), we show that the lower crust of EPR at Hess 48 

Deep formed by in situ solidification of axial and off-axial magma intrusions at various depths with 49 

efficient heat removal through crustal-scale hydrothermal circulations. 50 

 51 
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2. Developing a Mg-REE coupled speedometer  52 

2.1. Basic concept 53 

The basis of geospeedometry using bulk closure temperatures was initially defined by Dodson 54 

(1973) for diffusion in a single crystal and has recently been extended to polycrystalline petrological 55 

systems (e.g., Eiler et al., 1992; Ehlers and Powell, 1994; Yao and Liang, 2015; Liang, 2017). In general, 56 

the bulk closure temperature (Tc) of an element of interest (j) in two coexisting minerals (α and β) can be 57 

described as, 58 

    
Tc

j = f T0 ,dT dt ,Gα /β
j( )  ,  (1a) 59 

    
Gα /β

j = Dα
j , Dβ

j , Kα /β
j ,φα ,φβ , Lα , Lβ{ }  ,  (1b) 60 

where f denotes an unspecified expression; T0 and dT/dt are the initial temperature and cooling rate, 61 

respectively; and G is a set of variables, including diffusion coefficients (D), partitioning coefficients (K), 62 

mineral proportions (ϕ), and grain sizes (L) of the two minerals. Notably, initial temperatures of cumulate 63 

rocks can be regarded as the mean temperatures of cumulus crystallization because of their simple 64 

monotonic cooling histories subsequent to crystallization. As two elements with different diffusivities 65 

have distinct closure temperatures, when considered together the two elements could uniquely constrain 66 

both the cooling rate and initial temperature. The initial concept was briefly discussed in Sun and Liang 67 

(2017) for understanding the different temperatures derived from their REE-exchange thermometer and 68 

the Mg-exchange thermometer of Faak et al. (2013). A similar concept has also been used in Watson and 69 

Cherniak (2015) with a focus on diffusive relaxation of stepwise concentration profiles in single crystals. 70 

Here we further pursue this idea to develop a new speedometer by coupling the bulk closure temperatures 71 

of slowly diffusing REE and fast diffusing Mg in coexisting plagioclase and clinopyroxene. 72 

In oceanic gabbros, plagioclase and clinopyroxene are the two main rock-forming minerals, co-73 

crystallizing from the relatively dry basaltic magmas that characterize mid-ocean ridges over an extended 74 

temperature interval (e.g., Grove et al., 1992). According to the aforementioned concept, the bulk closure 75 

temperatures of Mg and REE in coexisting plagioclase and clinopyroxene from the same gabbro sample 76 



 4 

should follow two different equations, 77 

   
Tc

Mg = f T0 ,dT dt ,Gplg/cpx
Mg( ) ,  (2a) 78 

   
Tc

REE = f T0 ,dT dt ,Gplg/cpx
REE( )  .  (2b) 79 

Thus, the two unknowns, T0 and dT/dt, can be solved simultaneously for individual samples through a 80 

root-finding algorithm when two conditions are met: (1) bulk closure temperatures of REE and Mg are 81 

determined accurately and (2) expressions of Eq. (2a-b) are established explicitly. The REE-exchange 82 

thermometer of Sun and Liang (2017) was calibrated against experimentally determined REE partitioning 83 

data for plagioclase-melt (Sun et al., 2017) and clinopyroxene-melt systems (Sun and Liang, 2012), 84 

respectively. As demonstrated by Sun and Liang (2017), their thermometer is independently testable by 85 

volcanic samples from the literature and thus can determine REE bulk closure temperatures with 86 

confidence. A new Mg-exchange thermometer is presented in Section 2.2 for accurate constraints on Mg 87 

bulk closure temperatures. Expressions of Eq. (2a-b) can then be obtained explicitly using the numerical 88 

methods in Appendix A.  89 

To illustrate the concept and limitations of this speedometry, we performed numerical simulations 90 

for bulk diffusion in a cooling plagioclase-clinopyroxene aggregate with equal mineral modes (ϕplg = 91 

ϕcpx), uniform grain radii (Lplg = Lcpx). Plagioclase was assumed with 65 mol% anorthite. The imposed 92 

cooling profiles cover equilibrium initial temperatures from 1000 to 1400 °C and effective cooling rates 93 

from 10-7 to 103 °C/yr•mm2 (see definition in Appendix A.2). Potential errors due to diffusivities were 94 

examined by assigning a factor of two uncertainties to REE and Mg diffusion coefficients in plagioclase 95 

(cf. Fig. A1). The diffusivity uncertainties do not result in obvious variations in the bulk closure 96 

temperatures of slowly-diffusing REE (orange envelopes in Fig. 2a), but give rise to ~0–20 °C variations 97 

in the bulk closure temperatures of fast-diffusing Mg (blue envelopes in Fig. 2a). The small variations of 98 

Mg closure temperatures correspond to about a factor of two errors in cooling rates (blue envelopes in 99 

Fig. 2b). In Fig. 2a, bulk closure temperatures of REE (red curves) and Mg (blue curves) can be divided 100 

into two characteristic regimes (slow- and fast-cooling regimes, respectively) according to their responses 101 
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to cooling rates (Fig. 2a). Boundaries of these two regimes correspond to the bulk closure temperatures 102 

for a “sufficiently high initial temperature”. This initial condition was first used in Dodson (1973) to 103 

formulate closure temperatures in single crystals. For this historical reason, here we defined the two 104 

boundaries as the Dodson limits. Note that the Dodson limit for an element of interest should also varies 105 

with dT/dt and G (Eq. 2a-b).  106 

The upper boundary in Fig. 2b shows maximum differences in the bulk closure temperatures 107 

between REE and Mg and effectively represents the Dodson limit of REE. Along the Dodson limit of 108 

REE (e.g., point A in Fig. 2b), both Mg and REE bulk closure temperatures lose the memory of initial 109 

conditions (red curves in Fig. 2b), so they could only constrain accurate cooling rates (blue curves in Fig. 110 

2b) and lower limits of initial temperatures. Below the Dodson limit of REE (e.g., points B and C in Fig. 111 

2b), the bulk closure temperatures of Mg and REE can partially retain memories of initial conditions and 112 

cooling rates, and therefore coupling the two could uniquely solve the cooling path. For very rapid 113 

cooling (e.g., point D in Fig. 2b), bulk closure temperatures of Mg and REE may only record initial 114 

conditions with lower limits of cooling rates. When the bulk closure temperatures of Mg and REE in a 115 

polycrystalline sample can be accurately constrained using exchange thermometers, one could use Fig. 2b 116 

to determine the initial temperature and cooling rate together. However, this new speedometer is 117 

unsuitable for samples beyond the Dodson limit of REE (e.g., point E in Fig. 2b) or below the initial 118 

temperature (e.g., point F in Fig. 2b), which possibly have inaccurate estimations of bulk closure 119 

temperatures and/or more complex thermal histories. Through Monte Carlo simulations (Fig. S1), we 120 

found that uncertainties of the initial temperatures are mainly from REE bulk closure temperatures while 121 

those of the cooling rates are mostly from Mg bulk closure temperatures. When the closure temperatures 122 

approach the Dodson limit in Fig. 2b, uncertainties of the initial temperatures become significantly 123 

greater due to errors in Mg bulk closure temperatures (cf. Fig. S1b). 124 

Because the mineral mode, grain size, and composition-dependent diffusion and partition 125 

coefficients all together determine the diffusive exchange between plagioclase and clinopyroxene 126 

(Appendix A), applications of this Mg-REE coupled speedometry require a substantial amount of 127 
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numerical simulations to constrain the exact relations between bulk closure temperatures and cooling 128 

rates for individual samples as shown in Fig. 2. To reduce the numerical calculations for individual cases, 129 

we ran 1.575×105 diffusion simulations and calculated the bulk closure temperatures of Mg and REE for a 130 

wide range of initial temperatures (700–1400 °C), cooling rates (10-7–106 °C/yr•mm2), plagioclase 131 

compositions (An29–87), mineral proportions (ϕplg/ϕcpx = 0.01–100), and grain radii (Lplg/Lcpx = 0.1–10). The 132 

numerical solutions were collected in a multi-dimensional grid that can be used to interpolate the 133 

expressions of Eq. (2a-b) for inverse calculations of initial temperatures and cooling rates. A simple 134 

Matlab® script is provided in the Supplementary Materials for interested users to automate these inverse 135 

calculations using our numerical solutions. In the following sub-sections, we first calibrate a new Mg-136 

exchange thermometer and then show the effects of plagioclase composition, mineral proportion, and 137 

grain radius on the bulk closure temperatures of Mg and REE.  138 

 139 

2.2. Calibration of a new Mg-exchange thermometer 140 

2.2.1. Calibration strategy 141 

The basis of an exchange thermometer is the temperature-sensitive exchange reaction for an 142 

element of interest between coexisting minerals. Here we suggest that Mg exchange between plagioclase 143 

(plg) and clinopyroxene (cpx) is coupled with Ca through the following reaction, 144 

[Mg*]cpx + [CaAl2Si2O8]plg = [Ca*]cpx + [MgAl2Si2O8]plg , (3a) 145 

where [Mg*]cpx and [Ca*]cpx indicate Mg- and Ca-bearing end-member components in clinopyroxene (e.g., 146 

-Al2SiO6, -MgSi2O6, or -CaSi2O6). This reaction does not imply a negligible effect of silica activities on 147 

Mg partitioning. Although not directly measurable in natural petrological systems, silica activities may 148 

influence the mineral major compositions as well as the equilibrium phase relations, for instance, through  149 

 [CaAl2Si2O8]plg = [SiO2] + [CaAl2SiO6]cpx .  (3b) 150 

An obvious advantage of Eq. (3a) is that it can simply describe Mg exchange without involving activity 151 

terms or additional phases, which allows the development of a new Mg-exchange thermometer 152 
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independent of silica activities.  153 

According to Eq. (3a), the Mg partition coefficient (KMg) can be described as 154 

    
ln KMg = ln

CMg*
plg

CMg*
cpx

⎛

⎝

⎜⎜⎜⎜⎜

⎞

⎠

⎟⎟⎟⎟⎟⎟
=−
ΔH + PΔV

RT
+
ΔS
R
− ln

aCa*
cpx

aCa*
plg

γMg*
plg

γMg*
cpx

⎛

⎝

⎜⎜⎜⎜⎜

⎞

⎠

⎟⎟⎟⎟⎟⎟
 ,  (4a) 155 

where ΔH, ΔV, and ΔS, are changes of enthalpy, volume, and entropy, respectively, for the exchange 156 

reaction; aCa* is the activity of a Ca-bearing component; γMg* is the activity coefficient of a Mg-bearing 157 

component; CMg* is the concentration of a Mg-bearing component; and P is pressure. The activity of Ca-158 

component in plagioclase (i.e., anorthite) is a function of temperature and anorthite content in plagioclase 159 

(e.g., Holland and Powell, 1992). A similar function may also be applicable for the activity coefficient of 160 

Mg-component in plagioclase. If aCa* and γMg* in clinopyroxene are less important, Eq. (4a) can be 161 

simplified as 162 

   
ln KMg = b0 +

b1 + b2×P
T

+ f XAn( )  ,  (4b) 163 

where b0, b1, and b2 are coefficients corresponding to ΔS/R, –ΔH/R, and –ΔV/R, respectively; XAn is the 164 

anorthite content in plagioclase [XAn = Ca/(Ca + Na + K), in molar unit]; and f(XAn) is a composition 165 

correction term for aCa* and γMg* in plagioclase and likely follows a quadratic expression (e.g., Holland 166 

and Powell, 1992; Sun et al., 2017).  167 

Many phase equilibria studies experimentally produced plagioclase and clinopyroxene coexisting 168 

with silicate melts and other minerals (see Table S1). Through a routine procedure of electron microprobe 169 

analyses, Mg could be accurately determined in silicate melts and clinopyroxene but is relatively more 170 

difficult to measure in plagioclase, because Mg is highly incompatible in plagioclase. Thus, the data 171 

qualities of Mg in plagioclase are not uniform among existing phase equilibria studies. This issue, 172 

however, can be eliminated if reliable plagioclase-melt Mg partition coefficients are available for 173 

individual experiments. Recently, Sun et al. (2017) developed a new set of parameterized lattice strain 174 

models for trace element partitioning between plagioclase and silicate melt. They showed that their 175 

models not only reproduce experimental partitioning data (1127–1410 °C; XAn = 0.41–0.98) better than 176 
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previous models but are also testable by phenocryst-melt partitioning data (1000–1216 °C; XAn = 0.29–177 

0.82). With the partitioning model of Sun et al. (2017), we can then use existing phase equilibria data to 178 

calibrate the plagioclase-clinopyroxene Mg partitioning model (Eq. 4b).  179 

 180 

2.2.2. Calibration results and model tests 181 

We used the LEPR database of experimental studies (http://lepr.ofm-research.org) as guidance and 182 

selected 43 phase equilibria studies that reported coexisting plagioclase, clinopyroxene, and silicate melt. 183 

To minimize kinetic effects on major elements (e.g., Al and Si) in plagioclase and clinopyroxene, we 184 

excluded experiments that were conducted at low temperatures for short durations (i.e., <24 h at ≤1100 185 

°C, and <12 h at ≤1250 °C). Experiments with less than 0.5 wt% MgO in silicate melts were also 186 

excluded to avoid possibly large analytical errors. After filtering, we obtained 304 experiments that cover 187 

a broad range of temperatures (800–1430 °C), pressures (1 atm – 2.7 GPa), and compositions (melt SiO2 188 

= 40–74 wt%; plagioclase An = 28–100; clinopyroxene Mg# = 26–100, where An = 100×XAn and Mg# = 189 

100×Mg/(Mg + Fe), in molar unit; see details in Table S1). Using the partitioning model of Sun et al. 190 

(2017), we calculated plagioclase-melt Mg partition coefficients (0.009–0.047) for individual experiments 191 

and then obtained MgO contents in plagioclase from the reported MgO abundances in silicate melts. The 192 

melt-derived MgO concentrations in plagioclase (0.007–0.550) are generally smaller than the reported 193 

MgO data of plagioclase by about a factor of 1.5 (see Table S1).  194 

Through multiple linear regression analyses of the plagioclase-clinopyroxene Mg partition 195 

coefficients, we determined the explicit expression of Eq. (4b) through two steps. First, we excluded the 196 

8 silica-saturated experiments in our initial calibration but found that this initial model can well reproduce 197 

the silica-saturated Mg partitioning data. Thus, including these silica-saturated experiments in our final 198 

calibration, we obtained the following expression to describe Mg partitioning between plagioclase and 199 

clinopyroxene, 200 

   
ln KMg = 5.15 ±0.27( )−

14265 ±369( )+ 487 ±38( )P2

T
+ 0.75 ±0.10( ) XAn

2  ,  (5) 201 



 9 

where T is temperature in K; P is pressure in GPa; and uncertainties in parentheses are 1σ directly 202 

obtained from the regression. A second order pressure term appears to be necessary to better fit the Mg 203 

partitioning data, but pressure is insignificant under oceanic crustal conditions (≤ 2 kbar). Re-arranging 204 

Eq. (5) gives the following expression for a new thermometer based on Mg exchange between plagioclase 205 

and clinopyroxene, 206 

   
T K( )=

14265 ±369( )+ 487 ±38( )P2

−ln KMg +5.15 ±0.27( )+ 0.75 ±0.10( ) XAn
2

 .  (6) 207 

Fig. 3a shows that Eq. (6) reproduces the wide range of temperatures (800–1430 °C) for all 304 208 

experiments to within ±50 °C regardless of the mineral assemblages (olivine, orthopyroxene, quartz, and 209 

others including amphibole, garnet, mica, ilmenite, rutile, and spinel) coexisting with plagioclase, 210 

clinopyroxene and melt. The absolute differences between the experimental temperatures and the 211 

thermometer-derived values average 29 °C, indicating the standard error of this new thermometer.  212 

Given the diverse compositions and phase assemblages of the 304 experiments, it is difficult to 213 

estimate the silica activities of all experiments and to make a fair comparison between this thermometer 214 

and the silica activity-dependent thermometer of Faak et al. (2013). To further test this new thermometer 215 

for gabbroic systems, we applied it to the silica-free partitioning data of Faak et al. (2013), which were 216 

determined from 18 diffusion experiments with plagioclase crystals surrounded by clinopyroxene or 217 

gabbro powders. Importantly, for the 18 diffusion experiments, temperatures calculated using Eq. (6) 218 

agree well with the run temperatures (red hexagrams in Fig. 3b). The relative differences between these 219 

two are within the standard error of our new thermometer and are also comparable to the calibration 220 

uncertainties of the thermometer of Faak et al. (2013; white triangles in Fig. 3b). This establishes an 221 

independent validation of this new thermometer particularly for applications to ocean gabbros. Although 222 

consistent with our new thermometer at 1100–1200 °C, Faak et al.’s thermometer generates 223 

systematically lower temperatures at <1100 °C due to excessive extrapolations (see inset in Fig. 3b). 224 

 225 
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2.3. Effects of mineral composition, size, and volume on bulk closure temperatures  226 

Following the numerical methods described in Appendix A, we simulated the bulk closure 227 

temperatures of Mg and REE in cooling plagioclase-clinopyroxene aggregates for variable plagioclase 228 

compositions, mineral modes and grain sizes. For the purpose of demonstration, we used five choices of 229 

effective cooling rates (10-3, 10-2.5, 10-2, 10-1.5, and 10-1 °C/yr•mm2; see definition in Appendix A.2) at an 230 

initial temperature of 1150 °C. The compositional effect was manifested through simulations for 231 

plagioclase with 25–90 mol% anorthite, uniform crystal sizes and equal modal proportions of plagioclase 232 

and clinopyroxene. As the effective cooling rate incorporates the variation of uniform grain size, the 233 

effect of grain sizes was analyzed numerically using simulations for differentiated crystal radii between 234 

plagioclase and clinopyroxene (Lplg/Lcpx = 0.1–10). The effect of mineral modes was singled out in 235 

simulations with various ratios of mineral proportions (ϕplg/ϕcpx = 0.1–100), uniform crystal sizes and 236 

plagioclase with 65 mol% anorthite. The simulation results are shown in Fig. 4. 237 

The bulk closure temperatures of REE vary within a narrow range (< ~20 °C) near the initial 238 

cooling temperature, whereas those of Mg cover a wide range and deviate significantly from the initial 239 

temperatures (Fig. 4). In a given plagioclase-clinopyroxene aggregate, the bulk closure temperatures of 240 

Mg decrease by ~150 °C as the effective cooling rate decreases from 10-3 to 10-1 °C/yr•mm2, indicating 241 

the sensitivity of Mg bulk closure temperatures to cooling rates. However, the bulk closure temperatures 242 

of Mg also show considerable variations with plagioclase compositions, grain radii, and mineral modes. 243 

Due to the strong dependence of Mg diffusivities on anorthite in plagioclase, Mg bulk closure 244 

temperatures increase by ~150 °C with the increase of anorthite in plagioclase from 25 to 90 mol% (Fig. 245 

4a). When the differential grain size (Lplg/Lcpx) increases from 0.1 to 10, Mg bulk closure temperature 246 

increases by ~300 °C (Fig. 4b). Because we took clinopyroxene grain size as the reference, an increase of 247 

differential grain size simply indicates a relative increase of plagioclase grain radii and hence induces a 248 

higher Mg bulk closure temperature. As the effective cooling rate was defined as the product of actual 249 

cooling rate and the square of clinopyroxene grain radius, a larger clinopyroxene size induces a greater 250 

effective cooling rate and hence also increases the Mg bulk closure temperature. Notably, this indicates 251 
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that the role of clinopyroxene size cannot be omitted for modeling Mg diffusion between plagioclase and 252 

clinopyroxene. 253 

An increase of ~100 °C in Mg bulk closure temperatures appears when the relative mineral mode 254 

(ϕplg/ϕcpx) increases from 0.1 (clinopyroxene-rich) to 100 (plagioclase-rich) (Fig. 4c). In the two end-255 

member cases, Mg bulk closure temperatures are mainly controlled by diffusion in the minor phases while 256 

the major ones serve as “infinite” reservoirs (e.g., Liang, 2014). Specifically, Mg bulk closure 257 

temperatures are governed by its diffusion in plagioclase for the clinopyroxene-rich end-member but by 258 

its diffusion in clinopyroxene for the plagioclase-rich end-member. As Mg diffusion coefficients in 259 

clinopyroxene are about one to three orders of magnitude smaller than those in plagioclase (Fig. A1b), 260 

Mg bulk closure temperatures in the plagioclase-rich end-member are significantly greater than those in 261 

the clinopyroxene-rich end-member. The closure temperature variations between these two end-members 262 

thus show the relative roles of plagioclase and clinopyroxene. Importantly, the dependence of Mg bulk 263 

closure temperatures on mineral modals becomes negligible only when ϕplg/ϕcpx < ~2, indicating the 264 

limitation for treating clinopyroxene as an infinite reservoir.  265 

Because of the much faster diffusivities in plagioclase and clinopyroxene, Mg bulk closure 266 

temperatures are more responsive than those of REE to changes in cooling rate, composition, mineral 267 

mode, and grain radius. Despite the small influences of individual factors, a combination of them may 268 

alter REE bulk closure temperatures by >50 °C when the cooling rate is very slow (e.g., < 269 

0.001 °C/yr•mm2). The overall variations of Mg bulk closure temperatures induced by cooling rates, 270 

however, are comparable to or even smaller than those due to changes in compositions, mineral modes, or 271 

grain sizes. Hence, the knowledge of plagioclase compositions, grain radii, and mineral modes is critical 272 

to accurately estimate cooling rates and initial temperatures. The simulation results shown in Fig. 4 can 273 

also be used as references for potential errors of bulk closure temperatures as well as cooling rates due to 274 

uncertainties in plagioclase compositions, grain radii, and mineral modes. 275 

 276 



 12 

3. Application to the lower oceanic crust at Hess Deep 277 

The lower oceanic crust at Hess Deep rift valley formed at EPR ~1.3 Myr ago (e.g., Rioux et al., 278 

2012). As a reference section for crust formation at fast-spreading ridges, this cumulate section has been 279 

mapped and sampled in several previous studies (e.g., Karson et al., 2002; Lissenberg et al., 2013; Gillis 280 

et al., 2014). In particular, the recent study of Lissenberg et al. (2013) reported gabbroic samples with 281 

detailed petrographic descriptions, reconstructed stratigraphic depths, and mineral major element 282 

compositions. Among those, 15 samples were also analyzed for REE in both plagioclase and 283 

clinopyroxene and thus are suitable for applying our new Mg-REE coupled geospeedometer. For accurate 284 

determination of cooling rates and initial temperatures, we measured the average grain sizes of 285 

plagioclase and clinopyroxene in 46 samples including those with REE data. The average grain sizes of 286 

plagioclase were taken as the arithmetic means of average long (length) and short (with) dimensions. 287 

Detailed data of the 46 samples are listed in Table S2. 288 

To check the reliability of plagioclase Mg data from Lissenberg et al. (2013), we re-analyzed Mg in 289 

plagioclase from 6 representative samples using a wavelength-dispersive detector mounted on a Zeiss 290 

Sigma HD field emission gun scanning electron microscope. We used a 20 kV acceleration voltage, high 291 

beam current (53 nA), and counting times of 120 s on peak and 60 s off peak.  Accuracy and precision 292 

was monitored by replicate analysis (n = 12) of the Astimex plagioclase standard (Mg = 0.06 wt%), which 293 

yielded Mg (wt%) = 0.055±0.004 (±2σ). The new Mg data for Hess Deep plagioclase correlate very well 294 

with the data of Lissenberg et al. (2013) (Fig. S2), indicating that the latter are robust. 295 

 296 

3.1. Sample characteristics 297 

The 46 Hess Deep samples cover a reconstructed section of 4.35 km in the lower oceanic crust 298 

below the dike-gabbro transition (DGT) and include one tonalite, one diorite, 16 gabbronorites, and 28 299 

(olivine) gabbros with a wide range of mineral modes (ϕplg/ϕcpx = 0.9 – 6.7). The average grain sizes of 300 

plagioclase and clinopyroxene are 0.4–4.1 mm and 0.4–5.5 mm, respectively. The compositions of 301 
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plagioclase and clinopyroxene show complex variations on grain scales, which were attributed to reactive 302 

transport of melts through crystal mushes in the lower oceanic crust by Lissenberg et al. (2013) and 303 

Lissenberg and MacLeod (2016). To capture the stratigraphic variations of mean mineral compositions, 304 

we calculated the average concentrations of major elements and REE in plagioclase and clinopyroxene for 305 

individual samples (Table S3). Both rims and cores of mineral grains were taken into account to better 306 

represent the average. With decreasing stratigraphic depth (4.35–0 km), anorthite contents in plagioclase 307 

decrease from 87.1 to 44.4, the average Mg# in clinopyroxene decrease from 87.5 to 66.4, whereas the 308 

average REE concentrations become enriched by about one order of magnitude (e.g., La = 0.17–2.55 ppm 309 

in clinopyroxene; La = 0.26–1.87 ppm in plagioclase; Fig. 5). Along the stratigraphy, zigzag patterns 310 

appear on the scale of about tens to hundreds of meters.  311 

 312 

3.2. Bulk closure temperatures  313 

Applying the Mg- and REE-exchange thermometers to the average mineral compositions, we 314 

calculated the bulk closure temperatures of Mg and REE for the Hess Deep samples. Because changing 315 

pressure from 0.5 to 2 kbar results in only ~2 °C differences in the calculated temperatures for Mg and 316 

REE, an average pressure of 1 kbar was used in all samples. Results of temperature calculations are 317 

summarized in Table S2, while the individual calculations of REE bulk closure temperatures are shown 318 

in Fig. S3.  319 

The calculated REE closure temperatures for 15 samples with REE data (1040–1283 °C) display a 320 

strong positive linear correlation with plagioclase compositions (An = 50–81; red squares in Fig. 6a). The 321 

linear relation between REE closure temperatures (TREE) and plagioclase anorthite contents can be simply 322 

described through the following expression with a standard error of ±20 °C, 323 

TREE (°C) = 653 + 7.62•An.  (7) 324 

Using Eq. (7) we then empirically estimated the analogues of REE closure temperatures for 31 samples 325 

without REE data (998 to 1294 °C; An = 45.4–84.2). The calculated Mg closure temperatures (904–1128 326 

°C) for all 46 samples do not show evident correlations with plagioclase anorthite contents (blue circles in 327 
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Fig. 6a). For the 15 samples with REE data, Mg closure temperatures are 39–320 °C smaller than REE 328 

closure temperatures, well below the Dodson limits (Figs. 6b and S3). For 29 samples without REE data, 329 

the differences between Mg closure temperatures and the analogues of REE closure temperatures (4–317 330 

°C) are also below the Dodson limits (Figs. 6b and S3). Thus, 44 of the 46 Hess Deep samples are 331 

suitable for applying the Mg-REE coupled speedometer. 332 

 333 

3.3. Cooling histories  334 

Using the Mg-REE coupled speedometry outlined in Section 2.1, we calculated the initial 335 

temperatures and cooling rates for the 44 samples. Errors of the cooling rates were estimated according to 336 

the calibration uncertainty (±29 °C) of our Mg-exchange thermometer. Given the small discrepancies (1–337 

16 °C) of Mg bulk closure temperatures derived from the Lissenberg et al. (2013) data and dedicated 338 

analyses (Fig. S2 and Table S2), this calibration uncertainty is considered as the maximum errors of Mg 339 

bulk closure temperatures. Errors of the initial temperatures are taken from the REE bulk closure 340 

temperatures or calculated according to the errors of Mg bulk closure temperatures, among which the 341 

larger values were used for individual samples (see reasoning in Fig. S1). The inversion results are listed 342 

in Table S2 and are shown as a function of stratigraphic depths in Fig. 6c-d. Inversion calculations are 343 

displayed in Fig. S4.  344 

The inverted initial temperatures (998–1353 °C) are slightly greater than the REE closure 345 

temperatures and their analogues derived from Eq. (7). The discrepancies for the 15 samples with REE 346 

data are less than 14 °C, while those for the 29 samples without REE data appear to be less than 30 °C 347 

with one exception (59 °C; JC21-69R-11). The overall smaller differences demonstrate that REE were not 348 

subject to extensive diffusive re-distribution in Hess Deep gabbros. Along the stratigraphy, the initial 349 

temperatures generally decrease from the bottom up with many small-scale variations. Near the DGT, the 350 

initial temperatures cover a broad range (998–1125 °C) within a small depth interval (0–56 m) and are 351 

systematically lower than those from below (1096–1353 °C). The highest temperature (1353±60 °C) 352 

appears at 3523 m and is 97–133 °C greater than those near the bottom (1220–1256 °C at 4190–4350 m). 353 
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Interestingly, the temperature variation (1096–1353 °C) at depths of >1900 m is much larger than that 354 

from shallower (1097–1156 °C; 593–1666 m).  355 

The inverted cooling rates (0.003–10.2 °C/yr; Fig. 6d) display a ~3.5 orders of magnitude variation 356 

across the lower oceanic crust. No evident correlations were found between the cooling rates and 357 

plagioclase dimensions (Table S2). Excluding the highest value (10.2 °C/yr) at 2698 m, cooling rates do 358 

not show significant differences between samples with or without REE data (0.006–0.80 °C/yr vs. 0.003–359 

2.26 °C/yr). Similar to the initial temperatures, cooling rates near the DGT also show a considerable 360 

variation (0.024–2.26 °C/yr) at a narrow depth interval (0–56 m), indicating efficient heat extraction. In 361 

addition to the highest value at 2698 m, anomalously rapid cooling rates (0.372–1.13 °C/yr) also appear at 362 

2198–3193 m, suggesting localized high heat extraction rates in the deep lower oceanic crust. With the 363 

increase of stratigraphic depth, cooling rates at 593–2066 m manifest an overall decrease from 0.266 to 364 

0.009 °C/yr, whereas those at 3115–4350 m appear to broadly increase from 0.003 to 0.155 °C/yr. 365 

Although the Hess Deep samples used in Faak et al. (2015) essentially have no overlaps with ours at 366 

depths below DGT, their Mg-in-plagioclase speedometry results (grey dots in Fig. 6d) appear to be 367 

systematically lower than the cooling rates of this study, possibly due to the reasons outlined in 368 

Introduction. Interestingly, our cooling rates are generally consistent with the Ca-in-olivine speedometry 369 

results for Oman ophiolite samples reported in VanTongeren et al. (2008; hollow triangles in Fig. S5) but 370 

are about two to three orders of magnitude greater than those of Coogan et al. (2007; hollow diamonds in 371 

Fig. S5). 372 

To examine the discrepancies in cooling histories induced by the choice of Mg-exchange 373 

thermometers, we also calculated the initial temperatures and cooling rates for our Hess Deep samples 374 

using the thermometer of Faak et al. (2013) together with the silica activity model of Faak et al. (2015). 375 

Theoretically, Faak et al.’s silica activity model is only valid for gabbros with coexisting olivine and 376 

orthopyroxene, which just cover 5 of our 46 gabbros. Following the assumption of Faak et al. (2015), we 377 

applied Faak et al.’s silica activity model to all our Hess Deep gabbros regardless of the coexistence of 378 

olivine and orthopyroxene. Because extrapolation of Faak et al.’s thermometer from their calibration 379 
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range (1100–1200 °C) to lower temperatures results in systematic underestimations (cf. inset in Fig. 3b), 380 

the new set of Mg bulk closure temperatures (787–1100 °C) are about 29–114 °C lower than those 381 

derived from our thermometer (Table S2; Fig. S6a) and therefore have larger deviations from the REE 382 

bulk closure temperatures (Fig. S6b). Consequently, 13 of the 46 samples are above the Dodson limits 383 

and hence cannot be used in our speedometer. For the other 33 samples, the new initial temperatures 384 

(998–1366 °C) are about 0–138 °C higher than those calculated using our own Mg-exchange thermometer 385 

(Eq. 6), whereas the new cooling rates (0.0003–0.871 °C/yr) are about 0.3–2.4 orders of magnitude lower 386 

(Table S2). Stratigraphic variations of the initial temperatures and cooling rates remain similar patterns 387 

between the two sets of results (Fig. 6 vs. Fig. S6c-d).  388 

 389 

3.4. Implications for ocean crust formation at fast-spreading ridges 390 

The initial temperatures of our samples define the first stratigraphy of cumulate crystallization 391 

temperatures for the fast-spreading lower oceanic crust. The lowest temperature (998±20 °C at the DGT) 392 

indicates a highly evolved parental melt in the shallow magma chamber beneath the ridge axis, consistent 393 

with the low An and Mg# (cf. Fig. 5a) as well as earlier petrological evidence (Natland and Dick, 1996). 394 

Given the overall low temperatures at the DGT (998–1125 °C), the magma chamber beneath the ridge 395 

axis is likely dominated by continuous replenishment and fractional crystallization of relatively evolved 396 

melts from the deeper crust. The highest temperature (1353±60 °C at 3523 m) agrees well with the 397 

temperatures of primary MORB basalts (1300–1400 °C; e.g., Lee et al., 2009), indicating the influx of 398 

mantle-derived primitive melts in the lower crust. The upward decrease in the initial temperature suggests 399 

that the deeper section (>2000 m) confines the temperature of melts delivered shallower. Many small-400 

scale temperature variations in the deeper section may be attributed to vigorous convection of a large, 401 

deep-seated cooling magma chamber, which, however, is against the 3-D seismic observations at EPR 402 

(e.g., Han et al., 2014). More likely, these small-scale variations indicate accumulation and in situ 403 

solidification of replenished melts in small magma bodies (e.g., tens to hundreds of meters) at various 404 

depths, as advocated by the multiple-sill model (e.g., Nicolas et al., 1988; Kelemen et al., 1997; 405 
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Lissenberg et al., 2004; Maclennan et al., 2005; VanTongeren et al., 2008, 2015; Natland and Dick, 406 

2009). 407 

The inverted cooling rates are compatible with the hydrothermal cooling models of Maclennan et 408 

al. (2005; Fig. 6d) but about one to two orders of magnitude greater than those derived from the 409 

conductive cooling model of Maclennan et al. (2005; Fig. 6d). We note that Maclennan et al.’s 410 

hydrothermal models employed adjustable heat extraction rates to match the thermal structures derived 411 

from the 2-D seismic tomography in Dunn et al. (2000). Instead, using permeability to explicitly regulate 412 

porous hydrothermal flows in the thermal modeling, Cherkaoui et al. (2003) suggested that a permeability 413 

of ~4×10-14 m2 or greater is required to reproduce the thermal structure of Dunn et al. (2000). Such high 414 

permeability could result in cooling rates of ~0.1 °C/yr. Overall, cooling rates derived from both 415 

hydrothermal models recover most Hess Deep samples across the lower crust (Fig. 6d). Anomalously 416 

rapid cooling rates (0.372–10.2 °C/yr) at 2198–3193 m may be attributed to (1) localized hydrothermal 417 

flows induced by faults/shear zones and/or (2) small magma bodies emplaced in the colder off-axial lower 418 

crust possibly related to the brittle-ductile transition. Both are equally feasible mechanisms, but recent 3-419 

D seismic observations at EPR (e.g., Han et al., 2014) favor the latter. Although significant uncertainties 420 

are likely involved in the thermometer of Faak et al. (2013) at lower temperatures (<1100 °C; see inset in 421 

Fig. 3b), cooling rates calculated using Faak et al.’s thermometer remains significantly elevated above the 422 

conductive cooling model (cf. Fig. S6d). This indicates that the role of crustal-scale hydrothermal 423 

circulations cannot be neglected regardless of the choice of Mg-exchange thermometers. 424 

Together with existing petrological, geochemical and seismic observations, the new speedometry 425 

results allow us to delineate a new picture of lower crust formation at fast-spreading mid-ocean ridges 426 

(Fig. 7), which involves axial and off-axial magma bodies (e.g., Han et al., 2014) and a crustal-scale mush 427 

zone (e.g., Lissenberg et al., 2013; Lissenberg and MacLeod, 2016). As indicated by the stratigraphic 428 

variations of cooling histories, the mush zone is supplied by mantle-derived primary melts from the 429 

bottom and is efficiently cooled by hydrothermal circulations across the entire lower crust. The 430 

replenished melts likely transport reactively through the mush zone, yielding complex zoning in cumulus 431 
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plagioclase (e.g., Lissenberg et al., 2013). Accumulation and in situ crystallization of replenished melts in 432 

small magma bodies at various depths disturb the stratigraphy of cumulus crystallization temperatures. 433 

Possibly because of the brittle-ductile transition, the replenished melts may escape from the mush zone to 434 

generate off-axial magma lenses. However, high-porosity melt channels also likely appear in the mush 435 

zone for delivering relatively primitive melts to the ridge axis (e.g., Natland and Dick, 2009). Assuming a 436 

termination temperature of 1000 °C, the mush zone may extend to ~1.5–3.5 km away from the ridge axis 437 

according to the thermal structure of Dunn et al. (2000; white curves in Fig. 7).  438 

 439 

4. Concluding remarks 440 

Understanding formation of the lower oceanic crust at spreading mid-ocean ridges requires the 441 

knowledge of igneous accretion and cooling styles. These two fundamental aspects can be constrained 442 

quantitatively using the initial temperatures and cooling rates derived from the newly developed Mg-REE 443 

coupled geospeedometry for plagioclase- and clinopyroxene-bearing cumulate rocks. When considered 444 

together with geochemical and geophysical observations, results of the Mg-REE speedometry on oceanic 445 

cumulates from the lower oceanic crust of EPR at Hess Deep reveal that crustal formation at fast-446 

spreading ocean ridges proceeds with hydrothermal circulations across the entire crust, replenishment of 447 

mantle-derived melts, and in situ solidification of many small magma bodies at various depths in a 448 

crustal-scale mush zone beneath the ridge axis.  449 

Several points, however, are worth of noting for the Mg-REE coupled speedometry. As cooling 450 

rates and initial temperatures derived from this speedometer are mean quantities based on bulk (or 451 

integrated) diffusion of Mg and REE between coexisting plagioclase and clinopyroxene, average mineral 452 

compositions are required for better representing the bulk closure concentrations. The bulk mineral 453 

compositions may embrace imprints of melt-rock interaction and/or fractional crystallization to various 454 

extents, but the inverted initial temperatures remain meaningful as mean temperatures of latest 455 

equilibrium events prior to cooling, considering the very slow diffusion of REE in plagioclase and 456 
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clinopyroxene (Fig. A1b). Although Mg and REE diffusivities in plagioclase depend on anorthite 457 

contents (Fig. A1b), it is difficult to quantify the average zoning profiles for bulk diffusion modeling 458 

because various plagioclase zonations are often observed in individual gabbros. As different zonations are 459 

integrated in the bulk closure concentrations, this bulk-diffusion speedometry practically reduces the 460 

overall influence of anorthite zoning from individual plagioclase crystals. In any case, the greatest 461 

influence is expected for samples with uniform zoning patterns in all plagioclase crystals. According to 462 

the numerical simulations in Sun and Liang (2017), using an averaged composition (An68 in their case) for 463 

normally zoned plagioclase (An62-77) only results in a ~20 °C overestimation in Mg bulk closure 464 

temperatures, marking an uncertainty of a factor of two in cooling rates (cf. Fig. 2). Given the 3.5 orders 465 

of magnitude variations in cooling rates observed in our samples (Fig. 6d), the effect of anorthite zoning 466 

on our speedometry is considered secondary.  467 
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 475 

Appendix A. Modeling diffusion in plagioclase-clinopyroxene aggregates 476 

A.1. Diffusion model 477 

In a plagioclase-clinopyroxene aggregate, diffusive re-distribution of an element of interest in 478 

individual mineral grains can be calculated through the familiar equation, 479 
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where C is the concentration of an element of interest (j), m denotes plagioclase (plg) or clinopyroxene 481 

(cpx), t is time, r is spatial coordinate from the center of the crystal, D is the diffusion coefficient (See 482 

Appendix A.4 for the relevant diffusion laws), and ω denotes the geometry (1 for plane sheet, 2 for 483 

cylinder, and 3 for sphere). Following the widely used spherical approximation in previous studies (e.g., 484 

Eiler et al., 1992; LaTourrette and Wasserburg, 1998; Cherniak, 2003; Van Orman et al., 2014; Watson 485 

and Cherniak, 2015), we set ω = 3 in our numerical simulations for the Mg-REE coupled geospeedometer. 486 

Assuming fast grain boundary diffusion and mass conservation, the diffusive exchange between the two 487 

minerals can be written as  488 
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 ,  (A2) 489 

where ϕ denotes the mineral modal abundance, and L is the effective grain radius. The mineral modes and 490 

grain sizes are assumed to be constant during cooling. For plagioclase (or clinopyroxene) in individual 491 

samples, the average grain radius of genetically linked crystals can be taken as the effective grain radius. 492 

At the grain boundary between plagioclase and clinopyroxene, the concentrations of the element are 493 

determined by its partition coefficient (K),  494 

   

Kplg/cpx
j =

Cplg
j

r=Lplg

Ccpx
j

r=Lcpx

 .  (A3) 495 

Eq. (5) was used to describe Mg partition coefficients, while the partitioning model of Sun and Liang 496 

(2017) was used to calculate REE partition coefficients. Given the extremely slow diffusion of CaAl-NaSi 497 

in plagioclase (Grove et al., 1984) and Al in clinopyroxene (Sautter et al., 1989), the dominant 498 

compositional factors (i.e., anorthite in plagioclase and Tschermak components in clinopyroxene) for Mg 499 

and REE partitioning can be treated as constants during cooling.  500 

 501 

A.2. Cooling path and effective cooling rate 502 

Following Dodson (1973), we described the monotonic cooling profile as a reciprocal function of 503 
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time in our diffusion simulations, 504 
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where T0 is the initial temperature of the last equilibrium event; η is a cooling constant determined by the 507 

cooling rate (dT/dt) at the initial temperature; and Tc is the bulk closure temperature of the element. Due 508 

to the reciprocal relation between temperature and time, cooling rates slightly decrease at lower 509 

temperatures and can be adjusted according to Eq. (A5). 510 

Since the major interest of diffusion modeling is to extract information of the cooling path, the 511 

diffusion equation (Eq. A1) could be rearranged with respective to temperature by applying the chain rule 512 

and nondimensionalizing the radial coordinate, 513 
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Note that the product of L2 and dT/dt can be treated as a single term bearing the meaning of cooling rates 515 

for each mineral. As plagioclase and clinopyroxene often have distinct grain sizes in natural rocks, using 516 

the grain radius of clinopyroxene as a reference, we can then define 
   
Lcpx

2 • dT dt⎡
⎣⎢

⎤
⎦⎥  as the effective cooling 517 

rate (S*) for the plagioclase-clinopyroxene system. Accordingly, after nondimensionalizing the radial 518 

coordinate, diffusion equations for plagioclase and clinopyroxene thus become 519 
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An obvious advantage of this new definition of effective cooling rate is that it can simplify the numerical 522 

simulations by reducing the three independent factors, dT/dt, Lcpx, and Lplg, to two variables, S* and 523 
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Lplg/Lcpx. 524 

 525 

A.3. Numerical methods 526 

The diffusion equation (Eq. A1) for each crystal in the plagioclase-clinopyroxene aggregate was 527 

discretized using a finite difference scheme with both time and space properly centered, 528 
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where i and n denote the time and space steps, respectively; Δt is the difference between adjacent time 532 

steps; and Δr is the difference between neighboring space steps. Applying this finite-difference scheme 533 

with 100 mesh intervals to diffusion in mono-mineral systems, we found that it can reproduce the closure 534 

temperatures calculated using the equation of Ganguly and Tirone (1999) to within ±10 °C.  535 

At each time step along the imposed cooling path, we then numerically solved the concentration 536 

profiles of both crystals in the plagioclase-clinopyroxene aggregate. The apparent partition coefficient 537 

( K ) for element j between the two minerals were then calculated using the following expression, 538 
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where the numerator and denominator indicate the average concentrations of element j in plagioclase and 540 

clinopyroxene, respectively. As the rate of diffusive exchange decreases during cooling, the apparent 541 

partition coefficient gradually deviates from the equilibrium value and eventually becomes asymptotic, 542 

indicating the closure of diffusive exchange. The bulk closure temperature can then be calculated using 543 
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relevant exchange thermometers and the asymptotic value of apparent partition coefficients. Because 544 

heavy- and some middle-REE in plagioclase are often difficult to analyze accurately, the average bulk-545 

closure temperature for light REE is taken as the measurable bulk closure temperature of REE. 546 

 547 

A.4. Magnesium and REE diffusivities 548 

The diffusive re-distribution of an element (e.g., Mg or REE) in plagioclase or clinopyroxene is a 549 

chemical diffusion process driven by the gradient of chemical potential across the crystal. The 550 

corresponding diffusion coefficient (i.e., chemical diffusivity; D) is related to the tracer (or self-) 551 

diffusion coefficient (D*) through D = D*(1+∂lnγ/∂lnC), where C is the concentration of the element, γ is 552 

the activity coefficient, and (1+∂lnγ/∂lnC) is the thermodynamic factor (e.g., Darken, 1948). Because 553 

REE and Mg are trace elements in plagioclase, their thermodynamic factors can be approximately treated 554 

as unity, and therefore their tracer (or self-) diffusion coefficients are effectively the chemical diffusion 555 

coefficients. This is also the case for REE in clinopyroxene, but does not remain true for Mg in 556 

clinopyroxene (e.g., Zhang et al., 2010). Practically, the interdiffusion coefficients of Mg-Fe-Ca in 557 

clinopyroxene at the relevant composition are often used as chemical diffusion coefficients for modeling 558 

of Mg and Fe diffusion in clinopyroxene (e.g., Müller et al., 2013).  559 

Experimentally measured Mg diffusivities in plagioclase have been reported in three studies 560 

(LaTourrette and Wasserburg, 1998; Faak et al., 2013; Van Orman et al., 2014). The diffusion data of 561 

LaTourrette and Wasserburg (1998) were collected for a fixed plagioclase composition (An95) at 1200–562 

1400 °C, while those of Faak et al. (2013) were obtained for plagioclase with An50–70 at 1100–1200 °C 563 

and different silica activities. The Mg diffusion data of Van Orman et al. (2014) cover plagioclase 564 

compositions of An23–93 and temperatures of 798–1150 °C under silica-saturated conditions and appear to 565 

have a strong dependence upon the anorthite content in plagioclase. Using their newly measured diffusion 566 

data and those reported in LaTourrette and Wasserburg (1998), Van Orman et al. (2014) developed a 567 

generalized Arrhenius equation for Mg diffusion coefficients in plagioclase with An23–95 at 798 –1400 °C, 568 
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ln DMg

plg =−6.06 ±1.10( )−
287 ±10( ) kJ/mol

RT
−7.96 ±0.42( ) XAn  .  (A12) 569 

However, Faak et al. (2013) argued that Mg diffusivities in plagioclase are independent of anorthite 570 

contents but are mainly determined by silica activity in addition to temperature. Using their Mg diffusion 571 

data for An50–70 and 1100–1200 °C and unpublished data from their own group, Faak et al. (2013) 572 

calibrated an Arrhenius expression to describe Mg diffusivities in plagioclase as a function of temperature 573 

and silica activity,  574 

   
ln DMg

plg =−9.0− 321 kJ/mol
RT

−2.6ln aSiO2
 .  (A13) 575 

Note that Eq. (A13) is the logarithmic form of Eq. (42) of Faak et al. (2013) and that no fitting 576 

uncertainties were provided for coefficients in Faak et al.’s original equation.  577 

To further examine the accuracies of these two models (Eqs. A12-A13), we applied both to 578 

existing Mg diffusivities from the aforementioned experimental studies (Fig. A1a-b). The model of Faak 579 

et al. (2013; Eq. A13) generally reproduces the Mg diffusivities from their own experiments (An = 50–70) 580 

as well as those from Van Orman et al. (2014) for An43 and An67 (Fig. A1a); however, significant 581 

discrepancies appear in the diffusion data for An23 and An93. The model of Van Orman et al. (2014; Eq. 582 

A12) well reproduces the Mg diffusivities used for their model calibration (LaTourrette and Wasserburg, 583 

1998, Van Orman et al., 2014) as well as those from diffusion experiments of Faak et al. (2013) with 584 

excess silica (Fig. A1b); however, systematic overestimations are manifested by the silica-free 585 

experiments of Faak et al. (2013). We note that the overestimations of the silica-free diffusion data by 586 

Van Orman et al.’s model are 1.01±0.18 orders of magnitude, independent of the coexisting matrixes 587 

(clinopyroxene or gabbro) of plagioclase. Therefore, we can describe all existing Mg diffusion data for 588 

plagioclase through a modified expression of Van Orman et al. (2014), 589 

    
ln DMg

plg =−6.06 ±1.10( )−
287 ±10( ) kJ/mol

RT
−7.96 ±0.42( ) XAn−2.33 ±0.41( ) 1−δ( )  ,  (A14) 590 

where δ is a step function indicating the absence (δ = 0) or presence (δ = 1) of silica in the petrological 591 
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system. As silica is not a typical mineral in oceanic gabbros, δ in Eq. (A14) is set as unity for our 592 

diffusion modeling.  593 

The only existing REE diffusion data for plagioclase were experimentally measured in Cherniak 594 

(2003) for three different plagioclase crystals (An23, An66, and An93) at 925–1350 °C. A striking feature of 595 

the REE diffusion data is their strong negative correlation with the anorthite content in plagioclase. 596 

Through multiple linear regression analysis, we found that all REE diffusion data from Cherniak (2003) 597 

can be described by the following Arrhenius equation,  598 

   
ln DREE

plg =−3.21 ±2.55( )−
437 ±26( ) kJ/mol

RT
−5.56 ±0.84( ) XAn  .  (A15) 599 

REE diffusion coefficients predicted by Eq. (A15) differ from the experimentally determined values 600 

generally by within a factor of two (Fig. A1c). The differences are comparable to the reported 601 

uncertainties in Cherniak (2003). Eq. (A15) is then used in our diffusion model (Eq. A1) to simulate REE 602 

diffusion in plagioclase. Interestingly, Mg and REE diffusion coefficients in plagioclase show similar 603 

dependence on plagioclase anorthite contents, but the absolute values of the former are greater than those 604 

of the latter by ~2–4 orders of magnitude (Fig. A1d). 605 

Interdiffusion coefficients of Ca-Mg-Fe in clinopyroxene were measured in three experimental 606 

studies (Brady and McAllister, 1983; Dimanov and Wiedenbeck, 2006; Müller et al., 2013). The recent 607 

measurements of Müller et al. (2013) for diopside (XCa = 1.0 per six-oxygen) at 1 atm are similar to those 608 

of Dimanov and Wiedenbeck (2006); however, both are about one order of magnitude greater than Brady 609 

and McAllister’s measurements. The differences may be attributed to the low-Ca clinopyroxene used in 610 

Brady and McAllister (1983) (XCa = 0.5 per six-oxygen) or perhaps to the higher pressure (2.5 GPa) of 611 

Brady and McAllister’s experiments. Nevertheless, Müller et al.’s diffusion data cover a broader range of 612 

temperatures and are more relevant to oceanic gabbros regarding the clinopyroxene composition and 613 

pressure. Thus, the Arrhenius expression of Müller et al. (2013) is used in our diffusion model to simulate 614 

Mg diffusion in clinopyroxene. With the increase of anorthite content in plagioclase (e.g., An = 20–100), 615 

the relative differences in Mg diffusivities between clinopyroxene and plagioclase are reduced from about 616 
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three orders of magnitude to less than a factor of two (Fig. A1d). 617 

Tracer diffusion coefficients of REE in clinopyroxene have been reported in two experimental 618 

studies (Sneeringer et al., 1984; Van Orman et al., 2001). With a more complete list of REE in a natural 619 

clinopyroxene crystal, Van Orman and coworkers showed that REE diffusion coefficients in 620 

clinopyroxene decrease systematically with the increase of REE ionic radii (Fig. A1d). The compositional 621 

effect, if any, on REE diffusivities in clinopyroxene is unknown due to the lack of diffusion data for 622 

variable clinopyroxene compositions. Thus, the Arrhenius equations of Van Orman et al. (2001) for 623 

individual REE are then implemented in our diffusion model to describe REE diffusivitites in 624 

clinopyroxene, which are generally greater than those in plagioclase by up to three orders of magnitude 625 

(Fig. A1d). Compared with the interdiffusion coefficients of Ca-Mg-Fe from Müller et al. (2013), REE 626 

diffusivities in clinopyroxene are ~1–3 orders of magnitude smaller (Fig. A1d).  627 

 628 

Appendix B. Supplementary materials 629 

Supplementary materials related to this article can be found online. 630 
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 757 

Figure captions 758 

Figure 1 Plots showing (a) the variations of temperatures (TMg) calculated using the plagioclase-759 

clinopyroxene Mg-exchange thermometer of Faak et al. (2013) as a function of silica activity and (b) the 760 

differences of two existing silica activity models for a basaltic system. Light yellow region in (a) 761 

indicates the temperature calibration range for the thermometer of Faak et al. (2013). A fixed Mg partition 762 

coefficient (KMg = 0.01) and two plagioclase compositions (An50 and An80; An50 denotes 50 mol% 763 

anorthite in plagioclase) were used in (a). Inset in (b) shows the silica activity model expressions of Faak 764 

et al. (2015) and Carmichael (2004), in which T is temperature in K, R is the gas constant, and X denotes 765 

the oxide molar fraction. The melt in (b) used for Carmichael’s model has a typical basaltic composition 766 

(i.e., 022005-1522 used in Faak et al., 2013).  767 

 768 

Figure 2 Plots showing (a) bulk closure temperatures of REE (red curves) and Mg (blue curves) in a 769 

plagioclase-clinopyroxene assemblage (ϕplg = ϕcpx; Lplg = Lcpx) as a function of effective cooling rate (see 770 
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definition in Appendix A.2) and initial temperature and (b) the differences in bulk closure temperatures 771 

between REE and Mg against REE bulk closure temperatures for four initial temperatures (thick red 772 

curves) and a range of cooling rates (thin blue curves). Error envelopes mark the uncertainties due to a 773 

factor of two variations in Mg and REE diffusivities in plagioclase (cf. Fig. A1). Yellow markers denote 774 

six representative samples. Among them, A, B, C, and D have the same initial temperature but different 775 

cooling rates, whereas E and F indicate anomalous examples possibly due to uncertainties of the bulk 776 

closure temperatures and/or complex cooling histories. Vertical grey lines in (a) link the bulk closure 777 

temperatures of REE and Mg for the same cooling rates. The Mg bulk closure temperatures of points A, B 778 

and E in (a) are below the plotted temperature interval (900–1350 °C). The REE bulk closure temperature 779 

of point D in (a) overlaps with its Mg bulk closure temperature.  780 

 781 

Figure 3 Comparisons between experimental temperatures and thermometer-predicted values for 304 782 

phase equilibria experiments from 43 studies in the literature (a) and for 18 diffusion experiments from 783 

Faak et al. (2013) (b). Grey regions in (a) and (b) indicates the temperature calibration range of the 784 

thermometer of Faak et al. (2013). Predicted temperatures in (a) were calculated using the thermometer of 785 

this study (Eq. 6), while those in (b) were calculated using two different thermometers (this study vs. 786 

Faak et al., 2013). Inset in (b) displays the distinct temperature dependences between the two 787 

thermometers for a given plagioclase (XAn = 0.85). Note that the gabbro-relevant partitioning data of Faak 788 

et al. (2013) were used as independent tests of our new thermometer. SE in (a) denotes the standard error 789 

of our new thermometer (Eq. 6). See Table S1 for details of the phase equilibria experiments used for our 790 

thermometer calibration. 791 

 792 

Figure 4 Plots showing the variations of REE and Mg bulk closure temperatures in plagioclase-793 

clinopyroxene aggregates as a function of anorthite contents in plagioclase (An; a), relative grain radii 794 

(Lplg/Lcpx; b) and relative mineral modes (ϕplg/ϕcpx; c). Bulk closure temperatures were calculated using 795 



 33 

effective cooling rates of 10-3, 10-2.5, 10-2, 10-1.5, and 10-1 °C/yr•mm2 (see definition in Appendix A.2) at 796 

an initial equilibrium temperature of 1150 °C. Methods of diffusion simulations are outlined in Appendix 797 

A, and necessary conditions for different simulations are shown as insets in individual plots. 798 

 799 

Figure 5 Stratigraphic variations of averaged major element (a) and REE (b) compositions of plagioclase 800 

and clinopyroxene in Hess Deep samples. Depths are the reconstructed stratigraphic positions below the 801 

dike-gabbro transition (DGT). Error bars denote the standard errors of the average values, indicating the 802 

grain-scale variations of the mineral compositions. 803 

 804 

Figure 6 Plots showing  (a) Mg and REE bulk closure temperatures of Hess Deep samples as a function 805 

of plagioclase anorthite contents,  (b) the closure temperature differences against REE bulk closure 806 

temperatures, and (c-d) stratigraphic variations of the inverted initial temperatures and cooling rates. The 807 

straight line in (a) denotes the linear regression of REE bulk closure temperatures against plagioclase 808 

anorthite contents, and the gray region in (a) indicates the ±20 °C standard error. Arrows in (a) and (b) 809 

indicate the direction of decreasing cooling rates for a given initial temperature. The grey region in (b) 810 

displays the total range of Dodson limits associated with modal abundances and grain sizes of individual 811 

Hess Deep samples at an initial temperature of 1400 °C. The conductive (orange curve) and hydrothermal 812 

(light blue region) cooling profiles in (d) are taken from the thermal modeling results of Maclennan et al. 813 

(2005). Faak15 in (d) denotes the cooling rates of Hess Deep samples reported in Faak et al. (2015). 814 

 815 

Figure 7 A schematic illustration of crustal formation beneath fast-spreading mid-ocean ridges. Thin 816 

white curves are isotherms from Dunn et al. (2000) showing the thermal structure derived from seismic 817 

tomography assuming the effects of anharmonicity and anelasticity. Blue curves with arrows indicate 818 

hydrothermal circulations near the ridge axis for efficiently removing heat across the entire crust. Thick 819 

white arrows denote the directions of mantle flows and spreading plates. The axial magma chamber is 820 
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stable during crustal formation, whereas off-axial magma lenses likely solidify on timescales of hundreds 821 

to thousands of years except for those with successive melt replenishments. 822 

 823 

Figure A1 Comparisons between model-predicted diffusion coefficients of Mg (a-b) and REE (c) in 824 

plagioclase and experimentally determined values from diffusion experiments in the literature, and 825 

Arrhenius plot (d) showing Mg (dashed lines; Eq. A14) and REE diffusion coefficients in plagioclase 826 

(solid lines; Eq. A12) as a function of anorthite content in plagioclase at 1200 °C (orange) and 1000 °C 827 

(blue). Dark grey lines in (a-c) indicate the 1:1 correlation lines, while thin grey lines outline a factor of 828 

two variations. Error bars show the uncertainties reported in the literature (a-c) as well as the standard 829 

errors derived from the regression analyses (c). LW1998 in (b) denotes the data from LaTourrette and 830 

Wasserburg (1998). For comparison, Mg diffusion coefficients in plagioclase are reduced by three orders 831 

of magnitude in (d). Arrows in (d) denote Mg (Müller et al., 2013) and REE diffusion coefficients (Van 832 

Orman et al., 2001) in clinopyroxene at 1200 °C (orange) and 1000 °C (blue). 833 
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