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Abstract

Carbonate-poor sandy sediments comprise much of the shelf area, and—despite their low CaCO3 content—contain a sig-
nificant pool of CaCO3 base available to neutralize ocean acid. Here, we conducted flow-through column experiments on per-
meable, carbonate-poor sand obtained from Catalina Island, CA, to quantify CaCO3 dissolution across a range of current
and future seawater conditions. Using 13C isotope mass balance, we show that dissolution depends both on the CaCO3

saturation state (X) of the inflowing seawater, as well as porewater residence time. At current ocean conditions (Xaragonite = 2.4
and Xcalcite = 3.7 at our field site), dissolution was negligible for porewater residence times < 1.8 h, but increased thereafter,
following sufficient production of CO2 from aerobic respiration. As X of inlet water was lowered, simulating future ocean
conditions, dissolution began earlier and rates increased. The response to acidification was similar to previously reported
observations in carbonate-rich shelf environments, suggesting that carbonate-poor sediments have the potential to support
enhanced dissolution in an acidifying ocean, given sufficient CaCO3 substrate. With continued acidification projected to occur
this century, these sediments could transition from a net source of acid to the overlying seawater (production of alkalinity to
dissolved inorganic carbon, DAlk/DDIC < 1) to net source of buffering capacity (DAlk/DDIC > 1) when overlying seawater
Xaragonite reaches 0.96 to 0.69 (Xcalcite = 1.50 and 1.07), depending on porewater residence time. In some areas with naturally
acidic water, this threshold has already been reached.
� 2022 Elsevier Ltd. All rights reserved.
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1. INTRODUCTION

The ocean has absorbed approximately one quarter of
anthropogenic carbon dioxide (CO2) emissions since prein-
dustrial times, causing a decrease in global average seawater
pH by 0.1 unit (Caldeira and Wickett, 2005; Friedlingstein
et al., 2020). As CO2 emissions continue, average global
surface ocean pH is expected to fall by up to 0.5 unit
by 2100 (Caldeira and Wickett, 2005). In a more acidic
ocean, the dissolved inorganic carbon (DIC) pool is
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thermodynamically shifted away from carbonate ions
(CO3

2–), and the stability of calcium carbonate (CaCO3) min-
erals decreases. The resulting dissolution of CaCO3 releases
alkalinity and consumes CO2, constituting an important
negative feedback on atmospheric CO2 levels (as reviewed
in Zeebe, 2012). While full sequestration of anthropogenic
CO2 is thought to require silicate weathering on the time-
scale of millions of years, CaCO3 dissolution is relatively
more important on shorter timescales (<10,000 y). In deep
sea sediments, increased CaCO3 dissolution in response to
rising CO2—termed ‘‘carbonate compensation”—depends
on ocean circulation delivering high-CO2 surface water to
depth, and thus occurs on the > 1,000-y scale (Broecker
and Peng, 1987). We are beginning to see signs of this
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process in the deep North Atlantic (Perez et al., 2018; Sulpis
et al., 2018).

Sediments on the continental shelves are not typically
considered in the discussion of carbonate compensation,
as they are bathed in surface seawater with higher CaCO3

saturation states (Zeebe and Westbroek, 2003). However,
in theory, these sediments may respond quickly to acidify-
ing surface seawater due to several factors, including: high
concentrations of more soluble carbonate forms (aragonite
and high-Mg calcite); high rates of organic matter (OM)
deposition and respiration, which lower porewater pH; nat-
urally acidic water from upwelling and/or terrestrial nutri-
ent input; and, in the case of coarse-grained sediments,
enhanced mineral-seawater interaction via porewater
advection. Despite this potential, we currently have little
understanding of how CaCO3 in sediments on the continen-
tal shelf respond to ocean acidification.

The continental shelf comprises just 7% of global ocean
area (Emery, 1968), but is disproportionately important in
ocean carbon cycling. For example, 80% of marine organic
matter (OM) burial and 90% of benthic respiration are esti-
mated to occur in shelf sediments (Gattuso et al., 1998).
Rapid mixing with deeper waters can then effectively shuttle
respired CO2 to depth, making the shelf area a more effi-
cient CO2 sink than surface waters of the open ocean
(Tsunogai et al., 1999; Thomas et al., 2004; Cai, 2011). Fur-
thermore, it is estimated that half of oceanic CaCO3 is bur-
ied on the shelves, while the remaining half is distributed
across the slopes and vast deep ocean (Milliman, 1993;
Iglesias-Rodriguez et al., 2002). Despite this, CaCO3

dynamics in shelf sediments remain poorly understood,
and little has changed since Milliman and Droxler’s
(1996) assessment that ‘‘Of all the carbonate environments,
we probably know the least about carbonate production,
export, and accumulation on continental shelves.”.

In studies focused on CaCO3 cycling, the global shelf
area is often divided into four environmental categories,
including coral reefs, banks/bays, carbonate shelves, and
carbonate-poor shelves. The latter two groups are easily
divided as sediments are bimodal in terms of either high-
or low-carbonate content (Milliman, 1993). While a com-
prehensive quantification of global shelf CaCO3 content is
beyond the scope of this study, it is clear from existing data
that carbonate-poor sediments, composed primarily of
detrital or relict silicates with minor amounts of biogenic
CaCO3, make up a significant fraction—by some estimates
more than half—of the global shelf area (Milliman, 1993;
Jenkins, 2021). Despite their large extent, they are not com-
monly studied for CaCO3 dynamics, presumably due to
their low CaCO3 content (<1%) (Krumins et al., 2013).
As a result, recent estimates of global CaCO3 accumulation
on the carbonate-poor shelf vary by two orders of magni-
tude (Iglesias-Rodriguez et al., 2002; O’Mara and Dunne,
2019). In contrast, there are many measurements of CaCO3

dissolution in shallow-water, coral reef sands (Boucher
et al., 1998; Yates and Halley, 2003; Yates and Halley,
2006; Andersson et al., 2007; Rao et al., 2012; Andersson
and Gledhill, 2013; Cyronak et al., 2013b; Cyronak et al.,
2013a; Eyre et al., 2014; Andersson, 2015; Cyronak and
Eyre, 2016; Trnovsky et al., 2016; Fink et al., 2017; Eyre
et al., 2018; Stoltenberg et al., 2020; Stoltenberg et al.,
2021).

In addition to ecosystem type, shelf sediments can be
further divided into fine-grained sediments, in which dis-
solved components in porewater move primarily through
diffusion, and coarse-grained sediments (average grain size
equal to or larger than very fine sand, 62.5 lm), in which
porewater movement is driven by advective transport. In
the latter, solute transport can exceed diffusive flows by sev-
eral orders of magnitude (Precht and Huettel, 2004).
Approximately half of the continental shelf is thought to
be covered by coarse-grained sediments (Hayes, 1967;
Hall, 2002). Porewater flow through these sands occurs
on globally relevant scales, with the entire ocean volume fil-
tering through sediments every 3,000 to 14,000 years (Riedl
et al., 1972; Moore et al., 2008; Santos et al., 2012). This
largescale movement of seawater acts as a ‘‘subtidal pump”,
stimulating biogeochemical processes via the delivery of
oxygen (O2) and OM to particle-attached microbes, fluctu-
ating redox conditions, and removal of diagenetic byprod-
ucts (Riedl et al., 1972; Shum and Sundby, 1996; Rusch
et al., 2006). As a result, benthic CaCO3 dissolution can
be higher under advective versus diffusive porewater condi-
tions (Rao et al., 2012; Cyronak et al., 2013b; Cyronak
et al., 2013a). Unfortunately, complex advection dynamics
in permeable sands also makes quantifying processes and
fluxes difficult; techniques commonly used in diffusion-
dominated sediments (e.g., porewater profiles, core incuba-
tions, etc.) are not useful because they do not consider nor
accurately reproduce in situ advection (Boudreau et al.,
2001; Huettel et al., 2014). Instead, alternative techniques
such as advective chambers, flumes, and flow-through col-
umns are used in permeable sediments. Because these
approaches are arguably more challenging to implement
and/or interpret, measurements of CaCO3 dissolution in
permeable sediments are less common, and to our knowl-
edge there are no direct measurements in carbonate-poor
sands. Furthermore, few dissolution studies in sands exist
outside of the tropics, although colder waters are already
less saturated with respect to CaCO3 minerals, and expected
to be more sensitive to ocean acidification (Andersson et al.,
2005).

This study attempts to fill this gap by measuring CaCO3

dissolution in carbonate-poor sands collected from the Cal-
ifornia coast. We used flow-through columns with alkalin-
ity, DIC, and C isotopic measurements to quantify
CaCO3 dissolution rates across a range of CaCO3 satura-
tion states predicted for the coming century. The flow-
through column technique also allowed us to control pore-
water residence time and advection rate to assess the
response to acidification in different advection conditions.
In this way, we aim to improve our understanding of how
sediments on the continental shelves respond to ongoing
ocean acidification and other global changes (e.g., wave
and current energy) that may affect porewater advection
dynamics.
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2. METHODS

2.1. Experimental setup

Flow-through sand column experiments, commonly
referred to as flow-through reactor (FTR) experiments,
were conducted in June-July 2018 and March-May 2019.
Sand was collected from the low intertidal by surface grab
samples from Fisherman’s Cove on Catalina Island, off the
coast of Los Angeles, CA, USA (33.4450289 N,
118.4838903 W (WGS84)). This sand was considered a rea-
sonable representation of coarse-grained, detrital shelf sed-
iments. Although seabed properties on the shelf are
extremely varied, a global, quantitative analysis of grain
size, OM content, etc. is beyond the scope of this paper
(Jenkins, 2021). Following collection, sand was sieved
through a 2-mm sieve to remove rocks and macrofauna.
In all cases, very little, if any, material was retained by
the sieve (i.e., gravel fraction was negligible). Sand was sub-
sequently packed into columns, or stored under running
seawater in the laboratory prior to packing (within 24 h
of collection).

Columns were constructed from 5.7 cm inner diameter
by 30 cm tall polycarbonate tubes, with each end enclosed
by a mesh screen and rubber bungs connected to inlet/out-
let tubing (Fig. 1). Sample ports were drilled into the col-
umns at two intermediate heights, thus providing four
total sampling ports at 0 (inlet), 8.5 (bottom), 18.5 (middle),
and 26 cm (top) sand height. Columns were placed in a
temperature-controlled room set to 19� C (June-July
2018) or 16� C (July 2018, and March-May 2019). The
two selected temperatures were not tested as explicit exper-
imental treatments, but instead represent spring (16� C) or
Fig. 1. Schematic of flow-through sand column. Water is
peristaltically pumped from a gas-impermeable bag reservoir
upward through the column. Sample ports are located below the
column (0 cm sand height), at 8.5 cm, 18.5 cm, and above the
column (26 cm sand height).
annual (19� C) mean water temperatures at the research
site.

Packed columns were then connected via the lower
(0 cm) port to approximately 50 cm of 1/800 ID tubing
(Tygon F-4040-A) connected via a peristaltic pump to a 5
or 10 L gas-impermeable, foil bag (Supel-Inert multi-layer
foil with screwcap valve). Gas-proof bags were used instead
of open bottles to eliminate the loss of CO2 and thus main-
tain the carbonate saturation state (X) of the inlet seawater.
Evacuated bags were pre-filled with 0.2 lm filtered seawa-
ter, also collected from Catalina Island. For some treat-
ments, henceforth referred to as ‘‘acidified”, inlet X was
lowered by injecting HCl into the bags prior to the experi-
ment. In this case, the bags were shaken for several hours
prior to connecting to the columns to ensure thorough mix-
ing of the acid. It should be noted that HCl lowers X by
reducing alkalinity at a constant DIC, whereas in reality,
ocean acidification increases DIC, but maintains alkalinity.
Methodological studies have found no difference between
these two manipulations on biological processes or CaCO3

dissolution at a given X (Andersson and Mackenzie, 2012).
Water was peristaltically pumped from the bags,

upwards through the columns at specified pump rates.
Most experiments were run at 1 mL min�1, but a subset
was also run at 0.5 or 2 mL min�1 to test different advection
rates and longer/shorter residence times. The 1 mL min�1

pump rate yielded porewater residence times of approxi-
mately 1.8, 3.6, and 5.4 h (for bottom, middle, and top
ports, respectively), based on a measured porosity of 0.5.
These nominal times are used throughout the discussion,
but actual porewater residence times varied slightly for each
column. Pump rates were verified by weighing outlet water
after several hours, and adjusted as necessary to reach the
target pump rate. By visual inspection during and after
the experiment, there was no evidence of channeling or flow
along the column sides. Breakthrough curve experiments
using fluoride tracer also indicated no channeling, and the
apparent dispersivity suggested an average variation in
porewater residence time of approximately ± 10% (Supple-
mental Material).

Pump rates were selected to replicate realistic advection
rates (also commonly referred to in the literature as ‘‘flush-
ing rates”). Our advection rates ranged from 280 to 1130 L
m�2 d�1, similar to those measured in situ in medium-
coarse sand by Reimers et al (2004) (300 to 1,300 L m�2

d�1). In situ porewater advection measurements are scarce,
but several studies have estimated average flushing rates
that are slower than those used in our study, on the order
of 100 L m�2 d�1 (Precht and Huettel, 2004; Santos
et al., 2012; McGinnis et al., 2014). However, higher rates,
up to 8,000 L m�2 d�1, have been documented for high
energy environments (McLachlan, 1989). A related, but dis-
tinct, metric for advection is porewater advective velocity.
Our velocities—2.3 to 9.2 cm h�1—were similar to those
measured by Reimers et. al. for sediments deeper than
1 cm. Like advection rate, porewater velocities also vary
widely depending on sediment depth and hydrodynamic
forcing, and can range from < 1 to > 300 cm h�1, although
most hydrodynamic processes result in velocities
of < 20 cm h�1 (Oberdorfer and Buddemeier, 1986;
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Precht and Huettel, 2004). Thus, our advection rates were
selected to represent a range of realistic conditions.

Pumping continued for at least 48 hours (equivalent to
flushing the column volume > 8 times) prior to initial sam-
ple collection in order to remove respiratory byproducts
accumulated during column preparation. During this time,
the top outlet water was sampled and analyzed regularly to
ensure that alkalinity and DIC were stable prior to taking
samples for data analysis. Final samples were collected
approximately 48–72 hours after pumping began for 1
and 2 mL min�1 experiments, and up to 146 hours after
pumping began for the 0.5 mL min�1 experiments.

Samples were collected using glass syringes attached to
one outlet port at a time, filling passively by pump pressure.
Top port samples were collected first, then the lower ports
collected in sequence (e.g., middle, then bottom) to avoid
sampling stagnant porewater in the upper column following
sampling at lower levels. For each sample, at least 40 mL
water was collected for DIC and d13C (24 mL) and alkalin-
ity (14 mL) analysis, as well as for O2 for a subset of the
1 mL min�1 columns.

2.2. Isotope spike experiments

Two sets of column experiments were run with the addi-
tion of a small amount (50 mg) of either 13C-labeled calcite
(April 2019) or 13C-labeled aragonite (May 2019) added to
the sediment. These experiments served as a test to confirm
the presence or absence of dissolution observed in the nat-
ural abundance experiments, and to constrain the X at
which aragonite and calcite dissolution begins (Xarag and
Xcalc, respectively). (Dissolution rates were not calculated
in these columns.) The 13C-calcite (>99% 13C) was pur-
chased from Aldrich, and the 13C-aragonite (100 ± 5%
13C) was grown in our lab using a gel-diffusion method
(Nickl and Henisch, 1969; Dong et al., 2019). Each 13C
spike was sieved to grain size fractions similar to the sand
(between 0.05 mm and 2 mm), weighed, then thoroughly
mixed into a bucket of drained sand, with just enough sand
volume to fill the necessary columns. The mass of labeled
carbonate added was approximately 0.5% of the total PIC
present in the natural sand. This low spike addition was
used to minimally alter the CaCO3 content of the sand,
yet provide a clear dissolution signal in d13C. The amended
sand had a � 50% increase in 13F (the ratio of 13C to total C
content) compared to the natural sand, and the resulting
d13CPIC was 702‰ (±15) for the calcite experiment, and
457‰ (±164) for the aragonite experiment.

For both the calcite and aragonite spike experiments,
four columns were incubated: two sets of paired spike/
non-spike columns, one pair which was exposed to natural
seawater (Xarag = 2.3 to 2.4), and the other pair which was
exposed to acidified seawater (Xarag = 1.2 to 1.3). These
four columns were incubated simultaneously to a) confirm
no significant treatment effect of the isotope spike on alka-
linity or DIC production, and b) to calculate dissolution of
the spike using the isotopic difference between the paired
spiked and control (non-spiked) columns.
2.3. Sample analysis – liquid phase

Dissolved O2 concentrations were measured immediately
upon sample collection. Measurements were taken by
microsensor electrode (A/V Unisense) in 2018, or by optode
(NeoFox, Ocean Optics) in 2019, in both cases standardizing
between air-saturated and anoxic (N2-purged) seawater.
Error on O2 measurements was assumed to be 5%.

For alkalinity, DIC and d13C, water samples were fil-
tered (0.45 lm pore size), refrigerated and analyzed within
one week of collection. Alkalinity samples were collected in
15 mL Falcon tubes, and measured by open-system Gran
titration on a custom-built instrument consisting of an elec-
trode connected to a pH meter (Metrohm Ecotrode and
Mettler Toledo SevenCompact, respectively) and electronic
titrator (Metrohm 876 Dosimat Plus). Weighed samples
were equilibrated to 21C, stirred, and aerated during titra-
tion with 0.05–0.1 M HCl, as controlled by a custom
MATLAB script that adds acid in 0.01 mL increments
and measures pH in 20 s intervals. After 12 time points,
the alkalinity endpoint was determined using a nonlinear
least-squares approach. A standard reference (Dickson sea-
water) was run at the beginning of each analytical run to
ensure consistency. Long-term alkalinity precision (stan-
dard deviation) for this analysis is about 4 leq kg�1 over
several months.

Aliquots for DIC and d13C analysis were collected in
duplicate by injecting 7 mL sample into pre-evacuated
12 mL exetainer vials (Labco). Samples were transferred
directly from the glass syringe, through a filter, into the
vials, thereby avoiding DIC loss from outgassing. Samples
were then measured with a cavity ringdown spectrometer
(CRDS; Picarro Model G-2131) coupled to a Picarro Liai-
son interface and a modified Automate autosampler.
Approximately 3 mL of 10% H3PO4 was added to each
sample, and the CO2 carried with N2 carrier gas through
a Nafion desolvating line, to the CRDS. Standard refer-
ences (OPT calcite calibrated against measurements at the
UC Davis Stable Isotope Lab and Dickson seawater) were
included in each analytical run. Both DIC and d13C were
normalized to multiple standards and corrected for blanks,
water content, and machine drift, as appropriate. The pre-
cision (standard deviation) for this method
was < 12 lmol kg�1 for DIC and < 0.15‰ for d13C.

2.4. Sample analysis – solid phase

Sand used in the incubations was analyzed for solid
phase parameters, including grain size, porosity, percent
total particulate C, and particulate inorganic C (TC and
PIC, respectively), as well as the d13C of TC and PIC.
For a subset of incubations, percent particulate organic C
(POC) and its associated d13C were also measured. %TC
and d13CTC were analyzed on 50 mg sand aliquots which
were dried, ground, and packed in 6x10 mm tin capsules,
then combusted on a Costech ECS 4010 Elemental Ana-
lyzer, coupled to the CRDS. %PIC and d13CPIC were
analyzed by weighing 150 mg aliquots into 12 mL exetainer
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vials, which were subsequently evacuated, injected with
5 mL 10% H3PO4, vortexed to convert PIC to CO2 gas,
then run through the CRDS. For %POC and d13CPOC,
dried and ground aliquots were weighed into 6x10 mm sil-
ver capsules, then acidified with H3PO4 until bubbling
ceased. After drying, the silver capsules were packed into
larger (9x10mm) tins, and analyzed on the Elemental
Analyzer-CRDS system. For experiments where POC was
not measured directly, %POC was calculated as the differ-
ence between %TC and %PIC, and d13CPOC calculated
from the PIC, TC, and OC isotope mass balance. This
approach was confirmed to be reasonable by comparing
measured and calculated POC and d13CPOC values for
experiments with both data available: OC differed by < 0.
01 %C and d13COC by < 0.5‰.

Carbonate mineralogy was determined both by Raman
spectroscopy and x-ray diffraction (XRD) at the Natural
History Museum of Los Angeles County. Sand porosity
was measured by mass difference between wet and dry sam-
ples (60C oven until constant weight), assuming a mineral
density of 2.6 g cm�3 and correcting for seawater salt con-
tent. The sand grain size distribution was measured by wet,
then dry sifting with metal sieves ranging in mesh size from
2 mm to 62.5 lm.

2.5. Calculations

Alkalinity and DIC data were used to calculate Xarag

and Xcalc using either the CO2SYS Excel macro (v 2.05)
or Matlab code (v 1.1) (Lewis and Wallace, 1998; van
Heuven et al., 2011), with options set as: total pH scale,
KHSO4 from Dickson (1990), and CO2 constants from
Mehrbach et al (1973), refit by Dickson and Millero
(1987). Uncertainties were calculated using analytical errors
Table 1
Measured alkalinity, DIC and O2 production or consumption; calculate
dissolution (DICPIC) from a representative sample of columns (those for
data and a respiration quotient of 1.1. For comparison, DICPIC values wer
or the DIC budget (DICadded minus DICOM). Both methods yield DICPIC

the 13C budget are used throughout the text. Approximate errors (stand
measured Alkadded; 17 mmol kg�1 for measured DICadded; and 12 mmol k

Inlet

Xarag

Porewater

residence time (h)

Alkadded
(mmol kg�1)

DICadded

(mmol kg�1)

O2 consu

(mmol kg

0.12 1.8 605 400 �120
3.6 827 493 �160
5.4 920 574 �170

1.04 1.8 61 130 �110
3.6 250 224 �152
5.4 332 271 �151

1.29 1.8 80 189 �148
3.6 211 326 �225
5.4 273 337 �236

2.42 1.8 9 121 �132
3.6 50 195 �152
5.4 141 263 �156

2.43 1.8 �24 138 �148
3.6 25 231 �227
5.4 73 249 –233
and default errors for thermodynamic constants defined in
Orr et al. (2018).

Production (or consumption) of DIC, alkalinity, and O2

was assessed as the difference between inlet and outlet con-
centrations at each port (for example for DIC):

DICadded ¼ DICout � DICin ð1Þ
Where DICout and DICin are the concentrations of DIC

measured at each outlet or the inlet, respectively (mmol
kg�1). Areal production (or consumption) rates were then
calculated at each outlet port, on a time-normalized basis
as (for example for DIC):

Production rate ¼ ðDICaddedÞð1:025ÞðQÞ=ðAÞ ð2Þ
Where 1.025 kg L�1 considers the density of seawater; Q

is the flow rate of the experiments (in L h�1); and A is the
cross-sectional area of the sand column (0.0026 m2). A sim-
ilar procedure was followed to calculate alkalinity produc-
tion (Alkadded) and O2 consumption (using Eq. (1)) and
their respective areal production rates (using Eq. (2)).

CaCO3 dissolution was calculated based on the isotope
mass balance difference between inlet and outlet water,
per the following equations:

ðDICaddedÞðd13CaddedÞ ¼ ðDICoutÞðd13CoutÞ � ðDICinÞðd13CinÞ
ð3Þ

ðDICaddedÞðd13CaddedÞ ¼ ðDICPICÞðd13CPICÞ þ ðDICOM Þðd13COM Þ
ð4Þ

Where d13Cadded is the mean value of seawater d13C
added between the inlet and outlet port, and DICPIC and
DICOM refer to DIC production from PIC and OM, respec-
tively. The only two unknowns—DICPIC and DICOM—can
d DIC added from OM respiration (DICOM); and calculated PIC
which O2 was measured). DICOM values were calculated using O2

e calculated with two different methods, using either the 13C budget,
within analytical error for most columns. DICPIC calculated using

ard deviation) are as shown for calculated values; 7 mmol kg�1 for
g�1 for O2 consumed.

med
�1)

DICOM

(mmol kg�1)

DICPIC from
13C budget

(mmol kg�1)

DICPIC from DIC

budget (mmol kg�1)

133 (±10) 326 (±52) 268 (±53)
176 (±10) 347 (±39) 317 (±40)
187 (±10) 397 (±38) 387 (±40)
121 (±9) 12 (±3) 10 (±10)
167 (±9) 58 (±9) 58 (±13)
166 (±9) 101 (±15) 105 (±17)
162 (±14) 22 (±4) 27 (±14)
248 (±13) 96 (±11) 78 (±17)
259 (±13) 84 (±9) 78 (±16)
146 (±10) �17 (±5) �25 (±11)
167 (±10) 22 (±4) 28 (±10)
171 (±10) 65 (±9) 91 (±13)
162 (±14) –33 (±7) �24 (±16)
249 (±13) 6 (±1) �18 (±13)
257 (±13) 3 (±0) �8 (±13)
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be solved for using Eqs. (1), (3), and (4), and the reasonable
assumption that added DIC originates only from PIC and
OM. For comparison and validation of the isotope budget
approach, DICPIC was also calculated independently for a
subset of columns (those for which O2 was measured) using
the DIC budget, as DICadded minus DICOM derived from
O2 measurements (Table 1). For this calculation, DICOM

production was calculated using O2 consumption and a res-
piration quotient (–O2 consumed:DICOM respired) of 1.1
(Moreno et al., 2020). Errors for all derived values were cal-
culated by propagation of average analytical errors.

For the 13C-spike experiments, CaCO3 dissolution was
not explicitly calculated, as the kinetics of biogenic and abi-
otic CaCO3 dissolution can vary (Subhas et al., 2018).
Rather, any increase in d13C in the spiked column samples
was taken as evidence of spike dissolution. This is presented
hereafter as Dd13C, the difference between the d13C of the
spike (d13Cout_spike) and control (d13Cout_control) column
outlet water. This approach assumes identical d13C for
the inlet water of both columns, which was confirmed
within analytical error. Because a small amount of spike
Fig. 2. Alkalinity added (A), DIC added (B), CaCO3 dissolution determi
porewater residence time. Each line represents a single column experiment
the inlet seawater. Analytical errors (SD) are 5.6 lmol m�2 h�1 for alk
CaCO3 dissolved and X.
dissolution results in a large increase in d13C, the spiked
experiments provide a highly sensitive method for confirm-
ing dissolution of the different CaCO3 crystal forms under
different inlet X values.

3. RESULTS

3.1. Sediment characterization

Porosity averaged 0.51 (±0.02), and grain size was dom-
inated by medium-coarse sand (grain size distribution: 19%,
36%, 38%, 7%, and 0% for > 1 mm, 0.5 to 1 mm, 0.25 to
0.5 mm, 0.06 to 0.25 mm, <0.06 mm, respectively). Carbon
content was consistently low across collection dates: TC
averaged 0.25% (±0.01%), with PIC 0.10% (±0.01%) and
POC 0.14% (±0.01%). d13C values varied slightly across
experimental dates, with d13CTC ranging from �11.2 to
�14.5‰; d13CPIC from �0.9 to �4.1‰; and d13COC from
�19.5 to �20.1‰. Given the small PIC content, quantita-
tive mineralogical analysis was not possible. Raman spec-
troscopy and XRD both confirmed the presence of calcite
ned by 13C isotope budget (C), and porewater X (D) with respect to
at 1 ml min�1 advection rate, with line color indicating Xaragonite of

alinity added; 17 lmol m�2 h�1 for DIC added; and as shown for
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and aragonite, but the counts of each were too low for sta-
tistically significant quantification.

3.2. Consumption or production of alkalinity, DIC, and O2,

and CaCO3 dissolution

Alkalinity was generated in all columns, and there was a
clear pattern of higher cumulative alkalinity production at
lower inlet X (Fig. 2A; Table S1). In the high X (non-
acidified) columns, alkalinity production was negligible
prior to 1.8 h, but net positive by the end of the experiment
at 5.4 h. In the acidified columns (inlet Xarag < 2) however,
alkalinity production was positive over all sampling points.
The timing of peak alkalinity production also varied by
inlet X: columns with inlet Xarag < 1 typically had peak
alkalinity production (as indicated by the slope of lines in
Fig. 2A) between 0 and 1.8 h, whereas those with Xarag > 1
had peak production after 1.8 h.

Total DIC production was not well correlated with inlet
X, apart from generally lower production in the unacidified
columns and very high DIC production in the most acidic
column (inlet Xarag = 0.11) (Fig. 2B; Table S2). This
reflected the combined variability in DICPIC (DIC from
CaCO3 dissolution) at a given X (as in Fig. 2C) and DICOM

between columns. Rates of DICOM production likely varied
in part due to variable inlet O2; in the ten columns for
which inlet O2 was measured, inlet O2 was
typically > 215 lmol kg�1, although three had lower O2,
between 161–175 lmol kg�1, suggesting incomplete air
equilibration prior to initiating some experiments
(Table S3). However, this variability in inlet O2 was small
in comparison to the range of inlet X’s tested, and did
not have a systematic effect on CaCO3 dissolution with
respect to inlet X. O2 consumption was highest during the
first 1.8 h, after which time porewater became hypoxic
(<60 lM). While O2 consumption rates slowed over time,
O2 concentrations continued to decrease, with a small
amount remaining after 3.6 h, and most columns reach-
ing < 5% saturation by 5.4 h.
Fig. 3. CaCO3 dissolution with respect to porewater residence time for
1 ml min�1; dotted line: 0.5 ml min�1.
CaCO3 dissolution calculated with the 13C isotope bud-
get (Eqs. (1), (3), and (4)) and with the DIC budget
(DICadded minus DICOM calculated from O2 consumption)
were within analytical error for most measurements
(Table 1). Henceforth, dissolution will refer to values calcu-
lated with the 13C isotope budget unless otherwise noted.
CaCO3 dissolution was observed in all columns, and, like
alkalinity production, was inversely correlated with inlet
X (Fig. 2C). Dissolution rates also varied over porewater
residence time, with different patterns for low- and high-X
columns: in the high-X (unacidified) columns, CaCO3 disso-
lution was negative (i.e., net precipitation) or near 0 at
porewater residence times < 1.8 h, but positive thereafter.
In the acidified columns, however, CaCO3 dissolution was
already positive by the first sampling point at 1.8 h. Most
of the acidified columns had peak dissolution rates between
0–1.8 h or 1.8–3.6 h, and decreased thereafter, while some
of the unacidified cores had increasing dissolution rates
through the end of the experiment. Columns treated with
different pumping rates had similar CaCO3 dissolution rates
when normalized for porewater residence time, indicating
no clear effect of advection rate across the range tested
(Fig. 3).

Porewater X changed over time in all columns (Fig. 2D).
For columns with inlet water Xarag > 0.65 (Xcalc > 1), X ini-
tially fell before rising again after 1.8 h. Most of these col-
umns fell to a minimum porewater X between calcite and
aragonite saturation. For columns with inlet Xarag < 0.65,
X steadily increased over the entire experiment. Regardless
of initial X, all columns had stable or increasing X by the
end of the experiment, with many columns reaching
Xarag > 1 by the last sampling point.

The relationship between inlet seawater X and cumula-
tive CaCO3 dissolution was approximated well by linear
models for all three porewater residence times (1.8-, 3.6-,
and 5.4-h, respectively; r2 = 0.711, 0.619, and 0.547;
p < 0.001, <0.001, and 0.002; Fig. 4). All three regressions
had similar slopes. Although mechanistic studies of dissolu-
tion kinetics have shown non-linear dissolution rates with
three different advection rates. Dashed line: 2 ml min�1; solid line:



Fig. 4. CaCO3 dissolution rates, normalized to sediment surface area, as a function of Xinlet. Linear relationships are shown for all three
residence times: r2 = 0.711, 0.619, and 0.547; p < 0.001, <0.001, and 0.002, for 1.8-, 3.6-, and 5.4-h porewater residence time, respectively. All
data are from 1 ml min�1 advection rate experiments. (Figure and linear fit exclude data for the inlet Xaragonite = 0.1 experiment.).
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respect to X for single CaCO3 morphotypes in undersatu-
rated water, we assume our sand contains a mixture of mor-
photypes, and thus use a linear model as an approximation
(Subhas et al., 2017; Naviaux et al., 2019).

Alkalinity and DIC production for the columns with
13C-labeled CaCO3 were the same (within error) as the
unspiked column for all sampling points, indicating that
the small 13C spike did not affect bulk CaCO3 dissolution
or respiration rates. However, d13C increased in the spiked
columns relative to the controls (i.e., Dd13C > 0), indicating
dissolution of the 13C-spiked mineral (Fig. 5). In the high-X
(non-acidified) seawater columns, Dd13C was significantly,
yet only slightly > 0 (aragonite), or insignificant (calcite)
at 1.8 h, indicating little or no dissolution of the spike under
short residence time conditions (Fig. 5A, and 5B, respec-
tively). However, after 1.8 h, both high-X experiments
had Dd13C > 0, suggesting dissolution of both CaCO3 spe-
cies. In the acidified columns, Dd13C was positive by the
first sampling point at 1.8 h for both mineral species, indi-
cating a more rapid onset of dissolution than in the high-X
conditions.

4. DISCUSSION

4.1. Methodological considerations

Studies of CaCO3 dissolution in permeable sediments
typically use the Alkalinity Anomaly Technique, which
assumes that dissolution is the sole alkalinity source during
an incubation (i.e., total alkalinity = CaCO3 dissolution *
2). This assumption has been shown to be reasonable for
carbonate-rich coral reef sands where anaerobic respiration
is minimal (Chisholm and Gattuso, 1991; Rao et al., 2012).
However, in our natural abundance (i.e., non-13C-spiked)
experiments, comparing the dissolution rates calculated
by 13C isotope mass balance and total alkalinity production
suggests that sources other than dissolution account for a
variable but significant fraction of total alkalinity, averag-
ing at least 20% (Fig. 6). The estimated global average for
non-carbonate alkalinity on the carbonate-poor shelf is
even higher, at 58% (Krumins et al., 2013). In these cases,
the 13C method is a better option than the Alkalinity Ano-
maly Technique, as it is not affected by non-carbonate
alkalinity.

Two additional considerations of the 13C isotope budget
method merit discussion. First, fermentation in temporarily
anoxic sands can produce DIC with extremely positive d13C
(> +20 ‰) (Bourke et al., 2017; Kessler et al., 2019; Kessler
et al., 2020). Addition of such positive d13C would increase
d13Cadded, overestimating CaCO3 dissolution in a two-
endmember isotope mixing model (since CaCO3 is the more
positive d13C endmember, relative to OM). In our experi-
ments, however, all data points except one—including the
least oxic water between the top port and outlet—had d13-
Cadded values between the OM and PIC endmembers. We
thus assume that fermentation does not interfere signifi-
cantly with our two-endmember analysis. The second
potential issue with the 13C method is CaCO3 precipitation.
The two-endmember mixing model ignores precipitation
(Eq. (4)), because the system is underconstrained for a
potential third endmember. Precipitation cannot simply
be considered ‘‘negative dissolution” because the d13C of
porewater (which precipitates) may be distinct from that
of PIC (which dissolves); however, because the d13C of
porewater (typically around + 1‰) is more similar to that
of PIC (-1 to �3‰) than OM (-20‰), precipitation is
approximately equal to ‘‘negative dissolution”. Thus,
calculated CaCO3 dissolution rates are approximately equal
to net dissolution. These considerations, and the fact that
CaCO3 dissolution calculated using two different
approaches—by isotope mass balance and by the DIC bud-
get)—lead us to conclude that our isotope mass balance-



Fig. 5. Evolution of d13C for the 13C-aragonite (A) and 13C-calcite (B) spike experiments. The y axis (Dd13C) represents the difference in outlet
water d13C of the paired 13C-spiked and natural cores: a positive value indicates higher outlet d13C in the spiked cores, resulting from
dissolution of the spike Ca13CO3. Numbers next to each point indicate porewater X for the respective mineral species at each sampling point.
‘‘High-X” treatments use unaltered seawater, whereas ‘‘low-X” treatments are acidified to near-future conditions. Error (SD) are shown for
Dd13C (smaller than point size for aragonite), and approximately 0.1 for X.
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derived dissolution rates are reasonable estimates of net dis-
solution (Table 1).

Other methodological considerations relate to how our
experimental setup differs from in situ conditions, includ-
ing: no photosynthetically active radiation (PAR; i.e.,
dark-only conditions), constant temperature, use of filtered
water, repacked sand, and constant advection rate and tem-
perature. In shallow environments, photosynthesis at the
sediment surface can increase X and depress CaCO3 disso-
lution (Yates and Halley, 2006; Rao et al., 2012; Cyronak
et al., 2013b; Fink et al., 2017; Lantz et al., 2017a). Our
data should thus be considered representative of dissolution
from deeper sites beyond the reach of PAR and/or night-
time rates. Approximately two-thirds of the shelf area is
below the effective photic zone, so dark rates are applicable
to a significant area (Gattuso et al., 2006). Similarly, our
choice of a constant, annual average temperature represents
only a subset of in situ climate conditions. Both OM
respiration rates and CaCO3 kinetics vary with tempera-
ture, and recent studies in coral reef sands have shown a
clear effect of temperature on benthic CaCO3 dissolution
(Trnovsky et al., 2016; Stoltenberg et al., 2020). Future
studies should assess this effect in carbonate-poor sands.

Because our primary variable of interest was X, we used
filtered seawater to maintain a stable inlet X. Some studies
have shown that particulate OM (POM) can be respired
quickly in permeable sands, contributing to benthic meta-
bolism and enhanced CaCO3 dissolution (Bühring et al.,
2006; Franke et al., 2006; Lantz et al., 2017b; Lantz
et al., 2020). However, other studies have shown that
POM may be highly recalcitrant (Megens et al., 2001),
and may not have a significant effect on benthic O2 demand
in sands (Wild et al., 2005). The suspended POC concentra-
tion in seawater along the California coast is typically 10 to
20 mM (Amos et al., 2019). If 10 mM of POC were com-
pletely respired in the sand column, the porewater Xarag

would drop by a maximum of 0.09, which could slightly
increase CaCO3 dissolution rates. Thus, at worst, the use
of filtered water in our experiment leads to conservative
CaCO3 dissolution rates; and at best, it has no impact.
Our columns also used repacked sand, which may have
altered the in situ geochemical and/or biological profile.



Fig. 6. Alkalinity from CaCO3 dissolution (calculated from 13C mass balance) versus total alkalinity production. The regression slope (dotted
line) suggests alkalinity produced by CaCO3 dissolution accounts for on average 80% of total alkalinity. Other alkalinity sources include
anaerobic OM respiration (see text). Solid line is 1:1, shown for reference.
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We believe this effect to be minor, however, since the sand
was collected from a high-energy intertidal zone, where
microbial gradients in surface sediment are unlikely.

Finally, our flow-through column setup uses constant,
unidirectional advection. In reality, porewater advection
in continental shelf sediments varies drastically over episo-
dic, diurnal, and seasonal timescales, driven by dynamic
processes like bio-irrigation, tidal and wave pumping, rip-
ple migration, and flow interaction with sediment topogra-
phy (Precht and Huettel, 2003; Santos et al., 2012; Huettel
et al., 2014). Thus, a constant advection rate may not accu-
rately reflect the dynamic redox and pH conditions experi-
enced by much of the shelf sediment volume, especially at
the sediment–water interface. However, because we have
framed our analysis in terms of porewater residence time,
we presume that our results can be applied to future
in situ analyses of varying advection regimes.

4.2. CaCO3 dissolution rates vary with porewater residence

time

Our results clearly show that decreased X results in
increased CaCO3 dissolution; however, the magnitude of
this effect depends on porewater residence time (Fig. 4).
Thus, we first discuss the progression of porewater carbon-
ate chemistry over time before discussing overall effects
related to inlet seawater X.

Dissolution rates progressed differently over time,
according to inlet X. In the columns exposed to the highest
X (unacidified) seawater, dissolution was initially negative
or near-0 and then increased toward peak rates near the
end of the experiment (Fig. 2C). In contrast, dissolution
in the acidified columns peaked earlier, at or prior to
1.8 h for the most acidified (Xarag < 0.6) columns. After this
initial period of differentiation, however, similar dissolution
rates prevailed across all columns as porewater X‘s con-
verged toward more similar values (Fig. 2D). The conse-
quence of this effect can be seen in Fig. 4, wherein the
dissolution vs. X slope is established by 1.8 h, and addi-
tional porewater residence time simply adds a constant dis-
solution rate to all columns, resulting in an unchanged
slope, but higher x- and y-intercepts.

This time-dependence was driven by two different pro-
cesses: (1) in low-X columns, a pulse of dissolution occurred
as an immediate result of inlet undersaturation; and (2) in
high-X columns, dissolution was delayed until OM respira-
tion sufficiently lowered porewater X. These phenomena are
illustrated by the Alkalinity:DIC vectors in Fig. 7. For the
first 1.8 h porewater residence time, the low-X column vec-
tors approach a slope of 1.8, indicating substantial CaCO3

dissolution (since each mol of CaCO3 dissolved produces
two mol of alkalinity and one mol DIC). In contrast, the
high-X columns initially have a slope near �0.2, indicative
of aerobic OM respiration (since alkalinity is slightly
decreased by the respiratory regeneration of alkalinity-
consuming nutrients) and little CaCO3 dissolution (Wolf-
Gladrow et al., 2007). It is not until after 1.8 h that the
high-X vectors turn toward the dissolution trajectory. After
3.6 h, all columns have relatively similar trajectories with
positive alkalinity production, as they have more similar
porewater X, and aerobic respiration is consistently low
due to hypoxic porewater.

Benthic CaCO3 dissolution is often considered to be
tightly coupled with OM respiration via ‘‘metabolic dissolu-
tion”, following the net reaction:

CaCO3 + CH2O + O2 ! Ca2þ + 2HCO3
� ð5Þ

(Emerson and Bender, 1981; Morse, 1985; Jahnke et al.,
1994). However, our high-X columns show a lag between
OM respiration and the onset of CaCO3 dissolution in
oversaturated water. Thus, the two processes are not neces-
sarily coupled over short porewater residence times.

This decoupling between OM respiration and CaCO3

dissolution has been described by Andersson (2015), in that



Fig. 7. Vectors for 1 mL min�1 experiments in alkalinity-DIC space, with background color indicating Xaragonite. Each column is represented
by three vectors, with porewater residence time represented by vector color: 0–1.8 h (black), 1.8–3.6 h (gray), and 3.6–5.4 h (white). Black
circles represent inlet water, white triangles outlet water, and x’s for intermediate points. Calcite and aragonite X = 1 lines are shown as
dashed and dotted lines, respectively. The key shows the vector direction (with arbitrary magnitude) for CaCO3 dissolution and aerobic OM
respiration. Approximate uncertainties are 5.6 lmol kg�1 for alkalinity, and 17 lmol kg�1 for DIC. (Figure excludes data for the
Xaragonite = 0.1 experiment.).
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coupled metabolic dissolution occurs only after a critical X
threshold is reached. In our experiments, we do not have
the resolution to see the exact porewater X at which
dissolution initiates, however the regression for our shortest
(1.8-h) porewater residence time indicates net dissolution
starts to occur at inlet Xarag = 1.75 (Fig. 4). This dissolution
threshold likely depends on CaCO3 mineralogy and OM
respiration rate, among other factors, but we note that
Anderson et al (2015) observed this same threshold in a
coral reef sand in Bermuda, to our knowledge the only
other such published value. For ambient seawater
(Xarag = 2.4), reaching this dissolution threshold
(Xarag = 1.75) would require an addition of approximately
150 mmol kg�1 DIC from OM respiration. In our experi-
ments, OM respiration during the first 1.8 h porewater res-
idence time yielded between 100 and 160 mmol kg�1 DIC,
suggesting that the dissolution threshold was reached by
or shortly after 1.8 h. Indeed, the undersaturated columns
did show positive net dissolution between 1.8 to 3.6 h. After
this time, dissolution was relatively small for most columns,
as respiration-driven dissolution became limited in the
hypoxic porewater. Thus, in current, oversaturated seawa-
ter conditions, a minimum porewater residence time on
the scale of 1.8 h (depending on respiration rates) is
required before net dissolution occurs. This delay would
presumably be longer in winter when respiration rates are
lower. As ocean acidification progresses and the saturation
state of overlying water moves closer to the critical X, how-
ever, this lag time will decrease, resulting in a faster onset of
CaCO3 dissolution. Ocean acidification is not expected to
affect OM respiration rates, but warming is expected to
do so, which could further expedite the onset of CaCO3

dissolution (Hancke and Glud, 2004; Fink et al., 2017;
Rassmann et al., 2018; Simone et al., 2021).

4.3. CaCO3 dissolution occurs at bulk porewater X > 1

CaCO3 dissolution that occurs at porewater Xarag > 1 is
typically attributed to dissolution of more soluble forms of
CaCO3 (e.g., high-Mg calcite), based on the assumption
that any given CaCO3 species will not dissolve prior to ther-
modynamic undersaturation of bulk porewater (Andersson,
2015). However, both our aragonite and calcite 13C spike
experiments showed clearly that dissolution can occur at
porewater X > 1 (Fig. 5). The aragonite spike experiment
had significant dissolution at Xarag > 1 by 1.8 h in the
high-X treatment (Fig. 5A), and the calcite spike experi-
ment showed dissolution at Xcalc > 1 in both the high-
and low-X treatments, even though porewater remained
oversaturated for the entirety of the experiments
(Fig. 5B). Calcite dissolution was apparent at
1.3 < Xcalc < 2.2, in alignment with the critical dissolution
threshold X = 1.75 suggested in Fig. 4. Such dissolution
in supersaturated porewater may occur in acidic micro-
niches, caused by either microbial activity embedded within
highly porous, biogenic carbonate, or by locally-
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accumulated CO2 in high tortuosity flow paths (Freiwald,
1995; Kessler et al., 2014). In our case, using abiotic CaCO3

with low intragranular porosity, the latter is most likely
responsible. Although high-Mg calcite may indeed play a
role in higher than expected dissolution threshold X’s, espe-
cially in coastal areas where more soluble CaCO3 species
are common (Lowenstam, 1954; Compere and Bates,
1973; McClintock et al., 2011; Lebrato et al., 2016), our
results suggest that less soluble CaCO3 morphologies can
dissolve well before measured porewater X becomes under-
saturated, and thus may also contribute to seawater acid
titration at higher saturation states.

4.4. CaCO3 dissolution significantly increases in near-future

ocean acidification conditions

At all porewater residence times considered, cumulative
CaCO3 dissolution increased as inlet X decreased. For cur-
rent seawater saturation (Xarag = 2.4), dissolution averaged
24.5 ± 23.8 mmol m�2 d�1 after 5.4 h porewater residence
time. As a rough estimate for in situ rates, we divide this
value by two—to account for the fact that our experiment’s
unidirectional flow of seawater out of sediment requires an
approximate equal surface area for flow into sediment—
yielding 12.3 ± 11.9 mmol m�2 d�1. With acidification, this
rate increased by 25.6 mmol CaCO3 m�2 d�1, per unit Xarag

decrease (for 5.4-h residence time). As an estimate for
in situ conditions—again, dividing the value by two to
account for inflow and outflow—the response is approxi-
mately 12.8 mmol CaCO3 m�2 d�1, per unit Xarag decrease.
In the California Current system, water column Xarag is
projected to be consistently below 1.5, and bottom water
below 1.0 by 2050 (Gruber et al., 2012). Considering these
projections, and our 5.4-h residence time regression,
benthic CaCO3 dissolution could more than double by
mid-century. Although our study is for nighttime rates,
photosynthesis in sandy sediments does not appear to
change with ocean acidification (although data suggests it
may increase in cohesive sediments) (Fink et al., 2017;
Vopel et al., 2018; Simone et al., 2021); thus considering
daytime processes should not alter the slope of the dissolu-
tion:Xarag relationship. Hence, our observed slope may be a
reasonable estimate for the benthic response to ocean acid-
ification in photic areas as well. An important consideration
for applying this rate to future acidification, however, is
whether or not the delivery of CaCO3 to shelf sands will
keep pace with increased dissolution.

4.5. Similarity between carbonate-poor and carbonate-rich

sands

Both the current rate of CaCO3 dissolution, and
response to acidification in our low-carbonate sand are sim-
ilar to measurements in high-carbonate sands from coral
reefs. Our sediment area-normalized rate—12.3 ± 11.9 mm
ol m�2 d�1 for current seawater X (5.4 h porewater resi-
dence time)—falls within the range of nighttime rates mea-
sured in coral reef sands, typically between 7 and
24 mmol m�2 d�1 (Andersson et al., 2007; Rao et al.,
2012; Cyronak et al., 2013a; Cyronak et al., 2013b;
Cyronak and Eyre, 2016; Stoltenberg et al., 2020). How-
ever, global estimates for the carbonate-poor shelf typically
assume dissolution rates more than an order of magnitude
lower than this (Milliman, 1993; Krumins et al., 2013;
O’Mara and Dunne, 2019). Furthermore, a comprehensive
study of alkalinity release from sandy shelf sediments in the
North Sea estimated average CaCO3 dissolution at
2.7 mmol m�2 d�1 (Brenner et al., 2016). Thus, it is possible
that our dissolution rates, measured over a relatively long
porewater residence time, are too high, and that shorter
porewater residence times may better reflect in situ condi-
tions (Fig. 4). However, our dissolution rate for 5.4 h pore-
water residence time matches well with the average CaCO3

production rate (equivalent to 11 mmol m�2 d�1) for the
California shelf, and thus may be reasonable for our field
site and similar near-shore, carbonate-poor sands with little
CaCO3 accumulation (Smith, 1972).

The response of our sand to acidification was relatively
consistent across porewater residence times (-11.5 to
�13.7 mmol CaCO3 dissolution m�2 d�1, per unit Xarag),
and was also similar to that measured in high-carbonate
sands. Benthic chamber studies in coral reefs have mea-
sured acidification responses between �7.7 mmol CaCO3
m�2 d�1, per unit Xarag for nighttime rates (Cyronak and
Eyre, 2016), and �11.5 mmol CaCO3 m�2 d�1, per unit
Xarag for a daily average across five reef ecosystems (Eyre
et al., 2018). Furthermore, the point at which sands transi-
tion from net precipitating to net dissolving was also similar
between sand types. For a short residence time, our transi-
tion point approached the critical porewater dissolution
threshold, Xarag = 1.75, while at longer residence times,
our sand was already net dissolving at current seawater sat-
uration (Xarag = 2.4) (Fig. 4). Extrapolating the linear
model for 5.4-h porewater residence time, however, yields
a ‘‘transition point” of Xarag = 3.1, which is similar to mea-
surements in coral reef sands, between Xarag = 2.9 to 3.0
(Cyronak and Eyre, 2016; Eyre et al., 2018). Kessler et al
(2020) found a lower transition point, around Xarag = 2.2
using short FTR’s (1.2 cm height) with high-carbonate,
but this is likely due to a shorter porewater residence time.
Many coral reef environments have yet to reach this transi-
tion threshold, but our site has naturally lower X and
thus—given sufficient in situ porewater residence time—is
likely already net dissolving. Because dissolution rates vary
not only with X but also with porewater residence time, this
transition point is also sensitive to changing porewater
advection conditions (as driven by e.g., changing wind
and current patterns).

The similar dissolution rates and responses to acidifica-
tion in high- and low-carbonate sands, despite the vast dif-
ference in CaCO3 content—i.e., <1% in our sand vs. nearly
100% in coral reef sands—suggest that the small amount of
CaCO3 in our sand was not a significant limit on dissolu-
tion, at least on the timescale of our experiments. Instead,
factors related to porewater acidity, including X of the
overlying water, and O2 and OM available for aerobic res-
piration (and subsequent production of CO2) are more
important drivers of dissolution (Higgins et al., 2009). In
other words, our carbonate-poor sand behaves much like
carbonate-replete sands, in that they are acid (CO2)-
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limited rather than base (CaCO3)-limited. An acidifying
ocean will deliver more acid to these sediments, and thus
directly increase dissolution, as long as CaCO3 does not
become limiting. Given our measured dissolution rates for
current seawater conditions, the mass of CaCO3 in our col-
umn volume would last approximately 1 year for a 5.4-h
porewater residence time, or longer for shorter residence
times. With continued acidification, it is thus possible that
the available CaCO3 base could be exhausted, depending
on porewater residence time and rate of replenishment by
sedimentation.

4.6. Carbonate-poor shelf sands may transition from net

source of acid to net source of buffering

If CaCO3 does not become limiting, increased dissolu-
tion could fundamentally change the sediment’s net impact
on overlying water column chemistry. The ratio of benthic
alkalinity production to DIC production (DAlk:DDIC, i.e.,
the flux ratio) is a useful metric for quantifying the effect of
sediment processes on water column X and pH (see
Middelburg et al., 2020 for detailed explanation). DAlk:
DDIC values < 1 imply net production of CO2, which low-
ers seawater pH and X, whereas values > 1 imply net pro-
duction of CO3

2–, which increases pH and X. In the
present ocean, the carbonate-poor sands in our study have
DAlk:DDIC well below 1 across all measured porewater res-
idence times (Fig. 8). Although CaCO3 dissolution does
occur after 1.8 h, it produces insufficient alkalinity to negate
the CO2 produced by aerobic respiration. As ocean acidifi-
cation decreases seawater X, however, CaCO3 dissolution
increases to the point at which production of dissolution-
derived CO3

2–, along with alkalinity from anaerobic respira-
tion, exceeds the production of CO2. At that point, DAlk:
DDIC > 1, and the net effect on overlying water is buffering,
instead of acidifying.
Fig. 8. Ratio of alkalinity to DIC production (DAlk:DDIC) as a functio
residence times: r2 = 0.88, 0.87, and 0.83 for 1.8-, 3.6-, and 5.4-h porewat
transitions from acidifying to buffering between Xaragonite = 0.69 and 0.9
for the inlet Xaragonite = 0.1 experiment.).
The point at which this transition occurs depends on
porewater residence time, since longer residence times allow
for more CaCO3 dissolution and anaerobic respiration,
while aerobic OM respiration rates fall as porewater O2 is
depleted. In our study, the sand transitioned to net buffer-
ing when inlet water Xarag = 0.96 and 0.69 (Xcalc = 1.50
and 1.07), for 1.8-h to 5.4-h porewater residence times,
respectively. Longer porewater residence times would likely
yield transition points at even higher X. While the mean
global ocean is expected to remain oversaturated with
respect to aragonite over the next century, areas with natu-
rally acidic water, including the Arctic and upwelled water
along the California coast, are expected to fall well below
Xarag < 1, and indeed in some areas already have
(Steinacher et al., 2009; Gruber et al., 2012; Feely et al.,
2018). Thus, permeable shelf sediments in these areas may
cross the DAlk:DDIC > 1 threshold this century, at which
point they become a buffer to water column acidification,
given sufficient stock or input of CaCO3. In this case, the
effect of sediments on the overlying water fundamentally
changes.

4.7. Low-carbonate sands and ocean acidification: global

considerations

Given its large global area, the carbonate-poor shelf
may be an important component of the ocean CaCO3 cycle.
For example, data suggest that seawater overlying the con-
tinental shelves has recently transitioned from a net source
to net sink of atmospheric CO2 (Andersson and Mackenzie,
2004; Andersson et al., 2005; Mackenzie et al., 2005;
Laruelle et al., 2018). While this is largely attributed to
changes in both the physical and biological pump, the con-
tribution of increased CaCO3 dissolution in shelf sediments
remains poorly quantified. Because our experiments impose
a constant porewater residence time and cannot account for
n of Xinlet. Linear relationships are shown for all three porewater
er residence time, respectively, and p < 0.001 for all three. The sand
6, depending on porewater residence time. (Linear fits exclude data
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spatial and temporal heterogeneity, we do not attempt to
extrapolate absolute, measured dissolution rates to the
entire low-carbonate shelf; constraining absolute rates will
require more in situ data from a range of environments
and advective conditions. Regardless of the absolute disso-
lution rate currently, however, our data clearly show that
total dissolution on the low-carbonate shelf may increase
significantly as the ocean becomes more acidic (Fig. 4).
Our results suggest that a decrease in Xarag of 0.5 units
(e.g., to Xarag = 1.9 at our site)—which is expected for sur-
face water by 2100 (Caldeira and Wickett, 2005; Gruber
et al., 2012)–would increase current dissolution rates by
approximately 12 mmol m�2 d�1 (consistent across all pore-
water residence times tested). Extrapolating this to the glo-
bal low-carbonate shelf area (1.5*107 km2; Milliman, 1993)
yields a dissolution increase of 0.79 Gt C y�1, or for only
the area below the effective photic zone, 0.53 Gt C y�1,
which is more than an order of magnitude higher than
the estimated total CaCO3 production for the low-
carbonate shelf area (Milliman, 1993; Iglesias-Rodriguez
et al., 2002; Krumins et al., 2013). This projected increase
may be unreasonably high if actual in situ advection rates
are beyond the bounds (in particular, shorter) of those
tested here. Alternatively, this may imply that increased
dissolution in sediments may exhaust annual CaCO3

production.
By definition, the carbonate-poor shelf has little to no

CaCO3 accumulation. Milliman (1993) estimated that an
average of 25% of CaCO3 produced in this zone accumu-
lates, but other authors have estimated accumulation closer
to zero (O’Mara and Dunne, 2019). A small CaCO3 surplus
could fuel all, or a fraction of the enhanced dissolution
anticipated with ocean acidification. However, in areas that
currently have no CaCO3 accumulation, sediments are
already CaCO3-limited, and dissolution therefore cannot
increase at all. Thus, the annual production of CaCO3 in
much of the shelf may be insufficient to support the poten-
tial dissolution enhancement, and benthic CaCO3 could be
exhausted. If this occurs, DAlk:DDIC would remain below
1 and the CaCO3-poor shelf would continue to be a source
of acid to the overlying water column.

The potential for carbonate-poor sands to support
enhanced dissolution with ocean acidification thus likely
relies on consumption of legacy CaCO3, and/or delivery
of allochthonous CaCO3 to the sediment. A variety of glo-
bal change processes could contribute to both. For exam-
ple, legacy CaCO3 already present in continental shelf
sands may be increasingly exposed to acidifying seawater
by increased turbulence from storm activity, and/or deeper
porewater advection from increased bottom water current
speeds (Hu et al., 2020). Similarly, changes in wave climate,
sea level rise, increased storm activity, precipitation and
river discharge all conspire to increase erosion, especially
along sandy coastlines (Ranasinghe, 2016; Vousdoukas
et al., 2020). Currently, a quarter of the world’s sandy bea-
ches are eroding at > 0.5 m y�1 (Luijendijk et al., 2018). In
areas with carbonate lithologies, such erosion could deliver
CaCO3 from land to coastal sediments, feeding enhanced
dissolution rates. Alternatively, a reduction in CaCO3

deposition (i.e., from acidification-related impacts on
calcifier physiology) could limit benthic CaCO3 dissolution
and/or accumulation (Simeone et al., 2018). If carbonate-
poor sands do become CaCO3-limited as ocean acidifica-
tion progresses, addition of CaCO3 or other basic minerals
to the shelf or coastal zone via ‘‘enhanced weathering”
efforts could be considered as a tool to produce ocean alka-
linity and sequester dissolved CO2 via the anticipated
increase in dissolution (Harvey, 2008; Ilyina et al., 2013;
Meysman and Montserrat, 2017).

5. SUMMARY

Our study provides clear evidence that CaCO3 dissolu-
tion in carbonate-poor sands a) occurs prior to undersatu-
ration of the overlying water; b) increases as seawater X
decreases; and c) increases with porewater residence time.
In current seawater conditions, net dissolution occurred
after 1.8 h porewater residence time as a result of aerobic
OM respiration decreasing porewater X. Dissolution
occurred sooner, and at higher rates, in lower-X treatments.

The sand in our study is currently a source of acid to the
overlying water (i.e., DAlk/DDIC < 1), but may transition
to a net buffer (DAlk/DDIC > 1) between Xarag = 0.69
and 0.96 (Xcalc = 1.07 and 1.50), depending on porewater
residence time. The higher end of this threshold will be
reached in many parts of the ocean with naturally acidic
water, including the California Current, by the middle of
this century, so sediments could fundamentally transition
to a net water column buffer, provided sufficient CaCO3

substrate.
Compared to carbonate-rich, coral reef sands, the

carbonate-poor sand in our study had similar rates of
CaCO3 dissolution, and responds similarly to decreasing
seawater X. The slope of the CaCO3 dissolution vs water
column X regression in our study is similar to those from
coral reef sands, suggesting that carbonate-poor sands have
the potential to respond similarly to ocean acidification. A
key question for future study is whether or not the pool of
existing CaCO3 in carbonate-poor sands is sufficient to sup-
port increased dissolution. Global change processes such as
higher storm frequency and enhanced erosion, or even
intentional delivery of CaCO3 to the coastal zone may
increase the availability of CaCO3 to support enhanced
dissolution.
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Lherminier P., Zunino P., De La Paz M., Alonso-Pérez F. and
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