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ABSTRACT: Cross-equatorial ocean heat transport (OHT) changes have been found to damp meridional shifts of the in-
tertropical convergence zone (ITCZ) induced by hemispheric asymmetries in radiative forcing. Zonal-mean energy trans-
port theories and idealized model simulations have suggested that these OHT changes occur primarily due to wind-driven
changes in the Indo-Pacific’s shallow subtropical cells (STCs) and buoyancy-driven changes in the deep Atlantic meridional
overturning circulation (AMOC). In this study we explore the partitioning between buoyancy and momentum forcing in
the ocean’s response. We adjust the top-of-atmosphere solar forcing to cool the Northern Hemisphere (NH) extratropics
in a novel set of comprehensive climate model simulations designed to isolate buoyancy-forced and momentum-forced
changes. In this case of NH high-latitude forcing, we confirm that buoyancy-driven changes in the AMOC dominate in the
Atlantic. However, in contrast with prior expectations, buoyancy-driven changes in the STCs are the primary driver of the
heat transport changes in the Indo-Pacific. We find that buoyancy-forced Indo-Pacific STC changes transport nearly 4 times
the amount of heat across the equator as the shallower wind-driven STC changes. This buoyancy-forced STC response arises
from extratropical density perturbations that are amplified by the low cloud feedback and communicated to the tropics by
the ventilated thermocline. While the ocean’s specific response is dependent on the forcing scheme, our results suggest that
partitioning the ocean’s total response to energy perturbations into buoyancy and momentum forcing provides basin-specific
insight into key aspects of how the ocean damps ITCZ migrations that previous zonal-mean frameworks omit.

KEYWORDS: Atmosphere-ocean interaction; Energy transport; Meridional overturning circulation;
Intertropical convergence zone

1. Introduction

One of the most coherent features of Earth as seen from
space is a zonal band of clouds near the equator. This cloud
band, referred to as the intertropical convergence zone
(ITCZ; Waliser and Gautier 1993), is at the approximate loca-
tion of time-mean maximum precipitation (e.g., Philander
et al. 1996), as easterly surface trade winds converge over
warm tropical waters, rise, cool, and precipitate out moisture
(e.g., Mitchell and Wallace 1992). The zonal-mean position of
the ITCZ is highly sensitive to differential hemispheric heating
(e.g., Lindzen and Hou 1988; Mitchell and Wallace 1992;
Chiang et al. 2003), spending Northern Hemisphere (NH) sum-
mer north of the equator and NH winter south of the equator.

In the annual mean, the equator receives more solar insola-
tion than high latitudes. The atmosphere and ocean meridio-
nally transport some of this excess energy and smooth the
latitudinal energy gradient (e.g., Held 2001; Ganachaud and
Wunsch 2003; Wunsch 2005; Czaja and Marshall 2006). By al-
tering the planet’s temperature gradient, this meridional en-
ergy transport is crucial in setting the location of Earth’s
energy flux equator, which roughly corresponds to the ITCZ’s
zonal-mean position (Broccoli et al. 2006; Kang et al. 2008;
Schneider et al. 2014).

Naively, one might expect that because Earth’s annual-
mean insolation maximum is on the equator, seasonal migra-
tions would average out and the ITCZ’s annual-mean position
would be situated squarely on the equator. In reality, how-
ever, the annual-mean ITCZ is north of the equator. A num-
ber of studies have explored the ITCZ’s asymmetric
climatology, suggesting both local drivers, such as coastal ge-
ometry (Xie and Philander 1994; Philander et al. 1996), and
remote extratropical drivers (Chiang et al. 2003; Chiang and
Bitz 2005; Broccoli et al. 2006; Kang et al. 2008).

The zonal-mean position of the ITCZ coincides with the rising
branch of the Hadley cells (Xie 2004). In the tropical atmo-
sphere, the thermally direct Hadley cells transport heat in the di-
rection of their upper branch, leading to the so-called
atmospheric energetic framework (Schneider et al. 2014; Kang
et al. 2018; Hwang et al. 2021). In this framework, the atmo-
sphere can balance the hemispheric heating asymmetry if the
ITCZ shifts toward the warmer hemisphere. This basic diagnostic
has been confirmed in modeling studies where the atmosphere is
coupled to a motionless slab ocean and a hemispherically asym-
metric heating is imposed at the ocean surface (Chiang and Bitz
2005; Broccoli et al. 2006; Kang et al. 2008, 2009).

However, the meridional circulation of the ocean is also a
crucial player in setting the ITCZ position. In fact, using ob-
servational evidence and modeling, Frierson et al. (2013)
and Marshall et al. (2014) point to ocean circulation as the
driver of the NH-displaced ITCZ. In particular, both studies
suggest that the Atlantic meridional overturning circulation
(AMOC), which transports heat cross-equatorially from the
Southern Hemisphere (SH) into the North Atlantic, warms
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the NH and creates the northward annual-mean displacement
of the ITCZ.

The ITCZ’s equilibrium position is clearly established as
arising due to coupled ocean–atmosphere processes. However,
because it takes many centuries for ocean processes to equili-
brate to abrupt forcing (e.g., Held et al. 2010), the transient re-
sponse of the ITCZ to interhemispheric forcing perturbations
is what ultimately matters on societal time scales. This tran-
sient adjustment is less well understood.

Comprehensive global climate model (GCM) simulations
that include a dynamic ocean exhibit less of an ITCZ shift than
slab ocean model simulations relative to the same extratropical
forcing perturbation from cloud brightness (Kay et al. 2016),
ocean albedo (Hawcroft et al. 2017), sea ice (Tomas et al. 2016),
aerosols (Hawcroft et al. 2018), or top-of-atmosphere (TOA)
albedo forcing (Green and Marshall 2017; Yu and Pritchard
2019; Liu et al. 2021). In such coupled GCM simulations, the to-
tal ocean–atmosphere system responds to the same interhe-
mispheric radiative imbalance that solely the atmosphere
responds to in slab ocean simulations (Chiang and Bitz
2005; Broccoli et al. 2006; Kang et al. 2008, 2009). The ocean
heat transport leads to a reduction in the magnitude of the
atmospheric energetic transport response. However, the
specific mechanisms by which ocean dynamics buffer ITCZ
shifts remains an open question.

Two main mechanisms have been proposed to explain the
ocean’s ability to damp ITCZ shifts and help to understand
the transient climate response. The first mechanism is
buoyancy-focused and suggests that the AMOC, in addition
to setting the ITCZ’s mean state, responds to density-driven
buoyancy anomalies by transporting anomalous energy
across the equator. In doing so, the AMOC reduces both
the hemispheric heating asymmetry and resulting ITCZ mi-
gration (Frierson et al. 2013; Fučkar et al. 2013; Marshall
et al. 2014; He et al. 2019; Yu and Pritchard 2019). Recently,
Yu and Pritchard (2019, hereafter YP19) explored the
AMOC’s response to imposed interhemispheric TOA solar
insolation perturbations at different latitudes in a compre-
hensive GCM. YP19 found that AMOC responses are of
primary importance in muting asymmetric energetic forcing,
monotonically increasing with forcing latitude such that the
entire ocean–atmosphere energy transport system becomes
more ocean-dominated as the TOA forcing perturbation
reaches higher latitudes.

The other ocean response often proposed as a damping
mechanism for ITCZ shifts is momentum-focused. This path-
way emphasizes the mechanical coupling between the easterly
trade winds in the lower Hadley cell and the subtropical cells
(STCs) in the ocean via Ekman transport (Held 2001;
Schneider et al. 2014; Kay et al. 2016; Schneider 2017; Green
and Marshall 2017; Kang et al. 2018; Green et al. 2019). In
this framework, as the ITCZ shifts toward the warmer hemi-
sphere in response to a forcing perturbation, so too do the
STCs. Shifted toward the warmer hemisphere, the upper
branches of the STCs transport heat cross-equatorially into
the cooler hemisphere and mute ITCZ shifts. In a highly ide-
alized study, Green and Marshall (2017, hereafter GM17) ex-
plore this pathway by cooling the NH and heating the SH.

GM17 find that the modeled ocean circulation changes
strongly damp ITCZ shifts compared to a model with a mo-
tionless slab ocean. They identify anomalous easterly trade
winds, which drive anomalous cross-equatorial Ekman flow
in the upper tropical ocean, as a potential cause of this
ocean damping. In a follow-up study, Green et al. (2019) im-
pose energetic perturbations at numerous latitudes and find
that the modeled ocean circulation always damps ITCZ
shifts relative to a slab ocean configuration and that this
damping is strongest when the forcing is polar amplified.

Although these studies provide a clear starting point to-
ward understanding how the cross-equatorial ocean response
to interhemispheric energy forcing mutes ITCZ shifts, a better
understanding of the physical mechanisms at work is called
for. In particular, the partitioning between buoyancy and mo-
mentum forcing in the ocean’s circulation response has been
largely ignored. To explore this problem, we present results
from three sets of comprehensive GCM simulations that were
designed to systematically isolate the drivers of the ocean’s
transient response to hemispheric forcing. We employ an ide-
alized, zonally uniform TOA solar insolation reduction from
458 to 658N following the NH extratropical experiment of the
Extratropical–Tropical Interaction Model Intercomparison
Project (Kang et al. 2019) in order to induce a southward
ITCZ shift and a northward ocean heat transport response.
We adopt a method of wind stress overriding (Gregory et al.
2016; Liu et al. 2018; Larson et al. 2018, 2020; Liu et al. 2021)
to mechanically decouple the surface ocean from the atmo-
sphere. Through this partial decoupling we can cleanly parse
different ocean heat transport responses as solely buoyancy
driven or solely momentum-driven.

Our results suggest that buoyancy forcing largely drives
ocean heat transport changes in response to NH extratropical
TOA insolation reduction. This includes the Atlantic’s cross-
equatorial heat transport, dominated by thermohaline-driven
changes in the AMOC, but also the cross-equatorial heat
transport in the Indo-Pacific STCs. In contrast with previous
studies that assumed heat transport changes in the STCs were
primarily momentum driven (e.g., GM17), we find that the
dominant change is due to thermohaline-forced surface den-
sity perturbations inducing an anomalous shallow meridio-
nal overturning circulation (MOC) within the STCs. The
buoyancy-forced response of the STCs, deeper and more
asymmetric than the momentum-forced response, allows
for efficient cross-equatorial heat transport. The detailed struc-
ture of this buoyancy-forced MOC has important implications
for how the ocean translates thermohaline anomalies into
anomalous advection.

The remainder of this paper is laid out as follows. Section 2
describes the experimental setup of our GCM simulations.
Sections 3 and 4 present our primary results, with the former
focused on the global and Atlantic zonal-mean response and
the latter focused on the Indo-Pacific response. Section 5 dis-
cusses the anomalous, buoyancy-forced MOC in the Indo-
Pacific and its implications, as well as limitations of the current
work and potential next steps. Finally, section 6 summarizes
and concludes.
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2. GCM simulations

We use version 1.2.2 of the Community Earth System
Model (CESM; Hurrell et al. 2013) from the National Center
for Atmospheric Research (NCAR). CESM is configured
with active atmosphere (CAM5; Neale et al. 2010), ocean
(POP2; Smith et al. 2010), land surface (CLM4; Lawrence
et al. 2012), and sea ice (CICE4; Holland et al. 2012) compo-
nents interactively connected via the model’s coupler (CPL7;
Craig 2014). The components are run in the standard, coupled
preindustrial mode (the “B_1850_CAM5” component set)
with the atmosphere and land components run on a nominal
28 horizontal grid and the ocean and sea ice components run
on a nominal 18 horizontal grid (“f19gx1v6” horizontal resolu-
tion). The atmosphere and ocean components have 26 and 60
vertical layers, respectively.

The atmosphere is thermodynamically coupled to the ocean
via the total surface heat flux, Qnet (e.g., Xie et al. 2010; Liu
et al. 2018; Hu et al. 2020), and variations in Qnet patterns af-
fect circulation in the atmosphere and ocean. Anthropogenic
aerosols, an important driver of historical patterns of climate
change (e.g., Deser et al. 2020; Kang et al. 2021), have histori-
cally been primarily emitted from NH industrial centers
(Wang et al. 2015). Thus, due to short atmospheric residence
times, aerosols have induced a hemispherically asymmetric
Qnet forcing response qualitatively similar to prior studies that
applied anomalous heating to motionless slab ocean models
to induce ITCZ shifts in atmosphere-only GCMs (e.g., Chiang
et al. 2003; Chiang and Bitz 2005; Broccoli et al. 2006; Kang
et al. 2008, 2009).

With this in mind, we force CESM with an asymmetric ra-
diative forcing analogous to aerosol forcing to elicit a clear
meridional ITCZ shift. We follow the experimental protocol
of the NH extratropical experiment of the Extratropical–
Tropical Interaction Model Intercomparison Project (ETINMIP:
Kang et al. 2019), which has an abrupt reduction in TOA solar
flux within 458–658N (Fig. S1 in the online supplemental
material). Although this forcing is time-varying as a result of
seasonal and diurnal insolation cycles, ETINMIP forcing cor-
responds to an annual-mean, zonal-mean maximum forcing of
about 45 W m22 at 558N. Though the forcing is applied in the
NH extratropics, the globally averaged, annual-mean forcing
of approximately 21.6 W m22 is similar to the historical
annual-mean aerosol forcing estimate given in the IPCC Sixth
Assessment Report (Forster et al. 2021). The reduction in NH
TOA insolation in our simulations is expected to cool the sur-
face. We expect the climate to respond to this imposed inter-
hemispheric heating asymmetry and smooth the hemispheric
energy gradient by increasing both northward atmospheric
heat transport, corresponding to a southward shift of the
ITCZ, and northward ocean heat transport (OHT).

To test the assumption that the transient OHT response
of the AMOC would be primarily buoyancy-forced and the
transient OHT response of the STCs would be primarily
momentum-forced, we adopt the approximation that the total
transient response of the ocean to the change in TOA insola-
tion is the linear sum of the ocean’s response to the change in
surface buoyancy flux and the ocean’s response to the change

in surface wind stress. This is schematically illustrated in
Fig. 1. A change in TOA insolation S0 is communicated
through the atmosphere to the ocean surface. This leads to a
response in the ocean state T, due to changes in the surface
buoyancy flux B, which includes net shortwave and net long-
wave radiative fluxes, sensible and latent turbulent energy
fluxes, and net precipitation. Additionally, S0 affects the at-
mospheric circulation and hence the surface wind stress t,
which affects the ocean by causing changes in Ekman flow.
Large red arrows in Fig. 1 represent these two pathways. It
should be noted that we do not account for effects that
would be seen as nonlinearities in this framework. Our re-
sults in sections 3 and 4 show that these nonlinearities are
relatively small for the cross-equatorial ocean heat transport
that we focus on in this study.

Based on this decomposition, we perform wind stress over-
riding experiments where we mechanically decouple the mod-
el’s ocean from the atmosphere by locking wind stress over
the ocean via a novel method created for this study. In the
standard CESM setup, CPL7 couples the ocean to the atmo-
sphere once per day. We introduce a protocol to output the
zonal and meridional wind stress (fields contained within
the “x2o_oo” variable) at each of these coupling steps. We
then save the wind stress and allow it to be specified in

FIG. 1. Schematic of the framework adopted in this study. The
change in TOA insolation (S0) is communicated through the atmo-
sphere to influence the ocean state (T) via changes in the surface
buoyancy flux (B) and surface wind stress (t). Here we separate
these two changes in the ocean surface forcing. Large red arrows
denote the effects of the surface fluxes on the ocean state. Smaller
red arrows denote the effects of the insolation forcing on the ocean
surface forcing. The four boxes correspond to domains in the cli-
mate system where these pathways are communicated: top-of-
atmosphere (TOA), atmosphere (Atm), surface (Sfc), and ocean
(Ocn).
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another simulation such that the ocean sees identical wind
stress fields in both simulations.

We emphasize that this wind stress locking methodology al-
lows us to exactly specify the ocean surface wind stress field
from a separate simulation. After the first day of each simula-
tion (since the first coupling step happens near the start of the
second day), the ocean surface wind stress field is identical in
the two simulations. This approach is inspired by Liu et al.
(2018), who overrode wind stress in GCM simulations using
an approximate locking approach. Several other studies
have also mechanically decoupled the ocean from the atmo-
sphere via wind stress overriding in CESM, but these studies
have typically input climatological wind stress rather than
the full time-evolving wind stress field (Gregory et al. 2016;
Larson et al. 2018, 2020; Liu et al. 2021). By design, using
the climatology leads to differences in the wind stress fields
between the two simulations. The method we adopt elimi-
nates this residual entirely and allows for precise compari-
son between two cases. In addition, by using the full time
evolution of the wind stress field, we are able to maintain in-
ternal variability in the wind stress which can influence the
state of the ocean.

We run five CESM cases designed to systematically iso-
late the fully coupled, buoyancy-forced, and momentum-
forced ocean response to decreased NH TOA insolation
(see Table 1). The first is a default preindustrial simulation
with greenhouse gas concentrations and other forcings set
to 1850 levels (“Clim1”), and the second is a standard
ETINMIP NH extratropical experiment which is identical
to Clim1 except that the TOA insolation is reduced from
458 to 658N as described above (“Clim2”). We output the
ocean surface wind stress at each coupling step for each of
these simulations. The next simulation is forced identically
as Clim1 except that the ocean is mechanically decoupled
from the atmosphere via wind stress overriding (“Tau1S1”).
Overriding wind stress and decoupling the ocean from the
atmosphere inevitably influences the climate: the simulated
fields in Tau1S1 are similar but not identical to Clim1 (see
Figs. S2j–l, for example). However, overriding does not ap-
pear to introduce substantial climate drift (Fig. S3) and any
residuals between the coupled and decoupled cases that are
introduced by wind stress overriding are smaller than the
forced response we focus on presently. Nevertheless, in or-
der to compare only simulations that are decoupled, thus
comparing like to like, we treat the Tau1S1 simulation as

the “control” climate for comparison with other cases with
wind stress overriding. To create Tau1S1 we offset the input
wind stress by one year (i.e., we prescribe the year n 1 1
ocean surface wind stress from Clim1 during year n of
Tau1S1). The first “test” simulation has the NH TOA insola-
tion reduced but has the ocean surface wind stress prescribed
from Clim1 (“Tau1S2”), and the second “test” simulation has
standard NH TOA insolation but has the ocean surface wind
stress prescribed from Clim2 (“Tau2S1”).

Using the output of these five simulations, we identify the
fully coupled (“FC”), radiatively/buoyancy-forced (“BF”),
and wind stress/momentum-forced (“MF”) climate responses
to the reduction in NH TOA insolation as follows:

FC � Clim2 2 Clim1, (1)

BF � Tau1S2 2 Tau1S1, (2)

MF � Tau2S1 2 Tau1S1: (3)

The FC response illustrates the freely evolving, total cli-
mate response to our NH extratropical TOA perturbation by
comparing Clim2 with the fully coupled control, Clim1. The
BF response captures the forced response that results from ra-
diatively induced buoyancy anomalies by comparing Tau1S2,
where radiative forcing is applied but unforced wind stress is
specified, with the decoupled control run, Tau1S1. Finally, the
MF response illustrates the forced response that results from
wind stress–induced momentum anomalies alone by compar-
ing Tau2S1, which has wind stress specified from Clim2 but
does not have radiative perturbations, with Tau1S1.

In these equations, the linear approximation illustrated in
Fig. 1 takes the form that the fully coupled response is ap-
proximately equal to the sum of the buoyancy-forced and
momentum-forced responses:

FC � BF 1 MF 1 Residual ≈ BF 1 MF; (4)

where the Residual term includes momentum decoupling ef-
fects and nonlinear effects in the response of the ocean to
changes in surface forcing.

Finally, to address the effects of simulated internal climate
variability, we run three realizations of each of the five cases
presented in Table 1 with different initial conditions, yielding
15 cases total. Following the CESM Large Ensemble protocol
(Kay et al. 2015), differences in initial conditions are generated

TABLE 1. The five CESM cases that we run for each ensemble set, indicating the simulation length (duration), whether we output
the surface wind stress (CPL output), whether we specify the surface wind stress from another run (t-lock), and whether we reduce
the insolation from 458 to 658N (TOA reduction). The names of the last three simulations indicate whether the wind stress is
specified from Clim1 (Tau1… ) or from Clim2 (Tau2… ) and whether the insolation is left at its default value (… S1) or reduced
(…S2).

Case Duration CPL7 output t-lock TOA reduction

Clim1 51 yr � 3 3

Clim2 50 yr � 3 �

Tau1S1 50 yr 3 � 3

Tau1S2 50 yr 3 � �

Tau2S1 50 yr 3 � 3
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by introducing a round-off error sized perturbation [O(10214) K]
to the atmospheric temperature field. For each of the five cases,
we take the ensemble mean among the three realizations in or-
der to minimize the effects of internal variability. While adding
more ensemble members would further reduce the internal vari-
ability, the results suggest that three ensemble members are suf-
ficient for the purposes of the present study. Last, to provide
the ocean sufficient time to spin up in response to the abrupt
TOA forcing and to average out internal climate variability fur-
ther, we focus on the last 40 years of the 50-yr simulations. In
the remainder of the paper, all results presented are ensemble
means among the three realizations averaged over years 11–50,
unless otherwise stated.

3. Global and Atlantic zonal-mean responses

a. Forced response of zonal-mean global Qnet

Figure 2 presents the zonal-mean SST, Qnet, and total pre-
cipitation anomalies in the FC (black), BF (red), MF (blue),
and Residual (green) responses. In these plots, the dotted
black line is the sum of the BF and MF responses; the agree-
ment between the solid and dotted black lines serves as an ap-
proximate validation of our approach which treats the FC
response as the sum of the BF and MF responses. Because
the maximum reduction in TOA insolation occurs at 558N,
the largest zonal-mean SST cooling occurs near this latitude
(Fig. 2a). Throughout this region, the FC and BF responses
are approximately equivalent and are roughly an order of
magnitude larger than either the MF or Residual responses.
Most noticeably, the FC and BF responses plunge to nearly
38C cooling near 558N, whereas the MF and Residual responses
remain within 60.28–0.38C. Aside from being smaller in magni-
tude, the MF response is also positive, opposing the strong cool-
ing of the FC and BF responses and actually warming the NH
extratropics. Overall, the FC and BF responses agree quite well
in terms of magnitude and sign across all latitudes. While it is
somewhat expected that a negative radiative perturbation
would drive a strong buoyancy-forced negative SST response,
the agreement between the FC and BF response is striking.
This suggests, perhaps unsurprisingly, that buoyancy forcing

dominates the zonal-mean SST response to NH extratropical
forcing in the coupled climate system.

In Fig. 2b, the FC and BF zonal-mean Qnet responses are
also approximately equivalent in the NH extratropics; the
FC response is almost visually indistinguishable from the
BF response near 558N. The dominance of buoyancy forcing
in the freely evolving coupled climate response is less robust
in the tropics, where the momentum-forced MF response
also contributes substantially to changes in surface heat flux
via Ekman transport. However, the FC, BF, and MF re-
sponses are all of similar magnitude in the tropics, and the
Residual response is considerably smaller. Considered to-
gether, the close agreement between the solid and dotted
black lines in Figs. 2a and 2b suggests that the freely evolv-
ing zonal-mean response of important thermodynamic vari-
ables for ocean–atmosphere interactions is primarily a
linear combination of buoyancy and momentum forcing.
Put another way, FC ≈ BF 1 MF, and the approximation of
the ocean’s physical response to transient forcing proposed
in Fig. 1 holds.

b. Resulting ITCZ shift

A strong positive SH precipitation anomaly is present in
both the FC and BF responses in Fig. 2c. If we assume that
the ITCZ location roughly corresponds to the latitude of the
time-mean maximum precipitation (Philander et al. 1996),
this SH precipitation peak affirms our intuition that the nega-
tive NH Qnet response seen in Fig. 2b induced a southward
ITCZ shift. This SH positive precipitation anomaly in FC and
BF is accompanied by a negative anomaly slightly north of
the equator, where the ITCZ resides in the control simulation.
However, the location and partition of the negative anomalies
in the NH varies between FC and BF. In fact, a simple visual
comparison suggests that the MF response plays a larger role
in setting the FC zonal-mean precipitation response than it
does for either the zonal-mean SST or Qnet FC responses,
both of which are nearly entirely explained by BF. In FC, the
largest negative precipitation anomalies are nearly on the
equator and fairly well explained by momentum forcing in
MF. In BF, the largest negative anomalies are farther north

FIG. 2. (a) Zonal-mean SST anomalies in the FC (solid black), BF (red), MF (blue), BF 1 MF (dotted black), and FC 2 (BF 1 MF)
(green) climate responses. A zero line is plotted as the thin, dashed black line. (b) Zonal-mean Qnet response with colors as in (a).
(c) Zonal-mean precipitation response with colors as in (a). The color scheme is this figure is continued throughout the remainder
of this article.
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and strongly opposed by MF, leading to a damped FC response
at that latitude. Nevertheless, we find that the solid and dotted
black lines still agree reasonably well.

Coinciding with the rising branch of the Hadley circulation,
this ITCZ shift is also prominent in the atmospheric mass me-
ridional overturning circulation streamfunction CA (note that
the subscript A is used to distinguish atmospheric variables
from their oceanic counterparts in this variable and through-
out the paper). Following Döös and Nilsson (2011), we calcu-
lateCA as

CA(f,p, t) � a cosf
� �p

0

yA(k,f,p′, t)
g

dp′ dk: (5)

Above, f is latitude, k is longitude, a is the radius of Earth
approximated as 6371 km, g is gravitational acceleration, and
p is pressure as a vertical coordinate with p′ serving as a
dummy integration variable. The CA responses are presented
in Figs. 3a–c, and Fig. 3d shows the value of CA at the 700-hPa
atmospheric level.

In the FC response in Fig. 3a, there is hemispherically
asymmetric anomalous clockwise motion in both the NH and
SH. This increased clockwise motion corresponds to a spinup
of the NH Hadley cell and an even stronger spindown of the
SH Hadley cell. Considered in tandem, this NH spinup and
SH spindown will lead to a southward shift of the ITCZ. The
BFCA response also consists of anomalous clockwise rotation
in the NH and SH; however, unlike in the FC response, the
BF Hadley cell response is stronger in NH than in SH. The
FC anomalous Hadley cell response is mirrored relatively
well by combining BF and MF as seen in the comparison of
the solid and dotted black lines of Fig. 3d. The BF response
provides a background state of anomalous clockwise rotation
in both hemispheres and, although substantially smaller in
magnitude, the MF response provides anomalous counter-
clockwise rotation in NH to cancel out some of the excess
clockwise rotation seen in the BF response.

Importantly, the anomalous Hadley cell widths are nar-
rower than the climatological Hadley cell widths, extending at
most to around 158S–208N, as opposed to 308S–308N in the cli-
matological circulation. Anomalous Hadley cell responses
that are narrower than the climatology are also seen in Wang
et al. (2016), Amaya et al. (2018), and Kang et al. (2021). This
narrow width is a potential constraint on the width of the me-
chanically coupled Indo-Pacific STC response. In particular,
the stronger and wider BF CA response is indicative of a
stronger and deeper STC response than the weaker and nar-
rower MFCA response.

c. OHT as the driver of global Qnet trends

An interhemispheric difference in zonally integrated Qnet is
associated with a change in the zonally integrated ocean heat
storage (OHS) and/or zonally integrated ocean heat horizon-
tal divergence (OHD), where both OHS and OHD refer to
vertically integrated quantities. Because OHT is simply the
meridional integral of zonally integrated OHD, a change in
Qnet is associated with a change in OHT, which qualitatively
explains why ocean dynamics damp ITCZ migrations. A full

FIG. 3. (a) FC response (color fill) of the mass meridional over-
turning circulation CA with contours of 1010 kg s21. The time aver-
age of the unperturbedCA in the control climate, Clim1, is given as
gray contours of 5010 kg s21, with solid positive (clockwise rotation)
contours, dotted negative (counterclockwise rotation) contours, and
the zero contour omitted. (b) BF response ofCA, with color fill and
contours as in (a). (c) MF response of CA, with color fill and con-
tours as in (a). (d) 700-hPa value ofCA, with colors as in Fig. 2.

J OURNAL OF CL IMATE VOLUME 353076

Unauthenticated | Downloaded 11/29/22 10:18 PM UTC



derivation relating changes in Qnet to changes in OHS and
OHD is available in the appendix. Due to the approximate
linearity of global mean OHC trends (Fig. S4), we estimate
OHS via the 40-yr linear trend of OHC and find that
changes in zonally integrated OHS are substantially smaller
than changes in zonally integrated Qnet (cf. Figs. 4a and 4b).
Thus we neglect the influence of OHS on Qnet and make the
approximation that

a cos f
�kw

ke

Qnet dk ≈ a cosf
�kw

ke

OHD dk; (6)

where kw is the western edge of a basin, ke is the eastern edge
of a basin, and other variables are defined as above. With this
approximation, we focus on OHD, and therefore OHT by
Eq. (A6), as the driver of cross-equatorial Qnet asymmetries
that can affect ITCZ migration. Put another way, we inves-
tigate ocean circulation as the primary driver of changes in
Qnet, as opposed to local storage of heat in the water
column.

CESM computes OHT for the global ocean (Fig. 5a)
and the Atlantic basin (Fig. 5b) and the difference between
the two corresponds to the Indo-Pacific basin’s OHT
(Fig. 5c). The global FC OHT response (black line in Fig. 5a)
is positive throughout the tropics and subtropics and peaks at
around 0.45 PW, about a quarter of the maximum total OHT
in Clim1 (e.g., Fig. S5a), just north of the equator. The posi-
tive cross-equatorial FC OHT response, created by positive

FC OHT contributions in both the Atlantic (Fig. 5b) and
Indo-Pacific (Fig. 5c), damps imposed NH cooling by trans-
porting heat northward across the equator.

Even with just three ensemble members, the ensemble-
mean Residual OHT response in Fig. 5a is considerably
smaller than the individual ensemble members’ Residual
OHT responses (cf. Fig. 5a with Figs. S6a,d,g). This suggests
that much of the FC OHT response not explained by the BF
or MF responses results from internal variability rather than
from nonlinear responses or mechanical decoupling. The in-
ternally driven Residual OHT response in Fig. 5a is small
compared to FC throughout the tropics and subtropics, fur-
ther justifying the approximation of the ocean’s full response
to be a linear superposition of the ocean’s responses to buoy-
ancy and momentum forcing (Fig. 1).

However, BF and MF do not contribute with comparable
magnitudes. Rather, the vast majority of the global FC
response throughout the NH and SH tropics and midlati-
tudes seen in Fig. 5a results from buoyancy forcing changes
captured by the BF response. In fact, the BF cross-
equatorial OHT response is an order of magnitude larger
than the MF response, which is closer in magnitude to the
Residual response than to the BF response. This leads to
the first important result of this study: buoyancy forcing is
the primary driver of the global ocean response to radiative
forcing from an NH extratropical TOA insolation
reduction.

d. Buoyancy-driven Atlantic OHT and AMOC

The ocean’s Eulerian-mean MOC (C) as a function of lati-
tude f and depth z is calculated as

C(f, z) � a cosf
�0

z

�ke

kw

y (k,f, z′)dk dz′; (7)

where y is model-resolved meridional velocity in the ocean
and z′ is a dummy integration variable. CESM outputs a
global and AtlanticC (the AMOC) as history fields.

The AMOC is well known to be influenced by thermo-
haline processes (e.g., Kuhlbrodt et al. 2007; Buckley and
Marshall 2016; Johnson et al. 2019; Yu and Pritchard
2019; Larson et al. 2020). The AMOC’s surface branch
transports warm, saline water from the subtropics into the
North Atlantic. As these waters move farther north, they cool,
become denser, and ultimately convect. After convecting,
these deep waters move southward, closing the loop and con-
necting with the rest of the global overturning circulation in
the Southern Ocean (Talley et al. 2011). Varying any of the
thermohaline boundary conditions can cause changes in the
AMOC strength, which has been suggested to have occurred
at times in the paleoclimate record (e.g., Manabe and Stouffer
1997, 1999; Broecker 1997, 2003; Eisenman et al. 2009; Zhu
et al. 2014).

Because the AMOC is the main driver of OHT in the
Atlantic (Frierson et al. 2013; Marshall et al. 2014), we ex-
pect the buoyancy-forced BF response to dominate the
multidecadal Atlantic OHT response, much as it domi-
nates the global response as discussed in section 3c. A

FIG. 4. (a) Zonally integrated net surface heat flux,Qnet [Eq. (A1)],
with colors as in Fig. 2. (b) Zonally integrated ocean heat storage,
OHS [Eq. (A3)], with colors as in Fig. 2.
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naive understanding of the BF-dominated global OHT re-
sponse might therefore suggest that the AMOC dominates
the total OHT response, while the OHT contribution from
the STCs, which are often assumed to be momentum-
forced, is negligible. However, we see in Figs. 5b and 5c
that both the Atlantic and Indo-Pacific are in fact contrib-
uting to OHT, so we explicitly test these two transient
response theories by considering the basin decomposition
of OHT. As expected, the Atlantic’s buoyancy-forced
BF response encapsulates the vast majority of the FC
response, with the momentum-forced MF response being
nearly negligible even in the tropics. BF dominates tropi-
cal and cross-equatorial OHT to such an extent that the
FC response can be approximated by the BF result alone.

The AMOC responses in Figs. 6d and 6e support the inter-
pretation from Fig. 5b that the Atlantic OHT response is
buoyancy dominated. Note that this applies only if the OHT
changes are driven by circulation changes rather than tempera-
ture changes, which will be investigated below. With a Pearson
product-moment coefficient of linear correlation (pattern
correlation) of 0.995, the FC and BF AMOC patterns are
nearly indistinguishable to the eye. On the other hand, the
MF AMOC barely registers a circulation (Fig. 6f). There-
fore, another important result from our wind stress overrid-
ing simulations is that the transient response of the AMOC
to NH extratropical radiative forcing is nearly entirely buoy-
ancy driven. This complements the results of Larson et al.
(2020), who used a different wind stress overriding tech-
nique to find that buoyancy forcing sets the AMOC’s equi-
librium response.

It is worth pointing out that the AMOC response in our
simulations is large. With a maximum value on the order of
10 Sv (1 Sv ≡ 106 m3 s21), the FC and BF responses represent
a considerable increase over the annual mean AMOC strength
in the control climate (gray contours in Figs. 6d–f). Despite
the slightly different forcing schemes between studies, the
strong AMOC response in our simulations is qualitatively sim-
ilar to the DHIGHLAT AMOC response of YP19. By varying
the latitude of the TOA forcing, YP19 found that higher-
latitude forcing monotonically led to a stronger AMOC re-
sponse and more ocean-centric damping of ITCZ shifts.

Considering this, our robust AMOC response from NH
TOA forcing of 458–658N is unsurprising; we have effec-
tively forced the climate system where it can elicit a strong
AMOC response.

4. Indo-Pacific response

a. Basinwide response

Although previous understandings of meridional energy
transport changes in response to changes in midlatitude heat-
ing have largely rested upon a zonal-mean description of Qnet

anomalies, Fig. 7 illustrates rich zonal structures of SST, Qnet,
and near-surface 850-hPa wind. Because the importance of
buoyancy forcing in the fully coupled extratropical response is
emphasized by the zonal-mean response of SST and Qnet in
Figs. 2a and 2b, we pay particular attention to the FC and
BF response of SST, Qnet, and near-surface wind in Figs. 7a
and 7b.

The Pacific basin’s NH extratropical SST andQnet structure
is distinctly rich. While negative SST anomalies are largest in
the Bering Sea directly below the perturbation latitude, SST
cooling is intensified over the eastern subtropical Pacific as
well. A strengthened subtropical high over the north central
Pacific in FC and BF leads to anomalous anticyclonic near-
surface geostrophic winds. Cold advection from these anoma-
lous northerly winds in the atmospheric boundary layer cools
SST further and extends the temperature anomalies along the
North American west coast into the eastern subtropical Pacific’s
low-cloud-dominated regime. This region also happens to be
the “exchange window” for perturbations to reach the equato-
rial Pacific (Liu 1994; Nonaka et al. 2000). Although clearer in
the BF response, the anomalous anticyclonic winds extend far-
ther southwestward in both FC and BF from the eastern sub-
tropical Pacific’s SST cool tongue and drive a strongly negative
Qnet anomaly via latent cooling. This surface wind–
enhanced negative surface heat flux anomaly, which extends
southwestward across the basin and penetrates into the tropics,
resembles the Pacific meridional mode pattern (PMM; Chiang
and Vimont 2004; Amaya 2019).

It should be emphasized that our wind stress overriding
protocol only specifies the mechanical wind stress felt by the

FIG. 5. (a) Global OHT response with colors as in Fig. 2. (b) Atlantic OHT response with colors as in Fig. 2. (c) Indo-Pacific OHT
response with colors as in Fig. 2.
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ocean. As a result, CESM’s wind can still contribute to
changes in Qnet via wind-driven sensible and latent heating.
Any effect caused by mechanical and thermodynamic wind ef-
fects being out of step is a decoupling effect. Comparison of
Clim1 and Tau1S1 in Figs. S2j–l show that the decoupling ef-
fects in our protocol are generally negligible when zonally av-
eraged. Although they are larger than the decoupling effects,
the extratropical SST and Qnet MF responses in Fig. 7c are

also smaller in magnitude than the FC and BF responses and
nearly cancel out in the zonal average.

In the equatorial Indo-Pacific, strong zonally asymmetric
patterns abound in FC. In particular, the FC SST patterns in
the Indian Ocean suggest a negative phase of the Indian
Ocean dipole (IOD), while patterns in the Pacific Ocean
show an enhanced La Niña–like response to extratropical
cooling. This agrees qualitatively with the response of other

FIG. 6. (top) Global meridional overturning circulation (MOC; C) response for (a) FC, (b) BF, and (c) MF, shown as colored contours
with 1-Sv spacing. The time average of the unperturbed MOC in the control climate, Clim1, is given as gray contours of 10 Sv. (middle)
Atlantic meridional overturning circulation (AMOC) response for (d) FC, (e) BF, and (f) MF as colored contours of 1 Sv. The time aver-
age of the unperturbed Clim1 AMOC response is given as gray contours of 10 Sv. (bottom) Indo-Pacific meridional overturning circula-
tion response for (g) FC, (h) BF, and (i) MF as colored contours of 1 Sv. The time average of the unperturbed Clim1 Indo-Pacific MOC
response is given as gray contours of 10 Sv. Note the change in vertical scale between the top two rows and the bottom row.
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ETINMIP-style NH extratropical TOA insolation reduction
experiments, such as those of Kang et al. (2019), who present
an ensemble mean of GCM responses, and Kang et al. (2020),
who force a different GCM. Collectively, this La Niña pat-
tern, most clear in cold tongue anomalies in the eastern
equatorial Pacific, is created by both BF and MF together.
BF provides a prominent, zonally symmetric background
cooling of the equatorial Pacific and captures a PMM pat-
tern that reaches the equator with anomalous northeasterly
winds. Meanwhile, our MF case is uniquely useful for isolat-
ing the Bjerknes feedback because changes in wind stress
drive the ocean response. We see that easterly trade wind
anomalies shoal the eastern equatorial Pacific’s thermocline
and create a zonal asymmetry of a strengthened eastern
cold tongue indicative of La Niña. This La Niña pattern and
its associated cooling is likely responsible for the negative
precipitation anomaly on the equator associated with MF in
Fig. 2c.

That extratropical forcing can excite an ENSO-like event is
not necessarily surprising. As we see in Fig. 7b, a PMM pat-
tern extends southwestward across the NH subtropical Pacific
into the tropics, propagated by the wind–evaporation–SST

(WES) feedback (Xie and Philander 1994). These PMM
events are known to be possible triggers for ENSO events by
providing anomalous atmospheric forcing that can then excite
a Bjerknes feedback (Vimont et al. 2003; Chang et al. 2007;
Larson and Kirtman 2013, 2014; Lu et al. 2017; Pegion and
Selman 2017; Ma et al. 2017; Amaya 2019). IOD patterns
have also been associated with ENSO events (Annamalai et al.
2005) via equatorial waves. Several studies have also shown
that high-latitude NH volcanic events and their subsequent
stratospheric aerosol injection can generate ENSO responses
in the tropical Pacific by shifting the ITCZ southward, weak-
ening equatorial easterly trades, and warming the eastern
equatorial Pacific through the Bjerknes feedback (Pausata
et al. 2015, 2016; Stevenson et al. 2016).

b. Partitioning of Indo-Pacific OHT

Because there is no substantial deep convection in the
North Pacific, there is no climatological buoyancy-forced
deep Pacific MOC analogous to the AMOC (Talley et al.
2011). Hence the Indo-Pacific STCs have been pointed to as
the primary cross-equatorial OHT pathway in the Indo-Pacific.
While a strong AMOC response is expected given our NH

FIG. 7. (a) SST (colors and white contours), Qnet . 0 (solid black contours), Qnet , 0 (dotted black contours), and
850-hPa wind (arrows) for the FC response. SST contours are every 0.258C,Qnet contours are every 12Wm22 starting
at 63 W m22, and arrows with a magnitude smaller than 60.2 m s21 are zeroed out for visualization purposes.
(b) SST, Qnet, and 850-hPa wind for the BF response, with colors, contours, and arrows as in (a). (c) SST, Qnet,
and 850-hPa wind for the MF response, with colors, contours, and arrows as in (a).
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extratropical TOA forcing (e.g., YP19), the cross-equatorial
OHT response in the Indo-Pacific is similar in magnitude to
the Atlantic cross-equatorial OHT response: both basins
contribute about 0.2 PW to the total cross-equatorial OHT
(Figs. 5b,c).

Figure 5c shows that this FC response of Indo-Pacific cross-
equatorial OHT is, surprisingly, also primarily a result of the
BF response. The prevailing view, as suggested by GM17 and
Green et al. (2019), is that changes in the trade winds cause
substantial changes in the STCs which induce momentum-
forced cross-equatorial heat transport. In Fig. 5c, we see that
the cross-equatorial MF OHT response is slightly positive,
which agrees qualitatively with GM17. However, compared
with buoyancy forcing, the magnitude of momentum forcing
in damping the response of the ITCZ by moving heat cross-
equatorially is overstated by prior theories. While the MF
response of the cross-equatorial OHT is larger in the Indo-
Pacific than in the Atlantic, it still is only about a quarter of
the size of the Indo-Pacific BF response. Although there is a
clear latitudinal dependence to the MF response (BF and
MF are roughly the same size near both 158N and 108S), the
magnitude of cross-equatorial OHT is most important for
understanding how the ocean damps ITCZ shifts. This leads
to the central result of this study: buoyancy forcing drives
the cross-equatorial OHT response to NH extratropical
forcing in the Indo-Pacific. Momentum forcing plays a con-
siderably smaller role.

The total Indo-Pacific MOC response presented in Fig. 6g
is asymmetric about the equator, differing from the climato-
logical STCs, which are more equatorially symmetric (gray
contours in Figs. 6g–i). While the climatological STCs may be
primarily momentum-forced (McCreary and Lu 1994; Liu
1994), the transient response of the STC is a combination of
an anomalous, asymmetric, buoyancy-forced shallow MOC
(Fig. 6h) and an even shallower, asymmetric, momentum-
forced MOC (Fig. 6i), which somewhat resembles the canoni-
cal symmetric two-celled STC response suggested by studies
such as GM17.

The BF anomalous MOC in Fig. 6h is unexpected and does
not line up with previous understanding of Indo-Pacific OHT
adjustment mechanisms. To ensure that it is indeed the anom-
alous shallow BF MOC in Fig. 6h that drives the anomalous
cross-equatorial BF OHT in Fig. 5c, Fig. S7 shows the decom-
position of cross-equatorial (average of 108S–108N) OHT out-
lined in Derivation S1 (see the online supplemental material).
Most importantly, the dynamic response (i.e., the anomalous
advection of the mean temperature; blue bars in Fig. S7), is
the dominant component of the total cross-equatorial OHT
response (black bars in Fig. S7) in nearly every scenario, in-
cluding the case of the Indo-Pacific’s anomalous BF cross-
equatorial OHT (Fig. S7b).

Recent studies have highlighted the importance of the
“inter-basin seesaw” (Sun et al. 2022) which exchanges heat
between the Atlantic and Indo-Pacific on centennial time-
scales through a deep overturning circulation caused by wave
adjustment (e.g., Garuba and Klinger 2016; Newsom and
Thompson 2018; Holmes et al. 2019; Sun et al. 2020, 2022).
Perhaps because of the short length of our simulations with

respect to the deep ocean, we find no evidence of an anom-
alous cross-equatorial deep overturning circulation in the
Indo-Pacific (not pictured). Because our cross-equatorial
heat transport decomposition highlights dynamic changes
as the driver of the anomalous BF OHT seen in Fig. 5c, we
diagnose the anomalous shallow MOC in the BF response
to be the main driver of the anomalous BF cross-equatorial
OHT.

More broadly, this suggests that anomalous cross-equatorial
heat transport occurs primarily due to dynamic changes, while
thermodynamic and nonlinear terms are less important, a
result mirrored in YP19. While several recent studies have
suggested that passive, or thermodynamic, circulation drives
patterns of ocean heat uptake in the case of global warming
(e.g., Armour et al. 2016; Garuba and Klinger 2016, 2018;
Newsom et al. 2020), in our case of hemispherically asym-
metric NH extratropical forcing, this decomposition serves
to emphasize the importance of dynamical adjustment in
cross-equatorial OHT. It also underscores our interpreta-
tion in section 3d that the buoyancy-forced AMOC change
drives Atlantic OHT (Fig. S7b).

c. Thermohaline drivers of Indo-Pacific buoyancy-forced
shallow MOC

As suggested by the different vertical scales between
the deep Atlantic buoyancy-forced response in Fig. 6e and
the shallow Indo-Pacific buoyancy-forced response in
Fig. 6h, the Indo-Pacific buoyancy-forced MOC response is
governed by different dynamics than the AMOC and not
simply a deep convection driven Indo-Pacific version of
the AMOC. Nevertheless, our BF experiment explicitly
demonstrates that buoyancy forcing from thermohaline
drivers spur both the AMOC and our Indo-Pacific shallow
MOC contained within the STCs. To hypothesize the
physical drivers of this unexpected BF shallow MOC,
we analyze Indo-Pacific density and surface buoyancy forc-
ing responses, which point us toward specific physical
processes.

Noting that subtropical gyre thermocline waters most
closely resemble late winter mixed-layer waters, Stommel
(1979) proposed that the seasonal cycle of the mixed layer
acts as a “demon” that controls which waters enter the ther-
mocline. Figures 8a and 8b plot tropical and NH extratropical
Indo-Pacific surface potential density s0(k, f) from January
through March (JFM) for FC and BF. As expected, the late
winter surface potential density responses are quite similar.
Although s0 increases throughout the NH Pacific in FC and
BF, the most obvious feature is the positive bull’s-eye-like
s0 anomaly in the eastern subtropical Pacific around 308N.
Zonal-mean profiles of annual-mean Indo-Pacific FC and
BF s0 responses in Figs. 8c and 8d largely follow the surface
s0 responses in Figs. 8a and 8b: deep s0 perturbations
directly underlie the positive eastern subtropical Pacific
surface bull’s-eye and extend vertically well into the
thermocline.

The fact that the anomalous FC and BF MOCs cross iso-
pycnals in Figs. 8c and 8d indicates a diapycnal anomaly,

L UONGO E T AL . 308115 OCTOBER 2022

Unauthenticated | Downloaded 11/29/22 10:18 PM UTC



which can help explain our anomalous BF MOC. In a direct
analog to the Eulerian-mean MOC C, defined in Eq. (7) on
vertical coordinates, following Sun et al. (2018) we define the
Eulerian-mean MOC in density coordinates as

Cs0(f, s0) � a cosf
� 0

zbot

�ke

kw

y(k,f, z)H[s′
0(k, f, z) 2 s0] dk dz:

(8)

In Eq. (8), zbot is the ocean bottom, H is the Heaviside step
function, s′

0(k, f, z) is the surface potential density field, and
s0 is the vector of surface potential densities we integrate
over. Figures 9a–c respectively present anomalous Cs 0 for FC,
BF, and MF. While it can be difficult to definitively interpret
Cs 0 differences if the MOC is not in steady state, all three

transient overturning responses presented here cross isopycnals
in some capacity. The FC and BF overturning responses show an
increased overturning at densities below the climatological STCs.
Focusing in particular on the NH lobe of the FC and BF Cs 0

responses, we see a large diapycnal overturning extending
from s0 = 22–24.5 kg m23. This anomaly represents the shift
of the STC to a higher density class, which would be expected
from surface cooling. We observe a decrease in stratification,
the vertical gradient of density, at depth, and, because
CESM’s vertical diffusivity depends on stratification, this
represents a potential enhancement of parameterized vertical
diapycnal mixing. We conclude that changes in interior
diapycnal mixing as a result of evolving stratification are par-
tially responsible for the anomalous BF MOC in the Indo-
Pacific.

FIG. 8. (top) January–March (JFM) surface potential density, s0, response for (a) FC and (b) BF as colored
contours every 0.075 kg m23. (bottom) Indo-Pacific annual-mean, zonal-mean s0 response for (c) FC and (d) BF
as colored contours every 0.075 kg m23 overlain with the Indo-Pacific MOC response in Figs. 6g and 6h as black
contours of 1 Sv. Solid white contours in (a) and (b) are the JFM average of the unperturbed s0 isopycnals in
Clim1 every 1 kg m23 from 20 to 25 kg m23. Note that s0 = 25 kg m23 in Clim1 is plotted as a thick, solid contour
and s0 = 25 kg m23 in Clim2 in (a) and Tau1S2 in (b) is plotted as a thick, dotted contour. White contours in
(c) and (d) are the annual-mean unperturbed s0 isopycnals in Clim1 every 1 kg m23 from 22 to 27 kg m23 with
s0 = 25 kg m23 thickened.
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Interestingly, at s0 = 24.5–25.5 kg m23 there is a stronger and
more isopycnal anomalous overturning extending from the equa-
tor to around 308N. To explain this isopycnal aspect of the anom-
alous BF MOC, we consider how surface buoyancy forcing
influences the anomalous MOC by diagnosing surface water
mass transformations in the Indo-Pacific (Walin 1982; Speer and
Tziperman 1992). Following Newsom et al. (2016), we define sur-
face buoyancy fluxQB as

QB(k,f) � 2
a

Cp

Qnet(k,f) 2
r0
rFW

bS0QFW(k,f); (9)

where a and b are the coefficients of thermal expansion and
saline contraction, rFW is the density of freshwater, S0 is a
reference salinity, and QFW is the surface freshwater flux,
reported in CESM as the history field “SFWF.” Per Eq. (9),
QB is a linear sum of net surface heat and net surface fresh-
water flux in units of kg m22 s21. Figures S8a and S8d show

FC’s and BF’s QB fields for the Indo-Pacific. In this surface
water mass transformation framework, we can then define the
surface-forced overturning streamfunction CWMT (Marsh
2000; Grist et al. 2009; Oldenburg et al. 2021) as

CWMT(f, s0) � 2a2 cosf
­

­s0

� �
f′.f,s′

0.s0

QB(k, f) dk df;

(10)

where f′ and s′
0 are dummy integration variables for latitude

and potential density. In this framework, Cs 0 and CWMT are
directly comparable and explain how much of Cs 0 is attribut-
able to water mass transformation with the residual attributed
to mixing, which is not accounted for in this framework. Color
fill in Figs. 9d–f presents the CWMT response for the FC, BF,
and MF responses and they are overlain with Cs 0 contours
for each respective case for direct comparison. While there is
an obvious bias on the order of 10 Sv in CWMT compared to

FIG. 9. (top) Indo-Pacific Cs 0 response for (a) FC, (b) BF, and (c) MF as colored contours every 1 Sv. The time average of the unper-
turbed Indo-PacificCs 0 in the control climate, Clim1, is given as gray contours of 10 Sv. (bottom) Indo-PacificCWMT response for (d) FC,
(e) BF, and (f) MF as colored contours every 1 Sv. The corresponding Indo-PacificCs 0 response (colors from top row) is overlain as gray
contours of 1 Sv.
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Cs 0, substantial discrepancies have been found between
surface-forced MOC and total MOC in prior studies and
CWMT estimates are typically stronger than Cs 0 (Grist et al.
2009; Oldenburg et al. 2021). Nevertheless, we find this to
be a useful qualitative diagnostic framework. It suggests that
the more isopycnal overturning along s0 = 24.5–25.5 kg m23 in
this anomalous MOC is strongly influenced by surface buoy-
ancy forcing (Fig. S8).

While decreased stratification and increased surface buoy-
ancy forcing help to dynamically explain the anomalous BF
MOC in the Indo-Pacific, a few major big-picture questions
remain, such as why the BF MOC is located where it is and
how thermohaline anomalies are communicated from the
high-latitude NH region where the insolation perturbation is
applied into the tropics and across the equator.

5. Discussion

a. Low cloud feedback off the California coast

Whereas the insolation is reduced from 458 to 658N, the
maximum density anomaly in the Pacific occurs 3000 km
away at 308N (Figs. 8a,b). Here we consider how the low
cloud feedback may help to explain the spatial disconnect
between the insolation perturbation and the maximum den-
sity anomaly.

The low cloud feedback is a positive feedback on the cli-
mate system (e.g., Norris and Leovy 1994; Norris et al. 1998;
Clement et al. 2009; Wood 2012; Gettelman and Sherwood
2016; Sherwood et al. 2020; Yang et al. 2022). In the case of
reduced NH insolation, the strengthened subtropical high
pressure system in the central northern Pacific leads to
strengthened anticyclonic geostrophic near-surface winds
(Fig. 7b). These winds contribute to SST cooling along the
coast of California in the eastern subtropical Pacific via sen-
sible and latent heat flux changes and they contribute to the
coastal cool tongue extending southward seen in Figs. 7a
and 7b.

These wind-cooled SSTs extend southward into the eastern
subtropical Pacific’s marine stratiform deck, a low-cloud-
dominated regime. The marine stratiform regime is strong on
the eastern flank of subtropical high pressure zones as cold
advection within the atmospheric boundary layer from geo-
strophic northerly winds cool SST and drive westward Ekman
transport (Talley et al. 2011; Wood 2012). Combined with
Hadley cell subsidence, which creates a strong inversion,
these regions are ripe with low clouds. In the case of NH cool-
ing, the low cloud positive feedback works to amplify any neg-
ative temperature anomalies introduced by anomalous winds
by increasing low cloud fraction, blocking incoming short-
wave, and creating denser waters beneath the marine strati-
form deck. Yang et al. (2022) show that the low cloud
feedback in the northeast Pacific cloud deck is even locally
strong enough to offset evaporative damping of SST.

Figure S9 shows the surface SW and low cloud fraction
anomalies. Because low clouds block insolation from reaching
the ocean surface, a substantial increase in low cloud fraction
directly coincides with the reduction in SW. This low cloud

bull’s-eye in FC and BF helps to regionally amplify the den-
sity anomaly shown in Figs. 8a and 8b.

b. Communication of anomalies via ventilated
thermocline

This raises the question of how these density anomalies are
communicated from the eastern subtropical Pacific to the
tropics and ultimately across the equator. In early work de-
scribing the physical basis of the STCs, McCreary and Lu
(1994) and Liu (1994) used the ventilated thermocline model
of the subtropical gyre first proposed by Luyten et al. (1983)
to connect tropical and subtropical variability. In particular,
by communicating anomalies along streamlines to the western
side of the basin, the subtropical eastern Pacific provides a
boundary condition for the tropics. These anomalies are com-
municated via mean advection and westward propagating
Rossby waves (McCreary and Lu 1994; Liu 1994; Qiu et al.
1997; Huang and Pedlosky 1999; Liu 1999; Nonaka et al.
2000).

Studies that investigated buoyancy forcing of the STC are
particularly relevant for the present discussion (Huang and
Pedlosky 1999; Shin and Liu 2000; Thompson and Ladd
2004). In particular, Huang and Pedlosky (1999) analytically
show that cooling leads to equatorward isopycnal outcrop
shifts, which induces baroclinicity in the upper and lower ther-
mocline and excites westward-propagating baroclinic Rossby
waves. Figures 8a and 8b clearly show this equatorward iso-
pycnal outcrop shift, as positive density perturbations lead the
s0 = 25 kg m23 outcrop to shift about 108 southward com-
pared to the climatology. Carried to the western basin via
mean advection and baroclinic Rossby waves, these anomalies
can be communicated to the equator via mean flow of the
western boundary current or coastal Kelvin waves (Shin and
Liu 2000). We leave the details of this buoyancy-forced cross-
equatorial adjustment to future work.

c. Model diversity

The results presented here suggest that the buoyancy-
forced Indo-Pacific shallow MOC changes shown in Fig. 6h re-
sult from density anomalies in the eastern subtropical Pacific
amplified by the low cloud positive feedback. Because this low
cloud response stands out in all three of our ensemble mem-
bers, and because it is also seen in the results of YP19 (their
Fig. 13) despite a different forcing scheme, this eastern subtropi-
cal Pacific low cloud feedback may be a robust response in
CESM. However, the strength of this feedback is likely to de-
pend on the choice of model, with the marine stratiform re-
gimes potentially responding differently in different GCMs.
This suggests that the details of the buoyancy-forced response
to the same NH TOA radiative forcing perturbation may vary
among GCMs.

d. Ocean heat transport response driven primarily by
buoyancy forcing

The buoyancy-forced asymmetric shallow Indo-Pacific
MOC shown in Fig. 6h is a result at odds with expectations
based on previous studies. Although GM17 suggested that the
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transient response of the Indo-Pacific MOC to interhemi-
spheric Qnet changes arises as a linear combination of a sym-
metric STC change and an asymmetric cross-equatorial cell
change, both of these cells are theorized to be momentum-
forced. In contrast to this, our results suggest that the asym-
metric OHT response that dominates the total cross-equatorial
response is in fact buoyancy-forced. Further, the weaker
momentum-forced OHT response of the Indo-Pacific MOC is
also asymmetric. Strikingly, the small cross-equatorial influ-
ence of MF in the Indo-Pacific and its negligible influence in
the Atlantic is at odds with preexisting hypotheses regard-
ing mechanically driven changes in the STCs from changes
in trade winds as a damping mechanism for ITCZ shifts
(Held 2001; Schneider et al. 2014; Kay et al. 2016; Green
and Marshall 2017; Schneider 2017; Green et al. 2019).
Varying the time averaging window does not seem to
change this conclusion (see Fig. S10). While we have fo-
cused on cross-equatorial OHT and its resulting ITCZ im-
pacts in this study, it is worth pointing out that MF does
seem to be a major player in the Indo-Pacific in carrying
heat from the northern tropics to the subtropical cooling
region (Fig. 5c).

Liu et al. (2021) heat the surface of the Southern Ocean
and implement climatological wind stress overriding, which
provides results that are complementary to this study. After
overriding the wind stress, a deep buoyancy-forced clockwise
cell develops that extends from the Southern Ocean into the
tropics in both the Indo-Pacific and Atlantic basins (see their
Fig. 8). This Southern Ocean buoyancy-forced cell occurs in
the absence of an AMOC response such that the Indo-Pacific
drives more OHT than the Atlantic as a result of its width. As
discussed in YP19, the transient AMOC response is highly
sensitive to forcing latitude, so our strong AMOC response
and Liu et al.’s (2021) lack thereof is not necessarily surprising
given that we forced different latitudes. Rather, the fact that
Liu et al. (2021) heat the Southern Ocean surface and find a
deep buoyancy-forced MOC in both the Atlantic and the
Indo-Pacific, whereas we reduce the energy input in the NH
TOA and observe a strong AMOC response and a mostly
buoyancy-forced shallow MOC in the Indo-Pacific, suggests
that the ocean’s transient adjustment to interhemispheric asym-
metricQnet forcing is sensitive to forcing type and location.

Of course, this adds yet another layer of complexity to the
question of how exactly the ocean dynamically adjusts and
damps ITCZ shifts in the face of interhemispheric Qnet asym-
metry. Much as YP19 see that radiative forcing applied at
different latitudes induces different AMOC responses, our re-
sults suggest that while buoyancy forcing is the preferred
mechanism for cross-equatorial heat transport compared to
momentum forcing, buoyancy forcing can come in different
forms that will vary the OHT response. Rather than an ideal-
ized theory of the ocean damping ITCZ shifts via buoyancy
forcing in the Atlantic and momentum forcing in the Indo-
Pacific, our results suggest that the ocean can work in more
complicated ways than often assumed in zonal-mean energy
transport theory to smooth out energetic gradients in the
ocean–atmosphere coupled system.

6. Conclusions

We have presented results from a set of GCM simulations
that utilize wind stress overriding and NH TOA insolation re-
duction. Our systematic experimental design has allowed us
to isolate and attribute the effects of thermohaline changes
alone and wind stress changes alone with a specific focus on
the ocean’s cross-equatorial heat transport. In particular, we
find that buoyancy forcing dominates the total OHT response,
with negligible momentum forcing in the Atlantic and smaller
than expected momentum forcing in the Indo-Pacific. The
shallow subtropical overturning circulation in the Indo-Pacific
does transport heat northward but this OHT comprises a
stronger and deeper asymmetric buoyancy-forced cell and a
weaker asymmetric momentum-forced cell. We suggest that
this shallow Indo-Pacific MOC is driven by subtropical thermo-
haline anomalies created by ocean–atmosphere interactions,
amplified by the low cloud feedback off the coast of California,
and then communicated cross-equatorially via the ventilated
thermocline.

The central result of this study is that buoyancy forcing
plays a dominant role in the transient adjustment of the ocean
to NH extratropical forcing perturbations in each basin. While
the wind stress-forced component of the STCs do in fact
transport heat northward in the Indo-Pacific, the magnitude
of the response is not as large as prior studies have theorized
(Held 2001; Schneider et al. 2014; Kay et al. 2016; Schneider
2017; Green and Marshall 2017; Green et al. 2019). Rather,
the present study fits into a group of studies that share a rec-
ognition of the importance of the buoyancy-forced response
of transient ocean adjustment (e.g., Shin and Liu 2000; Hogg
2010; Wang et al. 2015; Gjermundsen et al. 2018; Hogg and
Gayen 2020; Shi et al. 2020). On a more practical level, this
study suggests that the buoyancy-forced response to energy
perturbations is basin-specific, such that a more complete the-
ory of the ocean’s effect on ITCZ migrations must consider
the forcing type and meridional location.
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APPENDIX

Relating Qnet to OHT

Following Liu et al. (2018) and Hu et al. (2020), we con-
sider the heat budget of each full-depth column of the
ocean. The total heating Qnet can be written as the sum of
sensible heat flux (SHF), latent heat flux (LHF), and both
shortwave (SW) and longwave (LW) radiative fluxes,

Qnet � SHF 1 LHF 1 SW 1 LW: (A1)

Here all quantities are defined as positive downward in
units of W m22. Note that the term we call Qnet is reported in
CESM as the ocean history field “SHF,” which stands for sur-
face heat flux, but in the present study we use “SHF” to refer
to sensible heat flux.

We define ocean heat content (OHC) as a vertically inte-
grated quantity,

OHC � r0Cp

�0

2H
u dz; (A2)

where OHC is the product of the seawater density, which
we take to be constant at r0 = 1026 kg m23, the specific
heat capacity of seawater Cp = 3996 J kg21 8C21, and the
potential temperature u (8C), integrated from the sea floor
(z = 2H) to the sea surface (z = 0).

Changes in Qnet are associated with changes in the ocean
column’s heat storage (OHS), the time tendency of OHC,

OHS � ­

­t
OHC; (A3)

and changes in the ocean column’s horizontal heat flux diver-
gence (OHD), which includes the effects of both advection
and parameterized eddy diffusion. Approximating the ocean
to be incompressible (∇ · uT = 0), this can be written as

OHD � r0Cp

� 0

2H

[∇ · (uT u) 1 D] dz

� r0Cp

� 0

2H

(uT · ∇u 1 D)dz:
(A4)

Here, D is the divergence of isoneutral diffusive flux pa-
rameterized in CESM with the Redi scheme to simulate
subgrid-scale diffusive processes including geostrophic ed-
dies, and uT is the total three-dimensional ocean velocity
vector with uT, yT, and wT representing the zonal, meridio-
nal, and vertical velocity components, respectively.

As such, changes in Qnet are associated with changes in OHS
or OHD, both of which are vertically integrated quantities:

Qnet � OHS 1 OHD: (A5)

The meridional ocean heat transport (OHT) at a given
latitude f can be written as the meridional integral from f to

the North Pole (f � p/2) of OHD integrated zonally across
longitudes k from the western edge of a basin (k = kw) to the
eastern edge of a basin (k = ke):

OHT � 2

�p/2

f

a2 cosf′
�ke

kw

OHD dk df′: (A6)

Here, a = 6371 km is the radius of Earth, and a negative
sign is included for the convention that positive OHT repre-
sents northward heat transport.
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