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Abstract

Equilibrium inter-mineral Mg isotope fractionation factors (10°Ina) are key for
using Mg isotopes to investigate high-temperature geochemical processes. First-
principles calculations based on density functional theory (DFT) has been proven to be
a reliable approach to predict the reduced partition function ratio (10°Inp) and the inter-
mineral 10°Ina values, and there are large amounts of data calculated based on different
methods in the literature. We here review previous DFT calculations on inter-mineral
10°Ina. of Mg isotopes and complement new calculations for some minerals, and
thoroughly discuss and compare the results from different methods. Two types of
approximations, the local density approximation (LDA) and the generalized gradient
approximation (GGA), are adopted to model the exchange-correlation potential in DFT
calculations. Static calculations and quasi-harmonic approximation (QHA) are both
used to calculate the 10°Ino. In theory, the QHA method is more reliable but more
computationally expensive than the static method, because the former derives the
pressure- and temperature-dependent 10°Inp from its volume- and temperature-
dependent form via the equation of states.

The structural and vibrational properties of mantle minerals predicted by the LDA
calculations agree well with experimental results, while the GGA -calculations
overestimate the volumes and Mg-O bond lengths. There are systematic differences
between the calculated 10°Inp values using static LDA and GGA calculations; however,
both approaches predict similar inter-mineral 10°Ino values at high temperatures
because the systematic difference between two 10°Inf values cancels out. Furthermore,
the inter-mineral 103Ina values predicted by the static LDA method generally agree
with those from the LDA+QHA method, which is used to calculate the pressure effect
on 10°Ina. Two sets of inter-mineral 10°Ina values of 2Mg/**Mg calculated by static
LDA and LDA+QHA methods are present as a function of temperature and/or pressure
in this review. Large Mg isotope fractionation exists between some minerals, and inter-

mineral 10°Ina values could be significantly affected by pressure due to the difference
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in the pressure slopes of their 10°Inp. The measured forsterite-magnesite and spinel-
magnesite Mg isotope fractionation factors in previous experiments are consistent with
the calculated results within uncertainties. Using the calculated data, we examine the
degree to which the observed inter-mineral Mg isotope fractionation in natural rocks
represents equilibrium and model the Mg isotope fractionation during late-stage basalt
differentiation.

Keywords: first-principles calculations, equilibrium isotope fractionation, Mg isotopes,

geothermometer, quasi-harmonic approximation, basalt differentiation

1. Introduction

Magnesium is a major rock-forming element. It is the fourth most common
element in the Earth (McDonough and Sun, 1995) and the fifth most abundant element
in the continental crust (Rudnick and Gao, 2014). Magnesium has three stable isotopes,
24Mg, Mg, and Mg, with relative abundances of 78.99%, 10.00%, and 11.01%,
respectively. The Mg isotope composition is usually reported as &°Mg =
[(**Mg/**Mg)sample/ (M g/>*Mg)standard - 1]x1000 (%o0), where (**Mg/>**Mg)standard Tefers
to the Mg isotopic ratio in a standard sample. Recent advances in Mg isotope analytical
technique lead to an analytical precision of 3*Mg to the level of < 0.1 %o (2SD), and
large 8*°Mg variations were found in natural samples (see review in Young and Galy
(2004) and Teng (2017)). This makes Mg isotopes a useful tool in the studies of a variety
of geological processes, including chemical weathering and alteration (Brewer et al.,
2018; Cuozzo et al., 2020; Huang et al., 2018, 2016, 2012; Li et al., 2010; Liu et al.,
2014; Teng et al., 2010b), magma differentiation (Huang et al., 2011a; W.-Y. Li et al.,
2016; Liu et al., 2011; Teng et al., 2007, 2010a; Wang et al., 2012, 2016; X.-J. Wang et
al., 2021; Young et al., 2009), the recycling of surficial materials into the mantle (Hu et
al., 2020, 2017; Huang et al., 2015; S.-G. Li et al., 2016; Liu et al., 2010; Wang et al.,
2014; X.-J. Wang et al., 2017; Yang et al., 2012), and planetary evolution (Hin et al.,

2017; Young et al., 2019).
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Applications of Mg isotopes in high-temperatures geochemical processes require
the understanding of equilibrium mineral-melt and inter-mineral Mg isotope
fractionation. The similar §°°Mg values of mantle peridotites, mid-ocean ridge basalts,
and ocean island basalts from different regions (e.g., Teng et al., 2010a, 2007) suggest
a negligible Mg isotope fractionation during partial melting of mantle peridotites and
basalt differentiation. This also reveals an unresolvable Mg isotope fractionation
between olivine and melt (A>*Mgotivine-melt = 0.0 + 0.04 %o) at magmatic temperatures
when compared with the current levels of precision (Teng et al., 2010a, 2007). Mineral-
melt Mg isotope fractionation for other minerals can be derived from the equilibrium
mineral-olivine Mg isotope fractionation factors and A*Mgglivinemeit. There are
extensive studies in the literature investigating the 8?°Mg of constituent minerals in a
variety of mantle xenoliths, including olivine, pyroxenes, garnet, and spinel (Chen et
al., 2018; Handler et al., 2009; Yan Hu et al., 2016; Hu et al., 2020; Li et al., 2011; Liu
etal., 2011; Stracke et al., 2018; Wang et al., 2015, 2012; Xiao et al., 2016, 2013; Young
et al., 2009). These studies found that the orthopyroxene-olivine Mg isotope
fractionation (A?®Mgorthopyroxene-olivine = 0>°Mgorthopyroxene - 0°°Mgolivine) ranges from -0.05
+ 0.14 %o to 0.25 = 0.14 %o (2SD), and the measured A?®Mgcpx-ol Varies in a wide range
from -0.25 £ 0.07 %o (Yan Hu et al., 2016) to +0.42 + 0.14 %o (Young et al., 2009). The
observed AZ®Mgciinopyroxene-gamet ranges from +0.11 + 0.06 %o in garnet-bearing
pyroxenites from Yan Hu et al. (2016) to +1.14 + 0.04 %o in eclogites from Li et al.
(2011), and the A?Mggpinel-olivine Tanges from +0.17 + 0.14 %o in north China craton
peridotites from Xiao et al. (2013) to +0.87 + 0.14 %o in San Carlos xenoliths from
Young et al. (2009). The degree to which the observed inter-mineral fractionation in
natural samples represents equilibrium warrants a closer examination.

Olivine- and spinel-carbonate Mg isotope fractionation factors, and hence the Mg
isotope fractionation between spinel and forsterite (A2Mgspinel-forsterite) have been
determined experimentally using the three-isotope method (Macris et al., 2013; Tang et

al., 2021). They reported large A*Mgspincl-forsterite Values at 873-1073 K and 1 GPa, and
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found that A2Mggpinel-forsterite 1S also affected by the Cr content in spinel. The Mg isotope
fractionation factors among other minerals have not been yet investigated by
experiments until now. Alternatively, first-principles calculations based on DFT have
been widely used to determine the equilibrium isotope fractionation for many systems
including Mg (Blanchard et al., 2017; Feng et al., 2014; Gao et al., 2018; Huang et al.,
2014, 2013; Li et al., 2019b, 2019a; Méheut et al., 2009; Schauble, 2011; W. Wang et
al., 2021b, 2021a, 2017b, 2017a; Wang et al., 2020a, 2019b; W. Wang et al., 2021e; Wu
et al., 2015). Specifically, Schauble (2011) calculated the equilibrium Mg isotope
fractionation factors among olivine, spinel, pyroxene, and magnesite at static 0 GPa.
Huang et al. (2013) calculated the equilibrium Mg isotope fractionation factors among
garnet, clinopyroxene, orthopyroxene, and olivine at various pressures and
temperatures, and found a substantial pressure effect on the equilibrium Mg isotope
fractionation among garnet, pyroxene, and olivine. These two studies used different
approximations for the exchange-correlation potential (GGA vs. LDA) to perform the
DFT calculations and different methods (the static method vs. the QHA method) to
calculate the equilibrium Mg isotope fractionation factors from the Urey equation, but
their results for the first order are consistent with each other at 0 GPa (Huang et al.,
2013).

In this contribution, we review previous first-principles studies on the
equilibrium Mg isotope fractionation among a variety of mantle minerals and present
new calculated results for Fe-Ti oxides (magnesioferrite and ilmenite), which play an
important role during late-stage basalt differentiation (e.g., X.-J. Wang et al., 2021). We
thoroughly discuss the results calculated from different approximations for the
exchange-correlation potential and different methods, and provide a full set of self-
consistent equilibrium inter-mineral Mg isotope fractionation factors for future usage.
Furthermore, we compare the theoretical results with experimental measurements, and
use the data to examine whether the observed inter-mineral Mg isotope fractionation in

mantle rocks represents equilibrium or not. Finally, we apply the fractionation data to
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interpret the Mg isotope fractionation during late-stage basalt differentiation.

2. Methods
2.1 Equilibrium isotope fractionation factor
The equilibrium isotope fractionation factor between Phases A and B is defined as
the ratio of the isotopic ratios in Phases A and B:
aA-B=RA/R=(Y*/Y)a/(Y*/Y)B (1)
where Y* and Y refer to the concentrations of two isotopes. In the theoretical
calculations, the equilibrium isotope fractionation factor can be expressed as the ratio
of the reduced partition function ratios (P factor) of the two phases:
aa-5=Pa/Br or 10°Inoa- (%0)=10°InPa-10°InPs (2)
The reduced partition function ratio of a given phase describes the isotopic
fractionation between that specific phase and an ideal atomic gas. Following Bigeleisen
and Mayer (1947) and Richet et al. (1977), based on the harmonic approximation and

the Teller-Redlich rule, the reduced partition function ratio $a of an element X in Phase

A is given by:
1,
_Qn _ p3Nuin e 2 1-e"il
Ba= o =11 = 3)
l u; 1-e e " 2Hil

where 4 and / represent the heavy and light isotopes, respectively; O, and O refer to
the vibrational partition function for the heavy and light isotopes, respectively. The
running index 7 refers to the vibrational frequency mode, and N is the number of atoms
in the unit cell. Parameters u;;, and u;; are defined as:

Uinor it = NWinorut/kpT 4)
where h and kg are the Planck and Boltzmann constants, respectively; w;, or i1 1S
the vibrational frequency; and 7 is the temperature in Kelvin. It can be noted that
equilibrium isotope fractionation is related to the changes in vibrational frequencies
caused by the isotopic substitution of an element in a given system (Bigeleisen and
Mayer, 1947; Urey, 1947). Thus, deriving the equilibrium isotope fractionation factor

requires calculations of vibrational properties.
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Because the differences in vibrational frequencies caused by isotope substitution
(Au; = u;; — ;) are very small, following the analysis in previous works (Bigeleisen
and Mayer, 1947; Dauphas et al., 2012; Kowalski et al., 2013a; W. Wang et al., 2021e),

Eq. (1) can be written as:

1 1

=1+ -2+ 1y (7)

w | exp(u)-1

The Taylor expansion of the function enclosed by the summation sign is:

11 ot _wmwd g w® w]
Glu) = u; + exp(uj)-1 12 720 = 30240 1209600 (®)
When only the first term of the Taylor expansion is considered, the B factor is:
B=1+33 thu=1+3 g~ )

24

As we only consider changes in vibrational frequencies caused by the isotopic

substitution of the element of interest, Eq. (9) can be expressed as:

3N 2 2 3
ﬁ:1+2u:1+(i__) 2
o 24 my o my) 24k T2 L

_1+(———)8k T2<F> (10)

103Ing = (———) <F> (11)

8kgp T2
where m; and m; are the masses of light and heavy isotopes, respectively. A4; (i =
1,2,3) are the force constants acting on the isotopic atom in the three perpendicular
spatial directions, and <F> is the average force constant. The use of Eq. (11) requires
that frequencies related to the element of interest w; (cm™) are < 1.39 T (T is the

temperature in Kelvin).

2.2 Quasi-harmonic approximation

In general, the 10°Inp and 10°Ina calculation procedures for solids involve three
steps: (1) optimizing the solid structures under a certain pressure under static conditions;
(2) calculating the vibrational properties of the relaxed structures with different isotope
masses; and (3) deriving 10°Inp and 10°Ina using Egs. (3) and (2). The 10°InB obtained
using the static method is volume- and temperature-dependent because vibrational

7
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frequencies from first-principles calculations are a function of volume. In many
published studies (Blanchard et al., 2017; Feng et al., 2014; Gao et al., 2018; Li et al.,
2019a, 2019b; Méheut et al., 2009; Schauble, 2011; W. Wang et al., 2017a; Wang et al.,
2020a,2019b; W. Wang et al., 2021¢, 2021b, 2017b), the temperature-dependent 10°Inf3
values calculated from the vibrational frequencies at static 0 GPa (called the "static
method" thereafter) are typically used to derive 10°lno at 0 GPa and different
temperatures, without considering the temperature effect on volume. In theory, the solid
volume increases with temperature at a certain pressure, and the temperature-dependent
10°Inf values at static 0 GPa are not the values at realistic 0 GPa and different
temperatures. To address this issue, it is necessary to express 10°Inp as a function of
both pressure (P) and temperature (7). The transform requires the equation of state P(V,
7), which can be derived from the Helmholtz free energy (F). Within the quasi-

harmonic approximation (QHA), the Helmholtz free energy is expressed as:

ha)q’i(V)

F(V,T) = UV) +, 54 hwq (V) + kT Sqiln (L= exp (= =250 (5)

where g is the wave vector in the Brillouin zone, and i is the running index of phonon
mode. The first, second, and third terms in Eq. (5) correspond to the static, zero-point,
and vibrational energy contributions, respectively. The calculated Helmholtz free
energy versus volume was fitted by the third-order Birch-Murnaghan finite strain

equation of state and the pressure can be derived from:

PV, T)=-GDr (6)
Thus, the pressure- and temperature-dependent 10°Inp can be transformed from its
volume- and temperature-dependent form via P(V, T). We call this approach "QHA
method" in this study. It should be noted that calculating 10°Inp for each mineral using
the static method only needs to calculate the vibrational frequencies of the relaxed
structure at static 0 GPa, while the QHA method requires the vibrational frequencies at
different equilibrium volumes to obtain the pressure- and temperature-dependent
10°InB. Because the phonon calculations are computationally expensive, the QHA
method costs at least 5-10 times more computation time than the static method. We will

8
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compare the results calculated using these two different methods in section 4.2.

2.3 First-principles calculations

All first-principles calculations were performed using the Quantum Espresso
package (Giannozzi et al., 2009) based on DFT, plane waves, and pseudopotentials. In
principle, the DFT is an exact theory, but the accurate functional form is still unknown,
and approximations such as the local density approximation (LDA) and the generalized
gradient approximation (GGA) are required to model the exchange—correlation
potential. Here we adopted the local density approximation (LDA) for the exchange
correlation function, because it works well for calculating phonon properties
and thermodynamic properties of mantle minerals (Duan et al., 2019; Hao et al., 2019;
YiHuetal.,2016; Huang et al., 2013; Qian et al., 2018; Shukla et al., 2016, 2015; Wang
et al., 2020c, 2019a; W. Wang et al., 2021c, 2021d; Wang et al., 2020b; Wang and Wu,
2018; Wentzcovitch et al., 2010; Wu and Wang, 2016; Yang et al., 2017; Yang and Wu,
2014; Yuetal., 2011, 2007; Zou et al., 2018). The pseudopotential for magnesium (Mg)
was generated by the von Barth and Car method with a cutoff radius of 2.5 Bohr for all
channels using five valence configurations, 3s?3p°, 3s!'3p!, 3s'3p®33d%3, 3s!3p°>, and
3s!'3d! with decreasing weights of 1.5, 0.6, 0.3, 0.3, and 0.2, respectively. The
pseudopotentials for silicon (Si) and oxygen (O) were generated using the method in
Troullier and Martins (1991), with a valence configuration of 3s?3p*3d° and a cutoff
radius of 1.47 Bohr for Si and a valence configuration 2s?2p* and a cutoff radius of 1.45
Bohr for O. The pseudopotentials for calcium (Ca), iron (Fe), titanium (Ti), chromium
(Cr), aluminum (Al), and carbon (C) were generated using the Vanderbilt method
(Vanderbilt, 1990). The cutoff radius is 1.85 Bohr for Ca with a valence configuration
of 3s?3p®4s!, 1.8 Bohr for Fe with a valence configuration of 3s?3p%3d®-4s'4p®, 1.8
Bohr for Ti with a valence configuration of 3s?3p®4s?3d?, 1.65 Bohr for Cr with a
valence configuration of 3s>3p®4s'3d°, 1.77 Bohr for Al with a valence configuration of

3s?3p!, and 1.3 Bohr for C with a valence configuration of 2s?2p2. Pseudopotentials for
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all elements included in this study except for Cr were used to predict the equilibrium
isotope fractionation factors in our previous studies (Feng et al., 2014; Huang et al.,
2014, 2013; Qin et al., 2016; W. Wang et al., 2021b, 2017a, 2017b; Wang et al., 2020a;
Wau et al., 2015). The energy cutoff for plane waves was 70 Ry.

Although LDA has successfully predicted various properties of mantle minerals,
it cannot sufficiently describe the large on-site Coulomb interactions among the
localized electrons in open shell configurations (Anisimov et al., 1991). For instance,
LDA gives a metallic band structure for FeO, failing to predict the insulating ground
state because LDA does not properly describe the large on-site Coulomb interactions
among the Fe's 3d electrons (Anisimov et al., 1991). To address this issue, we
introduced a Hubbard U correction to the LDA (LDA+U) for Fe, Ti, and Cr. The
LDA+U method has also been widely used to successfully predict the physical and
chemical properties of Fe-bearing bridgmanite and ferropericlase (Hsu et al., 2011;
Shuklaetal., 2016, 2015; Shukla and Wentzcovitch, 2016; W. Wang et al., 2021c, 2021b;
Wu et al., 2013). The U values were nonempirically determined using the linear
response method (Cococcioni and de Gironcoli, 2005). In geikielite-ilmenite solid
solutions, the U values for Fe and Ti are 3.6 and 4.1 eV (W. Wang et al., 2021d; Wang
et al., 2020a), respectively. In Mg-bearing magnesioferrite (MgFe>04), the U values are
3.3 and 3.7 eV for Fe*" in octahedral and tetrahedral sites, respectively. The U value for
Cris 2.5 eV in Cr-bearing spinel (MgCrAlO4and MgCr204).

Crystal structures of all minerals investigated in this study were optimized at
variable pressures using variable cell shape molecular dynamics (Wentzcovitch, 1991).
To compare the structural properties calculated using different exchange—correlation
functional approximations, we also conducted GGA calculations for some minerals to
obtain their relaxed structures at static 0 GPa (Table 1). The residual forces converge
within 10 Ry/Bohr. Brillouin zone summations over electronic states were performed
over different mesh grids that depend on the unit cells of materials (Table S1).

Vibrational density of states (VDOS) was calculated using the density-functional

10
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perturbation theory (DFPT) for the LDA calculations without U correction and the finite
displacement method as implemented in the code PHONOPYT (Togo and Tanaka, 2015)
for the LDA+U calculations. For each mineral, we conducted VDOS calculations for at
least seven volumes (corresponding to seven static pressures) to accurately calculate
the F" as a function of volume and temperature (Eq. (5)) (Wentzcovitch et al., 2010). To
check the effect of the number of volumes on the calculated 10°Inf, we did the LDA
calculations at more static pressures for forsterite and found that the difference in 10°Inf3

between the results using seven and ten volumes is negligible.

3. Results
3.1 Mineral volumes and vibrational frequencies

The cell parameters and volumes of all minerals investigated in this study are listed
in Table 1 and compared with experimental measurements. Compared to the
experimental data under ambient conditions, the static LDA calculations underestimate
the mineral volumes at 0 GPa by 1.0-3.4%, with the largest difference of -3.4% in
magnesite volume (Fig. 1a). Except for magnesite, the volumes of other minerals
predicted by the static LDA calculations are 1.0-2.5% lower than the experimental
results. In contrast, the static GGA calculations from this study and Schauble (2011)
overestimate the mineral volumes by 1.7-4.0% (Fig. 1a). This is consistent with the
general concept that the LDA underestimates but the GGA overestimates the volumes
of silicate minerals (Wentzcovitch et al., 2010). The static calculations do not include
the vibrational effect on the mineral volumes. Based on the QHA, the mineral volumes
predicted by the LDA calculations increase by 1.2-2.5% after considering the zero-point
motion and room-temperature effect (Table 1 and Fig. 1a). Accordingly, the volume
differences between the LDA calculations and experimental measurements are smaller
than 1.0% under ambient conditions, and in particular, the differences for our studies
minerals except for spinel, magnesiochromite, magnesite, and periclase are smaller than

0.5% (Fig. 1a). Additionally, our previous studies demonstrated that the volumes of

11
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forsterite, diopside, orthopyroxene, magnesite, geikielite-ilmenite solid solutions,
pyrope, majorite, wadsleyite, ringwoodite, bridgmanite, and periclase also agree well
(< 1.0%) with high-quality experimental data at high pressures (Yi Hu et al., 2016;
Nufiez-Valdez et al., 2013; Nufiez Valdez et al., 2012; Qian et al., 2018; Shukla et al.,
2016, 2015; W. Wang et al., 2021d; Wu et al., 2013; Wu and Wang, 2016; Yao et al.,
2018; Yuetal., 2011; Zou et al., 2018). All of our previous works and this study use the
same LDA pseudopotentials and similar calculation details and consequently predict
similar properties of those minerals. However, when the vibrational effect is included
in the GGA calculations, GGA calculations will give even larger mineral volumes under
ambient conditions, and therefore, the differences between the GGA results and
experiments will become larger than those under static conditions. This suggests that
the LDA is preferred for predicting the structures of mantle minerals.

The vibrational properties are sensitive to mineral structures such as lattice
parameters. The calculated vibrational frequencies using the LDA are compared with
the experimental measurements in Fig. 2. All raw data are available in Table S2. Our
LDA results agree well with the experimental data, with the slope between the
calculated frequencies and measured frequencies being 0.999+0.002 (1o, R? = 0.9985)
(Fig. 2). In contrast, the vibrational frequencies of forsterite, diopside, orthopyroxene,
magnesite, spinel, and periclase calculated using the GGA in Schauble (2011) are
slightly lower than our LDA results, and the slope between those GGA results and
experimental data is 0.968+0.001 (1o, R? = 0.9998). This suggests that both LDA and
GGA calculations based on the periodic boundary conditions can predict the vibrational
properties of mantle minerals well, and the LDA works better than the GGA. According
to the error analysis on the 3 factor derived from Eq. (1), a deviation of n% in vibrational
frequencies would cause an error of n% at low temperatures and 2n% at high
temperatures in 10°Inf (Méheut et al., 2009). Therefore, the 10°Inp and 10°Ina
calculated using LDA in this study have errors of 0.2% and 0.3% at high temperatures,

respectively. In comparison, the relative uncertainties derived from the GGA

12
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calculations (Schauble, 2011) are 3.2% for 10°Inp and 4.5% for 10°Ina at high

temperatures.

3.2 Mg-O bond lengths

The average Mg-O bond lengths predicted by the LDA and GGA calculations are
listed in Table 2 and compared with the experimental results at 300 K. Mg is sixfold
coordinated in forsterite, diopside, orthopyroxene, magnesite, geikielite-ilmenite solid
solutions, MMgFe,O4 magnesioferrite, wadsleyite, ringwoodite, and periclase, while it
is fourfold coordinated in "MgFe>O4 magnesioferrite and spinel-magnesiochromite
solid solutions (Table 2). In pyrope and bridgmanite, the coordination number (CN) of
Mg is 8. Specifically, majorite has a tetragonal structure with a chemical formula of
Mg3(MgSi)(SiO4)3, in which three Mg cations are eightfold coordinated and one Mg
cation is sixfold coordinated. Thus, the average CN of Mg in majorite is 7.5. The
average Mg-O bond lengths calculated using the LDA range from 1.9295 A in MgAL,Os4
spinel to 2.2641 A in pyrope at static 0 GPa. It increases in the order of spinel (MgA1,04)
< spinel (MgAICrOs) < magnesiochromite (MgCr204) < magnesioferrite ("TMgFe,04)
< diopside ~ ringwoodite < magnesioferrite (MMgFe>04) < wadsleyite < magnesite <
geikielite (MgFeTi2Os) ~ orthopyroxene ~ geikielite (MgTiOs) ~ geikielite
(Mg2FesTigO15) < forsterite ~ periclase < bridgmanite < majorite < pyrope. The static
LDA calculations predict slightly shorter, by -1.3 —-0.3%, average Mg-O bond lengths
than experiments for all studied minerals except for MgAl>O4 spinel. The calculated
average Mg-O bond length in MgAl,O4 spinel is ~+0.2% longer than the experimental
data (Fig. 1b and Table 2). In contrast, the static GGA calculations give longer, by +0.6%
to +2.0%, average Mg-O bond lengths in all minerals than the experimental results (Fig.
1b).

Similar to the volume predictions, the static calculations of Mg-O bond length do
not include the temperature effect. To account for this effect on the average Mg-O bond

lengths, we first calculated the average Mg-O bond lengths at different equilibrium
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volumes (corresponding to different hydrostatic pressures) for each mineral and found
that they linearly increase with volumes (Fig. S1). Based on these linear relationships,
we then used the calculated mineral volumes under ambient conditions (Table 1) to
recalculate the Mg-O bond lengths at 300 K and 0 GPa. The calculated average Mg-O
bond lengths under ambient conditions based on this LDA+QHA method agree well
with the experimental results, and the differences are smaller than 0.4%, except for
MgAl>O4 spinel (Fig. 1b). Because the average Mg-O bond length in MgAL,O4 spinel
at static 0 GPa is already ~+0.2% longer than the experimental data, the difference
between the LDA calculations and experiments increases to ~+0.9% for MgALLO4
spinel at 300 K and 0 GPa (Fig. 1b). Such a difference is much smaller than those
between the GGA calculations and experiments if the temperature correction is made.
Collectively, the LDA calculations in this study can predict the mineral structures,
vibrational properties, and bond lengths well, suggesting that the calculated 10°Inp and

103Ina, are reliable and accurate.

3.3 Reduced partition function ratios of 2°Mg/>*Mg

The 10°Inp of 2Mg/**Mg calculated based on the static LDA method are shown in
Fig. 3a, and their polynomial fitting parameters of 10°Inp as a function of temperature
are reported in Table 3. The 10°Ina values between other minerals and forsterite are
shown in Fig. 3b. The 10°Inf decreases in the order of spinel (MgAl,Os) > spinel
(MgAICrO4) > ringwoodite > magnesiochromite (MgCr204) > wadsleyite > diopside ~
periclase > magnesioferrite ("MgFe;04) ~ magnesioferrite (MMgFe:O4) ~
orthopyroxene > forsterite > bridgmanite > magnesite > geikielite (MgTiO3) ~ geikielite
(MgFeTix06) ~ geikielite (MgaFesTicO1s) > majorite > pyrope. At 1000 K, 10°Inp
ranges from 3.51 %o for MgAl>O4 spinel to 1.58 %o for pyrope, suggesting that large
Mg isotope fractionation can occur at high temperatures (Li et al., 2011; Schauble, 2011;
Wang et al., 2012; Young et al., 2009). For instance, the calculated 10°lna values

between forsterite and pyrope and between forsterite and MgA1>O4 spinel are +0.97 %o
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and -0.96 %o at 1000 K, respectively.

In spinel-magnesiochromite solid solutions, 10°Inp decreases with increasing
Cr/(Al+Cr) ratio (called "Cr#"), indicating that AI-Cr substitution significantly affects
10°Ina between spinel and other minerals, which has been confirmed by previous
experiments (Tang et al., 2021). This is mainly because the replacement of Al by Cr
significantly increases the volume and Mg-O bond lengths. For example, the relative
differences in volume and average Mg-O bond length between MgAICrO4 and
MgAlO4 are +4.6% and +0.95%, respectively, leading to a difference in 10°Inp value
0f -0.39 %o at 1000 K and -3.65 %o at 300 K. However, Mg-Fe substitution in geikielite-
ilmenite solid solutions does not substantially change the 10°Inp values, with
differences of 0.05 %o and 0.39 %o between MgTiO3 and Mg>FesTisO15 at 1000 K and
300 K, respectively. This is because Mg has a similar radius to Fe, and hence, the
replacement of Mg by Fe does not significantly change the average Mg-O bond length
in geikielite-ilmenite solid solutions. In comparison, previous studies (Feng et al., 2014;
Li et al., 2019a; W. Wang et al., 2017b, 2017a) found that 10°Inp of 2Mg/>**Mg for
calcite-type carbonates, 10°Inp of **Ca/*’Ca for orthopyroxene, and 10°Inf of #'K/*°K
for feldspars are sensitive to carbonate Mg, orthopyroxene Ca, and feldspar K
concentrations in wide ranges, respectively. The concentration effect on 10°Inp is due
to the large difference in ionic radii between Mg and Ca and between K and Na. As
such, Mg-Ca substitution in carbonates and orthopyroxene and K-Na substitution in
feldspars result in large variations in the average Mg-O, Ca-O, and K-O bond lengths,
respectively, and their 10°Inp values are negatively correlated with their average bond
lengths (Feng et al., 2014; Li et al., 2019a; W. Wang et al., 2017b, 2017a). In summary,
whether the concentration variation in solid solutions can affect their 10°Inf depends
on the size difference between atoms or ions of interest. This observation is consistent
with basic crystal chemistry in general if one treats the bond lengths as sums of ionic
radii (Young et al., 2015).

In sections 3.1 and 3.2, we showed that using different exchange—correlation
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potentials (LDA vs. GGA) in the DFT calculations can predict different structural and
vibrational properties of mantle minerals. To check the effect of exchange—correlation
potentials on the 10°Inp of 2Mg/**Mg and inter-mineral 10°Ina values, we compare our
static LDA results for forsterite, orthopyroxene, diopside, MgA1>O4 spinel, magnesite,
and periclase with the static GGA calculations in Schauble (2011). Because the static
GGA calculations predict larger mineral volumes and longer Mg-O bond lengths than
the static LDA calculations (Tables 1 and 2, and Fig. 1), the 10°Inp of those minerals
calculated using the GGA are smaller than our static LDA results. It is important to
emphasize that the 10°Inf calculated based on different exchange—correlation potentials
cannot be used to derive the 10°Ina due to systematic offsets. However, in general, both
LDA and GGA predict similar inter-mineral 10°Ino values at 1000 K (Fig. 4), because
the systematic offsets of 10°Inp are canceled out. For instance, based on the LDA
calculations, we obtained 10°In0orthopyroxene-forsterite, 10°IN0diopside-forsterite, and 10°IN0lspinel-
forsterite OF +0.07 %0, +0.20 %o, and +0.97 %o at 1000 K, respectively, consistent with the
values in Schauble (2011) who used GGA approach (10°In0orthopyroxene-forsterite = +0.08 %o,
10°In0giopside-forsterite = +0.13 %o, and 10°In0ispinel-forsterite = 10.96 %o). In detail, our LDA
calculations give a 10°In0magnesite-forsterite Value of -0.14 %o at 1000 K, which has a smaller
magnitude than the value of -0.33 %o given by Schauble (2011). Overall, the GGA is
also a good approximation for the exchange-correlation potential for calculating the
inter-mineral equilibrium isotope fractionation, but we prefer to use the LDA to predict
the equilibrium isotope fractionation among mantle silicate minerals because of its

reliability in predicting structural and vibrational properties (Figs. 1 and 2).

4. Discussion
4.1 Controlling factors on the 10°Inf of 2°Mg/>*Mg

Mass-dependent equilibrium isotope fractionation factors are dominantly
controlled by the relative bond stiffness (Bigeleisen and Mayer, 1947; Urey, 1947). In

general, shorter chemical bonds are stiffer with higher vibrational frequencies, which
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lead to enrichments of heavier isotopes relative to longer and weaker bonds (Hill and
Schauble, 2008; Li et al., 2019b; Schauble et al., 2004; Schauble, 2011; Urey, 1947;
Wang et al., 2020a). Thus, 10°Inp is mainly controlled by the bond length. This is
supported by previous findings (Feng et al., 2014; Li et al., 2019a; W. Wang et al.,
2017b, 2017a) that 103Inf of **Ca/*°Ca for orthopyroxene, 10°Inp of 2*Mg/>**Mg for
carbonates, and 10°Inf of #'K/*°K for feldspars show a linear negative correlation with
their average Ca-O, Mg-O, and K-O bond lengths, respectively. For all minerals
investigated in this study, our static LDA results show that in general, 10°Inp of
29Mg/**Mg is negatively correlated with the average Mg-O bond length (Fig. 5a), but
there is no good linear negative relation between them. This is because the bond
stiffness is not only controlled by the bond length but also affected by other factors such
as the CN and second-neighbor atoms (Huang et al., 2019; Li et al., 2019b; Rabin et al.,
2021). In Ca-doped orthopyroxene, carbonates, and K-bearing feldspars, other
structural properties, including the CNs for Ca, Mg, and K, are similar at different Ca,
Mg, and K concentrations, so 10°Inf is dominantly controlled by the bond length and
there is a linear negative relation between them (Feng et al., 2014; Li et al., 2019a; W.
Wang et al., 2017b, 2017a). When different minerals are compared with each other, this
study together with previous works on the 10°Inf of Ca, K, Fe, and Si isotopes for
different minerals (Blanchard et al., 2017; Huang et al., 2019, 2014; Li et al., 2019b;
M¢heut et al., 2009; Qin et al., 2016; Rabin et al., 2021; W. Wang et al., 2021b) show
that 10°Inp is affected by multiple structural factors including the bond length,
CN, oxidation state, electronic configuration, and second-neighbor atoms, which jointly
determine the bond stiffness.

Bond stiffness can be approximatively measured by the force constant (<F>) (Eq.
(11)). Following Dauphas et al. (2012), the <F> of the atom of interest can be calculated

from its projected partial phonon density of states (PDOS) using:
M to
<F>= h—zfo E? g(E)dE (12)

where g(E) is PDOS and M is the atomic mass. In experiments, the PDOS of some
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isotopes such as >’Fe, %3Kr, and "”Sn can be measured by the technique of nuclear
resonant inelastic X-ray scattering (NRIXS) (Dauphas et al., 2018, 2014; Liu et al.,
2017; Roskosz et al., 2020; Shahar et al., 2016; W. Wang et al., 2021b; Yang et al.,
2019), while the VDOS calculations based on the DFT can give the <F> and PDOS of
each atom in materials (see Methods). The average <F> of Mg in all investigated
minerals calculated using LDA are reported in Table 2, ranging from 110.1 N/m in
pyrope to 223.7 N/m MgAlLOs in spinel. The 10°Inf of 2*Mg/?®Mg linearly increases
with <F> (Fig. 5b), consistent with the basic tenants of the equilibrium isotope
fractionation (Ducher et al., 2018; Li et al., 2019b; W. Wang et al., 2021e; Wang et al.,
2020a, 2019b).

Although the calculated data and the theoretical analyses match well, it is not clear
whether one can calculate the 10°Inf of 2*Mg/**Mg from <F> using Eq. (11) because it
is an approximation of the Urey equation (Eq. (3)). The criteria for using Eq. (11)
requires frequencies related to the element of interest w; (cm™) to be < 1.39 T. This is
the case for Mg in our investigated minerals: the vibrational frequencies related to Mg
in all investigated minerals, except for magnesite, are smaller than 1400 cm™ (Fig. 2).
Magnesite has two frequencies higher than 1400 cm™ (Fig. 2), but they are related to
the vibrational modes of the C-O complex. Our static LDA results show that 10°Inf3
calculated from <F> using Eq. (11) agree well with those calculated from vibrational
frequencies using Eq. (3) at 1000 K, with differences of < 0.02 %o (Fig. 6b).

We also calculated the 10°Inp of forsterite, orthopyroxene, magnesite, and spinel
as a function of the upper-limit frequency values used in Eq. (3), and the results show
that 10°InB at 1000 K remains almost constant when the frequencies are larger than 800
cm! (Fig. 6a), suggesting that the majority of frequencies related to Mg atoms in
minerals do not exceed 800 cm™!. These comparisons suggest that Eq. (11) can be used
to calculate the 10°Inf of 2*Mg/*Mg from <F> at high temperatures, but it will result
in larger uncertainties at low temperatures (< 600 K). Because of this reason, Eq. (11)

is also called "the high-temperature approximation" of the Urey equation.
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Eq. (11) provides a convenient way to approximately calculate the 10°Inp if the
<F> of the element of interest is well-known. However, the <F> of most elements
cannot be directly measured by experiments, although some can be obtained from the
PDOS measured by the NRIXS technique. On the other hand, when a Born-Mayer type
interionic potential was adopted, the <F> can be directly calculated from the interionic
distance, which is referred as the “ionic model” (Young et al., 2015). Equilibrium
isotope fractionation factors estimated from the ionic model are usually within a factor
of ~2 or 3 of the DFT calculations, but this empirical model provides a straightforward
framework for understanding how the crystal chemistry affects the equilibrium isotope
fractionation (Young et al., 2015). Whether the ionic model can be used to accurately
predict isotope fractionation factors depends on the reliability of Born-Mayer type

interionic potential that mimics the realistic interatomic interaction.

4.2 Temperature and pressure dependences of equilibrium Mg isotope
fractionation

The B factors in Eq. (3) are volume- and temperature-dependent because phonon
frequencies from the DFT calculations are a function of volume. It is more practical to
express 10°Inf as a function of P and 7. Here, we calculate the 10°Inf of 2*Mg/**Mg for
all minerals at high pressures and temperatures based on the LDA+QHA method (see
Methods), which are plotted in Fig. 7. The temperature and pressure dependences of
10°Inp are fitted by a binary polynomial equation: 10°InB (%) =
(atb*P+c*P2)*(10%/T?)+(d+e*P+*P2)*(105/T?)*+(g+h*P+*P?)*(105/T?)*. The
polynomial fitting parameters (a, b, ¢, d, e, f, g, h, and 1) are reported in Table 4, and
the 10°Ino values between other minerals and forsterite as a function of temperature at
different pressures are shown in Fig. 8. It should be noted that the 10°Inp values
calculated based on the LDA+QHA method are lower than those predicted by the static
LDA method at 0 GPa (Tables 3 and 4; Figs. 3 and 7). For example, the 10°Inp of

forsterite from the LDA+QHA calculations is 2.19 %o at 1000 K, significantly lower
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than that (2.55 %o, Table 3) given by the static LDA calculations. This is because the
static method does not consider the volume change with temperature, and 10°Inp at
different temperatures are calculated from the vibrational frequencies of the static
structures at 0 GPa using Eq. (3). However, the inter-mineral 10°Ino. values calculated
from the static LDA method generally agree well with those calculated from the
LDA+QHA method at 0 GPa (Fig. 9). For instance, the 103In0orthopyroxene-forsterites
103Inadiopside-forsterite, aNd 103 IN0ispinel-forsterite from the static LDA calculations are +0.07 %o,
+0.20 %o, and +0.97 %o at 1000 K, respectively, consistent with the values predicted by
the LDA+QHA method (10°In0orthopyroxene-forsterite: = +0.13 %o, 10°In0diopside-forsterite =
+0.17 %o, and 10°Indspinel-forsterite = +0.96 %o). In theory, compared to the static method,
it is more accurate and reliable to use the QHA method to calculate 10°Inp at different
temperatures and 0 GPa, but this approach is more computationally expensive because
the phonon frequencies at several different equilibrium volumes are required (see
Methods). If the pressure effect is ignored, it is more convenient and less costly to use
the static method to predict 10°Ina, and such a method has been widely used to predict
equilibrium fractionation of various isotopes in previous studies (Feng et al., 2014; Fujii
et al., 2014, 2011; Gao et al., 2018; Kowalski et al., 2013b; Kowalski and Jahn, 2011;
Liand Liu, 2011; Liet al., 2019a, 2019b; Méheut et al., 2009; Qin et al., 2016; Schauble,
2011; W. Wang et al., 2017b, 2017a; Wang et al., 2020a, 2019b). It is noteworthy that
two groups of 10°Inp calculated from the static and QHA methods cannot be compared
with each other to obtain the 10°Ina values due to systematic offsets. Combining this
study with our previous studies (Huang et al., 2013; W. Wang et al., 2017b, 2017a), all
of which use the same pseudopotentials and similar calculation details, we summarize
two sets of 10°Inp for calculating the inter-mineral equilibrium Mg isotope fractionation
calculated by the static LDA and LDA+QHA methods in Tables 3 and 4, respectively.
The 10°Inp and 10°Ina discussed hereafter are calculated based on the LDA+QHA
method unless otherwise specified.

The 10°Inp of all minerals increase with pressure because increasing pressure will
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decrease mineral volumes, and thus increase the strength and stiffness of Mg-O bonds.
For instance, at 1000 K, the 103In of forsterite and pyrope significantly increase from
2.19 %0 and 1.30 %o at 0 GPa to 2.83 %o and 1.66 %o at 10 GPa (Table 4 and Fig. 7),
respectively. The second pressure derivatives (fitting parameters ¢, f, and 1) of 10Inf
are two orders of magnitude lower than the first pressure derivatives (fitting parameters
b, €, and h) (Table 4), suggesting that 10°Inp linearly increases with pressure. However,
different minerals have different first pressure derivatives, ranging from 0.028 %0/GPa
for pyrope to 0.082 %./GPa for diopside at 1000 K (Table 4). These various pressure
slopes indicate that the inter-mineral 10°Ina could be significantly affected by pressure.
If 10°InB of two minerals increase with similar magnitudes with increasing pressure,
then the inter-mineral 10°Ina will not be influenced by pressure. Otherwise, pressure
will inevitably affect 10°Ina.

Our results show that diopside, orthopyroxene, spinel, and magnesioferrite are
enriched in heavy Mg isotopes compared with forsterite, while magnesite, pyrope and
geikielite-ilmenite solid solutions are enriched in light Mg isotopes relative to forsterite
(Fig. 8). Previous experiments found that Mg mainly occupies the octahedral site in
MgFe 04 magnesioferrite with the structural configurations of
T(Mgo.16Fe0.34)M(Mgo 34Fe1.16)04 and T(Mgo.2sFeo.72)M(Mgo.72Fe123)O0s at 873 K and
1300 K (O’Neill et al.,, 1992), respectively. Thus, the results for MgFe;O4
magnesioferrite with ~75% octahedral Mg and 25% tetrahedral Mg are used in our
further discussion on high-temperature fractionation. The magnitude of 103Inapyrope-
forsterite 18 significantly enhanced by pressure, but 10°In0magnesioferrite-forsterite Substantially
decreases with pressure. For instance, at 1000 K, the magnitude of 103Inapyrope-forsterite
increases from -0.88 %o at 0 GPa to -1.16 %o at 10 GPa due to the large difference in
the pressure slopes of 103Inf (Table 4), while the 10°In0imagnesioferrite-forsterite decreases
from +0.29 %o at 0 GPa to +0.05 %o at 10 GPa. In comparison, the pressure effects on
10°Ino. between other minerals (diopside, orthopyroxene, magnesite, spinel, and

geikielite-ilmenite solid solutions) and forsterite are less pronounced, with a variation
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of < 0.13 %o in the range of 0-10 GPa at 1000 K. It can be inferred that the 10°Ina
between other minerals (such as diopside and orthopyroxene) and pyrope also
significantly depend on pressure. Specifically, regardless of the magnitude of the
pressure effect, both 103 Inoipincl-forsterite and  10°In0magnesioferrite-forsterite. decrease  with
pressure, because the 10Inf of spinel and magnesioferrite increase more slowly with
pressure than that of forsterite (Table 4). In contrast, the magnitudes of 10’Ina between
other minerals (diopside, orthopyroxene, magnesite, pyrope, and geikielite-ilmenite

solid solutions) and forsterite are enhanced by pressure (Fig. 8).

4.3 Mg isotope fractionation caused by phase transitions

The Earth's upper mantle is mainly composed of ~60% olivine, 15% garnet, 15%
clinopyroxene, and 10% orthopyroxene (Ringwood, 1962), which can reproduce the
seismic velocity and density profiles of the upper mantle (Duan et al., 2019; Dziewonski
and Anderson, 1981; Yi Huetal., 2016; Kennett et al., 1995; Zou et al., 2018). Forsterite,
pyrope, and diopside are the most important endmembers of olivine, garnet, and
clinopyroxene in the upper mantle, respectively. With increasing depth, olivine
transforms to wadsleyite at ~410 km, then to ringwoodite at ~520 km, and finally
decomposes into bridgmanite and periclase (which is also called the "post-spinel
transition") at ~660 km (Akaogi et al., 1989; Bina and Helffrich, 1994; Fei et al., 2004;
Helffrich and Wood, 2001; Hirose, 2002; Inoue et al., 2006; Katsura et al., 2004;
Katsura and Ito, 1989; Tsujino et al., 2019; Yu et al., 2008). It has been widely accepted
that olivine-wadsleyite, wadsleyite-ringwoodite, and post-spinel phase transitions
result in the seismic 410-km, 520-km, and 660-km discontinuities (e.g., Kind and Li,
2015 and references therein), respectively. Meanwhile, clinopyroxene and
orthopyroxene are gradually dissolved into garnet with increasing depth to form
majoritic garnet at the bottom of the upper mantle, and the volume fraction of majorite
is up to 35% in the mantle transition zone (MTZ) (Ita and Stixrude, 1992; Ringwood,

1962). Under the conditions of the uppermost lower mantle, majorite transforms to
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bridgmanite (Hirose, 2002; Yu et al., 2011), which is thought to be responsible for the
multiple discontinuities at approximately 660 km detected by seismic studies (Ai and
Zheng, 2003; Cottaar and Deuss, 2016; Deuss, 2009, 2006; Gao et al., 2010; Schultz
and Gu, 2013). These phase transitions in the Earth's mantle lead to large differences in
structural properties between minerals and hence likely cause Mg isotope fractionation.

Our results show that the enrichment of heavy Mg isotopes in Mg>SiO4 minerals
follows the order of ringwoodite > wadsleyite > forsterite (Fig. 9 and Table 4) because
ringwoodite and wadsleyite have shorter Mg-O bonds and hence larger <F> of Mg than
forsterite (Table 2). The 10°In0wadsleyite-forsterite and 10 IN0kringwoodite-wadsleyite are +0.08 %o
under 410-km conditions (~14 GPa and 1700 K) and +0.05 %o under 520-km conditions
(~18.5 GPa and 1830 K), respectively. The post-spinel transition will enrich
bridgmanite and periclase with light Mg isotopes relative to ringwoodite, with a
10°In0bridgmanite-ringwoodite Value of -0.26 %o and a 10°Inaipericiase-ringwoodite Value of -0.13 %o
at 660-km conditions (~23.5 GPa and 1890 K). Majorite is enriched in light Mg isotopes
relative to clinopyroxene and orthopyroxene, consistent with a much longer average
Mg-O bond length in majorite than those in clinopyroxene and orthopyroxene (Table
2). The 10°In0majorite-diopside 1S -0.33 %o and the 10°In0imajorite-orthopyroxene 1 -0.28 %o under
410-km conditions (Table 4). In contrast, majorite (V"Mg3;V(MgSi)(SiO4)3) is enriched
in heavy Mg isotopes relative to pyrope (V"!"Mg3V!(AL)(SiO4)3) with a 103 Inamajorite-pyrope
of +0.20 %o at 14 GPa and 1700 K because a quarter of Mg in majorite occupies the
octahedral site with a much shorter average Mg-O bond length (Table 2). For the
majorite-bridgmanite transition, 10°Inbridgmanite-majorite 1S +0.06 %o at 24 GPa and 1900
K (Table 4). Our calculations reveal that phase transitions in the Earth's mantle can
induce significant inter-mineral Mg isotope fractionation under mantle P-7 conditions.
Similarly, Si isotopes can be fractionated among different mantle minerals (Huang et
al., 2014; Wu et al., 2015).

The Mg>SiO4 and MgSiOs3 phase transitions may induce Mg isotope fractionation

in the deep mantle if the primordial mantle has not been fully homogenized by mantle
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convection. To constrain how the crystallization of different mantle layers from a hot
magma ocean fractionate Mg isotopes, we assume that no Mg isotope fractionation
occurs between olivine and melt at the temperature of magma ocean crystallization (>
3500 K). As such, the 10°InOimineral-mete (minerals=wadsleyite, ringwoodite, majorite,
bridgmanite, and periclase) would be equal to 10°In0mineral-olivine., and the 103 Indwadsieyite-
melt, 103 INGlringwoodite-melt, and 10°IN0majorite-mett Will be smaller than +0.02 %o, +0.03 %o,
and -0.05 %o, respectively. Considering the mineral proportions in the MTZ, the
10°In0isotig-mett Will be ~ -0.00 %o at 410-520 km and +0.01 %o at 520-660 km. Such small
fractionation factors cannot result in any resolvable Mg isotope fractionation between
minerals and residual melt, even if the primordial MTZ can be partially preserved or
1solated from mantle convection since its formation. For the lower mantle, the
magnitude of the estimated 10°Indsolig-mett Will be smaller than -0.03 % at > 3500 K,
indicating no significant Mg isotope fractionation during the crystallization of lower-
mantle minerals. Therefore, the bulk Mg isotope composition of the primordial deep
mantle could be similar to that of the upper mantle. It should be noted that the
103In0olivine-mel is assumed to be 0.00 %o at all pressures, which needs to be examined

by future studies especially at high pressures.

4.4 Comparisons with experiments

The three-isotope method has been used to investigate the high-temperature
fractionation factors for many isotopic systems including Fe, Ni, and Si isotopes (Lazar
etal., 2012; Shahar et al., 2011, 2009, 2008). This method was also applied to determine
the Mg isotope fractionation factors between forsterite and magnesite (A?*Mgforsterite-
magnesite = 02 Mgforsterite - 0-°Mgmagnesite) and between spinel (MgAl,Os, MgAICrO4, and
MgCr204) and magnesite (A2Mgspinel-magnesite) at 1 GPa and different temperatures, from
which the Mg isotope fractionation between spinel and forsterite can be derived
(A*®Mgspinel-forsterite =A2°Mgspinel-magnesite-AZ Mgforsterite-magnesite) (Macris et al., 2013; Tang

etal., 2021). The experimental results show that A2Mggorsterite-magnesite 18 +0.04 + 0.04 %o
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at 1073 K, +0.11 £ 0.10 %o at 973 K, and 0.44 £+ 0.10 %0 873 K (Macris et al., 2013).
Tang et al. (2021) recalculated the A2Mgforsterite-magnesite from the experiments of Macris
et al. (2013) for internal consistency using a slightly different data reduction method
for the three-isotope method, and found that A2Mgforsterite-magnesite i +0.08 = 0.06 %o,
+0.11 £ 0.17 %o, and +0.32 £ 0.15 %o at 1073, 973, and 873 K, respectively. The
recalculated fractionation factors agree within uncertainty with those reported by in
Macris et al. (2013). Our results based on the LDA+QHA method show that the
103In0orsterite-magnesite 18 +0.18 %o, +0.21 %o, and +0.26 %o at 1 GPa and 1073, 973, and
873 K, respectively. Although the measured isotope fractionation factors are consistent
with our calculations within uncertainties at 973 and 873 K, the experimental result at
1073 K is slightly lower than our results (Fig. 10a). The measured A?°Mgiorsterite-magnesite
is significantly lower than the calculated results based on the static GGA method
(10°InGiforsterite-magnesite = +0.30 %o at 1073 K) (Schauble, 2011), probably because the
static method does not take into account the pressure effect (see methods). On the other
hand, the measured A?*Mgforsierite-magnesite at different temperatures does not follow a
proportional relationship with 1/T? (Fig. 10a). In particular, Tang et al. (2021) derived
a negative 10°In0forsterite-magnesite from the 10°InB in our previous studies (Huang et al.,
2013; W. Wang et al., 2017a; Wu et al., 2015), which is contrast to the experimental
fractionation direction. However, it should be noted that the temperature- and pressure-
dependent 10°Inf of minerals in Huang et al. (2013) and Wu et al. (2015) were
calculated based on the LDA+QHA method, while the 10°Inp of magnesite in Wang et
al. (2017a) was calculated based on the static LDA method. The 10°Inf values derived
from these two different methods cannot be directly compared with each other or used
to obtain the 10°Ina values, although those studies used the same details for the DFT
calculations (Huang et al., 2013; W. Wang et al., 2017a; Wu et al., 2015).

The measured A>Mggpincl-magnesite for MgALO4 is +0.90 = 0.28 %o, +1.10 £ 0.27 %o,
and +1.73 £ 0.38 %o at 1 GPa and 1073 K, 973 K, and 873 K, respectively, consistent

with our calculations (1031naMgA1204-magnesite =+1.01 %o at 1073 K, +1.22 %o at 973 K,
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and +1.51 %o at 873 K) within uncertainties (Fig. 10b). Notably, the experimentally
determined A?®Mggpinel-magnesite and the calculated 10°In0ispinel-magnesite both decrease with
Cr concentration (Cr/(Cr+Al) ratio) in spinel, because the substitution of Cr for Al
increases the average Mg-O bond length and hence decreases the <F> of Mg (Table 2).
The experimentally determined A*MgwmgaiCrO4-magnesite 1S +0.76 £ 0.37 %o at 1073 K,
0.95 + 0.62 %o at 973 K, and 1.37 + 0.37 %o at 873 K, while the A2Mgmgcr204-magnesite
decreases to +0.47 £+ 0.08 %o at 1073 K, +0.54 +0.22 %o at 973 K, and +0.90 £ 0.30 %o
at 873 K (Tang et al.,, 2021). These results also agree with our predictions
(10°InomgAICrO4-magnesite = +0.71 %o at 1073 K, +0.86 %o at 973 K, and +1.06 %o at 873
K; 10’ InanMgCr204-magnesite = +0.61 %o at 1073 K, +0.73 %o at 973 K, and +0.89 %o at 873
K) within experimental uncertainties (Fig. 10b and Table 4). Our results also show a
nonlinear dependance of 10°In0pincl-magnesite 0N the Cr/(Cr+Al) ratio in spinel, with a
10°Inp difference of 0.30 %o between MgAl,O4 and MgAICrOs4 but a much smaller
difference (0.10 %o) between MgAlICrO4 and MgCr2O4 at 1073 K. This is because the
average Mg-O bond length and the <F> of Mg also nonlinearly depend on the
Cr/(Cr+Al) ratio in spinel (Table 2). In contrast, the experimental data show a relatively
smaller difference between A2Mgmga204-magnesite and AZ*MgmgaiCro4-magnesite than that
between A2°MgwmgAiCro4-magnesite aNd AZMgnmacr204-magnesite (Fig. 10b). This discrepancy
between our calculations and previous experiments is probably due to the large
experimental uncertainties that preclude the robust estimate of the Cr concentration
effect on the AMgspincl-magnesite. The A2°Mgspinel-forsterite 15 derived from the AZMgforsterite-
magnesite aNd  A?®Mgpinel-magnesite. and compared with our results in Fig. 10c. The
experimentally determined A?®MgmgA1204-forsterite and AZMgnmgCr204-forsterite. agree well

with our predictions within experimental uncertainties.

5. Equilibrium or disequilibrium inter-mineral Mg isotope fractionation in natural
rocks?

Previous studies have measured the Mg isotope compositions of constituent
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minerals in a variety of mantle xenoliths, including olivine, pyroxenes, garnet, spinel,
and other minerals, and reported resolvable inter-mineral Mg isotope fractionation
(Chen et al., 2018; Handler et al., 2009; Hu et al., 2020; Yan Hu et al., 2016; Liu et al.,
2011; Stracke et al., 2018; Wang et al., 2015, 2012; Xiao et al., 2016, 2013; Young et
al., 2009). In particular, some studies found that spinel has higher §*°Mg values relative
to those of coexisting olivine (Liu et al., 2011; Stracke et al., 2018; Xiao et al., 2013;
Young et al., 2009), whereas garnet exhibits lower 2Mg/>**Mg ratios when compared to
coexisting clinopyroxene or olivine (Yan Hu et al., 2016; Wang et al., 2015, 2012). The
degree to which the observed inter-mineral fractionation in natural samples represents

equilibrium warrants examination.

5.1 Pyroxenes vs. olivine

Fig. 11 shows the measured Mg isotope fractionation between orthopyroxene and
olivine  (A?*Mgorthopyroxenc-olivine) ~and  between  clinopyroxene and  olivine
(A*®Mgciinopyroxenc-olivine) in natural rocks (Chen et al., 2018; Handler et al., 2009; Yan Hu
et al., 2016; Huang et al., 2011b; Liu et al., 2011; Stracke et al., 2018; Xiao et al., 2013;
Young et al., 2009) compared with the calculated results in this study. In general, these
studies found that the Mg values of orthopyroxene in most natural samples are
comparable to or relatively higher than those of coexisting olivine, with A2Mgopx-ol
ranging from -0.05 + 0.14 %o to 0.25 + 0.14 %o (2SD), except for one of mantle
pyroxenite xenoliths (-0.32 £ 0.08 %o) in Yan Hu et al. (2016) (Fig. 11). The
temperatures for these peridotites, pyroxenites, xenoliths, and layered mafic intrusions
were estimated to be approximately 1000-1500 K (Yan Hu et al., 2016; Huang et al.,
2011b; Liu et al., 2011; Stracke et al., 2018; Xiao et al., 2013; Zhang et al., 2012). For
comparison, at 0 GPa, our calculated 10’ Indiorthopyroxenc-forsterite Tanges from +0.14 %o at
1000 K to +0.06 %o at 1500 K (Table 4 and Fig. 8). The pressure effect on
103In0orthopyroxene-forsterite 18 insignificant at high temperatures, although the equilibrium

pressures of some garnet-bearing xenoliths are 1.5-2.0 GPa (Yan Hu et al., 2016).
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Therefore, most of the observed A?Mgopx-o1 in literature studies are consistent with the
calculated 10°In0orthopyroxene-forsterite Within uncertainties, indicating a general Mg isotopic
equilibrium between orthopyroxene and olivine.

The A?Mggiinopyroxene-olivine Observed in natural rocks vary in a wide range from -
0.25 + 0.07 %o in Yan Hu et al. (2016) to +0.42 + 0.14 %o in Young et al. (2009). At 0
GPa, the 103Inadiopside-forsterite decreases from +0.17 %o at 1000 K to +0.08 %o at 1500 K
(Table 4). Pressure can slightly enhance the magnitude of 103Inadiopside-forsterite; at 1000
K, it increases from +0.17 %o at 0 GPa to +0.23 %o at 5 GPa. Most observed A>Mgpx-
o data agree with the calculated 10°Inadiopside-forsterite Within uncertainties, reflecting Mg
isotopic equilibrium between clinopyroxene and olivine. However, some published data
from Young et al. (2009), Yan Hu et al. (2016), and Chen et al. (2018) fall outside the
range of 10°Indgiopside-forsterite (Fig. 11). Specifically, the observed A2Mgcpx.oi for San
Carlos xenoliths in Young et al. (2009) is positive but larger than the calculated
103 Inadiopside-forsterite, Whereas some data for Hannuoba pyroxenite xenoliths in Yan Hu
et al. (2016) and Baima layered mafic intrusions in Chen et al. (2018) are negative,
opposite to the direction of equilibrium fractionation. This implies that in some cases
clinopyroxene and olivine are apparently not in Mg isotopic equilibrium, which may be
the result of rapid and incomplete metasomatic reaction (Yan Hu et al., 2016) or
chemical diffusion (Chen et al., 2018). Also, Macris et al. (2015) found Fe isotope
disequilibrium in San Carlos xenoliths, which probably had experienced a complex

petrologic history.

5.2 ilmenite vs. olivine/clinopyroxene

The isotopic disequilibrium between cumulus minerals in the Baima layered mafic
intrusions was indicated by the measured ilmenite-olivine and ilmenite-clinopyroxene
Mg isotope fractionation (A2°Mgiimenite-olivine and A2®Mgiimenite-clinopyroxene) (Fig. 12). Chen
et al. (2018) found that olivine and clinopyroxene have limited Mg isotope variations,

with 8*Mg ranging from -0.33 + 0.05 %o to +0.05 + 0.05 %o (2SD) for olivines and
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755  from -0.29 £ 0.03 %o to -0.13 £ 0.04 %o for clinopyroxenes, similar to those of mantle
756  xenoliths (Yan Hu et al., 2016; Huang et al., 2011b; Liu et al., 2011; Stracke et al., 2018;
757  Xiao et al., 2013). In contrast, ilmenites display an extremely large Mg isotopic
758  variation, with §*°Mg ranging from -0.50 £ 0.05 %o to +1.90 + 0.06 %o (2SD). As such,
759  there is large inter-mineral Mg isotope fractionation between ilmenite and olivine and
760  between ilmenite and clinopyroxene, with A2Mgiimenite-olivine ranging from -0.22 + 0.08 %o
761 to +2.11 £ 0.09 %o (2SD) and A?®Mgimenite-clinopyroxene from -0.30 + 0.08 %o to +2.12 +
762 0.07 %o (2SD). Our results show that ilmenite should be enriched in light Mg isotopes
763  relative to forsterite and diopside at equilibrium (Fig. 8). When temperature increases
764 from 1000 K to 1500 K at 0 GPa, 10°InGiimenite-forsterite and 10°InGiimenite-diopside range from
765  -0.20 %o to -0.09 %o and from -0.37 %o to -0.16 %o, respectively (Table 4). Although the
766  MgO content in ilmenites varies from 1 to 4 wt% (Chen et al., 2018), the Mg
767  concentration effects on the 10°InGimenite-forsterite and 10°InGtimenite-diopside are negligible (<
768  0.04 %o) (Table 4). The fractionation magnitudes can be enhanced by pressure. At 1000
769 K, the magnitude of 10 Indiimenite-forsterite and 103 INGiimenite-diopside increase by 0.06 %o and
770 0.11 %o, respectively, when pressure increases from 0 to 5 GPa. Comparison of observed
771 A*®Mgiimenite-olivine and A2 Mgiimenite-clinopyroxene With our results indicates disequilibrium
772 Mg isotopic partitioning between most ilmenite and olivine/clinopyroxene pairs in
773  layered mafic intrusions from SW, China (Fig. 12).

774 The  isotopic  disequilibrium  between  ilmenite and  coexisting
775  olivine/clinopyroxene in the Baima layered mafic intrusions is probably related to the
776  kinetic fractionation caused by chemical diffusion (Chen et al., 2018). Previous
777  experiments show that the MgO content in ilmenite decreases with temperature during
778  crystallization (Toplis and Carroll, 1995). If ilmenite crystallized at high temperatures
779  undergoes re-equilibration with surrounding silicate minerals (e.g., olivine and
780  clinopyroxene) at relatively low temperatures, MgO would diffuse out of ilmenite and
781  into olivine and clinopyroxene. This chemical exchange is further supported by the

782  decreasing of MgO content from the core to the rim in most ilmenites in contact with
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olivine and clinopyroxene (Chen et al., 2018). Given that light isotopes diffuse faster
than heavy isotopes, the chemical diffusion would enrich ilmenites with heavy Mg
isotopes and result in a negative correlation between Mg isotopes and MgO content,
consistent with the observations (Chen et al., 2018). The chemical diffusion between
ilmenites and ferromagnesian silicates in the Baima layered mafic intrusions at
subsolidus temperatures has been also revealed by previous Fe isotopic evidence (Chen

et al., 2014).

5.3 Garnet vs. olivine/pyroxenes

Several studies have measured the 6°Mg of garnet and coexisting minerals in
different samples and suggested various inter-mineral Mg isotope fractionation. Wang
et al. (2012) and Wang et al. (2015) measured the §*Mg of garnet and clinopyroxene
in cratonic eclogites from Kaalvallei and Bellsbank kimberlite, South Africa, and
from Koidu kimberlite, West Africa. They found that the measured clinopyroxene-
garnet Mg isotope fractionation (A?®Mgclinopyroxene-gamet) ranges from +0.38 + 0.07 %o to
+0.68 £ 0.08 %o for Kaalvallei and Bellsbank eclogites and from +0.43 4+ 0.10 %o to
+0.85 £ 0.10 %o for Koidu eclogites. The equilibrium temperatures estimated using the
garnet-clinopyroxene Fe-Mg geothermometer are 1120-1670 K for these cratonic
eclogites (Hills and Haggerty, 1989; Williams et al., 2009) and the pressures of
equilibration are ~5 GPa (Hills and Haggerty, 1989; Huang et al., 2013). Liet al. (2011)
also measured the §?Mg of garnet and omphacite in Bixiling eclogites and found large
omphacite-garnet Mg isotope fractionation (A2°Mgomphacite-gamet = +1.14 £ 0.04 %o). The
equilibrium temperatures estimated from the garnet-clinopyroxene Fe-Mg
geothermometer are 814-997 K and the pressures of equilibration are ~3 GPa (Li et al.,
2011). Stracke et al. (2018) analyzed the 62°Mg values of clinopyroxene and coexisting
garnet in Hawaiian garnet pyroxenites, which are interpreted as high-pressure (2-3 GPa)
cumulates from melts erupted during the rejuvenated phase of volcanism (Bizimis et

al., 2005). The measured A?®Mgciinopyroxenc-garnet ranges from +0.38 + 0.14 %o to +0.46 +
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0.14 %o, with the equilibrium temperatures estimated based on the Fe-Mg
geothermometer varying from 1430 K to 1680 K (Bizimis et al., 2005). Yan Hu et al.
(2016) reported the 8°°Mg of garnet, clinopyroxene, orthopyroxene, and olivine
in garnet-bearing pyroxenites from Hannuoba, North China Craton, with
AP Mgclinopyroxene-garnet, A2 Mgorthopyroxene-gamet, and A2 Mgolivine-garnet Varying from +0.11 +
0.06 %o to +0.65 £ 0.07 %o, from +0.19 £ 0.06 %o to +0.76 + 0.07 %o, and from +0.16 +
0.07 %o to +0.80 = 0.07 %o, respectively. For most garnet-bearing xenoliths, the
temperatures and pressures of equilibration estimated based on equilibrium partitioning
of Mg-Fe among clinopyroxene, orthopyroxene, and olivine are 1170-1310 K and 1.5-
2.0 GPa (Yan Hu et al., 2016), respectively.

Our results show that at 0 GPa, the 10°Inadiopside-pyrope ranges from +1.05 %o at 1000
K to +0.46 %o at 1500 K (Table 4). The magnitude of 103 Inadiopside-pyrope 18 significantly
enhanced by pressure. At 5 GPa, it increases to +1.26 %o at 1000 K and +0.55 %o at
1500 K. The observed A?Mgciinopyroxenc-gamet Values in cratonic eclogites and Hawaiian
pyroxenites fall within the range of the calculated 10°Inadgiopside-pyrope (Fig. 13). For most
data, the equilibrium temperatures estimated based on Mg isotopes are consistent with
the values based on garnet-clinopyroxene Mg-Fe geothermometer, with a difference of
<100 K (Fig. 14). It should be noted that an uncertainty of £0.14%o on A2’Mgclinopyroxene-
gamet l€ad to an uncertainty in temperature of 100-200 K at 1200-1400 K. This suggests a
general isotopic equilibrium between clinopyroxene and garnet in cratonic eclogites.
For Bixiling eclogites, the A2Mgomphacite-gamet values of +1.14 £ 0.04 %o (Li et al., 2011)
suggest an equilibrium temperature of ~1015 K based on the temperature dependence
of 10°In0diopside-pyrope at 3 GPa. This value is slightly higher than the temperature range
(822-887 K) estimated from garnet-clinopyroxene Mg-Fe geothermometer, but well
consistent with the results of fresh eclogites (991-1030 K) reported (Xiao et al., 2000).

However, the observed A?Mgiinopyroxene-gamets  AZMgorthopyroxene-garnet, ~ and
A**Mgolivine-gamet Values in garnet-bearing lherzolites and pyroxenites from Yan Hu et al.

(2016) are systematically lower than the calculated 103Inagiopside-pyrope, 10> IN0lorthopyroxene-
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pyropes and 103 IN0orsterite-pyrope, TESpectively, using the temperatures estimated based on
inter-mineral Mg-Fe geothermometer (Fig. 13). If the Mg isotopic partitioning reached
equilibrium between garnet and other silicate minerals, the temperatures estimated from
Mg isotope fractionation would be much higher than 1600 K (Fig. 14). Such high
temperatures seem unrealistic for Hannuoba mantle xenoliths and indicate that these
garnets are probably not in Mg isotopic equilibrium with coexisting pyroxenes and
olivine. The disequilibrium inter-mineral fractionation is likely caused by incomplete
melt-rock interaction that generated the garnets in lherzolites and
pyroxenites. Petrographic observations also reveal a clear metasomatic origin for these
garnets (Yan Hu et al., 2016), which were not the primary refractory phase in depleted
peridotites. Since garnets formed at the expense of coexisting minerals (e.g., spinel)
and partly inherited their heavy 6°Mg values, the magnitude of inter-mineral Mg
isotope fractionation between garnet and coexisting minerals is smaller than that of

equilibrium fractionation (Yan Hu et al., 2016).

5.4 Spinel vs. olivine

Previous studies investigated the Mg isotope fractionation between spinel and
olivine (A?®Mgspinel-olivine) in natural peridotites and xenoliths (Liu et al., 2011; Stracke
et al., 2018; Xiao et al., 2013; Young et al., 2009), and found that spinel has higher
8*Mg values than coexisting olivine. The A2Mggpinel-olivine ranges from +0.17 £ 0.14 %o
for north China craton peridotites in Xiao et al. (2013) to +0.87 £ 0.14 %o for San Carlos
xenoliths in Young et al. (2009) (Fig. 15). The estimated temperatures for these
peridotites and xenoliths are 1100-1500 K based on the clinopyroxene-orthopyroxene
Mg-Fe geothermometer (Liu et al., 2011; Stracke et al., 2018; Xiao et al., 2013) or
inversion parameter for AI-Mg ordering in spinel (Young et al., 2009). Our results also
show that spinel is enriched in heavy Mg isotopes relative to forsterite (Table 4 and Fig.
8). The 10°In0spinel-forsterite 1S NOt only controlled by temperature but also affected by the

Cr# in spinel. In contrast, the fractionation magnitude is not significantly affected by
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pressure (Fig. 8). When temperature increases from 1100 K to 1500 K, the 103Inaspinel-
forsterite decreases from +0.80 %o to +0.43 %o for MgAl,O4 and from +0.52 %o to +0.28 %o
for MgAICrO4 (Fig. 8). The Cr# in spinel from these studies is lower than 0.5
(summarized in Stracke et al., 2018), and thus the observed A>?Mgpincl-olivine Values are
expected to fall between the 10 In0ispincl-forsterite lines for MgAl:O4 and MgAICrOs.

The A?Mgpincl-olivine data from Young et al. (2009) fall on the calculated
10°In0ispinel-forsterite line for MgA1>O4 within uncertainties if the temperatures estimated
based on the inversion parameter for Mg-Al ordering are adopted (Fig. 15), but these
San Carlos spinels have Cr#s of ~ 0.38 (Young et al., 2009). This suggests an average
equilibrium temperature of 960 + 100 K (2SD) based on the temperature dependence
of 10°In0ispinel-forsterite. at Cr# ~ 0.38, which is consistent with the spinel inversion
parameter closure temperature of 1080 = 37 K (Uchida, 2005) but somewhat lower than
the one estimated by Young et al. (2009) using the first-principles results in Schauble
(2011). This is because the 10’ In0spinel-forsterite for MgALO4 was used and the effect of
Cr# was ignored in Young et al. (2009). However, if the temperatures estimated from
the clinopyroxene-orthopyroxene Mg-Fe geothermometer are used, the observed
A*Mgspinel-olivine data from Liu et al. (2011), Xiao et al. (2013), and Stracke et al. (2018)
with Cr# of 0-0.3 fall around or below the 10°Indspincl-forsterite line for MgAICrOa,
somewhat deviating from the expected results at Cr# ~ 0-0.3 (Fig. 15). To show the Cr#
effect on the Mg isotope fractionation, we anchored the observed A?Mgpincl-olivine to the
fractionation at 1000 K using Aspinel-olivine = (AZ®Mgspinel-olivine)*T2/10°, where T is
temperature. In general, the Aspinel-olivine estimated from A*Mggpinel-olivine ShOow a
decreasing trend with Cr#, consistent with our predicted results (Fig. 15b). Nonetheless,
the magnitude is systematically smaller than our results, probably due to the Mg-Al
substitution in spinel and/or reflecting the equilibrium temperature differences between
Mg isotope exchange and Mg-Fe exchange if Mg isotopic equilibrium in natural
samples had reached.

First, previous experiments found significant Mg-Al exchange in spinel at high
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temperatures (e.g., Ma and Liu, 2019; Peterson et al., 1991), which may affect the
equilibrium Mg isotope fractionation between spinel and other minerals. In a normal
configuration for MgA1,O4 spinel, Mg?* only occupies the tetrahedral sites with a CN
of 4 for Mg-O bonds, while AI** only occupies the octahedral sites with a CN of 6 for
Al-O bonds. At high temperatures, a fraction of Mg could occupy the octahedral sites
to form a disordered (MgixAlx)(MgxAl2x)O4 spinel, with x increasing from ~0.2 at
1000 K to ~0.3 at 1400 K (Ma and Liu, 2019). To check the effect of Mg-Al disorder
effect on  103Indspinel-forsteries, W€  conducted first-principles calculations on
(Mg7AD)(MgAli5)O32 spinel based on the LDA+QHA, corresponding to a value of
0.125 for x. The calculated results show that this disordered spinel has a slightly longer
average Mg-O bond length for the tetrahedral Mg than the normal spinel, which,
however, are both much shorter than the average Mg-O bond length for the octahedral
six-fold Mg (Table 2). The (Mg7Al)(MgAlis)Os2 spinel has an average <F> of Mg of
247.5 N/m, which is ~3 N/m lower than that of MgAl,O4 spinel (Table 2). Therefore,
its 10°Inf value decreases by ~0.04 %o at 1000 K compared with a normal spinel (Tables
3 and 4), and the 10°Ina between (Mg7Al)(MgAli5)Os, spinel and forsterite is ~0.04 %o
lower than that between MgA1>Oj4 spinel and forsterite at 1000 K. If the difference is
linearly correlated with the concentration of Mg in the octahedral site, one can infer
that the 103 Indspinel-forsterite Will decrease by ~0.08 %o at 1000 K when 25 mol% of Mg in
spinel occupy the octahedral sites (Ma and Liu, 2019). Such a magnitude is smaller than
the difference between our results and the observations from natural samples (Fig. 15b),
and therefore, the Mg-Al disordered effect can only partly account for that discrepancy.

Second, the deviation of the other A2Mggpineiol data from our results may be
caused by the differences in the closure temperatures of inter-mineral Mg isotopic
equilibrium and inter-mineral cation equilibrium as suggested by Stracke et al. (2018)
and Tang et al. (2021). It was proposed that the temperatures for xenoliths from north
China craton could vary from 800 to 1500 K using different cation geothermometers

(Wu et al., 2006), indicating that there are considerable temperature uncertainties for
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reconciling the A**Mgpinci-ol data and the 10°In0spinel-forsterite. 1f the AZ®Mgpinel-ol data
from Liu et al. (2011), Xiao et al. (2013), and Stracke et al. (2018) reflect equilibrium
fractionation, the temperatures estimated based on the temperature dependances of
10°In0ispinel-forsterite at various Cr# are significantly higher than those from inter-mineral
element geothermometers (Fig. 16), although the errors for temperatures from Mg
isotopes could be up to £400 K (2SD) due to the large uncertainties of AZMgspinel-ol
(£0.14 %o, 2SD). The Mg isotope temperatures for most data are lower than 1500 K,
with differences of < 300 K between Mg isotope and element geothermometers (Fig.
16). However, some samples require an extremely high temperatures for Mg isotopic
equilibration due to the very small A2°Mggpinel-olivine (Fig. 15), which are unrealistic for
mantle xenoliths. In summary, the temperature difference between Mg isotope
equilibrium and cation equilibrium probably could explain the deviation of some of
AZMggpinel-olivine data from our results.

Finally, the observed AMgpincl-olivine Values may reflect the Mg isotopic
disequilibrium induced by metasomatism (Liu et al., 2011; Stracke et al., 2018; Xiao et
al., 2013). Most peridotites and xenoliths analyzed for Mg isotope ratios have
experienced considerable post-melting metasomatism (Stracke et al., 2018). The only
likely xenoliths that may undergo a simple petrogenetic history are peridotites from the
North China Craton investigated by Liu et al. (2011), because these rocks preserve the
expected correlation between AlO3; (whole rock) or Cr# in spinel and Mg# in olivine.
However, the rare earth element patterns in these peridotites also show variable
metasomatic overprint (Wu et al., 2006). All other peridotite suites likely have
experienced considerable metasomatism (Liu et al., 2011; Stracke et al., 2018; Xiao et
al., 2013; Young et al., 2009). The melt-peridotite reaction gradually dissolves
pyroxenes (clinopyroxene first) and forms olivine, spinel, and a modified melt. The
later-formed spinel may have partly inherited the relatively light Mg values of
pyroxenes, making the observed A?’Mggpincl-olivine Values lower than the equilibrium

fractionation. The degree to which the observed A2Mggpinel-olivine have been overprinted
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by post-melting metasomatism may vary in different samples. For instance, the
equilibrium Mg isotope temperatures for peridotites in Liu et al. (2011) are ~200 K
higher than those from the clinopyroxene-orthopyroxene Fe-Mg geothermometer,
comparable to the uncertainties introduced by isotopic measurement uncertainty (Fig.
16). This indicates that spinel and olivine are nearly in Mg isotopic equilibrium in these
peridotites that have probably not experienced strong metasomatism, supported by the
correlation between Al,O3 (whole rock) or Cr# in spinel and Mg# in olivine (Liu et al.,
2011). In contrast, the observed A**Mgspincl-olivine for Hawaiian peridotites in Stracke et
al. (2018) are too small (~ +0.22 %) (Fig. 15), and therefore, the equilibrium
temperatures estimated based on Mg isotopes are ~600 K higher than those from inter-
mineral cation geothermometers (Fig. 16). These large differences likely reflect the Mg
isotopic disequilibrium between spinel and coexisting olivine due to the considerable

post-melting metasomatism (Stracke et al., 2018).

5.5. Mg isotope geothermometers

Comparison of the observed inter-mineral Mg isotope fractionation in mantle
rocks reveals disequilibrium Mg isotope partitioning among some minerals, while some
rocks likely preserve the equilibrium inter-mineral Mg isotope fractionation. The large
103In0torsterite-pyropes  10°IN0ictinopyroxene-pyropes and 10°IN0spinel-forsterite at high temperatures
suggest that the measured Mg isotope fractionation between these mineral pairs, if
reflecting the equilibrium fractionation, could be used to estimate the equilibrium
temperatures, when the equilibrium pressure can be obtained by other methods. The
application of 10°In0ispinel-forsterite Tequires the knowledge of chemical composition in
spinel, e.g., the Cr# and the Mg-Al disorder, because 10°In0spinel-forsterite 1S not only
controlled by temperature but also significantly affected by the Cr# (Fig. 10). In general,
the temperatures of equilibration for mantle rocks were estimated using the inter-
mineral cation geothermometers, e.g., the clinopyroxene-orthopyroxene and garnet-

clinopyroxene Mg-Fe geothermometers, but the temperatures from different cation
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979  geothermometers could vary in a wide range with differences of up to 300 K (Bizimis
980 et al.,, 2005; Wu et al, 2006). The Mg isotope geothermometers can provide
981 independent temperature estimates and check the reliability of temperatures from the
982  inter-mineral cation geothermometers. For instance, most A?*Mgex.art values
983  from cratonic eclogites and Hawaiian pyroxenites in Wang et al. (2012), Wang et al.
984  (2015), and Stracke et al. (2018) reflect the equilibrium fractionation and the
985  temperatures given by clinopyroxene-garnet Mg isotope geothermometer agree well
986  with those from the garnet-clinopyroxene Mg-Fe geothermometer within 100 K (Fig.
987  14). However, for Bixiling eclogites in Li et al. (2011), the equilibrium temperature
988  range estimated from garnet-clinopyroxene Mg-Fe geothermometer is 822-887 K,
989  lower than the equilibrium temperature of ~1015 K from clinopyroxene-garnet Mg
990  isotope geothermometer based on the A?®Mgomphacite-grt values of +1.14 + 0.04 %o. It
991  should be noted that the precision of Mg isotope geothermometers could be better than
992  that of the traditional inter-mineral cation geothermometers. The uncertainties of £0.10 %o
993  on AYMgepx-grt and A?®Mgpinel-ol translate into errors in temperature of ~70 and ~90 K at
994 T ~ 1200 K, respectively. Therefore, Mg isotope geothermometers could provide a
995  reliable and independent tool in estimating equilibrium temperatures of garnet-bearing
996  and spinel-bearing mantle rocks if the Mg isotope exchange has reached equilibrium.
997
998 6. Implications for Mg isotope fractionation during late-stage basalt
999  differentiation
1000 In order to constrain the Mg isotope fractionation during magma differentiation,
1001  previous studies measured the 3**Mg values of a set of well-characterized basalts from
1002  the Kilauea Iki lava lake, Hawaii, which have diverse chemical compositions (MgO
1003  content ranges from 2.4 to 26.9 wt%) as a result of magma differentiation (Teng et al.,
1004  2010a, 2007). They found no resolvable Mg isotopic variations among these basalt
1005  samples at the current levels of analytical precision, indicating no measurable Mg

1006  isotope fractionation during mineral crystallization. However, subsequent studies on a
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suite of alkaline rocks show that samples containing > ~5 wt.% MgO have relatively
uniform §?°Mg values within uncertainties, whereas highly evolved rocks containing <
~5 wt.% MgO display large §*Mg variations (Wang et al., 2016, 2018; X.-J. Wang et
al., 2021). This suggests that late-stage basalt differentiation may lead to detectable Mg
isotope fractionation. As an example, we focus on the §*Mg variations in ocean island
basalts (OIBs) from St. Helena Island investigated by X.-J. Wang et al. (2021). These
OIBs vary from primitive nepheline-normative basalt to highly evolved trachyandesite
with MgO contents decreasing from 15.7 wt.% to 0.8 wt.%, which include the
crystallization history during late-stage differentiation. These samples have
homogenous radiogenic isotopic compositions (Hanyu et al., 2014; Kawabata et al.,
2011), implying that they may originate from a common mantle source and their
parental magmas may have the same §*Mg.

X.-J. Wang et al. (2021) found that the basalts which only experienced
crystallization of olivine and clinopyroxene have &*Mg values similar to that of the
peridotitic mantle (§°°Mg = -0.25 + 0.04 %o) within uncertainties, while three out of
four highly evolved rocks with MgO content < 4 wt% have lower 8*Mg values (-0.36
+ 0.04 %o) than the mantle value. The chemical variations in the highly evolved samples
with <4 wt% MgO were caused by the crystallization of a variety of minerals including
olivine, clinopyroxene, plagioclase, apatite, and magnetite (X.-J. Wang et al., 2021).
Considering the low MgO contents in plagioclase and apatite (Kawabata et al., 2011;
Luhr et al., 1984), the removal of these two phases does not significantly affect the
§?°Mg of the residual melt. On the other hand, the §*°Mg values of highly evolved rocks
with <4 wt% MgO show a decreasing correlation with the decreasing of TiO> content,
suggesting that magnetite likely plays an important role in producing the §*Mg
variations in these samples (X.-J. Wang et al., 2021). To model the Mg isotope
fractionation during mineral crystallization, X.-J. Wang et al. (2021) investigated the
proportions and chemical compositions of segregated minerals and residual melts

during St. Helena lavas differentiation using MELTS. Combining the Mg abundances
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in different phases with the Mg isotope fractionation between olivine and melt
(A**Mgolivine-meit) and between clinopyroxene and melt (A2Mggiinopyroxene-melt), Which
were assumed as -0.04 and -0.02 %o, respectively, they suggested that an Mg isotope
fractionation factor between magnetite and melt (A2Mgmagnetite-met) Of ~ +0.6 %o is
required to explain the lower §2°Mg values in highly evolved rocks. This is because
magnetite has a low Mg content, and a large A>Mgmagnetite-melt Value is required to drive
the Mg of the residual melt to a more negative value as A>Mgolivine-melt = -0.04 %o
and AZMgciinopyroxene-melt = -0.02 %o.

Our calculated results show that magnetite (represented by magnesioferrite) is
enriched in heavy Mg isotopes relative to olivine, with 10°In0imagnetite-forsterite Varying
from +0.30 %o for the octahedral Mg (six-fold) to +0.10 %o for the tetrahedral Mg (four-
fold) at 1000 K and 0 GPa (Table 4 and Fig. 8). Previous experiments suggested that
Mg can occupy both the octahedral and tetrahedral sites in magnetite, and the fraction
of tetrahedral Mg is ~ 25% at high temperatures (O’Neill et al., 1992). Thus, the
103 In0imagnetite-forsterite can be calculated from the contribution from these two types of
Mg, which is expressed as 10 In0imagnetite-forsterite = 0.32*10%/T2-0.080*(105/T?)%, T is the
temperature in Kelvin. Given that there is no resolvable Mg isotope fractionation
between olivine and melt, the crystallization of magnetite will enrich the residual melt
in light Mg isotopes, consistent with the observations for St. Helena highly evolved
rocks. However, the magnitude of 10°InOmagnetite-forsterite OF 10> IN0magnetite-mett i much
smaller than the required value (A2Mgmgtmeit = ~ +0.6 %o) in X.-J. Wang et al. (2021).
The discrepancy is probably related to the unjustified values for A2Mgoiivine-meit and
A?Mgclinopyroxene-melt Used by X.-J. Wang et al. (2021). Here we combine chemical
evolution history calculated by X.-J. Wang et al. (2021) using MELTS and the
fractionation data (10°Inoclinopyroxenc-forsterite and 10°InGmagnetite-forsterite) in this study to
model the 3*Mg evolution in the residual melt during St. Helena lava differentiation
(Fig. 17). The A*Mgoiivine-melr value is taken as 0.00 + 0.04 %o as constrained by

measurements on Kilauea Iki lavas (Teng et al., 2010a), and therefore, A2Mgclinopyroxene-
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melt and A?®Mgmagnetite-melt can be derived from the calculated 10°In0iciinopyroxne-forsterite and
103In0tmagnetite-forsterite. The 82°Mg value of primary melt is assumed as the peridotitic
mantle value (-0.25 + 0.04 %o; Teng, 2017). Our model results show that the residual
melts at MgO < 5 wt.% have relatively lower Mg values than the primary melt
because clinopyroxene and magnetite are enriched in heavy Mg isotopes relative to the
melt. Clinopyroxene and magnetite both play a key role in fractionating Mg isotopes
during late-stage differentiation. The modeling results based on the fractionation data
in this study can reproduce the negative °°Mg values observed in highly evolved
basalts from St. Helena. The 8°Mg of melt displays a wide range due to the
uncertainties of A2Mgojivine-meit and 8*°Mg of primary melt. Overall, Mg isotopes could
be significantly fractionated due to the fractional crystallization of some minerals such
as magnetite and clinopyroxene during late-stage basalt differentiation.

A recent study reported a more negative A2 Mgglivine-melt Value of -0.071 £ 0.010 %o
at ~1438 K by measuring the 8**Mg of equilibrated olivine-glass pairs from ocean
island and mid-ocean ridge basalts (Liu et al., 2022). The fractionation factor can be
expressed as a function of temperature as A*Mgolivine-mett = (-0.146 + 0.026)x106/T2
(%o). If this value is used, the A**Mciinopyroxene-melt is negligible (~ +0.01 %o) and the
A?Mgmagnetite-melt 1S only +0.08 %o at the crystallization temperature of magnetite. The
modeling shows that the residual melt will gradually become enriched in heavy Mg
isotopes with differentiation, contrary to the fractionation direction with a A2Mgglivine-
melt Value of 0.00 + 0.04 %o (Fig. 17). This comparison highlights the importance of
accurately determining the A?®Mgolivine-mer by experiments or DFT calculations,
especially when the chemical composition of melt changes. More future studies are

needed to solve this key problem.

7. Conclusions
In this study, we compile previous first-principles results and new calculations

based on DFT to present the 10°Ina among a variety of mantle minerals. The LDA and
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GGA are generally adopted to model the exchange-correlation potential in the DFT
calculations, and the static and QHA methods are used to calculate the 10°Inp. We find
that the volumes and average Mg-O bond lengths of mantle minerals predicted by the
LDA calculations agree well with experimental results at ambient conditions, while the
GGA calculations overestimate those structural properties. Both LDA and GGA
calculations based on the periodic boundary conditions can predict the vibrational
properties of mantle minerals well, and the LDA is better than the GGA. Due to the
differences in predicted structural properties between the LDA and the GGA, the 10°In
of mantle minerals from the static GGA calculations are smaller than the static LDA
results. Therefore, the 10°Inf calculated based on different exchange-correlation
potentials cannot be used to derive the 10°Ina. In general, both LDA and GGA predict
similar inter-mineral 10°Ino values at high temperatures because the systematic offsets
of 10°Inp are canceled out.

We also compare the 10°Ina values calculated by the static LDA method and the
LDA+QHA method. The QHA method can derive the pressure- and temperature-
dependent 10°Inp from its volume- and temperature-dependent form via the equation
of states. The results show that the inter-mineral 10°Ina values calculated from the static
LDA method generally agree with those calculated from the LDA+QHA method at 0
GPa. If the pressure effect is ignored, it is more convenient and less computational
expensive to use the static method to predict 10°Ino. Two sets of inter-mineral 10°Ino
values of 2Mg/**Mg calculated by the static LDA method and QHA+LDA method are
provided in this work.

The theoretical results show that the 10°Inf of 2*Mg/*®Mg decreases in the order
of spinel (MgAlbO4) > spinel (MgAICrO4) > ringwoodite > magnesiochromite
(MgCr204) > wadsleyite > diopside ~ periclase > magnesioferrite (TMgFe>04) ~
magnesioferrite (MMgFe>O4) ~ orthopyroxene > forsterite > bridgmanite > magnesite >
geikielite (MgTiOs) ~ geikielite (MgFeTi20¢) ~ geikielite (Mg2FesTisO18) > majorite >

pyrope. The 10°InB is dominantly controlled by the force constant of Mg in these
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minerals, which is affected by structural properties such as the Mg-O bond lengths and
the CNs. Inter-mineral 10°Ina values could be significantly affected by pressure due to
the large difference in the pressure slopes of 10°InB. The AZ’Mgforsterite-magnesites
A?Mgspinel-magnesite, and A2 Mgspinel-forsterite measured by previous experiments using the
three-isotope method are consistent with the calculated results within uncertainties. We
further use the calculated data to examine the degree to which the observed inter-
mineral Mg isotope fractionation in natural rocks represents equilibrium. We also model
the Mg isotope fractionation during late-stage basalt differentiation and find that the
fractional crystallization of some minerals such as magnetite and clinopyroxene during

late-stage basalt differentiation may enrich the residual melt in light Mg isotopes.
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1l parameters and volumes of mantle minerals compared with experimental measurements. Cell parameters are calculated ¢

 at 300 K are obtained based on the QHA.

a(d) | bA) | cA) | a® | BC) | y(°) | Static volumes (A%) | Volumes at 300 K (A%)
Si04) 4738 | 10.115 | 5.941 90 90 90 284.714 290.274 LD.
4790 | 10.303 | 6.036 90 90 90 297.885 G(
K 4752 1 10.192 | 5.978 90 90 90 289.529 ]
Si20¢) 9.692 | 8.835 | 5.213 90 | 105.35 90 430.477 439.677
9.879 | 8.986 | 5.308 90 |106.48 90 451.844 G(
K 9.745 | 8.899 | 5.251 90 | 105.63 90 438.532 C
1gSi103) 18.110 | 8.755 | 5.138 90 90 90 814.640 832.179 LD.
18.398 | 8.920 | 5.228 90 90 90 857.968 G(
K 18.251 | 8.814 | 5.181 90 90 90 833.438 Ya
313012) 11.357 | 11.357 | 11.357 | 90 90 90 1464.717 1495.661
11.545 | 11.545 | 11.545 | 90 90 90 1538.958
K 11.454 | 11.454 | 11454 | 90 90 90 1502.855 I
04) 8.013 | 8.013 | 8.013 90 90 90 514.470 523.131
8.185 | 8.185 | 8.185 90 90 90 548.442 G(
K 8.080 | 8.080 | 8.080 90 90 90 527.465 P
yAl15)032) 8.007 | 8.007 | 8.023 | 89.87 | 89.87 | 89.86 514.382 523.062
'104) 8.145 | 8.136 | 8.145 | 90.35 | 88.76 | 90.35 539.671 548.046
MgCr04) 8.235 | 8328 | 8.235 [ 89.34 | 91.31 | 89.34 564.463 572.989
8.357 | 8.431 | 8.357 | 89.49 | 91.02 | 89.49 588.7366
K 8.334 | 8.334 | 8.334 90 90 90 578.884 O’Ni
CO») 4.619 | 4619 | 14.605| 90 90 120 269.899 276.550
4.672 | 4.672 | 15.183 | 90 90 120 286.974 G(
K 4.634 | 4.634 | 15.018 | 90 90 120 279.272
[103) 5.040 | 5.040 | 13.743 | 90 90 120 302.336 307.919 LD
5.125 | 5.125 | 14.014 | 90 90 120 318.818
K 5.054 | 5.054 | 13.898 | 90 90 120 307.435 Ya
AgFeTi>O¢) 5.072 | 5.072 | 13.717 | 90 90 120 305.551 311.000 LD
oo FesTisO18) | 5.081 | 5.081 | 13.711 | 90 90 120 306.524 311.115
N A () e1m | 21202 | 2902 | e0on ! onn2 | on n2 71 75Q 270 202



Table 2. The average Mg-O bond lengths, coordination numbers, and force constants

of Mg in minerals.

Static LDA at Static Exp. at Coordination <F>
Minerals

LDA (A) | 300K (A) | GGA (A) | 300 K (A) | number (CN) | (N/m)

Forsterite (Mg2S104) 2.0956 2.1109 2.1325 2.1115 6 182.1
Diopside (MgCaSixOg) 2.0549 2.0764 2.1030 2.0764 6 195.1
Orthopyroxene (MgSiO3) 2.0873 2.1072 2.1410 2.1146 6 186.9
Pyrope (Mg3AL2Si3012) 2.2641 2.2685 2.2851 2.2694 8 110.1
Spinel (MgAl204) 1.9295 1.9429 1.9640 1.9262 4 250.8
“Spinel (Mg7Al)(MgAli5)O32) 1.9484 - - - 4.25 247.5
Spinel (MgAICrO4) 1.9480 1.961 - - 4 223.7
Magnesiochromite (MgCr204) 1.9530 1.966 - 1.959 4 2123
Magnesite (MgCOs3) 2.0763 2.0962 2.1290 2.1009 6 171.2
Geikielite (MgTiO3) 2.0889 2.1060 2.1229 2.1071 6 169.3
Geikielite-ilmenite (MgFeTi2Og) 2.0868 2.1039 - - 6 167.5
Geikielite-ilmenite (Mg2FesTicO15) |  2.0897 2.1041 - - 6 165.8
Magnesioferrite (MMgFe204) 2.0598 2.0702 - - 6 191.4
Magnesioferrite ("MgFe,O4) 1.9712 1.9900 - - 4 190.0
"Majorite (MgSiO3) 2.2163 2.2351 2.2640 2.2264 7.5 147.7
Wadsleyite (Mg2Si04) 2.0688 2.0840 2.0973 2.0828 6 206.1
Ringwoodite (Mg>Si04) 2.0561 2.0673 2.0794 2.0664 6 219.5
Bridgmanite (MgSiO3) 2.1937 2.2084 2.2216 2.2030 8 177.4
Periclase (MgO) 2.0960 2.1102 2.1192 2.1055 6 199.2

The sources of experimental data are listed in Table 1.

*In this disordered spinel, 12.5 mol% of Mg occupies the octahedral sites with a CN of
6, and therefore, the average CN is 4.25. The average Mg-O bond lengths for octahedral
and tetrahedral Mg are 2.0222 and 1.9326 A, respectively.

"Majorite  has a  tetragonal  structure  with the chemical formula
VIIMg3V1(MgSi)(SiO4)3. Three Mg cations are eight-fold coordinated and one Mg
cation is six-fold coordinated. Thus, the average CN of Mg in majorite is 7.5. The

average Y"Mg-O and Y'Mg-O bond lengths are 2.2619 A and 2.0339 A based on our

e W W~ A



Table 3. Calculated reduced partition function ratios of 2Mg/**Mg (10°Inp) for mantle
minerals at static zero pressure as a function of temperature. The polynomial fitting
equation is: 103Inf (%o) = ax+bx?+cx’, where x=10/T2, T is temperature in Kelvin.

Temperature range for polynomial fittings is from 400 K to 2000 K.

Minerals a b c 103InB (%o) at 1000 K
Forsterite (Mg2Si0O4) 2.565 | -1.735E-02 | 1.947E-04 2.548
Diopside (MgCaSi>Og) 2.767 | -1.812E-02 | 1.877E-04 2.749
Orthopyroxene (MgSiO3) 2.641 | -1.878E-02 | 2.136E-04 2.622
Pyrope (Mg3AL2Si3012) 1.588 | -9.624E-03 | 1.317E-04 1.579
Spinel (MgAl204) 3.548 | -3.514E-02 | 4.975E-04 3.514
Spinel (Mg7A)(MgAli5)O32) 3.501 | -3.448E-02 | 5.511E-04 3.467
Spinel (MgAICrOq) 3.148 | -2.694E-02 | 3.381E-04 3.122
Magnesiochromite (MgCr204) 2987 | -2.395E-02 | 2.832E-04 2.964
Magnesite (MgCOs3) 2423 | -1.700E-02 | 2.603E-04 2.407
Geikielite (MgTiO3) 2383 | -1.344E-02 | 1.204E-04 2.370
Geikielite-ilmenite (MgFeTi20s) 2.358 | -1.284E-02 | 1.093E-04 2.345
Geikielite-ilmenite (Mg2FesTiO1s) 2.334 | -1.260E-02 | 1.065E-04 2.321
Magnesioferrite (MMgFe,04) 2.695 | -1.586E-02 | 1.291E-04 2.679
Magnesioferrite ("MgFe>04) 2.674 | -1.848E-02 | 1.886E-04 2.656
Majorite (MgSiO3) 2.099 | -1.382E-02 | 1.644E-04 2.085
Wadsleyite (Mg2Si04) 2906 | -2.061E-02 | 2.232E-04 2.885
Ringwoodite (Mg2Si04) 3.098 | -2.302E-02 | 2.530E-04 3.076
Bridgmanite (MgSiO3) 2.510 | -1.930E-02 | 2.489E-04 2.491
Periclase (MgO) 2.762 | -1.732E-02 | 1.626E-04 2.745
*Dolomite (MgCaC>Og) 2,571 | -1.177E-02 | 2.400E-04 2.558
“Calcite (Mgi/12Cai1/12C03) 2.136 | -1.317E-02 | 1.190E-04 2.122

*The results are from Wang et al. (2017a).
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ited reduced partition function ratios of 2Mg/**Mg (10°Inf) for mantle minerals at a function of pressure and temperatt

10d. The polynomial fitting equation is: 10°InB (%o) = (a+b*P+c*P?)*(10%/T?)+(d+e*P+£*P?)*(10%/T?)*+(g+h*P+1*P?)*(10°

and T is temperature in Kelvin. Temperature for polynomial fittings ranges from 400 K to 2000 K.

a b c d e f g h
) 2.076 | 7.183E-02 | -4.672E-04 | 1.049E-01 | -3.359E-03 | 5.009E-05 | -1.192E-02 | 2.739E-04 | -5.5
6) 2.246 | 8.548E-02 | -7.425E-04 | 1.025E-01 | -3.639E-03 | 5.172E-05 | -1.169E-02 | 2.834E-04 | -5.5
03) 2.246 | 6.206E-02 | -7.331E-05 | 6.748E-02 | -1.405E-04 | -8.619E-05 | -8.171E-03 | -6.569E-05 | 8.8
2) 1.302 | 2.732E-02 | 1.784E-04 | 4919E-02 | 1.266E-03 | -4.067E-05 | -5.543E-03 | -1.482E-04 | 3.7¢
3.058 | 6.216E-02 | -3.720E-04 | 8.472E-02 | -3.421E-03 | 5.116E-05 | -1.132E-02 | 2.555E-04 | -5.5
)O32) | 3.014 | 5.980E-02 | -2.454E-04 | 8.306E-02 | -2.481E-03 | 1.220E-05 | -1.101E-02 | 1.577E-04 | -1.5
2.736 | 5.647E-02 | -1.233E-04 | 6.945E-02 | -1.989E-03 | 1.310E-06 | -9.122E-03 | 1.170E-04 | -7.0.
1204) | 2.611 | 6.596E-02 | -4.429E-04 | 6.135E-02 | -4.495E-03 | 9.388E-05 | -8.197E-03 | 3.802E-04 | -1.0
) 1.852 | 8.151E-02 | -6.499E-04 | 1.174E-01 | -3.625E-03 | 5.687E-05 | -1.299E-02 | 2.944E-04 | -6.2
) 1.873 | 6.067E-02 | -2.328E-04 | 1.116E-01 | -2.462E-03 | 1.617E-05 | -1.227E-02 | 1.959E-04 | -2.0
1.808 | 6.830E-02 | -3.739E-04 | 1.306E-01 | -4.609E-03 | 6.142E-05 | -1.426E-02 | 4.187E-04 | -6.8
1.858 | 6.222E-02 | -3.344E-04 | 1.149E-01 | -5.439E-03 | 1.533E-04 | -1.282E-02 | 5.322E-04 | -1.6
204) | 2.452 | 2.941E-02 | 6.431E-04 | 2.943E-02 | 4.608E-03 | -1.027E-04 | -4.039E-03 | -4.908E-04 | 7.2
204) | 2.247 | 5.620E-02 | 9.565E-04 | 1.046E-02 | 1.907E-02 | -1.328E-03 | 1.490E-03 | -2.944E-03 | 1.8
1.774 | 3.599E-02 | 3.827E-06 | 5.534E-02 | 3.144E-05 | -1.721E-05 | -6.554E-03 | -3.859E-05 | 1.5¢
1) 2416 | 6.086E-02 | -2.440E-04 | 9.795E-02 | -2.208E-03 | 1.485E-05 | -1.149E-02 | 1.587E-04 | -1.7
)4) 2.621 | 5.657E-02 | -1.832E-04 | 9.024E-02 | -1.721E-03 | 5.186E-06 | -1.091E-02 | 1.087E-04 | -7.7
3) 2.092 | 3.481E-02 | -3.340E-05 | 8.393E-02 | -9.066E-04 | 1.845E-07 | -9.910E-03 | 5.081E-05 | -1.1
2.357 | 4.632E-02 | -7.245E-05 | 1.070E-01 | -1.279E-03 | 7.383E-07 | -1.207E-02 | 7.262E-05 | -1.6
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(a) LDA+QHA @ 300 K (b) LDA+QHA @ 300 K

Periclase (MgO) - ? +
. . . Static LDA
Bridgmanite (MgSiO3) |- L
Ringwoodite (Mg2Si04) | | Static LDA Static GGA
Wadsleyite (Mg2SiO4) - L
Majorite (MgSiO3) - Static GGA| |

Geikielite (MgTiO3) - -
Magnesite (MgCO3) - +
Magnesiochromite (MgCr204) + +
Spinel (MgAI204) + L

Pyrope (Mg3AI2Si3012) + +

Orthopyroxene (MgSiO3) + +

Diopside (MgCaSi206) - lk - /k
Forsterite (Mg2SiO4) + +

n L n L n L n L n L n L n L n L n L n L n L n L n L n L n

4 -3 -2 - 0 1 2 3 4 15 10 -05 00 05 10 15 20

Volume differences (%) Average Mg-0 bond length differences (%)

Figure 1. The differences in (a) mineral volumes and (b) average Mg-O bond lengths
between first-principles calculations and experimental measurements. Magnesioferrite
and geikielite-ilmenite solid solutions are not included because there are no
experimental results. Static LDA and GGA refer to the static calculations at 0 GPa
within the LDA and GGA, respectively. LDA+QHA represents the results at 300 K and
0 GPa calculated based on the QHA. All absolute values are listed in Table 1 and 2.
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Figure 2. The calculated vibrational frequencies using LDA compared to the measured
results. The dash lines in four panels refer to the 1:1 scale and the solid line in (d)
represents the fitting line between the theoretical results and experimental

measurements. The slope between calculated frequencies and measured frequencies is

0.999+0.002 (1o, R? = 0.9985). All raw data can be found in Table S2.
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Figure 3. (a) The 10°Inf of 2*Mg/**Mg of mantle minerals at 0 GPa calculated based

on the static LDA method, and (b) the 10°Ino. between other minerals and forsterite.

The polynomial fitting parameters of 10°In as a function of temperature are listed in

Table 3. Mineral abbreviations: Rw, ringwoodite; Wads, wadsleyite; Cpx, diopside;

MgO, periclase; Opx, orthopyroxene; Fo, forsterite; Bdg, bridgmanite; MgCO3,

magnesite; Ge-il, geikielite-ilmenite solid solutions.
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Figure 4. The 10°lna among forsterite, orthopyroxene, diopside, spinel (MgAL>Os4),
magnesite, and periclase calculated using the static LDA method compared with those

calculated using the static GGA method in Schauble (2011).
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Figure 5. The 10°Inp of 2Mg/>*Mg at 1000 K calculated using the static LDA method

versus (a) the average Mg-O bond length and (b) the force constant of Mg.
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Figure 6. (a) The 10°Inp integral of forsterite, orthopyroxene, magnesite, and spinel
(MgAlxOy4) at 0 GPa calculated using the static LDA method versus the upper-limit
frequency values that are used in the calculations using Eq. (3). (b) The 10°Inp
calculated from frequencies using Eq. (3) compared to those estimated from the force

constant of Mg.
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Figure 7. The 10°Inp of 2Mg/**Mg of mantle minerals as a function of temperature at
different pressures calculated using the LDA+QHA method. The values in the middle

of lines in all panels refer to the pressure values in GPa.
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Figure 8. The 10°Ina of 2Mg/**Mg between other minerals and forsterite as a function
of temperature at different pressures (0, 5, and 10 GPa) calculated using the LDA+QHA

method.
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Figure 9. The 10°Ina of 26Mg/**Mg between different mineral pairs calculated using

the LDA+QHA method compared with those calculated using the static LDA method.
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Figure 10. Calculated 10°Ino of Mg/**Mg among spinel, forsterite, and magnesite
compared with experimental measurements. (a) 10’lna between forsterite and
magnesite, (b) 10°Ino. between spinel (MgAlOs, MgAICrOs4, and MgCr,04) and
magnesite, and (c) 10°Ina between spinel (MgAlOs, MgAICrOs, and MgCr204) and
forsterite. Solid and dash lines represent our calculated results at 0 and 5 GPa using the
LDA+QHA method, respectively. Experimental data: blue squares, Macris et al. (2013);

red circles and green diamonds, Tang et al. (2021).
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Figure 11. Comparison of observed orthopyroxene-olivine and clinopyroxene-olivine
Mg isotope fractionation (A?*Mgorthopyroxene-olivine and A**Mgclinopyroxene-olivine) in natural
peridotites, pyroxenites, xenoliths, and layered mafic intrusions with the calculated
results in this study. Literature data are from (Chen et al., 2018; Handler et al., 2009;
Yan Hu et al., 2016; Huang et al., 2011b; Liu et al., 2011; Stracke et al., 2018; Xiao et
al., 2013; Young et al., 2009). The blue, green, yellow, and red lines refer to the

Calculated 103lnaorthopyroxene-forsterite and 1O3lnadiopside-forsterite ValueS at 800, 1000, 1200,

and 1400 K, respectively.
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and between ilmenite and clinopyroxene (AZMgiimenite-clinopyroxene) in the Baima layered
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Figure 13. Comparison of observed clinopyroxene-garnet, orthopyroxene-garnet, and
olivine-garnet Mg isotope fractionation (A2Mgciinopyroxene-garnet, AZ*Mgorthopyroxene-garnet,
and A?Mgolivine-gamet) in Hannuoba garnet-bearing xenoliths (squares, Yan Hu et al.,
2016), cratonic eclogites from Koidu, Kaalvallei, and Bellsbank kimberlites (circles,
Wang et al., 2012; diamonds, Wang et al., 2015), and Hawaiian garnet pyroxenites
(triangles, Stracke et al., 2018) with the calculated results in this study. The equilibrium
temperatures for Hannuoba xenoliths were estimated based on the Mg-Fe partitioning
between clinopyroxene and orthopyroxene (Yan Hu et al., 2016), while those for
cratonic eclogites and Hawaiian pyroxenites were calculated using the garnet-
clinopyroxene Fe-Mg geothermometer (Bizimis et al., 2005; Wang et al., 2015;
Williams et al., 2009). The blue, green, and red lines refer to (a) 10 Inddiopside-pyrope, (b)
10 In0orthopyroxenc-pyropes and (¢) 103 InGiforsterite-pyrope as @ function of 108/T? at 0, 5, and 10

GPa, respectively.
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Figure 14. Temperatures estimated from AZMgciinopyroxene-gamet cOmpared with those
estimated using the clinopyroxene-garnet Mg-Fe geothermometer. Data sources for
A?Mgclinopyroxene-gamet: Circles, Wang et al. (2012); squares, Wang et al. (2015); diamonds,
Stracke et al. (2018). Blue and red scatters refer to the results based on the temperature

dependences of 10 Inauiopside-pyrope at 0 and 5 GPa, respectively.
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Figure 15. (a) Comparison of observed spinel-olivine Mg isotopic fractionation
(A%"Mgspinel-olivine) in natural peridotites and xenoliths with the calculated results in this
study. Literature data include San Carlos xenoliths (triangles, Young et al., 2009), north
China craton peridotites (squares, Liu et al., 2011; diamonds, Xiao et al., 2013), and
Hawaiian xenoliths (circles, Stracke et al., 2018). The temperatures for San Carlos
xenoliths were estimated based on inversion parameter for AI-Mg ordering in spinel,
whereas the temperatures of all other samples were calculated using the clinopyroxene-
orthopyroxene Fe-Mg geothermometer. The blue and red lines represent the
103 Inamea204-forsterite and 103 Inavgaicroa-forsterite @s @ function of 10%/T2, respectively. The
solid and dash lines mark the calculated results at 0 and 5 GPa, respectively. (b)
Correlation between the coefficient Aspinel-forsterite (Aspinel-forsterite = (AZMgspinel-olivine OT
103Inaspinel-forsterite) *T2/10%) and Cr# in spinel (Cr# = Cr/(Cr+Al)). the coefficient Aspinel-
forsterite T€presents the corrected Mg isotope fractionation at 1000 K from the observed
AP Mggpinel-olivine O the calculated 10°In0ipinel-forsterite at a certain temperature. Error bars
for A?Mgspinel-olivine (£0.14%o, 2SD) are drawn assuming an uncertainty of +0.10%o
(2SD) on 8**Mgoivine and 8**Mgpinel. The red solid and dash lines refer to the calculated
results at 0 and 5 GPa, respectively, assuming a linear relationship between 10°In0spinel-

forsterite and Cr# when Cr# varies from 0 to 0.5.
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Figure 16. Temperatures estimated from A>Mggpincl-olivine compared with those
estimated using the inter-mineral element geothermometers. Data sources: triangles,
Young et al. (2009); squares, Liu et al., (2011); diamonds, Xiao et al. (2013); circles,
Stracke et al. (2018). The errors for temperatures from Mg isotopes are estimated from

the uncertainties of A2Mgspinel-olivine (£0.14 %o, 2SD).
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Figure 17. Mg isotopic variation during differentiation of St. Helena lavas. The §*Mg
values of St. Helena group 2 and group 3 samples were measured by X.-J. Wang et al.
(2021). The proportions and chemical compositions of segregated minerals and residual
melts were calculated by X.-J. Wang et al. (2021) using the MELTS. Plagioclase (pl)
and apatite (ap) are ignored in the calculation of melt §*Mg values because of their
extremely low MgO contents. The grey range refers to the Mg isotopic composition of
the peridotitic mantle (8*Mg = -0.25 + 0.04 %o; Teng, 2017), which is also assumed as
the 8*Mg value of primary melt. The red and blue regions refer to the modeling results
with Mg isotope fractionation between olivine and melt (A2Mgotivine-meit) of 0.00 = 0.04 %o
and (-0.146 + 0.026)*105/T? %o). Accordingly, the Mg isotope fractionation between
clinopyroxene and melt (A>Mgciinopyroxene-melt) and between magnetite and melt
(A**Mgmagnetite-melt) at various temperatures can be derived from the temperature
dependences of 10°In0iinopyroxene-forsterite and 10 INGimagnesioferrite-forsterite Calculated in this

study.
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