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A B S T R A C T   

The deep circulation in the subpolar North Atlantic determines the spread and mixing of high latitude climate 
signals to lower latitudes. However, our current understanding of the subpolar deep circulation has been limited 
due to relatively sparse observational data. To improve that understanding, we construct gridded fields of mean 
velocity and eddy kinetic energy (EKE) in the deep (1800–2800 dbar) subpolar North Atlantic using direct ve
locity measurements from 122 subsurface acoustically-tracked floats that drifted during June 2014–January 
2019. The mean velocity field reveals a relatively strong deep boundary current around Greenland and in the 
Labrador Sea, with a weaker deep boundary current over the eastern flank of the Reykjanes Ridge, and near-zero 
mean flow over the western flank, implying a discontinuous deep boundary current across the subpolar basin. 
The deep EKE, albeit with smaller magnitudes, generally resembles the EKE pattern at the ocean surface, 
including relatively high values along pathways of the North Atlantic Current and west of Greenland where the 
Irminger Rings are formed. A surprising finding about deep EKE is an elevated band east of Greenland that 
parallels the coast and is not present in the surface EKE field. This high EKE band is possibly attributed to the 
combined influence from propagating Denmark Strait Overflow Cyclones, variability of the wind-driven recir
culation offshore of southeast Greenland, and/or topographic waves. The float-based flow fields constructed in 
this study provide an unprecedented quantitative view of the kinematic properties of the large-scale deep cir
culation in the subpolar North Atlantic. Combined with cross-basin Eulerian measurements, we believe these 
recent observations provide a benchmark for testing and improving numerical simulations of deep ocean cir
culation and the Meridional Overturning Circulation, which are urgently needed for climate change predictions.   

1. Introduction 

Ocean circulation in the subpolar North Atlantic is a key aspect of the 
climate system as the currents in this region transport newly-formed 
deep waters equatorward as part of the Meridional Overturning Circu
lation. The circulation structure and variability play critical roles in 
modulating atmospheric carbon uptake and export in the Atlantic Ocean 
(Takahashi et al., 2009; Pérez et al., 2013; Gruber et al., 2019; Brown 
et al., 2021), and the meridional redistribution of heat and salt (Talley, 
2003; Trenberth and Fasullo, 2017; Lozier et al., 2019; Li et al., 2021). 
Compared to knowledge of the circulation at the ocean surface, which is 
advantaged by satellite observations (e.g. Häkkinen and Rhines, 2004; 
Foukal and Lozier, 2017) and surface drifter data (e.g. Fratantoni, 2001; 
Brambilla and Talley, 2006; Lumpkin and Johnson, 2013), we know less 

about the circulation at depth due to relatively sparse observations. 
While acoustically-tracked and profiling float-derived velocity vectors 
have advanced our knowledge of the mean circulation and its variability 
in the upper to intermediate depths (<1800 m; Lavender et al., 2000; 
Fischer and Schott, 2002; Bower et al., 2002; Lankhorst and Zenk, 2006; 
Fischer et al., 2018), we lack similar analyses for deeper waters. As a 
result, descriptions of the large-scale circulation in the deep subpolar 
North Atlantic (≥1800 m) have been pieced together from hydrographic 
transects (McCartney 1992; Kieke and Rhein, 2006; Sarafanov et al., 
2012; Daniault et al., 2016; Petit et al., 2018; Petit et al., 2022) and 
moored current meter arrays (Dickson and Brown, 1994; Saunders, 
1994, 1996; Kanzow and Zenk, 2014; Bower and Furey, 2017; Zantopp 
et al., 2017; Hopkins et al., 2019; Pacini et al., 2020), the latter mostly 
confined to the topographic boundaries of the basin. 
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The deep circulation in the subpolar North Atlantic carries waters 
that overflow into the subpolar basin via the Greenland-Iceland- 
Scotland (GIS) ridge. These waters are produced by open-ocean con
vection (Schlosser et al., 1991) and/or transformation of Atlantic waters 
at intermediate depths in the Nordic Seas (Eldevik et al., 2009). The 
waters that feed into the North Atlantic on the western and eastern sides 
of Iceland are known as the Denmark Strait Overflow Water (DSOW) and 
Iceland-Scotland Overflow Water (ISOW), respectively (Fig. 1a). 
Downstream of the GIS ridge, these overflow waters descend the con
tinental slopes with significant modifications of their properties and 
enhanced transports due to vigorous mixing and entrainment with 
ambient waters (Price and Baringer, 1994; Rudels et al., 2002; Girton 
and Sanford, 2003; Mauritzen et al., 2005; Voet and Quadfasel, 2010; 
Fer et al., 2010; North et al., 2018; Johns et al., 2021). Since ISOW 
entrains relatively warm and salty subpolar mode water in the Iceland 
Basin, it is identified as a bottom plume with characteristically high 
salinities along the eastern flank of the Reykjanes Ridge (Fig. 1b and c). 
Further downstream, ISOW is mixed and entrained with other subpolar 
waters, including modified Labrador Sea Water, older overflow waters, 
and Antarctic Bottom Water from mid-latitudes (McCartney, 1992), and 
gradually decreases its salinity by the time it reaches the Irminger and 
Labrador basins. The product of entrainment therein is often referred to 
as the North East Atlantic Deep Water (NEADW; Lazier et al., 2002; 
Hopkins et al., 2019) or the Gibbs Fracture Zone Water (Stramma et al., 
2004), which generally occupies the density layer between 27.80 and 
27.88 kg/m3 (Fig. 1b and c). Below the NEADW layer (≥27.88 kg/m3), a 

colder and fresher DSOW plume blankets the bottom slope east of 
Greenland (Bacon and Saunders, 2010; Hopkins et al., 2019) and in the 
Labrador Sea (Pickart et al., 2002; Pacini et al., 2020). 

Past studies have suggested that after entering the North Atlantic, 
overflow waters travel as a continuous deep boundary current around 
the topographic rim of the three subpolar basins (Iceland, Irminger and 
Labrador). These views have been heavily influenced by moored current 
observations along the boundaries, such as southwest of Iceland 
(Saunders, 1996; Kanzow and Zenk, 2014), within the Charlie-Gibbs 
Fracture Zone (Saunders, 1994; Bower and Furey, 2017), around 
Greenland (Dickson and Brown, 1994; Bacon and Saunders, 2010; 
Hopkins et al., 2019) and at the exit of the Labrador Sea (Fischer et al., 
2010). However, recent observational and modeling studies have 
revealed important alternative pathways for the deep waters under the 
influence of topographic fractures in the Reykjanes Ridge (Petit et al., 
2018; Furey et al., 2019; Xu et al., 2010; Zou et al., 2017) and eddy 
activities (Gary et al., 2011; Lozier et al., 2013; Zou et al., 2020; Xu et al., 
2015; Racapé et al., 2019). Emerging evidence of these pathways has 
challenged the representativeness of the continuous deep boundary 
current view and has revealed a more complex circulation structure in 
the deep subpolar North Atlantic. 

In this study, we derive the distributions of deep mean velocity and 
eddy kinetic energy (EKE) from direct velocity measurements by 
acoustically-tracked Range and Fixing of Sound (RAFOS; Rossby et al., 
1986; Ramsey et al., 2020) floats as part of the Overturning in the 
Subpolar North Atlantic Program (OSNAP; Lozier et al., 2017). Results 

Fig. 1. (a) Trajectories of the OSNAP RAFOS floats. Deployment sites are indicated as red circles and end points as black triangles. Blue lines represent trajectories of 
89 floats released in the ISOW/NEADW layer. Purple lines represent trajectories of 33 floats released in the DSOW layer east of Greenland. Missing trajectory 
segments are indicated with dashed lines. OSNAP-East and OSNAP-West sections are plotted as red lines. The 1000 m, 2000 m, 3000 m and 4000 m isobaths from 
ETOPO-2 are shaded in blue. Inset: Number of DOF based on a Lagrangian integral time scale of 4 days (Section 2.2). Contour interval is 20. (b) Observed mean 
salinity below 1200 m along OSNAP-East from August 2014 to June 2018. σθ of 27.80 kg/m3 and 27.88 kg/m3 are contoured in gray. Blue circles indicate launch 
locations of RAFOS floats in the ISOW/NEADW layer and purple circles indicate those in the DSOW layer east of Greenland. (c) Observed mean velocity below 1200 
m normal to the OSNAP-East section during the same period. Acronyms in the figures: CGFZ, Charlie-Gibbs Fracture Zone; ISOW, Iceland-Scotland Overflow Water; 
NEADW, North East Atlantic Deep Water; DSOW, Denmark Strait Overflow Water. (For interpretation of the references to color in this figure legend, the reader is 
referred to the web version of this article.) 
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from this study provide a quantitative quasi-Eulerian view of the deep 
ocean circulation over a large extent of the subpolar basin, which will 
serve as a reference point for future studies on the deep circulation as 
well as on the Meridional Overturning Circulation in the North Atlantic. 

2. Data and methods 

2.1. RAFOS floats 

RAFOS floats are neutrally buoyant drifting instruments that are 
tracked underwater using an array of moored sound sources (Rossby 
et al., 1986). Once per day, the floats listen for the acoustic signals 
transmitted by the sound sources and record the arrival times. At mis
sion’s end, the floats transmit these arrival times along with daily 
pressure and temperature measurements. Sound source transmit times, 
the arrival times, and climatological sound speed are used to obtain 
distance ranges to each source, which are in turn used to triangulate the 
float positions each day and construct trajectories. 

During the summers of 2014–2017, the 122 RAFOS floats used in this 
study were deployed at five sites around the subpolar basin, with one 
site located east of Greenland and the other four around the Reykjanes 
Ridge (Fig. 1a). The floats were ballasted to drift at pressures between 
1800 and 2800 dbar within the overflow water layer, which has his
torically been defined as the layer denser than 27.80 kg/m3 (Dickson and 
Brown, 1994; Fig. 1b and c). The majority (89/122) were released in the 
ISOW/NEADW layer, with fewer (33/122) in the DSOW layer east of 
Greenland (≥27.88 kg/m3). After release, each float drifted at an 
approximately constant pressure level and recorded arrival times, tem
perature and pressure every 24 h. The nominal float mission length was 
730 days, with actual record length varying from 12 days to 739 days 
and a mean of 637 days. The full record length spans the time period of 
June 2014–January 2019. 

Along-track velocity is calculated by first differencing between po
sitions that are 48 h apart, resulting in daily velocity estimates. Float 
position is calculated using a least-squares method (Wooding et al., 
2005). Position error is estimated by combining errors from sound 
source and float clock with uncertainties in the sound velocity field. The 
sound source and float clocks accuracies are 1 s and the clocks are all 
independently calibrated post-mission to within a second. This trans
lates to a ~3 km random error in float position. We combine this error 
with that associated with the varying sound velocity field between the 
float and each sound source. Position uncertainty due to anomalies in 
sound speed are ~2–5 km (0.01 km/s error with acoustic travel time 
between source and float ~5–10 min). This results in an overall position 
error estimate of ~5–8 km. Note, however, that the relative error be
tween sequential positions is closer to the 3 km value since sound speed 
uncertainties will result in small shifts of the whole trajectory. Further 
details of the float dataset, including quality control and calibration 
procedures, can be found in Ramsey et al. (2020). 

2.2. Lagrangian integral time scale 

To evaluate uncertainties in statistical mappings based on the RAFOS 
float measurements, we calculate the Lagrangian integral time scale TL, 
which estimates the time scale over which the Lagrangian velocities are 
correlated. Following previous studies (Taylor, 1921; Lavender et al., 
2005; LaCasce, 2008), TL is calculated by integrating the autocorrela
tion function of float velocity time series from zero to positive lags, i.e. 

TL =

∫ Td

0
Rdτ (1)  

Td is the de-autocorrelation time scale, representing the time when the 
autocorrelation function R crosses 0. 

The float trajectories are first divided into 90-day continuous and 
non-overlapping trajectory segments. For each segment, TL is calculated 

using along-track velocity time series. Among the 256 selected trajectory 
segments, TL varies from 2 days to 12 days, with a mean of 4 days. In this 
study, we set TL to 4 days. Compared to previous literature, TL estimated 
in this study is consistent with that at 700 m in the Labrador Sea 
(3.8–7.7 days) based on the PALACE floats (Straneo et al., 2003) and is 
greater than the integral time scale estimated using isopycnal floats 
deployed at 27.2 and 27.5 kg/m3 in the North Atlantic (1.5–2.5 days; 
Zhang et al., 2001). 

2.3. Weighted Gaussian interpolation 

The first approach used here to derive a gridded mean velocity field 
from the float measurements is the weighted Gaussian interpolation 
(GI). The method has been successfully applied in mapping the mean 
circulation pattern at intermediate depths in the subpolar gyre with 
Argo float data (Fischer et al., 2018) and in the deep Gulf of Mexico with 
acoustically-tracked floats (Pérez-Brunius et al., 2018). We first divide 
the study area into a regular 0.5◦ longitude and 0.25◦ latitude grid, such 
that the size for each grid box is ~30 km × 30 km. At each target grid 
point, the weighted mean velocity is calculated as 

uw =

∑N
i=1wiui

∑N
i=1wi  

vw =

∑N
i=1wivi

∑N
i=1wi

(2)  

where N is the number of measurements near the target grid point. ui 

and vi are the ith measurements and wi is their weight, which is defined 
through a Gaussian function, 

w = e
−

[(

Δx
Lx

)2

+

(
Δy
Ly

)2

+
(Δq)2

2q2

]

(3)  

x and y represent the zonal and meridional directions, respectively. q is 
the barotropic potential vorticity (PV), which is calculated as q = f/H, 
with f denoting planetary vorticity and H representing the water depth. 
Δx and Δy denote the distances between the target grid point and the 
measurement in x and y directions, respectively. Lx and Ly are the half- 
width of the Gaussian function and are determined by the zonal and 
meridional decorrelation length scales. The best fit of the correlation 
function for zonal and meridional velocities yields Lx = Ly = 30 km 
(Fig. S1). In our calculations, we increase the scales to Lx = Ly = 40 km 
to enlarge the search area and to incorporate more data for a statistically 
meaningful estimate. This is especially helpful in areas where mea
surements are relatively sparse. The resultant mean velocity field is not 
sensitive to this scale change. Δq of the last term in Eq. (3) is the PV 
difference between the target grid point and the measurement, i.e. Δq =

qtarget −qi, and q2 is the averaged PV squared between the locations, i.e. 

q2 = 1
2 (q2

target + q2
i ). This last term in Eq. (3) represents a topographic 

constraint on the weighting function, because the deep flow is signifi
cantly steered by bathymetry in the subpolar region. 

In short, at each target grid point, we search for available measure
ments within a horizontal radius of 80 km (2 × Lx) and calculate the 
weighted mean by considering both the horizontal and the PV distances 
from the target grid point. The number of velocity measurements used 
for each grid box exceeds 200 in most of the areas, with a mean of 247 
averaged among all grid boxes (not shown). The number of degrees of 
freedom (DOF) for the unweighted calculation is estimated as the 
number of independent measurements Nind that are at least TL days apart 
(Pérez-Brunius et al., 2018). For example, with TL set as 4 days, if 10 
floats visit the same grid box within 4 days, the number of DOF is 1. If 10 
floats visit the same box every 4 days consecutively, the number of DOF 
is 10. The number of DOF in each grid box varies from 2 to 120, with a 
mean of 28 averaged among all grid boxes (Fig. 1a inset). The least 
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sampled regions (DOF < 20) include the northern Iceland Basin, the 
central Labrador Basin, and the area between the southern tip of 
Greenland and northeast of Flemish Cap. 

When weights are taken into consideration, the number of DOF de
creases such that the number of effective DOF (Kirchner, 2020) is 

DOFeff =

(∑Nind
i=1 wi

)2

∑Nind
i=1 w2

i
(4) 

DOFeff varies from 1 to 50, with a mean of 8 averaged over all grid 
boxes (not shown). 

The estimated standard error of the weighted mean zonal velocity 
(Bevington, 1969) is 

SEw
u =

̅̅̅̅̅̅̅̅̅̅̅̅̅̅
varw

u

DOFeff

√

(5)  

where varw
u is the weighted variance and is calculated as 

varw
u =

∑N
i=1wi(ui − uw)

2

∑N
i=1wi

DOFeff

DOFeff − 1
(6) 

The weighted mean meridional velocity and its variance are calcu
lated similarly to (5) and (6). After obtaining the mean velocity fields uw 

and vw at the target grid point, we calculate EKE as 

EKE =

∑N
i=1(ui − uw)

2
+ (vi − vw)

2

2N
(7)  

2.4. Objective analysis 

The second approach used to derive the gridded mean velocity field 
is the objective analysis (OA), which has been widely used in meteo
rology and oceanography to map spatially irregular data onto a regular 
grid (Gandin, 1965; Bretherton et al., 1976; Freeland and Gould, 1976; 
Hiller and Käse, 1983; Davis, 1998; Gille, 2003). The basis for OA is the 
Gauss–Markov theorem with a priori covariance of the signal field and 
the noise level of the data. If the covariance is estimated from the data 
itself, as opposed to an estimate based on historical data or preconceived 
notions, the mapping is optimal by minimizing error in the least-squares 
sense (Thomson and Emery, 2014). 

Before objective mapping, the mean velocity field is roughly esti
mated and subtracted from the float measurements, because the method 
relies on covariance of anomalies. After mapping, the mean field is 
added back to the output. Here we briefly describe OA mapping of the 
zonal velocity (u) at a target grid point. The mapping of the meridional 
velocity (v) is conducted in a similar way. 

The objective estimate of the zonal velocity at a target grid point is 
given by 

û = Pu(Au + ∊uI)−1ϕu (8) 

ϕu is a column vector containing the zonal velocity measurements, i. 
e. 

ϕu = [u1, u2, u3, ⋯, uN]
T (9) 

Pu is defined as a vector containing covariance between the target 
grid point and each measurement, 

Pu = u(ϕu)
T (10)  

where Pu
i = uui, 1 ≤ i ≤ N. Au is the covariance matrix which contains 

covariance between measurements, i.e. 

Au = ϕu(ϕu)
T (11)  

where Au
ij = uiuj,1 ≤ i, j ≤ N.

The correlation function F used is the same Gaussian function in Eq. 
(3). The covariance function is therefore 

Fu = varu F, where varu =
1
N

∑N

i=1
(ui)

2
. (12) 

To represent the difference between instantaneous data and the 
smoothed field, a noise variance ∊u is added to matrix Au, 

∊u = r varu (13)  

where r represents the noise to signal ratio and has dimensions of N × N. 
In order to take DOF into consideration, we follow previous studies 
(Lumpkin and Johnson, 2013; Laurindo et al., 2017) and estimate r as 

r = cos
(

πτ
2Td

)

e
−

(

πτ
2Td

)2

(14) 

τ denotes separation time between each pair of measurements and Td 

is the de-autocorrelation time scale, which is about twice TL. By this 
definition, measurements that are less than TL days apart are not fully 
independent. In addition, the off-diagonal values of r is multiplied by 
0.9, under the assumption that 10% of the variance is due to white noise 
and is not correlated between measurements (Laurindo et al., 2017). 

The expected error variance for estimated û is, 

εu = (u − û)
2

= varu − Pu(Au + ∊uI)−1
(Pu)

T (15) 

Roughly, a successful mapping requires an overall expected error 
variance to be less than 50% of the variance of the total field (Hiller and 
Käse, 1983). In our application, we find an unsuccessful mapping, i.e. 
large expected error, mostly along the rim of the subpolar basin, in the 
northern Iceland Basin, in the central Labrador Sea and north of the 
Flemish Cap. These areas are co-located with regions where measure
ments (DOF) are sparse. Finally, with the mean velocity estimates, EKE 
is calculated in the same way as Eq. (7). 

2.5. Methods validation and uncertainty evaluation 

Before applying weighted GI and OA to the RAFOS float data, we test 
both approaches with simulated float trajectories calculated using ve
locity field from a high-resolution ocean general circulation model. As 
shown in the Supplementary Information, the constructed velocity 
and EKE fields derived from both approaches compare reasonably well 
with those from the model’s velocity output. For example, the spatial 
correlation between GI (OA) based velocity field and model’s velocity 
output is 0.71 (0.74) and the spatial root mean square difference is 3.2 
(3.2) cm/s. The spatial correlation of EKE between GI (OA) result and 
model output is 0.64 (0.67). The spatial root mean square difference of 
EKE is 20.9 (19.2) cm2/s2 between GI (OA) result and model output. All 
correlation coefficients reported here and hereafter are significant at the 
95% confidence level. 

As pointed out by Laurindo et al. (2017), the analytically computed 
standard error for a quasi-Eulerian field may only account for half of the 
real error. We evaluate the uncertainties associated with the derived 
velocity field from GI (OA) in the model and find that they are very likely 
underestimated by a factor of 2 (1.5) (Supplementary Information), 
consistent with Laurindo et al. (2017). To account for this underesti
mate, we multiply the standard error SEw derived from GI by 2 and the 
expected error 

̅̅̅
ε

√
derived from OA by 1.5. This multiplication is done 

both for the model results and for those based on the RAFOS floats, 
under the assumption that the underestimated factors derived from the 
model results also apply to observations. The final estimates of un
certainties associated with the GI- and OA-based mean velocity fields are 
shown in Figures S2-3. Based on these results, we keep our focus on 
regions with relatively low uncertainties and more reliable estimates. 
For GI, these regions correspond to where effective DOF are >8 (non- 
hatched regions in Fig. 2a). For OA, these regions correspond to where 
the expected error variances are smaller than 50% of the total field 
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variance (non-hatched regions in Fig. 2b). 

3. Gridded deep velocity field 

The gridded mean velocity vectors derived from the RAFOS float 
data using GI and OA approaches are shown in Fig. 2. Both panels show 
topographically-steered boundary currents around Greenland, along the 
Labrador coast and over the eastern flank of the Reykjanes Ridge. 
Relatively weak recirculation branches and “semi-permanent” eddies 
(on the 4-year time scale) are observed in the basin interior. The spatial 
correlation between the two fields is 0.83 and the correlation increases 
to 0.95 if excluding regions with unreliable estimates (hatched regions 
in Fig. 2). 

We further compare the GI- and OA-derived velocity fields with 
moored current meter measurements along the OSNAP line (more de
tails in Supplementary Information). Results from both approaches 
compare fairly well with mooring data in terms of the flow direction and 
relative current speed. The spatial correlation between GI (OA) result 
and the OSNAP moored data is 0.83 (0.78), with a root mean square 

difference of 4.9 cm/s (5.4 cm/s). In the following sections, we primarily 
discuss the velocity field derived from OA because it provides a formal 
estimate of the uncertainties. Results from GI yield similar conclusions 
with slight differences in terms of the derived velocity magnitudes. 

3.1. The Iceland and eastern Irminger basins 

In the Iceland Basin, a mean southward boundary current along the 
eastern flank of the Reykjanes Ridge carries ISOW from 59◦N (the 
OSNAP-East line where floats were released) to the latitude of the 
Charlie-Gibbs Fracture Zone at ~53◦N (Fig. 2). The mean current speed 
along this path is greatest at 59◦N, which is ~10 cm/s according to the 
OA result. The current speed decreases southward to ~2 cm/s near 
56◦N, south of which it increases to ~5 cm/s. 

Near Charlie-Gibbs Fracture Zone, the deep boundary current splits 
into three branches (Fig. 3a). One of them travels eastward (with a mean 
current speed varying from 2 to 10 cm/s) and later bifurcates into a 
northward subbranch (2–6 cm/s) towards the interior Iceland Basin and 
a southward subbranch (1–3 cm/s) along the eastern flank of the Mid- 

Fig. 2. Gridded mean velocity vectors in the deep 
(1800–2800 dbar) subpolar North Atlantic, color 
coded by the velocity magnitudes. (a) Derived from 
weighted GI. White hatching covers regions where 
effective DOF are less than 8. (b) Same as (a) but 
derived from OA. White hatching denotes regions 
where expected error variances exceed 50% of the 
total field variance, suggesting that the estimates are 
not reliable. It is noted that regions with large error 
variance (OA method) are approximately where the 
number of effective DOF is limited (GI method).   
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Atlantic Ridge. The second branch from the Charlie-Gibbs Fracture Zone 
exhibits a direct southward spreading by crossing the fracture zone 
meridionally into the eastern Newfoundland Basin, west of the Mid- 
Atlantic Ridge. The mean current speed for this branch varies from 2 
to 6 cm/s. 

The third branch is directed westward through the Charlie-Gibbs 
Fracture Zone (~3 cm/s), which has been considered as one of the 
major routes for ISOW to enter the western subpolar basin (Saunders, 
1994; Bower and Furey, 2017). The estimated mean speed is smaller 
than previous current meter observations, which showed a mean speed 
exceeding 4 cm/s in the ISOW layer across the Charlie-Gibbs Fracture 
Zone and a maximum of ~8.0 cm/s near the bottom (Bower and Furey, 
2017). The difference between float and current meter measurements 
may be attributed to the under-sampling of the bottom intensified ve
locity by floats, which were mostly released at depths 100–200 m above 
the sea floor. Another possible explanation is the different sampling time 
periods between the floats (2014–2018) and the current meters 
(2010–2012), as the deep flow is known to be highly variable under the 
influence of the North Atlantic Current (NAC; Bower and Furey, 2017; 
Xu et al., 2018). Indeed, during 2014–2018, the eastward-flowing NAC 
is located further north than that during 2010–2012, which is implied 
from higher surface EKE and stronger eastward surface velocity near the 
Charlie-Gibbs Fracture Zone according to satellite altimetry data 
(Fig. S4). As such, there is a stronger eastward flow in the upper layer of 
the fracture zone, which possibly suppresses the westward deep flow 

during this time period. Lastly, and perhaps mainly, these differences 
can be attributed to the fact that the float-based gridded field is con
structed from spatial interpolation which smooths some of the meridi
onal structure of the zonal flow in the narrow fracture zone. After 
travelling through the Charlie-Gibbs Fracture Zone, this third branch of 
ISOW (now also considered NEADW) is shown to split into one 
subbranch that flows northwestward (Stramma et al., 2004; Xu et al., 
2010; Zou et al., 2020) and another subbranch that flows southward into 
the Newfoundland Basin (Zou et al., 2020; Fig. 3a). The partitioning 
between the northwestward and the southward subbranches is shown to 
be influenced by the eddies and meandering activities associated with 
the NAC (Zou et al., 2020). 

These pathways stand in contrast to historical views that suggested a 
direct northward ISOW/NEADW branch along the western flank of the 
Reykjanes Ridge after flowing through the Charlie-Gibbs Fracture Zone 
(e.g. Dickson and Brown, 1994; Schott et al., 1999; Daniault et al., 
2016). Based on the gridded velocity map, we further confirm the 
absence of a robust northward boundary current by revealing a minimal 
flow speed (≤2 cm/s) along the western flank of the Reykjanes Ridge 
from 53◦N to 60◦N (Fig. 2). 

Without a direct northward pathway of ISOW from the Charlie-Gibbs 
Fracture Zone, where does the relatively high salinity patch, denoting 
the presence of ISOW, west of the Reykjanes Ridge (Fig. 1b) originate 
from? Modeling studies suggest that some ISOW could take an indirect 
route to reach west of the Reykjanes Ridge from the Charlie-Gibbs 

Fig. 3. (a) OA-based mean velocity vectors near the Charlie-Gibbs Fracture Zone. Red solid curves illustrate the three major branches in the area: an eastward, 
southward and westward branch. Subbranches for the eastward and westward branches are indicated as red dashed curves. MAR: Mid-Atlantic Ridge. (b) Mean 
velocity vectors near the Bight Fracture Zone (BFZ). Red solid curves denote pathways through fractures in the Reykjanes Ridge (RR). (c and d) Mean velocity vectors 
in the Irminger and Labrador basins, with red curves illustrating the recirculation branches. In all plots, velocity vectors are color-coded according to their mag
nitudes. (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.) 

S. Zou et al.                                                                                                                                                                                                                                      



Progress in Oceanography 211 (2023) 102975

7

Fracture Zone: after flowing northwestward towards the southern tip of 
Greenland, an ISOW branch turns clockwise into the central Irminger 
Sea, where some ISOW is able to reach the western flank of the Rey
kjanes Ridge (Xu et al., 2010; Zou et al., 2020; Lozier et al., 2022). 
However, the mean time for this simulated indirect pathway is longer 
than 6 years (Zou et al., 2020), suggesting that ISOW taking this route 
could encounter persistent mixing along the path and gradually lose its 
high salinity signal by the time it reaches the western flank of the 
Reykjanes Ridge. 

A more direct route that carries ISOW to the western flank of the 
Reykjanes Ridge is through fracture zones in the ridge. The Bight 
Fracture Zone, located between 56.5◦N and 57◦N along the ridge 
(Fig. 3b), is one of the major fractures through which ISOW escapes into 
the Irminger Sea from the Iceland Basin according to float observations 
(Zou et al., 2017; Lozier et al., 2022), hydrographic transects (Xu et al., 
2010; Petit et al., 2018; Petit et al., 2022), moorings (Furey et al., 2019) 
and numerical simulations (Xu et al., 2010; Zou et al., 2017; Lozier et al., 
2022). The sill depth in the fracture zone is ~1850 m in the northern 
channel and ~2040 m in the southern channel according to ETOPO-2. 
The gridded mean current speed through the fracture zone is 4–6 cm/ 
s. Another important fracture zone along the ridge is located between 
55◦N and 56◦N, where the sill depth is ~2400 m (Petit et al., 2018) and 
the mean current speed is 1–2 cm/s. These direct pathways through the 
fracture zones are shown to be preferred by the shallower component of 
ISOW from the Iceland Basin according to float observations and model 
simulations (Zou et al., 2017; Lozier et al., 2022). By taking these more 
direct routes (compared to the one through the Charlie-Gibbs Fracture 
Zone), ISOW is more likely to preserve its high salinity when it reaches 
the western Reykjanes Ridge. 

An alternative approach to identify the origin of ISOW over the 
western flank of the Reykjanes Ridge is to track the high salinity sig
natures using climatological data from the World Ocean Database 
(Fig. 4). Immediately north of the Charlie-Gibbs Fracture Zone at 54◦N, a 

high salinity patch is observed west of the ridge (red square in Fig. 4a). 
This patch, centered at 39-40◦W, resides within densities between 27.85 
and 27.88 kg/m3, denoting the northwestward pathway of ISOW from 
the Charlie-Gibbs Fracture Zone shown in Fig. 3a. Importantly, this 
salinity signature quickly decays northward (Fig. 4b–d), implying an 
absence of a coherent current carrying ISOW northward along the 
western flank of the Reykjanes Ridge. Instead, ISOW further north in the 
Irminger Sea enters the basin via fractures in the ridge, including the 
abovementioned fracture zone at ~55◦N and the Bight Fracture Zone at 
~57◦N (red circles in Fig. 4). High salinity ISOW from the Iceland Basin 
spreads through these fractures into the Irminger Basin, with a slight 
descent down the topographic slope of the ridge. This ISOW patch 
generally resides within densities between 27.80 and 27.85 kg/m3, 
lighter than the ISOW from the Charlie-Gibbs Fracture Zone, as expected 
since the lighter elements of this water mass are more likely to pass 
across the ridge (Zou et al., 2017). 

It is important to point out that ISOW from the Iceland Basin is not 
the only origin of deep waters west of the Reykjanes Ridge. By 
backward-tracking simulated particles in high resolution ocean models, 
Lozier et al. (2022) conclude that only 30–40% of the deep waters west 
of the ridge can be traced to the Iceland Basin within 10 years. The 
remaining is found to originate from other subpolar basins, including the 
Labrador, Irminger and Newfoundland basins, and is likely a mixture of 
waters of different origins (Racapé et al., 2019). 

3.2. The western Irminger and Labrador basins 

In the western Irminger Sea, a narrow and strong southwestward 
boundary current is observed east of Greenland, extending from 62◦N to 
the southern tip of Greenland and into the Labrador Sea (Fig. 3c and d). 
The gridded flow speed along this path varies spatially from 6 cm/s to 
18 cm/s. By the time the current reaches ~62◦N west of Greenland, it 
widens and slows down as it encounters a gentler topographic slope on 

Fig. 4. Zonal climatological salinity sections at (a) 54◦N, (b) 55◦N, (c) 56◦N and (d) 57◦N over the western flank of the Reykjanes Ridge. Climatological isopycnals 
are contoured in gray. Red squares denote ISOW that originates from the Charlie-Gibbs Fracture Zone and circles denote ISOW from fractures in the ridge. Data is 
from the World Ocean Atlas (Boyer et al., 2018). (For interpretation of the references to color in this figure legend, the reader is referred to the web version of 
this article.) 
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its path around the basin, where the current speed is <6 cm/s. Once the 
boundary current approaches the Labrador coast, it becomes narrow and 
intensifies as the topographic slope steepens. The current speed along 
this path is generally >10 cm/s. Adjacent to the deep boundary current, 
relatively weak recirculation segments are observed in the Labrador Sea 
(Fig. 3d). A more coherent recirculation branch is present in the western 
Irminger Sea: it first travels northeastward along the 3000 m isobath 
until ~60◦N, beyond which it flows inshore to cross the 3000 m isobath 
and re-joins the deep boundary current (Fig. 3c). Current speeds for 
these recirculation branches are generally weak (<6 cm/s). 

Finally, between the exit of the Labrador Sea and northeast of the 
Flemish Cap (~50◦N), the topography varies significantly and the 
gridded mean velocity fields become spatially variable (Fig. 2). This area 
coincides with the energetic northwest corner of the NAC, which has a 
strong barotropic component (Lazier, 1994). However, caution is 
needed when interpreting these velocity estimates because float mea
surements in this highly-variable area are quite sparse, yielding rela
tively large estimate errors. 

4. Gridded deep EKE field 

By subtracting the gridded mean velocity field from the daily float 
measurements, we derive the deep EKE field. Results based on GI 
(Fig. S5) and OA (Fig. 5) are quite similar, with a spatial correlation of 
0.94 and spatial root mean square difference of 9.8 cm2/s2. It is noted 
that the derived EKE is relative to the space–time averaged mean flow, 
which not only reflects eddy motions at fixed locations but also the 
mesoscale spatial structure of the time-mean flow (Davis, 1998). That 
being said, the spatial distribution of EKE derived from float 

measurements compares remarkably well with that based on OSNAP 
current meter measurements: the spatial correlation between GI (OA) 
result and mooring data is 0.94 (0.92), and the spatial root mean square 
difference is 9.3 cm2/s2 (10.4 cm2/s2). More details on the comparison 
can be found in the Supplementary Information. In the following 
sections, we primarily discuss the EKE field derived from OA and focus 
on regions with relatively reliable estimates (i.e. non-stippled regions in 
Fig. 5). 

4.1. The Iceland and eastern Irminger basins 

EKE in the Iceland and eastern Irminger basins is weak overall (≤30 
cm2/s2) compared to the other subpolar regions (Fig. 5a). An exception 
is in the eastern Iceland Basin at ~25◦W where enhanced EKE (~70 
cm2/s2) is observed. This area is co-located with the northeastward- 
flowing branch of the NAC and has been shown to be frequently occu
pied by eddies according to altimetry and glider observations (Zhao 
et al., 2018a), as well as high-resolution ocean models (Zou et al., 2017; 
Xu et al., 2018; Zhao et al., 2018b). The eddies are formed by barotropic 
and baroclinic instabilities, and are critical for the meridional heat 
transport variability on intra-seasonal and interannual time scales in the 
subpolar North Atlantic (Zhao et al., 2018a, Zhao et al., 2018b). Another 
region with elevated EKE, albeit of smaller magnitude, is located within 
and south of the Charlie-Gibbs Fracture Zone. EKE with magnitudes of 
25–50 cm2/s2 extends zonally from west of the fracture zone (38◦W) to 
southwest of Rockall Plateau (20◦W; Fig. 5b). This EKE band underlies 
the eastward-flowing NAC and likely indicates the deep-reaching in
fluence of the eddy and meandering activities associated with the NAC 

Fig. 5. (a) Gridded EKE in the deep (1800–2800 dbar) subpolar North Atlantic derived from OA. Gray dots denote areas with unreliable estimates. The 1000 m, 
2000 m and 3000 m isobaths are contoured in gray. HB: Hamilton Bank; ER: Eirik Ridge. (b) Enlarged EKE distribution near the Charlie-Gibbs Fracture Zone, an area 
enclosed by the black dashed box in (a). Note the different color scale used in this figure. 
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on the deep current variability (Saunders, 1994; Bower and Furey, 2017; 
Xu et al., 2018; Zou et al., 2020). 

4.2. The western Irminger and Labrador basins 

In the western Irminger and Labrador basins, EKE is overall stronger 
(50–110 cm2/s2) than that in the Iceland and eastern Irminger basins. An 
interesting EKE distribution is observed east of Greenland, where a band 
of elevated EKE (60–100 cm2/s2) between 2000 m and 3000 m isobaths 
extends from ~ 64◦N to south of Cape Farewell. There are a number of 
transient processes that may contribute to this enhanced deep EKE band. 
First and foremost, recent observations have revealed numerous deep 
cyclonic eddies propagating along segments of the path of the boundary 
current between southwest of Denmark Strait and the vicinity of Cape 
Farewell (von Appen et al., 2014; Zou et al., 2021; Pacini et al., 2021). 
Using numerical simulations, these cyclones are shown to be formed by 
vortex stretching associated with the descending overflow water from 
the Greenland-Iceland sill (Spall and Price, 1998; Käse et al., 2003) and/ 
or with the baroclinic instability of the overflow plume (Smith, 1976; 
Jungclaus et al, 2001). While the cyclonic eddies are observed to be 
intensified at mid-depth, they exhibit a significant bottom expression. A 
recent study shows that the averaged velocity anomaly in the deep 
overflow water layer introduced by the propagating cyclones is about 
10 cm/s, according to RAFOS float and moored current meter data (Zou 
et al., 2021). We suggest that these cyclones are partially responsible for 
the elevated EKE over the slope east of Greenland. The elevated EKE may 
also be attributed to variability of the recirculation branch adjacent to 
the deep boundary current in the western Irminger Sea in response to the 
cyclonic wind stress curl east of Greenland (Spall and Pickart, 2003). In 
addition to the mechanisms mentioned above, topographic Rossby 
waves (Fischer et al., 2015), temporal and spatial variation of the deep 
boundary current, and other unknown variability/noise may also 
contribute to the EKE distribution. 

At the southern end of the Eirik Ridge, which is the sedimentary 
ridge extending from Cape Farewell, EKE is even higher (>100 cm2/s2) 
compared to that east of Greenland. This is likely associated with vari
ability in the retroflection of the boundary currents (Holliday et al., 
2007) as well as the “leakage” of cyclones into the basin interior at the 
sharp topographic curvature of the ridge. The loss of cyclones at Eirik 
Ridge is supported by several RAFOS float trajectories (Zou et al., 2021) 
and is consistent with Pacini et al. (2021), who have revealed fewer 
cyclonic eddies along west Greenland than along east Greenland. 

In the central-northern Labrador Sea (north of 59◦N), a patch of 
relatively high EKE (60–90 cm2/s2) is observed. This deep EKE pattern 
mimics its surface counterpart (to be discussed in section 5), but with 
smaller magnitudes. It is primarily attributed to the eddies generated by 
the barotropically and/or baroclinically unstable West Greenland Cur
rent due to the varying topographic slope (e.g. Eden and Böning, 2002; 
Lilly et al., 2003; Bracco et al., 2008; Rieck et al., 2019). These eddies, 
often referred to as Irminger Rings, have surface-intensified anti- 
cyclonic rotations that may extend below 2000 dbar (de Jong et al., 
2014). After formation, some eddies travel downstream along the iso
baths while others drift offshore into the central Labrador Sea, possibly 
generating cyclonic rotations during their detachment from the 
boundary (Bracco et al., 2008) and introducing deep velocity anomalies. 
In addition, long-lived propagating Denmark Strait Overflow Cyclones 
from east of Greenland and boundary current eddies (both cyclonic and 
anti-cyclonic), formed at the unstable density front between the 
boundary current and interior Labrador Sea (de Jong et al., 2016; Gel
derloos et al, 2011; Spall, 2004), could also contribute to the high EKE 
west of Greenland. These eddies generally travel northwestward along 
the boundary current towards the northern Labrador Sea, where they 
turn cyclonically and spread with the fanning bathymetry (de Jong 
et al., 2016). 

Another area with relatively high EKE (60–80 cm2/s2) in the Lab

rador Sea is near the basin’s exit at 56◦N and 50◦W. After carefully 
examining float trajectories in this area, we find that the high EKE is 
associated with the offshore deflection of a few floats near the Hamilton 
Bank, where relatively sharp bathymetric curvature of the 3000 m iso
bath is present. After the floats drifted into the basin interior from this 
promontory, some of them traced small anti-cyclonic loops/cusps with a 
mean looping radius of ~5 km. These loops/cusps are likely associated 
with convective eddies that were previously observed at similar loca
tions (Lilly and Rhines, 2002). The convective eddies have been shown 
to form at the baroclinically unstable density front between the 
convective interior and the boundary current (e.g. Jones and Marshall, 
1993; Rieck et al., 2019), and they were observed to exhibit anti- 
cyclonic rotation that could extend from near-surface to depths 
>2500 m (Lilly and Rhines, 2002; Lilly et al., 2003). In addition, some 
floats traced larger anti-cyclonic mesoscale eddies (radius ~15–40 km) 
that could be generated when the deep boundary current separates from 
the topography near Hamilton Bank. The exact formation process awaits 
further investigation. 

Finally, an expected high EKE (>120 cm2/s2) patch is observed 
northeast of the Flemish Cap, where the NAC’s Northwestern Corner is 
located and the flow is known to be highly variable (Lazier, 1994). Due 
to overall sparse measurements in this region, the derived EKE is not 
considered further in our discussion. 

5. Comparing deep EKE with surface and mid-depth EKE 

5.1. Between deep and surface EKE 

The deep EKE distribution derived from the OSNAP RAFOS floats is 
further compared to EKE at surface and mid-depth. The surface EKE used 
is this study is based on the gridded daily velocity measurements by 
surface drifters (Fig. 6a; Lumpkin and Johnson, 2013; Laurindo et al., 
2017). We also construct surface EKE with gridded daily geostrophic 
velocity derived from satellite altimetry (Fig. S6). While the spatial 
pattern of surface EKE is similar between the two datasets (spatial cor
relation is 0.90), the altimetry-based EKE magnitude is at least 4 times 
smaller than that based on drifters, which has also been illustrated in a 
previous study by Burkholder and Lozier (2011). This difference could 
be attributed to the absence of the ageostrophic velocity component (e. 
g. the Ekman velocity) and/or the relatively low mesoscale resolution 
capability of the altimetry data (Dufau et al., 2016). 

At the ocean surface, elevated EKE is observed along the zonal 
extension of the NAC, along the NAC’s northward branch west of the 
Rockall Plateau, and along the Irminger Current west of the Reykjanes 
Ridge. A high EKE patch is also observed in the central-northern Lab
rador Sea, where the Irminger Rings are formed (Eden and Böning, 
2002; Lilly et al., 2003; Bracco et al., 2008). 

The surface EKE is compared to the deep EKE derived from the 
RAFOS floats (Fig. 6b). Albeit with smaller magnitude, deep EKE dis
tribution resembles its surface counterpart in a number of regions, 
including elevated EKE along the NAC zonal extension, along its 
northward branch west of Rockall Plateau, and in the central-northern 
Labrador Sea. It is therefore suggested that in these regions, while 
eddy activities are surface intensified, they exhibit significant influence 
on deep flow variability. In contrast, the relatively high surface EKE 
along the Irminger Current west of the Reykjanes Ridge (≥200 cm2/s2) is 
not observed at depth. The deep EKE magnitude in this area is almost the 
smallest (≤20 cm2/s2) compared to the other subpolar regions, implying 
that the upper ocean mesoscale activities are less deep-reaching here. 
Another distinct feature of the deep EKE distribution is the elevated EKE 
band east of Greenland, where its magnitude is comparable to the sur
face EKE (Fig. 7, note that ratio is on a log scale). It is implied that ve
locity variability in this area is very likely barotropic, which is consistent 
with our conjecture on the overflow cyclones, (long) topographic waves, 
and recirculation variability as the major perturbation processes since 
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all exhibit nonnegligible barotropic components (Zou et al., 2021; Pacini 
et al., 2021; Fischer et al., 2015; Spall and Pickart, 2003). Because of the 
spatial differences mentioned above, the correlation between surface 
EKE and deep EKE is not significant. 

5.2. Between deep and mid-depth EKE 

Using velocity measurements from Argo floats, Fischer et al. (2018) 
constructed an EKE map at mid-depths between 1000 and 1500 m. The 
mid-depth EKE distribution (Fig. 8a) is overall similar to the deep EKE 
constructed in this study (spatial correlation coefficient: 0.58), but with 
a smaller magnitude. This is because the temporal resolution of Argo 
float velocity measurements is relatively coarse (10-day) compared to 

the RAFOS floats (daily), such that high frequency variability cannot be 
resolved. 

In order to make a direct comparison between mid-depth and deep 
EKE, we low-pass filter the RAFOS float velocities with a fifth-order 
Butterworth filter with a cutoff period of 11 days, to mimic the Argo 
sampling rate before applying OA. The resultant deep EKE magnitude 
(Fig. 8b) is smaller than that based on non-filtered trajectories (Fig. 6b). 
Compared to the EKE at mid-depth, deep EKE based on low-pass filtered 
trajectories has comparable, or even greater, magnitude in regions with 
surface-intensified mesoscale activities, including the NAC’s zonal 
extension, its northward branch west of Rockall Plateau and the central- 
northern Labrador Sea. East of Greenland between 2000 m and 3000 m 
isobaths, the deep EKE (40–60 cm2/s2) is much higher than the mid- 

Fig. 6. (a) Surface EKE based on global drifter dataset. Only areas with bottom depths >1000 m are shown. (b) Deep EKE based on RAFOS floats (same plot as 
Fig. 5a). Note the color scale difference between (a) and (b). RP: Rockall Plateau. 1000  m, 2000 m and 3000 m isobaths are contoured in gray. 

Fig. 7. Ratio (on log scale) between surface EKE (Fig. 6a) and deep EKE (Fig. 6b).  
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depth EKE (10–20 cm2/s2). It is difficult to ascertain the source of this 
difference: whether it is due to an actual difference of EKE between the 
two layers; or it is associated with the different gridding and filtering 
procedures applied. Due to this lack of attribute, we choose not to make 
further quantitative comparisons between mid-depth and deep EKE 
fields. 

6. Caveats 

Because of the limited number of RAFOS floats and nonuniform 
deployments/measurements, we note a number of caveats with respect 
to the gridded maps constructed in this study. First, the gridded maps do 
not resolve the vertical structure of the flow field. As shown in Fig. 1c, 
velocity is bottom intensified in the DSOW layer, which has been illus
trated in a number of previous studies using moored measurements on 
both sides of Greenland and at the exit of the Labrador Sea (e.g. Fischer 
et al., 2010; Hopkins et al., 2019; Pacini et al., 2020). While it is ideal to 
characterize circulation features in different vertical layers, the small 
number of floats drifting in the DSOW layer precludes statistically reli
able estimates in that layer. In addition, modeling studies suggest that 
the general behavior of NEADW and DSOW spreading pathways in the 
western subpolar basin is qualitatively similar (Lozier et al., 2022). As a 
result, we construct circulation maps collectively without differentiating 
between the two layers. 

Another caveat is that the floats unevenly sample the ocean in time, 
possibly resulting in biased estimates if seasonal or interannual vari
ability of the deep flow is significant. For example, all floats were 
released in the summer (June to August) and therefore the constructed 
velocity field near the release site could possibly reflect circulation in the 
summer only. 

Additionally, the floats sample the ocean nonuniformly in space. As 
illustrated in Davis (1991), the mean velocity deduced from a nonuni
form sampling array will be biased. This bias, or array bias as named in 
Davis (1991), represents the down-gradient diffusive flux of floats, i.e. 
Uarray = −K • ∇ lnΓ, with K denoting diffusivity and Γ denoting sam
pling density. As defined, Uarray is high in regions with relatively strong 
gradients of sampling density and is directed towards less sampled re
gions, possibly introducing a spurious mean velocity as a result. To es
timate Uarray, we derive K as 3 × 103 m2/s based on single particle 
dispersion statistics (LaCasce, 2008). Γ is represented as the distribution 
of independent float measurements (i.e. DOF in Fig. 1a inset). The 
resultant Uarray is relatively high along the contour of DOF = 20 (Fig. S7), 
where sampling is the least uniform. We note that the estimated Uarray is 
quite approximate because it depends on the estimate of K, which itself, 
as pointed out by LaCasce (2008), can be biased by nonuniform 

deployments. Therefore, we do not make further corrections to account 
for the array bias and instead keep our focus on relatively well-sampled 
regions (DOF > 20) and thus relatively small array bias. 

Finally, we note that most of the mean velocity magnitudes derived 
from GI and OA are not significantly different from 0 cm/s at the 95% 
confidence level, except in the boundary current areas around 
Greenland and along the Labrador coast (Fig. S8). There are multiple 
reasons for this lack of statistical significance across some regions. 
Gridding tends to smooth spatially varying flow, especially along the 
boundary and within the narrow fracture zones, resulting in under
estimated velocity magnitudes in those regions. The relatively sparse 
and nonuniform sampling by the floats results in large uncertainties in 
the interior regions, precluding statistical significance. As pointed out by 
Koszalka and LaCasce (2010), when grouping nonuniform measure
ments into bins of the same size, the statistical significance (and stan
dard error) varies substantially among different bins because the 
number of measurements is limited in many bins. To reduce this spatial 
variation of statistical significance, a clustering algorithm that groups a 
specified number of measurements into each bin has been employed. 
More information about this algorithm can be found in Koszalka and 
LaCasce (2010) and Koszalka et al. (2011). Beyond methodological de
ficiencies, in some areas, especially in the basin interior, the real deep 
mean flow may indeed be quite weak and indistinguishable from 0 cm/s. 
As a result, we keep our focus on the spatial pattern of the gridded fields 
and their relative magnitudes across different basins, instead of focusing 
on the absolute values and their statistical significance. 

7. Conclusions 

Gridded mean velocity and EKE fields (30 km × 30 km) in the deep 
subpolar North Atlantic are constructed with direct velocity observa
tions by 122 acoustically-tracked RAFOS floats, which drifted at pres
sure levels of 1800–2800 dbar from June 2014 to January 2019. We 
show that the historical depiction of a strong and relatively continuous 
deep boundary current around the subpolar topographic rim is most 
representative in the western subpolar North Atlantic (around 
Greenland and in the Labrador Sea), and less so over the eastern flank of 
the Reykjanes Ridge, where mean speeds are about half as strong. A 
coherent boundary current is almost completely absent along the 
western flank of the Reykjanes Ridge, suggesting a discontinuity of the 
deep circulation around the ridge. Alternative pathways are discussed 
and quantified for the deep waters exiting the Iceland Basin, including 
westward and southward pathways through the Charlie-Gibbs Fracture 
Zone, and pathways via gaps in the Reykjanes Ridge. In addition to the 
large-scale circulation branches, smaller-scale eddies and recirculation 

Fig. 8. (a) Mid-depth EKE based on Argo floats (Fischer et al., 2018). (b) Deep EKE based on low-pass filtered (cutoff period: 11 day) RAFOS float trajectories.  
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branches are observed in the subpolar basin interior. 
The deep EKE distribution determined from the RAFOS floats 

generally resembles that at the sea surface based on drifters and at mid- 
depth based on Argo floats. For example, a local EKE maximum is 
observed in the central-northern Labrador Sea, where Irminger Rings are 
generated. Relatively high EKE is also present along the NAC zonal 
extension and its northward branch west of the Rockall Plateau, 
implying a deep-reaching influence of eddy activity associated with the 
NAC. However, the high surface EKE along the Irminger Current west of 
the Reykjanes Ridge is not obvious at depth, possibly suggesting upper 
ocean trapped eddy activity in this area. 

The most distinct and surprising feature of the deep EKE field is the 
elevated EKE band east of Greenland between the 2000 m and 3000 m 
isobaths. The band extends from southwest of Denmark Strait to the 
southern tip of Greenland and has EKE magnitude comparable to surface 
EKE. The elevated EKE has a number of possible attributions: the 
Denmark Strait Overflow Cyclones that are generated near the sill and 
propagate southwestwards along the boundary current, the variability 
of the wind-driven recirculation branch, and the topographic waves. 
These processes exhibit non-negligible barotropic components and are 
therefore able to introduce velocity anomalies throughout the water 
column. 

The constructed flow fields in this study provide an integrated 
depiction of the deep ocean circulation both qualitatively and quanti
tatively over a large extent of the subpolar North Atlantic. These cir
culation maps will shed light on the pathways, variability and 
connectivity of the deep waters across the subpolar basin, which are 
fundamental for understanding the transport and mixing of climate 
signals in the deep ocean. They also serve as a benchmark against which 
numerical simulations on the Atlantic circulation, such as the Atlantic 
Meridional Overturning Circulation, can be tested. 
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gov/phod/gdp/mean_velocity.php. Surface geostrophic velocity based 
on satellite altimetry is downloaded at https://cds.climate.copernicus. 
eu/cdsapp#!/dataset/satellite-sea-level-global?tab=overview. 
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