
1 Comparing paleo-oxygenation proxies (benthic foraminiferal surface porosity, I/Ca,

2 authigenic uranium) on modern sediments and the glacial Arabian Sea

3
4 Wanyi Lu1*, Yi Wang1, Delia W. Oppo1, Sune G. Nielsen1, Kassandra M. Costa1

5
6 1 Department of Geology and Geophysics, Woods Hole Oceanographic Institution, Woods Hole, MA,

7 USA

8
9

10 *Correspondence to W. Lu: wlu@whoi.edu

11

12 Abstract

13 Oceanic oxygen reconstructions of the last glacial period are needed to understand the

14 mechanisms of glacial deep ocean carbon storage and to validate climate model simulations.

15 However, existing bottom-water oxygen (BWO) reconstructions are ambiguous due to

16 limitations of each paleo-BWO proxy. Here we present data from three proxies for BWO:

17 benthic foraminiferal surface porosity, benthic foraminiferal iodine/calcium (I/Ca), and

18 authigenic uranium (aU), from globally distributed core-top samples, and we evaluate the

19 potential advantages and limitations of these BWO proxies on global and regional scales. All

20 three proxies are most sensitive to changes at relatively low BWO concentrations (< 50

21 µmol/kg). Benthic foraminiferal surface porosity shows a global correlation with BWO

22 between 0 and 100 µmol/kg and is predominantly controlled directly by BWO rather than other

23 potential functionalities of surface cores such as organic carbon uptake and respiratory CO2

24 release. Low benthic I/Ca can identify low BWO (< 50 µmol/kg), whereas higher benthic I/Ca

25 are not associated with specific BWO, possibly due to additional dependence of I/Ca on

26 temperature, salinity, carbonate ion concentration, or water mass mixing at higher BWO. The

27 relationship between aU and BWO is regionally dependent. In the Arabian Sea, variable aU
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28 enrichments occur only within the Oxygen Minimum Zone (OMZ), driven by high export

29 production and organic matter fluxes to the sediment. Finally, we combine foraminiferal

30 surface porosity, I/Ca and aU to generate the first quantitative glacial-Holocene BWO

31 reconstructions using a sediment core taken from within the modern Arabian Sea OMZ. All

32 three proxies consistently suggest BWO < 50 μmol/kg in the shallow Arabian Sea during the

33 last ~30 kyr, with relatively higher BWO during the glacial period than the Holocene. Our

34 study provides new insights on merits and limitations on these BWO proxies and confirms the

35 importance of multi-proxy reconstructions for more reliable paleo-BWO estimates.

36
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40

41 Key points

42 · Benthic foraminiferal surface porosity, I/Ca, and authigenic uranium are most sensitive

43 to low BWO concentrations.

44 · Multi-proxy reconstructions in the modern Arabian Sea OMZ show consistently BWO

45 < 50 µmol/kg during the last 30 kyr.

46 · Glacial BWO in the Arabian Sea OMZ may have been 10-15 µmol/kg higher than the

47 Holocene.

48

49 1. Introduction
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50 Dissolved oxygen in the oceans is a key parameter in the global carbon cycle with impacts

51 on ocean biogeochemistry and marine ecosystems. Reconstructions of bottom water oxygen

52 (BWO) concentrations for the last glacial period and deglaciation advance our understanding

53 how BWO responds to climate changes. With recent developments of semi-quantitative paleo-

54 BWO proxies, glacial BWO reconstructions have been used to: (1) quantify glacial ocean

55 carbon storage utilizing the Redfield ratios of respiratory CO2 and consumption of oxygen

56 (Hoogakker et al., 2015, 2018; Anderson et al., 2019); (2) compare with global climate model

57 output to understand the driving mechanisms of glacial oxygenation changes (Yamamoto et al.,

58 2019; Cliff et al., 2021; Kobayashi et al., 2021).

59 The glacial climate model predictions, however, show considerable mismatch with BWO

60 reconstructions in some regions (i.e., northern Indian Ocean and northern Pacific Ocean)

61 (Yamamoto et al., 2019; Cliff et al., 2021). This may be in part because estimates of BWO in

62 glacial oceans are uncertain due to biases and limitations in each paleo-BWO proxy. Table 1

63 summarizes five recently-developed semi-quantitative BWO proxies, which provide an

64 estimated oxygen concentration, in contrast to qualitative proxies (e.g., bulk sedimentary δ15N,

65 laminations, and redox-sensitive trace metals) (Jaccard and Galbraith, 2012; Moffit et al., 2015).

66 All the semi-quantitative proxies have been calibrated using recent or core-top samples, on

67 global or regional scales. These BWO proxies can be broadly divided into two groups: (1)

68 biological proxies: benthic foraminiferal surface porosity (i.e., surface area percentages

69 covered by pores) (Rathburn et al., 2018; Tetard et al., 2021a); benthic foraminiferal

70 distributions and morphologies (i.e., average size and roundness) (Erdem et al., 2020; Tetard

71 et al., 2021a, b), and (2) geochemical proxies: the carbon isotope gradient between epifaunal
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72 benthic foraminifera (living on top of sediments) Cibicidoides wuellerstorfi and deep infaunal

73 benthic foraminifera (living in the sediments) Globobulimina spp. (Δδ13C) (McCorkle and

74 Emerson, 1988; Hoogakker et al., 2015); preservation of C37 alkenone in the sediments

75 (Anderson et al., 2019); and benthic I/Ca (Glock et al., 2014; Lu et al., 2020b).

76 In this study we focus on three proxies – benthic foraminiferal surface porosity, benthic

77 foraminiferal I/Ca, and authigenic Uranium (aU) – on the same suite of globally distributed

78 core-top sediments and a 30-kyr down-core record from within the Arabian Sea Oxygen

79 Minimum Zone (OMZ). The OMZs in Arabian Sea contain one of the major water column

80 denitrification zones in the world ocean, where nitrate is being reduced and ultimately produces

81 N2 gas (Naqvi, 1987; Morrison et al., 1999). We first expand the global core-top calibration of

82 benthic surface porosity and I/Ca proxies (Rathburn et al., 2018; Lu et al., 2020b) to further

83 assess their relationships with BWO and discuss potential impacts of other non-oxygen factors.

84 We also present a regional calibration of the aU proxy in the Arabian Sea region to assess its

85 potential and limitations. We then evaluate consistency among glacial-Holocene BWO

86 reconstructions using each of these proxies, as well as the Δδ13C proxy, in a sediment core

87 taken from within the Arabian Sea OMZ.

88

89 1.1. Benthic foraminiferal surface porosity proxy

90 In low-oxygen environments, the surfaces of benthic foraminiferal tests show high porosity,

91 which was suggested to be a biotic response to facilitate gas exchange (Bernhard, 1986; Kaiho,

92 1994). While several previous studies have linked pore patterns with ambient bottom water

93 conditions (e.g., dissolved oxygen and nitrate concentrations) (Glock et al., 2011; Kuhnt et al.,
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94 2013, 2014), the species studied were generally limited to shallow to deep infaunal species

95 (e.g., Bolivina spissa, Bolivina pacifica, Fursenkoina Mexicana, Chilostomella oolina,

96 Globobulimina turgida), which are more likely to be influenced by pore-water conditions. A

97 methodology recently developed by Petersen et al. (2016) provides standardized procedures to

98 quantify pore patterns. Rathburn et al. (2018) presented the first global calibration of surface

99 porosity on live-collected epifaunal foraminifera (Cibicidoides spp. and Planulina sp.) and an

100 equation to quantify BWO. However, as gas exchange may be only one of the functions of

101 surface pores (Glock et al., 2012), it is uncertain whether and how other non-oxygen factors

102 may impact the benthic surface porosity. In Section 5.1, we utilize published Arabian Sea

103 seawater chemistry data from U.S. Joint Global Ocean Flux Study (JGOFS) to assess the

104 potential impact of two other important pore functions – taking up organic carbon as food

105 resources and releasing respiratory CO2 – on benthic surface porosity.

106

107 1.2. Benthic I/Ca proxy

108 The I/Ca proxy is derived from the redox-sensitive behaviors of iodine species in the

109 seawater. Two thermodynamically stable iodine species are the oxidized form iodate ([IO3
-])

110 and the reduced form iodide ([I-]) (Wong and Brewer, 1977). Two major factors are thought to

111 control the iodine species in seawater: 1) in situ redox processes: iodate reduction to iodide in

112 anoxic conditions and iodide re-oxidation to iodate in oxic waters (Rue et al., 1997); and 2)

113 regional water mass mixing: the diffusion/advection of water masses forming nearby with

114 variable iodate concentrations (Hardisty et al., 2021). Iodate, substituting for carbonate ion

115 (Podder et al., 2017; Feng and Redfern, 2018), is the only iodine species incorporated into the
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116 calcite structure (Lu et al., 2010), and thus lower foraminiferal I/Ca values generally indicate

117 lower seawater iodate concentrations. Broadly, low iodate concentrations are found

118 predominantly within lower oxygen water masses that reflect iodate reduction close to the

119 foraminiferal habitat (Lu et al., 2020a; Hardisty et al., 2021). However, the global relationship

120 between I/Ca on live-collected and core-top benthic foraminifera and BWO is not linear.

121 Instead, benthic I/Ca values below 3 µmol/mol generally are observed when BWO < 50

122 µmol/kg (Lu et al., 2020b). As benthic surface porosity measurements are non-destructive, I/Ca

123 can be measured on the same suite of specimens after benthic surface porosity measurements

124 are completed. Comparisons of benthic surface porosity and I/Ca in globally-distributed core-

125 tops and Southeast Atlantic down-core records suggest proxy consistency despite

126 fundamentally different mechanisms by which low BWO (< 100 µmol/kg) influences each

127 proxy (Lu et al., 2021). We extend this paired proxy approach to core-top and down-core

128 samples from the Arabian Sea to test proxy consistency in a different setting. In addition, in

129 Section 5.2, we also assess how non-oxygen factors (i.e., temperature, salinity, carbonate ion

130 concentrations) may affect I/Ca on global and regional scales.

131

132 1.3. Authigenic uranium (aU) proxy

133 The aU proxy has been used as a qualitative indicator for sedimentary oxygen conditions

134 (Bradtmiller et al., 2010; Jaccard et al., 2016; Jacobel et al., 2017, 2020; Costa et al., 2018). In

135 oxygenated seawater, U occurs as soluble U(VI); as pore-water oxygen becomes depleted,

136 soluble U(VI) reduces to insoluble U(IV) and precipitates as solid UO2 (Anderson, 1982;

137 Anderson et al., 1989; Morford and Emerson, 1999). The redox state of sedimentary aU is
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138 mainly controlled by two factors: (1) the oxygen concentrations of overlaying bottom waters,

139 and (2) the organic carbon flux to the sediments, which results in respiration and consumption

140 of oxygen in porewaters (Bradtmiller et al., 2010). However, sedimentary aU accumulation can

141 be impacted by post-depositional burndown and remobilization, i.e., it may be removed by

142 subsequent reoxygenation at the sampling site (Jacobel et al., 2017; Costa et al., 2018). In

143 Section 5.3, we evaluate the relationship of core-top aU data to BWO in the Arabian Sea region

144 to assess its utility as a semi-quantitative proxy.

145

146 1.4. Carbon isotope gradient (Δδ13C) proxy

147 The Δδ13C has been calibrated from 20 µmol/kg to as high as 235 µmol/kg, and is the only

148 quantitative BWO proxy that can reconstruct oxygen concentrations above 50 µmol/kg. The

149 proxy is based on the assumption that more organic carbon remineralization within surface

150 sediments releases isotopically lighter carbon into the pore-water and thus enhances the δ13C

151 gradient between bottom water (recorded by δ13CC.wuellerstorfi) and anoxic pore water (recorded

152 by δ13CGlobobulimina) (McCorkle and Emerson, 1988; Hoogakker et al., 2015, 2018). However,

153 the δ13C in the deep infaunal Globobulimina spp. may also be impacted by isotopically lighter

154 δ13C released from anaerobic processes (i.e., sulfate reduction and denitrification), which

155 would result in higher Δδ13C, and thus over-estimate BWO (Jacobel et al., 2020). To evaluate

156 this hypothesis, we compare a glacial-Holocene Δδ13C-based BWO reconstruction from

157 Arabian Sea OMZ to the BWO reconstructed from the three other proxies at the same site.

158

159 2. Samples and Methods
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160 2.1. Samples

161 A total of 70 core-top samples and 24 down-core samples were used in this study

162 (Supplementary tables). All sediment samples were taken from Woods Hole Oceanographic

163 Institution (WHOI) Seafloor Samples Repository. For the core-top calibrations, samples were

164 taken from the top 5 cm of most cores. Cores TN041-8PG and 8JPC (17°48.76’N, 57°30.34’E,

165 water depth 761 m) are from the center of modern Arabian Sea OMZ. Core 8PG was sampled

166 every 16 cm from top to bottom (a total of 224 cm, extending to ~ 15.6 kyr BP). We extended

167 the record of 8PG to ~30 kyr BP using 8JPC, which was also sampled at 16 cm intervals. All

168 samples were freeze-dried and then aliquoted for bulk sediment geochemistry analyses. The

169 rest of sediments were wet-sieved to > 63 µm fraction with de-ionized water, and oven-dried

170 at 45°C. Planktic foraminifera Globigerinoides ruber were picked from 250-355 µm fraction,

171 and benthic foraminifera Cibicidoides spp., Planulina sp., and Globobulimina affinis were

172 picked from the > 212 µm fraction. Note that in some samples Cibicidoides spp. and Planulina

173 sp. were not found or not available in sufficient numbers for isotope or I/Ca analyses. Most of

174 our core-top samples are from four regions: Eastern Equatorial Pacific (EEP, n = 10), Arabian

175 Sea (n = 28), Little Bahamas Bank (LBB, n =14), and Demerara Rise (DR, n = 11), as outlined

176 in dashed boxes in Fig. 1.

177

178 2.2. Age constraints and stable isotopes

179 All core-top samples have near-modern or late Holocene ages, based on published ages

180 from nearby cores or online cruise reports (Supplementary Table). No identification of living

181 vs. dead benthic foraminifera specimens was made in the core-top samples. Ages of TN041-
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182 8PG/8JPC were first estimated using the δ18O stratigraphy of G. ruber, then 7 samples were

183 selected for radiocarbon dating. Each radiocarbon date represents an average of 300 – 350

184 individuals of G. ruber, picked from the > 250 or > 335 μm size fractions. All accelerator mass

185 spectrometry (AMS) 14C dates were acquired at the National Ocean Sciences Accelerator Mass

186 Spectrometry facility at WHOI. Planktic 14C dates were calibrated against Marine20 using

187 Calib8.20 (Stuiver et al., 2022) using an Arabian Sea regional marine radiocarbon reservoir age

188 correction ΔR = 93 and uncertainty of 61 (Heaton et al., 2020) (Table 2). The age model was

189 then constructed using the BACON v2.3.91 package in R (Blaauw and Christen, 2011) (Fig.

190 S1).

191 Carbon and oxygen isotopic analyses were made using a Finnigan MAT253 mass

192 spectrometer at WHOI with a long-term laboratory precision (1σ) of the NBS-19 carbonate

193 standard of ± 0.07 ‰ for δ18O and ± 0.02 ‰ for δ13C (Umling et al., 2019). The isotopes on

194 Cibicidoides spp. were performed after benthic surface porosity analyses were completed. Each

195 isotope analysis used 4 – 5 specimens of G. ruber, 2 specimens of Cibicidoides spp., and 2

196 specimens of G. affinis.

197

198 2.3. Foraminiferal surface porosity

199 We measured the surface porosity of benthic foraminifera following Petersen et al. (2016).

200 We focused on Cibicidoides spp. and Planulina sp. because they are thought to be epifaunal or

201 shallow infaunal species, thus more likely to record bottom water or shallow pore-water

202 conditions (Rathburn et al., 2018), while deep infaunal species are likely to record more

203 reducing pore-water conditions. Additionally, Cibicidoides spp. and Planulina sp. are widely
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204 distributed and found alive in a wide range of BWO between ~2 and ~277 µmol/L, therefore

205 can be broadly applied in paleoceanographic records (Rathburn et al., 2018). Around 1-8

206 specimens of each benthic species were analyzed, for a total of 137 individuals in 33 core-top

207 samples, 73 individuals in 15 down-core samples in TN041-8PG, and 32 individuals in 6 down-

208 core samples in TN041-8JPC. Photos were taken using a Scanning Electron Microscope (SEM)

209 (Hitachi model TM3000) at WHOI. The dorsal side of each specimen (side that is exposed to

210 bottom water) was imaged. ImageJ, a semi-automatic image-processing software (available at

211 https://imagej.nih.gov/ij/), was then used to calculate the surface porosity, based on a grayscale

212 threshold applied to a specific frame. Because the last chamber is often broken or absent,

213 porosity was calculated for the penultimate chamber of all specimens, which represents the

214 same ontogenetic stage. The frame was placed in an area representative of the whole chamber,

215 usually the inner, flat portion of the chamber, to avoid including distorted pores. Frames were

216 manually positioned using a macro developed by Petersen et al. (2016), which allowed us to

217 place a frame of the same size on all SEM images. Selected representative SEM photos of

218 benthic foraminifera of Cibicidoides spp. and Planulina sp. are shown in Fig. S2.

219 Three different frame sizes were first tested to choose the best frame representing the

220 porosity of the chambers. They were tested initially on four randomly chosen foraminiferal

221 specimens (two small foraminifera (300-350 µm in diameter) and two large foraminifera

222 (1000-1200 µm in diameter)), then applied to the rest of the samples. A non-parametric analysis

223 (Kolmogorov-Smirnov) following the method of Petersen et al. (2016), was carried out on the

224 porosity data of three different frames to test the distribution of the data, helping to determine

225 which frame would be the most suitable for the species used. Subsequently, the same fixed
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226 frame size was applied to all photos analyzed. The porosity was reported as the average of 1-8

227 specimens per sample. The standard deviations (1σ) of porosity are usually higher in samples

228 with high porosity (i.e., 3 – 16%) than those with low porosity (i.e., 0 – 4%).

229

230 2.4.Foraminiferal I/Ca

231 After the porosity and isotope measurements were completed, I/Ca analyses were

232 performed on 4-16 remaining specimens, following Lu et al. (2020b). The foraminiferal

233 cleaning method was modified from the Mg/Ca protocol (Barker et al., 2003). The samples

234 were gently crushed using cleaned glass slides to open all chambers. Samples were then cleaned

235 by ultrasonication in de-ionized water to remove clays, a 10 – 20 min boiling-water bath in

236 NaOH-buffered 1% H2O2 solution to remove organic matter, and three additional rinses with

237 de-ionized water. A reductive cleaning step was not applied because Mn oxides contain

238 negligible amount of iodine (Zhou et al., 2014). The cleaned samples were dissolved in 3%

239 HNO3, then diluted to solutions containing ~50 ppm Ca, 5 ppb internal standards (Sc, In, Cs),

240 0.5% tetramethylammonium hydroxide (to stabilize iodine), and 0.5% HNO3 (to avoid

241 clogging the nebulizer). The measurements were performed immediately on a Thermo

242 Scientific iCAP Qc ICP-MS at WHOI. Calibration standards were freshly made for each batch

243 of samples. Consistency was monitored through repeated analyses of the reference coral

244 standard JCp-1 between every 3 unknown samples. The I/Ca value of JCp-1 for all batches

245 measured at WHOI is 4.20 ± 0.30 µmol/mol (1σ, n = 72), consistent with 4.27 ± 0.06 µmol/mol

246 (1σ, n = 8) reported in Lu et al. (2010) and suggesting an external reproducibility of ~7% (1σ).

247 Replicates of selected samples yielded a reproducibility ranging from ±0.1 µmol/mol (1σ) to
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248 ±1.34 µmol/mol (1σ) for I/Ca.

249

250 2.5. Bulk sediment trace elements

251 For bulk trace element analyses, ~10 mg of bulk freeze-dried samples was digested using

252 a mixture of nitric acid (HNO3, 1 mL), hydrofluoric acid (HF, 1 mL), and hydrochloric acid

253 (HCl, 0.1 mL) at 135 °C. Aqua regia was then used to break down fluorides formed during the

254 HF digestion. The dried sample was redissolved in 2% HNO3 and diluted prior to analyses on

255 the Thermo iCAP Q ICP-MS at WHOI. Two standard calibration curves were run at the

256 beginning and the end of the analyses, including rock (BHVO-2 [basalt] and AGV-2 [andesite],

257 United States Geological Survey) and the high-purity ICP-MS standards. Indium was used as

258 an internal standard to monitor the instrument drift. MESS-3 (continental margin sediments)

259 from the National Research Council of Canada was used as the standard reference material to

260 monitor accuracy, which yielded an external recovery of 96-113% for all certified trace

261 elements. Relative standard deviation (RSD) for the five measurements of each sample was

262 <10%.

263 The sedimentary U concentrations can be influenced by several processes, including but

264 not limited to redox, lithogenic input, and hydrothermal activities. No active hydrothermal

265 vents are found or known to exist close to the Arabian Sea transect (Beaulieu et al., 2013;

266 German and Seyfried, 2013). Thus, a hydrothermal metal component in the Arabian Sea

267 transect is unlikely.

268 The lithogenic U was calculated using a detrital 238U/232Th activity ratio of 0.7 in Arabian

269 Sea, a basin-average value as recommended by Henderson and Anderson (2003) and
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270 commonly used in the studied regions (Costa et al., 2020). As shown in Section 5.3, apatite

271 may have contributed to a significant amount of U in bulk sediments, thus we corrected apatite-

272 bound U. Because apatite fraction in solid P phases was ~80% in Arabian Sea based on

273 sequential chemical extraction results (Schenau et al., 2000; 2005), we first calculated P content

274 from apatite:

275 Apatite-bound-P = apatite fraction in solid P phases * total P (wt.%) (1)

276 Next, we converted the P content to grams of apatite, using 18.25 wt.% P content of apatite:

277 Mapatite = Apatite-bound-P / 18.25 (wt.%) (2)

278 Next, we converted the grams of apatite to apatite-bound U, using an estimated U in apatite of

279 75 ppm (average U concentrations in Pliocene-Holocene phosphorites) (Baturin and Kochenov,

280 2001).

281 Apatite-bound-U (ppm) = Mapatite * U-in-apatite (ppm) (3)

282 Lastly aU was calculated by total U subtracting lithogenic U and apatite-bound U.

283 aU (ppm) = Utotal – Th * (U/Th)detrital –Apatite-bound-U (4)

284

285 2.6.Total organic carbon (TOC)

286 For total organic carbon (TOC) in the bulk sediments, 2–10 mg freeze-dried samples were

287 weighed into pre-cleaned silver boats and acidified using 2N HCl. Acidified samples were then

288 dried and analyzed on a Carlo Erba Elemental Analyzer 1108 in the Organic Mass Spectrum

289 Facility at WHOI. USGS-40 (L-glutamic acid, C = 40.8 wt. %) and glycine (C = 32.0 wt. %)

290 were used as standards. All measurements were conducted in triplicate.

291 We used dissolved TOC concentrations in seawater (TOCSW, which includes both
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292 particulate and dissolved organic matter), reported from six Arabian Sea Joint Global Ocean

293 Flux Study (JGOFS) cruises archived in the US-JGOFS database

294 (http://usjgofs.whoi.edu/datasys/mrg/mrgdir.html). Details on analyzing TOCSW were reported

295 in Hansell and Peltzer (1998). We extracted the TOCSW data from the nearest cruise station to

296 our Arabian Sea core tops (Supplementary Table).

297

298 2.7. Hydrographic data

299 The oxygen data were extracted from the nearest site in the JGOFS database (Arabian Sea

300 transect) or World Ocean Atlas (WOA) 2018 (Garcia et al., 2019). Temperature and salinity for

301 core-top sites were obtained from JGOFS database (Arabian Sea transect), cruise report (DR

302 transect), or from Rosenthal et al. (2006) (LBB transect), or the nearest site in WOA2018.

303 Dissolved inorganic carbon (DIC), total alkalinity, and anthropogenic CO2 were obtained from

304 the sites closest to the core sites using the GLODAP dataset (version 1.1) (Key et al., 2004).

305 The anthropogenic CO2 contribution was removed from DIC. We calculated preindustrial

306 [CO3
2-] for calcite using the CO2sys.xls program (Pelletier et al., 2005).

307

308 3. Results

309 3.1.Core-top foraminiferal surface porosity

310 Globally, high benthic surface porosity (> ~10%) is associated with low-BWO samples

311 (i.e., < ~50 µmol/kg), while low porosity or no pores are found on the foraminiferal surfaces

312 from high-BWO samples (50 – 300 µmol/kg) (Fig. 2), consistent with a previous study on live-

313 collected foraminifera (Rathburn et al., 2018). No systematic porosity differences are found
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314 among different Cibicidoides spp. from the same location.

315 In the depth profile of EEP, benthic surface porosity is the highest (33 – 35%) at OMZ

316 depths (~400 m), then decreases with increasing water depths, and reaches < 5% in higher

317 BWO at 1500-3000 m (Fig. 3). The porosity depth profile in the Arabian Sea is similar to the

318 EEP, with the highest value of ~36% at OMZ depths of ~600 m, decreasing with increasing

319 water depths, reaching low values (0 – 5%) at ~2000 m, and remaining consistently low below

320 2000 m.

321 Globally, higher porosity is generally associated with higher TOC in sediments (R2 = 0.71,

322 p < 0.01, Fig. 4A). However, this correlation may be spurious because TOCsed is negatively

323 correlated with BWO (R2 = 0.61, p < 0.01, Fig. 4B). In the Arabian Sea, benthic surface

324 porosity does not exhibit a strong correlation with TOCSW (R2 = 0.21, p = 0.04) (Fig. 4C).

325 Benthic surface porosity shows a general inverse relationship with TCO2SW (R2 = 0.57, p <

326 0.01, Fig. 4D), which may be due to the correlation between TCO2SW and BWO when BWO

327 is low (< 100 µmol/kg) (R2 = 0.93, p < 0.01, Fig. 4E).

328

329 3.2.Core-top benthic I/Ca

330 Globally, low benthic I/Ca values (0 – 3 µmol/mol) are only found in low-BWO waters (<

331 50 µmol/kg), while I/Ca values show large variations (3 – 22 µmol/mol) in high-BWO sites (>

332 50 µmol/kg) (Fig. 5A). Little or no relationship between I/Ca vs. temperature, salinity, and

333 [CO3
2-] is found in the global core-top dataset. Benthic I/Ca and BWO are not linearly

334 correlated in the transects from any of the four investigated regions (Fig. S3). Note that

335 although the error bars are sometimes higher at low I/Ca ranges (i.e., 8-18%), the overall range
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336 of I/Ca variations is much larger than the error bars (Fig. 5).

337 The I/Ca values from waters spanning a small BWO range are compared with non-oxygen

338 parameters (Fig. 5B). In the LBB transect, where BWO ranges between 150 and 200 µmol/kg,

339 I/Ca has an inverse relationship with bottom water temperature, salinity, and [CO3
2-]. In the

340 EEP transect, where BWO ranges between 0 and 50 µmol/kg, I/Ca does not appear to correlate

341 with temperature, salinity, or [CO3
2-], although the sample size of the dataset is small (n = 5).

342 In the depth profiles of EEP and Arabian Sea, I/Ca is < 3 µmol/mol in the OMZ depths (~200

343 m to 600 m in EEP and ~200 to 800 m in Arabian Sea), and becomes variable, ranging between

344 4 and 12 µmol/mol with increasing water depth (Fig. 6).

345

346 3.3.Core-top aU

347 In the Arabian Sea, the total U concentrations spread a wide range, from 0.7 ppm to 63.4

348 ppm (Supplementary table). Two multicores (TOM47-1-MC26D and MC26F) show

349 remarkably high U concentrations (34.2 and 63.4 ppm, respectively) and also high P contents

350 (4.4 and 10.8 wt.%, respectively). The cross-plot suggests that Utotal/Thtotal is highly correlated

351 with Ptotal/Altotal (R2 = 0.97) (Fig. 7A). As will be discussed below in Section 5.3, apatite may

352 have contributed a large amount of U to the OMZ sediments in Arabian Sea, thus the correction

353 of apatite-bound U was applied to calculate the actual aU that is potentially related to BWO.

354 After correcting the apatite-bound U, elevated aU (> 3 ppm) is found in waters with oxygen <

355 10 µmol/kg, while relatively lower aU is found in better-oxygenated samples (Fig. 8). A

356 statistical method called “receiver operating characteristic” (Zou et al., 2007) was applied to

357 determine the aU threshold for BWO < 30 µmol/kg in Arabian Sea. The statistical results show
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358 that to best classify the presence/absence of low-BWO (< 30 µmol/kg), the optimal aU

359 threshold should be ~3, with true-positive rate (i.e., the proportion of low-BWO correctly

360 identified as low-BWO) of 100% and low false-positive rate (i.e., the proportion of high-BWO

361 incorrectly identified as low-BWO) of 0%. We note that this aU threshold value is only for

362 Arabian Sea and does not apply to other regional or global scales.

363

364 3.4.Multi-proxy records from core TN041-8PG/8JPC

365 Benthic surface porosity in Cibicidoides spp.and Planulina sp. is consistently high (20 –

366 40%) throughout the 30-kyr-long record (Fig. S4). Benthic surface porosity was relatively

367 lower (~20 %) in the glacial period between 30 and 18 ka, increased during the deglaciation

368 between 18 and 12 ka, and remained 30 – 40 % during the Holocene. The I/Ca values are

369 relatively constant throughout the record, ranging between 2 and 2.5 µmol/mol (Fig. 9).

370 Because Utotal/Thtotal is also highly correlated with Ptotal/Altotal (R2 = 0.83) in down-core samples

371 (Fig. 7B), we also corrected for the apatite-bound U. The aU concentrations are > 3 ppm

372 throughout the record (Fig. 9). Relatively higher (6 – 11 ppm) aU is found between 31 and 27

373 ka, decreasing to 3 – 6 ppm between 27 and 11 ka, increasing to 12 ppm during early Holocene,

374 and then finally decreasing to 6 ppm during late Holocene. The aU flux estimates show similar

375 high background values and temporal trends as aU concentrations (Fig. S5).

376 The δ13C values of Cibicidoides spp. are ~0.5 ‰ in the glacial period. They are highly

377 variable during the deglaciation, and exhibit a slight increase from 0.23‰ in early Holocene to

378 0.41‰ in late Holocene (Fig. S4). The δ13C in G. affinis remains around -0.8‰ throughout the

379 glaciation and deglaciation and increases to -0.2‰ at ~3.4 ka. The∆δ13C values scatter between
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380 0.6 and 1.4 ‰ throughout the record, except one sample having a low value (0.4‰) at 6.6 ka

381 (Fig. 9).

382

383 4. Discussion

384 The new globally distributed core-top benthic foraminiferal surface porosity and I/Ca data

385 reported in this study are consistent with previous studies (Glock et al., 2014; Rathburn et al.,

386 2018; Lu et al., 2020b), with most high porosity and low I/Ca found in the low-oxygen waters

387 (< 50 µmol/kg) in the EEP and Arabian Sea. A strong relationship between aU and BWO is

388 apparent in the Arabian Sea. Our results suggest that each proxy has both potential and

389 limitations.

390

391 4.1. Controls on benthic foraminiferal surface porosity

392 Surface pores on foraminiferal tests are thought to be used for both gas exchange and for

393 taking up organic carbon as food resources (Glock et al., 2012). The surface porosity in live-

394 collected benthic foraminifera (living attached on hard surfaces such as rocks and manually

395 removed on the ship, or stained with Rose Bengal with conservative assessments) is correlated

396 with TOC content in the sediments due to the anti-correlation between TOCsed and BWO

397 (Rathburn et al., 2018). These correlations are also observed in our core-top dataset (Fig. 4A-

398 B). The TOC content in sediments is influenced not only by BWO, but also by export

399 productivity, organic carbon respiration, dilution, and preservation in the sediments (Canfield,

400 1994; Tyson, 2001; Schoepfer et al., 2015). In the Arabian Sea, TOCsed exhibits a different

401 depth profile from TOCSW (Fig. 3B), suggesting that factors other than export production affect
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402 the concentrations of TOCsed.

403 The TOCSW is a more direct indicator of food availability in the water column. The

404 correlation between TOCSW and benthic surface porosity in the Arabian Sea transect is weak

405 (R2 = 0.21, Fig. 4C), suggesting that dissolved organic carbon availability in the seawater does

406 not significantly impact the benthic surface porosity.

407 While gas exchange is thought to be an important function of surface pores, pores may

408 also be used to release respiratory CO2 (Glock et al., 2012). However, there is a general inverse

409 relationship between TCO2SW and benthic surface porosity (Fig. 4D), opposite to what is

410 expected if higher porosity is linked to more CO2 released to the seawater. Instead, the inverse

411 relationship between TCO2SW and porosity may be a byproduct of correlation between

412 TCO2SW and BWO when BWO < 100 µmol/kg (Fig. 4E) as higher CO2 in the seawater linked

413 to more oxic respiration.

414 In summary, benthic surface porosity does not seem to have direct connections with

415 organic carbon availability or TCO2 concentrations in the seawater, and thus BWO variability

416 is likely the predominant control on benthic surface porosity. The relationships between benthic

417 surface porosity and BWO when BWO < 100 µmol/kg can be updated as follows (Fig. 2):

418

419 Global: ln(porosity) = 4.16±0.25 – 0.04±0.004*BWO (R2 = 0.67, p < 0.01, n = 40)

420 Arabian Sea: ln(porosity) = 3.62±0.16 – 0.03±0.003*BWO (R2 = 0.89, p < 0.01, n = 11)

421

422 where the unit of porosity is in %. The uncertainties associated with reconstructing BWO from

423 the global core-top dataset are about ±10 µmol/kg at 20 µmol/kg (with average porosity S.D.
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424 of 8%) and increase to ±33 µmol/kg at 80 µmol/kg (with average porosity S.D. of 2%).

425

426 4.2. Controls on benthic I/Ca

427 In the global core-top dataset, the relationship between I/Ca and BWO appears to be more

428 robust than the relationship with other environmental variables (Fig. 5A). Benthic I/Ca does

429 not show linear or logarithmic relationships with BWO globally or in any of the four studied

430 regions (Fig. S3). The most robust feature in the global dataset is that low benthic I/Ca < 3

431 µmol/mol are exclusively found in low-BWO sites (< 50 µmol/kg). The low I/Ca values are

432 assumed to track low iodate concentrations in seawater (Lu et al., 2010), which could originate

433 from in situ iodate reduction in low-BWO waters and/or regional diffusion/convection of low

434 iodate seawater from nearby low-BWO water masses (Hardisty et al., 2021). Thus the low I/Ca

435 values could be used to indicate the presence of low-BWO < 50 µmol/kg waters from a small

436 spatial scale, consistent with previous work (Lu et al., 2020b).

437 To further consider non-BWO effects, we evaluate I/Ca data from regional samples within

438 a small BWO range (150 – 200 µmol/kg in the LBB transect; 0 – 50 µmol/kg in the EEP

439 transect). In the low-BWO EEP region, I/Ca does not show a significant relationship with

440 temperature, salinity, or [CO32-]. In the high-BWO LBB transect, inverse relationships are

441 found between I/Ca and temperature, salinity, and [CO32-] (Fig. 5B). An inverse relationship

442 between I/Ca and temperature has been previously reported in inorganic calcite synthesis

443 experiments in the laboratory (blue dash line shown in Fig. 5) (Zhou et al., 2014). The core-top

444 data appear to fall along the temperature-I/Ca laboratory curve at higher temperatures between

445 12 and 17oC, but they are above the curve at lower temperatures, between 5 and 12oC. The
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446 deviation becomes larger at lower temperatures. We speculate that biological factors may play

447 a larger role in controlling the iodine incorporation into foraminiferal test at lower temperatures,

448 e.g., perhaps iodate is preferentially incorporated into the foraminiferal shell at lower

449 temperatures. The I/Ca are also inversely related to salinity and [CO3
2-], which may be an

450 artifact of the positive relationship between temperature and salinity (R2 = 0.97) and [CO3
2-]

451 (R2 = 0.93) in the LBB region. Alternatively, higher I/Ca are associated with lower [CO3
2-],

452 suggesting that when ambient seawater has less [CO3
2-] availability, foraminifera may more

453 readily substitute [IO3
-] into the calcite structure thus resulting higher I/Ca.

454 Most low I/Ca < 3 µmol/mol are found in OMZ samples with BWO < ~10 µmol/kg in the

455 EEP and Arabian Sea (Fig. S3). Compiled seawater iodate data from nearby EEP stations off

456 Peru (Cutter et al., 2018) and Arabian Sea stations (Farrenkopf et al., 1997; Farrenkopf and

457 Luther, 2002) suggest that iodate reduction mainly (although not always) occurs in the depths

458 between ~50 and ~500 m in EEP (Fig. 6A) and between ~200 and ~800 m in Arabian Sea (Fig.

459 6B), coinciding with the depths of denitrification layer (oxygen < ~10 µmol/kg) (Naqvi, 1987;

460 Morrison et al., 1999). As water column denitrification preferentially removes 14N, leaving the

461 residual nitrate enriched in 15N, the denitrification layer is identified by elevated nitrite

462 concentrations and higher δ15N of nitrate (Cline and Kaplan, 1975; Brandes et al., 1998; Altabet

463 et al., 1999). The close link between iodate reduction and denitrification zones may be because

464 the same bacteria and enzymes responsible for denitrification are also capable of iodate

465 reduction (Tsunogai and Sase, 1969; Wong and Hung, 2001). Although iodate reduction may

466 be linked to denitrification, we note that the iodate reduction does not always occur in the

467 denitrification layer as observed in Arabian Sea, Eastern Tropical South Pacific (Fig. 6), and
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468 Eastern Tropical North Pacific OMZs (Moriyasu et al., 2020; Hardisty et al., 2021), due to

469 variable iodate reduction rates and influences of water mass mixing. Thus the presence of low

470 I/Ca < 3 µmol/mol could be a useful indicator for denitrification processes, however, high I/Ca >

471 3 µmol/mol does not necessarily suggest the absence of denitrification processes.

472 Outside the denitrification layer in EEP and Arabian Sea, iodate concentrations are

473 equivalent to global mean concentrations in oxic waters (Fig. 6), suggesting limited or no iodate

474 reduction in deeper waters (Farrenkopf et al., 1997; Farrenkopf and Luther, 2002; Cutter et al.,

475 2018). In Arabian Sea, foraminiferal I/Ca shows a wide range, between 4 and 11 µmol/mol, at

476 1000 - 1500 m, despite low BWO < 50 µmol/kg in these depths. We speculate that higher I/Ca

477 values reflect higher iodate concentrations in ambient seawater. Globally, iodate concentrations

478 in oxic seawater are mostly uniform (~500 nM) (Chance et al., 2014). While several stations in

479 the Arabian Sea have iodate concentrations consistent with global oxic seawater (e.g., TY92-

480 411, 481, 493 in Fig. 6B), some sites have total iodine concentrations > 500 nM (e.g., TN050-

481 S7 in Fig. 6B), possibly sourced from high iodine released from marginal sediments and

482 associated pore waters (Farrenkopf and Luther, 2002). Such spatial variability of seawater

483 iodate may explain higher I/Ca in some samples, thus limiting the usage of higher I/Ca > 3

484 µmol/mol to infer specific BWO values, although future work on parallel analyses on seawater

485 oxygen, iodine species, and I/Ca at the same location are required to confirm this hypothesis.

486

487 4.3. Controls on sedimentary U in Arabian Sea

488 In the Arabian Sea, remarkably high total U concentrations (maximum of 63.4 ppm) are

489 found in the OMZ sediments. Previously high U (> 10 ppm, maximum of 32 ppm) had been
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490 reported in surface sediments on the Oman Margin and coastal areas (Shankar et al., 1987;

491 Sirocko et al., 2000), where samples with U > 10 ppm in this study are also located (Fig. S6).

492 Note that not all samples located on the Oman Margin have high U > 10 ppm. The exceptionally

493 high U on the Oman Margin was interpreted to be caused by both anoxic conditions and the

494 presence of abundant fish remains (biogenic apatite), which generally contain high U

495 concentrations (Shankar et al., 1987). Indeed, abundant fish debris were found in the sediments

496 in Arabian Sea OMZ (Schenau et al., 2000). High P contents (up to 2 wt.%) were reported in

497 the surface sediments from a site on Oman Margin (BC484, 19.5°N, 58.43°E, water depth 527

498 m), of which ~80% were consisted of authigenic carbonate fluoroapatite and biogenic apatite

499 (fish debris) based on sequential chemical extraction results (Schenau et al., 2000). The P

500 content is also high in our OMZ samples on Oman Margin with a maximum of 10.8 wt.% (red

501 and yellow symbols in Fig. 7A). Thus apatite was likely present in these samples and adding

502 U into the sediments independently of BWO.

503 We then correct the apatite-bound U to calculate the actual authigenic U that is potentially

504 related to BWO (see calculations in Section 3.5). Assuming an average of 75 ppm U in apatite

505 minerals (Baturin and Kochenov, 2010), the calculations suggest apatite could contribute 6 –

506 56% of total U in the sediments. As the equation (3) in Section 3.5 indicates, a large uncertainty

507 of the apatite correction method comes from U concentrations in apatite minerals, which shows

508 a large variation in natural samples. We subsequently perform a simple sensitivity test, using a

509 minimum of 3 ppm and a maximum of 120 ppm U derived from modern nonlithified phosphatic

510 concretions from the surficial sediment layers (Baturin and Kochenov, 2010). Results suggest

511 that using different U concentration in apatite minerals for correction would change the
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512 absolute values of aU, however, relatively higher aU are still exclusively found in OMZ depths

513 in the Arabian Sea (Fig. S7A-C). Another uncertainty of the apatite correction method comes

514 from the assumption that apatite fraction in solid P phases is ~80% in all samples (equation (1))

515 (Schenau et al., 2000). We additionally use an independent method to calculate apatite-bound

516 P by using total P subtracting detrital P (utilizing Al content and P/Al ratio from upper crust)

517 (Rudnick and Gao, 2003), organic-bound P (utilizing TOCsed and Redfield ratio of P:Corg)

518 (Anderson and Sarmiento, 1994), and Fe-bound P (utilizing 12% fraction found in deep

519 Arabian Sea sediments) (Schenau et al., 2000, 2005) in a subset of core-top samples (Fig. S7D).

520 The calculations suggest apatite contributes to 65±22 % of the total P, consistent with the

521 estimates from sequential chemical extraction results (Schenau et al., 2000). In four correction

522 methods, the aU threshold for low BWO < 30 µmol/kg are around 3 ppm. Because redox and

523 productivity processes are closely coupled in the Arabian Sea (Schenau et al. 2005; Altabet et

524 al., 2002), we conclude that high aU in Arabian Sea is primarily controlled by redox conditions

525 which are in turn driven by high export production.

526

527 4.4. Down-core comparison in Arabian Sea

528 We compare BWO reconstructions based on benthic surface porosity, I/Ca, aU, and ∆δ13C

529 at down-core TN041-8PG/8JPC from the modern Arabian Sea OMZ center (water depth 761

530 m) to evaluate proxy consistency during the last ~30 kyr (Fig. 9). The Arabian Sea core-top

531 porosity calibration equation (Section 5.1) was applied to calculate the BWO concentrations at

532 TN041-8PG/8JPC (note that using the global calibration equation produces similar calculated

533 BWO concentrations). When samples have only one specimen (open symbols), we assumed a
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534 standard error of ±8% for porosity measurement (average SD in all samples). The porosity-

535 based BWO estimates are ~20 µmol/kg in the glacial period, gradually decreasing to ~10

536 µmol/kg during deglaciation, and remaining <10 µmol/kg during the Holocene.

537 The I/Ca values are consistently < 3 µmol/mol, suggesting BWO < 50 µmol/kg (in a small

538 regional scale) throughout the last ~30 kyr, consistent with the porosity proxy. We caution that

539 the relatively constant I/Ca records cannot be interpreted to reflect stable oxygenation

540 conditions, because low I/Ca could track low iodate in the seawater, but it is not directly

541 correlated with in situ oxygen concentrations due to highly variable iodate reduction rates

542 (Moriyasu et al., 2020; Hardisty et al., 2021). In addition, the threshold behavior of the I/Ca

543 proxy may limit its ability to record subtle changes in low BWO conditions < 50 µmol/kg.

544 The down-core high background values of aU (> 3 ppm) fall into the low BWO ranges

545 (<30 µmol/kg) based on the Arabian Sea core-top calibration (Fig. 8). The relatively lower aU

546 during the glaciation and deglaciation compared to Holocene suggests generally higher BWO,

547 consistent with porosity-based BWO estimates.

548 Except for two samples at 6.6 and 3.4 ka, the down-core ∆δ13C-based BWO values using

549 calibration equation by Hoogakker et al. (2015) are consistently > 50 µmol/kg, much higher

550 than those suggested by benthic surface porosity, I/Ca, and aU proxies. The ∆δ13C are

551 determined by δ13C in both Cibicidoides spp. and G. affinis. On the one hand, the Cibicidoides

552 spp. used in this study is not C. wuellerstorfi (Fig. S2), thus its microhabitat could be epifaunal

553 to shallow infaunal. If the Cibicidoides spp. were indeed shallow infaunal, the δ13Ccibs could be

554 0.2 – 1 ‰ lower than the actual δ13CDIC in bottom waters (McCorkle et al., 1997; Fontanier et

555 al., 2006), and this δ13C offset may have been larger during the glacial period (Gottschalk et
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556 al., 2016). Thus, the actual glacial ∆δ13C between bottom-water and anoxic pore-water might

557 have been even larger than the ∆δ13C we measured, suggesting even higher glacial BWO, and

558 exacerbating the discrepancy with other proxy reconstructions.

559 On the other hand, it has been suggested that G. affinis can denitrify, i.e., it can respire with

560 both oxygen and nitrate (Piña-Ochoa et al., 2010; Jacobel et al., 2020). The δ13C in G. affinis

561 could thus be impacted by the lower δ13C released from both denitrification processes and the

562 upward diffusion of light carbon from sulfate reduction within the sediments, and such offsets

563 are likely larger in high productivity and low BWO sites (McCorkle and Emerson, 1988;

564 Jacobel et al., 2020). Previous studies on pore-water geochemistry in the cores within the

565 Arabian Sea OMZs have demonstrated that early diagenesis processes in top ~10 cm of

566 sediments involve Fe-(hydr)oxides reduction and sulfate reduction (Passier et al., 1997), both

567 of which could release low-δ13C carbon into the pore waters. Denitrification processes within

568 the Arabian Sea sediments were likely limited because most nitrate was used either in the water

569 column and/or at the top of sediments (van der Weijden et al., 1999). But the downward

570 diffusion of low-δ13C released from bottom water denitrification can contribute to lower δ13C

571 in pore waters. Thus the sediment diagenesis impact on δ13CG.affinis may explain the over-

572 estimation of ∆δ13C-based BWO at this Arabian Sea OMZ site.

573 Finally, we compare the multi-proxy record in this study with the bulk sedimentary δ15N

574 composite record from 5 cores located in Oman upwelling regions (Gaye et al., 2018) (Fig. 9).

575 In the Arabian Sea, lower glacial bulk sedimentary δ15N values were interpreted to indicate less

576 denitrification and a weaker or inactive glacial OMZ (Altabet et al., 2002; Gaye et al., 2018).

577 The lower glacial benthic surface porosity and lower glacial aU are consistent with lower δ15N
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578 values, thus providing new, compelling evidence of a weaker OMZ in the glacial Arabian Sea

579 compared to Holocene. In addition, since iodate reduction processes are closely coupled with

580 denitrification in the modern OMZs (Section 5.2), the occurrence of low glacial I/Ca values <

581 3 µmol/mol suggests that denitrification still occurred during the glacial period, though

582 possibly with lower rates. Finally, and perhaps most importantly, the benthic surface porosity

583 record provides the first quantitative estimate of glacial BWO in the Arabian Sea, ~10 to ~15

584 µmol/kg higher than the Holocene.

585

586 5. Conclusions

587 In this study we have evaluated three BWO proxies (benthic surface porosity, I/Ca, aU) in

588 core-top samples on global and regional scales and compared glacial-Holocene BWO

589 reconstructions using these proxies and ∆δ13C proxy in a sediment core from within Arabian

590 Sea OMZ. Four main findings are:

591 1) Globally, benthic surface porosity is primarily controlled by BWO when BWO < 100

592 µmol/kg. In the Arabian Sea, benthic surface porosity appears independent from

593 organic carbon availability and TCO2 concentrations in the water column.

594 2) Globally, the relationship between I/Ca and BWO is more robust than the relationship

595 with other environmental variables. In the high-BWO LBB region, where BWO is not

596 expected to control benthic I/Ca, benthic I/Ca appears negatively correlated with

597 temperature, salinity, and [CO3
2-]. In the low-BWO EEP region, I/Ca does not show

598 significant relationship with temperature, salinity, and [CO3
2-]. In both EEP and Arabian

599 Sea, low I/Ca < 3 µmol/mol appears to track iodate reduction occurring within the

600 denitrification layer; higher I/Ca > 3 µmol/mol may be related to spatial variability of
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601 seawater iodate thus limiting its direct link to specific BWO values.

602 3) In the Arabian Sea, some OMZ samples have exceptionally high total U concentrations

603 (> 10 ppm). High P content is also found in these samples, suggesting the presence of

604 apatite. The addition of U from apatite could increase the total U in sediments

605 independently of BWO. After correcting for apatite-bound U, high aU > 3 ppm are only

606 found in low BWO waters < 30 µmol/kg, which are ultimately driven by high export

607 production in Arabian Sea.

608 4) The inter-comparison of BWO reconstructions based on benthic surface porosity, I/Ca,

609 and aU in a 30-kyr core from the Arabian Sea OMZ reveals consistency, with all

610 reconstructions suggesting BWO < 50 µmol/kg throughout the record. The ∆δ13C proxy,

611 however, greatly over-estimates the BWO due to the potential impact of sediment

612 diagenesis on δ13CG.affinis. The benthic surface porosity records further suggest glacial

613 BWO may have been 10 - 15 µmol/kg higher in Arabian Sea OMZ than the Holocene.

614
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628 Table 1. Summary of (semi-)quantitative BWO proxies.
Proxy

Δδ13C

C37 alkenone

concentrations

Benthic I/Ca

Benthic surface

porosity

Benthic

assemblages or

Eubuliminella

tenuata

abundance

Required

materials

Cibicidoides

spp. (C.

wuellerstorfi

preferred) and

Globobulimina

spp.

Bulk sediments

Cibicidoides

spp. or

Planulina sp.

Cibicidoides

spp. or

Planulina sp.

Benthic

foraminifera or

Eubuliminella

tenuata

BWO

sensitivity

20 – 235

µmol/kg

< ~50

µmol/kg

< ~50

µmol/kg

< ~100

µmol/kg

< ~100

µmol/kg

Proxy uncertainties and limitations

Calibration uncertainty of ± 17

µmol/kg. Proxy reflects maximum

BWO estimates due to impact of

anaerobic processes in δ13CGlobobulimina

(Jacobel et al., 2020); Limited

appearance of Globobulimina spp. in

high productivity area (Jorissen et al.,

2007); over-estimates BWO in low-

BWO sites (this study).

Reflects maximum BWO estimates;

modern calibration only from Arabian

Sea; no straightforward relationship

between alkenone spatial abundance

and BWO on a global scale, potential

dominant impact from export

production (Raja and Rosell-Melé,

2021).

No linear correlation with BWO on

global or regional scale; not directly

correlated to in situ oxygen

concentrations; large uncertainties in

high BWO; impacted by temperature,

salinity, and/or carbonate ion

concentration in high BWO conditions

(this study).

Surface pores are generally only found

in samples from low-BWO waters; not

applicable in high-BWO conditions;

calibration uncertainty ~10 µmol/kg at

low BWO ranges (this study).

Calibration uncertainty of 10-20

µmol/kg at Peruvian margin (Erdem et

al., 2020) or ± 23-40% of the estimated

BWO value (Tetard et al., 2021a, b);

BWO estimates may be biased to lower

values or lead to negative values.

Original

references

McCorkle and

Emerson

(1988);

Hoogakker et

al., (2015,

2018)

Anderson et al.

(2019)

Glock et al.

(2014); Lu et

al. (2020b)

Rathburn et al.

(2018)

Erdem et al.

(2020); Tetard

et al. (2021a,

b), and

reference

therein
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630 Table 2. Radiocarbon dates in TN041-8PG/8JPC
14C ages Calibrated 2 sigma (BP

LabID Core Depth (cm) Material (BP yrs) Age error age (BP yrs) yrs)

OS-162258

OS-162259

OS-162260

OS-162397

OS-163475

OS-163476

OS-163477

631
632

TN041-8PG

TN041-8PG

TN041-8PG

TN041-8PG

TN041-8JPC

TN041-8JPC

TN041-8JPC

0.5         G. ruber          885              25

112.5       G. ruber        10350            35

128.5       G. ruber         11000            35

224.5       G. ruber        13650            75

16.5        G. ruber        15250            80

182.5 G. ruber 34600 880

278.5 G. ruber 43900 2700

250 52-442

11225       10997-11503

12208       11918-12476

15501      15176-15832

17534      17183-17886

38469      36433-40299

46053 41685-52199
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633 Figures

634

635
636

637 Fig. 1. Sampling locations. Four regional transects are marked with dashed boxes (LBB: Little
638 Bahama Bank; DR: Demerara Rise; EEP: Eastern Equatorial Pacific; and Arabian Sea). Location
639 of sediment cores TN041-8PG/8JPC is marked with a star. Sites are colored by modern BWO
640 based on WOA2018 (Garcia et al., 2019). Figure was generated using Ocean Data View
641 (https://odv.awi.de/) (Schlitzer, 2021).
642
643

644
645

646 Fig. 2. Benthic foraminiferal surface porosity vs. BWO in globally distributed (A) and Arabian
647 Sea (B) core-top samples. Filled symbols denote samples from this study, whereas open symbols
648 show live-collected samples from a previous study (Rathburn et al., 2018). No systematic offsets
649 were found between different species.
650
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651

652
653
654

655 Fig. 3. Depth profiles of BWO, benthic surface porosity, TOCsed from EEP (A) and Arabian Sea
656 (B). The BWO, seawater TOC, and TCO2 profiles in Arabian Sea are extracted from JGOFS
657 database (see Section 3.6 for details). Foraminiferal surface porosity shows an inverse profile to
658 BWO at both locations, with maximum values occurring in the shallowest subsurface samples
659 where BWO is lowest. The TOCsed, TOCSW, or TCO2SW do not show similar profiles with benthic
660 surface porosity.
661
662
663
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664

665
666 Fig. 4. Relationships between benthic surface porosity, TOCsed, BWO, TOCSW, and TCO2SW.
667 Benthic surface porosity is generally correlated with TOCsed due to a correlation between TOCsed

668 and BWO. No direct relationships are found between benthic surface porosity and seawater TOC
669 or TCO2 in Arabian Sea.
670
671
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672

673
674 Fig. 5. Cross-plots of benthic I/Ca and hydrographic parameters in the global dataset (A) and data
675 from regional transects (B) within a small BWO range (150-200 µmol/kg in the LBB transect; 0-
676 50 µmol/kg in the EEP transect). Filled symbols denote data from this study, open symbols denote
677 published data in both panels (Glock et al., 2014; Lu et al., 2020). The blue dashed line denotes
678 the temperature vs. I/Ca relationship when [IO3

-] concentration in solution is 500 nM (equivalent
679 to [IO3

-] concentrations in oxic seawaters), derived from inorganic calcite synthesis experiments
680 in the laboratory (Zhou et al., 2014). Note that the BWO axis is on a logarithmic scale. The global
681 relationship between I/Ca and BWO is more robust than the relationship with other hydrographic
682 variables. Temperature, salinity, [CO3

2-] appear to anti-correlate with I/Ca in high-BWO LBB
683 region, data from the low-BWO EEP region is not consistent with this relationship.
684
685
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686

687
688 Fig. 6. Depth profiles of oxygen, seawater nitrate (Cutter et al., 2018), δ15N range of seawater
689 nitrate (Brandes et al., 1998; Altabet et al., 1999), seawater iodate from nearby stations (Farrenkopf
690 et al., 1997; Farrenkopf and Luther, 2002; Cutter et al., 2018), and benthic I/Ca in EEP (A) and
691 Arabian Sea (B). The yellow shading denotes typical iodate concentrations in global oxic waters
692 (Chance et al., 2014). For stations TY92-411 and TY92-493, the iodate concentrations were
693 calculated from the difference between observed total iodine and iodide; for stations TY92-481
694 and TN045-S7, the total iodine concentrations were not measured, and we assumed that the
695 maximum concentration of iodide in the water column equals the total iodine and it remains
696 constant throughout the water column, based on observations in northern stations of TN045 cruises
697 (Farrenkopf and Luther, 2002). The grey shading denotes the denitrification layer with oxygen <
698 10 µmol/kg. Low I/Ca < 3 µmol/mol appears to track iodate reduction within the denitrification
699 layer in both EEP and Arabian Sea. Note that iodate reduction does not always occur in the
700 denitrification layer.
701
702
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703
704
705 Fig. 7. Cross-plot of Utotal/Thtotal vs. Ptotal/Altotal in the Arabian Sea core-top samples (A) and down-
706 core record (B). Symbols are color coded to highlight OMZ samples in core-top dataset (red and
707 yellow in A) and glacial samples in the down-core record (blue in B). Two core-top sites MC26D
708 and MC26F (see their locations in Fig. S6) show remarkably high U and P contents. The
709 correlations between P/Al and U/Th suggest a close relationship between sedimentary P and U
710 dynamics in Arabian Sea.
711
712

713
714
715 Fig. 8. aU vs. BWO in the Arabian Sea. The aU values were calculated after correcting for
716 lithogenic and apatite components. The OMZ samples in Arabian Sea are only associated with
717 high aU. Statistical results suggest that to identify BWO < 30 µmol/kg, the aU threshold is > 3
718 ppm for Arabian Sea.
719

36



720
721
722 Fig. 9. (A-D) Multi-proxy records of benthic surface porosity, I/Ca, aU, and ∆δ13C versus age for
723 the combined records from TN041-8PG/8JPC. Raw benthic surface porosity and δ13C data are
724 presented in Fig. S4. (E) The δ15N record represents the regional normalized average of five cores
725 in Oman Margin (Gaye et al. 2018). Large open symbols in the porosity panel denote only one
726 specimen was found in the sample. The benthic surface porosity, I/Ca and aU proxies consistently
727 suggest that BWO was persistently < 50 µmol/kg for the past 30 kyr, while the ∆δ13C proxy
728 overestimates the BWO. The porosity, aU, and δ15N proxies all suggest higher BWO in the glacial
729 than the Holocene.
730
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