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Abstract

The geometry and thermal structure of western Greenland ice sheet are known to have undergone
relatively substantial change over the Holocene. Evolution of the frozen and melted fractions of
the bed associated with the ice-sheet retreat over this time frame remains unclear. We address this
question using a thermo-mechanically coupled flowline model to simulate a 11 ka period of
ice-sheet retreat in west central Greenland. Results indicate an episode of ∼100 km of terminus
retreat corresponded to ∼16 km of upstream frozen/melted basal boundary migration. The
majority of migration of the frozen area is associated with the enhancement of the frictional
and strain heating fields, which are accentuated toward the retreating ice margin. The thermally
active bedrock layer acts as a heat sink, tending to slow contraction of frozen-bed conditions.
Since the bedrock heat flux in our region is relatively low compared to other regions of the ice
sheet, the frozen region is relatively greater and therefore more susceptible to marginward
changes in the frictional and strain heating fields. Migration of melted regions thus depends
on both geometric changes and the antecedent thermal state of the bedrock and ice, both of
which vary considerably around the ice sheet.

1. Introduction

As ice flows from the cold interior of the Greenland ice sheet (GrIS) to the margins, it
exchanges energy with surrounding ice and the underlying bedrock, and it undergoes heating
as it deforms and generates friction at the basal boundary. At the bed of the ice sheet, these
processes result in a thermal pattern where the central core of GrIS is mainly frozen, and
the outer flanks are at the pressure melting point (MacGregor and others, 2016). The onset
of continuously melted bed conditions along a flowline has been termed the frozen/melted
boundary (Brinkerhoff and others, 2011).

The frozen/melted boundary signifies the initiation of melting basal ice, and therefore a
transition point on the flowline to basal processes involving liquid water and decoupling of
the ice and bedrock. Melted bed conditions are necessary for recharge of groundwater systems
(e.g. Flowers, 2015) such that the areal distribution of melted ice-sheet bed governs regional
hydrologic processes in the terrestrial and marine areas adjacent to the ice sheet (DeFoor
and others, 2011). The production of basal meltwater plays a role in reducing basal traction
and enhancing the rates of basal sliding (Zwally and others, 2002; Parizek and Alley, 2004).
Whatever the mechanism, regions of the ice sheet with melted bed generally have higher vel-
ocities (MacGregor and others, 2016) and therefore greater advection of ice to the margins of
the ice sheet, where mass is lost via marine calving or melting in warmer temperatures.

Both climate and Greenland’s ice-sheet geometry have varied substantially since the Last
Glacial Maximum (Lecavalier and others, 2014). In the Kangerlussuaq sector, the GrIS was
advanced ∼100 km west of its current boundary, reflecting a colder historical climate
(Lecavalier and others, 2014; Briner and others, 2016; Young and others, 2020). While the
ice formed at the divide over the Holocene period has yet to flow across the profile from
divide-to-margin (Dahl-Jensen and others, 1998), the ice thickness and surface slope of the
ice sheet have changed commensurately with the 25% reduction in extent that has taken
place (Lecavalier and others, 2014). However, the contemporaneous evolution of the frozen
and melted fractions of the bed (i.e. migration of the frozen/melted boundary) remains
unclear.

Modeling is the most applicable tool for investigating the evolution of the basal thermal
state of western GrIS during Holocene retreat. At the short century timescale, modeling sug-
gests that partitioning between frozen/melted fractions of the bed is highly stable under climate
and geometric perturbations (Seroussi and others, 2013). However, models run over ice age
cycles, which necessarily employ simplified model physics and coarse resolution, suggest a
considerable change in the basal thermal state over this longer timescale (Huybrechts, 1996;
Marshall and Clark, 2002). The transient behavior of the bed temperature results from
complicated interaction of surface mass balance (which impacts the flow field) and historical
surface temperatures. Results are also highly sensitive to prescribed geothermal heat flux
(Greve and Hutter, 1995; Brinkerhoff and others, 2011).

Here we explore the migration of frozen/melted conditions in western GrIS over a 11 ka
period of Holocene ice-sheet retreat in western GrIS. Prior work has shown that simulations
of Holocene retreat across western GrIS are strongly influenced by model resolution in places
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with rougher and more complex bed topography (Cuzzone and
others, 2019). Because the outer flanks of western GrIS contain
numerous deep and steep-sided subglacial troughs, we focus our
investigation on a single flowline transect so that we can employ
high time/space resolution in our model. Our transient model
includes higher order stresses, a well-informed paleoclimate
(Buizert and others, 2018; Downs and others, 2020), thermally
active bedrock, and honors previously published records of ter-
minus retreat (Briner and others, 2016; Lesnek and others,
2020; Young and others, 2020). We track the constitutive compo-
nents of the basal heat budget during the transient simulation to
isolate the energy sources and sinks associated with the migration
of frozen/melted bed conditions. The aim of this profile-specific
study is to elucidate the changes in the thermal state of the bed
during an important period of ice-sheet retreat; changes with
implications for hydrologic and ice dynamics processes.

2. Methods

2.1. Study transect

We focus our work on an ice flowline located in the land termin-
ating portion of western GrIS (Fig. 1). This flowline allows us to
leverage important constraints on our simulations, including
reconstructions of past regional climate (Buizert and others,
2018; Downs and others, 2020), detailed basal topography
(Morlighem and others, 2017) and observational knowledge of
bedrock heat flux (Meierbachtol and others, 2015). The latter is
rare for Greenland, offered here by temperature measurements
in a bedrock borehole partly extending under the current ice mar-
gin (Claesson Liljedahl and others, 2016).

Detailed chronologies of Holocene ice margin retreat have
been established for this sector of the ice sheet based on glacial
geologic evidence with 10Be and 14C age dating (Briner and
others, 2016; Lesnek and others, 2020; Young and others,
2020). The ice margin retreated most rapidly during the first
half of the last 11 ka. Glacial geologic evidence suggests the ice
retreated an unknown distance beyond its modern extent, and
then readvanced (van Tatenhove and others, 1996). Models run
at the ice sheet and ice age scales suggest the retreat was many
tens of km beyond the current margin in this area of GrIS
(Simpson and others, 2009; Lecavalier and others, 2014).
Downs and others (2020) conducted a focused study of this sec-
tor, incorporating the glacial record and ice core climate data into
an inverse model to solve for climate forcing and ice margin
changes. This work shows the minimum ice terminus position
during the last 10 ka likely <∼9 km behind the modern position.

Other recent studies have shown similar results in western
Greenland (Cuzzone and others, 2019; Kajanto and others,
2020). However, the model inversion in Downs and others
(2020) is based on the most detailed measurements available for
this sector of GrIS, and there are no constraints on the terminus
position between ∼7 ka and present. As a result, it is unknown to
what extent the ice sheet may have retreated beyond its modern
position during this time period, and the predictions from the
inverse model are limited. Since our approach here is to closely
honor the climate and terminus records from Downs’ and others
(2020) study, this limitation is carried through into this work.

2.2. Ice sheet and bedrock model

We use a thermomechanically-coupled flowline model with a 2-D
incompressible Stokes’ ice flow solution. The surface of the flow-
line is dynamically updated according to a surface kinematic
boundary condition. Coupled solutions for ice flow, temperature
and ice surface elevation are performed using the finite element
software Elmer/Ice (Gagliardini and others, 2013). A list of phys-
ical parameters used in the model can be found in Table 1.

A flowline model allows for 1 km horizontal resolution over
the entire domain, with manageable computational costs. The
domain is split into two subdomains representing ice and ther-
mally active bedrock (Fig. 1). The thermally active bedrock
includes five static horizontal layers that extend from the ice-sheet
bed to 3 km below sea level. The depth of the bedrock domain was
chosen such that temperature changes at the surface are not felt at
the base of the bedrock at the timescale of the simulations. The ice
domain has ten dynamically rescaled horizontal layers between

Fig. 1. Ice sheet and bedrock model domains. Initial and

final ice-sheet geometries are shown in blue. Dashed

lines demarcate all mesh nodes, and solid vertical

lines indicate every tenth mesh node. Flowline location

in western Greenland is shown in the inset. The modern

surface elevation of this flowline is shown with a dashed

purple line.

Table 1. List of physical parameters used in the model

Description Symbol Value Units

Basal traction β
2 3.5 × 10−25 s−1 Pa−3

Precipitation parameter λp 7 × 10−2 m w.e. K−1 d−1

Density ice ρi 910 kg m−3

Heat capacity ice ci 146.3 + (7.253 × T ) J kg−1 K−1

Thermal conductivity ice ki 9.828exp ( − 5.7 × 10−3 × T ) W m−1 K−1

Density rock ρr 3300 kg m−3

Heat capacity rock cr 1000 J kg−1 K−1

Thermal conductivity

rock

kr 3.3 W m−1 K−1

Lapse rate α 5 K km−1

Depth of bedrock base – 3 km

Geothermal heat flux Qgeo 30 mW m−2

T refers to the temperature of the ice in Kelvin.
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the ice-sheet bed and surface. Simulations are run at 1-year time
steps for a duration of 11.4 ka.

2.2.1. Basal sliding
We adopt a standard viscous linear sliding law, commonly
employed in modeling studies (e.g. Seroussi and others, 2013;
Larour and others, 2014; Cuzzone and others, 2019) and used
for this flowline by Downs and others (2020):

In this relation, the basal shear stress τb is proportional to the
sliding speed ub via N, the effective pressure, and β2, a constant
basal traction parameter. The basal water pressure is

tb = b2Nub (1)

assumed to be a constant fraction of ice overburden pressure P0,
taken to be 85% of overburden based on observational constraints
of basal water pressure (Wright and others, 2016). Effective pres-
sure is then given by β

2 and was found by minimizing the misfit
between modeled and observed surface velocities (Downs and
others, 2020)

N = P0 − 0.85P0 (2)

of the present-day flowline data from Mouginot and others
(2017). As in Downs and others (2020) we assume the field is
unchanging in time along the transect; however, dynamics in
basal traction are included through the effective pressure, which
is linearly proportional to ice thickness.

2.2.2. Ice surface evolution
The change in the surface of the ice sheet follows

∂zs

∂t
+ ux

∂zs

∂x
− uz = as, (3)

where zs is the ice surface elevation, ux and uz are the horizontal
and vertical velocity at the surface of the ice sheet from the solu-
tion of Stokes’ equation, and as is the net accumulation/ablation at
the surface. A positive degree day model is used to determine as,
which is described in more detail in Section 2.2.5.

After solving Eqn (3) at each time step, the vertical coordinates
of the ice sheet are projected to the new ice-sheet surface.
However, we also include a thermally active bedrock layer in
our model domain (Section 2.2.4) and this mapping does not
occur in that layer. Consequently, a mask was applied to the ther-
mally active bedrock layer while projecting the vertical coordinate
of the ice in order to achieve model convergence in Elmer/Ice.
Isostatic adjustments to ice and bedrock elevations were not
included in this effort, but their effects on the retreat history in
this region on this timescale were not found to be significant in
Downs and others (2020).

2.2.3. Ice-sheet temperature
Ice-sheet temperatures are solved using the standard heat equa-
tion (Gagliardini and others, 2013). This accounts for both advec-
tion and conduction of energy within the ice sheet. Additional
heat sources from strain heating and frictional heating are also
present in the model. The bottom of the ice is thermally coupled
to the bedrock (see Section 2.2.4) and temperatures at the surface
of the ice sheet are described by

Tsurf (t) = Tm + DT(t)+ a (S(t)− Sm). (4)

Tm is the modern surface temperature along the flowline based on
a 30-year average of data from Box (2013). ΔT(t) is the local tem-
perature anomaly along the flowline as a function of time.

Temperature anomaly data are obtained from monthly climate
reconstructions from Buizert and others (2018), and a lapse
rate, α, of 5 K km−1 (Abe-Ouchi and others, 2007) is used. The
surface elevation at the current time step of the model is S(t),
and the modern surface elevation of the ice sheet is Sm.

2.2.4. Thermally active bedrock
We used high-resolution topography of the ice-sheet bed from
Morlighem and others (2017), and a bedrock layer that is 3000
m thick. Temperature evolution within the bedrock is described
using the conductive heat equation. The top of the bedrock is
thermally coupled to the base of the ice sheet, and the heat
flow in the bedrock at this interface is referred to here as the ‘bed-
rock heat flux’. A spatially and temporally constant ‘deep geother-
mal heat flux’ is prescribed at the bottom of the thermally active
bedrock layer. Observational constraints near the flowline ter-
minus show the bedrock heat flux to be ∼27 mW m−2

(Claesson Liljedahl and others, 2016), but bedrock heat flux
values are potentially higher in the ice-sheet interior
(Meierbachtol and others, 2015). These values represent paleocli-
matically uncorrected near surface values for the flowline, and the
true value for the deep geothermal heatflux is likely ∼10mW m−2

higher than these values.
We recognize that as the bedrock heat flux evolves with the ice

sheet, inconsistencies arise between the bedrock heat flux at
present-day produced by the model, and present-day measure-
ments in southwestern Greenland. Lacking a constrained record
of the long-term thermal evolution of the bedrock layer, starting
the simulation with an ice/bedrock interface similar to recent
observations was the favorable choice. Further, the common alter-
native approach of using data from maps (e.g. Shapiro and
Ritzwoller, 2004), which tend to overestimate deep geothermal
heat flux in this region (Rogozhina and others, 2012), and do
not necessarily represent the initial bedrock heat flux at the ice
interface, would lead to much larger inconsistencies between
the current and measured bedrock heat flux (see Section 4.1).
For these reasons, we choose to apply a deep geothermal flux
value of 30 mW m−2 in our simulations that more closely reflect
the average bedrock heat flux along the flowline, and provide a
lower bound on the deep geothermal heat flux in the region.

To address the uncertainty in the deep geothermal heat flux
and inform upscaling of our results to other regions of the ice
sheet, we performed an analysis of the sensitivity of the model
to different values of the deep geothermal heat flux.

2.2.5. Surface mass balance
Surface mass balance is calculated using a positive degree-day
model adapted from Downs and others (2020) and is based on
Jóhannesson and others (1995). The precipitation at a given
time, P(t), is found using

P(t) = Pm exp (lp(Tsurf (t)− Tm))+ DP(t), (5)

where Pm is the modern precipitation from a 30-year modern
average along the flowline (Box, 2013). A precipitation parameter,
λp, translates to a change in precipitation of 7% per degree
K. Tsurf(t) is the surface temperature at time t calculated using
Eqn (4), and ΔP(t) is a local, time-dependent precipitation
anomaly.

Precipitation and positive degree days for the positive degree
day model were calculated for each month of the year
(Jóhannesson and others, 1995). To account for melting corre-
sponding to positive degree days, ice-covered surfaces melt at a
rate of 8 mm w.e. K−1 day−1, and snowpack melts at a rate of
5 mm w.e. K−1 day−1. Snow in the model initially melts and
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then refreezes forming ice in the snowpack. Once the ice fraction
in the snowpack reaches 60%, all additional melt becomes runoff.

In order to produce a retreat that is consistent with the retreat
of the flowline, we used a ΔP(t) that was an adjusted version of
the precipitation anomaly for the northern flowline in Downs and
others (2020). An adjustment of ∼+0.1 m w.e. a−1 was added to
account for differences in the initialization procedure and slight
differences between the bed topography data used in this model
and in Downs and others (2020). The adjustment was found by
iteratively updating the reference precipitation anomaly if the
model started to diverge from the constraints on the terminus
position during the retreat. This adjustment allowed for a good
match of the retreat pattern and modern terminus position for
the flowline, with an observationally-constrained climate.

2.3. Initialization

The model was initialized in three steps in order to estimate Last
Glacial Maximum conditions. First, a steady-state simulation was
run beginning with a parabolic ice-sheet surface. This provided a
reasonable starting point for the interior temperature state and
aided convergence in subsequent transient runs. Second, a transi-
ent simulation was run using the steady-state model output as the
initial condition. The ΔP was held constant at 0.46 m w.e. a−1

and ΔT was fixed at the initial time step. This second initialization
step allowed for the ice-sheet surface to relax into a near
steady-state flow configuration with a terminus that matched
the observed constraints of terminus position at 11.4 ka BP
(Young and others, 2020). This relaxation eliminated all large
transient trends and was found to require 3000 years. Third, a sec-
ondary steady-state temperature simulation initialized with the
relaxed ice sheet was run. This adjusted the interior temperature
of the ice sheet to as close to steady state as possible.

2.4. Energy balance near frozen/melted boundary

To evaluate the influence of individual components of the energy
budget on migration of the frozen/melted boundary, we monitor
the heat fluxes due to various processes in and out of an arbitrary
but computationally convenient control volume of 1 m3 at two
observation points on the bed. One point is located at 178 km
from the ice divide, at a location that is overrun by migration
of the frozen/melted boundary (Fig. 2). Once the point warms
to the pressure melting point, our methodology described below
for partitioning the components of the energy budget no longer
apply. Thus, we evaluate a second point located 160 km from

the ice divide, 11 km closer to the divide than the final position
of the frozen/melted boundary. This point is not affected by the
discontinuity in the temperature field at the frozen/melted bound-
ary, but is near enough to the frozen/melted boundary that the
documented changes in the processes contributing to the basal
energy budget are relevant to the establishment of melted condi-
tions over the full simulation period.

We partition the energy budget into five sources and sinks:
vertical exchanges of energy from conduction within the ice, ver-
tical exchanges of energy from conduction within the bedrock,
strain heating, frictional heat produced at the bed and fluxes of
energy from the advection of ice along the bed.

Bedrock and ice energy conduction can be approximated using
Fourier’s law of thermal conduction,

qj = −kj
∂T

∂z
, (6)

where q is the heat flux, k is the thermal conductivity, and ∂T/∂z is
the vertical temperature gradient. The subscript j represents
values in either ice (i) or bedrock (r). At the bed, horizontal tem-
perature gradients are exceedingly small and do not contribute
significantly to the energy budget. For this reason, only the verti-
cal heat flux in the ice is computed.

Frictional heating and strain heating at the bed is output dir-
ectly by the Elmer/Ice model. Strain heating is output as a volume
source, and as such is integrated along the vertical axis for consist-
ency in units. Since the reference volume is small, the amount of
strain heating at the bed is also small compared to the frictional
heating at the bed.

The final flux of energy is from the advection of the ice. Since
ice cannot flow into the bed, vertical velocities near the bed are
exceedingly small, and thus vertical energy fluxes from advection
do not play a significant role in the energy balance. This leaves the
horizontal advection of energy at the bed, which can be found
using the observed temperature change. Because the time change
in temperature at the bed is output from the model, we can
approximate the total energy delivered to the reference volume
on the bed, Q, between time steps using

Q = ciriV (T(t + Dt)− T(t)), (7)

where c is the specific heat of the ice, V is the volume of the ref-
erence volume, ρ is the density of the ice, and (T(t + Δt)− T(t)) is
the difference in temperature between the model time step Δt. Q
can also be approximated by summing up the different energy

Fig. 2. Simulated temperature of ice and bedrock at the

end of the 11.4 ka transient run. Light blue lines show

intermediate ice surface profiles at 100-year intervals,

and dotted and dashed lines indicate the initial and

final position of the ice surface, respectively. The solid

red line represents the range of frozen/melted boundary

positions. The black arrows indicate the location of the

temperature observation points. The dotted red line

indicates the depth of the pressure melting point at

the end of the simulation.
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sources integrated over time and space. We assume that each of
the individual fluxes (n) is constant over a time step, which gives

Q =
∑n

(qj)nADt, (8)

where (qj)n is energy flux, and A is the area of the flux surface.
Since each (qj)n is accounted for except for the flux from horizon-
tal ice advection, we can equate Eqns (7) and (8) in order to quan-
tify this flux.

3. Results

3.1. Geometry and ice flow

Our transient simulation produced a terminus retreat pattern con-
sistent with Downs and others (2020) and also resulted in a good
match to the modern day flowline geometry with a terminus pos-
ition ∼300 km from the ice divide (Fig. S1). The majority of the
retreat along this flowline occurs between 11.4 and 8.2 ka BP.
Subsequently, the flowline experiences minor variation in ter-
minus position of <10 km (Fig. 3).

Ice thinning across the profile is most substantial during the ini-
tial phase of retreat, but thinning continues throughout the simula-
tion period. The region extending from the ice divide to the frozen/
melted boundary area thins by 600–700m (Fig. 2). As the ice mar-
gin initially retreats between 11.4 and 8.7 ka BP, the surface slope
increases across the profile. Consequently, the driving stress at our

178 km reference point increases by almost 15% during this time,
despite thinning ice (Fig. 4). With enhanced driving stress, ice
speed similarly increases, but not in a simple 1:1 fashion. The driv-
ing stress peaks at ∼8.7 ka BP, whereas the speed peaks ∼1200 years
later. Peak speeds are ∼50% greater than the initial values.

A detailed analysis of the sensitivity of our model to bed
roughness showed that our results are highly altered if the bed
is flat, but are rather insensitive to varying levels of bed undula-
tions given consistent flowline scale topography (Figs S2 and
S3). Thus, any potential errors in the Morlighem and others
(2017) representation of the bed topography do not appear
important to our results.

3.2. Thermally active bedrock

The bedrock layer beneath the ice sheet is potentially a large sink
for energy, with subfreezing temperatures penetrating up to 2 km
into the bedrock (Fig. 2). The impact of bedrock is demonstrated
by a comparison between model runs performed with and with-
out thermally active bedrock. At the end of the simulation period,
ice in the model domain had warmed in both runs, but the ice
between the divide and the frozen/melted boundary is 1–2 K
colder when thermally active bedrock is present (Fig. 5a).
However, within several tens of km of the divide where near-
vertical ice flow brings cold to the bed, the increased flow speed
advected more cold to the bed between about 9.4 and 3.4 ka BP
(Fig. 6) resulting in temporary cooling in both runs. In this

Fig. 3. Location of the terminus and frozen/melted

boundary over the course of the simulation, plotted

on the same timescale to highlight the correlation

between terminus and frozen/melted boundary move-

ment. Note that the terminus position scale (right

y-axis) varies ∼10 times more than the frozen/melted

boundary position (left y-axis).

Fig. 4. Evolution of the driving stress and ice speed at

the 178 km point. Note that initial increases in driving

stress are necessarily the result of steepening surface

slopes, since the ice thickness is decreasing throughout

the simulation.
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case, the thermally active bedrock acted as a sink for the added
cold content (or a heat source), which caused the ice to be
0.3 K warmer than model runs without a thermally active bedrock
layer. Thus, the dampening effect of the thermally active bedrock
significantly reduces the magnitude of basal temperature change
in our model irrespective of sign, and is therefore an essential
aspect of the transient behavior of the basal thermal state.

3.3. Temperature evolution

The bed within ∼100 km of the divide cools slightly or has little
change in temperature between 11.4 and 6.4 ka BP, and then

warms continuously from 6.4 ka BP until present (Fig. 6). Ice
temperature evolution in this region reflects changes in the ice
flow field and the increasing temperature of the ice surface as cli-
mate warms and surface elevation drops. The bed in this
region experienced a net temperature increase over the 11 ka of
1–1.5 K. Further from the divide, the remaining frozen bed
warms over the entire simulation, with most of the warming
between 11.4 and 8.4 ka BP. The net temperature increase of
the bed in this region is 1.5–3 K.

The frozen/melted boundary began migrating at 10.4 ka BP,
several hundred years after terminus retreat. The frozen/melted
boundary, initially at ∼188 km from the divide, migrated

Fig. 5. Initial (dashed) and final (solid) basal temperature with

(blue) and without (orange) thermally active bedrock present

for locations within 190 km of the ice divide. Red lines indicate

initial (dashed) and final (solid) pressure melting points. Inset

indicates the frozen/melted boundary movement that occurs

when (a) thermally active bedrock is removed, (b) pressure melt-

ing point is kept at the initial value, (c) when thermally active

bedrock is present, (c) is the most realistic scenario and is

used in all other plots.

Fig. 6. Basal temperature (a) and change in temperature from

initial basal temperature (b) along the retreating ice-sheet tran-

sect. The dotted orange line highlights the terminus position,

and the dotted blue line indicates the frozen/melted boundary

position.
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upstream 16 km between 11.4 and 6.4 ka BP, and then stabilized
between 171 and 172 km for the remainder of the simulation.
Whereas the ice margin retreated ∼100 km, the upstream migra-
tion of the frozen/melted boundary was just 16 km (Fig. 3).

Ice thinning associated with retreat caused an increase of the
pressure melting point across the area near the frozen/melted
boundary of 0.6–0.7 K, further restricting basal melting and
migration of the frozen/melted boundary. The increase of the
pressure melting point results in ∼3 km less retreat of the fro-
zen/melted boundary (Fig. 5b), which is ∼20% of the total move-
ment of the frozen/melted boundary. Thus, adjustment of the
pressure melting point is an important factor in frozen/melted
boundary migration during an ice-sheet retreat and thinning
but not a primary driver of changes in the frozen/melted bound-
ary location.

Sensitivity experiments with different deep geothermal heat
flux prescriptions illustrate the changing sensitivity of frozen/
melted boundary migration to the initial frozen/melted boundary
location (Table 2, Figs S4–S9). The range of deep geothermal heat
flux values given illustrate the sensitivity of the system, but the
true value for the deep geothermal heat flux in our region is likely
between 30 and 50 mW m−2. Simulations with increased deep
geothermal heat flux (relative to our 30 mW m−2 model runs)
indicate a frozen/melted boundary position that is initially located
closer to the ice divide. Frozen/melted boundary migration is dir-
ectly linked to its initial location. Net migration distances decrease
when the initial frozen/melted boundary location is closer to the
ice divide, and under the highest prescribed deep geothermal heat
flux, the frozen/melted boundary actually temporarily advances
toward the ice margin. For values >90mW m−2, our flowline
geometry produces no frozen regions, and therefore represents
an upper bound on the system.

3.4. Bed energy budget

The bed reference point at 178 km is overrun by the upstream-
migrating frozen/melted boundary at 8.2 ka BP. Individual heat
fluxes at this point demonstrate the evolving heat balance at the
bed associated with frozen/melted boundary migration (Figs 7a–d).
Nearly all of the warming at the 178 km point, a full 2 K, occurs dur-
ing the ∼1900 years after 10.3 ka BP. The warming begins just after
the frozen/melted boundary, initially 10 km down-flow from the
observation point, begins to migrate toward the divide. During the
bed warming episode, both negative and positive heat fluxes become
elevated. Most substantial are the increases in frictional and strain
heating, which warm the bed by increasing ∼80 and 150%, respect-
ively. Conversely, greater ice flow speed associated with terminus
retreat drives enhanced advective fluxes of heat away from the bed.
This also increases conductive heat loss to cold overlying ice. And,
the bedrock heat flux declines as the bed warms. The changes in bed-
rock and ice conduction naturally lag the changes in the other heat
sources and sinks because these processes are driven by bed tempera-
ture. Despite decreasing heat flux from the underlying bedrock as the

bed temperature increases, and increasing fluxes of heat away from
the bed from advection and ice conduction, the energy balance
remains positive and eventually the ice at the observation point
begins to melt. Upon melting of the 178 km observation point,
our gradient-based methods for computing individual heat fluxes
are no longer applicable.

The 160 km point offers insights into changes in basal heat
balance near the frozen/melted boundary over the full simulation
period. The 160 km point demonstrates a similar energy balance
to that at 178 km for the period of overlap, but the individual
fluxes from friction and ice conduction are slightly larger in mag-
nitude at the 178 km location (Figs 7e–h). After migration of the
frozen/melted boundary stabilizes ∼6.6 ka BP, the 160 km point
experiences small and continuous warming as the result of a
slightly positive net heat flux, not exceeding 1 × 10−5 mW m−2.
The larger heat fluxes decrease in magnitude by 22− 44 mWm−2

except for the bedrock heat flux, which remains roughly constant.
The temperature increase of a few tenths of a degree is balanced
by the increasing pressure melting point as ice thins, preventing
any further migration of the frozen/melted boundary.

At the profile scale, the bed-warming resulting from driving
stress and velocity changes during retreat varies substantially
over the profile (Fig. 8). Within ∼100 km of the ice divide, the
zone with a fully frozen bed, driving stress is small and any
changes in surface slope are relatively balanced by thinning ice
such that the driving stress is nearly constant over the simulation
period. As a result, there are minimal changes to the frictional or
strain heat fluxes. Beyond ∼100 km, the frictional and strain heat
fluxes begin to increase. The driving stress of the profile in this
region also increases and, most notably, increases with time as
the ice-sheet retreats. Consequently, heat generation at the bed
from frictional and strain processes also increases in this region,
resulting in frozen/melted boundary migration.

4. Discussion

4.1. Model shortcomings

Interpretation of our results requires consideration of the model-
ing approach and key assumptions we have made. To start, we
point to the inherent limitations of a flowline model compared
to a 3-D or flowband model. Surface velocity vectors in this region
of the ice sheet exhibit relatively simple flow from
divide-to-margin, with no strong points of convergence to outlets
and no fast-flow areas. While this supports the fidelity of our
flowline model, the frictional heating may be imprecisely esti-
mated where ice is forced over bedrock features with no ability
for flow around features. Further, we have not represented com-
plex ice flow over roughness features at the sub-1 km scale of
our grid. We believe this is most problematic in high friction
areas of the melted zone, but our frictional heat term must be
interpreted in this context.

The spin-up and relaxation method we follow has eliminated
transients in the geometry, temperature and flow fields at the
start of the model run. Nevertheless, these fields are assumed to
be in steady state at the start of the model run. While work
from Lecavalier and others (2014) suggests there is a relatively
stable terminus position from ∼16 to 12 ka BP, this does not
necessarily correspond to steady-state temperature, flow or even
geometric conditions. This is an acknowledged shortcoming,
necessary because we require initial conditions, and data con-
straining the terminus position and prior climate history for
this location are not currently available for a longer-term spin-up.
As a result, the frozen/melted boundary at the start of our run
may not be accurately located. We note that our objective here
is to examine change in the frozen/melted boundary over time,

Table 2. Initial frozen/melted boundary positions and net frozen/melted

boundary movement for a large range of geothermal heat flux values (Qgeo).

Qgeo

Initial frozen/melted

boundary position

Net frozen/melted

boundary movement

mW m−2 km km

30 188 −16
50 158 −8

70 122 −2

80 86 +4

90+ 0 NA

Note that the deep geothermal heat flux in our region is likely between 30 and 50 mW m−2
.
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and we see no reason why the spin-up procedure would alter the
driving processes behind frozen/melted boundary migration.

Our model assumes a well-drained bed, meaning that any
meltwater produced is instantly drained away such that water
effects do not impact the basal heat balance. Our focus here is
on delineating where the bed is frozen vs melted, not necessarily
capturing the full suite of physical processes of the melted regions.
However, at the sub-gridscale transition from frozen to melted,
our assumption would fail to capture potential circumstances
where ice melts and refreezes. Unfortunately, we lack observa-
tional constraint on detailed bed conditions around frozen/melted
transition zones. Further downstream, the radiostratigraphy lacks
plume structures associated with large-scale and widespread basal
freeze (Florentine and others, 2018).

Prescription of deep geothermal heat flux is based on measure-
ments in the uppermost 500 m of the bedrock, but we then pre-
scribe this deep geothermal heat flux at the base of our model
domain. In this way, the spin-up achieves the proper bedrock
heat flux to the base of the ice. However, the bedrock heat flux
at the ice/bed boundary is prone to variation with time as chan-
ging ice cold content is conducted into the underlying bedrock.
Our simulation results show that, at the location of the
bedrock heat flux measurements near the terminus, the simulated
bedrock heat flux varies from 27–31 mW m−2, and so our pre-
scribed deep geothermal heat flux may reduce geothermal heat
fluxes by as much as up to 10%. This impacts the certainty
with which we report the frozen/melted boundary migration, as
our sensitivity analyses show that frozen/melted boundary

Fig. 7. Heat sinks (a, e), heat sources (b, f), net heat flux (c, g), and temperature at the observation point (red), and frozen/melted boundary position (purple) (d, h)

during the simulation. Panels (a–d) refer to bed conditions at a point 178 km from the divide, and panels (e–h) refer to conditions at a point 160 km from the divide.

Fig. 8. Driving stress (a), friction (b) and strain heating (c) during the simulation from the ice divide to 2 km past the initial frozen/melted boundary location. Profiles

are displayed at 11.4, 9.9, 8.4 and 0 ka BP. The colored diamonds show the frozen/melted boundary location at the respective times during the retreat of the frozen/

melted boundary.
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migration is dependent on the initial location of the frozen–
melted transition. However, importantly, our suite of simulations
based on variations to the prescribed deep geothermal heat flux
illustrate that the low frozen/melted boundary migration distances
we present are likely to be even lower if our prescribed deep geo-
thermal heat flux were higher.

The sliding relation used in this work inverts modern observa-
tions of ice velocity to determine the value of β2. While the sliding
relation is time-dependent due to the effective pressure term, the
static value of β2 means that sliding velocities may not generalize
for the entire period simulated. However, the lack of a generalized
sliding law for glaciology leads us to favor our approach over
ad-hoc methods that trigger sliding based on the basal thermal
state of the ice sheet, require extensive tuning, and often result
in a large misfit between simulated and modern ice thicknesses
(Martin and others, 2011). In spite of our sliding relation, the his-
tory of ice-sheet extent matches observations, and our ice thick-
nesses are consistent with that extent.

4.2. Frozen/melted boundary migration

During a period in which the ice margin retreated ∼100 km, our
simulations show a far smaller migration of the frozen/melted
boundary of just ∼16 km. Thus, as the divide-to-margin distance
shortened from 400 to 300 km, the fraction of the profile experi-
encing frozen conditions at the bed actually increased by ∼10%.
The implication of this slow migration of the frozen/melted
boundary during ice-sheet retreat is that the ice-sheet forcing
on hydrologic systems does not scale constantly with ice-sheet
size. Comparison of this finding with prior modeling efforts is dif-
ficult because of dissimilarities in modeling approaches and
scales. Huybrechts (1996) modeled the GrIS over ice age cycles,
and reported that the GrIS-wide frozen fraction decreased by
less than a few percent over the last 10 ka. While their finding
of decreased frozen fraction contrasts with our finding of
increased frozen fraction, both results agree that a relatively
large change in ice-sheet area is accompanied by a small change
in frozen fraction. Elsewhere, Marshall and Clark (2002) showed
that geometric changes on the Laurentide ice sheet during the
build-up to and retreat after the LGM resulted in large increases
and decreases in the frozen fraction at the ice bed. The scale of
ice-sheet change in these simulations is much larger than the
retreat we simulate in western GrIS, but underscores the complex-
ity of heat transfer processes at the ice bed in response to chan-
ging ice geometry.

The bedrock acts as an effective heat sink in our transient model,
dampening the impact of thermal perturbations from climate as
theymove across the bed. Although not all ice-sheet modeling stud-
ies have employed a thermally active bedrock layer (e.g. Larour and
others, 2012; Seddik and others, 2012; Wang and others, 2012), we
are not the first to incorporate this feature (Greve and others, 2011;
Aschwanden and others, 2012; Rogozhina and others, 2012). In our
case, the deep geothermal heat flux is a constant value which con-
tinuously warms the ice over the time scales we simulate.
However, because the ice is far colder than the bedrock, a slight
increase in the ice temperature initially flattens the temperature gra-
dient in the bedrock, reducing the bedrock heat flux at the ice/bed
boundary until the bedrock temperature profile warms to the new
temperature. Our reference point experiences a 10 mW m−2 reduc-
tion in heat flux from the bedrock as the ice warms over the simu-
lation period. The thermal disturbance in bedrock from this 11 ka
long simulation of the deglaciation phase extends around 1 km ver-
tically, and the timescale of full recovery is longer than our simula-
tion period. Thus, much of the heat from the warming climate over
our simulation timescale is diverted into warming the bedrock
rather than melting more of the bed.

Dissecting the primary controls on the heat balance at our ref-
erence point 11 km upstream from the frozen/melted boundary
reveals a close balance of competing processes. The conduction
away from the bed to cold overlying ice is effective at cooling
the bed, nearly balancing the heat generated from friction. A con-
sequence is that despite the fact that the strain heating at the bed
is trivially small (1/500th of the frictional term), the sign of the
heat balance is heavily influenced by this term. Taken together,
changes in the frictional and strain heat sources through time
are first-order controls on the basal heat balance. Both of these
processes are strongly dependent on the ice-sheet driving stress.
Our simulations show that the driving stress sensitivity to ice-
sheet geometry (i.e. surface slope and ice thickness) change
increases away from the ice divide (Fig. 8). Thus frictional and
strain heat processes are also more prone to enhancement in
response to ice-sheet surface steepening, resulting in a variable
sensitivity of frozen/melted boundary migration to ice-sheet
change, depending on its location relative to the ice divide.

The present day bedrock heat flux in our study domain is rela-
tively well constrained by direct observations, and is lower in mag-
nitude than elsewhere in Greenland as represented by commonly
referencedmaps (Shapiro and Ritzwoller, 2004). The frozen/melted
boundary in our simulations is positioned outward from the divide
by the lower deep geothermal heat flux of the region, and as noted
above, ourmodel assumptions and spin-up proceduremay not pre-
cisely locate its position. Nevertheless, the processes we observe in
our simulations should apply to our transect and elsewhere in
Greenland: (1) antecedent cold content in the bedrock acts to buffer
migration of the frozen/melted boundary as climate warms; and (2)
the further the frozen/melted boundary is from the divide, themore
itsmigration is enhanced by ice geometry changes. Current consen-
sus shows that the location of the frozen/melted boundary, relative
to the ice divide, is highly variable around theGrIS (MacGregor and
others, 2016). Our findings thus imply that past and future rates of
migration of frozen and melted conditions along the ice-sheet bed
are likely to vary around the ice sheet and cannot be extrapolated
based on a single-study transect or ice sheet-wide integration.

5. Conclusions

Our transient and thermo-mechanically coupled model with ther-
mally active bedrock simulates the last 11.4 ka along a flowline in
western GrIS, with constraints provided by prior work on ice mar-
gin chronology and climate forcing. Results suggest that during
the period, the ice margin retreated about seven times more
than the subglacial boundary between frozen and melted bed con-
ditions. Partitioning the transient heat balance into constituent
components reveals the processes driving the thermal evolution
of the bed as climate warmed and the ice margin retreated
∼100 km. The thermally active bedrock layer dampened thermal
perturbations irrespective of sign, with the net effect of acting
as a heat sink, reducing the net temperature increase in the frozen
region of the ice sheet by 1–2 K. The 16 km retreat of the frozen
area was driven by enhanced frictional and strain heating fields
associated with margin retreat and steeping surface slopes toward
the ice margin. Our results from this transect imply the migration
rate of frozen/melted boundaries is not directly proportional to
change in ice extent, and is a function of the thermal state of
the bedrock and changes in geometry, which can be highly vari-
able in time and space. This may be an important consideration
for long-term changes in associated hydrologic systems.
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