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Abstract The oceanic absorption of anthropogenic carbon dioxide (CO,) is expected to continue in the
following centuries, but the processes driving these changes remain uncertain. We studied these processes

in a simulation of future changes in global climate and the carbon cycle following the RCP8.5 high emission
scenario. The simulation shows increasing oceanic uptake of anthropogenic CO, peaking towards the year
2080 and then slowing down but remaining significant in the period up to the year 2300. These multi-century
changes in uptake are dominated by changes in sea-air CO, fluxes in the tropical and southern oceans. In the
tropics, reductions in upwelling and vertical gradients of dissolved carbon will reduce the vertical advection
of carbon-rich thermocline waters, suppressing natural outgassing of CO,. In the Southern Ocean, the
upwelling of waters with relatively low dissolved carbon keeps the surface carbon relatively low, enhancing
the uptake of CO, in the next centuries. The slowdown in CO, uptake in the subsequent centuries is caused
by the decrease in CO, solubility and storage capacity in the ocean due to ocean warming and changes in
carbon chemistry. A collapse of the Atlantic Meridional Overturning Circulation (AMOC) predicted for

the next century causes a substantial reduction in the uptake of anthropogenic CO,. In sum, predicting
multi-century changes in the global carbon cycle depends on future changes in carbon chemistry along with
changes in oceanic and atmospheric circulations in the Southern and tropical oceans, together with a potential
collapse of the AMOC.

Plain Language Summary The ocean is absorbing and storing a significant fraction of
anthropogenic carbon dioxide (CO,), but we do not know if this effect will weaken in subsequent centuries
with important consequences for predicting long-term climate changes. We investigated these changes in a
simulation of future climate and the global carbon cycle in which atmospheric CO, concentrations continue
to increase following a “business as usual” scenario. The simulation shows that the oceanic uptake of CO,
will peak towards the end of this century, then slow down, but remain substantially high through the year
2300. The long-term increase in uptake is maintained by exchanges of dissolved carbon between the surface
and the deep ocean in the tropical and southern oceans. The slowdown in uptake in subsequent centuries is
caused by reduced solubility of CO, due to ocean warming and reduced ability of the ocean to absorb CO,
due to changes in carbon chemistry. This effect is enhanced as more carbon dissolves and accumulates in the
ocean. In sum, under high emissions, multi-century changes in the global carbon cycle will depend on future
changes in ocean carbon chemistry as well as atmospheric and ocean changes in the tropics and the Southern
Ocean.

1. Introduction

The global ocean has absorbed more than one-third of atmospheric CO, emitted by human activities (Ciais
et al., 2013; Friedlingstein et al., 2020; Houghton, 2007; Khatiwala et al., 2009; Sabine et al., 2004; Watson
etal., 2020). Modeling studies show that the ocean could increase the uptake of anthropogenic CO, throughout
this century as atmospheric concentrations of this greenhouse gas continue to increase (Tjiputra et al., 2014;
Wang et al., 2016). However, it is unclear how this uptake will evolve beyond the end of this century if atmos-
pheric CO, concentrations continue to increase and eventually stabilize. Understanding these changes and its
drivers is important to predict the long-term evolution of atmospheric CO,, which also affects the prediction of
how slower components of the climate system, such as the sediment system and the cryosphere, will respond
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and stabilize (Archer & Brovkin, 2008; Charbit et al., 2008). Oceanic uptake of CO, could decline if atmos-
pheric Co, concentrations continue to increase after the year 2100 (Matsumoto et al., 2010; Orr et al., 2001;
Randerson et al., 2015). Multiple physical and chemical processes in the ocean could explain such a reduction
in uptake efficiency. Ocean warming would decrease the solubility of CO, and slow down the uptake of CO,
(Fung et al., 2005; Joos et al., 1999; Sarmiento et al., 1998; Wanninkhof & Trifianes,, 2017). Changes in ocean
circulation could also reduce carbon transport and sequestration into the deep ocean (Bernardello et al., 2014).
Furthermore, as anthropogenic carbon dissolves into the ocean, its ability to uptake more CO, is expected
to decline due to the decreasing buffering capacity of the carbonate system (Riebesell et al., 2009; Sabine
et al., 2004). However, the importance of multi-century changes in temperature, ocean circulation, and buffering
remains largely unexplored.

Increasing atmospheric CO, concentrations can affect the uptake and storage of carbon by the ocean in multi-
ple ways. First, the partial pressure of dissolved CO, in the ocean (pCO,*") will increase, but not as fast as in
the partial pressure of CO, in the atmosphere (pCO,*™). This will increase the air-sea CO, exchange in regions
where the ocean naturally uptakes CO,, like the North Atlantic, and decrease the sea-air exchange in regions
where the ocean naturally outgasses CO,, such as upwelling regions in the equatorial oceans. These exchanges
will be caused by an increase in pCO,*™ and modulated by the processes governing the turbulent exchange
of CO,: the solubility of CO, in seawater, wind speed, and sea ice coverage (Wanninkhof, 1992). These pro-
cesses are expected to change as the climate warms up and dissolved CO, accumulates in the ocean. Changes
in the pCO, difference between the ocean and atmosphere, ApCO, = pCO,*"-pCO,*™, have been found to be
the main driver of predicted changes in CO, uptake throughout the 21st century (Sabine et al., 2013; Tjiputra
etal., 2014). In the areas where ApCO, becomes negative due to increased atmospheric CO,, the ocean absorbs
atmospheric CO,. Even in the areas where ApCO, is positive and CO, is naturally outgassed, decreasing A
pCO, reduces this outgassing and contributes to a net uptake of CO, (Wanninkhof et al., 2013). Thus, regions
where CO, is naturally absorbed or outgassed can play a role in the uptake and sequestration of carbon by
the global ocean. Additional processes governing sea-air exchange, such as wind speed and sea ice extent,
have been found to play a lesser role globally (Lovenduski et al., 2019; Tjiputra et al., 2014; Wanninkhof &
Trifanes, 2017). For instance, changes in wind speed associated with shifts in the southern hemisphere west-
erlies as well as reductions in sea ice covered areas could enhance uptake of CO, over high latitudes (Bates
et al., 2006; Landschiitzer et al., 2015; Rysgaard et al., 2011). In contrast to these regional impacts, reduced
CO, solubility caused by anthropogenic warming could reduce uptake everywhere by rising sea surface tem-
peratures globally (Fung et al., 2005; Joos et al., 1999; Matsumoto et al., 2010; Sarmiento et al., 1998; Wan-
ninkhof & Trifianes, 2017).

Changes in the partial pressure of CO, on the ocean surface, pCO,*", will be governed by the rate of increase of
dissolved inorganic carbon (DIC), as well as changes in alkalinity, temperature, and salinity. Long-term changes
in these properties, particularly DIC and alkalinity, in turn, will be strongly influenced by changes in ocean cir-
culation via exchanges between the surface and the deeper ocean, where these properties take longer to respond
to the surface changes. As a result, upwelling regions are expected to play an important role in future changes in
CO, uptake (Mikaloff Fletcher et al., 2006). In general, the weakening of upwelling could reduce the transport of
DIC-rich deep waters to the surface, decreasing surface DIC and pCO,*" (Tjiputra et al., 2014). However, if the
ocean accumulates dissolved CO, on the surface, the DIC can be higher on the surface than in the deep ocean. In
this case, the relatively low DIC of upwelled waters could help suppress the increase in surface DIC and pCO,°",
promoting CO, uptake (Maier-Reimer & Hasselmann, 1987). These mechanisms may explain model predictions
showing a four-fold increase in CO, uptake in the Southern Ocean by the year 2100 (Wang et al., 2016). These
models also show that the equatorial Pacific could increase its net uptake by 40% by reducing outgassing by
the end of this century (Wang et al., 2016). However, little is known regarding the long-term responses in these
regions in subsequent centuries. The potential for the Atlantic Meridional Overturning Circulation (AMOC)
slowdown may halt deep CO, transport and uptake in the North Atlantic for centuries (Bernardello et al., 2014,
Randerson et al., 2015). In addition, the accumulation of dissolved CO, in the ocean is expected to change
seawater carbon chemistry and make the ocean less efficient at absorbing CO, (Riebesell et al., 2009; Sabine
et al., 2004). This efficiency is projected to decline by more than 30% in the year 2100 in the high CO, emission
RCP8.5 scenario (Jiang et al., 2019) and could continue to decrease in subsequent centuries. Therefore, clarifying
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Sea-air CO, flux in the year 2000
(a) Observed (Takahashi et al., 2009) (b) Simulated (CESM1)
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Figure 1. (a) Observed (Takahashi et al., 2009) and (b) simulated (CESM1) sea-air CO, flux in the year 2000. Positive
(negative) flux indicates CO, degassing (CO, uptake) by the ocean.

the relative importance of these physical and chemical processes is critical to predicting long-term changes in the
global carbon cycle.

Here, we quantified the influence of these processes using the output from a numerical simulation performed
with the Community Earth System Model (CESM) (Moore et al., 2018), a state-of-the-art numerical model ca-
pable of simulating a highly realistic global carbon cycle (Long et al., 2013). Our goal is to assess physical and
chemical processes in the ocean affecting oceanic uptake of CO, in subsequent centuries as atmospheric CO,
rises and eventually stabilizes. The simulation was performed with atmospheric CO, concentrations following
historical measurements until the year 2005 and then the RCP8.5 high emission scenario until the year 2300.
According to this emission scenario, atmospheric CO, concentrations will peak at a value of 1,962 ppm by the
year 2250 and remain stable at that level until the year 2300. This simulation allows the study of multi-century
changes in oceanic uptake and outgassing of CO, in this century and the next two centuries. We quantified the
oceanic uptake of CO, averaging sea-air CO, fluxes over key regions and estimated the influence of different
processes driving changes. We also analyzed long-term trends in ApCO, and DIC to estimate the influence
of changes in ocean circulation and buffering capacity of CO,. This paper is organized as follows: Section 2
describes the CESM, the numerical simulation, and the realism of the ability of this model to simulate the
global ocean carbon cycle. Section 3 presents an analysis of key regions and drivers of multi-century changes in
sea-air CO, fluxes. The mechanisms driving long-term changes in CO, uptake and their impacts on the future
predictions of the ocean carbon cycle are discussed in Section 4. The results and conclusions are summarized
in Section 5.

2. Model and Simulation Description

We used output from a simulation of the global climate and the carbon cycle performed with the Community
Earth System Model version 1.0 (CESM1) (Moore et al., 2018; Randerson et al., 2015). CESM1 simulates the
interactions of the atmosphere, ocean, sea ice components, and land surface, including biogeochemical processes
in the ocean and land and their exchanges of CO, with the atmosphere (Hurrell et al., 2013). The atmospheric
component, the Community Atmosphere Model version 4 (CAM4), has a horizontal resolution of approximately
1.25° x 0.9° with 26 vertical levels (Neale et al., 2013). The land component, the Community Land Model ver-
sion 4 (CLM4), has the same horizontal resolution as CAM4 and has 15 vertical levels (Lawrence et al., 2012).
The ocean model, the Parallel Ocean Program version 2 (POP2), has a resolution of approximately 1° and vertical
60 depth levels. In CESM1, POP2 also calculates ocean biogeochemical tracers, including DIC, alkalinity, oxy-
gen, nutrients, and marine ecosystems (Moore & Braucher, 2008; Moore et al., 2004). These features enable the
simulation of climate-carbon cycle interactions required to study changes in the ocean carbon cycle in response
to increased atmospheric CO, concentrations and greenhouse warming.

The CESMI simulates the spatial pattern of sea-air CO, flux (CO, flux from the ocean to the atmosphere), in
good agreement with observational estimates (Figure 1). It also captures historical changes in the global average
of this sea-air CO, flux, consistent with many observational and model-based estimates (Figure 2b). The realism
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Figure 2. (a) Atmospheric CO, concentration (ppm) prescribed in the
simulation. (b) Simulated and observed globally integrated sea-air CO, flux
(PgClyr). Colored lines include observational data (Landschiitzer et al., 2016;
Rodenbeck et al., 2014), including output from eight model simulations
(constrained by observations), and output from two historical simulations

(all data were compiled by Le Quéré et al., 2018). Positive sea-air CO, flux
indicates oceanic CO, degassing, and negative flux indicates oceanic uptake.

of the simulation allows its use to study the drivers of spatiotemporal changes
in sea-air CO, flux. The simulation analyzed here used the CESMI, forced
with historical CO, concentrations from the years 1850-2005 and the high
emission RCP 8.5 scenario from the year 2006-2300 (Moore et al., 2018;
Randerson et al., 2015). According to this scenario, atmospheric CO, con-
centrations are expected to increase rapidly in the 21st and 22nd centuries,
peaking around the year 2250 at 1,962 ppm and remaining stable until the
year 2300 (Figure 2a). In this simulation, oceanic CO, uptake and degassing
do not influence atmospheric CO, concentrations because these concentra-
tions are prescribed. Therefore, feedbacks between these components of the
global carbon cycle are not represented. However, this type of simulation can
be used to study how changes in atmospheric CO,, ocean temperature, and
ocean circulation modulate the oceanic uptake of CO, (Lindsay et al., 2014;
Long et al., 2013). Last, the duration of this simulation allows the study of
multi-century changes in the ocean carbon cycle as atmospheric CO, rises
and stabilizes at very high levels. Few state-of-the-art earth system models
have been run under the RCP8.5 scenario until the year 2300. This, together
with CESM's highly realistic simulation of the ocean carbon cycle, justifies
using a single model in our study.

We analyzed three intervals that characterize the main long-term changes in
sea-air CO, flux and associated CO, uptake. The 2061-2100 interval captures
arapid increase in carbon uptake following the sharp rise in atmospheric CO,
during the 21st century. A second interval from year 2141 to year 2180 cap-
tures a subsequent slowdown in the uptake of CO,. This interval focuses on
decelerating uptake, even though atmospheric CO, concentrations continue
to increase similarly to the preceding 2061-2100 interval. The third interval
spans years 2261-2300 and captures the equilibration of carbon uptake once

the concentrations of CO, in the atmosphere stabilize. To study mechanisms driving the uptake of CO,, we quan-

tified the contributions to changes in sea-air CO, flux from changes in CO, solubility, wind speed, sea ice-free

area, and differences in pCO, between the ocean and the atmosphere (Section 3.2). This analysis was performed

offline using monthly variables for accounting for correlations between changes in the seasonal distributions of

sea ice and wind. The calculations do not consider the higher frequency correlations between these quantities.

The difference between the directly simulated sea-air CO, flux and the sum of the individual contributions to the

flux computed offline is small. This justifies using our approach to decompose the influence of the different pro-

cesses driving changes in sea-air CO, flux. We also quantified the influence of changes in temperature, salinity,

DIC, and alkalinity in the increase in pCO,*" (Section 3.3). These effects were estimated as tendencies driven

by each quantity computed as 20-year trends using annual-mean output from the model. Using 20-year trends

allowed us to capture linear changes in these quantities in order to accurately quantify their influence in the rates

of pCO,*" increase.

3. Results

3.1. Multi-Century Changes of Oceanic CO, Uptake

The CESM1 simulation shows the ongoing increase in oceanic uptake of CO, over the last 30 years in close

agreement with multiple observational estimates (Figure 2b, colored lines). According to CESM1, this uptake

will continue to increase through the remainder of this century, peaking around the year 2080 at 4.9 petagrams

of carbon per year (PgC/yr) and then weakening and stabilizing at a level of about 1.8 PgC/yr by the year 2300

(Figure 2b). The predicted peak in oceanic uptake is consistent with the range of 3.7-5.0 PgC/yr from previous

simulations also under the high emission RCP8.5 scenario (Crueger et al., 2008; Tjiputra et al., 2014; Wang
etal., 2016). In our simulation, the temporal changes in the uptake of CO, are not spatially uniform (Figure 3).
The model predicts that CO, uptake will intensify in the Southern Ocean from the year 2061-2300, seen as a sig-
nificant negative sea-air CO, flux, that is, increased uptake (Figures 3b and 3c). The simulation also shows that
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Figure 3. Annual mean sea-air CO, flux (gC/m*/year) during the (a)
1961-2000, (b) 2061-2100, and (c) 2261-2300 intervals. The sea-air CO, flux
during these intervals corresponds to (a) the ongoing uptake of anthropogenic
CO,, (b) the predicted peak towards the end of this century associated with
reduced equatorial outgassing and enhanced uptake in the Southern Ocean,
and (c) the nearly equilibrated final state once atmospheric CO, concentrations
stabilize. Positive (negative) flux indicates the degassing (uptake) of CO, by
the ocean.

the tropical oceans will continue to exhibit a positive sea-air CO, flux, that
is, outgassing, in the period up to the year 2300, however, decreasing with
time (Figures 3b and 3c). The degassing of CO, is predicted to change from
over a large region spanning the tropical Pacific to a narrow equatorial band
(Figure 3c). According to the simulation, both the Southern Ocean (south
of 45°S) and the tropical oceans will be the main contributors to changes in
CO, uptake in the global ocean (Figure 4). The North Atlantic is predicted
to continue to increase CO, uptake until the year 2100 (Figure 3b). However,
its importance is expected to diminish by the mid 22nd century (Figures 3c
and 4) due to a permanent collapse of the AMOC (Figure S1 in Supporting
Information S1), significantly reducing the transport of carbon-rich waters
into the deep ocean. A similar reduction in uptake is simulated over the
Southern Ocean between 20°S and 45°S during this period (Figure 4).

3.2. Drivers of Regional Changes in Sea-Air CO, Flux

The sea-air exchange of CO, is affected by multiple processes, the solubil-
ity of CO,, wind speed, sea ice coverage, and the sea-air pCO, difference
(ApCO,). The equation of gas exchange flux using these factors, which is also
used in CESM1, is expressed as follows (Wanninkhof, 2014; Wanninkhof
et al., 2013):

F:est = k() X kw x Anoice = ApCOZ’ (1)

where k, is the solubility factor, k,, is a turbulent exchange factor con-
trolled by wind speed, and 4, , is the sea ice-free area. The solubility
factor, k,, is a function of sea surface temperature (SST) and sea surface
salinity (SSS) (Weiss & Price, 1980). The turbulent exchange factor, «,,
depends on SST and surface wind speeds (Wanninkhof, 1992). Detailed
formulations of k, and k,, are described in the Supporting Information S1.
The ice-free area, A, ;... ranges from 0 when the ocean is fully covered by
ice to 1 when it is no ice. We estimated the sea-air CO, flux (F) using
Equation 1 and compared it with the sea-air CO, flux directly computed by
the model (F, ) to validate the accuracy of using monthly mean fields to
isolate the influence of each factor. The flux estimated using Equation 1,
I?ES"
Figure 5, respectively), confirming that Equation 1 can be used to estimate
the simulated sea-air CO, flux, and thus isolate the influence of each fac-
tor. We only find a mismatch between F, and F, ;. in the Southern Ocean
at high latitudes (Figure 5a). This discrepancy is likely to arise from the
lack of sub-monthly correlations between wind speed variability and sea
ice coverage in F,, (Rysgaard et al., 2011). Then we estimated the influence
of changes in each factor of Equation 1 to quantify the influence of the
different physical processes. Our detailed methodology is available in the

Supporting Information S1.

accurately captures the simulated flux (£, ) (green and gray lines in

The changes in sea-air CO, flux are dominated by changes in ApCO, over the
tropical oceans and over the 45°-55°S latitude band in the Southern Ocean
(purple lines in Figures 5b and 5Sc). Changes in the areas covered by sea ice

and wind speed drive changes in CO, flux over the high latitudes in the Southern Ocean (south of 55°S). These
two factors contribute as much as changes in ApCO,, especially after the year 2100 (Figure 5a). This means that

as global warming continues, changes in sea ice coverage and wind speed will increasingly become important

drivers of CO, uptake. Around Antarctica, a reduction in the area covered by sea ice together with a strengthen-
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Changes in sea-air CO, flux by region ing of westerly winds is expected to accelerate the turbulent exchange of CO,
(PgCAym I I I over the ocean (Figure 6). According to the simulation, these changes will
0.0 BT increase the uptake of CO, in the period up to the year 2300 in regions where
i [ ApCO, remains negative (Figures 6¢-6i). This means that as global warming
-0.3 - continues, changes in sea ice coverage and wind speed will increasingly be-
] I come important drivers of CO, uptake.
-0.6 =
0.9 —{ North Atlantic (40°70°N) r 3.3. Drivers of Regional ApCO, Changes
| Tropical Oceans (20°S-20°N) i
1.2 L Here we analyze the drivers of changes in ApCO,, the main controlling factor
i | of the multi-century changes in CO, uptake. Since pCO,*™ is prescribed in
1.5 B our simulation, ApCO, is driven by changes in pCO,**", which is, in turn,
1 - controlled by changes in SST, SSS, surface DIC, and surface alkalinity. Al-
18 , I I o . .
1961-2000 2061-2100 2961-2300 kalinity is an excess of base, which acts to weaken or buffer ocean acidity
i . ) i caused by CO, dissolution (Middelburg et al., 2020). We estimated changes
Time (year)

Figure 4. Region controlling changes in the oceanic CO, uptake. Changes

in these quantities over consecutive 20-year intervals over which the simu-
lated changes in pCO,*" are accurately captured by linear trends (Appen-

in sea-air CO, fluxes integrated over a series of regions (PgC/yr) relative to dix A). Our analysis focuses on key intervals at which the model predicts that
the 1850-1889 baseline. Bars show area integrated changes over the North pCO,*" will increase more slowly or faster than pCO,*™, thus accelerating or
Atlantic (70°W-70°E, 40°N-80°N) (green), tropical oceans (0°-360°, 20°S— slowing down the uptake of CO,. Until the year 2100, ApCO, shows a neg-

20°N) (red), Southern Ocean (0°-360°, >45°S) (blue), low-latitude Southern
Ocean (0°-360°, 25°S—45°S) (yellow), and the rest of the world ocean (gray).

ative trend because pCO,*" increases more slowly than pCO,*™ (blue shade
in Figure 7a), and the ocean increases CO, uptake. Starting in the year 2100,
ApCO, shows a positive trend since pCO,*" increases faster than pCO,*™
(pink shade in Figure 7a). This positive trend drives the slowdown in CO,
uptake by the ocean, following the peak around the year 2080 (Figure 2b). This slowdown of uptake is not as
large as the acceleration in the 21st century (Figure 7a). Thus, the oceanic uptake of CO, remains significant in
the period up to the year 2300 (Figure 2b).

The changes in ApCO, are controlled by regional changes in pCO,*" that explain the spatiotemporal differences
in oceanic CO, uptake. In the tropical and the southern oceans, the increase in pCO,°" is dominated by increases
in surface DIC until the year 2100, with little contribution from SST and alkalinity, except over high latitudes in
the Southern Ocean (Figures 7b—7d). During this period, pCO,*" in all regions is predicted to increase at a slow-
er rate than pCO,*™. This response indicates that surface DIC is not fully adjusted with the increasing pCO,*™
during the 21st century, thus being the main control on the uptake of CO,. From the year 2140-2180, surface
warming and decreasing surface alkalinity start to play a more significant role by reducing CO, solubility and the
ocean's capacity to store carbon. Surface pCO,°" continues to increase during this interval in all regions, driven
by increased surface DIC. Surface ocean warming and reduced alkalinity start to contribute to the increased
pCO,*" around the year 2060.

Surface ocean warming and reduced alkalinity are the main drivers of the slowdown of CO, uptake after the year
2100. At that time, the trends in ApCO, change sign, and CO, uptake begins to slow down (Figure 7a). Changes
in surface DIC continue to drive increasing pCO,°", but at similar or lower rates than at the peak. This indicates
that the processes driving changes in surface DIC continue to prevent pCO,*" from rising as fast as pCO,"™, thus
being the primary factors maintaining the uptake of CO, throughout the duration of the simulation. Indeed, when
atmospheric CO, concentrations stabilize after the year 2250 (Figure 2a), increasing temperature and decreas-
ing surface alkalinity continue to drive increasing pCO2°C“, which is offset by a negative trend driven by slowly
increasing surface DIC. In addition, dissolved CO2 accumulated in the ocean reduces the buffering capacity and
the efficiency of CO, uptake in the ocean (Figure 8). The reduction in buffering capacity (B[DIC] / 8[ pCOS™ })
decreases the sensitivity of DIC to changes in pCO,°" and, in turn, increases the sensitivity of other factors such
as temperature or alkalinity to changes in pCO,*" (Riebesell et al., 2009). As a result, under high atmospheric
CO, concentrations, surface temperature and alkalinity are more important for altering pCO,°" and the oceanic
uptake. In the simulation, the temporal changes in buffering capacity are regionally different. In the Southern
Ocean, buffering capacity is predicted to decline faster than in the tropics throughout this century (Figure 8).
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Figure 5. Influence of the solubility of CO,, wind speeds, sea ice coverage, and ApCO, to changes in sea-air CO, flux. Time
series of changes in sea-air CO, flux (PgC/yr) integrated over (a) high latitudes of the Southern Ocean (>55°S), (b) mid-
latitudes of the Southern Ocean (45-55°S), and (c) the tropical oceans (20°S—20°N) relative to the 1850—1889 baseline. The
colored lines show the annual average of sea-air CO, flux: simulated by the model (F,,,,,,) (gray), estimated from Equation 1
with monthly variables (F,,,) (green), the sum of the four effects (dF ) (yellow), the solubility effect (dF,) (pink), the wind
effect (dF, ) (orange), the sea ice cover effect (dF;) (light blue), and the ApCO, effect (de) (purple).

This regional difference indicates why pCO,°" over the Southern Ocean is more sensitive to increasing surface
temperature and decreasing alkalinity than the tropics (Figures 7b—7d).

Changes in surface DIC are strongly influenced by exchanges with the deep ocean via changes in ocean cir-
culation and upwelling. Therefore, we focused our analysis on the changes in the vertical advection of DIC
influencing the ocean's surface. We contrasted two intervals: the period 2061-2100, when the uptake of CO,
increases, versus the period 2141-2180, when the uptake slows down. At high latitudes in the Southern Ocean,
the simulation shows that the surface DIC trends are smaller during the 2141-2180 interval relative to the
2061-2100 interval (Figure 9a). What drives this lesser DIC trend that slows down the increase in pCO,°"? In
both intervals, the DIC decreases with depth, and this vertical gradient between the surface and the deep ocean
becomes more pronounced during the 2141-2180 interval (Figure 9b). In contrast, upwelling, measured by the
vertical velocity, does not change between the two intervals (Figure 9c). Therefore, in this region, changes in
the vertical gradient of DIC dominate the changes in vertical advection. DIC is much lower at the intermediate
depths than the surface (Figure 9b), so the upwelling of this relatively low DIC significantly reduces the vertical
advection of DIC for 2141-2180. This response is seen with a strong negative peak of advection at depths of
100-200 m (Figure 9d).
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Figure 6. Drivers of sea-air CO, fluxes in the Southern Ocean. (a—c) The difference in pCO, between the ocean and atmosphere (ApCO,) (ppm), and effects of (d—f)
wind speed, (g—i) sea ice coverage, and (j-1) ApCO, on the sea-air CO, flux (gC/m?yr). The data are shown as differences relative to the 1850-1889 baseline. The
contour lines of (d—f) are changes in surface wind speed from baseline at contour levels of + 1 and 2 m/s (positive is solid and negative is dotted). The contour lines of
(g—i) show the sea ice margin (defined by the 10%) from June to August for each period (solid) and in the 1850-1889 average (dotted).

In the tropical oceans, both upwelling changes and vertical DIC gradients are predicted to reduce vertical advec-
tion during the period 2141-2180 (Fig. 91), slowing down the rate of increase in surface DIC. The weakening
of equatorial upwelling reduces the vertical advection of DIC-rich water to the surface (Figures 9k and 91). The
vertical gradient of the DIC also weakens (Figure 9j), reducing the vertical advection with a peak near a depth of
100 m. This reduction in vertical advection slows the increase in surface DIC (Figure 9i). The slower increase in
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Figure 7. Drivers of pCO,*" changes in three key regions controlling CO, uptake. (a) Global ApCO, tendencies, and (b—d)
pCO,*" tendencies (black line). The color lines show the tendencies in pCO,*" driven by sea surface salinity (red), sea
surface salinity (blue), surface dissolved inorganic carbon (yellow), and surface alkalinity (green). The contour lines indicate
the tendencies (transparent lines) computed over consecutive 20-year intervals and these 20-year running averages (solid
lines). Gray shades correspond to periods of increased and decreased net oceanic uptake.
surface DIC and pCO,*" driven by weaker equatorial upwelling (Figure S2 in Supporting Information S1) also
results in a weaker meridional gradient in surface DIC. This response reduces the advection of DIC-rich waters
away from the equator. As a result, the increase in surface DIC outside the equator also slows down, prevent-
ing outgassing in a much larger area of the tropical Pacific (Figure 3c). Conversely, reduced alkalinity and en-
hanced warming along the equatorial Pacific drive a positive tendency on pCO,*" and outgassing relative to the
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Figure 8. Changes in buffering capacity of CO, of ocean surface waters. Time series of regional average buffering capacity
(G[DIC] / 8|: pCO™" }) Decreasing the buffering capacity reduces dissolved inorganic carbon (DIC) sensitivity to changes in

pCO, and makes pCO, more sensitive to non-DIC factors, that is., temperature, salinity, and alkalinity.

off-equatorial regions (not shown). Combined with reduced meridional advection of DIC, these changes explain
why outgassing becomes confined to the equator during this interval.

Last, uptake also increases over the mid-latitudes in the Southern Ocean (north of 55°S). According to the simu-
lation, this region is expected to experience more downward vertical velocities at the 2141-2180 interval than at
the 2061-2100 interval, indicating an increase in downwelling during this period (Figure 9g). For the 2141-2180
period, the stronger westerly winds in the Southern Hemisphere are predicted to accelerate the Deacon cell, the
meridional overturning cell characterized by upwelling of deep water around Antarctica, northward transport in
the Ekman layer, and sinking motion at the Antarctic convergence (D66s & Webb, 1994; Speer et al., 2000). As
this circulation strengthens, its downwelling branch centered around the 45°S latitude band increases the transport
of surface waters with increasingly higher DIC content into the interior ocean, slowing the increase in surface
DIC (Figure 9¢). This response explains the substantial reduction in the uptake of anthropogenic CO, at mid-lat-
itudes in the Southern Ocean (Figure 4 with the bars).

4. Discussion

The CESM1 simulation predicts that in the high emission RCP8.5 scenario, oceanic uptake of CO, will peak
towards the end of this century, slow down for the subsequent two centuries, but remain significant after atmos-
pheric CO, concentrations stabilize. The primary process governing the temporal evolution of oceanic uptake is
the negative ApCO, (sea-air pCO, flux) (Figure 5). This negative ApCO, during 2141-2180 is due to the slower
increase in pCO,*" than the prescribed increase in pCO,*™ (Figures 7b-7d). Both changes in ocean circulation
and vertical DIC distribution contribute to the long-term oceanic uptake through the reduction in ApCO,. These
changes are regionally heterogeneous and prominent in the upwelling and downwelling regions. In this region,
changes in upwelling or weakened vertical gradients of DIC reduce vertical advection of DIC, slowing the in-
crease of surface DIC (Figure 9). Therefore, changes in ocean circulation and vertical DIC gradient contribute
to the regional response of uptake. The simulation shows that the oceanic uptake decreases from the peak of 4.9
PgC/yr around the year 2080 to 2.0 PgC/yr by the year 2300 when atmospheric CO, stabilizes according to the
RCP8.5 scenario. The magnitude of this change is much larger than the drift of sea-air CO, flux in preindustrial
simulations (i.e., —0.019 PgCl/yr) (Lindsay et al., 2014), so the 100-year trend is less affected by the drift of the
ocean carbon cycle in the model. After 2100, increasing temperature and decreasing alkalinity are predicted to
accelerate the increase in pCO,*" relative to the atmosphere, reducing their difference and uptake. In addition, the
accumulation of dissolved CO, into the ocean decreases its buffering capacity, making pCO,°" more sensitive to
temperature and alkalinity changes than DIC (Riebesell et al., 2009). This means that temperature and alkalinity
can become more important in controlling uptake as the CO, buffering capacity is expected to drop significantly,
especially after 2100 (Figure 8). The CO, uptake is expected to decrease after the peak and maintain in the period
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Figure 9. Trends in dissolved inorganic carbon (DIC) and vertical advection of DIC in key regions controlling CO, uptake. Vertical profiles of DIC tendency, DIC,
vertical velocity (w; positive upward), and vertical advection of DIC. DIC is normalized by salinity. The vertical advection term was calculated as — wa[mc] / 0z.
Colored lines indicate the key intervals when CO, uptake increases (blue) and slows down (red).

up to the year 2300 because surface DIC is not yet in equilibrium with atmospheric CO, due to changes in vertical
advection and buffering capacity. This indicates that changes in DIC are not the sole driver of future changes in
pCO,*" and associated oceanic uptake, and that changes in alkalinity and temperature will also play a role in
slowing uptake over the next centuries.

The changes in air-sea CO, flux involved in the oceanic uptake of anthropogenic carbon are predicted to be
the largest in the tropical and Southern oceans. In the tropical oceans, equatorial upwelling is expected to
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decrease, driven by a weakening of the equatorial trade winds in response to greenhouse warming. The as-
sociated decrease in upwelling, together with a weakened vertical gradient in dissolved carbon, will reduce
the vertical advection of water with high DIC relative to those on the surface (Figures 9k and 91). This will
slow down the increase in pCO,°" relative to the increase in pCO,*™, thus reducing the outgassing of CO, in
this region (Figure 3). The sea-air CO, flux averaged over the equatorial Pacific (30°S—10°N) is predicted to
decrease from 0.4 PgC/yr in 1980-2005 to —0.2 PgC/yr in 2080-2099. The magnitude of this change of 0.6
PgClyr is consistent with the analysis of models participating in the Climate Model Intercomparison Project
(CMIP5) (Wang et al., 2016). This consensus is likely due to model agreement regarding the future weaken-
ing of equatorial trade winds and upwelling (DiNezio et al., 2009; Terada et al., 2020). Therefore, accurate
predictions of changes in the trade winds and tropical upwelling are critical for predicting future CO, uptake
in the tropical oceans.

Our analysis shows that at high latitudes over the Southern Ocean, a slower increase in surface DIC and pCO,*"
relative to the increasing pCO,*™ is expected to increase carbon uptake in the period up to the year 2300. Due to
the higher DIC on the surface than in the intermediate depth (Figure 9b), the upwelling of relatively low DIC wa-
ters will slow down the increase in the surface DIC, thus increasing the uptake of CO,. At mid-latitudes over the
Southern Ocean, intensified downwelling, also driven by a stronger Deacon Cell in response to stronger westerly
winds, is expected to increase the downward advection of surface waters (Figure 9h). This downward transport
reduces the surface concentrations of DIC (Figure 9e), increasing the uptake of CO, over this region. Intensifying
westerly winds and melting sea ice could further amplify uptake after the year 2100, as they increase the flow and
area of sea-air CO, exchange around Antarctica. Differences in multi-model simulations of temporal changes in
uptake are more pronounced in the Southern Ocean than in the tropics (Wang et al., 2016), which can be affected
by changes in sea ice, upwelling, and wind speed.

Our simulation shows that the AMOC could reduce its impact on CO, uptake in subsequent centuries relative to
this century. The AMOC strength is predicted to decrease from 31 Sverdrup (Sv) to 5 Sv by the year 2300 (Fig-
ure S1 in Supporting Information S1), consistent with other climate projections for AMOC slowdown (Collins
etal., 2013; Lobelle et al., 2020; Meehl et al., 2013). Such a response will reduce the downward transport of CO,
into the deep ocean, increasing pCO,*" in the North Atlantic (Figure 3c). As a result, the North Atlantic will
uptake very little CO, by the year 2300 (Figure 4). Our analysis demonstrates that future changes in the oceanic
uptake of CO, are also sensitive to processes involving the shallow ocean circulation, playing an equally impor-
tant role as the AMOC. This result supports the idea that carbon uptake can be influenced by changes in DIC
occurring at mid-depths (Maier-Reimer & Hasselmann, 1987). It is also consistent with the results of sensitivity
simulations in which changes in wind-driven circulation have a more significant impact on ocean carbon seques-
tration than an AMOC shutdown (Bernardello et al., 2014). Our study emphasizes the importance of shallow
ocean circulation in the tropics, in addition to upwelling and downwelling in the Southern Ocean, to predict
changes in oceanic uptake on century-long timescales.

Biological production changes have a lesser impact on the uptake of CO, than the abiotic processes discussed
above. Today, nutrients are not fully utilized for photosynthesis in the Southern Ocean, remaining at the sur-
face. Therefore, changes in biological production will be controlled by changes in light availability or temper-
ature, but not by changes in nutrients, as seen in an analysis of simulations of changes in climate and marine
ecosystems up to the year 2300 (Moore et al., 2018). Our analysis shows that these subtle changes in biological
production will have a lesser impact on carbon uptake and sequestration into the deep ocean (Figure S2 in
Supporting Information S1). In the tropical oceans, where biological production is predicted to substantially
decrease due to reductions in the supply of nutrients (Moore et al., 2018), the biological impact on CO, uptake
is offset by enhanced uptake by reducing vertical advection of DIC (Figure S2 in Supporting Information S1).
The imbalance between biological production and vertical advection of DIC determines the efficiency of the
amount of CO, transported from the surface to the deep ocean. Our finding of a lesser biological impact on
oceanic uptake than changes in advection questions previous studies showing that it could play a more funda-
mental role in the Southern Ocean (Sarmiento et al., 1998; Yamamoto et al., 2018). The experimental approach
followed by these studies isolated the response due to biotic changes assuming no changes in abiotic process-
es. This approach explains the heightened sensitivity of carbon uptake to biological processes relative to our
analysis, where both biotic and abiotic processes are allowed to change. In addition, the sensitivity of carbon

CHIKAMOTO AND DINEZIO

12 of 17

QSUQOIT suowwoy) aAnear) diqeaidde ay) £q pauIoaoS a1e sa[ore YO ‘asn Jo sa[ni 10y Areiqi auruQ A9[IA\ UO (SUOIIPUOD-PUE-SULID)/W0d K3[1m ATeIqjaut[uo//:sd)ny) suonipuo)) pue suld [, oyl 23S “[$707/20/61] uo Areiqr autuQ LI ‘060L009D1202/6201°01/10p/wos Kajim Keiqiourjuo'sqndnSe//:sdny woiy papeojumo( ‘g1 ‘1707 ‘bTT6vr61



~1
AGU

ADVANCING EARTH
AND SPACE SCIENCE

Global Biogeochemical Cycles 10.1029/2021GB007090

uptake to biological change may also be model-dependent (Bopp et al., 2013). Further comparisons using mul-
ti-models and sensitivity studies help assess the effects of biological change on oceanic uptake.

Changes in biological processes can also influence the ocean uptake of CO, by changes in alkalinity. As the
oceanic uptakes CO,, it becomes more acidic, reducing the ocean surface saturation state with respect to calcium
carbonate. This reduced saturation of this mineral diminishes the ability of many species to produce their calcium
carbonate shells and skeletons (Gattuso et al., 1998). As a result, the concentration of calcium ions in the ocean
increases, and with that, also does surface alkalinity (Sarmiento & Gruber, 2006; Zeebe & Wolf-Gladrow, 2001).
The increased alkalinity neutralizes CO, dissolved in the ocean, lowering ocean pCO, and increasing the differ-
ence with the atmosphere, thus enhancing uptake of CO, (Zondervan et al., 2001). Together these processes act
as a negative feedback loop that tends to enhance the uptake of CO,, counteracting the effect of reduced alkalinity
(Gattuso et al., 2015; Riebesell et al., 2009; Zhang & Cao, 2016). The CO,-calcification feedback loop described
above could be more important for stabilizing the ocean carbon cycle, however, it is not typically included in
simulations like ours. Therefore, it is important to quantify the strength of this feedback and represent it in models
to more accurately predict long-term changes in the ocean carbon cycle.

The simulation analyzed here considered future changes in atmospheric CO, based on the RCP8.5 high CO,
emission scenario. The atmospheric CO, levels were prescribed to follow this scenario over time, and therefore
they could not respond to changes in oceanic CO, uptake. Previous studies have shown that this type of simulation
can predict changes in CO, uptake in a similar way to the more realistic simulations in which atmospheric CO,
can respond to the changes in the ocean carbon cycle (Lehner et al., 2015). However, these studies have focused
only on changes until the year 2100, which are dominated by DIC. It is unclear if all the processes revealed by our
analysis are accurately represented in the calculation of atmospheric CO, in the RCP8.5 scenario. For instance,
it has the first-order role of increasing temperature and decreasing alkalinity together with changes in equato-
rial upwelling in changing sea-air CO, exchanges. Lastly, our analysis demonstrates that under a high emission
scenario, the oceanic uptake of CO, will persist well into the 23rd century, ultimately helping atmospheric CO,
decrease as the global carbon cycle reaches equilibrium. This long-term ocean response is not entirely realistic
due to the lack of carbon-concentration feedback from the ocean carbon cycle to the atmospheric CO, (Boer &
Arora, 2009). It also differs from the millennial-scale CO, response when the coupled sediment system is includ-
ed (Archer et al., 1998; Lord et al., 2016). Thus, in order to predict how atmospheric CO, will reach equilibrium
once emissions cease, future studies should consider changes in the ocean and the sediment system occurring on
centennial and millennial timescales, respectively.

5. Conclusions

We have studied the mechanisms whereby the ocean is expected to uptake CO, in this and subsequent cen-
turies using a simulation of the global climate and carbon cycle performed with the CESM1. Under the high
emissions RCP8.5 scenario, this simulation shows that oceanic uptake of CO, will peak towards the end of
the 21st century, weakening thereafter while atmospheric pCO, continues to rise (Figure 2b). Most studies
have investigated oceanic CO, uptake up to the year 2100 (Friedlingstein et al., 2014; Tjiputra et al., 2014;
Wang et al., 2016), but this simulation shows that this uptake, and the driving mechanisms, will significantly
change in the subsequent two centuries. According to the simulation, the uptake of CO, will be maintained
by changes in shallow ocean circulation, such as reduced equatorial upwelling, slowing down the increase in
surface DIC. This slow adjustment of surface DIC to rising atmospheric pCO, will maintain the uptake of CO,
for the subsequent two centuries, despite reduced efficiency due to the effects of temperature and alkalinity on
CO, solubility and storage capacity. Similarly, at high latitudes in the Southern Ocean, surface DIC is expected
to increase more slowly due to the upwelling of relatively low-DIC intermediate waters, leading to increased
oceanic uptake.

After the year 2100, the uptake of CO, will be affected by ocean warming and decreasing alkalinity. Both factors
will accelerate the rate at which ocean pCO, increases, reducing the difference with the atmospheric pCO,, thus
slowing down the uptake of CO,. The influences of temperature and alkalinity are expected to become more
pronounced after the year 2100 when the ocean accumulates dissolved CO,, and thus, its buffering capacity di-
minishes. This occurs because the reductions in buffering capacity make oceanic pCO, more sensitive to changes
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in surface temperature and alkalinity than to the changes in surface DIC (Figure 8). Sea ice retreat and stronger
southern hemisphere westerly winds are expected to increase the uptake of CO, by enhancing the turbulent air-sea
CO, exchange. However, their effects are limited to the areas around Antarctica. In sum, the shallow ocean circu-
lation favors long-term uptake, acting as a negative feedback loop, while ocean warming and alkalinity decrease
present a positive feedback on the global carbon cycle after the year 2100. In our simulation, the atmospheric CO,
levels are prescribed to follow this scenario over time, and therefore we cannot assess how the changes in oceanic
uptake of CO, discussed here will influence atmospheric CO, concentrations as the global carbon cycle equili-
brates. Therefore, a fully interactive global carbon cycle, which is the atmospheric, ocean, and terrestrial carbon
cycle, including long responses of sediments and weathering, is needed to better understand how atmospheric
CO, concentrations will equilibrate after anthropogenic emission ceases.

Appendix A: Isolation of Factors That Change pCO,*"
Ocean pCO,, pCO,*", is a function of SST, SSS, DIC, and alkalinity (Sarmiento & Gruber, 2006); therefore,

the tendency in pCO,*" will be controlled by the tendencies of those quantities. Their effect on the tendency in
pCO,*" was isolated as follows.

olpeos™] opeos™] ar o[pcos™] a5 o[pcOs™| ofpic] o[pCOS"] o[ALK] ),

ot oT or oS ot a[DIC] ot a[ALK] or

where the first, second, third, and fourth terms on the right-hand side are tendencies in pCO,*" driven by SST,
SSS, surface DIC, and surface alkalinity. Each term in Equation A1 was calculated using consecutive 20-year
intervals in which the simulated changes in pCO,*" are accurately captured by a linear trend.

The terms on the right side of Equation A1l can be further decomposed as
d ln[ pcogﬂ

[ pcogcn] e, (A2)

o] o _ar
oT ot ot

o[ pcoz pcog | am| pcos
[ as2 Igzgx[ 52 L [aznsz } (A3)

where 6ln[ pCOEC"J / 0T and aln[ pCO%C“] / 8InS are the sensitivities of pCO, to changes in SST and SSS,
0.0423 (°C™1) and 1.0, respectively (Sarmiento & Gruber,, 2006).

Similarly, the DIC and alkalinity terms of Equation Al were further decomposed. The addition of freshwater
dilutes the ocean surface concentrations of properties, such as DIC and alkalinity, which affects the trend of
pCO,*". To consider this freshwater effect on pCO,*", we used salinity normalized DIC and alkalinity in the
following equations:

6[17CO‘2"""J ~o[pIC] zﬁ[pCO(z’C"J (s rspic] |- 0[pC03°"} [sDIC] a5 LS o[ sDIC]| Can
o[ pIC| ot o[pic] oS o[ pIC]| s, o S ot

o o

a[pCO‘z’““J O[ALK] 3[PC03C"J 0 [i[sALK]j _ a[”COgﬂ[[SALKJ o5 .S .M] (AS)

o[ ALK | ot o[ALK] ar(s JJALK] | S, a S, &

where [sDIC and [sALK} are the concentrations of salinity normalized surface DIC and alkalinity. These are
sDICJ =S5,/S8 DICJ and [sALKJ =S,/8 [ALK} and they were using the reference salinity
of S, (35 psu). The value of & pCO%C"] / 8[DIC] is the sensitivity of pCO,*" to changes in DIC. The inverse

expressed as

ratio of this sensitivity, that is, 6[DIC] / 6[ pCOQC"J, indicates the CO, buffering capacity of ocean waters (Rie-
besell et al., 2009). The following steps show how to compute 6[ pCO‘z’c“} / 6[DIC}, as shown in the previous

CHIKAMOTO AND DINEZIO

14 of 17

QSUQOIT suowwoy) aAnear) diqeaidde ay) £q pauIoaoS a1e sa[ore YO ‘asn Jo sa[ni 10y Areiqi auruQ A9[IA\ UO (SUOIIPUOD-PUE-SULID)/W0d K3[1m ATeIqjaut[uo//:sd)ny) suonipuo)) pue suld [, oyl 23S “[$707/20/61] uo Areiqr autuQ LI ‘060L009D1202/6201°01/10p/wos Kajim Keiqiourjuo'sqndnSe//:sdny woiy papeojumo( ‘g1 ‘1707 ‘bTT6vr61



A7t |
NI
ADVANCING EARTH
AND SPACE SCIENCE

Global Biogeochemical Cycles 10.1029/2021GB007090

Acknowledgments
M.C. and P.D. were supported by NSF
grant OCE-1635465.

study (Palevsky & Quay, 2017). First, we calculated pCO,*" from the annual average data of the model output
of SST, SSS, surface DIC, and surface alkalinity. Then, we additionally calculated pCO,*" using the same an-
nual average data but with surface DIC plus 1 mmol/m>. Last, the values of these pairs were subtracted. This
subtraction value indicates the change in pCO,*" with respect to the change in DIC at 1 mmol/m?. The value of

6[ pCO‘z’C“} / 6[ALK} was calculated in the same way as 8[ pCO‘z"’"} / 6[DIC], but with a change in alkalinity.

The global average of 6[ pCOZC"} / 6[DIC] is estimated to increase from 1.5 in the year 1850 to 13 in the year
2300, and buffering capacity will decrease from 0.72 to 0.07, down to 10% (Figure 8). The sum of the four effects
is close to the pCO,*" tendency (gray and black line in Figures 7b-7d), indicating that our approach captures the
overall change in pCO,**".

Data Availability Statement

The series of the earth system simulation in CESM1 that we analyzed in this study were downloaded from https://
www.earthsystemgrid.org/dataset/ucar.cgd.ccsm4.randerson2015.html. The observational data of sea-air CO,
flux in Figure la were downloaded from https://www.ldeo.columbia.edu/res/pi/CO2/carbondioxide/pages/air_
sea_flux_2010.html. Compiled data of sea-air CO, fluxes by the observations and model outputs of Figure 2 were
obtained from https://www.icos-cp.eu/science-and-impact/global-carbon-budget/2018 (Le Quéré et al., 2018).
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