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A B S T R A C T   

The response of the terrestrial hydrologic cycle to higher atmospheric CO2 remains poorly constrained, largely 
due to difficulty in predicting how land surface processes may modify individual hydroclimate parameters such 
as precipitation (P), evapotranspiration (ET), and runoff (q). To interrogate how the terrestrial hydrologic cycle 
may change with warming and higher CO2, we utilize the Cenozoic geologic record of terrestrial stable oxygen 
isotopes (δ18O) as recorded in authigenic minerals, which reflect precipitation δ18O (δ18Op). Values of δ18Op are 
sensitive to changes in terrestrial hydroclimate, including to the ratio of P/ET and to precipitable water. In short, 
decreasing P/ET or higher precipitable water produces shallower δ18Op gradients inland, whereas increasing P/ 
ET or lower precipitable water results in steeper δ18Op continental gradients. We compile nearly 15,000 samples 
of authigenic carbonate and tooth enamel across Eurasia—the largest continental landmass—that span the 
Cenozoic Era to reconstruct the past spatial distribution and zonal (i.e. east-to-west) gradients of δ18Op. We find 
that, in epochs with higher CO2, zonal δ18Op gradients increase, suggesting an increase in P/ET across Eurasia 
despite the expected increase in precipitable water in greenhouse climates. We compare these results to δ18Op 
gradients simulated by an isotope-enabled climate model (iCESM) forced with both pre-industrial (PI) and 4xPI 
CO2 mixing ratios. Simulated δ18Op gradients shallow as CO2 rises, in contrast to the reconstructed δ18Op gra
dients. This data-model mismatch suggests either that Earth system feedbacks not represented in our iCESM 
simulations, such as changes in Northern Hemisphere ice extent and vegetation, may have fundamentally 
changed Northern Hemisphere hydroclimate or that land-surface processes under high CO2 climates may be mis- 
represented in iCESM.   

1. Introduction 

Projections of the terrestrial water cycle response to higher atmo
spheric CO2 remain uncertain because the terrestrial water cycle is 
defined by several interacting components, including precipitation (P), 
evapotranspiration (ET), and runoff (q), each of which may change 
independently with warming (Scheff et al., 2022, 2017; Swann et al., 
2016). This uncertainty partly arises because the land surface plays a 
critical role in modifying the hydrological cycle (Mankin et al., 2018; 
Swann et al., 2016). The land surface, unlike the ocean, is not 
well-watered, meaning that in many places, ET is restricted by water 
availability rather than available energy. Further complicating the 
response of the terrestrial hydrological cycle to warming is the role of 
plants, which use water (i.e., transpiration) to fix CO2 into organic car
bon. The precise physiological response of plants to higher 

CO2—modulated by trade-offs between CO2 fertilized biomass growth 
and decreasing stomatal conductance—will partly determine how global 
transpiration changes in response to higher CO2 (Lemordant et al., 2018; 
Medlyn et al., 2011; Yang et al., 2019). However, predicting how plants 
and terrestrial ecosystems will respond to warming remains subject to 
considerable uncertainty; yet, this response will determine how much P 
is partitioned to ET or to q (Fisher et al., 2019; Lemordant et al., 2018; 
Mankin et al., 2018; Scheff et al., 2017). Lastly, though precipitation is 
likely to increase at the global-sale, models disagree on the amplitude, 
temporal distribution, and even the sign of regional changes (Douville 
et al., 2021; Scheff et al., 2022, 2017). The sum of these uncertainties 
and how they interact as CO2 rises makes predicting the response of the 
terrestrial hydrological cycle to warming difficult to constrain with 
models. 

We use the paleoclimate record to evaluate how the terrestrial water 
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cycle will change as CO2 rises, focusing on periods of extended warmth 
and high CO2 during the Cenozoic Era. To constrain past hydroclimate, 
we use the stable isotopes of oxygen (δ18O) as preserved in calcium 
carbonate and tooth enamel, which reflect past precipitation δ18O. 
Precipitation δ18O (δ18Op) is particularly sensitive to the relationship 
between P, ET, and q. As moisture is transported over land, P prefer
entially removes 18O from atmospheric water vapor, whereas ET 
generally resupplies the atmosphere with 18O (Rozanski et al., 1993; 
Winnick et al., 2014). Consequently, the rate of decrease of δ18Op over 
land along a prevailing storm track (what we term the δ18O gradient, 
following McDermott et al. (2011)) reflects the ratio of P to ET (and by 
extension q) and therefore net rainout (Kukla et al., 2019; Winnick et al., 
2014). In areas with high net rainout (high P/ET), δ18Op decreases 
rapidly inland; in contrast, in regions with high ET relative to P (low 
P/ET), δ18Op decreases only slightly, even over vast distances (Winnick 
et al., 2014). 

In this study, we build upon work by McDermott et al. (2011), who 
examined zonal gradients in Holocene speleothem δ18O across Europe. 
McDermott et al. (2011) demonstrated substantial changes in past δ18Op 
gradients over Europe in just the past 12 ka, though the precise mech
anism remained elusive. We extend this work by reconstructing zonal 
gradients of past δ18Op across the Eurasian continental interior over the 
Cenozoic to isolate the effect of warming and high CO2 on terrestrial 
hydroclimate. The continental interior of Eurasia provides a particularly 
favorable study region as it is the largest continental landmass on Earth 
and, north of the major Eurasian monsoonal systems, is largely domi
nated by a single air mass, with moisture transport from Europe to Asia 
driven by the westerlies (Numaguti, 1999; Rugenstein and Chamberlain, 
2018). Indeed, much of the precipitation that falls over interior Asia is 
sourced from evaporated or transpired continental moisture from 
Europe (Numaguti, 1999; van der Ent et al., 2010), permitting us to 
isolate the effects of higher CO2 on terrestrial hydroclimate. 

Today, these effects lead to a progressive decrease in δ18Op eastward 
across interior Eurasia—indeed, this observation originally inspired the 
term “continental effect” (Rozanski et al., 1993). Kurita et al. (2004) 
demonstrated that this decrease in δ18Op is intimately linked to P/ET: in 
summer, low P/ET ratios result in a shallow δ18Op gradient across 
interior Eurasia, whereas winter—with negligible ET and thus high 
P/ET—is characterized by a steep δ18Op gradient. We take advantage of 
this well-studied zonal δ18Op gradient and examine whether and how 
this zonal gradient has varied in the past in response to changing CO2. 
We find that, during periods of warmer temperatures and higher CO2 in 
the Cenozoic, the zonal δ18Op gradient steepens, driven by higher past 
δ18Op in Europe. 

We additionally compare the results of our reconstructed zonal δ18Op 
gradients to projected changes in δ18Op gradients at higher CO2 as 
simulated by an isotope-enabled Earth System Model (iCESM). The 
steepest zonal δ18Op gradient across Eurasia in iCESM occurs with pre- 
industrial CO2, whereas our geologic data indicate the steepest gradi
ents during epochs of elevated CO2. We suggest that this model-data 
discrepancy arises either from mis-representations of the processes 
that generate runoff in climate models—such as the temporal distribu
tion of precipitation—or from Earth system feedbacks not represented in 
our model experiments such as ice sheet decay and boreal forest 
expansion at high CO2 that may change the relationship between proxy 
δ18O and δ18Op. 

2. Background 

2.1. Oxygen isotope systematics 

As an air mass travels inland, precipitation progressively removes 
18O, resulting in characteristically low inland δ18Op, often referred to as 
the “continental effect” (Araguás-Araguás et al., 1998; Rozanski et al., 
1993; Winnick et al., 2014). However, ET typically returns high δ18Op 
moisture due either to the predominance of transpiration, which largely 

does not fractionate 18O (Kurita et al., 2004; Winnick et al., 2014), or to 
quantitative recycling of moisture to the atmosphere (Caves et al., 2015; 
Feng et al., 2013). Thus, the δ18Op gradient along a single storm track 
reflects the degree of net rainout (P/ET), with net rainout values near 
zero shallowing the δ18Op gradient, whereas high values of P/ET—such 
as across major mountain ranges—result in a steep δ18Op gradient 
(Caves et al., 2015; Kukla et al., 2019; Winnick et al., 2014). 

As CO2 rises, δ18Op is also impacted by the thermodynamic response 
of the atmosphere to warming (van Dijk et al., 2020; Winnick et al., 
2015). Because precipitable water increases at approximately 7%/K, but 
global P (and ET) only increases at ~2%/K (Held and Soden, 2006; 
Pendergrass and Hartmann, 2014), the total reservoir of atmospheric 
moisture increases. This effect alone dampens changes in δ18Op, causing 
decreases in both zonal and meridional gradients of δ18Op (Kukla et al., 
2019; van Dijk et al., 2020). 

This δ18Op is recorded in a variety of authigenic materials, including 
authigenic carbonates and tooth enamel (Breecker et al., 2009; Koch, 
2007; Leng and Marshall, 2004; McDermott et al., 2011). Carbonate 
δ18O (δ18Oc) is related to δ18Op—assuming isotopic equilibrium during 
formation—via a temperature-dependent fractionation (Kim and O’Neil, 
1997), though the sensitivity of this fractionation to temperature 
changes is small at Earth surface temperatures (~0.22‰/◦C). Tooth 
enamel δ18O (δ18Oe) reliably records the δ18O of an animal’s primary 
water source and reflects oxygen uptake and loss during tooth devel
opment (Domingo et al., 2013; Kohn, 1996). Reconstructions of past 
δ18Op from mammal δ18Oe offer different complications from that of 
δ18Oc. Although the internal regulation of body temperature alleviates 
uncertainty of mineral formation temperature by generating a constant 
offset between body-water δ18O (δ18Obw) and δ18Oe, physiological fac
tors affect δ18Obw by altering the magnitude of inward and outward 
oxygen fluxes (Domingo et al., 2013; Koch, 2007). Due to these physi
ological differences, various taxa-specific conversions from δ18Oe to 
δ18Op have been established for modern mammals and estimates of past 
δ18Op often rely on comparison to the closest living relative of the fossil 
taxa (Domingo et al., 2013). 

Using δ18Oc/e as a tracer of past or present δ18Op and hence P/ET is 
complicated by a variety of processes that modify δ18Oc/e largely inde
pendent of P or ET. For example, mixing of air masses with different 
moisture sources and therefore different δ18O can change δ18Op (Ara
guás-Araguás et al., 1998; Caves et al., 2015; Feng et al., 2013; 
McDermott et al., 2011). Topography also modifies δ18Op due to 
orographic precipitation (Campani et al., 2012; San Jose et al., 2020); 
thus, changes in past δ18Op may be due to changes in orography, rather 
than a hydroclimatic response to higher CO2. Changes in temperature, 
evaporation, and diagenesis (Garzione et al., 2004; Leng and Marshall, 
2004; Methner et al., 2020) can further decouple δ18Oc/e from past 
δ18Op. These complicating effects can often be identified and quantified 
by accounting for the spatial distribution of past δ18Op, which permit 
attribution of shifts in δ18Oc/e to changes in air mass mixing, local/re
gional topographic changes, temperature, diagenesis, or to global 
changes in CO2 (Caves et al., 2015; Kukla et al., 2022b; Liu et al., 2010; 
McDermott et al., 2011; Rugenstein and Chamberlain, 2018). 

2.2. Modern Eurasian continental interior hydroclimate 

Precipitation generally decreases eastward in the interior of Eurasia 
(Meyer-Christoffer et al., 2015; Oshima et al., 2015), though there are 
local precipitation maxima associated with topography. Precipitation is 
high in south and east Asia because of the South and East Asian Mon
soons (Fig. 1A,B). In contrast to the gradual decrease in precipitation 
eastward across interior Eurasia, precipitation seasonality has a sharp 
boundary coincident with major ranges in interior Asia around 70–80◦ E 
(Baldwin and Vecchi, 2016; Caves et al., 2017). Whereas most of interior 
Eurasia receives much of its annual rainfall between September and 
May—particularly in and around the Mediterranean and to the east in 
Arabia—most of interior Asia receives much of its rainfall in the summer 
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months (June, July, and August (JJA)) (Fig. 1C). This stark seasonality 
contrast has been attributed to the presence of the Siberian High in 
interior Asia that suppresses winter precipitation (Aizen et al., 2001; 
Oshima et al., 2015) as well as high topography in interior Asia that 
forces orographic precipitation during the migration of the mid-latitude 
jet in spring and fall (Baldwin and Vecchi, 2016; Caves et al., 2017). 

The Eurasian continental interior is linked hydroclimatically via the 
mid-latitude westerlies. The precipitation that falls in western Eurasia 
during the winter is evapo-transpired the following spring and summer, 
where it is transported downwind to interior Asia, precipitating in the 
summer (Numaguti, 1999; Oshima et al., 2015; Yatagai and Yasunari, 
1998). Thus, interior Asia is a major sink for continental precipitation 
that originated further west in Eurasia (van der Ent et al., 2010; Wang 
et al., 2017). The strength of this westerlies link across Eurasia varies 
with latitude due to the influence of topography and variable moisture 
sources in both Europe and Asia. The Mediterranean region receives 
moisture dominantly from the Mediterranean (Gat and Carmi, 1970). 
Further east, the Asian monsoonal systems transport large quantities of 
water northward, though the northward extent of this moisture trans
port is limited by the major east-west Tethyan mountain ranges in 
southern Eurasia—including the Hindu Kush, Pamir, and Himalayas 
(Araguás-Araguás et al., 1998; Caves et al., 2015; Rugenstein and 

Chamberlain, 2018). North of these ranges, westerly moisture—origi
nating originally in the North Atlantic—dominates the moisture budget 
(Araguás-Araguás et al., 1998; Numaguti, 1999; Yatagai and Yasunari, 
1998). 

3. Methods 

3.1. Compilation of proxy data 

We compiled data from 143 total publications that span the Cenozoic 
Era, with 57 publications based on samples collected in Europe and 86 
from Asia, totaling 14,810 unique samples (Table S3) and archived in 
the PATCH Lab (Kukla et al., 2022a). Although the compilation includes 
samples from the Paleocene epoch, the subsequent discussion only ex
amines data through the Eocene, as there are few Paleocene data. This 
compilation predominantly includes data from calcite proxies, including 
paleosol, lacustrine, and speleothem carbonate and mammal tooth 
enamel carbonate, though there is also tooth enamel phosphate data (n 
= 687 of 1178 enamel samples) from a diverse suite of taxa. Data from 
each study was screened for indications of evaporative enrichment or 
diagenetic alteration. Lacustrine datasets with positive covariation be
tween δ13C and δ18O were presumed to be evaporatively impacted and 

Fig. 1. (A) Topographic map of Eurasia. Gray points are all sampling sites in our compilation. Dashed black lines indicate the spatial extent of the filtered data used 
in calculating the zonal δ18Op gradient. (B) Mean annual precipitation (MAP) (mm/year) derived from the Global Precipitation Climatology Project (GPCP) 
(Meyer-Christoffer et al., 2015). Darker colors are higher precipitation amounts; lighter colors are lower precipitation amounts. (C) Precipitation seasonality, defined 
as the fraction of precipitation that falls between September and May over the total amount of precipitation, using GPCP data. Bluer colors indicate that the majority 
of precipitation falls between September and May; redder colors indicate that the majority of precipitation falls during the summer (JJA). 
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only the lowest 20% of values were used in site-averages from those 
localities (Li et al., 2015) (see also section 5.1.1). Data that the original 
studies highlighted as being potentially diagenetically altered were not 
included. 

We also compiled modern meteoric water δ18O (δ18Omw) data (n =
64,000) across Eurasia, including precipitation, river/stream water, 
groundwater, and tap water δ18O, using the International Atomic Energy 
Agency’s Global Network of Isotopes in Precipitation/Rivers database 
(IAEA/WMO, 2020a, 2020b), the Waterisotopes.org database, and 
select studies (see Table S4 for full list of references). We compile and 
analyze all of these water types because δ18Op data remains relatively 
sparse across much of interior Eurasia; however, river and stream wa
ters, groundwater, and tap water integrate across storm events and 
frequently reflect long-term average δ18Op (Rugenstein and Chamber
lain, 2018; San Jose et al., 2020), thereby providing a long-term δ18Op 
average across interior Eurasia. 

3.2. Conversion of proxy δ18O to past precipitation δ18O (δ18Opp) 

To directly compare δ18O across proxy types and with δ18Omw, we 
convert δ18Oc/e to an estimated past δ18Op. For δ18Oc, we use interpo
lated modern June-July-August (JJA) surface air temperatures for each 
sample location from reanalysis data (NCEP-DOE AMIP-II Reanalysis; 
Kanamitsu et al. (2002)) and adjust for estimated temperature differ
ences in the past relative to the modern using Cenozoic temperature 
estimates from benthic foraminifera (Lear et al., 2000). We use JJA 
surface air temperatures under the assumption that most authigenic 
carbonates (i.e., paleosol and lacustrine carbonates) in our compilation 
form during the summer months (Breecker et al., 2009). We also test the 
sensitivity of our results to the assumption of JJA temperatures by 
comparing our results with both mean annual temperatures and a 
spatially constant temperature (Figs. S12–14). We use these estimated 
paleo-surface temperatures to calculate the 18O fractionation between 
water and calcite (Kim and O’Neil, 1997). For δ18Oe data, we use pre
viously published mammal-specific δ18Oe – δ18Omw equations where 
possible. If no equation exists for a specific species or group, then a 
general equation calibrated for all mammals was used (Amiot et al., 
2004). In cases where only the carbonate component of the tooth enamel 
was reported, we use a general δ18Oc – δ18Omw equation (Zanazzi et al., 
2007). 

3.3. HYSPLIT modeling 

Since δ18Op is affected by air mass mixing, we use HYSPLIT—a model 
that tracks air parcels backward in time and space from a given location 
(Stein et al., 2015)—to understand which sites receive dominantly 
westerly moisture versus a mixture of westerly and non-westerly mois
ture. Air parcel trajectories were tracked backwards from a gridded set 
of locations (n = 63) across a latitudinal range of 30◦N to 55◦N and a 
longitudinal range of 0◦E to ~100◦E (Fig. 2). We use output from the 
Global Data Assimilation System (GDAS) with 1◦ x 1◦ resolution to 
calculate 168-hour back trajectories every 6 h from 2005 to 2016. At 
each location, we initialized trajectories at 1500 m above ground level, 
totaling 17,088 trajectories per site. Though HYSPLIT does not strictly 
track moisture, comparison with the Water Accounting Model 2-layers 
(see Supplemental Material Section 4; Fig. S2) demonstrates that 
across interior Eurasia, HYSPLIT approximates moisture sources well. 
We also provide seasonal HYSPLIT maps in the supplement (Fig. S3-S4) 

3.4. Data filtering 

To perform statistical tests on our δ18O data and limit our analysis to 
only sites that have likely received dominantly westerly moisture, we 
limit the latitudinal range of both the modern and paleoclimate data 
used in our analysis, based on the results of the HYSPLIT modeling. West 
of 50◦E (Europe), we include only samples between 47◦N-55◦N; east of 
50◦E (Asia), we include only data between 35◦N-55◦N (the northern
most proxy sample in Asia is 55◦N). When analyzing modern δ18Omw, we 
restrict our analysis to these same latitudinal bands. Hereafter, this 
limited dataset is referred to as the “filtered” dataset. 

For the filtered dataset, we calculate average past δ18Op values for 
both Europe and Asia in each epoch and perform a student’s t-test on the 
mean values to determine whether differences between Europe and Asia 
are significant (see boxplots in Fig. S11). To visualize and calculate the 
magnitude of the decrease in past δ18Op in different epochs, we present 
the data against longitude and calculate the slope of the past zonal δ18Op 
profile using a linear best-fit. Although the actual decrease in δ18Op 
across interior Eurasia does not change linearly (Fig. 3B), we use this 
linear approximation as it requires the fewest assumptions regarding the 
shape of the zonal δ18Op gradient. More complex formulations would 
require more data to further constrain the shape of the gradient. We 
utilize two methods to compare past zonal δ18Op gradients between 
epochs: 1) by determining the confidence interval at which the two 
slopes do not overlap, and 2) by calculating the significance of the 

Fig. 2. Map of density contours of precipitation-producing air parcel back-trajectories at nine select locations in Eurasia for 2006–2016 simulated using HYSPLIT. 
Colored lines indicate contours of precipitation-producing trajectory density; dark lines indicate low density, while lighter tones indicate high density. Yellow di
amonds indicate the starting point of each back-trajectory simulation. Note that the color scale for contour density is a log-scale. 
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difference between two linear slopes (Cohen et al., 2003). 

3.5. iCESM simulations 

We perform two simulations using the isotope-enabled version of the 
Community Earth System Model (iCESM1.2; Brady et al. (2019)) at a 
nominal 2◦ horizontal resolution using prescribed pre-industrial 
phenology to directly simulate the impact of the atmospheric CO2 con
centrations on δ18Op in the absence of paleogeographic shifts or changes 
in land surface properties. The iCESM simulations explicitly model the 
fractionation of 16O and 18O in the atmosphere and land surface hy
drologic cycle, including fractionation from evaporation on the land 
surface and condensation into clouds and precipitation. Both simula
tions were forced by prescribed sea surface temperatures and sea ice 
concentrations from two CESM2 simulations (“piControl” and 
“abrupt-4xCO2”) included in the CMIP6 archive (Eyring et al., 2016). 
CO2 mixing ratios for both the land and atmospheric models were held 
fixed at 284.7 or 1138.8 ppm for the piControl or 4xCO2 simulation, 
respectively. Both simulations were run for 15 years, with the first five 
years discarded to account for model spinup of surface temperature and 
the top 1 m of soil δ18O (Fig. S5). When calculating transects of model 
parameters (Fig. 6), we use the same latitudinal bounds as for the data 
(see Section 3.3). Transects are calculated as the time mean of monthly 
mean model output for simulated years six through fifteen. 

4. Results 

4.1. HYSPLIT results 

We find that the North Atlantic is the dominant moisture source for 
all latitudes (40◦N-55◦N) from 0◦E until 10◦E (Figs. 2, S1). East of 10◦E, 
Atlantic moisture only dominates at and above approximately 45◦N, 
whereas Mediterranean Sea moisture prevails for sites located between 
40 and 45◦N and between 10 and 40◦E. The Black Sea, Baltic Sea, and 
Caspian Sea each influence nearby sites. Indian Ocean moisture is 
effectively blocked at latitudes > 35◦N by the Tethyan ranges that bound 
Eurasia to the south. Eastward of 40◦E and north of 35◦N, westerly 
moisture dominates. Based on these HYSPLIT results and following 
previous work (Caves et al., 2015; Numaguti, 1999), we suggest that 
sites north of 47◦N in Europe and north of 35◦N in the interior of Asia 
receive dominantly westerly moisture (Figs. 2, S1). 

4.2. Modern meteoric water δ18O 

Generally, δ18Omw values are high in western Europe and progres
sively decrease across interior Eurasia (Fig. 3) (Rozanski et al., 1993). 
The lowest values in all of Eurasia are observed in the Himalayas, which 
receive moisture that is highly distilled due to orographic forcing of 
South Asian Monsoon rainfall (Araguás-Araguás et al., 1998; Wang 
et al., 2017). The high latitudes (> 55◦N) also have low δ18Omw due to 
distillation of moisture during poleward moisture transport (Winnick 
et al., 2015). There are prominent examples of regional minima in δ18Op 

Fig. 3. A) Map of meteoric water δ18O (δ18Omw) from groundwater, precipitation (annual mean), river/stream water, and tap water (see Table S4). Data within 
dashed lines represent data falling within Atlantic-dominated moisture trajectories (“filtered data”, 47◦N-55◦N in Europe, 35◦N-55◦N in Asia). B) Zonal gradient 
(black line) of modern δ18Omw (precipitation annual mean values are plotted), colored by latitude. Dashed lines represent the 95% confidence interval for the 
gradient. Colored and larger points represent “filtered data”; smaller, gray points are all points that fall outside of this range. C) Summer (JJA; red squares) and winter 
(DJF; blue squares) mean δ18Op values. Solid lines are regressions through the seasonal data and dashed lines are the 95% confidence interval. Gray points are all 
other meteoric water data (i.e., groundwater, river/stream water, and tap water) from either JJA or DJF within the Atlantic-dominated moisture trajectory region 
(“filtered data” as before). 
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in interior Eurasia as well. The windward flanks of the ranges in interior 
Asia, such as the Tien Shan, Altai, and Hangay, have low δ18Omw, which 
has been attributed to a combination of orographic rainout and pre
cipitation seasonality, which is focused predominantly in the spring and 
fall (Fig. 1) (Caves et al., 2017; Rugenstein et al., 2022). Around the 
Mediterranean, particularly to the east, δ18Omw is higher than across 
much of central and northern Europe. In east Asia (i.e., > 110◦ E), 
δ18Omw is relatively high due to the mixture of East Asian Monsoon 
moisture with westerly moisture (Araguás-Araguás et al., 1998). When 
plotted against longitude (Fig. 3B), the best-fit linear regression shows a 
decrease in δ18Omw eastward (slope = −0.023‰/◦E). The scatter in the 
δ18Omw data also increases eastward, largely due to inclusion of data 
from the high-elevation Tian Shan and Mongolian Plateau (Caves et al., 
2015). When only examining δ18Op (Fig. 3C), the JJA zonal δ18Op 
gradient is shallower than the wintertime (DJF) zonal δ18Op gradient. 
This trend of decreasing or largely invariant δ18O eastward holds across 
different types of water (i.e., precipitation, groundwater and river/
stream water, and tap water), with slopes ranging from −0.031 ‰/◦E to 
0.011 ‰/◦E (Fig. S15). This trend also holds when excluding data from 
East Asia (i.e., > 110◦ E) that might be impacted by air mass mixing 
(Fig. S15A; slope = −0.032 ‰/◦E) or high-elevation data (i.e. > 1500 m) 
that may be impacted by orographic precipitation processes (Fig. S15B; 
slope = −0.009 ‰/◦E). 

4.3. Past precipitation δ18O 

The spatial distribution of past δ18Op reconstructed from proxy 
δ18Oc/e is similar to the modern, but with variations in the absolute 
value of past δ18Op between different geologic epochs (Fig. 4; Table 1). 
In nearly all epochs, past δ18Op values decrease towards the east, as 
observed in the modern. There are also similar regional trends 
throughout the Cenozoic, such as persistently low past δ18Op in southern 
Tibet. High, past δ18Op values around the Mediterranean persist 
throughout the Miocene. Average past δ18Op values for interior Asia 
(>50◦E, 35–55◦N) remain relatively invariant throughout the Cenozoic 

(Table S1; Fig. S11), with mean values of the filtered data varying only 
by ~2‰, between −9.31 ± 1.91‰ (Oligocene; n = 30 sites) and −7.49 
± 1.77‰ (late Miocene; n = 26 sites). Conversely, there is a pronounced 
decrease in past δ18Op in Europe between the late Miocene (−2.47 ±
3.44‰; n = 9 sites) and Pliocene (−9.30 ± 0.98‰; n = 8 sites). From the 
Eocene through the late Miocene, past δ18Op in Europe is statistically 
indistinguishable and high; in the Pliocene and Quaternary, past δ18Op is 
statistically indistinguishable and low (Table S2; Fig. S11). 

The slope of past zonal δ18Op gradients varies through time. The 
zonal δ18Op gradient is shallowest in the Quaternary and Pliocene, with 
no statistical difference between Europe and interior Asia past δ18Op in 
these epochs or between the zonal slopes (Fig. 5; Tables 1, 2; Fig. S11). 

Fig. 4. Maps of past δ18Op reconstructed from proxy δ18Oc/e for the Quaternary through the Eocene. Values of past δ18Op are reconstructed from δ18Oc using 
interpolated summer (JJA) 2 m surface air temperatures (Kanamitsu et al., 2002), adjusted for estimated global paleotemperatures at time of mineral formation (Lear 
et al., 2000), and equilibrium fractionation factors (Kim and O’Neil, 1997). Values of past δ18Op are reconstructed from δ18Oe using either mammal-specific or 
general (Amiot et al., 2004; Zanazzi et al., 2007) equations. (A) Quaternary. (B) Pliocene. (C) Late Miocene. (D) Early Miocene. (E) Oligocene. (F) Eocene. 

Table 1 
Means and 1σ of reconstructed past δ18Op in Europe and Asia of filtered data 
(<50◦E: 47◦−55◦N; >50◦E: 35◦−55◦N), organized by epoch (the Miocene is 
split into the early and late Miocene due to the abundance of Miocene data). The 
P-value is derived from a t-test of significant difference between the Asia and 
Europe populations within a single epoch. All values given in VSMOW (‰) (past 
zonal δ18Op gradient: ‰/◦longitude). See Tables S1 and S2 for t-tests between 
epochs of Asia and Europe sample populations and Figure S11 for box plots of 
the Europe and Asia past δ18Op in different epochs.  

Geologic 
Epoch 

Europe 
δ18Op 

1σ Asia 
δ18Op 

1σ p-value Gradient 

Modern −9.06 1.61 −11.15 3.20 2.24e- 
26* 

−0.023 

Quaternary −8.84 2.53 −8.89 2.21 0.093 −0.0075 
Pliocene −9.30 0.98 −8.41 1.82 0.075 0.012 
Late Miocene −2.47 3.44 −7.49 1.77 0.0021* −0.062 
Early 

Miocene 
−3.38 3.75 −8.95 1.83 5.00e- 

04* 
−0.065 

Oligocene −3.06 3.93 −9.31 1.91 4.69e- 
06* 

−0.076 

Eocene −2.74 3.21 −7.58 1.80 8.95e- 
07* 

−0.058  

* Indicates significant difference between Europe and Asia isotope populations 
(p < 0.05). 
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The zonal gradients are steepest in earlier epochs, with the highest 
gradients in the late Miocene, early Miocene, Oligocene, and Eocene. 
Each of these four periods have statistically distinct past δ18Op between 
Europe and interior Asia, but the zonal gradients between these time 
periods are not statistically different (Tables 1, 2; Fig. S11). The only 
statistically distinct change in the zonal gradient occurs between the late 
Miocene and Pliocene (Table 2). These shifts do not appear to be caused 
by large differences in past δ18Op due to different proxy types, as there is 
substantial overlap in past δ18Op among all proxy types (Figs. S9-S10). 
Though we plot this in Figs. 4 and 5 with modern latitude and longitude, 
calculating past zonal δ18Op gradients using paleo-coordinates due to 
plate movement during the Cenozoic (Seton et al., 2012) does not alter 
the trends presented above (Figs. S7-S8). Similarly, using mean annual 
or spatially constant surface air temperatures to reconstruct past δ18Op 
does not alter these trends (Figs. S12-S14). 

4.4. iCESM results 

Fig. 6 shows latitudinally averaged transects of δ18Op, precipitable 
water, P, P-ET, and P/ET from the iCESM simulations taken across the 
length of interior Eurasia. Figs. 6A and 6B illustrate that the iCESM 
simulations successfully simulate a zonal δ18Op gradient and that this 
gradient becomes shallower in the 4xCO2 simulation. Precipitable water 
is approximately twice as high in the 4xCO2 simulation as it is in the 

piControl simulation, and the zonal decrease in precipitable water in the 
4xCO2 simulation is smaller than the zonal decrease in precipitable 
water in the piControl simulation. In contrast, precipitation, evapora
tion, and runoff (i.e., P minus E) show small or negligible changes be
tween the two simulations. 

5. Discussion 

Our δ18O compilation demonstrates a significant shallowing of past 
zonal δ18Op gradients across the continental interior of Eurasia over the 
Cenozoic and, importantly, differs from the change predicted by isotope- 
enabled climate model simulations. We suggest that the steeper zonal 
δ18Op gradients during past warm epochs indicates that net rainout was 
greater in higher CO2 climates than today. However, there are several 
factors that can decouple δ18Oc/e from past δ18Op, such as diagenesis or 
evaporation. Further, changes in paleogeography, including changing 
inland sea or ice sheet extent, complicate direct comparison between our 
reconstructed zonal δ18Op gradients and the simulated δ18Op gradients. 
We first discuss and compare the simulated and reconstructed zonal 
δ18Op gradients, and then we examine several factors which might 
explain the divergent simulated and reconstructed zonal δ18O gradients. 

Fig. 5. Zonal δ18Op gradients (black lines) reconstructed from proxy δ18Oc/e for the Quaternary through the Eocene using average summer (JJA) 2 m surface air 
temperature. Gray dashed lines indicate the 95% confidence interval for the reconstructed gradients. Red dashed lines show the zonal δ18Op gradient without 
lacustrine δ18Oc data. Colored and larger points represent data falling within Atlantic-dominated moisture trajectories (“filtered data; 47◦N-55◦N in Europe, 35◦N- 
55◦N in Asia); smaller, gray points are all points that fall outside of this range. A: Quaternary; B: Pliocene; C: Late Miocene; D: Early Miocene; E: Oligocene; F: Eocene. 
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5.1. Simulated zonal δ18Op gradients 

Zonal δ18Op gradients shallow as CO2 rises in our iCESM experi
ments. We attribute this model behavior to the thermodynamic response 
of atmospheric moisture to warming (Held and Soden, 2006). Precipi
table water increases at a faster rate than P and ET in response to 
warming, which results in a larger atmospheric moisture reservoir and, 
consequently, smaller changes in δ18Op spatially (van Dijk et al., 2020; 
Winnick et al., 2015). Though this thermodynamic explanation is only 
strictly applicable at the global scale, it does appear to also explain our 
modeled mid-latitude data, and previous work has found that this con
ceptual scaling of the hydrological cycle—that precipitable water in
creases faster than P—is valid almost everywhere (Siler et al., 2018). 

Given that these thermodynamic mechanisms are well-understood 
and occur on a global basis even in the geologic past (van Dijk et al., 
2020; Winnick et al., 2015), we view a shallowing of the zonal δ18Op 
gradient as the expectation for the data and any deviations from this 
signal must be due to other processes that modify either δ18Op or 
δ18Oc/e. Thus, we next seek to understand why our geological data dis
agrees with these iCESM results. That our reconstructed zonal δ18Op 
gradients steepen during epochs with high CO2 suggests other processes 
either decouple the proxy δ18O values from prevailing hydroclimate or 
that there are processes not captured in our iCESM simulations, such as 
different ice sheet extent or vegetation or mis-parameterized land sur
face processes, that modify the response of δ18Op to CO2 forcing in the 
geologic past. 

5.2. Modern and reconstructed zonal δ18Op gradients 

Today, modern δ18Omw decreases eastward (Fig. 3), consistent with 

Table 2 
Significance of differences in the reconstructed zonal δ18Op gradients using the 
filtered data (<50◦E: 47◦−55◦N; >50◦E: 35◦−55◦N). Difference significance is 
measured between time-adjacent epochs using 1) confidence intervals at which 
the slope of the zonal δ18Op gradients are statistically distinct and 2) p-values 
from t-test of significant difference between gradients between epochs (Cohen 
et al., 2003). The only statistically significant difference in the reconstructed 
zonal δ18Op gradients occurs between the Pliocene and late Miocene.  

Geologic 
Epoch 

Confidence Interval 
at which Slopes are 
different (with 
lacustrine data) 

P- 
value 

Confidence Interval 
at which Slopes are 
different (without 
lacustrine data) 

P- 
value 

Modern- 
Quaternary 

99% 0.053 93% 0.076 

Quaternary- 
Pliocene 

99% 0.087 98% 0.065 

Pliocene-late 
Miocene 

99% 0.0005 
* 

99% 0.048 
* 

late Miocene- 
early 
Miocene 

18% 0.87 9% 0.93 

early 
Miocene- 
Oligocene 

63% 0.47 90% 0.22 

Oligocene- 
Eocene 

92% 0.26 10% 0.93  

* Indicates statistically significant change in the isotope gradient between 
epochs (p < 0.05). 

Fig. 6. Zonal profiles of iCESM output across Eurasia. Blue lines are from the piControl simulation (284.7 ppm CO2); red lines are from the 4xCO2 simulation (1138.4 
ppm). A: δ18Op (‰); B: Change in δ18Op (‰) normalized to the δ18Op average between 0 and 30◦E (shown in gray); C: Precipitable water (mm); D: Percentage change 
in precipitable water (%) normalized to the average precipitable water content between 0 and 30◦E (shown in gray); E: Precipitation (P; solid lines) and runoff (q; 
dashed lines) (mm/day); F: P/ET. Thin dashed line at 57◦E in all panels indicates the change in latitudinal width used to calculate these profiles (47◦N-55◦N in 
Europe, 35◦N-55◦N in Asia). Note that for the iCESM output, the change in latitudinal width occurs at 57◦E and not at 50◦E (as for the filtered data) to avoid 
averaging data over the Caspian Sea. 
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the idea that δ18Omw gradually decreases across continental interiors 
due to progressive rainout of moisture (Rozanski et al., 1993). Similarly, 
the JJA zonal δ18Op gradient is shallower than the DJF zonal δ18Op 
gradient (Fig. 3C), again consistent with the idea that ET during JJA 
re-supplies the westerlies with higher δ18O moisture (Kurita et al., 
2004). Though the precise slope of this zonal δ18Omw gradient is sensi
tive to the data included in the linear regression (Fig. S15), in all cases, 
the slope of the modern zonal δ18Omw gradient is shallower than the 
reconstructed zonal δ18Op gradients from the Eocene to the late 
Miocene. Indeed, if the range of slopes of the modern zonal δ18Omw 
gradient is taken as a measure of uncertainty as to the true slope, these 
values encompass the slope of the reconstructed Quaternary and Plio
cene zonal δ18Op gradients. 

Reconstructed zonal δ18Op gradients are steeper during high-CO2 
epochs, and the shift from steep to shallow gradients occurs between the 
late Miocene and Pliocene. Because mean past δ18Op in interior Asia has 
remained largely invariant over the Cenozoic (Tables 1, S1) (Caves et al., 
2015), varying only by ~2‰ between the Eocene to the Quaternary, the 
shallowing of the zonal gradient between the late Miocene and Pliocene 
is caused by a decrease in mean past δ18Op in Europe, which decreases 
~7‰ between the Miocene and Pliocene (Tables 1, S2). This δ18Op 
decrease may be attributable to the paucity of Pliocene data in Europe, 
which are all located in modern-day Hungary and Slovakia. These sites 
are thus relatively far inland compared with the spatial distribution of 
data in other epochs (Figs. 4, 5) and, consequently, these samples likely 
record already distilled moisture, typically reduced by several per mille 
relative to western Europe δ18Op (McDermott et al., 2011; Rozanski 
et al., 1993). Thus, these data may not record the initial zonal δ18Op, but 
are rather lower due to their inland location, thereby artificially shal
lowing the zonal δ18Op gradient. Further, the only Pliocene samples are 
of the same proxy type (mammal tooth enamel), potentially further 
biasing our reconstructed zonal gradient. However, there is substantially 
more Quaternary data, including all proxy types, that cover a greater 
geographic distribution. Our reconstructed Quaternary zonal δ18Opp 
gradient is statistically indistinguishable from the Pliocene zonal 
gradient and similar to the modern δ18O gradient, suggesting that a 
shallow, late Cenozoic zonal δ18Op gradient is a robust feature of the 
data. Thus, while we cannot confidently state that the shallowing of the 
longitudinal profile occurred at the Miocene-Pliocene boundary, it 
certainly had occurred by the Quaternary. 

5.3. Parsing model-data disagreement 

There are several factors that may explain the divergent responses of 
the data and modeled zonal δ18Op gradients to varying CO2. Such factors 
include mechanisms that could decouple δ18Oc/e from hydroclimate 
changes, shifts in paleogeography that alter δ18Op, but are not accounted 
for in our iCESM simulations, and/or mis-representations of land surface 
or isotope fractionation processes in iCESM. Below, we discuss these 
processes and conclude with the most likely reasons that our recon
structed and simulated zonal δ18Op gradients diverge. 

5.3.1. Mechanisms to decouple proxy δ18O from hydroclimate changes 
Several factors can modify δ18Oc/e independent of the original past 

δ18Op. Burial diagenesis induces a temperature-dependent fractionation 
that tends to lower the δ18O preserved in minerals due to high burial 
temperatures (Garzione et al., 2004). However, Paleogene δ18Oc data 
from Europe, which given its age may have experienced some degree of 
burial diagenesis, has instead higher δ18Oc values than late Cenozoic 
δ18Oc data. We note there are only small changes in the interior Asia 
δ18Oc data. Thus, we suggest that diagenesis is not the cause of past 
steeper zonal δ18Op gradients. 

Evaporation frequently affects lacustrine carbonates by increasing 
lake water 18O, thus increasing δ18Oc above δ18Op; however, while 
evaporation affects the exact slope of the reconstructed zonal δ18Op 
gradients (Fig. 5), we suggest that evaporation is not the primary reason 

why these gradients are steeper under higher CO2. Though the data from 
Asia have been previously screened for evaporative effects (Rugenstein 
and Chamberlain, 2018), we screened the Europe data for evaporative 
effects by using only the lowest 20% of δ18Oc values (black lines in 
Fig. 5) (Li et al., 2015). However, even when all lacustrine data are 
removed from the analyses, we still find the same general trend of 
shallower zonal δ18Op gradients in the late Cenozoic (red dashed lines in 
Fig. 5). Additionally, although the gradients with no lacustrine data are 
shallower in the Eocene, Oligocene, and Miocene relative to the gradi
ents with lacustrine data, we observe that both with and without 
lacustrine samples, the only occurrence of a statistically significant 
change in the slope of the zonal δ18Op profile is between the late 
Miocene and Pliocene (Table 2), suggesting that the results are robust 
even after removing those samples most likely affected by evaporation. 
Finally, in both the Eocene and Oligocene, there are non-lacustrine 
proxy data in Europe with similarly high δ18Oc values, suggesting high 
δ18Oc in the early Cenozoic in Europe is not merely an evaporative 
effect. 

5.3.2. Paleogeographic and paleoclimatic changes 
Major changes in paleogeography have occurred in Eurasia during 

the Cenozoic, potentially impacting moisture sources and the season
ality of precipitation. Importantly, these paleogeographic changes are 
not accounted for in our iCESM simulations. Paleogeographic changes 
include topographic changes associated with closure of the Tethys 
Ocean and related uplift of Tethyan ranges stretching from the Pyrenees 
to the Himalayas (Botsyun et al., 2019; Campani et al., 2012; Huyghe 
et al., 2012); continued westward retreat and shrinkage of the Para
tethys during the Neogene (Popov et al., 2006), and; northern high 
latitude glaciation and vegetation changes, which became particularly 
pronounced in the Quaternary as boreal forests were replaced by tundra 
(Feng et al., 2022; Mudelsee and Raymo, 2005). 

Each of these paleogeographic changes would result in predictable 
changes in δ18Op across Eurasia. The Tethyan ranges predominantly 
block southerly (e.g., Mediterranean Sea or Indian Ocean) moisture from 
reaching northern Eurasia given their orientation, rather than blocking 
Atlantic or continental westerly moisture (Rugenstein and Chamberlain, 
2018) (Figs. 1,2). Previous work suggests that this blocking of southerly 
moisture has been a long-standing feature in Eurasia, supported by low 
δ18O directly in the lee of the Himalayas (Fig. 4) and high δ18O in 
interior Asia throughout the Cenozoic (Caves et al., 2015; Rugenstein 
and Chamberlain, 2018). Further, the timing of uplift of these Tethyan 
ranges is not coincident with changes in the zonal δ18Op gradient. In 
particular, if these ranges did not block moisture at some point in the 
past and monsoonal moisture—transported for example by a northward 
shifted East African low-level jet—reached farther north, this would 
result in high δ18O moisture being transported into interior Eurasia; 
however, in the Paleogene, interior Asia δ18Op is similar to and some
what lower than Neogene δ18Op (Caves et al., 2015). In Europe, past 
δ18Op does decrease as perhaps expected due to distillation of moisture 
over high topography, but this δ18Op decrease does not correspond 
temporally with uplift of any of the major ranges in Europe that block 
Mediterranean moisture (Campani et al., 2012; Huyghe et al., 2012; San 
Jose et al., 2020). Thus, we suggest that the uplift of these Tethyan 
ranges—and hence changes in the blocking of southerly moisture—in 
Eurasia does not explain why reconstructed zonal δ18Op gradients were 
steeper in the geologic past. 

If the Tethys and Paratethys provided a substantial moisture source 
in the middle of Eurasia, we would expect past δ18Op in interior Asia to 
be substantially higher, given that these marginal seas had δ18O values 
near 0‰ and would therefore be supplying relatively high δ18O moisture 
downwind, relative to continental-derived moisture δ18O (<< 0‰). Yet, 
past δ18Op in interior Asia is not higher in the Paleogene and is, indeed, 
substantially lower than past δ18Op values in Europe. Thus, while the 
expected effect of the Tethys and Paratethys on zonal δ18Op gradients 
would be to shallow these gradients, we instead observe that the steepest 
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zonal gradients coincide with peak spatial extent of these inland seas. 
Lastly, Northern Hemisphere glaciation and vegetation change is 

thought to have had major effects on atmospheric circulation (Feng 
et al., 2022); the midlatitude westerlies were likely weaker and shifted 
poleward during the warmer early Pliocene, then stronger and shifted 
equatorward after Northern Hemisphere glaciation ~2.7 Ma (Abell 
et al., 2021). The timing of the δ18Op decrease in Europe in the Pliocene 
and Quaternary approximately coincides with these changes. The 
combined effect of glaciation and high latitude vegetation change is 
thought to modify the position and strength of Northern Hemisphere 
stationary waves and the high latitude latent heat flux, both of which 
will modify moisture transport across Eurasia (Feng et al., 2022). 
South-shifted and strengthened westerlies may have contributed to 
lower δ18Op in Europe by displacing any southerly derived moisture 
with lower, North Atlantic-derived δ18O westerly moisture (i.e., Gao 
et al., 2021). Further, interactions between ice sheet growth and North 
Atlantic circulation may have also changed precipitation seasonality 
(Methner et al., 2020), shifting precipitation towards the shoulder sea
sons and dampening precipitation derived from summertime convective 
activity (McDermott et al., 2011) due to the southward shift of the 
mid-latitude westerlies. Some authigenic mineral proxies—such as 
paleosol carbonates—are particularly sensitive to precipitation season
ality and tend to reflect the δ18Op value from the rainy season (Breecker 
et al., 2009; Caves et al., 2017). Such seasonality changes may have 
imparted a significant effect on δ18Oc/e because δ18Op seasonal vari
ability is high across Eurasia (Fig. 3C) (Araguás-Araguás et al., 1998; 
Rozanski et al., 1993). Variable precipitation seasonality may explain 
why past δ18Op in Europe declined, but there was no corresponding shift 
in past δ18Op in interior Asia, as precipitation seasonality in interior Asia 
is thought to be dominantly controlled by topography rather than the 
presence of Northern Hemisphere ice (Rugenstein et al., 2022; Rugen
stein and Chamberlain, 2018). The net effect of all these factors may 
have substantially decreased past δ18Op in Europe, and the timing of this 
decrease suggests it may have been influenced by Northern Hemisphere 
glaciation and high-latitude vegetation changes. Because ice sheet 
extent and vegetation in our iCESM simulations remain fixed, this effect 
on Eurasia hydroclimate is not captured in our simulations and may 
explain the divergent responses at high CO2 in the zonal δ18Op gradient. 

5.3.3. Absent or poorly constrained land surface processes in iCESM 
The fact that reconstructed zonal δ18Op gradients steepen rather than 

shallow suggests that other processes that affect net rainout and runoff 
generation—besides the thermodynamic response of the hydrological 
cycle to warming—may exert a substantial effect on the terrestrial hy
drological cycle in response to warming. How these processes, many 
encapsulated within the land surface model, will change in response to 
warming remain uncertain (Fisher et al., 2019). Our simulations suggest 
that these absent or largely parameterized processes result in a shal
lowing of the zonal δ18Op gradient rather than the observed steepening. 

Though a full accounting of the effect of these parameters on δ18O is 
outside the scope of this study, we focus here on three processes that 
control ET and q and which are thought to change in a warmer world. 
These processes include (1) greater partitioning of annual precipitation 
into wet seasons and extreme storms, which will tend to produce greater 
q and reduced ET as plants are unable to use all of the available P during 
the wet season or during storms (Scheff et al., 2022); (2) plant physio
logical responses to rising CO2, which are absent in our simulations and 
which can act to both reduce stomatal conductance (reducing transpi
ration) and/or spur increases in leaf area due to CO2 fertilization 
(increasing transpiration) (Lemordant et al., 2018), and; (3) increases in 
the vapor pressure deficit due to rising temperatures that drive increased 
leaf-level evaporation (increasing transpiration) (Scheff et al., 2022). In 
models, many of these processes are emergent properties, partially 
controlled by many different land surface parameters, such as the 
Medlyn slope, specific leaf area, and soil properties (Fisher et al., 2019), 
whose sum in response to warming and rising CO2 determine how these 

processes modify ET and q in warmer climates. Together, the sum of 
these, plus additional, processes determine whether P will be increas
ingly partitioned to q or to ET as CO2 rises, thereby determining whether 
the ratio of P to ET will increase or decrease. 

Models tend to show that, as CO2 increases, q will increase at a 
slightly higher rate than P, suggesting that the fraction of P partitioned 
into ET will decrease slightly (Swann et al., 2016; Zhang et al., 2014). 
This increases the P/ET ratio and should result in a steepening of the 
zonal δ18Op gradient. However, higher precipitable water typically 
overwhelms this effect, resulting instead in shallower δ18Op gradients 
under high CO2 in model simulations (see Fig. 6 and Section 5.1). 
Though our analysis cannot pinpoint which of the above processes may 
lead to the disagreement between the data and our simulations, the 
observed steeper zonal δ18Op gradients potentially indicate that a far 
greater fraction of P should be partitioned to q in a higher CO2 world, 
thereby resulting in a steeper zonal δ18Op gradient despite the effect of 
increasing precipitable water. Our simulations, in contrast, show only a 
small or negligible increase in q across the continental interior of Eurasia 
(Fig. S16). Because the many parameters that control the partitioning of 
P on the land surface are difficult to empirically constrain (Fisher et al., 
2019), small changes in these parameters (and in processes not included 
in our iCESM simulations) may modify the partitioning of P into ET and 
q. The implication of steeper reconstructed zonal δ18Op gradients than 
simulated by iCESM is thus that q may be much more sensitive to 
warming than P (and more sensitive than iCESM indicates (see 
Figure S16)), resulting in a substantial increase in the P/ET ratio in the 
mid-latitudes. 

Additional factors that may decouple simulated and reconstructed 
zonal δ18Op gradients are incorrect parameterizations of the water cycle 
and associated isotopic fractionations during formation and evaporation 
of precipitation (Man et al., 2022). For example, isotope-enabled climate 
models struggle to properly simulate the observed relationship between 
convective precipitation fraction and δ18Op (Hu et al., 2018), and this 
fraction impacts interannual δ18Op (Aggarwal et al., 2016). The sum of 
these processes with warming will determine how simulated δ18Op 
changes across interior Eurasia, and any biases or mis-parameterizations 
may result in divergent simulated and observed zonal δ18Op gradients. 
Ultimately, further work to constrain why interior Asia δ18Op increases 
faster than δ18Op in western Eurasia as CO2 rises in iCESM is necessary to 
understand this data-model disagreement. 

6. Implications and conclusions 

Our compilation of nearly 15,000 stable isotope samples from 
authigenic carbonates and tooth enamel from Eurasia over the Cenozoic 
demonstrates that past zonal δ18Op gradients have varied substantially, 
with steeper gradients during warmer, higher CO2 epochs. Comparison 
of δ18Oc/e data from Europe and Asia indicates that the shallower late 
Cenozoic zonal δ18Op gradient is driven primarily by a large decrease in 
δ18Oc/e after the Miocene. Intriguingly, simulations using an isotope- 
enabled climate model (iCESM) indicate that, at higher CO2, zonal 
δ18Op gradients shallow, in contrast to the observations. This data-model 
disagreement does not appear to be caused by diagenetic or evaporative 
effects, particularly as the same significant change in reconstructed 
zonal δ18Op gradients appears even when removing all lacustrine data. 
Further, despite substantial changes in the extent of inland seas and 
topography during the Cenozoic in Eurasia, changes in the reconstructed 
zonal δ18Op gradients do not appear to be driven by these paleogeo
graphic changes. 

Instead, we suggest that the divergent reconstructed and simulated 
δ18Op zonal gradients are due either to the effect of Northern Hemi
sphere ice sheet and vegetation changes on westerly moisture transport 
and precipitation seasonality or due to the absence or mis- 
representation of land surface processes in iCESM that partition too 
much precipitation to ET in warmer, higher CO2 climates. The timing of 
the shallowing of the zonal δ18O gradient between the late Miocene and 
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Quaternary is approximately coincident with the inception and inten
sification of Northern Hemisphere ice growth and retreat of the boreal 
forest to the south. Thus, the divergent reconstructed and simulated 
zonal gradients may point to a fundamental control by ice sheets and 
high-latitude vegetation on Eurasia hydroclimate (Feng et al., 2022). 
Alternatively, many of the land-surface parameters in iCESM that 
collectively determine how P is partitioned to ET and q are poorly 
constrained, particularly as atmospheric CO2 and temperature increases 
(Fisher et al., 2019). Thus, the divergent reconstructed and zonal gra
dients may arise due to prescribed rather than interactive phenology and 
parameterizations in iCESM that result in a greater fraction of P being 
partitioned to ET, lowering the P/ET ratio, and shallowing the zonal 
δ18Op gradient. Because the effect of rising precipitable water on δ18O 
gradients is well-established (van Dijk et al., 2020; Winnick et al., 2015), 
if these land surface processes are responsible for the data-model 
disagreement, then the steeper reconstructed zonal δ18Op gradients 
indicate that q must be substantially more sensitive to rising CO2 than 
currently estimated. Distinguishing between whether model boundary 
conditions, the prescribed phenology in our simulations, or 
mis-parameterizations in the land surface and isotope modules of iCESM 
drives this data-model disagreement will require additional work, 
including isotope-enabled model simulations with interactive 
phenology, different ice sheet and land surface boundary conditions, 
and further data from the late Cenozoic and from additional sites and 
proxy sites that are poorly represented. 

Ultimately, our ability to understand the response of the critical 
parameters of P, ET, and q to warming is partly limited by our inability 
to constrain how the land surface—and its role in the water cycle—will 
respond to warming. This uncertainty makes the geologic record of δ18O 
particularly promising as a way of probing how the terrestrial water 
cycle responds to warming. Based upon this premise, we tested model 
projections of warming against geologic data that potentially isolates the 
role of the land surface in the terrestrial hydrological cycle and found a 
substantial data-model disagreement. Parsing the reasoning behind the 
model-data discrepancy found herein will ultimately yield greater con
fidence in models and in our understanding of the evolution of past 
climates over Earth’s largest continental landmass. 
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