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A B S T R A C T

In the early 20th century, after contributing major advances in calculating radiation forcing on planetary bodies, 
Milutin Milankovitch the Serbian mathematician took up the challenge of explaining why Earth has experienced 
recurrent episodes of glaciation. Influenced by the ideas of his predecessors, Milankovitch developed a theory 
that centered on the notion that summertime temperature at high northern latitudes is the most important in
fluence on the advance and retreat of glaciations. The calculations revealed a periodicity in summer insolation 
that had a reasonable correspondence with what was then known about the occurrence of ice ages. From that was 
born the elemental foundation of the orbital theory of the ice ages. That theory evolved over the next three 
decades while retaining the fundamental tenant that summer season insolation at the higher northern latitudes 
determines Earth’s climate variability. Scientists of the day were skeptical, and it was not until the 1960s that 
new techniques became available to test the temporal predictions of Milankovitch’s theory. The orbital theory 
gained support in the 1950s and 60s when methods for paleoclimate reconstructions documented an orbital-like 
recurrence pattern of cold and warm climate conditions spanning the past 2.5 million years. Accompanying the 
documentation of Earth’s climate rhythmicity from marine archives have been advances in other areas, including 
ice core records of atmospheric CO2 that pose challenges to the original orbital theory, namely what role have 
variations in atmospheric CO2 played in dictating the transitions from warm to cold and, what caused orbital 
scale variations in greenhouse gas concentrations? In this contribution we review the current state of knowledge 
about the Earth’s carbon cycle on glacial/interglacial timescales and explore how new information has begun to 
shed light on the long-standing goal to understand Earth’s natural climate rhythmicity. The findings presented 
here highlight the need to expand research on Earth’s geologic processes that influence the carbon budget on 
glacial timescales. And with this comes a new hypothesis that incorporates geologic processes in orbital scale 
climate cycles.   

1. Introduction

This contribution poses a question that arises from nearly a century
of climate research that has sought to understand the factors responsible 
for some of Earth’s most dramatic climate changes. During the Pleisto
cene were ice ages terminated or were they interrupted? The question 
may seem subtle at first consideration but as outlined here, the answer to 
this question would have fundamental implications for understanding 
the natural climate system behavior that has characterized the Pleisto
cene. For the past five decades paleoclimate studies that have explored 
why the Earth’s climate underwent large changes during the Pleistocene 
have characterized two different states, a glaciated state when ice sheets 
advanced across the northern hemisphere and a second state in which 
the ice retreated to a minimum and the planet warmed. There have been 
many studies that demonstrate a natural rhythm to these variations with 
frequencies like the Earth’s orbital cycles, obliquity, precession, and 

eccentricity. This rhythmic variability was most clearly demonstrated in 
proxy records that document a particular aspect of the climate such as 
temperature that is reflected in the oxygen isotope composition of ma
rine biogenic calcite. Of the many contributions using this proxy the 
application of oxygen isotope palaeothermometry by Emiliani (1955) 
and the chronologic constraints used to tie the oxygen isotope variations 
to Earth’s orbital cycles by Broecker (1966) stand out as foundational 
initial steps. And although the oxygen isotope composition of calcite 
shells is not a function of temperature alone as Emiliani originally 
envisioned, it is nonetheless, the most robust recorder of the Pleistocene 
climate rhythmicity. 

Hays et al. (1976) built on those early findings and provided 
compelling arguments that orbital variations themselves must be the 
‘pacemaker’ to Earth’s climate rhythms. By the 1980s the climate 
community had come to accept that although direct solar forcing due to 
orbital variations is small, the pacing of climate variations share a 
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similar frequency with the orbital cycles and thus, small changes in 
insolation at high northern latitudes must be the primary driver as 
Milanković (1957) originally theorized. Other climate feedbacks would 
somehow amplify the small solar forcing to produce the large shifts from 
one climate state to the other. In 1986 Imbrie and Imbrie (1986) pub
lished the influential book, “Ice ages: solving the mystery” making the 
case that the breadth of evidence then available was compelling enough 
to say that the mystery had been solved by showing correspondence in 
timing between climate changes and orbital variations. But what these 
scholars did not incorporate into their arguments were the findings by 
Mercer (1984) who raised questions about the Milankovitch Theory of 
ice ages by showing glaciers in the southern hemisphere reached a 
maxima at the same time as northern hemisphere glaciers. Furthermore, 
the retreat of ice in the southern hemisphere was synchronous with 
retreat in the northern hemisphere during the last deglaciation. In other 
words, summer insolation at high northern latitudes by itself would not 
explain why the southern hemisphere glaciers varied synchronously 
with those in the northern hemisphere. Mercer went on to point out that 
atmospheric CO2 was a likely influence on the synchroneity. It took 
another three decades to acquire enough additional data from the 
southern hemisphere to firmly establish that Mercer was correct (Clark 
et al., 2009; Denton et al., 1999; Lowell et al., 1995; Putnam et al., 
2013). And by this time, the ice core community had obtained long 
records of temperature and atmospheric CO2 from Antarctic ice cores 
that demonstrated a close temporal correspondence between changes in 
air temperature and changes in atmospheric CO2, that matched the 
marine oxygen isotope records of ice advance and retreat during the late 
Pleistocene (Fig. 1). 

We now have well resolved reconstructions of temperature, ice vol
ume and atmospheric CO2 spanning the past 850kyrs (Fig. 1). These 
records document the timing and the rates of change. Importantly, the 
temporal pattern of change that is recorded in the ice and in marine 
records does not share the smoothly varying changes that characterize 
the orbital insolation cycles. The glaciations during the late Pleistocene 
spanned about 90 thousand years whereas the transitions to interglacial 
conditions spanned <10 thousand years. Any hypothesis attempting to 
explain the temporal history of climate variability vis-à-vis orbital 
forcing must reconcile why the glaciations were protracted while de
glaciations were rapid and short-lived and why CO2 concentrations 
share the same temporal characteristics. Explaining the magnitude and 
temporal phasing of atmospheric CO2 must be part of the ultimate 
description of Earth’s natural climate behavior. 

A case can now be made that in the absence of the greenhouse gas 
variability affecting the Earth’s energy budget the advance and retreat of 
glaciers would not have been contemporaneous in both hemispheres and 
the retreat of ice during a deglaciation would not have been so rapid. 
One way to assess this is to evaluate the radiative effect of changing 
atmospheric greenhouse gas concentrations during the last glacial 
maximum (LGM) (Hansen, 2012; Members, 2012). The greenhouse gas 
portion of the total estimated forcing amounts to −3 ± 0.5 W/m2 of a 
total −6.5 W/m2 forcing at the LGM relative to modern. This means that 
nearly half of the radiative forcing change necessary to explain the ~5 
◦C global mean temperature difference between the Holocene and LGM 

was due to the reduced greenhouse gases, primarily CO2. Hence, without 
the -3 W/m2 from lower greenhouse gas concentrations the total cooling 
would have been closer to −2.6 ◦C and the ice in both hemispheres 
would not have retreated as it did. This is why it is important to ask the 
question: Are the transitions between the cold and warm states “termi
nations” or are they “interruptions” caused by transient changes in the 
carbon budget that released excess CO2 to the atmosphere that initiated 
the rapid retreat of glaciers in both hemispheres? 

The temporal asymmetry in the ‘sawtooth’ pattern of atmospheric 
CO2 has proven as challenging to explain as is the ice sheet variability 
(Archer, 2010). Urey’s original theory (Urey, 1952) that relates atmo
spheric CO2 removal to weathering and biogeochemical processes, are 
thought to operate too slowly to have affected the carbon cycle on 
glacial/interglacial timescales. And the basic theory of weathering 
feedbacks (Walker et al., 1981) argues that as the climate cools chemical 
weathering rates should decrease thereby reducing the flux of alkalinity 
to the oceans that would limit the amount of CO2 removed from the 
atmosphere. The concept of a temperature feedback in the carbon cycle 
has been championed in various attempts to explain the long-term 
evolution of the Earth’s climate and carbon system (Berner and Cal
deira, 1997; Berner et al., 1983). But this climate-CO2 feedback has also 
been challenged on the basis of observations that document similar 
weathering fluxes in both cold, glaciated environments and in tropical 
regions (Edmond and Huh, 1997). The argument is that frost action 
combined with glacial erosion constantly removes weathered surfaces, 
providing new substrate for weathering. 

Perhaps the most striking example of the climate feedback conun
drum is the long-term Cenozoic cooling that coincided with the uplift of 
the Himalayan mountains. Raymo et al. (1988) and Raymo and Ruddi
man (1992) pointed to the record of increasing 87Sr during the mid to 
late Cenozoic as evidence that the uplift was accompanied by increased 
weathering of the uplifted terrane, which they argue led to a drawdown 
of atmospheric CO2 and global cooling. Broecker and Sanyal (1998) 
argued instead that the 87Sr record could not, by itself be used to argue 
for increased weathering rates over the Cenozoic because the uplift and 
exposure of Sr-rich terrane could explain the Cenozoic record of 
increasing 87Sr without an increase in weathering rates. But more 
recently, Misra and Froelich (2012) produced a Cenozoic record of 
marine 7Li that documents a long-term increase over the Cenozoic that is 
taken to represent increased denudation under increasingly glaciated 
climate conditions and increased incongruent chemical weathering. So, 
on a million-year time scale, when there are terranes to be physically 
and/or glacially eroded, it appears that climate cooling is not a limiting 
factor. 

Several studies have investigated whether weathering rates could 
have varied over the Pleistocene. Zeebe and Caldeira (2008) used an 
isotope mass balance approach to explore whether weathering feed
backs influenced the mean atmospheric CO2 over the entire Pleistocene. 
They found a small trend over the Pleistocene, concluding there was not 
much evidence in the isotope record to assert that weathering rates 
fundamentally changed. But their approach was unable to resolve 
whether there were changes in weathering on glacial/interglacial 
timescales. Other studies using isotope systems to investigate chemical 
weathering rates between the present and last glacial maximum found 
no net change in weathering (Foster and Vance, 2006). Similar findings 
have been found using biogeochemical models to simulate continental 
weathering during periods of sea level low stand (Munhoven, 2002) or 
earth system models to simulate an entire glacial cycle and CO2 history 
(Wallmann et al., 2016). These studies argue that reduced continental 
chemical weathering during glaciations would have been roughly 
balanced by increased weathering of exposed shelves during low stands 
of sea level. There are uncertainties and assumptions built into each 
approach. We don’t have direct estimates of weathering rates from 
exposed shelves as sea level fell. And importantly, these studies put no 
constraint on the fluxes of carbon into the surface environment (ocean/ 
atm) from geologic sources throughout the Pleistocene. These fluxes are 

Fig. 1. Atmospheric CO2 and temperature history from EPICA ice core 
Antarctica (Luthi et al., 2008). 
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presumed constant. For example, this is an explicit assertion in the most 
recent Paleoclimate Model Intercomparison Project (PMIP) experiments 
using Earth System Models that attempted to simulate lower atmo
spheric CO2 during the LGM (Lhardy et al., 2021). The results of those 
model experiments are striking because models with freely varying at
mospheric CO2 simulate higher atmospheric CO2 rather than lower at
mospheric CO2 under glacial boundary conditions. The models all 
simulate greater carbon storage in the ocean but in order to simulate 
LGM atmospheric CO2 values similar to that observed from ice cores, the 
models require an “alkalinity adjustment” without which CO2 reaches as 
high as 434 ppm. It is evident from these results that there is a need to 
put better constraints on riverine fluxes and carbon burial during gla
ciations as well as geologic emissions of carbon. 

At the present time we have no direct estimates of carbon emissions 
from marine or subaerial sources during glaciations. It’s therefore 
impossible to say whether the carbon cycle maintained an equilibrium 
balance of inputs and outputs. Indeed, the premise of the current paper 
is that the carbon fluxes into and out of the reactive zone are not in 
complete balance most of the time. Instead, the carbon output fluxes 
(consumption of carbon and carbon burial) outpace the carbon input 
fluxes, except during an interruption when excess carbon is released to 
the ocean/atm from geologic sources. 

A further motivation for considering the possibility that the carbon 
cycle has not been in balance during glacial/interglacial cycles is the 
observation that the climate as a whole has become progressively colder, 
and the size of ice sheets have become progressively larger over the past 
2.5 million years (Fig. 2). The interglacial state as reflected in the oxygen 
isotope record (Lisiecki and Raymo, 2005) has remained effectively 
unchanged. But the glacial values have become progressively larger, 
reflecting an increase in the magnitude of glaciations and colder tem
peratures (Fig. 2). This is indicative of a long-term decrease in the 
Earth’s net energy budget. In fact, the Pleistocene trend can be consid
ered a continuation of the longer-term cooling trend since the late 
Miocene. 

2. Hypothesis 

With the above background in mind, the following new hypothesis is 
presented: 

2.1. Glaciation is the preferred state of the climate system and has been 
for much of the late Cenozoic 

• A glaciated climate state is self-perpetuating in the absence of “In
terruptions” that cause the climate to warm rapidly and temporarily.  

• Erosion, weathering, and carbon burial have led to a net removal of 
carbon from the reactive zone for most of the mid to late Cenozoic.  

• Glacial interruptions occur when geologic carbon reservoirs are 
disturbed and release excess carbon to the reactive zone. 

• Carbon reservoirs can be disturbed when increased ice volume re
duces hydrostatic pressure on hydrate caps that otherwise keep 
geologic carbon reservoirs from leaking and affect changes in the flux 
of carbon from the mantle to volcanic sources, including mid ocean 
ridges.  

• A release of excess geologic carbon to the ocean/atm leads to rapid 
warming and ice retreat in both hemispheres but is transient because 
the carbon system immediately begins to compensate for the added 
carbon.  

• The link between an interruption and Earth’s orbital variability is the 
time required to compensate for the release of excess carbon and to 
rebuild ice cover. 

It is important to emphasize this paper poses a question that moti
vates this hypothesis. This paper does not answer the question, nor does 
it validate the hypothesis. However, there is enough evidence now 
available to begin to assess whether this hypothesis should be rejected or 
should be investigated further. 

The hypothesis set forth here makes specific predictions that run 
counter to predictions required by the prevailing hypothesis that at
tempts to explain variations in atmospheric CO2 that accompanied 
glacial/interglacial cycles with ocean-only processes. 

2.2. Predictions to be examined 

The prevailing hypothesis to explain the glacial-to-interglacial 
changes in atmospheric CO2 can be viewed as an “ocean-only model” 
because in this model the total inventory of carbon in the reactive zone is 
considered constant. The only thing that changes between a glacial 
climate and a warm interglacial climate is that the ocean sequesters 
carbon from the atmosphere and keeps it isolated in the deep sea as the 
climate cools and ice advances. The atmospheric carbon is transferred to 
the deep sea thermodynamically and biologically and is thought to 
accumulate primarily as respired metabolic carbon in the deep sea 
(Anderson et al., 2019; Jacobel et al., 2020; Sigman et al., 2010; Skinner 
et al., 2015; Toggweiler et al., 2003a; Toggweiler et al., 2003b; Yu et al., 
2010). To keep the excess respired carbon from ventilating the pre
vailing hypothesis also requires a change in mean overturning rate of the 
oceans until the end of an ice age when excess metabolic carbon is 
released rapidly from the deep sea to the atmosphere. The reasoning 
behind this hypothesis is logical. The oceans are the largest reactive pool 
of carbon with over 38,000Gt of carbon whereas the atmosphere has less 
than 800Gt of carbon. Thermodynamics and biological processes 
combine with ocean dynamics to regulate the concentration of CO2 in 
the modern atmosphere on time scales of the overturning of deep water, 
~1000 years (Broecker and Sanyal, 1998). This is a relatively short time 
scale in the context of a glacial/interglacial cycle. But altering the 
turnover rate and affecting the transfer of carbon from the atmosphere 
to the deep sea via biological pumping and thermodynamic exchange 
might explain the drop in atmospheric CO2 during glaciations if all 

Fig. 2. Figure from Köhler and van de Wal., (2020). Red and blue lines added here. The percentages of interglacials that did not coincide with obliquity maxima 
during the early, mid, and late Pleistocene are shown above the red line. Note that the magnitude of interglacial d18O values (red line) has not varied significantly 
over the Pleistocene whereas the magnitude of the glacial maximum values (blue line) has become progressively larger. (For interpretation of the references to colour 
in this figure legend, the reader is referred to the web version of this article.) 
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aspects work in unison. It is prudent therefore to thoroughly evaluate 
whether an ocean-only hypothesis can be validated by observations. 
Indeed, there have been numerous efforts to test the ocean-only hy
pothesis. But the recent availability of global datasets of proxy variables 
makes it possible to evaluate the ocean-only model more critically. 

A description of the major elements of the ocean-only model can be 
found in the paper by Barker and Knorr (2021). One of the critical ele
ments of the ocean-only model is the presumption that ice sheets in the 
northern hemisphere reach a critical size that renders them unstable and 
thereby susceptible to rapid collapse and retreat in response to a modest 
change in insolation forcing as prescribed by the Milankovitch theory. 
Again, this would not explain the fact the southern hemisphere glaciers 
retreated simultaneously with those in the northern hemisphere. And in 
the ocean-only model rising atmospheric CO2 during a deglaciation is a 
consequence of changing ocean processes that release respired carbon to 
the atmosphere. In this way CO2 sequestration and release from the 
ocean are feedbacks rather than a primary forcing. This too makes 
specific predictions that should be evaluated against observations. The 
argument put forth in this paper is that CO2 is a primary forcing and its 
linkage to orbital time scale variability is through ice sheet imposed 
hydrostatic pressure changes that affect the stability of deep and near 
surface reservoirs of geologic carbon that can be released to the ocean/ 
atm. 

The following is a set of predictions that the prevailing ocean-only 
hypothesis makes, each of which is evaluated more thoroughly with 
new compilations of palaeoceanographic data that include observations 
from each of the ocean basins. These compilations make it possible to 
evaluate which records provide well-resolved observations and which 
records lack sufficient resolution or are compromised in some way and 
should not be included in hypothesis testing. This is a major step forward 
(Muglia et al., 2023; Mulitza et al., 2021; Rafter et al., 2022). 

2.3. Prediction 1: Metabolic carbon sequestered in the deep ocean during 
glaciations would increase the surface to deep water δ13C gradient 

Because marine phytoplankton produce organic matter whose δ13C is 
~20‰ lower than that of dissolved carbon in the surface ocean, the 
oxidation and transfer of organic carbon into dissolved carbon stored in 
the deep sea shifts the deep ocean DIC δ13C values lower relative to the 
surface ocean. If the prevailing hypothesis is correct the δ13C difference 
between the surface and deep ocean should have been larger during a 
glacial when atmospheric CO2 was low because excess respired organic 
carbon would have been transferred to the deep ocean and kept away 
from the atmosphere. Such a shift in the vertical δ13C gradient would be 
recorded in the calcite shells of foraminifera. Planktic foraminifera 
secrete calcite from dissolved carbon in the surface ocean while benthic 
foraminifera record deep water δ13C values. These proxy records exist 
for much of the global ocean (Mulitza et al., 2021). If the ocean-only 
model is correct the δ13C gradient between the planktic and benthic 
foraminifera increased to a maximum at the time of lowest atmospheric 
CO2, the glacial maximum. On the other hand, if the ocean only model is 
not correct and excess respired carbon did not accumulate in the deep 
sea, the δ13C gradient between the surface and deep ocean would not be 
significantly different than in the modern or late Holocene Ocean. This 
prediction is evaluated here by comparing planktic and benthic δ13C 
data from the late Holocene and Last Glacial Maximum (LGM) taken 
from marine sediment cores. 

We also expect small changes in the global ocean δ13C due to the 
transfer of terrestrial organic carbon to the oceans as ice sheets advanced 
and denuded the landscape during glaciations (Peterson et al., 2014; 
Shackleton, 1977) or changes in the ratio of organic to in organic carbon 
burial as sea level fell (Cartapanis et al., 2018; Wallmann et al., 2016). 
Both factors would have affected the surface and deep sea equally and 
thus would not have changed the surface to deep water δ13C gradient at 
the glacial maximum. 

We evaluated the benthic and planktic foraminiferal δ18O and δ13C 

data (Mulitza et al., 2021) using PaleoDataView (Langner and Mulitza, 
2019). We culled the database for carbon isotope results for the planktic 
Globigerinoids ruber (white) from the Atlantic, Pacific and Indian Ocean 
basins, isolating values from the late Holocene and the LGM. We simi
larly culled the database for benthic Cibicidoides wuellerstorfi, Cibici
doides mundula and Cibicidoides spp. data from the Pacific, Atlantic and 
Indian Oceans. We are specifically evaluating the magnitude of change in 
δ13C (Δδ13C) between the late Holocene and last glacial maximum 
(LGM) of the tropical surface-dwelling G. ruber because the calcite of this 
foraminifer records changes in the δ13C of surface waters in contact with 
the atmosphere (Kawahata, 2005; Lin et al., 2004; Numberger et al., 
2009) with a species-specific offset of 0.9‰ for specimens between 250 
and 350 mm (Spero et al., 2003). With a species-specific offset of 0.9‰ 
the late Holocene G. ruber records a late Holocene δ13CDIC value close to 
2.1‰, very close to the modern, preindustrial value. Köhler and Mulitza 
(2023) find no evidence of a carbonate ion influence in down core re
cords of G. ruber δ18O and δ13C compared to model simulated surface 
ocean δ13C over the past 160ky. We use the δ13C of C. wuellerstorfi, 
Cibicidoides mundula and Cibicidoides spp., epibenthic species from ma
rine sediment cores from depths below 1500 m in the Pacific and Indian 
Ocean because this benthic group has been shown to record the δ13C of 
bottom water δ13C DIC (Schmittner et al., 2017). There are small effects 
due to carbonate ion and pressure differences, but these are small and do 
not affect the Δδ13C estimate (LGM-Holocene difference) considered 
here. We exclude the Atlantic benthic records for the estimate because 
changes in water mass distributions in that basin during the LGM 
complicate a Holocene -LGM difference calculation. Furthermore, the 
deep Pacific is the largest deep-water reservoir for carbon. It contains 
the highest concentrations of dissolved inorganic carbon due to the 
accumulation of respired carbon and is also the primary source of carbon 
released back to the atmosphere via the Southern Ocean (Chen et al., 
2022; Prend et al., 2022). Nonetheless the Atlantic data estimates are 
given in Table 2. 

Many cores in the database are of very low temporal resolution due 
to low sediment accumulation rates. Cores were excluded from analysis 
if the oxygen isotope stratigraphy could not be used to resolve a clear 
late Holocene and LGM interval. Some cores contain a well resolved 
LGM section but are missing the late Holocene presumably because of 
coring disturbances. Some, but not all cores have radiocarbon ages to 
assist in delimiting the late Holocene and LGM. A significant number of 
core records are simply too noisy to provide a definitive cutoff for the 
LGM (23-18kyBP) and the late Holocene (5-0kyBP) based on the oxygen 
isotope stratigraphies. This is likely a consequence of very low sediment 
accumulation rates and bioturbation that mixes the sediment. We also 
avoided cores in which there were less than three isotope values for the 
late Holocene or LGM sections. The reason for this is that all cores 
exhibit some variance in both δ18O and δ13C so an effort was made to 
include enough (at least 3) values to provide an average rather than a 
single value for either interval. The cores included in the analysis are 
provided in Tables 1 and 2. The cores excluded from the analysis are 
summarized in the supplemental tables (S Table 1, S Table 2). Fig. 3 
shows the distribution of cores used in the analysis. 

We begin by summarizing the G. ruber results from each of the three 
ocean basins. There are 29 core records from the tropical Pacific, 15 
from the tropical Atlantic and 19 from the tropical Indian Ocean (Fig. 3). 
Fig. 4 displays the difference between the late Holocene and LGM for 
cores from each basin. The values vary between −1 and −0.1‰. How
ever, most values fall between −0.5 and −0.3‰. There is no clear 
indication that values from one ocean basin are significantly offset from 
another basin. Nonetheless, a t-test was used to assess whether this 
inference is statistically valid. The results of these two tailed t-tests are 
summarized in Table 3. We find no statistically significant difference 
between the mean values in each basin at the 95% confidence level. The 
population average and median from each basin is depicted in the 
whisker plots from each basin in Fig. 5. The average value for each ocean 
is −0.4‰ very similar to the estimated mean global ocean shift from the 
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Table 1 
G. ruber LGM-Holocene δ13C difference.  

Pacific Core Depth (m) Latitude Longitude G. ruber δ13C ‰ 

FR01_97–12 991 −23.669 154.028 −0.2 
MD05–2896 1477 8.825 −111.441 −0.2 
MD05–2925 1661 −9.34 151.46 −0.4 
GIK17940–2 1727 20.117 117.383 −0.5 
VM28–235 1746 −5.5 160.5 −0.1 
VM24–150 1849 −2.2 155.7 −0.4 
MD98–2181 2114 6.5 125.82 −0.3 
RC8–102 2180 −1.417 −86.85 −0.3 
RC13–140 2246 2.867 −87.75 −0.6 
MD9109-15GGC 2311 −0.023 158.941 −0.1 
RC11–238 2573 −1.517 −85.817 −0.3 
V19–28 2720 −2.367 −84.65 −0.5 
ML1208-20BB 2850 1.27 −157.26 −0.4 
ML 12088-17PC 2926 0.48 −156.45 −0.3 
ML 1208-12GC 3050 −0.22 −155.96 −0.4 
ML1208-28BB 3153 2.97 −159.2 −0.3 
SO26_58ka 3200 2.728 −95.188 −0.5 
PLDS 7G 3253 −3.338 −102.453 −0.5 
ML1208 18GC 3362 0.59 −159.66 −0.2 
ODP769 3656 8.785 121.295 −0.4 
AVERAGE    ¡0.4 
ST. DEV.    0.1   

Atlantic core Depth (m) Latitude Longitude G. ruber δ13C ‰ 

GeoB6518–1 962 −5.588 11.222 −0.3 
GeoB2107–3 1048 −27.177 −46.452 −0.3 
GeoB16202–2 2248 −1.908 −41.592 −0.6 
ODP658C 2273 20.749 −18.581 −0.2 
MD02–2594 2440 −34.71 17.338 −0.3 
GeoB2004–2 2569 −30.87 14.343 −0.5 
GEOFARKF13 2690 37.578 −31.842 −0.5 
GIK13291–1 2696 18.053 −18.067 −0.5 
GIK16771–2 2764 0.817 −15.51 −0.6 
GeoB1903–3 3161 −8.675 −11.845 −0.5 
Geo5115–2 3291 −24.143 −14.043 −0.5 
GeoB2016–1 3385 −31.9 −1.33 −0.1 
Geo5121–2 3486 −24.183 −12.022 −0.4 
GeoB9624–1 3894 20.511 −20.659 −0.8 
GeoB3801–6 4546 −29.512 −8.305 −0.3 
GIK16773–1 4662 −0.972 −9.443 −0.7 
AVERAGE    ¡0.4 
STD DEV    0.2   

Indian core Depth (m) Latitude Longitude G. ruber δ13C ‰ 

M74_4_1096–1 328 4.262 73.246 −0.2 
GeoB12615–4 446 −7.138 39.841 −0.4 
SO189-144KL 481 1.155 98.066 −0.3 
SO189-39KL 517 −0.79 99.909 −0.2 
RC09–166 738 12.15 44.4 −1 
SO189-119KL 808 3.518 96.314 −0.2 
MD98–2170 832 −10.59 125.39 −0.2 
MD76–131 1230 15.53 72.568 −0.3 
GeoB10069–3 1250 −9.595 120.917 −0.3 
GIK16160–3 1339 −18.24 37.87 −0.3 
GeoB10053–7 1372 −8.677 112.872 −0.4 
GeoB9311–1 1407 −21.552 36.413 −0.4 
M1_143KK 1522 1.25 44.783 −0.4 
GeoB10038–4 1891 −5.938 103.246 −0.2 
MD76–135 1895 14.433 50.518 −0.5 
GeoB3005–1 2316 14.972 54.37 −0.6 
M31_3_KL35 2330 14.972 54.37 −0.7 
MD77–202 2427 19.222 60.682 −0.6 
SO42-74KL 3212 14.321 57.347 −0.6 
M1_114KK 3843 8.008 51.213 −0.4 
AVERAGE    ¡0.4 
STD DEV    0.2  

Table 2 
Cibicidoides LGM-Holocene δ13C difference.  

Pacific Core Depth (m) Latitude Longitude C. spp. δ13C ‰ 

MD05–2896 1477 8.825 −111.441 −0.3 
MD97–2151 1598 8.728 109.869 −0.4 
GIK17961–2 1795 8.5 −112.332 −0.4 
SO213_2_82–1 2066 −45.778 176.602 −0.4 
MD05–2904 2066 19.455 116.253 −0.5 
MD98–2181 2114 6.5 125.82 −0.4 
MD9109-15GGC 2311 −0.023 158.941 −0.4 
RR0503_125JPC 2541 −36.2 176.89 −0.8 
HYIV2015-B9 2603 10.248 112.732 −0.4 
TR163-25 T 2650 −1.65 −88.45 −0.4 
ML1208-28BB 3153 2.97 −159.2 −0.6 
SO26_58ka 3200 2.728 −95.188 −0.5 
H214 3300 −36.93 177.44 −0.4 
Vi 37GC 3300 50.42 167.732 −0.7 
ML1208-18GC 3362 0.59 −159.66 −0.4 
SO26_131KA 3381 3.527 −85.003 −0.5 
MW9109-48GGC 3397 −0.075 161.003 −0.5 
MD02–2489 3640 54.391 −148.921 −0.6 
AVERAGE    ¡0.5 
ST. DEV.    0.1   

Atlantic Core Depth (m) Latitude Longitude C. spp. δ13C ‰ 

GeoB2107–3 1048 −27.177 −46.452 −0.8 
SAN-76 1682 −24.43 −42.28 −0.2 
GeoB16202–2 2248 −1.908 −41.592 −0.9 
ODP658C 2273 20.749 −18.581 −0.2 
GeoB2004–2 2569 −30.87 14.343 −0.9 
GEOFARKF13 2690 37.578 −31.842 −0.3 
GIK16771–2 2764 0.817 −15.51 −0.6 
GeoB1903–3 3161 −8.675 −11.845 −0.7 
Geo5115–2 3291 −24.143 −14.043 −0.5 
GeoB2016–1 3385 −31.9 −1.33 −0.3 
Geo5121–2 3486 −24.183 −12.022 −0.4 
GeoB3801–6 4546 −29.512 −8.305 −0.6 
GIK16773–1 4662 −0.972 −9.443 −0.5 
AVERAGE    ¡0.5 
ST. DEV.    0.2   

Indian Core Depth (m) Latitude Longitude C. spp. δ13C 

MD76–125 1877 8.35 75.2 −0.4 
GeoB10038–4 1891 −5.938 103.246 −0.4 
MD76–135 1895 14.433 50.518 −0.5 
SO42-74KL 3212 14.321 57.347 −0.5 
AVERAGE    ¡0.5 
ST. DEV    0.1  

Fig. 3. Topographic map depicts the locations of cores (red stars) from which 
G. ruber and Cibicidoides δ13C data were obtained. (For interpretation of the 
references to colour in this figure legend, the reader is referred to the web 
version of this article.) 
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Holocene to LGM compiled by Peterson et al. (2014). Note that we limit 
the depiction of Δδ13C values to one decimal place. 

The Cibicidoides Δδ13C data are presented by depth in Fig. 6. As with 
the G. ruber data, the values have a large range, but most values are 
between −0.4 to −0.5‰ and thus the same as the G. ruber results. The 
mean for the entire group of cores is −0.5‰ in both the Indian and 
Pacific. There is no apparent distinction between the North and South 
Pacific. 

There are four values from the Pacific that are more negative than the 
rest. Two of the cores have values of −0.6 ‰. These are from locations 
near other cores in the dataset with smaller Δδ13C values close to the 
population mean (less negative values). Core ML1208-28BB for example 
is from 3153 m water depth in the central equatorial Pacific. For this 
core there were three to four replicates for each LGM sample. The 
replicate Cibicidoides δ13C values range between −0.4 to −0.2‰. Hence, 
the actual Holocene-LGM difference is not tightly constrained for this 

low sedimentation rate core that likely suffers from bioturbation effects. 
Because there are several values with lower Δδ13C values among 

deeper water cores we applied another one tailed t-test to evaluate 
whether the values above 2500 m water depth are statistically distinct 
from those below 2500 m (Table 4). The null hypothesis, that the values 
are statistically the same, was not validated by this test. However, the 
probability of this outcome is low, primarily because of the relatively 
small sample size and because we’re trying to distinguish between dif
ferences on the order of 0.1‰. So, while the deeper water sites may have 
a larger LGM-Holocene Δδ13C, the difference is insignificant in the 
context of assessing whether there was an increase in the surface to deep 
water gradient as the prevailing hypothesis predicts. One can see from 
the whisker plots (Fig. 7) that the population values are the same as 
those for G. ruber. The average LGM-Holocene is −0.5‰ for the Pacific 
and Indian Ocean. It is the same for the Atlantic as well (S. Table 2). We 
find from this analysis that the prevailing hypothesis fails this test. The 
surface to deep water δ13C gradient was not larger during the LGM in 
either the Pacific or Indian Ocean. 

Having tested this prediction, it is important to emphasize that this 
finding does not negate changes in upwelling and ocean circulation 
change that can influence exchange of CO2 with the atmosphere 
(Anderson et al., 2009; Burke and Robinson, 2011). But evidence of 
changing upwelling does not directly reflect how much respired carbon 
was stored in the deep ocean during the LGM or how much carbon was 
being upwelled to the surface during the deglaciation. The δ13C data do 
not support the notion that there were increased quantities of respired 
carbon stored in the deep sea during the LGM or that excess carbon was 
ventilated during the last deglaciation. 

2.4. Prediction 2: Carbon sequestration in the deep sea requires longer 
residence times 

The ocean-only model envisions excess respired carbon accumu
lating in a deep ocean reservoir during a glaciation. To accomplish this, 
the biological pump converts CO2 in the surface ocean to organic matter 
that is then oxidized and respired as it passes to the deep ocean. This 

Fig. 4. LGM-Holocene Δδ13C of G. ruber from each ocean basin.  

Table 3 
t-test results of G. ruber intercomparisons.   

Pacific vs Atlantic Atlantic vs Indian Pacific vs Indian 

ci [−0.0585;0.1776] [−0.1014;0.1689] [−0.1457;0.0942] 
h 0.0 0.0 0.0 
p 0.3 0.6 0.7 
tstat 1.0 0.5 0.4 
df 33.0 34.0 37.0 
sd 0.2 0.2 0.2  

Fig. 5. Whisker plots of the G. ruber LGM-Holocene Δδ13C values for each 
ocean basin. 

Fig. 6. Cibicidoides LGM-Holocene Δδ13C values for the Pacific (blue) and In
dian Ocean (red) as a function of water depth. (For interpretation of the ref
erences to colour in this figure legend, the reader is referred to the web version 
of this article.) 

Table 4 
t-test results of Cibicidoides intercomparisons.   

Deep vs Intermediate 

ci [-Inf;-0.008] 
h 1 
p 0.0381 
tstat −1.8695 
df 20.0 
sd 0.1  
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process may have been more efficient in producing and transferring 
metabolic carbon to the deep-sea during glaciations, particularly in re
gions that are today iron limited (Martin, 1990). But to be effective at 
lowering atmospheric CO2 over a glacial cycle the excess respired carbon 
must remain isolated from the atmosphere. Therefore, to explain the 
long, ~90kyr long decline in atmospheric CO2 during a glaciation a 
biological pump mechanism must be coupled to progressive decrease in 
the rate of ventilation of the deep-sea so that less and less respired 
carbon escapes back to the atmosphere during a glaciation. This is a 
major challenge for the ocean-only model because the ventilation of the 
deep sea cannot slow too much, or the deep sea would become anoxic. 

There is now a global data base of radiocarbon measurements from 
benthic foraminifera taken from cores throughout the global ocean 
(Rafter et al., 2022). These can be used to estimate the ventilation age of 
deep waters in the glacial ocean (Rafter et al., 2022). The radiocarbon 
ventilation ages for the deep ocean extend to about 30kyBP, the end of 
the last ice age. This data cannot be used to assess whether there was a 
long-term decline in ventilation rates over the entire glaciation. None
theless, the ocean only hypothesis predicts that the ventilation rate of 
the deep ocean was lowest during the LGM (23-18kyBP). This is tested 
by evaluating the ventilation age estimates from radiocarbon dates of 
benthic foraminifera for the last glacial maximum, comparing those 
estimates with modern ventilation ages. If the ocean-only model is not 
correct, there should be no substantial increase in the ventilation age of 
deep waters, particularly in the Pacific, the largest ocean reservoir 
where the oldest and most carbon-rich waters accumulate. 

In the modern Pacific Ocean, the 14C ventilation age of abyssal water 
formed in the Southern Ocean increases as it flows toward the North 
Pacific. This aging is captured in the radiocarbon activity (Δ14C) of 
dissolved inorganic carbon (Fig. 8). The Δ14C values of abyssal waters in 
the Pacific below 1500 m exhibit a small amount of variance at any 
given latitude (Fig. 8). This variance stems from analytical uncertainty 
in the measurements itself, which is typically measured in units of 10s of 
years and the natural aging (loss of radiocarbon) of waters that have 
been isolated from the atmosphere. In the modern ocean the deep waters 
in the deep Pacific are between about 1300 and 2200 14C years older the 
preindustrial atmosphere. Abyssal waters at around 30oS are about 
1800 years older than the preindustrial atmosphere whereas the abyssal 
waters around 30oN are about 2200 years older than the preindustrial 
atmosphere (Fig. 8). There is also a longitudinal gradient with oldest 
waters in the northeast Pacific (Matsumoto, 2007). The dispersion of 
ages throughout the abyssal North Pacific is ~400 years. An equally 
important observation is that as abyssal waters in the North Pacific age, 
they lose oxygen via metabolic respiration. In fact, there is a direct 
relationship between the aging of these waters, as measured in 

radiocarbon, and the loss of oxygen via respiration (Fig. 9). For a 100‰ 
decrease in Δ14C, oxygen decreases by about 100umol/kg. This rela
tionship between abyssal water mass aging and dissolved oxygen 
depletion places an important limit on how “old” these abyssal waters 
can become before they would be devoid of dissolved oxygen and lose 
the capacity to support aerobic organisms that inhabit the sea floor. 
Extrapolating from the relationship shown in Fig. 9, if the residence time 
of abyssal waters were to increase by 1000 years, the deep Pacific would 
be anaerobic. This does not occur in the modern ocean because the rate 
of overturning is sufficient to replenish the bottom waters with 
oxygenated waters from the Southern Ocean. But if in the glacial ocean 
the rate of overturn was slower it is possible that the oceans consumed 
more oxygen and in doing so accumulated additional respired CO2, 
which would lower atmospheric CO2 concentrations. 

Stott (2023) examined the distribution of ventilation age estimates 
from the Rafter et al. compilation, focusing on the Pacific below 2500 m 
and between 20oS and 65oN. The Pacific being the largest carbon 
reservoir and the basin with the oldest and most oxygen depleted deep 
water, would be most sensitive to a decrease in ventilation rate during 
and ice age. The 14C database contains ventilation age estimates for both 
the Holocene and the LGM (Fig. 10A). It is clear from looking at the 
entire dataset from the deep Pacific that there are clear age biases in 
cores from low sedimentation rate environments, most likely due to 
bioturbation. Cores with sedimentation rates of <15 cm/ky exhibit a 
wide dispersion of ages for both the Holocene and LGM (Fig. 10A). 
Breaking out the LGM samples (Fig. 10B) the average ventilation age for 
cores with sedimentation rates between 1 and 5 cm/ky is 3162 years 
(median = 2871 std. =376). Cores with sedimentation rates of 5-10 cm/ 
ky have average ventilation age of 3164 years (median = 3108 years, 
std. =655 year). Cores with sedimentation rates of 10-20 cm/ky the 
average is 2705 years (median 2627 years, std. =779 years). But cores 
with sedimentation rates above 20 cm/ky have an average ventilation 

Fig. 7. Whisker plot of Cibicidoides LGM-Holocene Δδ13C values for each the 
deep Pacific (blue) and Indian (red) oceans. (For interpretation of the references 
to colour in this figure legend, the reader is referred to the web version of 
this article.) 

Fig. 8. Δ14C and corresponding age of DIC from deep waters (>1500 m) in the 
Pacific vs. latitude. All data are from the GLODAP 2 database (Key et al., 2015). 
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age of 2449 years (median = 2627 years, std. =779 years). These higher 
sedimentation rate records are much closer to modern values. 

The second consideration is the implication of ventilation age esti
mates older than 3000 years. If these ventilation age estimates were 
correct it would imply that the abyssal Pacific was anaerobic during the 
glacial, which was not the case. Hence, filtering the data for records that 
are <3000 years and using cores with sedimentation rates above 5 cm/ 
ky gives an average ventilation age for the glacial abyssal Pacific of 
2179 years (Fig. 10C), which is indistinguishable from modern venti
lation ages in the deep Pacific. We therefore find that the ocean-only 
hypothesis fails this test. We find no evidence among the cores with 
high fidelity that the ventilation rate was slower during the LGM. But 
this assessment disagrees with a recent paper by Skinner et al. (2023). 
These authors make a case that regional patterns of surface-deep 
(planktic-benthic) 14C age contrasts (used as metric of ventilation rate) 
can still be used, even with cores with very low sediment accumulation 
rates and widely varying ventilation ages. Using the available 14C 
database, they argue ventilation rates decreased in the deep Pacific by 
>800 years during the LGM. If true, the deep Pacific would have been 
virtually anoxic, which was not the case. 

Where do things stand on this important scientific question? Clearly, 
there is too few 14C data from high deposition rate environments, 
particularly in the Pacific. But when we put the results of our analysis of 
14C ventilation ages together with the analysis of the Δδ13C data pre
sented in the previous section, both metrics are at odds with the notion 
that the deep ocean sequestered excess respired carbon in a more slowly 
circulating ocean during the last glacial maximum. 

2.5. Prediction 3: The Δ14C and δ13C gradients between the surface ocean 
and deep ocean would decrease during a glacial termination if the ocean- 
only model is correct 

For the same reasons that the ocean-only model predicts increased 
vertical gradients in Δ14C and δ13C during a glaciation it also predicts a 
decrease in these gradients during a deglaciation as atmospheric CO2 
was rising because old, respired CO2 would be ventilated from the deep 
sea and replaced by younger waters with higher Δ14C and δ13C. Testing 
these predictions with existing records is challenging because to assess 
whether these isotope gradients were decreasing as CO2 began to rise 
requires records with sufficient temporal resolution and accurate age 
models. For example, during the last glacial retreat atmospheric CO2 
rose by approximately 40 ppm within 4ky between 18.5 and 14.5kyBP. 
There are few marine isotope records that can resolve changes in the 
surface to deep water isotope gradients with sufficient resolution to 
assess whether this prediction is valid. There are, however, several cores 
from the Pacific that do have sufficient temporal resolution and enough 
benthic and planktic 14C age measurements that extend through the 
deglaciation. Taking advantage of these higher resolution rate cores 

Fig. 9. Δ14C of DIC from abyssal depths in the North Pacific (see map inset 
from Fig. 1) vs. dissolved oxygen from the same suite of samples. The red line is 
least squares fit. If abyssal ages were to increase by a thousand years above 
modern, it would imply a loss of ~100 um of O2 which would have made the 
abyssal Pacific anaerobic. (For interpretation of the references to colour in this 
figure legend, the reader is referred to the web version of this article.) 

Fig. 10. Panel A is the entire 14C ventilation age dataset from the Pacific sites 
below 2500 m (Rafter et al., 2022). 
Panel B contains all LGM ventilation age estimates below 2500 m. Note that 
ages older than 3000 years would be anaerobic. 
Panel C has been filtered to exclude ventilation age estimates >3000 years and 
cores with sedimentation rates below 5 cm/ky. 
The shaded region is the range of modern ventilation ages in the deep Pacific. 

L. Stott                                                                                                                                                                                                                                            



Earth-Science Reviews 252 (2024) 104756

9

Stott et al. (2021) found no decrease in the surface to deep Pacific Δ14C 
gradient during the early deglaciation (Fig. 11) as the ocean-only model 
predicts. The Δ14C values decreased by approximately 100‰ during the 
Heinrich 1 interval in parallel with the upper ocean and atmosphere 
whereas the ocean-only model predicts a 100‰ increase in Δ14C during 
the early deglaciation (Fig. 11). The surface-deep Δ14C gradient 
remained constant throughout the rest of the deglaciation. 

Two of the cores used in the Δ14C assessment also have well-resolved 
benthic δ13C records across the early deglaciation, including the H1 
interval (Fig. 12). Neither of the cores document a rapid increase in δ13C 
during the H1 interval that would be expected from an increased 
ventilation rate of the deep Pacific and the ventilation of excess respired 
metabolic carbon. The values from the early deglacial are the same as 
those from the LGM (Fig. 12). The benthic values do not begin to in
crease until after 14kyBP. The ocean-only hypothesis fails these tests as 
well. 

2.6. Prediction 3: Calcite preservation increased in the deep Pacific during 
the early deglaciation as respired carbon is ventilated to the atmosphere 

Carbonate cyclicity during the Pleistocene has been studied for de
cades (Arrhenius, 1952; Berger, 1977; Berger, 1982; Broecker, 1971). 
But most early studies lacked sufficient temporal resolution and age 
model constraints to elucidate the precise timing of carbonate changes. 

That limitation has been rectified to a large degree with better age model 
constraints and higher resolution records from each of the ocean basins 
(Anderson et al., 2008; Farrell and Prell, 1989; Mekik et al., 2012; 
Sexton and Barker, 2012). It is now clear that the Pacific and Atlantic 
basins experienced opposite changes during glacial/interglacial cycles 
during the late Pleistocene. The deep Pacific saw increased calcite 
preservation during glacials whereas the Atlantic experienced reduced 
preservation. In the deep Pacific for example, Farrell and Prell showed 
that the calcite lysocline deepened by several hundred meters during 
late Pleistocene glacials and shoaled during interglacials. This seems 
counterintuitive to the notion that the deep ocean stored excess respired 
carbon during glaciations and can only be reconciled if there was a net 
increase in alkalinity in the deep Pacific during glaciations. We have no 
direct way to measure of paleoAlkalinity but there are proxies for [CO3

=] 
(Doss and Marchitto, 2013; Yu et al., 2010; Yu et al., 2013). B/Ca esti
mates of [CO3

=] for the LGM are similar to modern (Fig. 13). These re
cords also document higher B/Ca values in the post glacial sections of 
the cores. The highest values occur during between 15 and 10kyBP 
(Fig. 13). These records have been interpreted to reflect a decrease in 

Fig. 11. From Stott et al. (2021). Upper panel deep Pacific core locations. 
Lower panel benthic Δ14C from the deep Pacific cores. Lower Panel, MARINE20 
(global surface ocean) Δ14C (Heaton et al., 2020). The solid black line is the 
simulated deep Pacific (130 E–130o W, 0–50o N, and 2000–3000 m) Δ14C 
response to enhanced ventilation during the deglaciation using the LOVCLIM 
model (Menviel et al., 2018). The 14C ages from Core MD01–2386 (Broecker 
et al., 2008), MD07–3088 (Siani et al., 2013); MD01–2420 (Okazaki et al., 
2012), MD98–2181 (Stott et al., 2021) and W8709A-13PC (Lund, 2013). 

Fig. 12. Cibicidoides δ13C from deep Pacific cores MD98–2181 (green) (Stott 
et al., 2021), W8709A-13PC (red) (Lund and Mix, 1998; Lund et al., 2011), and 
the LOVECLIM model simulated Deep Pacific δ13CDIC (blue dashed line) 
response to enhanced ventilation (Menviel et al., 2018). (For interpretation of 
the references to colour in this figure legend, the reader is referred to the web 
version of this article.) 

60.0

65.0

70.0

75.0

80.0

85.0

90.0

0.0 5.0 10.0 15.0 20.0 25.0 30.0

C
O

3= 
µ

m
ol

/k
g

kyBP

GGC48 Orange (3.4km)
GGC15 Blue (2.3km)

Fig. 13. B/Ca-based estimates of [CO3
=] from benthic foraminifera taken from 

cores in the western equatorial Pacific (Yu et al., 2010). 

L. Stott                                                                                                                                                                                                                                            



Earth-Science Reviews 252 (2024) 104756

10

deep Pacific DIC during the deglaciation in response to ventilation of 
excess respired carbon. But it is important to note that there was no 
change in [CO3

=] at 2.3 km during the deglaciation (Fig. 13), which is 
also the case in the eastern equatorial Pacific (Doss and Marchitto, 
2013). This too is counterintuitive because if the deep Pacific ventilated 
excess respired carbon during the deglaciation from the abyssal Pacific 
that carbon would have passed through the intermediate depth Pacific 
on its return to the Southern Ocean and thus, there should be evidence of 
lower [CO3

=] at intermediate depths during the deglaciation. This is not 
evident in the B/Ca records (Fig. 13). An alternative interpretation of the 
increased [CO3

=] values 15kyBP as seen in the B/Ca results from abyssal 
depths would be increased calcite dissolution and shoaling of the lyso
cline as documented by Farrell and Prell (1989). In other words, the 
higher [CO3

=] in the abyssal Pacific would reflect higher alkalinity rather 
than a decrease in the DIC. 

There have been efforts to look for an increase in carbonate preser
vation during the early deglaciation that would accompany enhanced 
ventilation of excess DIC and increased [CO3

=] as predicted by the pre
vailing hypothesis. But these efforts have failed to find a calcite pres
ervation event in the early deglaciation in the Pacific, or in the Atlantic 
or Indian Oceans (Mekik et al., 2012). So, taken together these data fail 
to validate the prevailing hypothesis. 

2.7. Prediction 4: Ice minima align with maxima in solar radiation at high 
northern latitudes 

The orbital theory predicts that ice minima should correspond with 

summer season maxima at high northern latitudes (Ateş, 2022). Over the 
past 2.5 million years Earth’s climate spent most of the time becoming 
colder and more glaciated and a small percentage of time becoming 
warm and staying warm (Fig. 14). This temporal asymmetry is another 
challenge to the orbital theory of ice ages. For example, Köhler and van 
de Wal (2020) pointed out that the minima in land ice extent were not 
well correlated with maxima in obliquity as Milankovitch theory pre
dicts. In fact, during the late Pleistocene ice sheet minima coincided with 
obliquity maxima only 52% of the time (Fig. 2). Hobart et al. (2023) 
provides a summary of hypotheses that have attempted to reconcile why 
the timing of glacial-to-interglacial transitions have not aligned with 
obliquity maxima as the original orbital theory predicts. Their work 
leverages newly updated age models for marine δ18O records, to suggest 
that Pleistocene glacial “terminations” occurred when precession was 
approaching a maxima in association with higher obliquity. However, 
an inspection of these records reveals that this orbital configuration with 
increasing precession and obliquity also occurred during glaciations as 
the climate was becoming colder, not just when an ice sheets were 
retreating (yellow lines in Fig. 14). It seems inescapable that orbital 
forcing alone is not enough to explain the timing of glacial/interglacial 
transitions nor why southern hemisphere glaciers retreated simulta
neously with those in the northern hemisphere. Combined with the fact 
that interglacials have been short-lived suggests that the climate system 
has tried to remain glaciated, but interruptions occurred when atmo
spheric CO2 rose and changed the negative radiative balance. For this 
reason, it is crucial to learn what regulated the release of CO2 to the 
atmosphere at during periods of warming and ice retreat. 

Fig. 14. Modified from Hobart et al. (2023). The bottom panel is the derivative of the δ18O record as a function of time. Note the high percentage of time δ18O was 
negative or decreasing. The grey vertical bars in the upper panel are intervals identified in the original study as times of glacial/interglacial transition when pre
cession and obliquity are approaching their combined maxima. The yellow vertical bars (added here) are intervals when both precession and obliquity were aligned 
at their maxima, but the climate was becoming colder, and ice sheets were advancing. (For interpretation of the references to colour in this figure legend, the reader is 
referred to the web version of this article.) 
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3. Is the inventory of carbon in the reactive zone fixed? 

3.1. Geologic carbon fluxes to the reactive zone 

Four decades ago, the number of records available to evaluate the 
validity of the Milankovitch theory was small. Yet, those early findings 
still hold today. There is a natural rhythmicity to Earth’s climate vari
ability and that rhythmicity has been replicated over and over in data 
from both terrestrial and marine archives. The frequency of variability is 
similar to Earth’s orbital cycles. But two facts require a re-consideration 
of the way the orbital theory of climate is thought to operate. The first is 
that there has not been a consistent relationship between the timing of 
ice minima and the maxima in solar forcing (Fig. 2). Nor has there been a 
consistent relationship between the timing of glacial to interglacial 
transition and orbital phasing (Fig. 14). 

The second fact is that orbital variations cannot explain the syn
chroneity in ice advance and retreat in both hemispheres. Greenhouse 
gases are necessary to explain both the timing and magnitude of 
warming that brings about ice retreat in both hemispheres because it 
accounts for nearly 50% of the radiative forcing change. So, why does 
atmospheric CO2 vary with ice volume? In the previous section we 
looked for evidence that would support the notion that there is a feed
back between the orbital scale climate variability and the ocean’s 
response to that variability by affecting biological uptake and deep 
ocean carbon storage during a glacial state and release of that carbon at 
a critical point in the orbital cycle. We found that the data fail to validate 
this ocean-only hypothesis, and the associated assumption that the size 
of the reactive pool of carbon remains constant. Broecker et al. (2015) 
came to this same realization. Having been at the frontier of the 
Milankovitch revolution in the 1960s and having had a significant in
fluence on the convention that the oceans are a grand climate capacitor, 
he concluded that something was missing and pointed to the potential 
role of geologic processes that could influence the inventory of carbon in 
the reactive zone. 

Huybers and Langmuir (2009, 2017) have worked on an alternative 
to the prevailing ocean-only model. They’ve explored how geologic 
carbon fluxes could vary on glacial interglacial timescales in response to 
the growth and retreat of ice sheets and sea level change, which affects 
hydrostatic pressure over the mantle and in doing so influences the rate 
of magma flow to the Earth’s surface via terrestrial and submarine 
volcanic sources. The model employed is a simple one, which lacks many 
of the dynamics in the Earth System. Yet, it points to a potential way for 
there to be a non-steady state flux of carbon to the ocean-atmosphere on 
glacial time scales. And in this sense the inventory of carbon would not 
be constant as the prevailing hypothesis asserts. One of the challenges to 
this model is establishing the timing between ice sheet growth and the 
flow rate of carbon from the mantle, a subject of ongoing experimen
tation and evaluation (Connolly et al., 2009). In the Huyber and Lang
muir model the time scale of carbon migration to the crust from the 
mantle is a model parameter that can be varied to affect the timescale of 
CO2 release. Setting this delay parameter to ~10ky simulates a ~ 120ky 
response time for buildup of ice on land and sea level fall to promote a 
release of carbon at mid ocean ridges. The link to orbital timescale is the 
length of time required to build sufficiently large ice sheets that lowers 
sea level enough to affect a decompression of the mantle and a migration 
delay timescale. Observational data needed to test this model is still very 
limited. 

Lund and Asimow (2011; 2016) were able to show that hydrothermal 
metal fluxes increased in both the Atlantic and Pacific during MIS 2 and 
4. Similar findings were made by Middleton et al. (2016). These ob
servations are consistent with Huyber and Lanmuir’s reasoning and 
consistent with the expectation that sea level affects decompression 
melting and enhanced magma flux. Interestingly these observational 
studies found that metal fluxes began to increase around 25kyBP and 
peaked during the deglaciation as atmospheric CO2 was rising. How 
much additional CO2 would be associated with enhanced magma and 

metal flux is still uncertain (Cartigny et al., 2008). Nonetheless, while 
not proof that sea level effected magma fluxes enough to influence the 
carbon budget, the correspondence between the increased metal fluxes 
and sea level lowering are additional reasons to consider that the carbon 
budget need not be in balance on glacial/interglacial time scales. 

During the same period these studies were taking place there were 
several discoveries from each of the ocean basins that documented large 
14C age anomalies in marine carbonates deposited at the end of the last 
ice age. Marchitto et al. (2007) first documented a large −200‰ 
deglacial Δ14C excursion from a shallow-intermediate depth core (705 
m water depth) near Baja. The radiocarbon excursion persisted for about 
4ky between 18 and 11kyBP. It was originally interpreted to reflect 
ventilation of an old deep-water mass that had been isolated in the deep 
sea during the glacial and then ventilated through Antarctic Interme
diate Waters to the northeastern Pacific. Intrigued by the magnitude of 
the Baja excursion Stott et al. (2009) revisited a shallow-intermediate 
water depth core in the eastern equatorial Pacific, core VM21–30 
(617 m water depth) from which Broecker et al. (2004) had previously 
found an anonymously ‘old’ 14C age at the same deglacial time interval 
as the Baja record of Marchitto et al. Broecker et al. considered the 
Galapagos 14C age erroneous and an artifact of disturbance. However, 
when Stott et al. resampled the core, they found that the 14C age 
excursion matched the timing seen in the Baja excursion. What’s more, 
there was no excursion in the planktic foraminifer 14C ages in the same 
samples. The excursion was only in the benthic values. There was no 
indication in the benthic δ18O record of a disruption in the stratigraphy. 
The magnitude of the excursion in the VM21–30 core was much larger 
than the one found near Baja. In fact, the age anomaly in the benthic 
records was as much as 8000 years. There is no way this excursion could 
reflect the ventilation age of an old water mass as Marchitto et al. 
originally envisioned. Waters that old would have been anoxic and 
therefore unable to support an aerobic benthic community. 

Bryan et al. (2010) then documented additional shallow-water 
deglacial radiocarbon age anomalies in cores from the Arabian Sea. 
Here too the excursions are very large, on the order of −200 to −300‰. 
Again, the authors attributed these shallow water excursions to the 
ventilation of old waters from the deep sea (Lindsay et al., 2016). Since 
those earlier studies were published, more deglacial 14C excursions have 
been documented in other parts of the global ocean. Stott and Tim
mermann (2011) replicated the VM21–30 results in another core on the 
Galapagos margin, VM21–19 and showed that the magnitude of the 
excursion at this site was also too large to be explained by ventilation of 
an old water mass. Rafter et al. (2019) documented large 14C anomalies 
in the Gulf of California similar in timing and magnitude those found off 
Baja by Marchitto. But the Gulf of California excursion appears to have 
begun earlier, during the late glacial. Stott et al. (2019b) then examined 
the geochemistry and carbonate preservation across the deglacial ex
cursions in the Galapagos cores finding carbonate preservation dropped 
dramatically during the excursion and was associated with increased 
accumulation of hydrothermal metals. The authors proposed that the 
radiocarbon excursions were produced when hydrothermal fluids were 
released during the deglaciation from nearby geologic sources (Stott and 
Timmermann, 2011; Stott et al., 2019b). They further suggested that 
given the shallow-water location in the zone of equatorial upwelling, it 
was likely that the CO2 rich waters exchanged carbon with surface 
waters and those surface waters would have ventilated old carbon to the 
atmosphere, thereby affecting the ocean-atmospheric carbon budget. 

Radiocarbon anomalies during the last deglaciation have now been 
documented at multiple sites from each ocean basin (Fig. 15). There are 
likely more locations in the ocean where 14C anomalies of this kind 
formed at the last glacial transition. But there are still only a few 
shallow-intermediate water depth cores that have been investigated. 
And not all 14C age anomalies occurred at shallow water depths. There 
are also large deglacial 14C excursions at deeper water sites (Ronge et al., 
2019; Ronge et al., 2016; Sikes et al., 2000). These sites are not near 
hydrothermal vents. The large 14C age anomalies from both shallow and 
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deep water sites in the southwest Pacific on the Chatham Rise are found 
in association with pockmarks (Stott et al., 2019a) that overlay sub
surface conduits that act as pathways for carbon rich fluids to migrate to 
the surface. There are thousands of pockmarks across the Chatham Rise. 
Establishing when these pockmarks formed is a challenge because only a 
few have been dated. Of those that have been studied, they formed at the 
end of the last glaciation (Stott et al., 2019a). 

As more of these types of records become available it is increasingly 
evident that geologic carbon was leaking to the ocean at the end of the 
last ice age. While it is premature to estimate how much carbon leaked 
from these geologic sources, the magnitude, and the duration of the 14C 
excursions in each ocean suggests these were significant sources of 
additional carbon being added to the ocean and a further indication that 
the carbon budget was not in steady state. The suggestion that geologic 
carbon release could have influenced the global carbon budget and at
mospheric CO2 has been provocative. This was also the case when the 
PETM event was first described (Kennett and Stott, 1991). Most paleo
ceanographers are not familiar with research of geologic CO2 stored in 
near surface reservoirs (Camilli et al., 2015; Chivas et al., 1987; German 
et al., 2022; Inagaki et al., 2006; Lupton et al., 2006; Lupton et al., 2008) 
or that hydrothermally derived carbon could vary significantly on 
glacial/interglacial timescales. 

Shallow subsurface carbon reservoirs are not currently included in 

the marine carbon budget. And it’s not clear how these reservoirs could 
be incorporated into the ocean carbon budget since the fluxes are not 
known and may be highly variable. A characteristic of near surface 
carbon reservoirs are thin hydrate caps that limit carbon release 
(Fig. 16). When disturbed however, large quantities of carbon can be 
released rapidly (Inagaki et al., 2006). Nealson (2006) described the 
reservoir of liquid CO2 in the back arc basin of the Okinawa Trough as a 
“Lake of Liquid CO2”. There is another “lake” of liquid CO2 at the bottom 
of the Aegean Sea (Camilli et al., 2015). An example of how much car
bon can leak from these reservoirs was described by Lupton et al. (2006, 
2008). These authors discovered active vents among the volcanic islands 
on the Mariana in the western Pacific. There are numerous vents in this 
region. One of them is a small vent, “Champagne”, located in about 
1600 m water depth. This vent was found to be discharging droplets of 
nearly pure liquid CO2. The droplets were emanating from a reservoir 
just beneath the sediment surface that is capped by a hydrate (Fig. 16). 
By counting the rate at which bubbles of liquid CO2 were discharging 
they estimated a carbon flux from this small hole on the seafloor of 23 
mol CO2/s, which amounts to about 0.1% of the estimated global mid 
ocean ridge flux. When the surface was disturbed, the rate increased 
significantly. It is also worth noting that the δ13C of liquid CO2 from this 
site is −1.8 to −1.2‰ (Lupton et al., 2008), close to (albeit slightly more 
negative) than deep water DIC but much higher than respired metabolic 

Fig. 15. Shallow-intermediate depth sites where large negative deglacial Δ14C anomalies have been found (Stott, 2020).  
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CO2. The high δ13C values are attributed to the origin of the liquid 
carbon, which is surmised to originate from subducted marine carbon
ates. The same is likely the case at sites in the southwest Pacific where 
large 14C anomalies are found without correspondingly large δ13C 
anomalies (Stott et al., 2019a). These examples and observations make 
the point that there are potentially many locations in the oceans where 
geologic CO2 accumulates in large quantities and can leak into the ocean 
if disturbed. Hydrate caps are sensitive to both temperature and pres
sure, making them potentially sensitive to changes in sea level that 
accompanied glaciations. 

3.2. The rapid and transient variations in atmospheric CO2 during each 
glaciation? 

During late Pleistocene glaciations (Fig. 1) there were rapid declines 
in atmospheric CO2 following each transition. In fact, there were mul
tiple excursions in atmospheric CO2 throughout each glaciation. For 
example, there was a ~ 35 ppm drop in atmospheric CO2 between 115- 
108kyBP during the MIS 5–4 transition. These rapid declines were fol
lowed by similarly rapid increases in atmospheric CO2, although the 
increases were not as large as the declines that preceded them. Conse
quently, the overall trend is a long-term decline in atmospheric CO2 that 
culminated in average glacial minima of about 180 ppm (Fig. 1). It is this 
long-term decline that is the focus of this paper. The short-term varia
tions pose a challenge to explain. 

It would seem at first that the rates of drop during the rapid varia
tions could not be explained solely from removal/release of carbon from 
the reactive zone because the time scales are so short. It would seem 
more likely that these transient variations were part of the ocean/at
mospheric dynamic that was undergoing change throughout a glacia
tion. In a recent paper by Garity and Lund (2024) the authors found that 
there was an increase in the shallow-intermediate to deep water δ13C 
gradient in the southwest Atlantic during the MIS5–4 transition. This 
was temporary, however. The deep water benthic δ13C values increased 
again during MIS 3 and the shallow-deep water gradient was restored. 
The authors make a case that these transient variations reflect shoaling 
of the deep/intermediate water boundary, which would imply a greater 
proportion of southern sourced waters in the deep Atlantic during these 
transitory intervals. The magnitude of change reflected in the δ13C 
gradient change would suggest the deep Atlantic was temporarily stor
ing additional carbon during these excursions and that could have 

contributed to the rapid drop in atmospheric CO2. 
Given the focus of the present study on the potential imbalance of 

sources and sinks of carbon we were prompted to look at sea level re
constructions (Rohling et al., 2009) and consider their potential impli
cations. The sea level reconstructions depict rapid drops that were 
closely aligned with the rapid declines in atmospheric CO2. For example, 
there is a 40m drop in sea level between 125 and 108kyBP (Fig. 17). The 
consequence of this would be an increase in the concentration of dis
solved Ca in the ocean because the volume of the ocean decreased. 
Taking the modern CaO flux estimate of Lasaga et al. (1985), which 
Broecker and Sanyal (1998) used in their calculations to assess the 
carbonate compensation response to changes in the input/outputs of 
CO2 and CaO from weathering and converting the sea level fall at the 
MIS 5 transition to an estimate of ocean volume change of about 1%, 
would have increased the Ca concentration by 20umol/l in roughly 
10ky. That would have produced a correspondingly change in carbonate 
compensation if it was not accompanied by a change in fluxes. This was 
followed by a rise in sea level that coincided with a rise in atmospheric 
CO2. This happened repeatedly during the glaciation. At the LGM, the 
sea level induced change in ocean volume was about 3% (the value used 
by the PMIP group, Lhardy et al., 2021) and that would have caused an 
increase in Ca concentration of 60umol/lt compared to the modern 
ocean, assuming the transport of CaO by rivers did not change. This 
consideration is raised because the ocean’s volume was varying. It was 
lower than the modern most of the time during the Pleistocene. Whereas 
Broecker and Sanyal (1998) estimate of the CaO flux for a steady state 
modern ocean is 2142umol/l/Myr (they use a value of 2000umol/l/ 
Myr) and ocean volume was held constant, the actual long-term flux 
spanning a million-year time scale would be better approximated by the 
glacial ocean volume. That would produce a flux value of 2165umol/l/ 
Myr or about 165umol/l higher than the value used by Broecker and 
Sanyal’s calculations, and that assumes there was no change in river 
transport. 

Lasaga et al’s modern-day CaO flux used by Broecker and Sanyal was 
an estimate needed to make the BLAG model simulate a quasi-steady- 
state modern carbon system. This modern ocean estimate may not be 
a good representation of the glacial world that characterized most of the 
Pleistocene. Sea level variability itself does not change weathering rates. 
But sea level is coupled to climatic changes that can affect weathering 
fluxes. As one example, over the Pleistocene glacial advances eroded 
calcium rich terranes that once covered eastern Canada. By the late 
Pleistocene, much of that rock had been removed from eastern Canada 
exposing the underlying shield. Consequently, today lakes of western 
Canada are alkaline whereas the watersheds of eastern Canada are 
acidic. That observation alone implies a change in weathering regime 
from the early to late Pleistocene within this glaciated region. The 
takeaway should be that without clear evidence for excess carbon 
storage in the deep sea, seeking better knowledge of weathering rates 
and fluxes takes on great importance. 

4. The Pleistocene glaciations in the context of Earth’s long-term 
cooling during the Cenozoic 

This contribution began with a question: Glacial Terminations or 
Glacial Interruptions? The premise being that perhaps the natural state 
of the climate system is a glaciated state, and short warm intervals 
(interglacials) are interruptions caused by transient episodes of CO2 
release to the ocean/atm from geologic sources. The time between in
terruptions in this hypothesis is dictated by the process(s) that regulate 
how long it takes for the carbon cycle to recover from an interruption 
and return to a glaciated state. This would depend on how much CO2 
must be removed from the ocean and atmosphere to bring the climate 
back to a cold glaciated condition. The processes involved in the 
removal would include enhanced carbon burial both in the ocean and in 
the terrestrial biosphere. 

During the late Pleistocene the overall compensation period was 

Fig. 16. From Lupton et al. (2008) depicting the environment at the Cham
pagne vent site where liquid CO2 accumulates beneath a hydrate cap. The total 
amount of CO2 residing in the subsurface is not known but the estimated flux 
from this single hole is about 0.1% of the global mid ocean ridge flux. 
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100ky, which may have been punctuated by variations (as described in 
the previous section). The amount of CO2 removed over a glaciation is 
reflected in the ~80-100 pm change observed in the ice core records. 
The removal process need not be fundamentally different from the 
modern but could have been larger (see previous section). The most 
recent interruption for which there are data began around 25kyBP and 
peaked during deglaciation (Bryan et al., 2010; Lund and Asimow, 2011; 
Lund et al., 2016; Marchitto et al., 2007; Middleton et al., 2016; Rafter 
et al., 2019; Ronge et al., 2016; Stott et al., 2019a; Stott et al., 2019b). 

Stepping back in time and viewing the Pleistocene glaciations from 
the perspective of the past 50 million years, one can view the last 2.5 
million years of cooling and increasing glaciation as a continuation of a 
longer-term cooling trend that began in the Eocene (Fig. 18). In fact, if 
one were to change the timescale on the lower axis of Fig. 18 and adjust 
the scale of the Y axis, the Cenozoic record looks very much like a glacial 
cycle of the late Pleistocene. The Earth’s climate has been in a long-term 
glacial cycle for millions of years. This long-term cycle is attributable to 
the same reasoning proposed here, the removal of carbon from the 
reactive zone via carbon sequestration outpaced release of carbon from 
geologic sources (Berner et al., 1983; DeConto and Pollard, 2003; Li and 
Elderfield, 2013; Raymo and Ruddiman, 1992; Wallmann, 2001). 

5. Summary and path forward 

After a century of scientific pursuit there have been major advances 
in documenting the timing, magnitude, and recurrence of large climatic 
changes spanning Earth’s past 60 million years. There is a well- 
documented rhythm of climate variability during the past 2.5 million 

years that shares frequencies like Earth’s orbital cycles. This realization 
was a major accomplishment in the mid-20th century. The acquisition of 
records of greenhouse gas variability was another major scientific 
advance later in the 20th century. Yet, we still lack a satisfactory theory 
to explain how Earth’s climate system operates in response to the small 
changes in solar forcing that accompanied eccentricity, obliquity, and 
precession variability. The original theory does not explicitly predict 
how orbital variations lead to systematic changes in the concentration of 
atmospheric CO2. So the challenge is to understand all the processes 
involved, including geologic processes. That includes an accurate 
depiction of each variable involved in the carbon cycle that affects the 
rhythmic nature of atmospheric CO2 variability. 

A case has been made here that the ocean-only model has a funda
mental flaw. It excludes geologic processes by assuming they operate too 
slowly to affect the carbon cycle on time scales of Pleistocene glacia
tions. It assumes that the carbon inventory of the reactive zone does not 
change on glacial/interglacial timescales. The initial elements of an 
alternative hypothesis set forth here predict that the carbon cycle is not 
in balance and carbon input fluxes are outpaced by carbon output fluxes 
except when there are interruptions. We cannot reject this hypothesis. 
But the data to test this hypothesis is limited. We need better estimates of 
how geologic carbon fluxes changed in response to compression/ 
decompression of the mantle as ice advanced and retreated. This is a 
critical variable in the carbon budget. Similarly, it’s important to expand 
on the small database of records that provide fingerprints of geologic 
processes, like the radiocarbon anomalies and metal fluxes and what 
controls their timing and magnitudes. There is also work to be done to 
better constrain alkalinity fluxes across glacial cycles, which may vary 

Fig. 17. Reconstructed relative sea level from Rohling et al. (2009) spanning the late Pleistocene. The shaded circle marks the onset of the last glacial and the rapid 
sea level fall during MIS 5. 

Fig. 18. The oxygen isotope compilation for the Cenozoic as depicted in Zachos et al. (2001). The figure has been modified to illustrate the similarity between a late 
Pleistocene glacial cycle (right-hand axis) and the associated marine isotope stages (upper x-axis) and the longer-term history of the Cenozoic glacial cycle. 
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significantly in response to glacial erosion and changing river runoff. 
And this alternative hypothesis would predict that if excess carbon from 
geologic sources contributed to the rise in atmospheric CO2 at a glacial 
interruption, there should associated with carbonate dissolution. Car
bonate dissolution is observed at the last glacial/interglacial transition 
in association with the large Δ14C anomalies in the EEP. Additional data 
like this is needed to evaluate whether there is dissolution at other lo
cations and at other glacial/interglacial transitions. 

The acquisition of new observations and the development of new 
tools that accelerated in recent years is costly. Sea-going expeditions are 
expensive and there is great competition for available resources. For this 
reason, the paleoclimate community must work together to argue for the 
importance of obtaining new data while embracing new ideas that can 
lead to breakthroughs. 
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