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Benthic δ18O records Earth’s energy 
imbalance

Sarah Shackleton    1  , Alan Seltzer    2, Daniel Baggenstos    3,4  
& Lorraine E. Lisiecki    5

Oxygen isotope ratios (δ18O) of foraminifera in marine sediment records 
have fundamentally shaped our understanding of the ice ages and 
global climate change. Interpretation of these records has, however, 
been challenging because they reflect contributions from both ocean 
temperature and ice volume. Here, instead of disentangling, we reconstruct 
global benthic foraminiferal δ18O across the last deglaciation (18–11.5 ka) 
with ice volume constraints from fossil corals and ocean temperature 
constraints from ice core noble gases. We demonstrate that, while 
ocean temperature and ice volume histories are distinct, their summed 
contributions to δ18O agree remarkably well with benthic δ18O records. 
Given the agreement between predicted and observed δ18O, we further build 
upon recent insight into global energy fluxes and introduce a framework 
to quantitively reconstruct top-of-atmosphere net radiative imbalance, or 
Earth’s energy imbalance, from δ18O. Finally, we reconstruct 150,000 years 
of energy imbalance, which broadly follows Northern Hemisphere summer 
insolation but shows millennial-scale energy gain during the cold intervals 
surrounding Heinrich events. This suggests that, in addition to external 
forcing, internal variability plays an important role in modifying the global 
energy budget on long (millennial-plus) timescales.

Among the geochemical tools used to inform our understanding of 
global climate over the past 100 million years, the oxygen isotope ratio 
(δ18O) of benthic foraminifera in marine sediment cores has arguably 
provided the foremost insights into the structure of past climate oscil-
lations, fundamentally shaping the field of palaeoclimatology over the 
past 70 years1,2. Initially interpreted as a proxy for ocean temperature3, 
it was later argued that Pleistocene foraminiferal δ18O primarily records 
changes in seawater δ18O, and thus global ice volume (or sea level), due 
to the growth and decay of 18O-depleted ice sheets4.

Several decades after these early interpretations of foraminiferal 
δ18O records, it was recognized that marine sediment porewaters pro-
vide direct constraints on past seawater δ18O (ref. 5). Porewater δ18O 
profiles indicate a 1.0 ± 0.1‰ global average seawater enrichment 

during the Last Glacial Maximum (LGM; ref. 6 and references therein), 
suggesting that roughly 60% of the 1.7‰ LGM global benthic δ18O 
(δ18Obenth) anomaly was due to changes in ice volume, with the remain-
der due to the influence of colder deep ocean temperatures on the 
calcification process. However, the relative contributions of ice volume 
and ocean temperature to δ18Obenth evolve in time, and disentangling 
these signals is key to our understanding of the ice ages7–13.

While the separation of δ18Obenth into ocean temperature and ice 
volume has been a major focus of prior work, the combined signals 
provide powerful constraints on the global energy budget. Today our 
energy budget is imbalanced, with more energy coming in than escap-
ing to space, driven by anthropogenic changes to our atmosphere14. 
Earth’s energy imbalance (EEI) determines how the climate evolves 
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Within the deglaciation (18–11.5 ka) and Holocene, we observe 
excellent agreement between Δδ18Opredicted and Δδ18Oobserved. Both show 
highest rates of Δδ18O change during Heinrich Stadial 1 (H1, 18–14.6 ka) 
and the Younger Dryas (YD, 12.8–11.5 ka), with a notable inflection 
during the Bølling–Allerød (B/A, 14.6-12.8 ka). During H1, the majority 
(0.5‰) of Δδ18O (0.6‰) may be attributed to a 1.7 °C mean ocean warm-
ing. During the B/A, ocean temperatures cool which, alone, would lead 
to a reversal in Δδ18O. However, the highest rates of ice sheet melting 
occur within this interval; the net effect is the observed inflection. As 
in H1, the high rate of Δδ18O change in the YD is primarily driven by 
ocean warming. The Δδ18O in the early Holocene (0.5‰,11.5–8 ka) is 
entirely explained by the melting of residual LGM ice sheets, as ocean 
temperatures stabilize by the onset of the Holocene.

Disagreement in LGM Δδ18O
Given the excellent agreement between Δδ18Opredicted and Δδ18Oobserved 
within the deglaciation and Holocene, the disagreement in both 
the magnitude and trend of LGM Δδ18O is notable. Multiple expla-
nations could resolve this misfit. First, the larger magnitude of 
LGM-to-Holocene Δδ18Opredicted may indicate that the mean ice sheet 
δ18O (δ18Oice) applied in our calculations (−30‰) is too negative (Fig. 2a). 
The choice of an invariant δ18Oice in these calculations is a simplifying 
assumption; ice sheet δ18O is spatially heterogeneous and varies as a 
function of temperature, latitude and altitude22. We therefore expect 
δ18Oice to evolve as a function of lateral and vertical ice sheet extent and 
global temperature. To explain the discrepancy between Δδ18Opredicted 
and Δδ18Oobserved with evolving δ18Oice requires an 8‰ decrease in δ18Oice 
between 25 ka and 19 ka. Given that the reconstructed ice volume17 and 
global temperatures23 are quite stable during this interval, this scenario 
is not well supported.

The discrepancy may also be explained by a smaller ocean tem-
perature change than suggested by the noble-gas-based reconstruc-
tion. Today, the deep ocean is undersaturated in krypton and xenon24. 

and is closely linked to equilibrium climate sensitivity15. The response 
of EEI to natural forcing and unforced internal variability provides 
insight into global climate feedbacks.

Recent work has demonstrated that the global energy gains associ-
ated with ocean warming and ice sheet melting across the last degla-
ciation are (1) similar in magnitude, and (2) dominate the net deglacial 
energy change16. Using eustatic sea level17 and global mean ocean tem-
perature reconstructions16,18, ref. 16 quantified total deglacial energy 
changes associated with the latent heat of ice sheet melting and ocean 
heat uptake. By conservation of energy, the rate of global heat uptake/
release must equal the EEI. Therefore, the reconstructed rate of global 
energy gain was used to reconstruct EEI from the LGM to present.

Given that δ18Obenth contains ocean temperature and ice volume 
information, it may unlock unique insight into past global energy 
changes and EEI. However, this requires that (1) δ18Obenth reliably records 
combined ocean temperature and ice volume changes, and (2) we can 
quantitatively translate δ18Obenth changes into global energy changes. 
In this Article, we explore the potential of δ18Obenth as a proxy for global 
energy by comparing ocean temperature, ice volume and δ18Obenth 
records over the last 25,000 years. We then consider the implications 
for the global energy budget within and beyond this interval.

LGM to present ocean temperature and ice 
volume constraints
The histories of ocean temperature and ice volume from the LGM 
through the present (25–0 ka) provide crucial insight into the climate’s 
response to extensive changes in the global energy budget. While rela-
tively sparse for earlier intervals, numerous constraints on ocean tem-
perature and ice volume exist for the last 25,000 years.

Fossil coral and sediment-based constraints on tidal range provide 
information on relative sea level change. However, relative sea level 
changes are influenced by multiple factors including ocean/ice volume, 
and the deformation of Earth’s crust and gravitational field in response 
to the redistribution of ice masses (or glacio-isostatic adjustment). 
Recent advances in constraining LGM-to-present ocean/ice volume 
histories have relied on combined relative sea level observations and 
glacio-isostatic adjustment models (for example, ref. 17).

Our understanding of past ocean temperature is primarily based 
on marine geochemical records. However, most marine proxies record 
sea surface temperatures, which represent a small fraction of the ocean. 
Recent work demonstrated that atmospheric noble gas ratios (Xe/N2, 
Kr/N2 and Xe/Kr) in ice core air bubbles reflect mean ocean tempera-
ture19. Because the temperature-dependent solubilities of xenon, kryp-
ton and nitrogen in seawater are distinct, ocean warming or cooling 
modifies the ocean–atmosphere partitioning of these gases in different 
proportions, therefore modifying atmospheric Xe/N2, Kr/N2 and Xe/Kr. 
Multiple noble-gas-based deglacial records of ocean temperature have 
been produced16,18,20 and closely agree, thus bolstering confidence in 
the method (Extended Data Fig. 1).

Comparing predicted and observed δ18O histories
The individual contributions of ocean temperature and ice volume to 
δ18Obenth, their sum, and a global δ18Obenth compilation21 are compared in 
Fig. 1 (Methods). Here we report δ18Obenth anomalies (Δδ18O) relative to 
the last 5,000 years. For brevity we refer to the δ18Obenth compilation as 
Δδ18Oobserved and the sum of ocean temperature and ice volume-derived 
Δδ18O as Δδ18Opredicted. The overall agreement between Δδ18Opredicted and 
Δδ18Oobserved is quite striking considering the distinct evolutions of the 
ocean temperature and ice volume contributions. However, the mag-
nitude of LGM-to-Holocene Δδ18Opredicted exceeds that of Δδ18Oobserved. 
Another notable difference is the timing of the LGM Δδ18O maximum, 
which occurs earlier (~22 ka) in Δδ18Opredicted than in Δδ18Oobserved (~19 ka). 
In agreement with previous work6,8, ocean temperature and ice volume 
changes respectively make up roughly 40% and 60% of the total LGM 
(25–18 ka) Δδ18O.
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Fig. 1 | Contributions of ocean temperature and ice volume changes to global 
Δδ18O. The green and yellow splines show predicted temperature and ice volume 
contributions to Δδ18O, respectively. The ocean temperature contribution is 
calculated using a compilation of atmospheric noble gas reconstructions16,18,20,40 
and the ice volume contribution is calculated using the ref. 17 eustatic sea level 
reconstruction, assuming a mean ice sheet δ18O of −30 ± 2‰ (Methods). The blue 
spline is the sum of the temperature and ice volume contributions (Δδ18Opredicted) 
compared with the global δ18Obenth compilation21 (Δδ18Oobserved, grey). Shading 
indicates the 1σ uncertainty of the reconstructions centred on the mean (solid 
line). Orange panels highlight H1 (18–14.6 ka) and the YD (12.8–11.5 ka). LGM 
(25–19 ka), B/A (14.6–12.8 ka) and Holocene (HOL, 11.5–0 ka) intervals are also 
denoted in the top panel.
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Differences between LGM and Holocene ocean boundary conditions 
including sea ice extent, wind stress, circulation and meridional tem-
perature gradients may have resulted in different noble gas satura-
tion states. If the LGM ocean were less undersaturated in krypton and 
xenon, this would result in an overestimate of the LGM-to-Holocene 
ocean temperature change and its contribution to Δδ18Opredicted

25. For 
undersaturation to explain the discrepancy would require a contem-
poraneous decrease in ocean temperature and increase in noble gas 
undersaturation between 25 ka and 19 ka, followed by minimal changes 
in saturation state across the deglaciation and Holocene (Fig. 2b). Given 
the evidence for relatively stable LGM sea ice extent, wind stress, ocean 
circulation and meridional temperature gradients, followed by large 
changes in these parameters during the deglaciation23, this scenario 
is not well supported.

Last, we consider an alternative LGM ice volume history. The tim-
ing and magnitude of the LGM sea level minimum has been widely 
debated, as constraints on sea level in this interval are sparse (Extended 
Data Fig. 2) and often inconsistent with land-based ice volume esti-
mates26–28. Recently, an LGM eustatic sea level history was constructed 
with drowned corals from the Great Barrier Reef29. The reconstruc-
tion suggests ice volume reached a maximum at ~19 ka, immediately 
preceding the deglaciation. Applying this reconstruction to calculate 
LGM Δδ18Opredicted, we find substantially improved agreement with 
Δδ18Oobserved in the overall magnitude and trend (Fig. 2c). We note that 
there may be other explanations for this mismatch, including the poten-
tial of diagenesis to alter δ18Obenth records30. However, of the proposed 
explanations, we favour this late drop in LGM sea level to explain the 
Δδ18Opredicted misfit, which indicates that the δ18Obenth maximum at 19 ka 
records the true LGM ice volume maximum.

δ18Obenth as a proxy for EEI
Because δ18Obenth reliably records combined ocean temperature and ice 
volume information, it should track net energy changes associated with 
ocean warming/cooling (ocean heat content) and ice sheet buildup/
melting (latent heat content). As these are the dominant energy reser-
voirs of the ice ages16, δ18Obenth may serve as a direct tracer of global net 
energy changes (ΔEglobal) and EEI. However, to quantitatively reconstruct 

ΔEglobal and EEI from δ18Obenth requires that (1) δ18Obenth is reliably sepa-
rated into its two components, or (2) a given δ18Obenth change associ-
ated with ocean temperature or ice volume results in a similar total 
energy change. Remarkably, the latter is upheld. That is, the total energy 
change associated with a given change in δ18Obenth if it were entirely 
attributed to ocean warming/cooling (19 × 1024 J ‰−1) or entirely to ice 
sheet melting/fusion (16 × 1024 J ‰−1) are remarkably similar (Extended 
Data Figs. 3 and 4).

In this context, there is no need to deconstruct δ18Obenth; it can 
be directly translated into ΔEglobal without accurate knowledge of its 
partitioning between the oceans and ice sheets. δ18Obenth therefore 
serves as an agnostic tracer of ΔEglobal and EEI. As a test of this novel 
interpretation, we apply this agnostic δ18Obenth–ΔEglobal conversion to the 
ref. 21 compilation, reconstruct deglacial EEI from its time derivative, 
and compare results with diagnostic EEI reconstructed from combined 
ocean and latent heat changes (Fig. 3a,b). While minor differences 
exist, the key features are the same; EEI contains two peaks within the 
last deglaciation, coincident with H1 and the YD.

We may therefore extend EEI reconstructions further into the 
past with δ18Obenth. EEI reconstructed from the ref. 21 global compi-
lation suggests that the majority of the last glacial (116–19 ka) has 
modestly negative EEI associated with gradual cooling and ice sheet 
growth (Fig. 3c). However, this interval is punctuated by a number of 
EEI peaks that correspond to cold intervals (stadials) in which Heinrich 
events—times of extensive ice rafted debris deposition in the North 
Atlantic—occur31. Heinrich Stadials (H) are associated with substantial 
reduction in Atlantic Meridional Overturning Circulation (AMOC)32,33 
and drastically reduced surface temperatures in the Northern Hemi-
sphere. It is hence not obvious why these cold periods coincide with 
positive EEI anomalies.

Climate simulations of AMOC disruptions suggest that the radia-
tive response is dominated by two opposing effects: (1) an increase 
in albedo and outgoing shortwave radiation due to the expansion of 
North Hemisphere sea ice and low level clouds, and (2) a decrease in 
outgoing longwave radiation due to strong Northern Hemisphere 
surface and atmospheric cooling34. The simulated magnitude of the 
longwave response outweighs the shortwave, leading to a positive EEI, 
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this parameter in the calculation of the relative contribution of ice volume 
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scenario (bottom) to calculate the ocean temperature contribution to Δδ18O 
from atmospheric noble gas reconstructions16,18,20,40 to fit the Δδ18Oobserved 
(top, ref. 21). Noble gases are prescribed at 100% saturation at 25 ka, and then 

linearly adjusted to their mean modern values24 between 25 ka and 19 ka. Purple 
shading in top panel indicates where the prescribed saturation changes are 
applied. c, We evaluate the LGM ice volume Δδ18O contribution (orange) and 
Δδ18Opredicted (purple) applying the ref. 29 eustatic sea level reconstruction. This 
reconstruction is limited to 32–12 ka. Comparisons of the raw sea level data and 
eustatic sea level curves of refs. 17,29 are shown in Extended Data Fig. 2. As in 
Fig. 1, spline shadings in all three panels shows the 1σ uncertainty centred on the 
mean (solid lines).
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consistent with our reconstruction. In these simulations, the changes 
in ocean circulation lead to accumulation of heat in the ocean interior 
and warming concentrated in North Atlantic intermediate depths, 
which is driven by the disruption of deep convection and associated 
heat loss from the ocean to the atmosphere.

In addition to the oceanic response, Heinrich events are associ-
ated with Laurentide Ice Sheet mass wasting31, and thus latent heat 
gain. As high-resolution reconstructions of mean ocean tempera-
ture and coral-based sea level changes are mostly limited to the last 
25,000 years, we cannot evaluate the relative contributions of ocean 
and latent heat to ΔEglobal beyond this interval. However, marginal 
sea level reconstructions from planktonic δ18O provide continuous 
constraints on relative sea level change, based on the control of sill 
depth on basin residence time and evaporation-driven enrichment 
in basin seawater δ18O. In the absence of high-resolution coral-based 
constraints, we consult Red Sea records35 to assess whether the global 
energy gain during H intervals went, at least in part, into ice sheet 
melting. We note that there are well-documented differences between 
δ18O-based constraints on ice volume—including the Red Sea record—
and geologic constraints for past intervals, including Marine Isotope 
Stage 3 (for example, refs. 36–38), so the following inferences should 
be considered with caution.

The Red Sea level reconstruction suggests that several of the larger 
Heinrich events are associated with high rates of sea level rise (Fig. 3c, 
refs. 35,39), which support a latent heat (in addition to ocean heat) 

contribution to positive EEI during these intervals. Interestingly, the 
intensities of millennial-scale EEI peaks appear to be modulated by boreal 
summer insolation, which may reflect this high latitude control on ice 
sheet mass balance. Within the glacial, millennial-scale EEI maxima are 
briefer than those associated with the penultimate and last deglaciation 
and are mostly lesser in magnitude. However, the reconstructed EEI peak 
during H8 (87.6–85.1 ka) is comparable in magnitude to those of the last 
two deglaciations. Red Sea level records indicate that the rate of sea level 
rise during H8 is comparable to deglacial rates (albeit briefer), which may 
help explain this anomalously positive EEI within the glacial.

The reconstruction also suggests that the last and penultimate 
deglaciations both contain a double peak in EEI. In the last deglaciation, 
the two peaks are primarily related to the ocean heat gain across the two 
weak AMOC intervals of H1 and the YD16,34. In contrast, the penultimate 
deglaciation is marked by a single, prolonged weak AMOC interval (H11, 
136–129 ka), so the double EEI peak across this interval is less readily 
explained. As continuous records of mean ocean temperature do not 
yet exist across the penultimate deglaciation, the rate and evolution 
of ocean heat uptake during this interval is unknown. Additionally, 
high-resolution coral-based reconstructions of sea level are not avail-
able for this interval, so rates of sea level rise (and thus the latent heat 
component of EEI) during this interval cannot be elucidated from these 
records. However, the Red Sea level record suggests two peaks in sea 
level rise rates which may, in part, explain the double peak in EEI across 
the penultimate deglaciation.
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Mean ocean temperature and coral-based sea level reconstruc-
tions across the last interglacial (129–116 ka) suggest early interglacial 
ocean warmth coincident with higher sea level40,41, though the magni-
tude of the sea level anomaly, as well as its temporal evolution has been 
the subject of debate42,43. Mean ocean temperature decreases in the 
first few thousand years (~129–127 ka) of the interglacial, which, unless 
compensated by substantial ice sheet melting, would imply a negative 
EEI at the onset of this interglacial (Extended Data Fig. 5). However, the 
reconstructed EEI from δ18Obenth suggests sustained, positive values 
until ~126 ka. As discussed below, the implied inconsistency between 
agnostic and diagnostic EEI in the early last interglacial may be due to 
challenges in record alignment during earlier intervals.

Challenges and opportunities
The remarkable consistency between ice core, coral and sediment-based 
records across the last deglaciation not only reinforces early interpreta-
tions of δ18Obenth records, but also demonstrates new ways in which they 
may be understood and utilized to quantitatively resolve past climate 
states. However, there are challenges in applying these techniques 
to earlier intervals related to dating and alignment of records from 
different archives. Absolute radiocarbon dating of sediment records 
is limited to the last ~50 ka. Annual layer counting in ice cores may be 
possible in the shallower portion of a record but becomes increasingly 
difficult as layers thin with depth. Coral-based sea level records may be 
U–Th dated. However, corals provide discrete, rather than continuous 
markers of past sea level, and these markers become sparser further 
back in time.

While challenges exist, new dating and alignment techniques are 
continually developed. Efforts are underway to extend continuous ice 
core records through the Mid-Pleistocene transition. These efforts 
bring renewed interest in developing techniques for the alignment of 
ice and sediment records in order to probe this enigmatic interval44.

Additional challenges include constraining past δ18Oice. This is 
particularly salient within and beyond the mid-Pleistocene transition, 
as global climate and ice sheet geometries (and thus δ18Oice) may have 
substantially differed from the late Pleistocene45.

As with many proxies, our understanding of δ18Obenth has evolved 
since its conception. This study takes the opportunity to assess this 
understanding using independent constraints on ice sheet volume 
and ocean temperature for the last 25,000 years. The findings are 
encouraging; while ocean temperature and ice volume trends are 
distinct, sediment records reliably record their combined contribu-
tion to δ18Obenth across the last deglaciation. Ice volume accounts for 
a larger proportion of the net LGM-to-Holocene δ18Obenth change, but 
the highest rates of δ18Obenth change are largely driven by strong ocean 
warming during reduced AMOC intervals.

While early debates on the interpretation of δ18Obenth records 
focused on the primary source of the signal, we find that—in the con-
text of global energy change—the partitioning of δ18Obenth into ocean 
temperature and ice volume is immaterial. As the oceans and ice sheets 
are, by far, the largest global energy reservoirs on ice age timescales, we 
demonstrate that δ18Obenth traces ΔEglobal and can be used to agnostically 
reconstruct EEI. As in the last deglaciation, we find millennial-scale 
variations in EEI throughout the last glacial cycle, with maxima during 
H intervals. While the North Atlantic is the centre of action for these 
intervals, their impacts are felt globally, and include large-scale restruc-
turing of oceanic and atmospheric circulation31,46–48. Understanding 
the nature of these millennial-scale perturbations to the global energy 
budget may therefore provide key insight into the slow feedbacks of 
our climate system.
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Methods
Mean ocean temperature reconstruction from published ice 
core Kr/N2, Xe/N2 and Xe/Kr
To calculate the ocean temperature component of δ18Obenth we first 
compile all published atmospheric noble gas ratio (Kr/N2, Xe/N2 
and Xe/Kr) reconstructions covering the last 25,000 years (n = 118,  
refs. 16,18,20,40). A 25 ka cut-off is chosen so as to exclude EPICA Dome 
C (EDC) ice samples within the bubble clathrate transition zone, which 
may not provide reliable noble gas data16,50. Samples from other records 
(WAIS Divide, or WDC, and Taylor Glacier, or TG) do not extend beyond 
25 ka. All data are kept on the age models from their original publica-
tions (AICC2012 for EDC, and WD2014 for WDC and TG).

The measured noble gas ratios in ice cores must be corrected for 
gas fractionation in the firn to derive the atmospheric ratios19. In this 
study, we use the published fractionation-corrected noble gas ratios 
from each study, except in the case of TG samples from ref. 40 (n = 10), 
for which we apply the correction of ref. 20, so that all samples from 
the same ice core are corrected using the same method. In the case of 
the EDC data16, the atmospheric noble gas ratios are reported using 
two methods of fractionation correction. Here we use the dataset 
that includes correction for kinetic fractionation. Comparison of the 
differing methods of firn fractionations are explored in the original 
publications, as well as ref. 51. To compute mean ocean temperature 
from the corrected noble gas ratios, we report these gas ratios relative 
to their late Holocene (0–5 ka) average for the cores with data from 
this interval (EDC and WDC). In the case of TG, no data are available 
from this interval, so we report these ratios relative to a modern 
atmosphere standard.

To calculate mean ocean temperature from the atmospheric noble 
gas ratios, we employ the ocean–atmosphere box model of ref. 18. 
In brief, the box model is composed of a one-box atmosphere and 
three-box ocean. The relative temperatures, salinities and volumes 
of the ocean boxes are assigned on the basis of the temperature and 
salinity distributions of the modern ocean. However, using a one-box 
ocean yields nearly identical results18. The model computes the Xe, 
Kr and N2 in each reservoir on the basis of the respective volumes and 
the temperatures and salinities of each ocean box. The model is then 
inverted to solve for the required ocean temperature change to match 
the reconstructed palaeo-atmospheric noble gas ratios.

Ocean volume, salinity and the atmospheric pressure at sea level 
all influence the partitioning of gases between the ocean and atmos-
phere, and thus the atmospheric noble gas ratios. To account for these 
affects and how they vary in time, we apply the ref. 17 sea level curve 
(and reported uncertainties) to our box model calculations. All box 
model parameterizations are the same as prescribed in ref. 18, with 
the exception that we make no assumption about a time-varying noble 
gas saturation state. This is later explored in the ‘Disagreement in LGM 
Δδ18O’ section. In addition, we apply the updated solubility curves of 
ref. 52 in our box model calculations.

From the three atmospheric noble gas ratios (Kr/N2, Xe/N2 and Xe/
Kr), we get three evaluations of mean ocean temperature for each sam-
ple. As in previous work, we report the average of the three results. To 
assess uncertainties in these mean ocean temperature reconstructions, 
we create 10,000 Monte Carlo realizations of each corrected noble gas 
ratio (n = 118 samples × 3 noble gas ratios) from their published uncer-
tainties, and 10,000 realizations of the sea level curve from its reported 
uncertainty to run through our box model routine. As above, we average 
the three results from the noble gas ratios to produce 10,000 mean 
ocean temperature realizations of the 118 datapoints.

Calculation of ocean temperature and ice volume 
contribution to δ18Obenth and comparison with the δ18Obenth 
compilation
To compare ocean temperature, ice volume and δ18Obenth reconstruc-
tions, we create splined versions of each record, along with estimates 

of uncertainties. To produce a splined mean ocean temperature record, 
bootstrapped timeseries are produced by randomly sampling with 
replacement from the 10,000 Monte Carlo realizations of the 118 noble 
gas samples. We fit each of these timeseries to a spline with a 2,500 year 
cut-off period using the MATLAB ‘csaps’ function. A 2,500 year cut-off 
period was chosen, as in ref. 16, to minimize the influence of analytical 
noise, while still capturing millennial-scale features that may also be 
recorded in the lower-resolution δ18Obenth record. The 10,000 splines 
are averaged to produce a final, smoothed ocean temperature record, 
along with uncertainties. These records are then used to calculate 
temperature-driven changes in global δ18Obenth with the quadratic 
formula of the ref. 53 palaeotemperature equation (T = 0.1 × δ18O2 
− 4.38 × δ18O + 16.9) assuming a late Holocene (0–5 ka) mean ocean 
temperature of 3.53 °C (ref. 54).

We apply the deglacial sea level reconstruction of ref. 17 to cal-
culate the ice volume component of δ18Obenth, which incorporates 
corals and coastal sediment constraints on relative sea level with 
glacial isostatic adjustment models to reconstruct eustatic sea level. 
A splined version of the sea level record is used in this calculation, 
produced using the same method as the mean ocean temperature 
spline described above. The smoothing applied to produce the spline 
means that submillennial sea level changes (such as in Meltwater 
Pulse 1A) are not well resolved. However, such short-term features are 
unlikely to be well captured in global δ18Obenth. While the thermosteric 
component of sea level change is relatively small, we may account for 
and remove this signal from the total sea level change (to isolate the 
ice volume component) using our mean ocean temperature spline 
scaled to the total LGM-to-Holocene thermosteric sea level change 
(2.4 ± 0.3 m (ref. 27)). We also consider the eustatic sea level recon-
struction derived from fossil coral records from the Great Barrier 
Reef29 to calculate the ice volume component of δ18Obenth applying 
the same methods as above.

To calculate the δ18Obenth changes due to ice volume changes we 
rearrange the equation of ref. 9: Δ𝛿18O = δ18Oice/(D/∆SL − 1), where δ18Oice 
is the mean ice sheet δ18O (−30 ± 2‰), D is the modern mean ocean 
depth of 3,682.2 m (ref. 55), and ∆SL is the eustatic sea level anomaly 
relative to modern. In our calculations, this mean δ18Oice value applies 
to the ice that contributes to global ice volume change (and thus the 
change in seawater δ18O) and does not include extant ice sheets. We 
note that this method of estimating the sea level contribution to global 
δ18Obenth neglects the influence of ocean bathymetry. Changes in the 
volume of floating ice shelves represent another source of uncertainty, 
as this influences the volume of water stored as ice (and thus seawater 
δ18O) without any change in sea level.

The sum of the ocean temperature and ice volume components 
of δ18Obenth (Δδ18Opredicted) from ocean temperature and sea level recon-
structions are compared with the global δ18Obenth compilation of  
ref. 21. For this comparison, a splined version of the δ18Obenth com-
pilation was produced using the same method applied to the ocean 
temperature and sea level reconstructions. As the global δ18Obenth 
stack averages over hundreds of individual records, we do not employ 
bootstrapping to produce the global δ18Obenth spline. Because the 
stack is produced by binning individual records into 500 year inter-
vals, we randomly perturb the age model of the global δ18Obenth stack 
within its 500 year binning in our Monte Carlo realizations to incor-
porate effects of age uncertainty and smoothing associated with this 
binning in the global δ18Obenth spline. LGM and deglacial anomalies 
(Δδ18O) are reported relative to the late Holocene average (0–5 ka), 
as sea level, ocean temperature and δ18Obenth are effectively constant 
over this interval.

Calculation of global energy change and EEI from benthic δ18O
To assess the conversion of δ18Obenth to global energy change (ΔEglobal) 
and EEI we assume that ocean heat content and ice sheet latent heat 
content changes are the dominant changes in global energy reservoirs 
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on ice age timescales. This assumption is based on the work of ref. 16, 
which evaluated the LGM-to-Holocene changes in global energy and 
found that changes in ocean heat content and ice sheet latent heat con-
tent are orders of magnitude larger than other global energy changes.

The primary goal of this section is to determine if we may use 
δ18Obenth to agnostically reconstruct ΔEglobal and EEI. That is, we calculate 
ΔEglobal under the assumption that changes in global δ18Obenth are driven 
entirely by changes in (1) ice sheet volume or (2) entirely by ocean 
temperature (Extended Data Fig. 3). If they differ, we must deconstruct 
δ18Obenth into its ice volume and ocean temperature components to 
calculate ΔEglobal and EEI. However, if they are similar, there is no need 
to deconstruct benthic δ18O; it may be directly converted to ΔEglobal and 
EEI without accurate knowledge of the reservoir of energy gain/loss 
(ocean heat content or latent heat content).

To calculate ice sheet latent heat content changes from global 
Δδ18Obenth, we calculate the change in sea level per equivalent change 
in δ18Obenth: ∆SL = D / (Δδ18Oice/Δ𝛿18O + 1). Here we are assuming that the 
entire δ18Obenth change (Δδ18O) is due to ice volume changes to probe 
how sensitive our global energy reconstructions are to assumptions 
about the partitioning of δ18Obenth into ocean temperature and ice 
volume changes. As in the previous section we apply a mean δ18Oice of 
−30 ± 2‰ (the sensitivity of these calculations to the applied δ18Oice is 
shown in Extended Data Fig. 4). The associated energy change is then 
calculated as in ref. 16. Briefly, the sea level change is converted to a 
freshwater mass change using the modern ocean area 361.84 × 106 km2 
(ref. 55) and freshwater density and then multiplied by the latent heat 
of fusion of freshwater. This energy change is then increased by an 
additional 10 ± 5% to account for the energy required to warm the ice to 
the melting point (assuming a mean ice sheet temperature of −20 °C). 
Global energy imbalance is then calculated by taking the time deriva-
tive of this reconstructed ΔEglobal and dividing it by Earth’s surface area.

To calculate ocean heat content changes from global δ18Obenth, 
we calculate ocean temperature from global δ18Obenth using the ref. 53  
palaeotemperature equation (see previous section). Here we are assum-
ing that the δ18Obenth signal is entirely an ocean temperature signal. 
However, we enforce an absolute lower mean ocean temperature limit 
of −2 °C (the freezing point of seawater), so for any values of global 
δ18Obenth > 4.85‰, we assume that the remainder of the δ18O signal is 
due to an ice volume change and calculate the associated latent heat 
change as above. In this case, it is very unlikely that the entire δ18Obenth 
signal is due to the equilibrium isotope effect. However, the purpose 
of this exercise is to evaluate the possible range of ΔEglobal from δ18Obenth. 
From the global δ18Obenth calculation of mean ocean temperature, we 
then calculate ΔEglobal using the modern ocean volume 1.3324 × 109 km3 
(ref. 55) multiplied by the average density and temperature-dependent 
specific heat of seawater. As above, global energy imbalance is then 
calculated by taking the time derivative of ΔEglobal and dividing it by 
Earth’s surface area.

From these two extreme assumptions in the partitioning of 
δ18Obenth (entirely ice volume or entirely ocean temperature) used to 
calculate ΔEglobal and EEI, we find that the total energy changes agree 
within ~20%. Therefore, an accurate partitioning of δ18Obenth into ocean 
temperature and ice volume changes is unnecessary in reconstructing 
EEI (Extended Data Fig. 3).

To produce ΔEglobal and EEI splines, 4,000 iterations of the ocean 
heat and 6,000 iterations of the latent heat calculations from δ18Obenth, 
along with their uncertainties, are produced via Monte Carlo methods. 
These 10,000 global energy histories are then resampled via bootstrap-
ping and splines (and their time derivatives) are produced applying 
a 2,500 year cut-off period using the MATLAB ‘csaps’ function. The 
10,000 iterations of the global energy splines and time derivatives 
are then used to evaluate ΔEglobal and EEI, respectively, along with 1σ 
confidence envelopes for each record (Fig. 3a,b).

Data availability
File including the reconstructions from this study and original data 
used to produce reconstructions is available at https://doi.org/10.5281/
zenodo.8237374.
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Extended Data Fig. 1 | Global mean ocean temperature (MOT) evolution over 
the last 25 ka. Individual samples from WAIS Divide18 (WDC, blue), EPICA Dome 
C16 (EDC, red) and Taylor Glacier20,40 (TG, yellow) are shown as points with 1σ 
error bars calculated from published analytical uncertainties and uncertainties 

associated with box model inputs (see Methods). Splined reconstruction from 
these combined data (MOTcomb) are shown in green with 1σ confidence envelope 
shown in shading centered on mean spline (solid line). Note that absolute mean 
ocean temperature (rather than temperature anomaly) is shown here.

http://www.nature.com/naturegeoscience


Nature Geoscience

Article https://doi.org/10.1038/s41561-023-01250-y

Extended Data Fig. 2 | Raw relative sea level data and calculated eustatic 
sea level curves considered in this study. In a) points represent the individual 
raw observations from refs. 17 (yellow) and29 (orange) and solid lines show the 

splines of the eustatic sea level curves from each study that are used to compute 
the ice volume component of δ18Obenth. b) shows the number of raw sea level 
observations for each study per thousand-year bin.
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Extended Data Fig. 3 | Agnostic reconstruction of Earth’s energy imbalance 
(EEI) from δ18Obenth. Here we outline the steps taken to calculate EEI from δ18Obenth 
(left to right), which are described in detail in the methods. Briefly, δ18Obenth

21 (left) 
is converted into sea level (second panel, top in yellow) and ocean temperature 
(second panel, bottom in green) using the assumption that the δ18Obenth signal 
is entirely attributed to one or the other. We then calculate the energy change 
associated with ice sheet buildup/melting from the sea level reconstruction 

(third panel, yellow) and with ocean warming/cooling from the ocean 
temperature reconstruction (third panel, green). EEI is then calculated by taking 
the time derivative of the energy changes and averaging over Earth’s surface area 
(panel 4). The gray lines in panels 3 and 4 show the calculated the global energy 
change (ΔEglobal) and EEI if we assume a constant 60/40 split of δ18Obenth between 
ice volume and ocean temperature changes.
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Extended Data Fig. 4 | Sensitivity of calculated (a) global energy change (ΔEglobal) and (b) Earth’s energy imbalance (EEI) to applied δ18Oice. Here we assume the 
δ18Obenth

21 record is entirely an ice volume signal and calculate the energy change using a wide range of mean ice sheet δ18O (−35‰ to −25‰) to test the sensitivity of 
calculated EEI to this parameter.
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Extended Data Fig. 5 | Mean ocean temperature40 and sea level35,41 reconstructions for Termination II and the Last Interglacial. Blue show sea level reconstructions 
from Red Sea plankonic δ18O35 and red diamonds show coral records from the Seychelles41. Dashed line indicates the onset and end of the termination and orange shading 
indicates the timing of Heinrich Stadial 11.
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