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P L A N E TA R Y  S C I E N C E

Olivine alteration and the loss of Mars’ early 
atmospheric carbon
Joshua Murray* and Oliver Jagoutz

The early Martian atmosphere had 0.25 to 4 bar of CO2 but thinned rapidly around 3.5 billion years ago. The fate 
of that carbon remains poorly constrained. The hydrothermal alteration of ultramafic rocks, rich in Fe(II) and Mg, 
forms both abiotic methane, serpentine, and high-surface-area smectite clays. Given the abundance of ultramafic 
rocks and smectite in the Martian upper crust and the growing evidence of organic carbon in Martian sedimen-
tary rocks, we quantify the effects of ultramafic alteration on the carbon cycle of early Mars. We calculate the ca-
pacity of Noachian-age clays to store organic carbon. Up to 1.7 bar of CO2 can plausibly be adsorbed on clay 
surfaces. Coupling abiotic methanogenesis with best estimates of Mars’ δ13C history predicts a reservoir of 0.6 to 
1.3 bar of CO2 equivalent. Such a reservoir could be used as an energy source for long-term missions. Our results 
further illustrate the control of water-rock reactions on the atmospheric evolution of planets.

INTRODUCTION
Geological observations of Mars indicate a dense early atmosphere 
ranging from 0.25 to 4 bar of CO2 (1, 2). However, Mars’ current 
surface reservoir only amounts to approximately 0.054 bar of CO2, 
suggesting a substantial loss of CO2, either to space or the litho-
sphere (3). This decline of CO2 likely occurred between the late 
Noachian and late Hesperian period, when sedimentary deposits 
reflect a transition from a “warm and wet” to a “cold and dry” cli-
mate (1). The mechanism by which Mars lost its atmospheric CO2 
remains poorly constrained.

Photochemical models and orbiter measurements of carbon loss 
to space indicate an integrated escape since the Noachian of ~1.3 to 
6.3 mbar of CO2; two orders of magnitude lower than the rates nec-
essary to explain the removal of 0.25 to 4 bar [(4, 5); see fig. S1]. 
Escape rates may have been amplified by an early magnetic dipole 
(6) and/or more frequent solar storms (7). In addition, sizeable 
amounts of CO2 may have been sequestered as carbonate minerals 
(3); however, these large deposits have yet to be located (8). The 
challenge in reconciling models of Martian atmospheric evolution 
with present-day observations often leads to the postulation of a 
“missing sink” of carbon (8, 9).

Recent rover missions detected reduced organic carbon in Mar-
tian rocks (10–12). On Earth, reduced carbon species, primarily 
methane, are formed abiotically during low-temperature (<140°C) 
serpentinization (13). The oxidation of Fe(II) in olivine to Fe(III) in 
serpentine, which is abundant in ultramafic terrains on Mars (14, 
15) and found as detrital minerals within deltaic sediments (16), lib-
erates H2 from water. Through the Sabatier reaction, this H2 reacts 
with CO2 to form methane, CH4 (simplified in Eq.  1). Similar 
Fischer-Tropsch–type reactions can produce less reduced or more 
complex organic molecules and hydrocarbons (17, 18). Methane is 
unstable in the Martian atmosphere and would revert to CO2 in less 
than 1 thousand years (ka) (19, 20) due to photochemical degrada-
tion (21).

However, smectite clays, the most abundant hydrated mineral on 
the Martian surface (22), have the capacity to adsorb and protect 
organic carbon (23, 24). Similar to serpentine, these clay minerals 

form through water-rock reactions and alteration of mafic and ul-
tramafic rocks (25, 26). Smectite surfaces can catalyze the polymer-
ization and aromatization of simple organic carbon compounds (27) 
to molecules similar to those detected by the Perseverance rover 
(12). On Earth, tectonic processes and biological activity recycle 
lithospheric carbon back to the atmosphere (23, 28). On Mars, 
where these processes are limited or absent (29), mineral protected 
organic carbon in the crust would remain stable over long geologic 
timescales. Consequently, relatively small fluxes [e.g., (30)] could 
accumulate large lithospheric stores of organic carbon.

Here, we evaluate the role of abiotic methanogenesis and subse-
quent storage of methane within smectite clays in the cooling of the 
Martian climate. We constrain this process through a simple mass-
balance model of serpentinization, estimates of the volume of clays 
within the crust, and a model of the evolution of carbon isotopes 
since the early Noachian.

RESULTS
Methane formation and storage
Our model explores the oxidation of Fe(II), present in e.g., olivine, 
which was abundant on Mars through at least the early Hesperian 
(31, 32), to serpentine. Eq. 1 shows a simplified, idealized reaction

We explore serpentinization volumes of 0- to 2-km global equiv-
alent layer (GEL), within the depth of hydrated minerals on Mars 
(33) and inferred serpentinization on Earth (15). Our calculations 
show that a 2-km GEL of serpentine reduces ~5 bar of atmospheric 
CO2 to methane (fig. S2).

Clay minerals on Mars are exposed in craters as deep as 17 km 
(33). However, the total volume of clays remains an uncertainty. The 
hydrated crust stores anywhere from 16- (34) to 1350-m GEL of 
H2O [(35); upper limit], equivalent to 27- to 2260-m GEL of clay 
minerals (Materials and Methods). Given the uncertainty, we com-
pute the capacity of smectite clays to store organic carbon for vari-
ous total volumes (Fig. 1 and Materials and Methods) and investigate 
the implications of organic carbon storage as a function of clay vol-
ume, including both the “best estimate” of 218- to 436-m GEL smec-
tite and the “plausible range” from 117- to 1440-m GEL (35).

Olivine +H2O + CO2 → Serpentine +Magnetite + CH4 (1)
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The methane storage capacity of different clay minerals is depen-
dent on both pressure and temperature. Because of its high surface 
area, smectite can adsorb a factor of four more methane than illite or 
chlorite, with a maximum adsorption of ~0.6 weight % (wt %) 
(Fig. 1A and table S1). Integrating through the plausible volumes of 
smectite clay, our analysis indicates that 0.07 bar of CO2 equivalent 
can be stored as methane within 117-m GEL and 1.7 bar in 1440-m 
GEL (Fig. 1B). The best-estimate clay volumes can store 0.16 to 0.4 bar 
of CO2 as adsorbed methane. Compared to the nonpolar methane, 
smectite can store far greater percentages (up to 32 wt %) of polar 
molecules (36). Polar molecules are measured in Martian mud-
stones (10, 37) and can form abiotically in smectite interlayer spaces 
(27). In this regard, methane serves as a conservative estimate com-
pared to the adsorption of possible compounds on clay surfaces. 
Below 500 m in depth, the maximum adsorbed methane concentra-
tion is relatively constant (Fig. 1A), indicating that the relationship 
between clay thickness and stored organic carbon is approximately 
linear (Fig. 1B). The depth distribution of the total clay volume is 
less influential: A 1000-m-thick surface layer of pure smectite can 
store 1.1 bar, whereas an equal volume distributed evenly through-
out the upper 10 km can store 1.3 bar (fig. S3).

Our calculations show that Martian clays could store multiple bar 
of CO2 equivalent. Reducing 1.7 bar of CO2 to organic compounds 
would require ~700-m GEL depth of serpentinization (fig. S2). On 
Earth, the serpentinization of a 700-m-thick layer would take be-
tween 10 ka and 100 million years ago (Ma) (15). While serpentine is 
observed on Mars today (14), the extent of serpentinization could be 
obscured by subsequent alteration of serpentine to smectite since the 
Noachian (26).

Isotopic history
Abiotic methanogenesis preferentially incorporates light carbon 
isotopes (13). Consequently, the conversion of atmospheric CO2 to 
mineral-bound CH4 would lead to the fractionation of the carbon 
isotopic composition of the surface reservoir (Fig. 2). To model the 
change in isotopic composition of atmospheric CO2 for varying 
GEL thicknesses of smectite clays and initial atmospheric pressure, 
we use a Monte Carlo method (Fig. 2 and Materials and Methods). 
We use a fractionation factor of −14 ± 3‰ for methanogenesis, 
consistent with observations of abiotic systems on Earth [(13); Ma-
terials and Methods]. For the “lowest plausible” clay volume of 117-m 
GEL, we calculate an atmospheric enrichment of 0.4 to 1.8‰, de-
pending on the initial atmospheric pressure of CO2. The best esti-
mate of clay volumes yields atmospheric enrichment in δ13C of 1.9 
to 14‰. The “highest plausible” volumes of 1440-m GEL stores 1.7 bar 
of CO2 and would enrich δ13C by 15 to 50‰, depending on the 
initial atmosphere (Fig. 2).

We place our predictions of δ13C changes associated with metha-
nogenesis within the constraints of the atmospheric evolution of 
carbon isotopes on Mars. Today, heavy carbon is strongly enriched, 
with atmospheric δ13C measured as 48 ± 4‰ (38), while the early 
atmosphere likely reflected mantle δ13C values of −30 to −20‰ (3, 
39). Enriching atmospheric δ13C from mantle values to present-day 
levels necessitates an increase of up to ~80‰ over Mars’ history 
(Fig. 2B). This enrichment is attributed, at least partially, to atmo-
spheric escape. We combine modeled fractionation factors for pho-
todissociation of CO (3) with best estimates of atmospheric escape 
of atomic carbon (4) and project δ13C back to the Noachian (see 
Materials and Methods; Fig.  2B). We find integrated atmospheric 
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Fig. 1. Capacity for smectite clays to store organic carbon. (A) Calculations of 
adsorbed methane, shown at total organic carbon (TOC), on smectite, illite, and 
chlorite as a function of depth. Estimates are based on experimental data of Lang-
muir adsorption assuming an early Martian geotherm and crustal density (Materi-
als and Methods). The gray bar shows the possible range of TOC in a mudstone 
sample in Gale crater (11). (B) Integrated TOC, converted to CO2 atmospheric pres-
sure, as a function of clay mineralogy and GEL thickness. The orange and green 
boxes reflect the one and two SD estimates of smectite clay volumes based on the 
formation of hydrated minerals (HM) and near-surface (NS) estimates, respectively 
[(35); Materials and Methods].
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loss since 4.0 Ga can account for 34+11
−6 ‰ of isotopic enrichment 

(Fig. 2B). The remaining 38+7
−11‰ of enrichment must be attribut-

able to a process not included in these integrated estimates of loss to 
space. Loss rates could be substantially greater in the past (6, 7), 
particularly if oxygen escape is derived from CO2 photodissociation 
rather than H2O (40). However, modern loss rates of carbon are ~2 
orders of magnitude lower than oxygen loss rates (5, 40), and en-
hanced loss in the early solar system is difficult to quantify, particu-
larly if δ13C enrichment is driven by a combination of geologic and 
atmospheric mechanisms.

Here, we explore the effect of abiotic methanogenesis on the his-
tory of δ13C and consider the extent to which water-rock reactions 
can bridge the gap between early magmatic δ13C values and the δ13C 
inferred through the extrapolation of modern atmospheric loss (4). 
Figure 3 overlays the change in atmospheric δ13C associated with 
various GEL thicknesses of organic matter bearing smectite clay, for 
an initial 2 bar of CO2 atmosphere. Subsequently, we evaluate the 
size of organic reservoir, formed by abiotic methanogenesis, re-
quired to explain the isotopic discrepancy (Fig. 2B).

To do so, we use a Bayesian treatment of clay volumes, isotopic 
fractionation, initial δ13C, and present conditions to calculate the 
conditional probability distribution of organic carbon in the Mar-
tian crust given the isotopic composition of the atmosphere at 4 Ga 
(Materials and Methods). For an initial atmospheric CO2 pressure 
of 1 bar, an organic carbon reservoir equivalent to 0.65+0.13

–0.30 bar 
of CO2 best recreates the available data (Fig.  4). An initial atmo-
spheric pressure of 2 bar is best fit by an organic carbon reservoir 
equivalent to 1.25+0.29

–0.69 bar of CO2. These organic carbon reser-
voirs equate to total masses of 0.69 to 1.33 PT of carbon. To reduce 

that amount of carbon requires at least 280- to 510-m GEL of ser-
pentinization (fig. S2) and at least 670- to 1100-m GEL of smectite 
to adsorb and protect the carbon in the crust (Fig. 1). For an initial 
atmosphere of 1 and 2 bar, respectively, we find that the mineral-
bound organic carbon reservoir cannot exceed masses equivalent to 
0.85 and 1.7 bar, else atmospheric δ13C is enriched beyond modern 
values (Fig.  2). This corresponds to an upper limit in methane-
saturated smectite clays of 800- and 1500-m GEL, respectively 
(Fig. 1B), consistent with the highest plausible limits derived from 
estimates of crustal H2O (34, 35).

An initial atmosphere of 4 bar requires greater than 2-km GEL of 
smectite clay minerals and associated methane to recreate the isoto-
pic enrichment observed today (Fig. 2 and fig. S5). Such a volume is 
beyond the plausible limit of hydrated minerals on Mars (35). If the 
early Martian atmosphere were as thick as 4 bar, then other pro-
cesses, which either concentrates carbon within the crust beyond 
methane adsorption or markedly increase the rate of atmospheric 
escape (2), would be necessary to explain the loss of carbon.

In addition to carbon, hydrogen is fractionated during the for-
mation of methane. Using a fractionation factor of 325 ± 50‰ [(10) 
and table S1], we estimate an enrichment in D/H of 0.01 to 0.4 
Vienna Standard Mean Ocean Water (VSMOW), depending on 
the initial atmospheric pressure of CO2 and the size of the water 
reservoir at 4 Ga (fig. S9). An enrichment of 0.4 VSMOW is minor 
in comparison to the ~5 VSMOW enrichment in D/H since the 
Noachian, which was driven largely by atmospheric escape (38, 41). 
The large uncertainties in hydrogen escape rates through time—
including the dependency on solar extreme ultraviolet (42), the effect 
of dust storms (43, 44), and the changes in orbital obliquity (45)—
pose a barrier to relating abiotic methanogenesis to the history of 
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Fig. 3. Enrichment of Martian δ13C since 4.0 Ga due to atmospheric escape and 
volume-dependent enrichment by mineral-bound organic carbon. The blue 
field is calculated by projecting the modern atmospheric composition backwards 
with best estimates of photodissociation and solar evolution [(4, 62); Materials and 
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sphere of 2 bar of CO2. See fig. S4 for a comparable figure with other loss estimates 
and initial atmospheric pressures.
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Martian D/H. Because of these uncertainties, we refrain from using 
D/H as a constraint to infer the size of the organic carbon reservoir. 
Future models of Martian D/H may benefit from the inclusion of 
abiotic methanogenesis but only if loss-driven hydrogen fraction-
ation through time is known to greater precision than ~0.5 VSMOW.

DISCUSSION
Our results demonstrate that serpentinization indeed could have 
formed a large organic carbon reservoir due to the reduction of at-
mospheric CO2. This reservoir, stored and protected on clay mineral 
surfaces since the Noachian, could represent the postulated missing 
sink of carbon on Mars. We demonstrate that Mars’ climatic and 
carbon isotopic history can be explained with the inclusion of an 
organic carbon reservoir equivalent to ~0.4 to 1.5 bar of CO2. Given 
that we do not attempt to model the effects of an early magnetic field 
and solar storms, our integrated loss estimates likely reflect a lower 
bound [(4) and Materials and Methods]. It follows that the size of 
the organic carbon reservoir is an upper bound. The δ13C enrich-
ment (Fig. 2B) can thus be partitioned between the storage of or-
ganic molecules on clay surfaces (this paper) and unquantified 
processes, which enhance the loss to space of CO2.

The bounds placed on the organic carbon reservoir could be fur-
ther constrained by measurements of organic carbon within Mar-
tian mudstones, particularly in the subsurface, to investigate the 
depth dependence predicted in Fig. 1A. On Earth, we can garner 
greater understanding through study of abiotic methanogenesis 
in serpentinites of compositions more similar to those on Mars 
(15) and through laboratory measurements that constrain isotopic 

fractionation during the formation of complex organic molecules 
within the interlayer space of smectites (27).

Traditionally, 2 wt % TOC is seen as a minimum for economical 
extraction of gas from shale (46). However, space exploration need 
not be profitable, and 0.5 wt % could provide a valuable fuel source. 
If extracted, Martian organic carbon, particularly methane, could be 
used as a propellent for farther space missions or return flights (47, 
48). Alternatively, methane and hydrogen act as potent greenhouse 
gases in the Martian atmosphere (49) and could be used more ef-
fectively for terraforming than other accessible carbon reservoirs 
(50). Processes that further concentrate organic carbon in shales or 
in traps would make these ventures more achievable and justifies 
searching for concentrated deposits in the subsurface.

Our results may have ramifications beyond Mars’ climate history. 
Given that tectonic processes have overturned and obscured most 
Hadean and Archaean crust on Earth, Mars provides the best window 
into planetary processes in the ∼1 billion years after accretion. Our 
results show that aqueous alteration and serpentinization of (ultra-)
mafic rocks are critical processes for the exchange of hydrogen and 
carbon between the ocean-atmosphere and the lithosphere and can 
meaningfully influence the CO2 budget of a planet’s atmosphere. Our 
model of abiotic methanogenesis and storage, shown in the schematic 
Fig. 5, which is minor on Earth today, may be a widespread, funda-
mental process in the atmospheric evolution of young rocky planets 
with an (ultra-)mafic crust. The formation and adsorption of organic 
molecules formed soon after planetary accretion could even be inte-
gral to the development of life (27, 51). However, in the absence of 
tectonic overturning of the crust, the adsorption of organic carbon 
onto clay surfaces may represent an irreversible loss of atmospheric 
carbon, further tying plate tectonics to planetary habitability even in 
the absence of substantial carbonate deposits (52).

MATERIALS AND METHODS
Abiotic methanogenesis
To investigate the relationship between abiotic methanogenesis and 
serpentinization volume, we assume that reactant olivine has a 
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Fig. 4. Prior and posterior probability distributions of organic carbon in the 
Martian crust. The prior distribution (orange line) is calculated according to the 
combined near-surface and hydrated mineral estimates of H2O in the Martian crust 
[(35); Materials and Methods] and converted to organic carbon by the calculations 
shown in Fig. 1B. Posterior distributions are conditional upon an initial 1 bar of at-
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butions reflect the organic carbon reservoir required to replicate δ13C predicted by 
atmospheric escape models. Comparable figures are presented in the Supplemen-
tary Materials with prior distributions derived solely from near-surface estimates 
and hydrated mineral formation (figs. S6 and S7).

Fig. 5. Schematic for our framework of organic carbon sequestration on early 
Mars. Ultramafic rocks are hydrothermally altered in the subsurface to form ser-
pentine, smectite, and methane. Methane is adsorbed in the smectite interlayer 
space, where it may further react to form complex organic molecules (27). When 
combined, these reactions amass geologically significant stores of carbon within 
the crust. FTT, Fischer-Tropsch type.
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forsterite number of 0.6 and an Fe(II)/ΣFe of 1 (53). We use a forst-
erite density of 3300 kg/m3 and a fayalite density of 4400 kg/m3. We 
model olivine alteration to serpentine with a final Fe(II)/ΣFe of 0.4 
(15). We explore GEL depths of 0 to 2 km, consistent with 1 billion 
years ago (Ga) of the slowest estimates of the migration of serpenti-
nization reaction fronts (15). If serpentine is a precursor to the hy-
drated minerals observed on Mars (26), then the 2-km GEL is the 
upper limit of total serpentinization; however, magnetic data may 
suggest substantially greater depths (15).

We follow the chemical equation of (54) in which 6 mol of fay-
alite form 1 mol of methane. GEL thicknesses of serpentinization 
are then converted to mol of olivine, mol of methane, and lastly 
atmospheric pressure of CO2 (fig. S1).

Methane adsorption
The adsorption of methane on clay surfaces is dependent on miner-
alogy, pressure, and temperature. We assume an upper crustal den-
sity of 3100 kg/m3 (55, 56), a clay density of 2300 kg/m3, a surface 
temperature of 0°C, and a Martian geotherm of 15 K/km (57). We 
convert depth to temperature and calculate the Langmuir coeffi-
cient, K, according to (58)

where q is the heat of adsorption; ∆S0 is the standard entropy of 
adsorption, R is the gas constant, T is temperature, and (p0) is the 
standard pressure, 1 bar.

We then calculate the adsorption of methane, Γ, according to the 
Langmuir coefficient

For smectite, illite, and chlorite, the values of q, ∆S0, and Γmax are 
given in table S1 (58). We use numerical integration of Γ with depth 
to derive the total adsorption of methane for a given thickness of 
smectite (Fig. 1B).

Clay volumes
The total volume of clay minerals in the Martian crust is a major 
control to the history of water on Mars; however, constraining clay 
abundance and water content at depth remains challenging (34, 35, 
57). We derive our range of smectite volumes from two existing es-
timates of water sequestered in the crust: The first is constrained by 
the H2O necessary to form hydrated minerals; the second is con-
strained by estimates of H2O in the near surface of Mars (35). The 
prior distribution for our inferred reservoir of organic carbon is 
evenly sampled from the hydrated mineral distribution and near-
surface distribution [(35); Fig. 4], and we present the results for 
each distribution separately within the Supplementary Materials 
(figs. S6 and S7).

The majority (62%) of detected hydrated minerals on Mars are 
smectite clays (35). A further 23% are chlorite (35), which is formed 
primarily by the diagenetic alteration of smectite (22). Adsorbed or-
ganic matter is retained during the diagenesis of smectite (59). 
Hence, we assume that 85% of hydrated minerals in the Martian 
crust were smectite clays or remain as smectite clays. We convert 
mineral-bound H2O estimates to GEL thickness of smectite clay as-
suming a water content of 22 wt % and a density of 2300 kg/m3. This 
results in a conversion factor of 1.68 from H2O (m GEL) to smectite 

clay (m GEL) (see fig. S8) for a comparison. The “plausible” range of 
water sequestered within the crust, 70- to 860-m GEL (35), is thus 
equivalent to 117- to 1440-m GEL of smectite clay.

Isotopic fractionation during abiotic methanogenesis
We use a Monte Carlo method to randomly sample the fractionation 
factor of abiotic methanogenesis and model the subsequent isotopic 
enrichment of 13C in the atmosphere. We generate a fractionation 
factor according to the normal distribution −14 ± 3‰ (table S1). 
Distinguishing biotic and abiotic methane signatures on Earth is 
challenging; however, biotic methane tends to have a lighter signa-
ture than abiotic methane (although both processes preferentially 
incorporate 12C). The range −14 ± 3‰ is chosen to reflect the ma-
jority of samples studied in the Semail and Al Farfar ophiolites (13), 
as well as the abiotic methane catalyzed by chromium spinel (60), 
which is detected in Jezero Crater (16).

As methane reacts within the smectite interlayer space to form 
more complex organic compounds, carbon may be fractionated 
again. If some of the organic carbon were then freed to the atmo-
sphere, then the fractionation during complex abiotic polymerization 
and aromatization reactions would play a role in the atmospheric 
evolution of δ13C. These reactions have not been well-studied from 
an isotopic standpoint and remain a source of uncertainty in our 
model. We suggest that, given the tendency for abiotic ethane to 
incorporate more 12C than does abiotic methane (13, 60), our 
fractionation factors are more likely to underestimate the strength of 
fractionation than overestimate. Similarly, abiotic methanogenesis 
tends to incorporate more 12C at lower temperatures (61). Given a 
cooler Martian geotherm and surface temperatures, serpentinization 
on Noachian Mars may have fractionated carbon more strongly than 
modern ophiolite complexes.

To calculate the change in δ13C of the atmosphere, we run simu-
lations with a given starting atmospheric pressure of CO2 and a 
global thickness of smectite clays. We then calculate the ratio of 
carbon, which could be sequestered as mineral-bound methane, 
relative to the starting atmospheric carbon. We use this ratio of 
sequestered carbon and the fractionation factor discussed above 
to calculate change in atmospheric δ13C by the Rayleigh equation 
(Fig. 2).

We use the same methodology to calculate the influence of abi-
otic methanogenic on hydrogen isotopes. We use a D/H range of 
−325 ± 50‰ for abiotic methane, relative to the source H2O (13). 
The resulting change in atmospheric D/H is shown in fig. S9.

Atmospheric escape and δ13C
Estimates of atmospheric escape can be derived via multiple meth-
ods. The loss of O to space, as measured by MAVEN [e.g., (42)], can 
be tied to CO2 photodissociation but may be derived primarily from 
the photodissociation of H2O (2, 9). Alternatively, the isotopic frac-
tionation since the Noachian has been used to estimate the amount 
of CO2 loss, assuming a fractionation factor for photodissociation of 
CO (3). However, the mechanism of carbon loss outlined here also 
enriches carbon isotopes in the atmosphere, so we cannot use mod-
ern δ13C to constrain both methanogenesis and atmospheric loss. 
Instead, we use recently calculated total modern loss rates that 
include photodissociation, dissociative recombination, electron 
impact dissociation, and photoionization (4). We scale the total 
modern loss with the intensity of the solar Lyman continuum (Eq. 4) 
(4, 62). The relationship between the flux of photons in the Lyman 

ln (K ) =
q

RT
+

ΔS0

R
− ln

(

p0
)

(2)

Γ = Γ
max

K ⋅ P

K ⋅ P + 1
(3)
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continuum and the photodissociation of CO2 is unknown (3). We 
assume a power law with an exponent sampled from a lognormal 
distribution with mean 1.5 and standard deviation 0.25.

We apply a total carbon isotope fractionation factor of 0.6, which 
is calculated specifically for photodissociation of CO (3). We project 
loss rates backward from the present to 4 Ga, adding carbon back 
into the atmosphere and tracking the resultant δ13C.

A full set of model parameters is given in table S1. In the Supple-
mentary Materials, we provide an alternative history of δ13C using 
the ion loss rates from solar wind-driven ion escape, constrained by 
the Mars Express orbiter [(5); fig. S4].

Inference of the organic carbon reservoir
Assuming that abiotic methanogenesis is responsible for the previ-
ously unaccounted enrichment in 13C, we can put estimates on the 
amount of organic carbon stored in Martian clays.

Once again, we use Monte Carlo simulations to generate two 
separate distributions of δ13C: the first from mineral-bound abiotic 
methane and the second from rewinding 4 Ga of atmospheric loss. 
Our prior distribution for methane-driven δ13C is derived from the 
estimated probability distribution of water in hydrated minerals on 
Mars [figure 4 of (35)] converted to clay volume. We then use Bayes 
theorem to calculate the posterior distribution of mineral-bound 
organic carbon according to the likelihood (the probability distribu-
tion of δ13C at 4 Ga according to our model of atmospheric escape) 
and the prior (the probability distribution of δ13C beginning from 
magmatic values and enriched by abiotic methanogenesis). We han-
dle the probabilities numerically via weighted resampling with re-
placement of the parameters in the abiotic methanogenesis model.

For an initial atmosphere of 4 bar of CO2, only 3% of simulations 
of methanogenesis exceed the δ13C inferred from atmosphere es-
cape i.e., for our framework to bridge the gap between magmatic 
values and modern values requires loss rates that are improbably 
high or fractionation factors for abiotic methanogenesis which are 
improbably low. Hence, we do not include the posterior distribution 
of mineral-bound organic carbon for a 4 bar atmosphere in Fig. 4 
and suggest that another process would likely be necessary to re-
move such a large reservoir of carbon. For completeness, the poste-
rior distribution is shown in fig. S5.

Supplementary Materials
This PDF file includes:
Table S1
Figs. S1 to S9
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