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Abstract

Plate tectonics distinguishes Earth from the other terrestrial planets but its
initiation mechanism and onset time are debated. We propose plate tectonics was
initiated by deposition of magnetite-rich banded iron formations (BIFs) through
biogeochemical iron cycling in Neoarchean oceans. In the photic zone of proto-
continental margins, photoferrotrophic bacteria efficiently oxidized the dissolved Fe(II)
and induced massive precipitation of ferric oxyhydroxide, which would rapidly react
with Fe(II)-rich hydrothermal fluids from coeval vigorous volcanism in Neoarchean
oceans to produce magnetite-rich BIFs. Mechanical models demonstrate that the

localization of high-density BIF deposition near proto-continents induces collapse of
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the lithosphere and can initiate the earliest subduction. The peak deposition of BIFs in
2.75-2.4 Ga provides a time constraint on the inception of plate tectonics.
One Sentence Summary
The biologically induced deposition of high-density magnetite in Neoarchean oceans
initiated plate tectonics.
Main Text

Plate tectonics provides a powerful description of the kinematics of the solid Earth
and plays a fundamental role supporting the energy, mass, and chemical cycling since
its onset. However, when and how plate tectonics began has been a focus of research
since its discovery (/—4). A number of mechanisms have been proposed to explain the
onset of subduction and in turn, plate tectonics (5—7). Processes which localize both
driving forces and lithospheric weakening are likely required. The weakening of
lithosphere could occur through a combination of grain damage, grain-size reduction,
thermal processes, and mineralogic change through reaction with water (8—/1).
External processes such as meteorite impacts have been suggested to break up the
lithosphere and start subduction (5). Interior geodynamic processes such as mantle
plumes (7) and the spreading of buoyant continents (6) have also been proposed as the
nucleating processes of the earliest subduction. The mantle-plume model requires
impingement of a hot plume head to rupture the lithosphere, while the continent-
spreading model emphasizes that a thick and buoyant continent is gravitationally

unstable and its lateral collapse may induce subduction. These models mainly explored
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pure geophysical processes, while overlooking the possible impact of a young
biosphere on the solid Earth which is distinctive among all the terrestrial planets.
Besides, these models did not provide a crucial time constraint for the origin of plate
tectonics.

The influence of thick sediments on subduction initiation within modern
continental margin settings has long been proposed (/2, 13), but the results show that
the force associated with low-density (~ 2.4 g/cm?) silicate sediments cannot rupture a
mature passive margin (/2). Here, we argue that the banded iron formation (BIF), an
early Precambrian iron-rich sedimentary rock, could lead to the requisite conditions
through a combination of their high density and sequence thicknesses (Fig. S1) (14—
16). The BIF deposition peaked during 2.75-2.4 Ga and distributed globally on the
Neoarchean continental margins (/7, 18), but their potential as the driving force of
subduction initiation has not been evaluated.

The characteristics of BIF deposition

BIFs are Precambrian marine deposits composed of alternating iron-oxide and
chert bands (79, 20). In the highly anoxic Archean, the oxidation of Fe(Il) is widely
accepted to be dominated by anaerobic photoferrotrophy. With the nutrient input from
the proto-continent, photoferrotrophs thrived in the photic zone on the proto-continental
margins, which have the highest contemporary primary productivity (/4, 2/-23). By
harnessing the sunlight energy, the photoferrotrophic bacteria enzymatically oxidized

Fe(Il) to ferrihydrite (~Fe(OH)3) and fixed CO, into biomass (22) (Fig. 1). Upon
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diagenetic solidification, ferrihydrite dehydrated and transformed to either hematite or
magnetite in BIFs, with different mineralization pathways and condensed states (75,
24). Moreover, the iron oxides in Archean BIFs are mainly magnetite, and the hematite
content has gradually exceeded the magnetite content since the Proterozoic (15, 25).
The hematite in BIFs was directly dehydrated from its ferrihydrite precursor,
maintaining an ultrafine crystal size (3-5 nm) and a high specific surface area (~ 200
m?/g) so that it remained fluffy, similar to its oxyhydroxide precursor when settled on
the seafloor (24). On the other hand, the active submarine volcanism and the released
hydrothermal fluids in the Neoarchean promoted the formation of magnetite. These
high Fe(II)-containing hydrothermal fluids would react with ferrihydrite on the seafloor
to rapidly produce magnetite (/5, 26) (Fig. 1). In contrast, magnetite nanoparticles
make dense aggregation by magnetic interactions (27) (Fig. S2). The magnetite would
accumulate with silica to form thick BIFs on proto-continental margins. Also, these
dense BIFs typically have a density 20%-40% higher than the lithosphere due to their
high iron content (/4, 22). Through their negative buoyancy, such BIF-hosted
continental margins eventually develop into deep sedimentary basins (Fig. 1), such as
the Hamersley Basin in Western Australia (28).

In addition to their dense state and high density, another important observation is
the peak deposition of BIFs (2.75-2.4 Ga) (14, 18, 20). Many large BIF-hosted basins
(also called Superior-type BIFs) developed in this period have been identified (/8).

They are found to be deposited in near-shore shelf environments and localized on
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continental margin basins (/7, 28), which implies a widespread distribution of BIFs on
global continental margins. Moreover, the depositional scales of BIFs were large and
several giant BIFs in this period (2.75-2.4 Ga) were reported, such as the Hamersley
Basin in Western Australia and the Transvaal Supergroup in South Africa. These two
basins alone cover an area of over 10° km? and their thickness can reach kilometers (16,
28).

During the peak deposition of BIFs, a depositional rate of ~1 km/Myr has been
suggested by geochronological studies (/4). This is equivalent to an iron depositional
rate of ~45mol-m~2-yr~! for the iron-rich BIFs with Fe wt%=54.6% and p =
4.6 g/cm3 (I4), which is close to the estimation given by recent laboratory
experiments (27, 22). Assuming all the Fe(Ill) in BIFs is the oxidation product of
photoferrotrophy and using the estimated iron-oxidation rate of the photoferrotrophic
bacteria (1 —3 X 107 mol-cell ™t -yr=1) (14, 29), a cell density of 3 —9 X
10* cells/cm® over a 50-m-deep photic zone is adequate to sustain the above-
mentioned BIF depositional rates. Such a cell density should be feasible since modern
observations find that the bacterial population in the photic zone is typically on the
order of 10° cells/cm3 (14).

The high depositional rate (~1 km/Myr) implies that thick magnetite-rich BIFs
would accumulate along continental margins within a few million years. The loading
from these heavy sediments could be large enough to induce the rupture and subduction

of the lithosphere along proto-continental margins. Based on these observations, we
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propose that the peak deposition of the heavy magnetite-rich BIFs in 2.75-2.4 Ga might
have initiated the earliest subduction, thus indicating the origin of plate tectonics.
Geodynamic computations of BIF-induced subduction initiation

We formulated 2-D thermomechanical models with viscoelastoplastic rock
rheology (see Methods) to test the hypothesis that BIF deposition initiated subduction
in the Neoarchean. Our reference model (Fig. 2) consists of a 100-km-thick proto-
continental plate (left side, 1100 km wide) and a 100-km-thick oceanic plate (right side,
2100 km wide). Presumably, crustal thickness variations before plate tectonics would
have been gradual as they would have partially relaxed over millions of years. We
assumed that before plate tectonics that there were regions of proto-continent composed
of crust like tonalite—trondhjemite—granodiorite rocks with a density of ~ 2.9 g/cm? (30).
Consequently, a transition (from x=1000 km to x=1100 km) between proto-continent
and an oceanic domain is set (Fig. 2A). The crustal thickness of the proto-continent and
the oceanic plate is 30 km and 15 km, respectively. A 40-km-thick “sticky air” layer
above the lithosphere approximates the free surface (37). The initial temperature field
of the proto-continental and oceanic lithosphere is linearly distributed between 0°C and
1550°C, while the sublithospheric temperature is homogeneous (1550 °C) and 200 °C
higher than the modern value (6) (Fig. 2A). The width of the BIF-depositional area d,,
beneath the proto-continental margin is nominally set to 250 km (i.e., from x=1100 km
to x=1350 km in Fig. 2A), which is comparable to the width of modern mature passive

margins (/2). BIF material is deposited on proto-continental margins at specified
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depositional rates (see Methods for details) (Fig. 2). Modelled BIFs are localized on the
proto-continental margin through a terrestrial nutrient input needed by the
photoferrotrophic bacteria. We established a 1-D ocean-mixing model (see Methods) to
determine the spatial distribution of the depositional rate v;(x) (Fig. 2G). With a non-
uniform depositional rate, a horizontally-averaged value v,,, isused when comparing
models. The yield stress of the marine sediments is believed to be low and we use the
value determined from previous studies (32) in the model (Table. S1).

For the reference model (Fig. 2), enough BIF sediments accumulate within ~9
Myrs to rupture the lithosphere when the peak BIF depositional rate is maintained at 1
km/Myr. Initially, the sedimentary loading is limited to moderate plate deflections (Fig.
2B). However, as the sediments are weak, they flow horizontally, increasing the
downward deflection of the lithosphere, which in turn leads to more localization of the
high-density BIFs. The thickness of the sediments rapidly evolves away from the profile
imposed by the ocean-mixing model (Fig. 2G) to one with a more Gaussian shape (Fig.
2B) and eventually one which is even more localized (Fig. 2C). As the thickness of BIF
sediments increases, the load eventually exceeds the yield strength of the lithosphere
and the margin collapses (Fig. 2C). After several million years, a retreating subduction
slab starts at the position of plate rupture (Fig. 2D). In the computations, when the
lithosphere breaks and sinks into the mantle, BIF deposition shuts down and the

horizontal-average BIF thickness at this time is recorded as the critical thickness (see
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Methods for details), which represents the minimum BIF thickness required to break
the lithosphere.

Compared with the reference model (Fig.2), thicker BIF sediment is required to
induce subduction when either the yield stress or the thickness of lithosphere is
increased (Figs. 3A-3B). When the maximum yield stress of the lithosphere increased
from 150 MPa to 600 MPa, the critical thickness of the BIF to rupture a 100-km-thick
lithosphere varies from ~5 km to ~12 km. (Fig. 3A). When the yield stress of the
lithosphere is 300 MPa as recently estimated (6) and the lithospheric thickness
increased from 75 km to 125 km, the critical thickness changes from ~5 km to ~11 km.
(Fig. 3B). The thickness of the proto-continental crust can significantly influence the
buoyancy and strength of the lithosphere, but its value before plate tectonics is poorly
constrained. We change the thickness from 20 km to 40 km and the corresponding
critical thickness of BIFs varies from ~12 km to ~5 km (Fig. 3C). Different densities of
BIF from 4.6 g/cm? (iron-rich BIF, Fe wt%~55%) to 3.8 g/cm® (Fe wt%=~35%) are
tested, and the related critical thickness varies from ~9 km to ~14 km (Fig. 3D). The
outcomes may also be affected by the degree to which deposition is localized, the
sharpness of the ocean-continent transition, the sediment strength, and the time interval
of deposition. When we changed d, (depositional scale) from 150 km to 300 km, the
average depositional rate v,,, from 0.2 km/Myr to 2 km/Myr, the width of the
transitional area between proto-continent and ocean from 0 km to 100 km, the friction

coefficient of BIF from 0.0 to 0.1, and the time interval to deposit BIFs from 0.2 Myr
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to 1 Myr, computations show that the critical thickness of BIFs is not substantially
influenced (Figs. S3A-E).

On modern passive margins, the thickness of the low-density silicate sediments
can reach 15-20 km (Fig. S4A). However, with the deposition of BIFs, such a thickness
is sufficient to induce subduction. In fact, the negative buoyancy of BIFs would drive
it to subside continuously and deepen the basin (28), so the upper bound of sedimentary
thickness should be higher. Based on the computations and observed characteristics of
BIFs in the Neoarchean (including its high density and depositional rate), magnetite-
rich BIFs can trigger subduction over only a few million years (~ 10 Myrs).

The biological-induced origin of plate tectonics

The computations show that subduction initiation induced by magnetite-rich BIFs
is physically plausible, and with a distinctive biomineralization genesis for BIFs implies
a biologically induced origin of plate tectonics. As one of the earliest energy
metabolisms on Earth, the prosperity of photoferrotrophy presets the global tectonic
environments. The photoferrotrophic bacteria used the Fe(Il) source in the anoxic
seawater and efficiently metabolized it to acquire the necessary energy. Their thriving
in the Neoarchean (Fig. 4A) led to the massive deposition of ferrihydrite on the proto-
continental margins. Meanwhile, vigorous submarine volcanism in the Neoarchean (33)
should have significantly increased the supply of hydrothermal Fe(II) to the photic zone,
which has reacted with the ferrihydrite directly to make dense magnetite deposition on

the seafloor at the proto-continental margins (/3, 26). The synchronous appearance of
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the anoxic oceanic environment (34), the high Fe(Il)-oxidizing rate from thriving
photoferrotrophs (/4), and the abundant hydrothermal Fe(Il) alternations in the
Neoarchean (33) satisfied the conditions to deposit massive magnetite-rich BIFs rapidly
(15, 26) (Fig. 4B). We propose that these dense and high-density sediments on the proto-
continental margins broke the lithosphere, induced the earliest subduction, and initiated
plate tectonics.

The BIFs that subducted presumably would have sunk into the deeper mantle; the
transport of BIFs into the lower mantle has previously been suggested as a mechanism
to form the ultralow-velocity zones (ULVZs) at the core-mantle boundary (35).
Interestingly, ULVZs are generally hundreds of kilometers wide, tens of kilometers high,
and thought to be composed of high density, Fe-rich material (36), not unlike the BIF
sedimentary packages required to trigger subduction initiation.

However, the distinctive biogeochemical formation of magnetite gradually shut
down after the Neoarchean. The oxidation of the ocean since the early Paleoproterozoic
(Fig. 4C) has significantly depressed the dissolved Fe(Il) in the seawater, reducing the
contribution of photoferrotrophy to primary production and ferric oxide deposition (/5).
After the Great Oxidation Event (GOE) (Fig. 4C), the emerging oxygenic
photosynthesis gradually surpassed the anaerobic photoferrotrophy (Fig. 4A) so that the
BIF deposition was significantly decreased (/8) (Fig. 4B) and contained less magnetite
(15, 25). On modern continental margins, the marine photic zone overlaps subduction

zones, a similar scene we propose at the onset time of the global plate tectonics in the
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Neoarchean (Fig. S4). Following the Neoarchean, the low-density silicate deposits
replaced the heavy BIFs, and sediment-induced subduction initiation shut down by
which time new subduction zones could continuously formed by mechanisms now seen
in the plate tectonic system (37).
The onset time of plate tectonics

Our model implies a timing for the start of global plate tectonics. Despite long-
standing discussion on this timing (/, 3, 4), most studies accept that the onset of plate
tectonics is coeval with the onset of earliest subduction (6, 38). Based on our model,
the earliest subduction started on global continental margins and was triggered by the
rapid BIF deposition during 2.75-2.4 Ga, which is well supported by many
contemporary plate-tectonic indicators and geological events. During the transition
from the Neoarchean to Paleoproterozoic, volcanism recorded by large igneous
provinces (LIPs) gradually shifted from submarine to subaerial (34) (Fig. 4D). Since
submarine volcanism is more reductive than subaerial volcanism (34), the
preponderance of submarine LIPs in the Archean is consistent with the anoxic
environment at that time and the related submarine hydrothermal alteration could
provide the Fe(II) for the rapid mineralization of magnetite during peak BIF deposition
(15). Once plate tectonics began, the frequent subduction of the oceanic lithosphere
would make submarine LIPs preferentially destroyed and short-lived (34). Therefore,
the decrease of submarine-volcano proportion since the Neoarchean-Paleoproterozoic

transition (Fig. 4D) probably corresponds to the time when BIF first induced the
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subduction of the oceanic plates. The existence of subduction is supported by the
identification of the earliest paired metamorphic units (2.54-2.50 Ga) in the
Neoarchean granite-greenstone belt (39) (Fig. 4E). With the establishment of
subduction zones, large-scale horizontal plate movement would start and is consistent
with recent palaecomagnetic reconstructions suggesting such movements (> 5000 km)
between cratonic blocks already existed by ca. 2.7-2.4 Ga (/) (Fig. 4E). The crustal-
growth peaked in the Neoarchean (2.7-2.5 Ga) (40) (Fig. 4E) also supports our scenario.
Arc magmatism resulting from the earliest subduction would greatly promote the
production of the continental crust, which provides a reasonable interpretation for the
rapid crustal growth in this period (40).

Convergent boundaries such as subduction zones are not the only proxy of plate
tectonics, as divergent boundary records such as mid-ocean ridges (MORs) are proxies
as well. The appearance of the oldest divergent-boundary records in the Neoarchean (7,
4) (Fig. 4E) supports the inferred start of plate tectonics. Such records can be traced
back to 2.75-2.5 Ga in several Archean cratons (/). The appearance of nascent MORs
means that more Fe(Il)-rich fluids would be available for magnetite mineralization.
Because of the higher elevation of these oceanic ridges compared with oceanic basins,
the released hydrothermal Fe(Il) fluids would reach the upper ocean layer close to the
BIF-deposition depth more easily (/5) , facilitating the rapid and massive deposition of

magnetite-rich BIFs.
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In this model of plate tectonics initiation, we find the extraordinary role of
photoferrotrophic bacteria on early Earth. They effectively oxidize the dissolved ferrous
iron and aggregate the resulting ferric oxides onto proto-continental margins, which
were turned to the dense magnetite by further reaction of Fe(II) from the submarine
hydrothermal fluids. These dense and high-density banded iron sediments could break
the proto-continental margins to start subduction and kick-started plate tectonics. Their
peak deposition in 2.75-2.4 Ga constrains the time plate tectonics started. This unique
biogeochemical cycle with the biomineralization of amorphous ferrihydrite and the
magnetization by the addition of hydrothermal Fe(II) fluids could only happen on Earth
and only once during this period. The model implies that prosperous photoferrotrophy
in the Neoarchean is the reason why Earth is the only planet with plate tectonics. In this
sense, life has played an even more important role in uniquely shifting the tectonic style

of Earth to a plate tectonic system.
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Figure 1 | Schematic diagram showing the formation of magnetite-rich BIFs on

the Neoarchean continental margins facilitated by the photoferrotrophic bacteria.
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Materials and Methods
Governing equations

The calculation in our thermomechanical model with two-dimensional Cartesian
geometry is performed using the Ellipsis software (44, 45), which combines the finite-
element method with a particle-in-cell method to solve the conservation equations of

mass, momentum, and energy:

av; —0 M
axi o
aTij aP
ox,  ox, pg: (i,j =1,2), (2)
6,20 2 (1) 4y (3)
p p Dt B axi 8x] ’

where v; represents the velocity inthe x; direction, 7;; is the deviatoric stress tensor,
P is the pressure, p is the density, g; is the gravitational acceleration in the x;
direction, T is the temperature, C,, is the isobaric heat capacity, k (= kpC, where
Kk denotes the thermal diffusivity) is the thermal conductivity, and % represents the
material derivative. H is the heat generation, including radioactive heating H,., shear
heating Hg, and adiabatic heating H, (i.e.,H = H, + H; + H,).
The density is temperature-dependent:

p = poll —a(T —Tyo)l, (4
where p, is the reference density, a is the thermal expansion coefficient, and
Tyo (273 K) is the reference temperature for the density.

Material description
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An incompressible Maxwell-rheological model is adopted to reflect viscoelastic
behavior:
. 1 . 1
Ejj = Z—KeSij + %Sij' (5)

where €;; is the strain rate tensor, S;; is the deviatoric part of the stress tensor, S; j s

the Jaumann corotational rate of S;;, K, is the shear modulus for elasticity, and 7 is

ijs
the viscosity.
Both dislocation creep (n4;) and diffusion creep (145) (46) contribute to the

viscosity:

1

1
_ &N\ [ E+ PV ] 6)
Naiyar = No (8.0) exp nR(T — T’

where 1, is the reference viscosity, &;; is the second invariant of the deviatoric strain
rate tensor, &, (= 1071% s71) is the reference strain rate, n is the strain exponent, E
is the activation energy, V is the activation volume, R (= 8.31]-mol™1) is the gas
constant, T is the temperature, Ty (= 1823 K) is the reference temperature for the
viscosity, and P is the pressure.

For crustal rocks, only dislocation creep contributes (47):

Nerust = Nat (7)

For the mantle, both dislocation creep and diffusion creep (46) are considered:

~ ( 1,1 )‘1 ®
Nmantle Nal ndf

For simplicity, we use the parameters of quartzite (48) to calculate the viscosity of

all crustal rocks and use the parameters of olivine (48) for the mantle viscosity.
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Viscosity is truncated to ensure convergence of eq.1 and 2, which requires 71 to lie
between 7, (10° Pa-s) and 1,4, (10%* Pa - s).
The plastic behavior is described by the Drucker-Prager yield criterion:
Tyieta = MIN(UP + C, Trpax) 9)

and a linear strain-weakening plastic model:

i= iy [1 - min(l,g—’b], (10)
&
C=C+(Co—C) [1 - min(l,i—p)l, (11)
f

where Tyieid, Tmaxs U P, C, o, Co, Cr, €y, and & represent yield stress, upper bound of
the yield stress, friction coefficient, total pressure, cohesion, initial friction coefficient,
initial cohesion, minimum cohesion, integrated plastic strain, and reference plastic
strain (set to 0.3), respectively.
Model settings

The size of the computational domain (Fig. 2A) is 600 km in depth and 3200 km
in width with all boundaries free-slip. A 40-km thick “sticky air” layer (with zero
density, 101°Pa - s viscosity) is included on the top. The lithospheric thickness of the
proto-continent is the same as that of the ocean. We use 320 X 1280 elements (40
particles per element) to resolve the model domain. The horizontal resolution is 2.5 km
and the vertical resolution gradually increases from 2.5 km at the bottom to 1 km at the
top of 60 km. A case with a higher resolution (1 km X 1 km throughout) is also used
with no influence on the outcomes. The transitional area (from x=1000 km to 1100 km

in Fig. 2A) between proto-continent and oceanic domain is a circle arc tangent to the
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crustal surface. The strength of the proto-continental margin is determined by the
maximum Yyield stress 7,4, (150-600 MPa) and the lithospheric thickness (100-150
km) (Figs. 3A-B). For the reference model, the maximum yield stress of the lithosphere
is 300 MPa and the friction coefficient of sediment is 0.05. Other parameters are listed
in Table S1.
Depositional settings and the critical sediment thickness

We developed an ocean-mixing model to determine the spatial distribution of the
depositional rate v,;(x). In the model, photoferrotrophic bacteria need to acquire the
nutrients transported away from the proto-continental margin (with an eddy-diffusion
model) and produce BIF sediments. Their accumulation causes the localization of BIF
deposition on the edge of the proto-continent. The depositional rate, v,, changes in
proportion to the nutrient concentration, c. For the oceans, a one-dimensional half
space is assumed with distance x from the ocean-continent boundary (x = 0) to the
open ocean (x = +00). At the ocean-continent boundary (x = 0), we set a fixed nutrient
flux f, from the proto-continent and a zero concentration in the far-field. The 1-D

diffusion-reaction equation is solved for the nutrient concentration, c(x)

d?c(x)
KD dx?

—g(x) =0 (12)
where kp is the eddy diffusivity and g(x) is the reaction term (i.e., nutrient
consumption by bacteria). With a constant reaction rate m:

g(x) = mc(x) (13)

eq. 12 and the boundary conditions become:
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Tz EC(x) =
dc f
dx '*=0 = _éiclx=+oo =0 (14)
The normalized solution is
3
va(x) =c(x) =e 9o (15)

where d, = 3 %D, the width of the depositional region (vg|y=q, = 5%).

Since direct observations of the nutrient spatial distribution on the modern
continental margin are rare, the concentration of the photosynthetic bacteria is
represented by chlorophyll-a concentration (Fig. S4B). Twenty profiles across
continental margins are selected, and they are well fit with the 1-D analytical solution
(the fitting results of two typical profiles are shown in Fig. S4C). The range of the d,
of these profiles varies from 71 km to 293 km.

With a specific deposition rate v,;(x), over a time At, BIF sediment of thickness,
h(x), is placed on top of the solid surface replacing the sticky-air material:

h(x) = vga(x)At, (16)

We set At to 1 Myr in most cases. Smaller values of At were tested, but they did not
substantially change the results (Fig. S3E).

We also defined the critical thickness to represent the minimum sediment thickness
required to break the continental margin. We stop adding BIFs into the model once the

continental margin begins to collapse. If the horizontally averaged thickness of the BIFs

at this time is h,y,, the critical thickness h, is also recorded as h,,.



564  Extended Data Figure Legends

565 HKU-2307.20.0KV 12.9mm x60-BSE3D110Pa 3/22/2011

566  Figure S1 | The scanning electron microscope (SEM) observation of the magnetite-
567  rich BIF from Dales Gorge in 2.47 Ga (/9). The dark part is mainly quartz and the

568  grey part is magnetite, the average density is ~4.2 g/cm’.
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571  Figure S2 | The formation of dense magnetite by the reaction between Fe(Il) and

572  the fluffy y — FeOOH (lepidocrocite). A. From left to right showing the initial state
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of (1) the slurry only containing y — FeOOH; (2) the slurry containing y — FeOOH
and Fe(II) in the ratio of 1:1 (green rust); (3) the slurry containing y — FeOOH and
Fe(II) in the ratio of 1:2 (green rust); (4) the slurry containing y — FeOOH and
Fe(II) in the ratio of 2:1 (green rust). B. The corresponding condensed state of the iron
oxides after the green rust turned to magnetite via the dissolution-recrystallization
process. The tubes amended with Fe(Il) formed the denser black magnetite,

compared with the still fluffy y — FeOOH slurry without the amendment of Fe(II).
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Figure S3 | Critical thickness of BIFs required for subduction initiation with other
insignificant parameters: A. Width of the depositional area. B. BIF depositional rate.

C. Width of transitional area between the proto-continent and oceanic plate. D. Friction

coefficient of BIF sediments. E. Time interval to deposit BIFs.
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Figure S4 | The overlap of the biological photic zones and the subduction zones on
modern continental margins, as the analog to the Neoarchean continental margins.
A. Distribution of the sedimentary thickness on modern continental margins. B.
Distribution of the photosynthetic intensity and the subduction boundaries near the

modern continental margins. The chlorophyll-a is an important photosynthetic pigment
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and its concentration can reflect the intensity of photosynthesis (49). Areas with
concentrations larger than 0.15 mg - m~3are filled with the pink-red color. This figure
shows the modern photic zones with the highest primary productivity are mainly
distributed on continental margins. C. The typical profiles of the normalized
chlorophyll-a concentration and their fitting results. Their position can be found in B

with the corresponding color.

Table S1 | Model constants.

Material reference coefficient specific heat thermal shear dislocation creep diffusion creep plasticity
density of thermal capacity Cp diffusivity ~ modulus parameters parameters parameters
(g- expansion - -kg™*- K (m? - K,
cm™3) a (K1) K™ s (GPa)

Air 0.00 31078 1000 1x1073 - n=10"Pa-s - -

BIF sediment ~ 3.80-4.60 3 x107% 1000 1x107¢ - o = 41X 107 Pa-s, - u=0001,
n=23, Co = 10MPa,
E = 154) - mol ™! G = 1MPa
V=8J-MPa™' mol™

Continental 2.90 3x107° 1000 1x107® 30 M = 413107 Pas, - £=01~04,
n=23 Ca = 10 MPa,

crust E =154 k/ - mol™), C; = 1MPa,
V =8/ -MPa~' mol™" Tymax = 150~600 MPa

Continental 325 3x107° 1000 1% 1078 30 o = 20X 101 Pa-s, %o = 1.0 10%° Pa-s, a=0.1-04,

i N n=35, n =10, Cy = 10MPa,

ithospheric E =540k - mol~*, E =300 k/ - mol ™, C; = 1MPa,

mantle V=13 -MPa™'-mol™! V=4] -MPa~!-mol™! Tmax = 150~600 MPa

Oceanic crust 3.00 3x10°° 1000 1x107¢ 30 M = 41107 Pas, - £ =01~04,
n=23, Co = 10MPa,
E =154k -mol™", Cr = 1MPa,
V=8 -MPa™' mal™? Tmax = 50 MPa

Oceanic 3.30 3x10°° 1000 1x107° 30 M =20 10 Pa-s, m = L0x 10 Pa-s, £ =01~04,

_ . n=35 n=10, Ca = 10 MPa,
lithospheric E = 540K/ - mol1, E =300 k] - mol™, £ = 1MPa,
mantle ¥V =13 -MPa~' - mal™} V =4/ MPa~!-mol™! Tax = 150~600 MPa

- 3 X -5 X -6 1o = 2.0 10" Pa- 5, o =10x 10" Pa-s, p=0.1~04,
Asthenospheric 3.30 3x10 1000 1x10 30 vy Ky & o,
mantle E =540kf - mol~}, E =300k -mol™?, Cr = 1MPa,

V =13j-MPa~'-mol™! V =4/ MPa~'-mol™! Tyax = 150~600 MPa




