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Much of our understanding of Cenozoic climate is based on the record of d18O measured in benthic

foraminifera. However, this measurement reflects a combined signal of global temperature and sea level,

thus preventing a clear understanding of the interactions and feedbacks of the climate system in causing

global temperature change. Our new reconstruction of temperature change over the past 4.5 million

years includes two phases of long-term cooling, with the second phase of accelerated cooling during

the Middle Pleistocene Transition (1.5 to 0.9 million years ago) being accompanied by a transition from

dominant 41,000-year low-amplitude periodicity to dominant 100,000-year high-amplitude periodicity.

Changes in the rates of long-term cooling and variability are consistent with changes in the carbon cycle

driven initially by geologic processes, followed by additional changes in the Southern Ocean carbon cycle.

M
uch of our understanding of Cenozoic

climate and sea level change is based

on the record of d
18
Omeasured in ben-

thic foraminifera (d
18
Ob) (1–3) (Fig. 1A),

which reflects some combination of

local water temperature and the d
18
O of sea-

water (d
18
Osw), with the latter largely record-

ing land-ice volume and thus sea level. Over

the past 4.5 million years (Myr), this record

suggests that Earth experienced long-term

cooling and there were several large transi-

tions in climate and ice sheet variability. These

included the intensification of Northern Hemi-

sphere (NH) glaciation between 3.0 and 2.5

million years ago (Ma) (4) and a switch from

lower-amplitude, higher-frequency [41 thou-

sand years (kyr)] variability to higher-amplitude,

lower-frequency (~100-kyr) variability during

the Middle Pleistocene Transition (MPT) ~1 Ma

(Fig. 1A) (5, 6). The d
18
Ob record has also been

key in establishing that the periodic growth and

decay of ice sheets during the Pleistocenewere

paced by changes in seasonal and latitudinal

changes in insolation from Earth’s orbital var-

iations on 10
4
- to 10

5
-year timescales (7–9).

Interactions and feedbacks between ice sheets

and the carbon cycle, land cover, ocean circula-

tion, and other components of the Earth system

then transferred the seasonal and latitudinal

changes in insolation forcing into global sur-

face temperature changes of 4° to 6°C (10) and

sea level fluctuations of as much as 135 m (11).

Understanding this evolution of Pliocene

and Pleistocene long-term climate and its var-

iability in response to orbital forcing remains

a substantial challenge in climate dynamics

(8, 9, 12, 13). For example, both the intensi-

fication of NHglaciation and theMPT occurred

in the absence of any change in orbital forcing

(5, 14). Moreover, early Pleistocene climate and

sea level variability was dominated by 41-kyr

obliquity cycles despite summer insolation

being dominated by the 23-kyr precessional

frequency (12, 15), and the dominant post-MPT

~100-kyr variability occurreddespite there being

virtually no forcing emanating from the 100-kyr

eccentricity cycle (9).

This challenge partly hinges on uncertain-

ties in temperature and sea level reconstructions

that prevent a more complete explanation of

the mechanisms responsible for ice sheet–

climate interactions and their joint responses

to orbital forcing that led to these long-term

changes. For example, the relative contribu-

tion of temperature and d
18
Osw to the d

18
Ob

record has long been debated (16–18), and it is

likely that their relationship is nonstation-

ary (19–21). Individual sea surface temperature

(SST) records do not record the global average

changes that are required to assess hypotheses

invoking CO2 changes for the onset and in-

tensification of NH glaciation (13) or the cause

of the MPT (22) or to validate climate-model

simulations (23, 24). Finally, there have been

few systematic assessments of SST records from

different regions of theworld’s ocean for orbital-

scale changes (25) or of changes in SST gra-

dients beyond differencing individual records

that may have local biases (26).

Here, we address these issues by stacking

published SST records that span some to all

of the past 4.5 Myr to reconstruct global and

regional temperature differences (DSST) from

the late Holocene (i.e., 0°C at 0 ka). We then

use a scaling relation established by climate

models to derive changes in global mean sur-

face temperature (DGMST) from our global

DSST reconstruction. Our reconstructions es-

tablish a new framework for understanding

global temperature evolution that is indepen-

dent of the mixed-signal d
18
Ob record, as well

as for constraining climate sensitivity that re-

flects the slow feedbacks that will unfold over

the coming centuries to millennia in response

to anthropogenic forcing (27). Our regional

DSST stacks provide insights into regional de-

partures from the global SST signal, changes in

zonal and meridional SST gradients that were

important in atmospheric circulation (26, 28),

and possibly climate sensitivity through the

pattern effect (29, 30).

Global SST change

We used 128 published SST records based on

alkenone (n = 69), Mg/Ca (n = 42), and faunal

(n = 17) proxies that span from 69°N to 56°S

(figs. S1 and S2 and table S1). There can be

disagreement between alkenones and Mg/Ca

proxies, particularly for the long-term trends

in the western Pacific warm pool (31–33), but

new clumped-isotope data tend to support

the Mg/Ca reconstructions (34). We gener-

ated two global DSST stacks: one averaging

unweighted all records (DSSTall) (<400-kyr

resolution) and a second with records that have

<20-kyr resolution weighted by 15° latitude

bands (DSSThi-res) (Fig. 1B and fig. S3), which,

with an average 2- to 4-kyr resolution for the

past 3 Myr, allows us to assess orbital-scale

(10
4
to 10

5
year) variability (fig. S4A) (see the

supplementary materials, sections 1 and 2).

Despite the DSSThi-res stack having two to

three times fewer records than the DSSTall stack

(fig. S2H), 400-kyr averages of the two stacks

are the same (within 1 s uncertainties) for

most of the past 4.5 Myr (fig. S3A). We also

determined that the stacking process caused

only a small signal loss before 1 Ma due to age

misalignments. We did find that the varia-

bility of our DSSThi-res stack was ~0.5° ± 0.1°C

less than the average variability of individual

records used in the stack (fig. S5, A and B).

This signal reduction is expected with a large-

scale mean due to cancellation of proxy and

local climate noise in individual records, but

additional factors such as proxy differences and

age uncertainties in the d
18
Ob records used to

align our records may result in cancelation of

climate signals. We thus conclude that stacking

has caused at most a ~0.5° ± 0.1°C reduction in

the variability in our DSST stack.

Our DSSThi-res reconstruction suggests that

average global DSSTs were +2.6° ± 0.9°C (1s)

at 4.5 Ma, gradually increased to +2.9° ± 0.9°C

at 4 Ma, and then began a two-phase cool-

ing trend until 0.8 Ma, when they stabilized

at –2.1° ± 0.4°C over the remainder of the

Pleistocene (Fig. 1C). During the first cooling

phase, average global DSSTs decreased to

+1.8° ± 0.5°C during the late-Pliocene KM5c

interglaciation (3.195 to 3.215 Ma) and the
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mid-Piacenzian Stage (3.025 to 3.264 Ma), in

agreement with independent reconstructions

for these intervals [+2.3°C (35), +2.2° ± 1.1°C

(36)] (fig. S7A). A gradual increase in variabil-

ity began ~4 Ma, followed by a rapid increase

beginning at ~1.5 Ma (figs. S5D and S6E). There

was no significant change in the rate of cool-

ing nor in variability during the period of in-

tensification of NH glaciation between 3 and

2.5 Ma, as opposed to an acceleration in cool-

ing and increase in variability during the

MPT that marks the second phase of cooling

(Fig. 1C).

There is generally good agreement between

variability in our DSST reconstruction and other

proxy-based reconstructions (11, 37, 38) (fig.

S8, A, C, and D), including one reconstruction

for the past ~135 kyr (fig. S8E) (39) that is based

on a significantly larger number of faunal

records and a larger latitudinal range than ours.

A reconstruction based on a climate model of

intermediate complexity (24) (fig. S8B) under-

estimates the amount of cooling shown by our

stack over the past 3 Myr, as well as during gla-

ciations over the past 0.8 Myr, suggesting that

model forcing or sensitivity may be too small.

Our DSST reconstruction for the Last Gla-

cial Maximum (LGM, 26 to 19 ka), –3.3° ± 0.4°C,

agrees within uncertainty with a reconstruc-

tion using only geochemical proxies, –2.9°C,

–3.0° to –2.7°C, 95% confidence interval (CI)

(Fig. 1B), which is based on about nine times

as many records as ours with a larger lati-

tudinal range and with their estimate from a

global climate model with data assimilation

(–3.1°C; –3.4° to –2.9°C, 95% CI) (40). However,

our reconstruction is substantially cooler than

another recent proxy-based estimate (–1.7° ±

0.1°C) (41) that is derived from the MARGO

(42) dataset (–1.9° ± 1.8°C), which, by including

estimates from microfossil transfer functions

that may have no-analog biases (43), likely ex-

plains the smaller LGM cooling. Our recon-

struction is also colder than one derived from

data assimilation techniques (–2.2°C, –3.2° to

–1.2°C, 95%CI) (44) that uses a combination of

MARGO data and data from (40). We further

address differences in LGM DGMST temper-

ature reconstructions below.

Global mean surface temperature change

We found that the spatial coverage of the SST

data are adequate to reconstruct GMST by

sampling two spatially intensive records, the

instrumental record of the past 150 years (45)

and the TraCE-21 global climate model sim-

ulation of the past 22,000 years (46), at the

locations of the sites that provided recon-

structions over 1-Myr time spans (fig. S1)

(see the supplementary materials, section 2,

and fig. S9). We then used results from cli-

mate model experiments to scale global DSSTs

to DGMST (see the supplementary mate-

rials, section 3, and fig. S10). Our scaling fac-

tors for climates colder than preindustrial

(PI) are in good agreement with scaling fac-

tors derived from simulated LGM DSSTs and

DGMSTs (fig. S10) (40, 47, 48) that were used

to reconstruct changes in DGMST from a DSST

stack for the last deglaciation (10) and the

past 2 Myr (48).

Being derived from our DSSThi-res stack, our

DGMSThi-res stack exhibits similar trends and

variability, albeit with different rates and am-

plitudes, respectively (Fig. 1D). Average DGMSTs

were +3.7° ± 1.4°C at 4.5 Ma, gradually warmed

to +4.0° ± 1.4°C at 4 Ma, and then began the

first phase of gradual cooling (–0.0015°C kyr
−1
),

with a decrease to +2.9° ± 0.8°C during the

KM5c interglaciation, in agreement with the

Pliocene Model Intercomparison Project 2

(PLIOMIP2) ensemble using atmospheric CO2

of 400 ppm (+3.2° ± 1.7°C) (49) (Fig. 1D and fig.

S7B). Average DGMST continued to decrease

steadily, whereas variability continued to in-

crease gradually through the early Pleistocene,

again showing no acceleration in long-term

cooling nor in variability during NH ice sheet

intensification. The second phase of cooling

began ~1.5 Ma, when long-term cooling rates

tripled to –0.005°C kyr
−1
and variability near-

ly doubled during the MPT (Fig. 1E). Aver-

age DGMSTs then stabilized by 0.8 Ma at

–3.8° ± 0.7°C, with a total long-term average

cooling of 7.8° ± 1.6°C since 4 Ma (Fig. 1D).

These contrasting GMST responses to two in-

tervals of NH ice sheet expansion suggested

by the d
18
Ob record (Fig. 1A) suggest either a

limited efficacy of ice sheet forcing (50, 51),

with MPT cooling occurring in response to

some other forcing, or an increase in ice sheet

efficacy during the MPT.

Fig. 1. Global temperature

changes over the past

4.5 Myr. (A) The d
18Ob

record is shown in gray (2),

with 400-kyr running

average in blue. (B) Proxy

and ice-core CO2 data.

Magenta and green symbols

are harmonized d
11B values

on planktonic foraminifera

T. sacculifer and G. ruber,

respectively (64). Other CO2

data are based on meas-

urements on soil carbonate

(brown symbols) (89), d13C

of leaf wax (red symbols)

(90), and ice cores [blue

symbols (91) and black line

(92)]. (C) Global SST

change (DSSThi-res) (light

blue with 1s uncertainty;

long-term average in dark

blue) referenced to PI. Black

circles represent DSSTs

for the Pliocene KM5c inter-

glaciation (35), the mid-

Piacenzian Stage (36), and the

LGM (40). (D) DGMSThi-res
(brick red with 1s uncer-

tainty; long-term average in

blue) referenced to PI.

Black circles represent

DGMSTs for the Pliocene

KM5c interglaciation (49) and

for the LGM (40). (E) Rate

of change of DGMST (brick-

red line, spline fit) and

standard deviation (s, black

line, 200-kyr centered) of

DGMST. (F) Rate of change

of DGMST (12-kyr running

average).
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Our reconstruction exhibits up to 3°C more

cooling over the past 4.5 Myr and a greater am-

plitude of change over the past 800 kyr than

simulated by intermediate-complexity climate

models (fig. S11, A, B, and D) (23, 24, 52), again

suggesting that model forcing or sensitivity

is too low. Our reconstruction similarly shows

greater long-term cooling and differences in

amplitude than one derived from a d
18
Ob stack

(fig. S11C) (3, 53), which we infer reflects un-

certainties in their assumptions used to derive

DGMST. Our reconstruction also differs from

a proxy-based DGMST reconstruction devel-

oped for the past 2 Myr, which inferred that

GMST cooling had stabilized at the begin-

ning of the MPT (48) as opposed to at the

end of the MPT, which was seen in our stack

(fig. S11E). We attribute these differences to

the 2-Myr reconstruction being based on many

fewer records than ours, especially for >0.5Ma

(fig. S2H).

Our DGMST reconstruction for the LGM

(–6.0° ± 0.6°C) is in good agreement with sev-

eral other recent proxy reconstructions that

were also derived by scaling global SSTs sim-

ilar to our approach (10, 40, 48) and with an

estimate derived by using climate models to

scale a reconstruction of mean ocean temper-

ature to GMST change (54). References (40)

and (10) also estimated LGM GMST by using

data assimilation with an ensemble prior from

a single climate model, with the difference be-

tween the two (–6.1°C versus –6.8°C) reflecting

differences in model priors, data distribution,

and other methodologies. Reference (44) at-

tributed the extent of cooling suggested by

these data assimilation studies to the use of

one single model prior that simulates a rela-

tively cold LGMstate, although their assimilated

value falls entirely within the error bounds

of their data-only DGMST (40). Using a model

prior ensemble that includes a number of

models with a wider range of LGM temper-

atures that on average simulate less cooling

than the prior in (40) indeed finds less cooling

(–4.5° ± 0.9°C) (44). This result, however, may

reflect in part the inclusion of warm-biased

MARGOSST data as well as the warmer prior

ensemble nudging the data to warmer LGM

temperatures.

We next examined the spectral characteris-

tics of our DGMST reconstruction. A small con-

centration of variance in the obliquity band

during the Pliocene markedly increased at

~2.6 Ma, dominated until ~1.2 Ma, and per-

sisted throughout the remainder of the Pleis-

tocene (Fig. 2, A and B). The 41-kyr DGMST

signal over the past 4 Myr exhibits ampli-

tude modulation corresponding to a 1.2-Myr

obliquity modulation (Fig. 2C), with lowest

coherence between the two occurring during

their corresponding low-amplitude intervals

(nodes) (Fig. 2D). We found that a small frac-

tion of precessional variance appeared between

2 and 1.5 Ma (Fig. 2A), which is centered on a

low-amplitude node at 1.8Ma (Fig. 2, C andD).

This node also coincides with an interval of

increased precessional forcing from eccentricity

modulation (55), suggesting that the appear-

ance of the precessional signal reflects a com-

bination of diminished obliquity forcing and

enhanced precessional forcing.

A strong increase in DGMST variability oc-

curred~1.5Ma,when long-termaverageDGMST

first decreased below PI and reached its current

level at ~0.8 Ma (Fig. 1, D and E). The emer-

gence of low-frequency (~100-kyr) variability

began ~1.2 Ma and dominated throughout

the past ~0.8 Myr (Fig. 2, A and B), although

it was not strictly centered on the eccentric-

ity frequency bands throughout most of this

interval. The overall increase in variability

~1.5 Ma, the emergence of the low-frequency

component ~1.2 Ma, and peak rates of long-

term cooling between 1.2 and 0.8 Ma is the

temperature expression of the MPT.

Regional SST change

To gain insight into regional SST contributions

to global temperature change, we parsed SST

records in various ways that capture impor-

tant aspects of regional DSST trends, gradients,

and variability (Fig. 3, figs. S12 and S13, and

table S2). These results indicated that global

coolingwas occurring ~4Ma in all ocean areas

except the Indo-Pacificwarmpool (IPWP),with

greatest rates of cooling in the NH extratropics

and subtropical upwelling regions (26) (Fig. 3

and fig. S14). None of the regional stacks showed

an acceleration in cooling during intensifica-

tion of NHglaciation between 3 and 2.5Ma (fig.

S15), consistent with the limited geographic

scope of ice sheet forcing identified by climate

models (56). By contrast, other than the IPWP,

all regions of the world’s oceans showed an in-

crease in the rate of cooling during the MPT

(fig. S15). RegionalDSST then stabilized between

1 and 0.8Ma (Fig. 3). The consistency of regional

trends in DSST, which showed two phases of

cooling, with the greatest rates of cooling occur-

ring at higher latitudes and no clear expression

of ice sheet forcing, provides a clear fingerprint

of CO2 forcing of long-term global temperature

change over the past 4 Myr (52, 56).

Fig. 2. Changes in variance

spectrum of global tem-

perature. (A) Evolutionary

spectrum of DGMST plotted

as normalized amplitudes.

The dominant periods in

insolation variations at orbital

periods are indicated by

horizontal lines: eccentricity

(E1) = 400 kyr, E2 = 96 kyr,

obliquity (T) = 41 kyr, pre-

cession (P1) = 23 kyr, and

P2 = 19 kyr. (B) Spectral

density of DGMST and inso-

lation for three periods

corresponding to horizontal

black bars shown under the

x axis of (A) (3 to 4 Ma, 1.2 to

2.5 Ma, and 0 to 0.8 Ma).

(C) Obliquity (black line) and

filtered DGMST using a

41-kyr filter (brick-red line).

(D) Coherence between

41-kyr filtered DGMST and

obliquity.
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The late-Pliocene IPWP-eastern tropical Pa-

cific zonal temperature gradient was 0.5° to

1.5°C, ~2°C less than the late-Pleistocene aver-

age (Fig. 3I). Extratropical hemispheric me-

ridional SST gradients were also substantially

reduced (28) (Fig. 3, H and M), supporting

the notion of a greatly expanded tropical warm

pool with a deeper equatorial thermocline (57)

during the Pliocene (26, 31, 58). Zonal and

meridional gradients then began to increase

~2 Ma and reached their present values by

~1 Ma (Fig. 3, H and I). Finally, most regional

stacks show the same evolution of frequency

spectrum as in the global stack, including a

41-kyr periodicity that persisted since the start

of the Pleistocene and the onset of ~100-kyr

periodicity at ~1.2Ma associatedwith theMPT

(Fig. 3, D to F, and fig. S16).

We found good agreement between our

SouthernHemisphere (SH) extratropical DSST

reconstruction and a reconstruction of South

Atlantic and Indian Ocean SSTs derived from

the 720-kyr Dome F (DF) Antarctic ice core

(fig. S17, A and D). Our regional DSST (fig.

S17B) and DGMST (fig. S17C) reconstructions

also share the same temporal variability in

temperature derived from the 800-kyr EPICA

Dome C (EDC) ice core (fig. S17B), with the

latter having a greater amplitude of change

(fig. S17D). A recent assessment, however, sug-

gested that LGM cooling over East Antarctica

may be significantly less than previously in-

ferred from ice cores (59), with the newly in-

ferred cooling at theEDCsite (-4.3°± 1.5°C)being

comparable to cooling in our SH extratropical

DSST reconstruction (–3.8° ± 0.5°C), suggesting

less Antarctic amplification. The agreement be-

tween these records over the periods of over-

lap suggests that our SH extratropical DSST

reconstruction may serve as a template of var-

iability for any forthcoming >0.8-Ma Antarctic

ice-core temperature reconstructions (60).

CO2 forcing of late Pliocene-Pleistocene

temperature change

Our reconstructed global cooling over the past

4 Myr is consistent with the long-term cooling

trend that began ~15 Ma after the Miocene

Climatic Optimum (61, 62). This post-15 Ma

cooling is commonly attributed to decreasing

atmospheric CO2 (61, 63), which, on these ge-

ologic timescales, results from an imbalance

between tectonic outgassing and chemical

weathering of silicate rocks with an additional

contribution from the SST-CO2 feedback (64).

The similar gradual rates of cooling of the

previous 11 Myr (61) to those from 4 to 1.5 Ma

indicate that this first phase of cooling in our

reconstruction couldhave occurred as a straight-

forward continuation of this CO2 forcing. How-

ever, reference (61) found that the decreasing

trend in mid–ocean ridge outgassing rates sta-

bilized ~6 Ma, which requires additional in-

creases in silicate weathering to continue CO2

drawdown and the rate of cooling after 6 Ma.

Indeed, reference (65) found that a similar de-

crease in mid–ocean ridge outgassing as in

(61) was accompanied by a greater increase

in subduction outgassing, leading to a net in-

crease in tectonic CO2 emissions over the past

15 Myr that reinforces the need for a concom-

itant increase in silicate weathering. Several

Fig. 3. Regional DSST changes over the past 4 Myr. Regional DSST stacks shown as 400-kyr running averages

and shifted by the 0- to 400-ka mean. (A) NH (blue) and SH (green) shown with 1s uncertainty. (B) Northern

extratropics (blue), tropics (yellow), and southern extratropics (green) with 1s uncertainty. (C) SD (s) of high-resolution

(>20-kyr) northern extratropical (blue), tropical (yellow), and southern extratropical (green) DSST stacks.

(D) Evolutionary spectrum of northern extratropical DSST stack plotted as normalized amplitudes. The dominant

periods in insolation variations at orbital periods are indicated by horizontal lines: E1 = 400 kyr, E2 = 96 kyr,

T = 41 kyr, P1 = 23 kyr, and P2 = 19 kyr. (E) Evolutionary spectrum of tropical DSST stack plotted as normalized

amplitudes. The dominant periods in insolation variations at orbital periods are indicated by horizontal lines:

E1 = 400 kyr, E2 = 96 kyr, T = 41 kyr, P1 = 23 kyr, and P2 = 19 kyr. (F) Evolutionary spectrum of southern extratropical

DSST stack plotted as normalized amplitudes. The dominant periods in insolation variations at orbital periods

are indicated by horizontal lines: E1 = 400 kyr, E2 = 96 kyr, T = 41 kyr, P1 = 23 kyr, and P2 = 19 kyr. (G) IPWP

(yellow) and eastern tropical Pacific (ETP) (light green) DSST stacks with 1s uncertainties. (H) DSST gradients with

1s uncertainties for NH extratropics minus tropics (blue), SH extratropics minus tropics (green), and IPWP

minus ETP (yellow). (I) IPWP minus ETP SST gradient (with 1s uncertainty); 28.3°C was added to the IPWP

DSST stack and 25.4°C to the ETP DSST stack, with these values representing the average SSTs for period 1901 to

1930 at the core sites in the two regions. (J) DSST stacks with 1s uncertainties for regions identified by Fedorov et al.

(26): subtropical coastal upwelling (light blue), mid-high latitudes (blue), warm pool (deep yellow), and

equatorial upwelling (light orange). (K) DSST stacks with 1s uncertainties for the Atlantic basin: North Atlantic (blue),

tropical Atlantic (gold), and South Atlantic (green). (L) DSST stacks with 1s uncertainties for the Pacific basin:

North Pacific (blue), tropical Pacific (gold), and South Pacific (green). (M) DSSTs for individual site records by latitude

binned into 0.5-Myr intervals and distinguished by sites from subtropical coastal upwelling regions (squares) (26)

versus all other areas (circles). Also shown are the zonal mean DSSTs (orange line with 1s uncertainty in gray area)

from the PLIOMIP2 model ensemble for the KM5c interglaciation (3.195 to 3.215 Ma) (49).
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lines of evidence indicate that the uplift of the

Southeast Asia islands beginning ~15Mahelped

meet this requirement by exposing ophiolitic

rocks to chemical weathering, with the largest

increase of island exposure and chemical

weathering starting ~4 Ma (63, 66). Uncer-

tainties in CO2 proxies over the past 15 Myr,

however, prevent us from assessing whether

the carbon budget based on these published

source and sink terms is closed and what trajec-

tory decreasing CO2 followed (64, 67) (Fig. 1B).

Some studies suggest that changes in the

Southern Ocean carbon cycle and associated

atmospheric CO2 variability contributed to the

increase in amplitude and decrease in frequen-

cy of DGMST change across the MPT (68, 69),

which are two of the three hallmarks of the

temperature expression of the MPT. Here, we

build on this hypothesis by arguing that changes

in the Southern Ocean carbon cycle also caused

the third hallmark, the second phase of accel-

erated long-term cooling in DGMST. In this

hypothesis, the first phase of gradual cooling

initiated the MPT at ~1.5 Ma, when average

SH extratropicalDSSTs (derived here from sites

between 30° and 45°S) first decreased below

0°C (lower thanatPI) (Fig. 4A). From3 to 1.5Ma,

SH extratropical DSSTs spent ~90% of the time

above PI, but then spent increasingly more time

below PI (~85% during the MPT, ~95% since

0.9Ma). Such cooling initiated two simultaneous

changes in sea ice: an increase in its long-term

average extent (70) and an increase in its sen-

sitivity to the dominant obliquity forcing at

these high latitudes, thus increasing the var-

iability in its extent. Models have identified the

role that increased Antarctic sea ice plays in en-

hancing formation of salty and dense Antarctic

Bottom Water (AABW) and increasing carbon

storage in the stratified deep ocean (68, 71–75).

This indicates that once the 0°C PI threshold

in SH extratropical DSSTs was crossed, sea ice

expansion, through its impact on the Southern

Ocean, caused greater carbon sequestration,

thus increasing the rate of the ongoing long-

term decrease in CO2 and DGMST associated

with the long-term carbon cycle. At the same

time, an increase in sea ice variability in re-

sponse to obliquity forcing increased carbon

storage during glaciations, thus increasing

orbital-scale variability of CO2 and temperature.

Cooling of the SH also led to an increase in

aridity and associated iron flux to the South-

ern Ocean during glaciations (Fig. 4D), thus

further contributing to ocean sequestration of

CO2 by iron fertilization (76). Greater cooling

of SH extratropical SSTs during glaciations

also led to more northerly transport of ice-

bergs (77) (Fig. 4D), which, together with

enhanced sea ice export and melting, led to

greater stratification of surface waters over

the Southern Ocean (78).

Long-term average SH extratropical DSSTs

further decreased to and then remained below

–2°C at 0.9 Ma (Fig. 4A), when their periodicity

changed from dominantly 41 to ~100 kyr (Fig.

3F). Under the now-colder temperatures and

greater feedback potential, we suggest that

this change in frequency resulted from a fur-

ther increase in sea ice expansion and surface

freshening after an interglaciation, thus muting

their response to subsequent obliquity forcing.

Post-MPT insolation then forced retreat of large

NH ice sheets, likely aided by ice sheet insta-

bilities (79, 80) and interactions of millennial-

and orbital-scale variations in Earth’s climate

(81). The associated meltwater forcing then

caused a decrease in the Atlantic meridional

overturning circulation, resulting in warming

of the Southern Ocean, retreat of sea ice, and

release of CO2 that terminated each ~100-kyr

cycle (82).

Deep ocean water masses show changes

that are consistent with forcing by the long-

term cooling and inferred changes in sea ice

and carbon storage. Starting at ~1.5 Ma, there

was an increasing frequency of more-negative

obliquity-paced d
13
C glacial values recording

an increasing influence of AABW at the ex-

pense of NADW in the abyssal ocean (Fig. 4B)

(83). This was followed by a further step-change

increase in AABW at 0.9 Ma (84) that was

accompanied by an increase in nutrients and a

decrease in carbonate ion saturation (85–87)

(Fig. 4B) and the first appearance of sustained

~100-kyr periodicity in d
13
C (Fig. 4C).

Fig. 4. Assessing the origin of the MPT. (A) SH extratropical DSST stack (brick-red line with 1s

uncertainty and 201-kyr running average in light blue) and SST reconstruction for Southern Ocean derived

from deuterium excess from the Dome Fuji Antarctic ice core (blue = 25-kyr running average) (93). SD

(s) of the DSST stack is shown by a thick brick-red line. (B) d13C stack of mid-to-deep Atlantic cores (green)

(83), % northern component water (NCW) (gray) (94), eNd data from South Atlantic sites ODP 1088 and

1090 (84), and Cd/Ca and B/Ca data from North Atlantic cores CHN82-24-23PC and DSDP 607 (85, 86)

and South Atlantic site ODP 1267 (87). (C) Evolutionary spectra of d13C stack shown in (B) plotted as normalized

amplitudes. The dominant periods in insolation variations at orbital periods are indicated by horizontal lines:

E1 = 400 kyr, E2 = 96 kyr, T = 41 kyr, P1 = 23 kyr, and P2 = 19 kyr. (D) Ice-rafted debris from South Atlantic

sites MD02-2588 and IODP site 1475 (black line) (77) and record of iron flux to the South Atlantic from

South Atlantic site ODP 1090 (76).
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We thus conclude that the decrease in long-

term average Southern Ocean DSSTs below

PI initiated changes in the Southern Ocean

carbon cycle that caused an acceleration in

global cooling accompanied by a change from

low-amplitude, high-frequency to high-amplitude,

low-frequency temperature variability, which

resulted in the MPT changes in regional and

global temperature through CO2 forcing. The

global expression of these changes would have

been amplified by feedbacks associated with an

increase in regionalDSST temperature gradients

(Fig. 3), where a CO2-forced increase in merid-

ional gradients results in a proportional increase

in the zonal equatorial Pacific gradient (28),

with the zonal response tied to cooling of mid-

latitude waters that are subducted into the

shallow subtropical cells and upwelled in the

eastern equatorial Pacific (88). At the same

time, strengthening of the meridional gradients

would have increased coastal upwelling of cold

waters in subtropical and equatorial regions (26)

(Fig. 3), acting as a further feedback on global

cooling. Finally, changes in SST gradients and

associated patterns of surface warming can

change radiative feedbacks such as clouds and

lapse rate changes. This dependence of climate

feedbacks onevolvingpatterns of surfacewarm-

ing, which is particularly pronounced in the

tropics, can lead to higher equilibrium climate

sensitivity under warmer climates (29, 30).
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