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Abstract

The inaccessible and enigmatic core of the Earth comprises 1/3 of the planet’s mass, gives
rise to the magnetic field, and holds clues to the Earth’s formation and the nature of its building
blocks. It is comprised mainly of an Fe-Ni alloy, plus ~10% lighter elements whose identities and
abundances remain unknown. Here we describe several distinct approaches to constraining the
core’s composition. A geo-/cosmochemical approach involves comparing the compositions of the
bulk silicate Earth and the Earth’s building blocks to determine the core’s composition, especially
for moderately volatile elements. High pressure—temperature mineral physics data can be used to
identify which light elements, at specific abundance levels, are able to match the core’s seismic
properties (e.g., density, sound velocities, liquidus phase relations). The range of light element
contents can also be constrained by incorporating metal-silicate partitioning results into models of
Earth’s core formation, which offers insight into not only the Earth’s core composition but also the
conditions and mechanisms of core formation.

Key points/objectives:

The chemical depletion trend in NC meteorites can be used to constrain the abundances of non-

refractory elements in the Earth’s core

Comparing the densities and sound velocities of iron, Fe alloys, and the core gives bounds on the

core’s light element abundances

Liquidus phase relations indicate which light element(s) are plausible

Incorporating metal-silicate partitioning data into core formation models allows for possible ranges

of core compositions to be established
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1 Introduction

At 1/2 the radius, 1/3 the mass, and 1/6 the volume of the Earth, the Earth’s core is big and important.
The convective fluid of the outer core creates dynamo action that generates a protective magnetic shield
(magnetosphere) surrounding the planet, which attenuates the flux of harmful cosmic rays and makes
the Earth habitable. The core is made up of an Fe-Ni alloy with about 10% of lighter elements,
accounting for the density difference between the core and the expected density of Fe-Ni alloy at these
conditions (Birch, 1952). There is a sizable, solid inner core (70% of the Moon’s radius) that may have
started growing early in Earth’s history, or more recently (e.g., 1 + 0.5 billion years ago; Labrosse et al.,
2001). Beyond this, details of the core are complicated, and there is no consensus on the light element
component.

Determining the core’s composition depends on understanding the composition of the bulk silicate Earth
(BSE), particularly for the siderophile elements. Once this has been determined, a reasonable estimate
of the bulk Earth composition can be established from cosmochemical and meteorite data. Given these
steps, the core’s composition can be extracted (bulk Earth = BSE + core).

The deeper one goes into the Earth, the greater the uncertainties become regarding our understanding
of the nature, structure, and processes of the seemingly inaccessible interior. Knowledge of the nature
of the core is based on direct evidence (e.g., seismology, geodesy, paleomagnetism) and indirect evidence
(e.g., experimental petrology, mineral physics, geodynamics, geochemistry, cosmochemistry, meteoritics).
There are feedbacks between all of these datasets that refine our understanding of the current state and
evolution of the Earth’s core.

Here we briefly review the seismological, geodetic, and paleomagnetic information about the core. Fol-
lowing that, we discuss the inner core, its crystallization, and the timing of its formation, as well as the
energy budget of the core. We review details of compositional modeling of the bulk planet and core
with insights from the bulk silicate Earth and cosmochemistry. Section 4 reviews the mineral physics
constraints on the core’s light element composition based on the core’s density, seismic velocities, phase
diagram, and other properties. Section 5 discusses the timing and nature of core formation, and how
much of each light element may have gone into the core as it was forming. Finally, we finish with a
discussion of the prospects in geoneutrino science in section 6.

2 Properties

The Earth is an oblate spheroid with a 21 km difference between its polar and equatorial radii (Table
1) due to hydrostatic equilibrium of gravity at the surface of the Earth and as a function of latitude.
In 1914, Beno Gutenberg established the core—mantle boundary (CMB) at 2900 km depth, which is
amazingly close the current accepted value (2891 4+ 5 km).

2.1 Seismology and geodetics

First order dimensional attributes of the Earth are listed in Table 1, based on fundamental constraints
from seismology. The outer core (OC) is liquid (absence of shear waves) and the inner core (IC) is solid,



given observable PKJKP waves (i.e., a type of compressional wave that travels through the mantle and
OC, converts to an S-wave as it enters the IC at the inner core boundary (ICB), then converts back
to a compressional wave as it leaves the IC). Geodesy documents the planet’s moment of inertia (i.e.,
a dense core surrounded by a less dense silicate shell) (Table 1), whereas the Earth’s libration confirms
the liquid state of the outer core, as established by seismological observations.

Table 1: Earth’s dimensions

Value Units Ref % of planet
Mass
Earth 5.97218(60) x 10** kg 1 100%
Inner core 9.68 x 10% kg 2 1.6%
Outer core 1.84 x 10* kg 2 30.7%
Core 1.93 x 10* ke 2 32.3%
Mantle 4.015 x 10* kg 1-3 67.7%
Crust (ocean + continental) 2.73(48) x 10* kg 3 0.46%
Inner core relative to core 5.0%
Radius
Inner core boundary 1220(10) km 4 19%
Core-mantle boundary 3483(5) km 4 55%
Mean radius of the Earth 6371.23(1) km 1 100%
Polar radius 6357 km 1
Equatorial radius 6378 km 1
Volume
Inner core 7.61 x 10° km?® 0.7%
Outer core 1.69 x 10" km® 16%
Core 1.77 x 10" km® 16%
Bulk silicate Earth 9.14x 10" km® 84%
Earth 1.083 x 10" km® 100%
Moment of inertia
Equatorial moment of inertia 0.3299765 Ma?” 2
Mean moment of inertia 0.330690(9) MRZ 1

'Chambat et al. (2010); *Yoder (1995); *Huang et al. (2013); *Masters and Shearer (1995)

PREM (Preliminary Reference Earth Model; Dziewonski and Anderson, 1981) is a 1D seismic reference
model for the Earth based on a global evaluation of body waves and free oscillation data. It provides
a first-order structure for the mantle (identifying seismic discontinuities that are associated with major
phase changes in the Earth’s mineralogy) and core, as well as density and velocity profiles for the Earth’s
interior (Fig. 1). The ak135 model (Kennett et al., 1995) is a spherically-averaged seismic velocity model
of the Earth. It was a refinement of the IASP91 model (Kennett and Engdahl, 1991), which was an
update of the original 1940s Jeffreys—Bullen Seismological Tables (Jeffreys and Bullen, 1940). The ak135
model is often used as a reference state for the outer core, as the PKP differential travel times are well-
resolved, along with density and Q (Montagner and Kennett, 1996), where Q is the quality factor or
attenuation factor, the ratio of stored energy to dispersed energy.

The physical properties of the core are listed in Table 2. These properties are derived from seismological
data (i.e., density and CMB shape) and interpreted thermodynamic data. The Earth’s maximum
gravitational acceleration occurs just above the CMB, where being close to the high density core has
its greatest effect on the gravity field. The acceleration due to gravity (g) increases in a roughly linear
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fashion from the center of the Earth to the CMB (i.e., approximately a uniform density sphere). The
excess ellipticity of the core is small (~0.2 km), and Earth’s dynamic figure for the gravitational field
is known to six significant figures. The CMB surface is relatively smooth, with a long-wavelength,
peak-to-peak topographic amplitude of <4.7 km (Table 2).

Table 2: Physical properties of the Earth’s core

Value Units  Ref
Density (p)
Outermost inner core (solid) 12,830 kg/m® 1
Innermost outer core (liquid) 12,010 kg /m® 1
ICB density contrast’ 300-1000  kg/m*® 1
Average outer core density 11,160(60)  kg/m® 1
Average inner core density 13,070(260)  kg/m® 1
Acceleration due to gravity (g)
Surface 9.82 m/s’ 2
Above the CMB 10.69 m /s> 2
At the ICB 4.40 m/s® 2
CMB shape
Peak-to-peak topography <4.7 km 3
CMB ellipticity ~0.2 km 4
Thermal and pressure data
Top of the outer core, pressure 136 GPa
Top of the outer core, temperature  4000(500) K 5-6
Top of the inner core, pressure 329 GPa
Top of the inner core, temperature  5350(1000) K 5-6
Outer core adiabatic gradient ~0.6 K/km
Heat flux across the CMB 5-15 W 7-8
Heat flux across the CMB 30-100 mW /m”

"Masters and Gubbins (2003); *Yoder (1995); *Koelemeijer (2021) *Sze and van der Hilst (2003); °Tsuchiya et al. (2016);
SFischer (2016); Lay et al. (2008); Jaupart et al. (2015) 'See Section 4 for further discussion.

Seismically-identified anomalous regions of the core include: (1) the outermost outer core (E' layer in
the Jeffreys-Bullen Tables); (2) the F layer of Jeffreys-Bullen, a region at the base of the outer core that
immediately surrounds the inner core; (3) the top 1/4 of the inner core, which is anisotropic and shows
distinct differences between the eastern and western hemispheres; and (4) the innermost 1/4 to 1/2 of
the inner core, which is again seismically distinct. There is no consensus in the seismological literature
on these first two anomalous layers. Irving et al. (2018) concluded that their recently constrained model
for the outer core did not require an anomalously slow 90-450 km thick layer at the top of the outer
core (E' layer). This does not reject the hypothesis of such a layer, but must give us pause regarding its
existence and thickness. One of the challenges for seismologists is to resolve significant structures on the
mantle side of the CMB (e.g., Russell et al., 2022), while simultaneously resolving the E' layer.

2.2 Inner core

Relative to the bulk core, the inner core takes up some 4% by volume and 5% by mass, and it is less
dense than pure iron. Thus, it too has a light element component, and, like in the outer core, there are
significant uncertainties in the amount and composition of this light element component. Likewise, the



issue of constraining the F' layer that surrounds the inner core is also fraught with difficulties for seismol-
ogists. Both the ak135 and PREM seismic models do not include an F layer. Identifying the thickness
and properties of the F layer is challenging given that fewer normal modes can be used to characterize
this region, and also because there are tradeoffs in characterizing this layer versus structures in the inner
core. Moreover, there are few body waves that skirt the inner core, adding to this challenge.

The innermost inner core was initially identified by Ishii and Dziewonski (2002), with further evidence
and characterization from later studies (e.g., Pham and Tkalci¢, 2023). Estimates of its size range
from about 1/4 to 1/2 of the inner core radius. The distinctive anisotropic properties of the inner and
innermost inner core may be remnants of the core’s evolution, including a possible unique early history
for the innermost inner core (e.g., Ishii and Dziewonski, 2002).

It is worth considering growth models of the inner core. Ofttimes it has been argued that generation of
the Earth’s dynamo is not dependent on the presence of an inner core (Landeau et al., 2017; Bono et al.,
2019; Frost et al., 2021; Zhou et al., 2022); thus, documentation of an early Earth paleomagnetic record
cannot be used to support the early existence of an inner core. Most thermal and paleomagnetic models
of core dynamics consider inner core growth to be relatively recent, having started on the order of a
billion years ago (Labrosse et al., 2001; Landeau et al., 2017; Bono et al., 2019; Frost et al., 2021). In
contrast, some geochemical models had proposed a much earlier start to inner core crystallization (i.e.,
2-4 Ga), interpreting Os isotopic compositions of some ocean island basalts as reflecting fractionation
of Re/Os and Pt/Os ratios due to inner core crystallization, followed by core contamination of these
basalt sources (Walker et al., 1995; Brandon et al., 1998, 2000). However, no supporting evidence has
been found from "*W /"W isotopic data (Mundl et al., 2017).

A simple example of inner core growth can be calculated with some basic assumptions (Table 3). The
model presented here assumes that the inner core began crystallizing and growing about a billion years
ago (Labrosse et al., 2001) under continuous homogeneous conditions with exothermic energy production
of ~1 TW (Jaupart et al., 2015). This calculation illustrates a potential uniform surface layer growth
rate of about a half millimeter per year. Alternatively, focused topographic growth may provide relief to
the inner core’s surface with a surface gravity field (4.4 m/ 32) that is comparable to that at the surface
of Mars (3.7 m/ SQ). However, the temperature field and phase boundaries at these pressures may work
against production of topographic relief.

Table 3: Simple continuous growth model for the inner core

Value Units
Growth rate by mass 3.15 x 10° kg/s
Growth rate by volume 240 m® /s
Growth rate by radius' 3.86t/ m/s
Latent heat of crystallization® 320 kJ/kg

'where ¢ is time in seconds; Zassumes 1 x 102 W generated by core crystallization

2.3 Temperature and geodynamics

Another poorly-constrained property of the core is its thermal structure (e.g., Williams, 2018) (Fig. 1).
The two firm pieces of observational evidence constraining the core’s temperature are: (1) the convecting
mantle’s adiabatic gradient, which projects to ~2600 K at ~2800 km depth (i.e., the region just above
the core-mantle boundary; Katsura, 2022), combined with the fact that the lower mantle remains mostly
below its solidus temperature (approximately >3950 K; Pradhan et al., 2015; Pierru et al., 2022); and
(2) the inner core is solid and represents a pressure-dependent phase boundary.
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Fig. 1: The PREM density and velocity profiles (Dziewonski and Anderson, 1981), and the approximate
thermal structure of the Earth’s interior (left panel). The latter is constructed from the silicate Earth
temperature data (right panel; Katsura, 2022) and assumptions about core temperatures at the CMB,
ICB, and COE (the center of the Earth). The mantle has two thermal boundary layers: the lithospheric
lid at the top (not shown; roughly 100-300 km thick) and the D" layer at the base of the mantle, which
is approximately 200 km thick. This model assumes whole mantle convection with no compositional
boundary layer between the upper and lower mantle, which would otherwise require a third thermal
boundary layer. The adiabatic gradient in the core is estimated to be ~2x that of the mantle.

The lower bound for the ICB temperature is ~5350 + 1000 K (Table 2), which is based on a CMB
temperature of ~4000 K and an adiabatic temperature gradient calculated from the equation of state
for hep Fe (Dewaele et al., 2006). This temperature uncertainty estimate is based on systematic and
statistical uncertainties associated with experimental temperature measurements, pressure scales, as-
sumed equations of state, and assumptions associated with ab initio calculations. At the ICB, where the
solid inner core is crystallizing from the liquid outer core, the temperature should be equal to the core’s
melting temperature. Though the core is mostly iron, the ICB temperature will be less than the melting
point of pure iron, due to melting point depression caused by the core’s light element component. An
upper bound for the ICB temperature is ~6400 4+ 1500 K, based on experimental constraints of the
melting curve for pure Fe at high pressures (e.g., Li et al., 2020a; Turneaure et al., 2020; Kraus et al.,
2022). Clearly, our reported core thermal structure reflects our biases, systematic differences between
studies, and the challenges inherent in experimental temperature measurements, pressure calibrations,
and the detection of melting.

The region between the convective mantle and convective core is a conductive layer at the core-mantle
boundary. This conductive boundary layer is likely to have a temperature gradient equivalent to or
greater than that of the surface lithosphere, with a sharp rise in temperature of >1200 K across the D"
layer. This thermal structure is consistent with seismic and petrological observations that find negligible
evidence for widespread melting in the deep mantle, although there may be a thin partial melt layer
(0-5 km thick) at the base of the mantle (e.g., Russell et al., 2022). At some time earlier in Earth’s
history, however, melting of the lower mantle may have been significant.



The convective regions of the mantle and core are assumed to have adiabatic gradients ((‘g—f) g =
agl/C,), where T is temperature, z is depth, S is entropy, « is the coefficient of thermal expan-
sion, g is the gravitational acceleration, and C), is the isobaric heat capacity. The adiabatic gradient
of the mantle is ~0.3 K/km throughout most of the mantle, with the upper mantle having a higher
gradient (up to 0.5 K/km near the surface; Katsura, 2022). The core’s adiabatic gradient is likely to
be twice that of the mantle. Assuming outer core temperatures of 4000 K at the CMB and 5350 K at
the ICB, the outer core’s radial temperature gradient would be ~0.6 K/km (cf. Williams, 2018; Nimmo,
2015).

The heat flux from the core is a function of its initial conditions, conductive cooling (regulated by the
surrounding mantle, which insulates the core), energy consumed by dynamo production, exothermic
energy of inner core crystallization, and possible radiogenic heat sources. There are many unknowns,
which make understanding core geodynamics one of our biggest challenges. Several studies have proposed
that there are radioactive heat-producing elements (i.e., K, Th, U) in the Earth’s core to help drive the
core’s dynamo. Chidester et al. (2022) found limited incorporation of some lithophile elements (including
K, Th, and U) into the core. However, their experiments produced metal-silicate fractionation between
Th and U, and this finding is inconsistent with chemical and isotopic data for a wide range of crustal
and mantle rocks; for example, some >23,000 crustal rocks were found to exhibit a narrow range of
Kpy values (see Table 1 and Fig. 3 in Wipperfurth et al., 2018). Likewise, the incorporation of a few
to a couple tens of ug/g (or less) of potassium can be accommodated in the core (Corgne et al., 2007,
Watanabe et al., 2014). Overall, there appears to be limited evidence for the incorporation of radiogenic
elements in the core at levels that would contribute significantly to driving the geodynamo.

Over the last ~15 years, there has been considerable discussion in the literature regarding the electrical
and thermal conductivities of core materials (e.g., Zhang et al., 2020; Ohta and Hirose, 2021; see also
discussions about the new core paradox in Driscoll and Davies, 2023). The issue remains unresolved
with uncertainties of about a factor of two, with significant dependencies on the core’s light element
composition. The core’s electrical and thermal conductivities have a significant influence on its dynamo
stability and power. The paleomagnetic record for surface rocks dates back to 3.5 billion years and
older for zircons, providing early recordings of the Earth’s dynamo action, and it appears to document
dynamo action comparable in power and stability over almost all of Earth’s history (Tarduno et al.,
2020). However, while the paleomagnetic record documents the existence of dynamo action, it does not
necessarily indicate the presence of an inner core (Landeau et al., 2017; Bono et al., 2019; Frost et al.,
2021; Zhou et al., 2022).

These observations are consistent with current estimates of the core’s heat flux of 10 +£ 5 TW (Lay
et al., 2008; Jaupart et al., 2015); assuming a homogeneous surface flux, this is equivalent to an outer
core surface flux of 65 + 35 mW/m? at the CMB. This estimate of the CMB heat flux is comparable
to the average surface heat flux for the continents (Lucazeau, 2019). The Earth’s heat budget can be
expressed as:

total __core

qurface flux — Qcooling Qcooling Qradiogenic heating Qr‘adiogenic heating (1>

46 TW = 10TW + 16TW + 13 TW + 7TW

mantle mantle crust
+ + -

where values for the radiogenic contributions are from McDonough et al. (2020). This equation shows,
given uncertainties, that the core and mantle heat fluxes due to secular cooling are sub-equal. If this is
the case, then the core’s heat flux represents a significant amount of bottom heating of the mantle.



3 Composition of the Earth and its core

Estimating the composition of the Earth’s core can be approached from three perspectives: (1) combin-
ing geochemical and cosmochemical insights with from mantle samples and meteorites; (2) comparing
mineral physics data on core materials with seismological observations for the core (Section 4); and (3)
incorporating metal-silicate partitioning data of light elements into models of core formation (Section
5). Here we address the first approach, and show how determining the bulk Earth’s composition provides
an avenue to determining the core’s composition.

Many unknowns remain regarding the core’s composition. Given its mostly fluid state, conductive
nature, and dynamo generation, it must be a metal that is cosmically abundant (i.e., Fe, and to a lesser
extent, Ni). Its chemical and isotopic composition is first and foremost established by comparisons
with the compositions of the solar photosphere, chondrites, and the silicate Earth, as these materials
represent the reference state, the building blocks, and the complementary component to the bulk planet,
respectively.

3.1 Building compositional models of terrestrial planets and their cores

To establish a compositional model for the core of a terrestrial planet, it is essential to understand the
the first-order constraints on the properties of the planet and its potential building blocks. Below are
the standard rules for planet building:

Bulk silicate Earth

e Define the planet’s physical state with rotational and gravitational data and seismic constraints

e Constrain the mantle’s potential chemical and isotopic composition using observations and data
from the solar photosphere and chondritic meteorites

e Assume chondritic proportions for the refractory elements (elements with half-mass condensation
temperatures >1350 K at 10 Pa of hydrogen; e.g., Ca, Al, REEs, etc.)

e Model absolute refractory element abundances based on observed chemical trends from available
samples (basalts and peridotites)

e Model the absolute abundances of Mg, Fe, Si, and O, the "non-refractory" major elements; these
elements make up >90% by mass (and atomic fraction) of the rocky planets. These elements
(except O) have half-mass condensation temperatures of 1300-1350 K at 10 Pa of H

e Define the Mg# (atomic Mg/(Mg+Fe)) and Ni content of the mantle, noting that Mg is concen-
trated in the mantle and Ni is concentrated mostly in the core, with the planet having a chondritic
Fe/Ni = 17.4 + 0.5 (weight ratio; atomic ratio is 18.3 + 0.5)

e Model the relative and absolute abundances of moderately volatile elements (elements with half-
mass condensation temperatures of <1250 K at 10 Pa of H; e.g., alkali metals)

Planet

e Use the composition of the solar photosphere to establish the bimodal compositional difference
between the gas giants and rocky planets

e Use observable heliocentric gradients in redox conditions and temperature as a guide

e Define the bulk planet’s physical state with rotational and gravitational data and seismic con-
straints



e Define the relative mass fractions of silicate and metal

e Define the core’s density, which then defines its fraction of light elements, depending on an assumed
core temperature

e Compare element volatility trends for chondrites with those observed in the BSE for lithophile
element abundances

e Establish a volatility trend for siderophile and chalcophile elements in chondrites

e Establish the planet’s absolute abundances of Mg, Fe, Si, and O (major elements) and Ca, Al, Ni,
and S (minor elements); the eight most abundant elements in chondrites and terrestrial planets

Core

e Define constant siderophile element weight ratios (e.g., Fe/Ni = 17.4 + 0.5, Ni/Co = 20.4 £ 0.6)
in chondrites and apply these principles to the estimating their abundances in the core

e Having defined the chondritic reference trend for the non-refractory, siderophile, and chalcophile
elements in the bulk Earth and defined the abundances of these elements in the BSE, then one
can establish their abundances in the core

e Subtract the BSE composition from the bulk planet’s composition to calculate element abundances
in the core

A review of the physical state of the Earth was covered in Section 2. In this section, compositional
modeling of terrestrial planets is first approached using constraints derived from the solar photosphere
and chondrites, the most primitive rocks of the solar system. From this perspective we can establish
some constraints using the four most abundant elements in the rocky planets (O, Mg, Si, and Fe).
However, we are still left with an important question — which chondrites provide the best analogues for
the Earth? This fundamental question remains unresolved.

The sub-group CI1 carbonaceous chondrites have the most primitive composition of the various chon-
drites. When compared to other chondrite groups, the CI1 type most closely matches the composition
of the solar photosphere for all but H, C, N, O, and the noble gases (McDonough, 2016; see also Fig. 5
of Magg et al., 2022 for an updated solar abundance data set and a resolution to the solar metallicity
problem). The element abundance curve for the solar photosphere (Asplund et al., 2009; Magg et al.,
2022) for at least the most abundant elements (i.e., out to the Fe-peak; elements up to iron that are
produced via the alpha process during stellar nucleosynthesis) is comparable to that of other nearby
stars in the galaxy (Asplund et al., 2009), and thus the principles developed here are also applicable for
building exoplanets.

Taking this approach, we can use the Sun’s element abundance curve to understand the chemical frac-
tionation of elements in the Solar System between the volatile element-rich (C, N, O, H, He) gas giant
planets and the condensable refractory element-rich (O, Mg, Si, Fe) rocky planets (Fig. 2). The latter
planets have an average oxide condensation temperature of >1300 K at 10 Pa of H (the inner portion of
a protoplanetary disk environment), whereas the former’s average condensation temperatures are <200
K (an outer disk region), and together they document a compositional and thermal gradient in the Solar
System.

Meteorites are now classified as belonging to either the non-carbonaceous (NC) or carbonaceous (CC)
meteorite groups (Trinquier et al., 2007, 2009; Warren, 2011; Kruijer et al., 2017) based on their mass-
independent, nucleosynthetic isotopic compositions, which documents radial variations in the distri-
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Atomic number

Fig. 2: The solar chemical abundance curve on an astronomical scale. The solar abundance A of an
element i is expressed as A; = logy,(N;/Ny) + 12, where N; is the number of atoms of element ¢, plotted
here as a function of atomic number. This ordinate expresses abundances on a logarithmic scale relative
to Ny — 10" atoms. Data for He, Li, Be, and B are from Asplund et al. (2009); all other data are from
Magg et al. (2022). Noble gases are labeled in purple. The horizontal red line separates the four most
abundant elements (O, Mg, Si, Fe) that make up >90 wt% (or atomic%) of the rocky planets, with bold
blue labels. The gas giants are predominantly composed of volatile elements (C, N, O, H, He, £Ne),
with bold red or purple labels. For the rocky planets, the next four most abundant elements (Al, S, Ca,
Ni) are labeled in blue; together these eight elements make up >99 wt% of these planets.

butions of planetary building materials through the Solar System. The NC group includes ordinary,
enstatite, and rumuruti chondrites, most achondrites (e.g., aubrites, mesosiderites, acapulcoites, lodran-
ites, winonaites, brachinites, and ureilites) and some irons, while the CC includes carbonaceous and
kakangari chondrites, few achondrites, and some irons. The two isotopically-distinct reservoirs were
present in the early Solar System, with NC meteorites most likely coming from the inner Solar System
(between the Sun and the asteroid belt), and CC meteorites likely sampling the outer Solar System (from
the Trojan asteroids and beyond Jupiter’s orbit) (Walsh et al., 2011; Kruijer et al., 2017). Typically,
these isotopic distinctions support the concept that the Earth and enstatite chondrites share a dominant
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(though not exclusive) genetic heritage, while Mars and ordinary chondrites share a common heritage
(e.g., Trinquier et al., 2007, 2009; Javoy et al., 2010; Warren, 2011; Dauphas, 2017).

Chondrites provide plausible models to describe the compositions of the silicate and metal fractions of
a planet. However, McDonough and Sun (1995) emphasized that no group of meteorites yet found has
a bulk composition matching that of the Earth. Appeals for making the Earth strictly from any one
observable chondrite, especially enstatite chondrites (e.g., Javoy et al., 2010), still require some ad hoc
additions and subtractions to fit Earth’s observable constraints. More recent appeals invoke mixtures
of different groups of chondrites to make up the Earth, with a dominance of the enstatite-chondrite-like
material (Dauphas, 2017; Piani et al., 2020).

The solar chemical abundance curve (Fig. 2) reveals that O, Mg, Si, and Fe are the most abundant
elements (the major elements) in the rocky planets and they are the most abundant condensable ele-
ments. These four elements make up more than 90% by mass or atomic fraction of the rocky planets
and chondritic meteorites. Together with Ni, S, Ca, and Al (the minor elements), these two groups of
elements constitute 99% of the compositions of the rocky planets and chondrites. Such a simple model
does not, however, specify the absolute or relative abundances of these two groups of elements (major
and minor) or their individual proportions. Fig. 3 shows the compositional variations seen in the Earth,
Mars, and NC meteorites (red outlined symbols) and CC (blue symbols) meteorites.

Additional constraints can be placed on these eight abundant elements. Chondritic meteorites, and
presumably rocky planets, have a constant Fe/Ni weight ratio of 17.4 £+ 0.5 (McDonough, 2014), and
this uniformity of Fe/Ni holds despite the vast differences in oxidation states between chondrites (e.g.,
see Fig. 2b in Yoshizaki and McDonough, 2021). CI and most CM chondrites have no metallic Fe,
only oxidized Fe, whereas the opposite is true for EL and EH chondrites, whose silicates are virtually
free of Fe. Ca and Al, along with 36 other elements, are refractory and are known to be present in
fixed chondritic relative proportions in all chondrites (to within +15% for the lithophiles (Wasson and
Kallemeyn, 1988)). Therefore, knowing the abundance of one of these elements allows one to calculate
the abundances of the others. Beyond that, if we know the mantle’s Mg# (the Earth’s value is 0.89
+ 0.01, based on data from basalts and peridotites (McDonough and Sun, 1995; Palme and O’Neill,
2014)) and the size of the core, we can more narrowly constrain the planet’s abundances of Mg, Fe, and
Ni. However, there remains a debate over this question — what is the Earth’s (mantle and bulk) Mg/Si
composition?

3.2 Bulk silicate Earth (BSE)

The BSE includes the solid Earth and hydrosphere minus the core. For models finding similar major
element compositions for the upper and lower mantle (i.e., pyrolite; Ringwood, 1991), there is consider-
able agreement about the element abundances in the primitive mantle (e.g., McDonough and Sun, 1995;
Palme and O’Neill, 2014). However, for models that invoke compositional layering in the mantle (e.g.,
Turcotte et al., 2001; Javoy et al., 2010; Ballmer et al., 2017), there is debate remaining over the BSE’s
Mg/Si ratio and other compositional details.

It has long been considered by some that the mantle seismic discontinuity at 660 km depth represents not
just a phase change, but also a distinct compositional boundary between the upper and lower mantle. If
so, this boundary would necessarily have an isolating conductive layer and thus a marked discontinuity
in the mantle’s thermal gradient. Evidence for this boundary is not forthcoming. Recently, it has been
proposed that this compositional boundary layer is instead at 800—1,200 km depth (Fei et al., 2023). In
either case, the upper mantle composition is taken to be pyrolitic, while the lower mantle composition
is less well established, with the bulk Earth being fitted to either a CI chondrite or enstatite chondrite
composition.
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Fig. 3: Major element variations (in wt%) in chondrites, the Earth, and Mars. Blue symbols are CC
meteorites and red outlined symbols are NC meteorites, with white, dark grey, and light grey filling
representing ordinary, enstatite, and R chondrites, respectively. Note that the compositional model for
the Earth plots outside of the range of chondritic meteorites. In the lower figure, we plot two Earth
compositional models: one with 1 wt% Si dissolved into the metallic core, and the other with 6 wt% Si.
Data for the chondrites are from Alexander (2019a,b). The estimate for the Earth’s bulk composition
comes from McDonough (2014) and this study. That of Mars is based on Yoshizaki and McDonough
(2020), modified to account for the slightly larger martian core (Irving et al., 2023).
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Enstatite chondrites are Si-enriched and have a low Mg/Si atomic ratio (0.71-0.93; (Kallemeyn and
Wasson, 1986)) relative to CI (1.04 £ 0.02; (Lodders, 2020)) and pyrolitic BSE (1.24 + 0.02; (McDonough
and Sun, 1995)) (Fig. 4). The solar photosphere has a Mg/Si ratio of 0.99 £ 0.09 (Magg et al., 2022).
(Note that there is no one "chondritic Mg/Si" value.) Fitting a bulk Earth model to a CI composition
with a pyrolitic upper mantle requires having a Si-enriched lower mantle and/or Si in the core. Fitting
a bulk Earth model to an enstatite chondrite composition presents even greater challenges, given the
larger amount of Si needed in the lower mantle and/or core to offset the low Si content of pyrolite. A
striking observation as shown in Fig. 4 is that all NC chondrites plot on the Si-enriched side of the solar

photosphere and CI compositions, implying there might be a complementary reservoir on the Si-depleted
side (e.g., the Earth).

There are several important aspects to keep in mind regarding the early Solar System, predicting the
Mg/Si of planets, and constraining the compositions of planetary building blocks. First, a major con-
sideration is that the problem is 4-dimensional in nature. However, we typically have a simple picture of
three spatial dimensions, with some insights on timing. Moreover, while the formation ages of many NC
objects (Hellmann et al., 2019) and Mars (Dauphas and Pourmand, 2011) are comparable, the Earth
may have formed much later; previous estimates based on the Hf~W isotopic system range from 30 Ma
(e.g., Kleine et al., 2002), to 60 Ma (e.g., Touboul et al., 2007), to as late as 160 Ma (e.g., Rudge et al.,
2010; Fischer and Nimmo, 2018) (Section 5.3.8). Therefore, NC meteorites and related samples may
(or may not) mostly represent the initial 10% of the mass accreted by the Earth (i.e., a Mars mass).
Second, Kirkwood gaps in the asteroid belt are locations of orbital resonances with Jupiter, and they
tell us that the current meteorite sampling is already biased, given large mass losses associated with
these gaps. Third, our temporal bias may or may not be significant. For the most part, our current
inventory of meteorites (both falls and finds) came to Earth in the last 10° years, with falls (meteorites
that were observed falling) being from the last 10° years. Among the meteorite falls, the ordinary chon-
drites represents >80% of the samples. Fortunately, a few older meteorites have been identified in the
geological record. And fourth, the Mg/Si ratio was controlled by nebular condensation processes.

Typically, variations in Mg/Si reflect the proportion of olivine (relatively higher condensation tempera-
ture; 2:1 Mg:Si by mole) to pyroxene (1:1 Mg:Si) condensed in the protoplanetary disk. Being the higher
temperature phase, olivine would condense earlier than an iron—magnesium pyroxene in the inner part
of a cooling disk. However, the mass and rate of condensation in the early Solar System are unknown.
Spectroscopic studies of accretion disk compositions show that some inner disk regions are richer in
olivine (van Boekel et al., 2004), whereas others have more olivine in the outer disk, with differences in
disk mineralogy potentially relating to type of star (e.g., T Tauri vs. Herbig Ae/Be stars; Bouwman
et al., 2010). In summary, many factors can control a planet’s Mg/Si, Fe/Mg, and Fe/Si ratios, and no
simple assertion can be made to establish these ratios. For example, the EH chondrite group stands out
as being anomalously depleted in Mg (Fig. 3, lower panel); the reason for this depletion is unclear.

There are compelling observations that support whole mantle convection and a simple pyrolite compo-
sitional model throughout the Earth’s mantle. Although the mantle appears not to be compositionally
layered, it contains continental scale and smaller structures (e.g., the LLSVPs and ULVZ, see Garnero
et al. (2016)) that seem to be compositionally distinct. The nature and origin of these structures are
under discussion. In support of a non-layered mantle compositional model, first and foremost are the
abundant tomographic images produced by seismologists of subducting slabs stagnating above, pene-
trating through, and trapped below the 660 km discontinuity (e.g., Fukao and Obayashi, 2013). These
seismic images capture Earth’s convective dynamics in action and document mass exchange between the
upper and lower mantle, with the ultimate fate for some slabs being transportation to the deepest parts
of the lower mantle. Other seismic images capture mantle plumes rising from the base of the mantle
up through to about 1000 km depth and spread out as they penetrate the 660 and 410 km seismic
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Fig. 4: Mg/Si (atomic) variations in the major chondrite groups, bulk silicate Earth (BSE), and Mars.
The bulk Earth’s Mg/Si (atomic) is 1.16 (see Table 1) and is identified as light blue circle with an x.
The Mg/Si (atomic) value for the solar photosphere is 0.99 £ 0.09 (Magg et al., 2022) and is identified
as green box on the axis. Blue symbols are CC meteorites and red symbols are NC meteorites. The
Earth and Mars formed in within the inner solar system as did the NC meteorites. The size of each
symbol is about the size of its uncertainty. Yellow shaded region is for the compositional range seen CI
chondrites. Chondrite labels and data are from Wasson and Kallemeyn (1988) and Alexander (2019a,b),
bulk silicate Earth is from McDonough and Sun (1995), and Mars is from Yoshizaki and McDonough
(2020). Following Yoshizaki and McDonough (2020), we assume no Si or Mg in the Martian core; thus
the bulk silicate Mars (BSM) and bulk Mars (BM) model compositions have the same Mg/Si value.
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discontinuities (e.g., French and Romanowicz, 2015). Second, Rudnick and Gao (2014) concluded that
the continental crust contains >40% of the Earth’s budget of K, Th, and U and >50% of the most
highly incompatible elements. To explain these crustal abundances requires processing much more than
the top 27% of the mass of the mantle (i.e., the mantle above 660 km depth). Finally, the latest data
from geoneutrino studies indicate that the BSE has 20 TW of radiogenic energy, with 7 TW stored in
the continents and the remaining 13 TW stored in the mantle (Sammon and McDonough, 2022). Again
these numbers are consistent with a pyrolite compositional model for the BSE.

Given these observations, we adopt the BSE models of McDonough and Sun (1995) and Palme and
O’Neill (2014). For many elements, especially the major elements, there are negligible differences
between these two models; greater differences exist for Cl, Br, and some of the moderately volatile
siderophiles. Disagreements in these latter element abundances are reflected in their estimated uncer-
tainties in both models. We have updated the absolute and relative abundances of the refractory elements
in McDonough and Sun (1995) using the CI chondritic reference composition of Lodders (2020) for most
elements, and that of Becker et al. (2006) and Fischer-Godde et al. (2011) for the highly siderophile
elements (HSEs: Re, Os, Ir, Pt, Au, Ru, Rh, Pd). Other updates abundances include those of K (Farcy
et al., 2020), W (Arevalo Jr and McDonough, 2008), and Th (Wipperfurth et al., 2018). See Table 4 for
details.

3.3 Bulk Earth (BE)

Based on the chemical properties and observed BSE abundances of the lithophile elements (i.e., those
with metal-silicate partition coefficients of < 0.01), we conclude that these elements are approximately
excluded from the Earth’s core and concentrated in the BSE. The refractory lithophile elements (RLEs;
e.g., Al) are enriched in the bulk Earth over CI chondrites by a factor of:

Al 0.0155

BE/CIpr @ _ _ _
EFEAlg; — 0.00838 g/g

These elements are enriched in the BSE relative to the bulk Earth and CI chondrites by factors of:

BSE/BEpr @ Alpgp _ 0.0229 g/g — 148
EET Algy  0.0155g/g

BSE/CIprp Alpgsp _ 0.0229 9/9 _ 973
PET"Ale,  0.00838¢/g

(3)

The enrichment factor (EF') in the first part of equation 3 is equivalent to the mass ratio of mantle/bulk
Earth (i.e., enrichment due to core formation). Multiplying this factor times that from equation 2
results in the 2.73 factor for BSE/CI enrichment. The Earth’s BE/ “I'RLE,y of 1.85 is intermediate
between that based on H (1.42; Kallemeyn et al. (1989)) and CV (2.00; Kallemeyn and Wasson (1981))
chondrites. Yoshizaki and McDonough (2021) observed that the Earth and Mars are equally enriched
in refractory elements (1.9 x CI), with the Earth being more volatile depleted and less oxidized. This
refractory element enrichment factor for the bulk Earth establishes the planetary abundances of some
thirty refractory lithophile elements and eight refractory siderophile elements (Table 5).

Based on the BSE composition given in Table 4 and the masses of the Earth, bulk silicate Earth, and core
(Table 1), we can determine the major element composition of the planet with a few assumptions. Using
the Earth’s volatility trend for lithophile elements and assuming a chondritic value for the refractory

15



Table 4: Compositional models of the bulk silicate Earth (BSE), bulk Earth (BE), and core

Element BSE BE Core | Element BSE BE Core
H (ppmw) | 100 260 600 Rh 0.0012 0.246 0.756
Li 1.6 1.1 0 Pd 0.0071 0.95 2.90
Be 0.060 0.041 0 Ag 0.008 0.15 0.45
B 0.30  0.20 0 Cd 0.04 0.13 0.32
C 120 730 2000 In 0.011 0.011 0.011
N 2 25 75 Sn 0.13 0.41 1.0
0% 44.0  30.0 1.0 Sb 0.0055 0.10 0.31
F 25 17 0 Te 0.012 0.580 1.80
Na 2670 1800 0 I 0.010 0.070  0.20
Mg % 22.8 154 0 Cs 0.021 0.014 0
Al % 2.29 1.55 0 Ba 6.520 4.41 0
Si % 21.0 153 3.5 La 0.666 0.450 0
P 90 1470 4350 Ce 1.712 1.16 0
S % 0.025 1.12 3.34 Pr 0.260 0.175 0
Cl 17 11 0 Nd 1.289 0.871 0
K 260 176 0 Sm 0.418 0.282 0
Ca % 2.41  1.63 0 Eu 0.158 0.106 0
Sc 15.9 10.7 0 Gd 0.568 0.384 0
Ti 1230 830 0 Tb 0.104 0.070 0
\Y 82 99 135 Dy 0.688 0.465 0
Cr 2625 4500 8400 Ho 0.154 0.104 0
Mn 1045 1350 2000 Er 0.448 0.303 0
Fe % 6.26 319 85.3 Tm 0.071 0.048 0
Co 105 900 2550 Yb 0.456 0.308 0
Ni % 0.196 1.83 5.24 Lu 0.068 0.046 0
Cu 30 98 240 Hf 0.289 0.195 0
/n 55 80 135 Ta 0.0404  0.027 0
Ga 4.0 6.0 10 W% 0.013 0.190 0.55
Ge 1.1 15 45 Re 0.00035 0.0753 0.231
As 0.05 1.6 4.8 Os 0.0039 0908 2.79
Se 0.075 4.5 14 Ir 0.0035 0.855 2.63
Br 0.050 0.035 0 Pt 0.0071 1.74 5.36
Rb 0.600 0.405 0 Au 0.0017  0.198 0.607
Sr 21.3 144 0 Hg 0.010 0.023 0.050
Y 410 2.77 0 Tl 0.0035  0.020 0.054
Zr 10.3  6.96 0 Pb 0.150 0.620 1.60
Nb 0.762 0.515 0 Bi 0.0025  0.030  0.09
Mo 0.050 1.80 5.5 Th 0.0819  0.055 0
Ru 0.007 1.27 391 U 0.0218 0.015 0

Concentrations reported in ppm by weight unless indicated by %. See text for further details.
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Table 5: Element classification scheme, based on condensation temperatures and chemical
affinities

Lithophile elements

refractory | Be, Al, Ca, Sc, Ti, V*, Sr, Y, Zr, Nb, Ba, REEs, Hf, Ta, Th, U
REEs = La, Ce, Pr, Nd, Sm, Eu, Gd, Th, Dy, Ho, Er, Tm, Yb, Lu
transitional | Mg, Si*, Cr*
moderately volatile | Li, B, Na, K, Mn*, Rb, Cs
volatile | F, Cl, Br, I, Zn
Siderophile elements
refractory | Mo, W, Ru, Rh, Re, Os, Ir, Pt
transitional | Fe, Co, Ni, Pd
moderately volatile | P, Cu, Ga, Ge, As, Ag, Sh, Au
volatile | T1, Bi
Chalcophile elements
volatile | S, Se, Cd, In, Sn, Te, Hg, Pb

Atmophile elements

highly volatile

H, He, C, N, O, Ne, Ar, Kr, Xe

50% condensation temperatures (K) at 10 Pa

refractory elements
transitional elements
moderately volatile
highly volatile

>1400 K

~1250 to ~1350 K
~800 to ~1250 K
<800 K

*Elements that appear to have been partially siderophile during core formation

Mo/W ratio of 10.7 (Wasson and Kallemeyn, 1988), we find Fe/Mo = 1.54 x 10° and Fe/W = 1.63 x
10° for the bulk Earth. From this, we establish the planet’s Fe content as 31.9 wt%; applying chondritic
Fe/Ni and Ni/Co ratios yields Ni and Co contents of 1.83 wt% and 900 ppm, respectively. Likewise,
knowing their concentrations in the BSE, we can use a mass balance to calculate the core’s composition.
Assuming no Mg in the core and the mantle’s Mg# of 0.89, we find that the bulk Earth contains 15.4
wt% Mg. The BE/CIRLE zr sets the Al and Ca contents in the bulk Earth. Significantly, this approach
independently establishes the bulk Earth’s Fe/Al = 20, a conclusion previously reached by McDonough
and Sun (1995); Allégre et al. (1995).

3.4 The Core

Of the eight elements that account for 99 wt% of the Earth’s mass, we have thus far determined the
abundances of five (Fe, Mg, Ni, Ca, and Al), leaving three elements (O, Si, and S) whose abundances
must be modeled in the bulk Earth and core. These are among the most dominant elements considered
to comprise the light element budget of the Earth’s core. We recognize that H, C, and perhaps N and
other elements might be present in the Earth’s interior, but for reasons given below, we consider these
highly volatile gases to be trace components in the planet.

The Si, O, and S contents of the core, and hence the bulk Earth, are best estimated by a combination of
insights from cosmochemistry, mineral physics (Section 4), and core formation (Section 5). The sulfur
content of the planet can be estimated from volatile element depletion trends in NC meteorites (Fig.

5).
A wide range of trace siderophile and chalcophile elements exists in the core, specifically those that
are moderately volatile and volatile. In many instances, thermodynamic modeling of the absolute and
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Fig. 5: The half-mass condensation temperatures (Lodders, 2003) versus Cl-normalized concentrations
for the moderately volatile elements in EH enstatite chondrites (green), CV carbonaceous chondrites
(blue), and H ordinary chondrites (red). These are the basis for the siderophile and chalcophile abun-
dance curves for these select chondrites. Data are from Wasson and Kallemeyn (1988). Element labels
are given for the H chondrites. Data have been fit with a second order polynomial. Data for Au in
chondrites (Fischer-Godde et al., 2010) have not been included in these regression analyses, as they have
Cl-normalized values that are markedly enriched relative to their half-mass condensation temperatures.

relative abundances of these elements in the core and mantle have set the limits on the P-T-X-fO,
(pressure—temperature—composition—oxygen fugacity) conditions of metal-silicate partitioning during
core separation (e.g., Wade and Wood, 2005; Corgne et al., 2008).

Estimating the trace element compositions of the bulk Earth and its core requires understanding the
chemical systematics of the abundance curves of these elements in chondrites and the BSE. For example,
do the NC and CC meteorites display a smooth and continuous decrease in elemental abundances as
a function of condensation temperature? The method developed by McDonough and Sun (1995) and
McDonough (2014) used only CC meteorites to estimate these trace element abundances, as this method
was developed before the introduction of the binary classification of meteorites into NC and CC groups.
Given that the NC meteorite group provides a better compositional model for the terrestrial planets,
we now present a model based on the chemical systematics seen in the NC meteorites.

Fig. 5 shows the abundance curves for the moderately volatile and volatile, siderophile and chalcophile
elements in NC and CC meteorites. The CV (CC-type) and H (NC-type) chondrites have similar deple-
tion trends, whereas EH (and EL, both NC-type) chondrites have a markedly different depletion trend,
which is consistent with the enstatite chondrites having formed in a more highly reduced environment
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Table 6: Major element compositional models of the bulk Earth, core, and bulk silicate
Earth

Element BE core BSE Element BE core  BSE
(wt%) (at%)
Fe 31.9 85.3 6.3 Fe 15.0 80.0 2.4
O 30.0 1.00 44.0 O 49.5 3.28 58.4
Mg 154 0 22.8 Mg 16.7 0 19.9
Si 15.3 3.50 21.0 Si 14.4 6.53 15.9
Ni 1.83 5.24 0.20 Ni 0.82 4.68 0.1
Ca 1.71 0 2.53 Ca 1.13 0 1.3
S 1.10  3.34 0.03 S 0.90 5.46  0.017
Al 1.59 0 2.93 Al 1.55 0 2.0
Co+Cr+P* | 0.66 1.46 0.64 | Co+Cr+P* | 0.0004 0.02 0.002
99.6 99.8 100.0 100.0 100.0 100.0
*Co, Cr, and P contents were summed for the BE and core, whereas Cr, Na, and Mn contents were summed
for the BSE

(i.e., (C/O) > 0.8-1.0 versus (C/O),pqr = 0.52 (Larimer and Bartholomay, 1979)) that allows for the
condensation of high temperature sulfides (e.g., oldhamite (CaS). There is no evidence for this highly
reduced stage having occurred at any significant level during the accretion of the Earth. For example,
early condensation of oldhamite in the proto-planetary disk can quickly lead to non-chondritic ratios of
refractory lithophile elements in the BSE, which is not seen in the Earth’s mantle geochemical record
(Allegre et al., 1995; McDonough and Sun, 1995; Palme and O’Neill, 2014). The lack of isotopic evidence
of non-chondritic ratios of La/Ce, Sm/Nd, and Lu/Hf in the BSE demonstrates that the condensation
sequence recorded in enstatite chondrites is not applicable to the Earth.

We fit curves to the elemental abundance trends for H and CV chondrites using polynomial, exponential,
and power law forms. These calculated compositional models are indistinguishable from one another
within the uncertainties of the fits. We chose the fit with the highest R-squared value (i.e., second
order polynomial). The compositional model derived from these simple fits (Fig. 5) provides abundance
estimates for the moderately volatile, volatile, siderophile, and chalcophile elements in the bulk Earth.
Using the bulk Earth and BSE concentrations of these elements, the concentrations of these elements
in the core (Table 4) can be determined from a simple mass balance calculation.

With the BSE containing only about 250 ppmw S, the vast majority of the Earth’s S budget is contained
in the core. Assuming early core formation occurred under reduced fO, conditions, and later accretion
and core differentiation occurred at more oxidized conditions, our preferred multi-stage model envisages
an evolving fO,. Consequently, our core compositional model as reported in Table 6 reflects this changing
f O, scenario (see Section 5.4.1 for further details). In this scenario, Si is more strongly partitioned into a
core-forming metal liquid under reducing conditions. Later, as the fO, conditions become more oxidized,
more O is partitioned into the core. Additionally, both Si and O partition more strongly into the core
at higher P-T later in the Earth’s growth. In this reduced-then-oxidized scenario, both O and Si are
incorporated into the core, with more Si than O in the core, though exact numbers are model-dependent.
The core composition reported in this section (Table 6) was determined by first setting the amount of
S based on the depletion curve, and then setting the relative proportions of Si and O from the guiding
principles summarized in Table 12.

Alternative core compositional models exist. For example, Young et al. (2023) developed a model in
which hydrogen is the dominant light in the Earth’s core. Their model views the Earth as having formed
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Fig. 6: Comparison between the composition of the bulk Earth, its core, and the most primitive IVA
(NC-type) Fe meteorite, Jamestown. Data for Jamestown (black circles) are from McCoy et al. (2011);
data for the bulk Earth (red squares) and its core (yellow-orange squares) are from Table 4. Elements
are ordered on the horizontal axis following a temperature-dependant scale for half-mass condensation
temperatures at 10 Pa of H (Lodders, 2003).

from smaller (Mars-sized) bodies with hydrogen-rich primary atmospheres. They show that reactions
with hydrogen-rich atmospheres and metal-silicate equilibrium in magma oceans can explain the Earth’s
composition.

3.5 Comparisons between the compositions of Earth’s core and iron mete-
orites

Here we compare the composition of the bulk Earth and our estimated composition for the Earth’s core
with that of iron meteorites, representing candidate core compositions. We chose a primitive sample
(Jamestown) from the IVA group, an NC-type iron meteorite. The IVA core is estimated to have a
low S content (McCoy et al., 2011; Hilton et al., 2022), comparable to what we have estimated for the
Earth.

Fig. 6 shows the Cl-normalized composition of Jamestown compared to that of the bulk Earth and
its metallic core. The marked depletions in V and Mn seen in the IVA sample reflects more oxidized
conditions of its formation (i.e., less V, P, and Mn were incorporated into the segregating metallic phase
during core formation, as compared to the behavior of these elements in the Earth). The IVA irons are
well established as being depleted in the moderately volatile elements (e.g., Ga and Ge). Although the
Earth is depleted in some moderately volatile elements, its depletion is markedly less than that of IVA
irons.

For many elements, the match between the Earth’s core composition and that of IVA irons is strong
(Fig. 6), including the relative depletions of Mo, V, P, and Mn. Hilton et al. (2022) observed that the
relative masses of the cores of NC bodies were between 19 and 22%. These core mass fractions are similar
to that of Mars (~23%; Huang et al., 2022; Irving et al., 2023), whereas they differ from that of the
Earth, which has a much more massive core (~33%). McDonough and Yoshizaki (2021) showed that the
metallic iron content of terrestrial planets, their core mass fractions, and their uncompressed densities
correlate with heliocentric distance, and that these observations follow a simple model of magnetic field
strength in the protoplanetary disk. It is possible that midplane transport may have controlled the
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distribution of iron outward from the Sun, resulting in decreasing core sizes of the terrestrial planets
with increasing radial distance (McDonough and Yoshizaki, 2021).

3.6 Budget of elements in the core

Studies in experimental petrology and mineral physics seek to understand the thermodynamic parame-
ters controlling the distribution of elements between the metallic core and silicate mantle. Hence, a great
deal of effort is invested in measuring metal-silicate partition coefficients (equation 20) using experi-
ments that simulate core formation over a range of P-T-X-fO, conditions (Section 5.2). Observations
from these studies can be used to constrain the conditions under which metal-silicate equilibration and
core segregation occurred (Section 5.3). The compositional model shown in Table 4 for the bulk Earth,
BSE, and core provides effective average, time-integrated partition coefficients for the bulk metal-silicate
system.

Table 7: Enrichment budget of elements in the core

% of Earth’s inventory in the core | Metal/silicate enrichment factor
HSEs, Se, Te, Sb, Mo >99 HSEs >200
Ag, Ge, Bi, As, S, P >95 S, Se, Te, Mo, As  45-90
Ni, Co, W, 1 >90 Ag, Sb, P, Ge, W, Bi  17-27
Fe, Pb, T1, Cd >80 Co, I, T, Pb  5-12
Cu, Sn, Hg >70 Cd, Sn, Cu ~3.8
Cr, Zn, Ga >bH5 Cr, Ga, Zn, Mn, V. 0.8-1.5
Mn, V >40
In >30

In Table 7 we report the mass fraction (in %) of an element’s budget that is stored in the core. The
metal /silicate enrichment factors listed in Table 7 are effectively the bulk metal-silicate partition coeffi-
cients for each element, integrated over Earth’s protracted core formation process. Notably, V, Cr, and
Mn, along with Zn and Ga, all have bulk partition coefficients close to unity. Ringwood et al. (1990)
observed that depletions of V, Cr, and Mn in the BSE could be attributed to their partitioning into a
core-forming metal, given their moderately siderophile behaviors at high pressure (e.g., lower mantle)
conditions.

Also of note are our predictions for Zn and Ga (Table 7). Previously, McDonough (2014) had predicted
wholly lithophile behavior for Ga, using CC chondrites as a guide to determining the abundances of the
moderately siderophile elements. However, in the approach used here, Ga is recognized as having a bulk
metal-silicate partition coefficient of 1.2 and is sub-equally partitioned between the metal and silicate
portions of the Earth. A Ga-bearing metallic core is more compatible with the ubiquitous observations
of Ga in iron meteorites.

Zinc has a bulk metal-silicate partition coefficient of ~1.2, which also represents a revised understanding
of the core’s composition from using NC chondrite samples to create a compositional model for the Earth.
Dreibus and Palme (1996) observed that the zinc content of the Earth’s mantle is well-established,
proposed that the core is most likely free of Zn, and calculated the bulk Earth’s sulfur content (0.56
wt%), from which they concluded that the Earth’s core contains 1.7 wt% S. Based on the depletion
trend using NC chondrites (Fig. 5), our revised estimates for sulfur in the bulk Earth and core are
double those of Dreibus and Palme (1996): 1.1 wt% and 3.3 wt%, respectively (Table 4).
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3.7 Uncertainties in the compositional model

Now that we have a compositional model for the core, BSE, and bulk Earth, we need to address
uncertainties in these models. Their are two types of uncertainties: statistical and systematic, with the
former being easier to assess than the latter. Systematic uncertainties come from the many assumptions
made in building the model, whereas the statistical uncertainties can be propagated from the errors in
measurements and ratios (e.g., Fe/Ni, Ni/Co, Mg#, and the regression curve used to establish the bulk
Earth concentrations of moderately volatile and volatile elements). Given uncertainties in the chondrite
compositions, specifically for key elements and their ratios, we assign a +15% statistical uncertainty
for the bulk Earth and core abundances of: Fe, Ni, Co, W, Mo, and the remainder of the refractory
elements. For the moderately volatile and volatile elements, specifically the siderophiles and chalcophiles,
we assess the statistical uncertainties at +25% or greater. As a general rule, the more volatile and/or
less abundant elements are tougher to constrain.

Uncertainties for the O, Si, and S contents of the bulk Earth and core are among our greatest challenges.
The compositional trend for the moderately volatile and volatile elements (Fig. 5) provides a guide for
the uncertainty (~15%) in the S contents of the bulk Earth and core. However, we do not have such a
constraint for Si and O. After establishing the abundances of these elements in the BSE (McDonough
and Sun, 1995; Palme and O’Neill, 2014), systematic uncertainties dominate their estimates in the bulk
Earth and core. Here we have to depend on mineral physics data (Section 4) and experiments and
models of core formation (Section 5) to provide insights into the absolute and relative proportions of Si
and O in the core. Conservatively, we suggest 25% to 50% uncertainties on their estimated abundances
in the core, and proportionally less for the bulk Earth.

3.8 Inner core composition

Assessing the composition of the inner core from geochemical and cosmochemical observations is also
challenging, beyond that it is composed of ~95 wt% Fe-Ni alloy and ~5 wt% light elements. Seismo-
logical data provide constraints on the density jump across the inner core boundary (Fig. 7b; Section
4.3) and document that the inner core has a low shear wave velocity (Fig. 7c; Section 4.2). Geodectic
data also constrain the ICB density jump (e.g., An et al., 2023). Beyond these observations, the inner
core’s composition can be established using a combination of seismology and mineral physics data for
appropriate Fe-rich alloys.

The solid inner core is denser than the outer core, as is clear from their relative depths. The inner core
represents only 5% by mass and 4% by volume of the bulk core (Table 1). The inner core is about 70%
the size of the Moon and may only be ~1 4 0.5 billion years old (Labrosse et al., 2001). The pressure
at the top of the inner core is 329 GPa and its surface gravity is 4.0 m/ s?, which is only slightly greater
than that of Mars (3.7 m/ 82). This pressure represents a phase boundary in pressure-temperature—
compositional space. Given this liquid-to-solid phase boundary, it is unlikely that this surface has much
topographic relief. The solid inner core likely has an hcp (hexagonal close-packed) crystal structure
(Tateno et al., 2010; Fei et al., 2016; Sakamaki et al., 2016) or a mixture of hep + bee (body-centered
cubic; or similarly, B2) (Belonoshko et al., 2003, 2019, 2022; Vocadlo et al., 2003a; Dubrovinsky et al.,
2007; Fischer et al., 2023; Ikuta et al., 2021b).

The amount of light elements in both the inner and outer core depends strongly on core temperature
(Anderson and Isaak, 2002), which is one of its most uncertain properties. A higher temperature outer
(or inner) core results in a lower light element content needed to match the density deficit (Section
4.1.5). A more detailed understanding of core composition would provide important constraints on the
core’s thermal structure, since the temperature at the ICB should be equal to the melting point of the
core alloy at the ICB pressure, which is strongly dependent on composition. An upper limit on the ICB
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temperature is the melting/crystallization temperature for pure Fe (~6200 K at 329 GPa; Anzellini et al.
(2013)) and assuming a conductive thermal gradient (Fischer, 2016). Currently, Fe-rich alloy melting
curves extrapolated to 329 GPa span a temperature range of ~1500 K (Fischer, 2016). Nonetheless,
given the uncertainties in the core’s light element composition and its corresponding uncertain melting
point depression, an ICB temperature of ~5600 + 1000 K covers the range of estimates reviewed in
Fischer (2016) and incorporates potential systematic uncertainties. Estimates of the density jump (Ap)
at the inner core boundary range from about 300 to 1000 kg/m* (Fig. 7b). This Ap implies that the
inner core has about half the density deficit of the outer core, and correspondingly it implies that the
inner core has approximately half the amount of light elements relative to the outer core. This Ap
constraint, however, does not significantly restrict the compositional range of light elements (Section
4.3; e.g., Hirose et al., 2021).

3.9 Core—mantle exchange

Based on Hf-W and U-Pb isotopic systematics, Earth’s core formation is thought to have lasted for a
few 10s of Ma to 100200 Ma after the formation of the Solar System (Stacey and Kramers, 1975; Kleine
et al., 2002; Touboul et al., 2007; Rudge et al., 2010; Kleine and Walker, 2017; Fischer and Nimmo,
2018) (Section 5.3.8). Subsequent to this time frame, the core and mantle are assumed to be isolated,
essentially having zero or negligible mass transfer. However, the concept of mass exchange (on the
order of 0.1% to 1%) between the core and mantle, post-core formation, has been in the literature for
more than 30 years (Walker et al., 1995). Some studies have put forth chemical and isotopic evidence
as documentation of mass exchange between the core and mantle. In our view, more compelling data
would be needed to demonstrate this type of mass exchange, except for perhaps the latest data from
the "?HE-'®?W isotopic system (Mundl et al., 2017).

McDonough and Sun (1995) observed that ratios involving siderophile/lithophile elements provide the
most sensitive tracers of core-mantle exchange. Such ratios leverage compositional contrasts between
the core and the bulk silicate Earth. It was further noted that constant ratios of P/Nd, P/Ti, Pd/Ti,
W/Ba, W/U, Mo/Ce, Pb/Ce, and others in basalts and peridotites are robust evidence for negligible
(i.e., <0.5 wt%) or zero core-mantle exchange (Arevalo Jr and McDonough, 2008; Ireland et al., 2009).
Identification of a core—mantle exchange signature in Hawaiian lavas using Fe/Mn (Humayun et al.,
2004) is an insensitive measure, because there is only a factor of ~10 difference between the core and
mantle abundances of these elements, whereas W /U, for example, exhibits a factor of ~10° difference
in concentration levels (Arevalo Jr and McDonough, 2008).

In the 1990s and early 2000s, the '*°Os / 8805 isotopic signatures found in some Hawaiian basalts and
other ocean island basalts were interpreted as evidence of core-mantle exchange (e.g., Walker et al.,
1995; Brandon et al., 1998, 2000). These studies proposed that these lavas had their source regions
at the base of the mantle, and that they were incorporating small amounts of differentiated outer core
material. In their model, the Os isotopic composition of the outer core had evolved due to early (before
2.5 Ga) inner core growth and differences in the partitioning of Re, Os, and Pt between the inner and
outer core. However, Mundl et al. (2017) and subsequent studies have shown that there is no correlation
of Os isotopic signatures with anomalous 182VV/ B4W compositions that are of putative core origin.
Interpreting the **W isotope story is not without its own challenges (Walker et al., 2023), however, as
these authors note the Os isotopic record does not support core—mantle exchange, given the lack of Os—
W isotopic correlations. In addition, evidence for a young age (< 2 Ga) for the inner core is inconsistent
with ancient fractionation processes needed to satisfy the Os isotopic story (Section 2.2).
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4 Mineral physics constraints on the core’s light element com-
position

Cosmochemical and geochemical evidence suggests a small number of major candidate core light ele-
ments: Si, O, S, C, and H (e.g., Section 3; Poirier, 1994; Allégre et al., 1995). They are sufficiently
abundant in the Solar System, can alloy with Fe, and are less dense than iron, so that they most likely
account for a majority of the core’s density deficit. To further constrain the abundances of these ele-
ments in the core, one approach is to consider which Fe-light element alloys best match the observed
physical properties of the Earth’s core.

The physical properties of iron and Fe-rich alloys have been studied at the extreme pressure-temperature
(P-T) conditions of Earth’s deep interior, using computational methods, large volume presses (LVPs),
laser-heated diamond anvil cells (LH-DACs), and shock wave techniques. Some of the alloy properties
that are most often compared to those of the core are density, sound velocities, and phase diagram
topology, and how they change with pressure and temperature. Here we review the available literature
data on these properties and summarize how they can be used to constrain the core’s composition.

4.1 Density and equations of state

The Earth’s core is less dense than pure iron. This observation may be used to assess the abundances
of light elements in the core, provided that we know the density structure of the core, the density
of iron at core pressures and temperatures, and how this density changes with the incorporation of
different candidate light elements. An Fe-rich alloy with the right abundances of the right combination
of light elements should have the same density and compressibility as the Earth’s core at the same P-T
conditions.

4.1.1 The density of Earth’s core

The density structure of Earth’s core has been constrained by seismological studies (Fig. 1; Table 2).
Some of these models of core density are shown in Fig. 7a. All models report an outer core density of
~9.9-10.0 g/cm® at the core-mantle boundary (CMB), increasing with depth to ~12.1-12.3 g/cm? at
the inner core boundary (ICB). The inner core is more dense than the outer core, both because it is
solid and because it has a different composition (Section 4.3). It has a density of ~12.7-12.8 g/cm® at
the ICB, increasing to ~13.0-13.1 g/cm3 at the center of the Earth.

There is some disagreement between seismological models of the core’s density structure, particularly
for the outer core. The models EPOC-Vinet (Irving et al., 2018) and SC-REM (Kemper et al., 2023)
have higher densities in the outer core than PREM (Dziewonski and Anderson, 1981) or ak135 (Kennett
et al., 1995), for example. In the inner core, PREM has a slightly higher density than SC-REM or ak135,
resulting in a different density contrast across the ICB; in general, the reported ICB density contrast
has a fair amount of variability across different seismological studies and methods (Fig. 7b; Section 4.3).
Seismic approaches can more directly constrain the core’s velocity structure than its density structure
(Section 4.2), but comparisons to the core’s density structure are common due to a greater extent of
experimental constraints on the densities of Fe alloys at core P-T.

4.1.2 Equations of state

Equations of state (EoS) are used to describe how a particular phase’s molar volume (V') or density
(p) responds to changes in pressure and temperature. Fitting an equation of state requires a dataset
in which P and T were varied and the resulting volume was measured precisely; for example, by using
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Fig. 7 (previous page): Seismological models of the density and velocity structure of Earth’s core. a:
Density variations with depth in the core. b: Density contrast between the inner core and outer core
at the ICB. Circles are reported values (with uncertainties, if reported), horizontal bars with arrows
are upper bounds, and vertical bars are reported ranges. Estimated conversion from g/ em® to % is
based on an inner core density at the ICB of 12.764 g/ cm®. ¢ Seismic velocities in Earth’s core.
Main: vp variations with depth through the core. Inset: vg in the inner core. Grey triangles are vg
at the ICB and the center of the Earth from Tkal¢i¢ and Pham (2018). Calculation of pressure from
depth is based on PREM (Dziewonski and Anderson, 1981). Different line types/colors correspond
to different seismological models: SC-RAM (Kemper et al., 2023), EPOC-Vinet (Irving et al., 2018),
SP6 (Morelli and Dziewonski, 1993), PREM (Dziewonski and Anderson, 1981), iasp91 (Kennett and
Engdahl, 1991), and ak135 (Kennett et al., 1995). Additional estimates of ICB density contrast are
from: Shearer and Masters (1990); Masters and Gubbins (2003); Cao and Romanowicz (2004); Koper
and Pyle (2004); Koper and Dombrovskaya (2005); Tkalci¢ et al. (2009); Waszek and Deuss (2015); Shen
et al. (2016); Robson and Romanowicz (2019). Typical uncertainties (as reported in the original studies)
are approximately £0.1-0.2 g/ cm® for density in the inner and outer core, +0.2 km/s or less for outer
core vp, £0.1 km/s or less for inner core vp, and £0.05 km/s for inner core vg (Kennett et al., 1995;
Irving et al., 2018; Kemper et al., 2023).

synchrotron X-ray diffraction to measure the volume of a sample in a laser-heated diamond anvil cell or
a large volume press as a function of P and 7', or by using ab initio methods to recreate this process. In
theory, once the equation of state of a phase is sufficiently well-established, it can be used to calculate the
density of that material at any P-T. The equations of state of various Fe-rich alloys can be measured
experimentally and compared to the seismologically-determined density structure of the Earth’s core
(Section 4.1.1) to place bounds on core composition. Mie-Griineisen equations of state, which describe
pressure as the sum of an isothermal 300 K pressure (Pygo) and a thermal pressure component (F,;,), are
most commonly used for this purpose:

P:P300+Pth:P3OO+%AE (4)
where v is the Griineisen parameter and AE = E,;, — Fs is the difference in energy between 300 K
(E590) and the temperature of interest (Fy,). Note that while all of these equations are written here
relative to isothermal compression at 300 K, as in room temperature experimental measurements, they
may also be expressed relative to other temperatures; for example, higher temperatures are sometimes
used to describe isothermal compression with external heating, and 0 K is often used in ab initio
calculations.

One of the most commonly-used forms for the isothermal pressure is the third order Birch-Murnaghan
equation of state (Birch, 1947):

Pyoo = 3K o f (1 + 2f)5/2 [1 + ; (Ko — 4) f} (5)

)

K is the isothermal bulk modulus, K7 is its pressure derivative, and a subscript 0 indicates a value at
atmospheric pressure. Another widely-used expression for isothermal compression is the Vinet equation

where f is the Eulerian strain:

1
I=3
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of state (Vinet et al., 1987):

Py = 3K AT 11— AN
300 = 94410 v, v,

In both the Birch-Murnaghan and Vinet equations of state, the behavior of the material undergoing
isothermal compression can be described by three parameters: V,, Krq, and K7y. If the phase is stable
or metastable at ambient conditions, its V;; can be measured directly, leaving only two parameters to

fit.

eg(K%il) [1*(\%)1/3}

(7)

The thermal pressure term, AFE in equation 4, can also be expressed in various ways. The Griineisen
parameter is a function of volume:
V!
et e 8
7 =% (Vo ) (8)

where ¢ is a constant, equal to %. A Debye model of vibrational thermal energy is often used:

dx 9)

th — 7, 3
e’ —1

(0p/T)°

where R is the ideal gas constant, n is the number of atoms per formula unit, and 6, is the Debye
temperature:

INRT /HD/T z3
0

0 = fge o 1=V (10)

E5y0 can be found by evaluating equation 9 at T' = 300 K. Alternatively, the Griineisen parameter may
be expressed as:
1% B
V=Yoo + (90 — Voo (7> (11)
0
(e.g., Dorogokupets and Oganov, 2007), where v, is the Griineisen parameter at infinite compression
and [ is a constant. This leads to:

6, — 0, <K> 7 ()] (12)

VA 70 = Yo

=7 (Vo) gl 1)
Using these expressions, we can describe the thermal pressure component as a function of a few param-
eters: 0y, Yo, and g, or 0y, Yy, Vo, and S, in addition to the three parameters describing the isothermal
pressure. Various other formulations of thermal pressure are also widely used (e.g., Dorogokupets and
Oganov, 2007). Some are more complex and depend on more parameters, such as those that incorporate
contributions from anharmonic and/or electronic thermal energy. Others are more simple, with fewer
parameters to fit, such as:

Py, = aKpAT = aKp(T — 300 K) (14)
where a = % (g—¥) p is the coefficient of thermal expansion and AT is the difference between the tem-
perature of interest (7) and the temperature of the reference isotherm (often 300 K). In this formalism,
it is common to assume that oK is a constant (e.g., Andrault et al., 1998).

Often, any of these varieties of equations of state can be used to adequately describe a P-V-T dataset.
However, the resulting fitted parameters may not be strictly correct for that material due to large
tradeoffs between parameters, so it is generally unwise to extrapolate equations of state very far beyond
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the data used in the fitting. For this reason, and because experimental measurements at inner core P-T
remain very challenging, comparisons of Fe-rich alloy properties are sometimes better made to the outer
core. But this approach is also imperfect; the outer core is a liquid, while most measurements of Fe-rich
alloy properties are made on solids due to experimental limitations.

The quality of an equation of state depends on several factors, including:

e The P-T range of the data (which is sometimes limited by the stability field of the phase of
interest)

e The degree of hydrostaticity of the pressure-transmitting medium used, especially at room tem-
perature

e The quality of the P, V', and T measurements, including the choice of pressure calibration

Even with a high-quality P-V-T dataset, it is often not possible to resolve all ~5-7 (or more) thermal
equation of state parameters simultaneously. Common strategies include using measured parameters at
ambient conditions (especially V}) if the phase is stable or metastable, taking some values from previous
studies, or fixing K7y = 4 or ¢ = 1 to reduce the number of fitted parameters.

4.1.3 The density of pure Fe at core conditions

The equations of state of solid (hep) and liquid iron have been measured using a variety of experimental
and computational approaches. Fig. 8a shows the calculated densities of iron at core pressures using
equations of state from several previous studies (Dewaele et al., 2006; Bouchet et al., 2013; Ichikawa
et al., 2014; Komabayashi, 2014; Fei et al., 2016; Dorogokupets et al., 2017; Kuwayama et al., 2020).
For ease of comparison, all densities are calculated along the same adiabatic temperature profile, where
the temperature at each depth increment ¢ (7}) is given by:

V -y
T, =T, (VZ ) (15)
1—1

using the equation of state of hep Fe from Dewaele et al. (2006) and a core-mantle boundary temperature
of 4000 K, and neglecting any thermal boundary layers.

At CMB conditions of 135.8 GPa and 4000 K, selected equations of state of hcp Fe (Dewaele et al.,
2006; Bouchet et al., 2013; Fei et al., 2016) give densities of 11.04-11.17 g/cm?’, while those of liquid
Fe (Ichikawa et al., 2014; Komabayashi, 2014; Dorogokupets et al., 2017; Kuwayama et al., 2020) give
densities of 10.66-10.84 g/cm® (Fig. 8a), corresponding to a density difference between solid and liquid
Fe (Apsoria—iiq) of 1.8-4.6%. Similar calculations for different depths in the core, as well as for different
CMB temperatures, are shown in Table 8. Reported ranges in p and Ap for each set of conditions
only reflect the variations between equations of state used, and do not include any other sources of
uncertainty.

4.1.4 The core density deficit relative to pure Fe

These densities of pure solid and liquid iron at Earth’s core conditions (Fig. 8a, Table 8) can be
compared to seismological constraints on the core’s density (Fig. 7a) to evaluate the magnitude of the
core density deficit (Table 9). While it is clear that there is a significant density deficit relative to pure
iron, which is larger in the outer core than in the inner core (in terms of relative densities, expressed
at a percentage deficit), there remains considerable uncertainty in the magnitude of the density deficit.
This uncertainty is due to uncertainties in the core’s thermal structure and density, and the choice of
iron equation of state (uncertainties and covariances in equation of state parameters are also significant,
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Fig. 8 (previous page): Densities of iron and Fe-light element alloys at core conditions. Densities are
calculated from equations of state along an adiabat, with this adiabat determined from the equation
of state of hep Fe (Dewaele et al., 2006) for a CMB potential temperature of 4000 K. Conversion of
pressure to depth is based on PREM (Dziewonski and Anderson, 1981). Warmer colors (e.g., pink, red,
orange, yellow) represent densities of solid phases, while blue/purple curves represent densities of liquids.
Grey shaded regions in all panels indicate the approximate range of core densities reported by different
seismological studies (Fig. 7a). Pink shaded regions in panels b—f and blue shaded regions in panels
c—f show the approximate ranges of densities for pure hep Fe and liquid Fe, respectively (from panel a).
Most equations of state have been extrapolated in P and/or T, and may be plotted beyond the stability
field of the phase. Equations of state are based of data from experiments (dotted curves), ab initio
calculations (long dashed curves), combined experimental and ab initio methods (dot-dashed curves),
or thermodynamic calculations (short dashed curves). a: Densities of pure hep iron (Dewaele et al.,
2006; Bouchet et al., 2013; Fei et al., 2016) and pure liquid iron (Ichikawa et al., 2014; Komabayashi,
2014; Dorogokupets et al., 2017; Kuwayama et al., 2020). b: Densities of solid Si-bearing alloys with
variable silicon contents: 5 wt% Si (Edmund et al., 2019; Tkuta et al., 2021a), 9-10 wt% Si (Fischer
et al., 2014; Zhang et al., 2014; Huang et al., 2019; Tkuta et al., 2021a), 15-16 wt% Si (Fischer et al.,
2012; Tkuta et al., 2021a; Yokoo et al., 2023), or stoichiometric FeSi (equivalent to 33 wt% Si; Ono, 2013;
Fischer et al., 2014). c: Densities of FeO (22 wt% O) in the solid B1 phase (Fischer et al., 2011; Morard
et al., 2022) or liquid phase (Komabayashi, 2014). d: Densities of solid Fe;S (16 wt% S; Thompson
et al., 2020), Fe,S (22 wt% S; Zurkowski et al., 2022), and FeS, (53 wt% S; Thompson et al., 2016), and
liquid Fe3S (Thompson et al., 2022). e: Densities of solid Fe;C (7 wt% C; Hu et al., 2019; Takahashi
et al., 2019a), solid Fe,C5 (8 wt% C; Nakajima et al., 2011), and liquid Fe-C alloy with 1.5 wt% carbon
(Morard et al., 2017). f: Densities of Fe-H compounds: solid Fe-H alloy with 0.1 wt% H (circle symbol
at 360 GPa; Wang et al., 2021a), solid stoichiometric FeH (1.8 wt% H; Tagawa et al., 2022), and liquid
Fe-H alloys containing 0.5 wt%, 0.8 wt%, and 1.2 wt% hydrogen (Umemoto and Hirose, 2015).

but are not considered here due to inconsistencies in reporting). We neglect the effects of nickel in this
analysis; the core likely contains ~5 wt% Ni (e.g., Table 4). However, this quantity of nickel has an
extremely small effect on the density of hep Fe, perhaps decreasing the density by ~0.04 g/ cm® at CMB
pressures (e.g., Morrison et al., 2018), well within the uncertainties on the density of pure Fe (Table

For example, comparing lower seismological estimates of the outer core’s density (Dziewonski and An-
derson, 1981; Kennett et al., 1995) to the density of liquid iron (Ichikawa et al., 2014; Komabayashi,
2014; Dorogokupets et al., 2017; Kuwayama et al., 2020) yields a density deficit of % = 7.5-9.3%
at the core-mantle boundary for Tpy s = 4000 K, or 6.1-8.5% for Ty s = 4500 K (Table 9). This
uncertainty due to temperature is comparable to the uncertainty due to the choice of Fe equation of
state (indicated by the ranges). It is also comparable to variations between seismological models; for
example, using a higher seismological estimate of the outer core’s density (Irving et al., 2018; Kemper
et al., 2023) for Teyp = 4000 K decreases the density deficit at the CMB to 6.5-8.3% (Table 9).

The inner core density deficit is constrained to a similar extent, and is smaller than the outer core
density deficit. Using an adiabatic temperature profile with T-,,5 = 4000 K, a comparison between
seismological models (Dziewonski and Anderson, 1981; Kennett et al., 1995; Kemper et al., 2023) and
hep Fe equations of state (Dewaele et al., 2006; Bouchet et al., 2013; Fei et al., 2016) implies a density
deficit of 5.2-6.4% in the inner core at the ICB (Table 9).
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Table 8: Densities of solid and liquid iron at Earth’s core conditions

Conditions hep Fe p (g/cm®)  liquid Fe p (g/cm®) APsolid—Lliq
references’ references’

Core—mantle boundary

135.8 GPa, 3500 K 11.15-11.26 10.79-10.91 2.2-4.2%

135.8 GPa, 4000 K 11.04-11.17 10.66-10.84 1.8-4.6%

135.8 GPa, 4500 K 10.93-11.07 10.53-10.76 1.6-4.9%

Inner core boundary

329 GPa, 5350 K* 13.44-13.51 13.11-13.17 2.0-3.0%

Center of the Earth

364 GPa, 5550 K* 13.76-13.85 13.45-13.51 1.8-2.9%

"Dewaele et al. (2006); Bouchet et al. (2013); Fei et al. (2016); *Ichikawa et al. (2014); Komabayashi (2014);
Dorogokupets et al. (2017); Kuwayama et al. (2020); *Temperature along an adiabat for T 5 = 4000 K, calculated
using the equation of state parameters of Dewaele et al. (2006)

4.1.5 Effects of light elements on the density of Fe

Alloying of iron with lighter elements, such as Si, O, S, C, and H, is thought to be responsible for
the core’s density deficit (Section 4.1.4). Fig. 8b—f shows the densities of Fe-light element compounds
calculated from equations of state of various solid and liquid phases, compared to the densities of solid
and liquid Fe and the density of the Earth’s core. Most of the experimental equations of state shown in
Fig. 8 are significantly extrapolated in P and/or T' (and are often shown outside the stability fields of
these phases), which may at least partly explain the variations in slopes; here we assess how different
light elements affect the density of iron at the CMB, to minimize extrapolations.

Fig. 8b highlights density calculations from equations of state of solid Fe-Si alloys (some also containing
Ni) with various crystal structures. These alloys have silicon contents ranging from 5 wt% (Edmund
et al., 2019; Tkuta et al., 2021a), to 9-10 wt% (Fischer et al., 2014; Zhang et al., 2014; Huang et al., 2019;
Ikuta et al., 2021a), to 15-16 wt% (Fischer et al., 2012; Tkuta et al., 2021a; Yokoo et al., 2023), to 33
wt% (stoichiometric FeSi; Ono, 2013; Fischer et al., 2014). Comparing to the density of solid hep Fe at
135.8 GPa and 4000 K (11.04-11.17 g/cm®, Table 8; Dewaele et al., 2006; Bouchet et al., 2013; Fei et al.,
2016), these Fe-Si equations of state indicate that the addition of 1 wt% Si lowers the density of solid
Fe by 0.09-0.10 g/cm®, on average (standard deviation of 0.02 g/cm?®, range of 0.05-0.13 g/cm?).

Density calculations for stoichiometric FeO (equivalent to 22 wt% oxygen) are shown in Fig. 8c, based
on equations of state of FeO in the solid Bl structure (Fischer et al., 2011; Morard et al., 2022) and
the liquid phase (Komabayashi, 2014). Comparing the densities of solid Fe and FeO at the core-mantle
boundary (analogous to the previous comparison with Fe-Si alloys), the addition of 1 wt% O decreases
the density of solid iron by 0.11-0.12 g/ cm?®. Using the density of liquid iron under the same conditions
(10.66-10.84 g/cm®, Table &; Ichikawa et al., 2014; Komabayashi, 2014; Dorogokupets et al., 2017;
Kuwayama et al., 2020), the equation of state of liquid FeO (Komabayashi, 2014) indicates that adding
1 wt% oxygen to liquid Fe lowers its density by the same amount (0.11-0.12 g/cm?).

Fig. 8d shows the densities of solid Fe;S (16 wt% S; Thompson et al., 2020), Fe,S (22 wt% S; Zurkowski
et al., 2022), and FeS, (53 wt% S; Thompson et al., 2016), as well as liquid FesS (Thompson et al.,
2022), at Earth’s core conditions. Comparing the densities of solid Fe-S compounds to that of pure Fe
at the core-mantle boundary, the addition of 1 wt% sulfur to solid Fe decreases its density by 0.05-0.08
g/ cm®. Equations of state of compounds containing more sulfur imply that S has a larger effect on the
density of iron (e.g., density decrease of 0.07-0.08 g/cm® per wt% S based on FeS, from Thompson

31



Table 9: Earth’s core density deficit relative to pure iron

Conditions Core p (g/cm”) Fe p (g/cm®) APre_coret
Core—mantle boundary
135.8 GPa, 3500 K, OC 9.92' 10.01**  10.79-10.91* 8.8-10.0%", 7.8-9.0%**
135.8 GPa, 4000 K, OC 9.92', 10.01**  10.66-10.84* 7.5-9.3%", 6.5-8.3%>*
135.8 GPa, 4500 K, OC 9.92' 10.01**  10.53-10.76"  6.1-8.5%", 5.2-7.5%>"
Inner core boundary
329 GPa, 5350 K°, OC 12.15%, 12.31*%  13.11-13.17"  7.9-8.4%", 6.5-7.0%>3
329 GPa, 5350 K®, IC 12.70-12.77%*  13.44-13.51° 5.2-6.4%"
Center of the Earth
364 GPa, 5550 K°, IC 13.01-13.09"*  13.76-13.85° 5.1-6.5%""

*The density deficit is calculated as: App, pre = 2Ee=Leore: 1 Dyjewonski and Anderson (1981); Kennett et al. (1995);

Peore
Irving et al. (2018); *Kemper et al. (2023) *Liquid Fe densities calculated from the equations of state of Ichikawa et al.

(2014); Komabayashi (2014); Dorogokupets et al. (2017); Kuwayama et al. (2020); reported ranges only reflect
differences between studies, and not other sources of uncertainty; 5Temperature along an adiabat for T, = 4000 K,
calculated using the hep Fe equation of state parameters of Dewaele et al. (2006); %Solid hep Fe densities calculated from
the equations of state of Dewaele et al. (2006); Bouchet et al. (2013); Fei et al. (2016); reported ranges only reflect
differences between studies, and not other sources of uncertainty

et al., 2016; or 0.05-0.06 g/cm® per wt% S based on FezS from Thompson et al., 2020), which may be
due to differences in crystal structures. The density of liquid FesS at the CMB (Thompson et al., 2022)

indicates that adding 1 wt% S to liquid Fe decreases its density by 0.04-0.05 g/ cm?®, similar to results
based on solid Fe;S.

Densities of various iron—carbon compounds are shown in Fig. 8e: solid Fe;C (7 wt% C; Hu et al., 2019;
Takahashi et al., 2019a), solid Fe;Cs (8 wt% C; Nakajima et al., 2011), and liquid Fe-C alloy containing
1.5 wt% C (Morard et al., 2017). The equations of state of solid Fe-C compounds show that the density
of solid iron is decreased by 0.09-0.13 g/ cm® per wt% C at core-mantle boundary conditions, while that
of liquid Fe-1.5C indicates a much larger density decrease per wt% C in liquid iron, possibly due to the
large extrapolation required to apply the pioneering equation of state data of Morard et al. (2017) at
core conditions.

Fig. 8f illustrates the densities of solid stoichiometric FeH (1.8 wt% H; Tagawa et al., 2022) and liquid
Fe-H alloys containing 0.5 wt%, 0.8 wt%, and 1.2 wt% hydrogen (Umemoto and Hirose, 2015) over the
conditions of Earth’s core, as well as the density of solid Fe-H alloy containing 0.1 wt% H at 360 GPa and
5500 K (interpolated in T" from the results of Wang et al., 2021a). Comparing the densities of solid FeH
(Tagawa et al., 2022) and Fe at the CMB indicates that adding 1 wt% H to solid Fe lowers its density by
0.65-0.72 g/cm®, while comparing the densities of solid Fe-0.1H (Wang et al., 2021a) and Fe at 360 GPa
and 5500 K yields a density decrease of 1.12-1.88 g/ cm® per 1 wt% H in solid iron. The equations of
state of liquid Fe-H alloys containing 0.5 wt%, 0.8 wt%, and 1.2 wt% hydrogen (Umemoto and Hirose,
2015) imply that the addition of 1 wt% H lowers the density of liquid Fe by 0.36-0.72, 0.62-0.85, or
0.74-0.88 g/ cm?®, respectively, at the CMB. The fact that Fe-H equations of state seem to exhibit larger
discrepancies between studies than in other Fe-light element systems is perhaps not surprising, given

the unique and significant experimental difficulties when working with hydrogen-bearing materials at
high P-T.

For a temperature of 4000 K, the outer core density deficit at the CMB is likely in the range of 6.5-9.3%,
or 0.65-0.92 g/ cm?® (Table 9), depending on the choice of seismological model and liquid Fe equation of
state. At the inner core boundary (329 GPa, 5350 K), the inner core density deficit is similarly 5.2-6.4%,
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or 0.67-0.81 g/cm® (Table 9). With the simplifying assumption that light elements have similar effects
on the densities of solid versus liquid Fe, we can estimate the quantities of various light elements needed
to match these outer and inner core density deficits, as shown in Table 10. Since these calculations were
performed considering only one light element in the core at a time, which is unrealistic, these values
represent the maximum possible abundance of each light element in the core.

Table 10: Maximum amount of each light element allowed in the core based on density

Light element X Ap/wt% X (g/cm’) Maximum in OC Maximum in IC
135.8 GPa, 4000 K 329 GPa, 5350 K

relative to Table 9 values

Si 0.09-0.10 6.5-10.2 wt% 6.7-9.0 wt%
O 0.11-0.12 5.4-8.4 wt% 5.6-7.4 wt%
S 0.05-0.08 8.1-18.4 wt% 8.4-16.2 wt%
C 0.09-0.13 5.0-10.2 wt% 5.2-9.0 wt%
H 0.36-1.88 0.3-2.6 wt% 0.4-2.3 wt%
relative to PREM' and select Fe EoS

Si 0.09-0.10 7.9-8.8 wt% 7.0-7.7 wt%
O 0.11-0.12 6.6-7.2 wt% 5.8-6.3 wt%
S 0.05-0.08 9.9-15.8 wt% 8.7-13.9 wt%
C 0.09-0.13 6.1-8.8 wt% 5.4-7.7 wt%
H 0.36-1.88 0.4-2.2 wt% 0.4-1.9 wt%

"Dziewonski and Anderson (1981); *Liquid Fe density in OC from Kuwayama et al. (2020), solid Fe density in IC from
Dewaele et al. (2006)

The maximum amount of each light element that the core could contain based on its density (considering
only one light element at a time) has significant uncertainty, as shown by the large ranges for these upper
bounds reported in Table 10. This is primarily due to uncertainties in the magnitude of the core density
deficit (Section 4.1.4, Table 9), though uncertainties in each light element’s effects on the density of
iron can also be considerable, especially for hydrogen. The maximum amounts of each light element
in the outer core versus the inner core based on density are extremely similar, due to the similar
ranges of density deficits throughout the core when expressed in absolute units (g/ cm?®, as opposed to a
percentage of the density). The extent of this similarity depends on the choice of seismological model and
Fe equations of state; for example, comparing PREM (Dziewonski and Anderson, 1981) to the equations
of state of Dewaele et al. (2006) and Kuwayama et al. (2020) leads to different amounts of light elements
that match the density deficits in the outer versus inner core (different maximum abundances in Table
10), especially for Si and O.

4.2 Sound velocities

In addition to the density deficit, the Earth’s core also exhibits different sound velocities than pure iron.
In a similar fashion, the velocities of the core, pure iron, and various Fe-light element alloys can be
compared to assess the possible abundances of light elements in the core.

4.2.1 Sound velocity structure of Earth’s core

The compressional wave velocity (vp) structure of Earth’s core is shown in Fig. 7c, with the shear wave
velocity (vg) structure of the inner core shown in the inset. These velocities have been constrained by
a variety of seismological studies (Dziewonski and Anderson, 1981; Kennett and Engdahl, 1991; Morelli

33



and Dziewonski, 1993; Kennett et al., 1995; Irving et al., 2018; Tkal¢i¢ and Pham, 2018; Kemper et al.,
2023). The outer core has a vp of 7.94-8.06 km /s at the core-mantle boundary, increasing to 10.26-10.36
km/s at the inner core boundary. The inner core has higher P-wave velocities: 10.97-11.09 km/s at the
ICB, increasing with depth to 11.24-11.30 km/s at the center of the Earth. There are no shear waves
in the outer core, since the outer core is a liquid; the inner core has a vg of 3.42-3.51 km/s at the ICB
and 3.56-3.67 km/s at the center of the Earth.

4.2.2 Sound velocities of iron at core conditions

Some examples of constraints on the vp of pure iron are shown in Fig. 9a. This is a so-called “Birch’s
Law” diagram (Birch, 1961), illustrating a linear relationship between vp and density that simplifies
extrapolations and comparisons between studies. The colored lines are calculated along isotherms for
solid hep Fe from the fit of Tkuta et al. (2022). This fit is based on experimental data from 300 K and some
high temperature data up to 3000 K (Antonangeli et al., 2012, 2018; Ohtani et al., 2013; Sakamaki et al.,
2016; Tkuta et al., 2022), with velocities obtained using inelastic X-ray scattering (IXS). Sound velocity
measurements at high pressures can be made using a wide variety of techniques, and it is not uncommon
for different experimental methods to yield contradictory results. This may be at least partly due to
differing sensitivities to different material properties; for example, IXS provides a more direct probe of
vp than nuclear resonant inelastic X-ray scattering (NRIXS), with NRIXS being correspondingly more
sensitive to vg (e.g., Antonangeli and Ohtani, 2015). For more details on experimental methods for
sound velocity determination, see reviews by Antonangeli and Ohtani (2015), Marquardt and Thomson
(2020), and Bommannavar et al. (2022), for example. The IXS results shown in Fig. 9a are consistent
with some (e.g., Vocadlo et al., 2009; Martorell et al., 2013b), but not all (e.g., Bouchet et al., 2022), ab
initio calculations (Ikuta et al., 2022).

Fig. 9a also shows the range of seismologically-determined compressional wave velocities in Earth’s
core (from Fig. 7c) for comparison. The isothermal velocities of hep Fe from Ikuta et al. (2022) have
significantly steeper slopes than the core’s velocity structure (i.e., vp of hep Fe increases more quickly
with increasing density than in the core). This is partly due to the temperature gradient through the
core; calculating the vp—p curve for hep Fe along an adiabat with Ti;,,5 = 4000 K produces a shallower
slope (solid black line in Fig. 9a), more parallel to at least some of the seismological models of inner
core vp structure (e.g., Kennett and Engdahl, 1991). This slope can also be affected by the quality of
the vp data and the equation of state used, the extrapolation in P and T, and the influence of light
alloying elements (Section 4.2.3).

At inner core boundary conditions (along an adiabat with T,z = 4000 K), the vp of hep Fe from
Ikuta et al. (2022) is lower than that of the Earth’s inner core by ~0.4-0.6 km/s. This range is based on
variations in seismological models, and it does not include uncertainties in mineral physics measurements,
extrapolations, core temperature, or other sources of uncertainty, which can be considerable. The
difference between the vp of hep Fe and the inner core increases slightly with depth, reaching ~0.6-0.7
km /s at the center of the Earth. This difference may be partly due to experimental limitations on sound
velocity measurements at the pressures and temperatures of the inner core, but alloying elements also
have a significant effect (Section 4.2.3).

Comparisons to the vp of liquid iron are more relevant to the outer core, though vp measurements at
core conditions are even more challenging on liquids. In Fig. 9a, the P-wave velocity of liquid Fe along
a Teoyp = 4000 K adiabat is also shown (black dashed curve), based on the thermodynamic model of
Dorogokupets et al. (2017). Its vp—p slope is fairly similar to that of the outer core, with the vp of liquid
Fe being ~0.3-0.4 km/s lower at the CMB and ~0.4-0.5 km/s lower at the ICB.

Fig. 9b shows the vg of hep iron at high P-T, compared to seismologically-determined values for the
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Fig. 9: Compressional wave velocities (vp) and shear wave velocities (vg) of iron at high P-T, compared
to those of Earth’s core. Core velocity bounds (grey shaded regions) are based on those shown in Fig. 7c
(Dziewonski and Anderson, 1981; Kennett and Engdahl, 1991; Morelli and Dziewonski, 1993; Kennett
et al., 1995; Irving et al., 2018; Kemper et al., 2023), with the conversion from depth to density based
on PREM (Dziewonski and Anderson, 1981). Black curves represent the density of iron calculated along
an adiabat with Ty, = 4000 K using the equation of state parameters of Dewaele et al. (2006). a: vp
of pure iron at various temperatures, shown as a function of density (Birch’s Law diagram; Birch, 1961).
Solid colored curves are calculated along isotherms from the fit of Tkuta et al. (2022) for solid hep Fe,
based on experimental data from a variety of IXS studies (Antonangeli et al., 2012, 2018; Ohtani et al.,
2013; Sakamaki et al., 2016; Ikuta et al., 2022). Uncertainties in fitted vp are approximately +0.2 km /s
(Ikuta et al., 2022). Solid curves: Ikuta et al. (2022), hep Fe, IXS experiments. Long dashed curve:
Bouchet et al. (2022), hep Fe, ab initio calculations. Short dashed curve: Dorogokupets et al. (2017),
liquid Fe, thermodynamic model. b: vg of solid hep iron at various temperatures. 300 K fit (solid blue
curve) is from Liu et al. (2016), based on NRIXS data from Murphy et al. (2013) and Liu et al. (2016).
Colored and black dot-dashed curves are vg of hep Fe calculated along higher-temperature isotherms
and an adiabat, respectively, from the ab initio calculations of Bouchet et al. (2022).

Earth’s inner core. The fit to 300 K isothermal data (Liu et al., 2016) is based on NRIXS data from
Murphy et al. (2013) and Liu et al. (2016) (which report slightly lower velocities than Gleason et al.,
2013). Given the limited temperature range of vg measurements on hcp iron in the literature, the vg
curves along higher temperature isotherms and a T;;;5 = 4000 K adiabat were calculated using the ab
initio results of Bouchet et al. (2022). The temperature dependence reported by Bouchet et al. (2022)
is consistent with that measured experimentally by Lin et al. (2005) at lower P-T.

The vg of hep Fe at core densities, even at 6000 K, is significantly higher than the shear velocity of the
Earth’s inner core (Fig. 9b). As with vp, the vg—p slope of the inner core is more similar to that of hep
Fe when the velocity of Fe is calculated along an adiabat rather than an isotherm. For ICB conditions
of 329 GPa and 5350 K, and an adiabatic temperature profile in the inner core (using equation of state
parameters of Dewaele et al., 2006), the Earth’s inner core has a slower vg than pure iron by ~1.1-1.2
km/s at the ICB, increasing to ~1.2-1.3 km/s at the center of the Earth (364 GPa, 5550 K) (Fig.
9b).

While the presence of ~5 wt% Ni in the core alloy has only a small effect on the density of Fe (e.g.,
Morrison et al., 2018), it may have more significant effects on sound velocities. For example, 300 K
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NRIXS measurements indicate that alloying with ~9 wt% Ni decreases vg by ~6% (or equivalently,
~0.2-0.3 km/s) (Morrison et al., 2019) relative to pure Fe (e.g., Murphy et al., 2013; Liu et al., 2016)
(Fig. 10b). Ni also decreases the vp of iron; for example, Wakamatsu et al. (2018) found that alloying
with 5 wt% or 15 wt% Ni lowers vp by ~1% or ~3%, respectively, at 300 K based on femtosecond
pulsed laser pump—probe techniques (Fig. 10a). However, the ab initio calculations of Martorell et al.
(2013a) indicate that the effects of Ni on the vg and vp of hep iron may nearly disappear at the high
temperatures of the Earth’s core.
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Fig. 10: Compressional wave velocities (a, vp) and shear wave velocities (b, vg) of iron alloys at high
P and 300 K, compared to those of pure iron and the Earth’s core. Core velocity bounds (grey shaded
regions) are based on those shown in Fig. 7c¢ (Dziewonski and Anderson, 1981; Kennett and Engdahl,
1991; Morelli and Dziewonski, 1993; Kennett et al., 1995; Irving et al., 2018; Kemper et al., 2023), with
the conversion from depth to density based on PREM (Dziewonski and Anderson, 1981). Bold black
lines: Fe at 300 K (Bouchet et al., 2022; Ikuta et al., 2022). Thin black lines: Fe at 6000 K (Bouchet
et al., 2022; Ikuta et al., 2022). Bold colored lines are velocities of various Fe alloys at 300 K. Blue:
hep Fe-Ni alloys with 5 wt% Ni (vp; Wakamatsu et al., 2018) or 9 wt% Ni (vg; Morrison et al., 2019).
Purple: hep Fe-Si(—Ni) alloys with 6 wt% Si (vp; Sakairi et al., 2018) or 5 wt% Si and 10 wt% Ni (vg;
Morrison et al., 2019). Teal: Fe;_,O with = 0.08 (24 wt% O, vp; Tanaka et al., 2020) or 0.06 (23 wt%
O, vg; Wicks et al., 2017). Red: FesS (16 wt% S). vp is from Kamada et al. (2014), vg is from Lin et al.
(2004) with densities calculated from the equation of state of Thompson et al. (2020). Orange: Fe;C
(7 wt% C). vp is from Takahashi et al. (2019b), vg is from Chen et al. (2018). Lime green: FeH (~1.8
wt% H). vp is for the non-magnetic dhcp phase (Shibazaki et al., 2012), while vg is for the fcc phase
(Thompson et al., 2018). Many of the lines shown in this figure have been extrapolated significantly
beyond the coverage of experimental data.

4.2.3 Effects of light elements on the sound velocities of Fe

Fig. 10 shows the effects of candidate core light elements Si, O, S, C, and H on the vp and vg of iron
at 300 K. For each Fe-light element binary material, its vp—p and vg—p relationships are plotted as
straight lines (Birch’s Law plot; Birch, 1961). These lines are either fits reported by the original studies
or refit to their data, and most are extrapolated significantly. In general, IXS studies were favored for
vp measurements, and NRIXS studies were favored for vg measurements (e.g., Antonangeli and Ohtani,
2015). These measurements were all made on solids; they cannot be directly applied to the liquid
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outer core, while applying them to the solid inner core requires a very large extrapolation in density
(or pressure) as well as temperature. Many of these materials likely have different crystal structures at
the pressures, temperatures, and compositions of the Earth’s core. However, despite these limitations,
experimental high pressure sound velocity measurements on Fe-light element compounds (Fig. 10) may
provide important insights into the direction and relative magnitude of each light element’s effects.

Table 11 lists the 300 K linear vp—p and vg—p fits shown in Fig. 910 for pure iron and various Fe-light
element alloys. Many Fe-light element binary materials have not been studied using these techniques at
high temperatures (with a few exceptions; e.g., Sakairi et al., 2018; Takahashi et al., 2019b; Tanaka et al.,
2020). Due to a general dearth of high temperature sound velocity data, the temperature dependencies
of these materials’ velocities were sometimes approximated by previous studies as being the same as
that of pure Fe (e.g., Chen et al., 2018), or as following a linear velocity—p relationship independent of
temperature (e.g., Prescher et al., 2015), or as having various imposed linear temperature dependencies
(e.g., Thompson et al., 2018), while many studies restricted comparisons with pure iron to 300 K (e.g.,
Kamada et al., 2014; Morrison et al., 2019).

Table 11: Velocity—density systematics for iron and Fe-light element alloys at 300 K

Material and reference vp (km/s)' | Material and reference vg (km/s)'
Fe (Tkuta et al., 2022) 1.162p — 3.450 | Fe (Liu et al., 2016) 0.46p — 0.43
Fe-6Si (Sakairi et al., 2018) 1.030p — 1.45 | Fe-9Si (Morrison et al., 2019)*>  0.433p — 0.334
Feg900 (Tanaka et al., 2020) 1.55p — 2.03 | FeggsO (Wicks et al., 2017)? 0.355p + 0.389

Fe;S (Kamada et al., 2014) 1.14p — 2.58 | FeyS (Lin et al., 2004)>° 0.653p — 1.997
FeyC (Takahashi et al., 2019b)  1.16p — 2.51 | FeyC (Chen et al., 2018) 0.418p — 0.716
FeH (Shibazaki et al., 2012) 0.92p +0.71 | FeH (Thompson et al., 2018)°  0.649p — 1.371

"Velocity equations are for densities in units of g/ cm®; *Refit to the data of that study; *Pressure-density conversion

based on the equation of state of Thompson et al. (2020)

These sound velocity measurements can be used to constrain the core’s composition, because the correct
mixture of pure Fe plus Fe-light element alloys that matches the core’s composition should be able to
reproduce the density, vp, and vg of the core at every depth. Many previous studies have considered a
linear mixing model for Fe and one Fe-alloy by solving the following system of equations:

Pcore = tpalloy + (1 - t)ﬂFe (16>
Uallovae
Veore = (17)
(1 B t)valloy + tUp,

where e, Pre, and pyy 0, are the densities of the Earth’s core (constrained by seismology), pure Fe, and
an Fe-light element alloy, respectively, at the same conditions; vy, Upe, and vy, are the corresponding
sound velocities (either vp or vg); and t is the volume fraction of the alloy (Badro et al., 2007; Fiquet
et al., 2009; Shibazaki et al., 2012).

However, with disagreements between studies and methods, data spanning a limited pressure range,
limited data on liquids (cf. e.g., Nakajima et al., 2015), a poor understanding of the effects of high
temperatures, and uncertainties in the properties of pure Fe and the Earth’s core, this type of calculation
cannot place definitive constraints on core composition at this time. Future studies that address these
limitations may allow for greater insights into the composition of the core, especially through combining
sound velocity data with the other approaches discussed in this chapter.
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4.3 Liquidus phase relations

The density structure of the Earth’s core (Fig. 7a) shows an abrupt increase at the ICB. Seismological
studies of core density differ in the exact magnitude of this density jump, with most reporting values in
the range ~0.5-0.9 g/cm® (or equivalently, ~4-7%) (Fig. 7b). A portion of this density jump is due to
the fact that the inner core is a solid, while the outer core is a liquid, and solids are typically denser than
liquids of the same composition under the same conditions. However, this Ap,,cing is not sufficient to
explain the observed density increase. For example, comparing densities from several equations of state
of hep and liquid Fe obtained using a variety of methods (Dewaele et al., 2006; Bouchet et al., 2013;
Ichikawa et al., 2014; Komabayashi, 2014; Fei et al., 2016; Dorogokupets et al., 2017; Kuwayama et al.,
2020) implies that iron has a Ap,,ein, of only ~2.0-3.0% at ICB conditions (329 GPa, 5350 K; Table
8). Fig. 11 summarizes estimates of the Ap,,.p;n, of Fe from several previous studies (Laio et al., 2000;
Alfe et al., 2002¢; Vocadlo et al., 2003b; Komabayashi and Fei, 2010; Luo et al., 2011; Dorogokupets
et al., 2017), which indicate values of 1.1-2.3%. The Ap,,cin, of Fe is thought to not be significantly
affected by alloying with a geochemically-relevant quantity of nickel (e.g., Alfé et al., 2002a).
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Fig. 11: Previous results on the density change upon melting for pure Fe at the ICB pressure (329 GPa).
Most studies report Ap,,eing, as a percentage change (right axis); the estimated values for absolute
density change (in g/cm®, left axis) were calculated using a density of hep Fe of 13.47 g/cm® at 329
GPa and 5350 K (Dewaele et al., 2006). Some of the Ap,,tin, values shown here are based on ab initio
calculations (Laio et al., 2000; Alfé et al., 2002¢; Vocadlo et al., 2003b; Luo et al., 2011), while others are
based on thermodynamic modeling of experimental datasets (Komabayashi and Fei, 2010; Dorogokupets
et al., 2017).

The larger density jump at the Earth’s inner core boundary can be reconciled with the smaller Ap,,ciing
of Fe(-Ni) if the core’s light elements are present in higher abundances in the outer core than in the
inner core. This implies that as the core cools over time and the inner core crystallizes, the core’s light
elements are preferentially partitioning into the liquid outer core. They are released at the ICB, where
they rise buoyantly and drive compositional convection in the outer core, providing an important energy
source to help maintain the Earth’s dynamo (e.g., Gubbins et al., 1979; Nimmo, 2007).

Since the core likely contains multiple light elements, every one of these elements does not necessarily
have to strongly partition into liquid iron relative to solid iron. Rather, the exact combination of light
elements in the core must be behaving in such a way that inner core crystallization enriches the outer
core in at least some light elements, in abundances that can account for the ICB density contrast.

The behavior of a light element during core crystallization can be thought of in terms of partitioning
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(i.e., its abundance in solid iron compared to liquid iron when the solid and liquid are in equilibrium),
or equivalently, in terms of melting phase relations (Fig. 12). The most basic requirement of the core
alloy’s phase diagram is that the core composition must lie on the iron-rich side of the eutectic, so
that core cooling and crystallization will produce a more iron-rich, denser, solid inner core (the liquidus
phase) and a more iron-poor, less dense, liquid outer core. In detail, the width of the partial melting
region on the Fe-rich side of the eutectic (the distance between the solidus and liquidus curves) must
lead to solid and liquid compositions with the same amounts of light elements as the inner and outer
core, respectively, that can thus account for the observed ICB density contrast.
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Fig. 12: Schematic cartoon of a simple binary Fe-X phase diagram at constant pressure, conceptually
illustrating the constraints from seismology on the melting phase relations of the core alloy. Compositions
are shown between pure Fe and an endmember Fe-light element alloy (FeX). Gray lines are phase
boundaries, with stability fields labeled with black text. y indicates a small fraction; e.g., FeX, is iron
containing a small amount of light element X, while FeX;_, is FeX with a small amount of excess iron.
One constraint on the core alloy’s phase relations is illustrated in red: the bulk composition of the core
(red dashed line) must be on the Fe-rich side of the eutectic composition (dark red square) in order to
crystallize a solid inner core that is more iron-rich than the liquid outer core. The other constraint is
illustrated in blue: the solid and liquid (blue circles) must contain abundances of light element X that
can account for the density difference between the Earth’s inner and outer core. In reality the picture
is more complicated, since the core’s composition has more than two components and the core has a
complex thermal structure and history.

Several previous studies have examined which binary and ternary core compositions would crystallize an
Fe-rich liquidus phase, as opposed to a phase containing more light elements that cannot account for the
inner core’s density and seismic velocities. For example, it has been shown experimentally that an Fe—Si
(Ozawa et al., 2016), Fe-S (Mori et al., 2017), or Fe-C (Mashino et al., 2019) binary core composition
with a plausible light element abundance would not lie on the Fe-rich side of the eutectic, while an
Fe—O core would (Oka et al., 2019). Core compositions in the Fe-Si-S ternary would not crystallize an
Fe-rich inner core (Tateno et al., 2018), while compositions in the Fe-S-O ternary would (Yokoo et al.,
2019), as would an Fe-O-H composition with less than ~0.75 wt% H (Oka et al., 2022) or an Fe-O-C
composition with less than ~3 wt% C (Sakai et al., 2022).

The partitioning of a light element X between solid and liquid iron can be described by a partition
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coefficient Dx:
!
Xx
Xy

Dy (18)
where X3 and X)lgq are the mole fractions of element X in the solid and liquid, respectively. Dg; has
been determined to be ~1 at ICB conditions using ab initio methods(Alfé et al., 2002a), indicating that
an Fe-Si core would have identical Si abundances in the inner and outer core and could not account
for the observed ICB density contrast. Experimentally, Dg; was found to be even greater than one in
the Fe-Si binary system (Ozawa et al., 2016) and in the Fe-Si-C (Hasegawa et al., 2021) and Fe-Si-S
(Tateno et al., 2018; Sakai et al., 2023) ternary systems. Ab initio studies have reported Dg of 0.01-0.02
(Alfe et al., 2002a,b), while in experimental studies on the Fe-O binary (Ozawa et al., 2010; Oka et al.,
2019) and Fe-S—O ternary (Yokoo et al., 2019) systems, the oxygen content of the metal was too low to
measure analytically, indicating a Dy of ~0.

Dy is quite small at low P-T (e.g., Li et al., 2001), but it increases strongly with increasing pressure.
For example, in the Fe-S binary, Kamada et al. (2010) report a Dg of ~0.4 by 86 GPa, Mori et al.
(2017) found a value of ~0.7 at 254 GPa, and Alfé et al. (2000) calculated Dg = ~0.9 at the ICB. Sulfur
generally seems to exhibit lower D values in ternary systems; for example, Yokoo et al. (2019) estimate
a value of ~0.8 at the ICB in the Fe-S-O system. Sakai et al. (2023) similarly found that Dy decreases
with increasing Si content in the Fe-S—Si system, with studies reporting values of ~0.2-0.3 at ~130 GPa
(Tateno et al., 2018; Sakai et al., 2023), for example. Experimental studies of carbon partitioning have
found that C preferentially partitions into the liquid, with the data of Mashino et al. (2019) indicating
a D¢ of ~0.2 that is fairly independent of pressure over the pressure range of that study (23-255 GPa).
Hasegawa et al. (2021) report a slightly lower Dg of ~0-0.2 in the Fe-Si—C ternary, while Sakai et al.
(2022) found that D¢ decreases slightly with increasing oxygen content in the Fe-C—~O ternary. However,
an ab initio study on carbon found much stronger partitioning into the liquid, with a Dy on the order
of ~107° (Li et al., 2019).

A few studies have also looked at the solid—liquid partitioning of other candidate light elements in iron-
rich systems. For example, Oka et al. (2022) experimentally investigated the Fe-H binary and Fe-O-H
ternary systems, finding a Dy of ~0.8-0.9. Li et al. (2018) used ab initio methods to study the Fe-Mg
binary system, finding a Dy, of ~0.6 at the inner core boundary.

To summarize, Si partitions equally into the solid and liquid, or perhaps more strongly into the solid
(Alfe et al., 2002a; Tateno et al., 2018; Hasegawa et al., 2021; Sakai et al., 2023), while oxygen partitions
almost entirely into the liquid (Alfe et al., 2002a,b; Ozawa et al., 2010; Oka et al., 2019; Yokoo et al.,
2019). Sulfur has a very weak preference for the liquid phase at ICB conditions (Alfé et al., 2000; Mori
et al., 2017; Yokoo et al., 2019), though its preference for the liquid may be higher in the presence of Si
(Tateno et al., 2018; Sakai et al., 2023). Carbon partitions fairly strongly into the liquid (Li et al., 2019;
Mashino et al., 2019; Hasegawa et al., 2021; Sakai et al., 2022), while limited results on H (Oka et al.,
2022) and Mg (Li et al., 2018) suggest that they exhibit slight and moderate preferences, respectively,
for partitioning into the liquid. Taken together, silicon in the core does not help explain the ICB density
jump (and may have the opposite effect, though this does not preclude its presence in the core); S and
H in the core would help make the outer core less dense, but not to an extent that could fully account
for the seismic observations; and an O- or C-rich core may lead to an outer core that is not dense
enough. Therefore, the core must contain at least some (O, C) + some (Si, S, H) to result in more light
clements in the outer core (and a lower density than expected from iron’s Ap,,in,) compared to the
inner core.

Most studies of liquidus phase relations compare their partitioning results to understanding the core’s
density structure. But any proposed core composition must also match the core’s velocity structure,
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including the jump in vp at the inner core boundary (Fig. 7c), which provides another constraint that
can be used to narrow down the solution space (e.g., Badro et al., 2014). A more detailed understanding
of vp of solids and liquids at the ICB and how they change with composition will allow this approach
to be increasingly utilized in future studies.

4.4 Other mineral physics constraints on core composition

In addition to comparisons to the core’s density (Section 4.1), sound velocities (Section 4.2), and liquidus
phase relations (Section 4.3), mineral physics data can be used to constrain the core’s composition
using a number of other approaches. Here we briefly describe how mineral physics results can be
compared to seismological (or other) measurements of core properties to gain insights into Earth’s core
composition.

The Earth’s inner core is seismically anisotropic, with seismic waves traveling faster parallel to the
rotation axis and slower in the equatorial plane (e.g., Morelli et al., 1986). There are also more complex
patterns in the anisotropy, including hemispherical variations (e.g., Tanaka and Hamaguchi, 1997) and
an innermost inner core (Ishii and Dziewonski, 2002) and other variations with depth. For reviews of
this topic, see Deguen (2012) or Deuss (2014), for example. The anisotropy is thought to be due to
convective flow in the inner core. This flow causes crystallographic preferred orientation of the inner
core’s hep Fe alloy crystals, which are elastically anisotropic (e.g., Jeanloz and Wenk, 1988). The inner
core alloy must therefore deform in such a way that it can account for the observed seismic anisotropy.
A number of experimental and ab initio studies have shown that the strength and deformation behavior
of pure Fe make it a plausible candidate (e.g., Stixrude and Cohen, 1995; Wenk et al., 2000; Antonangeli
et al., 2006; Miyagi et al., 2008; Li and Scandolo, 2022), while other studies have investigated the effects
of Ni and/or Si, which were generally found to have minor effects on deformation but to increase the
strength of iron (Reagan et al., 2018; Brennan et al., 2021; Vasin et al., 2023). Reproducing the inner
core’s seismic anisotropy depends on a number of other material properties, including the ¢/a ratio of
the hep crystal (e.g., Stixrude and Cohen, 1995; Fischer and Campbell, 2015).

A related physical property is the viscosity of the inner core, which has been determined using a variety of
methods to be low — significantly lower than the viscosity of the mantle (e.g., Dumberry and Bloxham,
2002; Koot and Dumberry, 2011; Davies et al., 2014). Several studies have investigated the viscosity
of hep Fe at high pressures using both ab initio and experimental approaches (e.g., Van Orman, 2004;
Ritterbex and Tsuchiya, 2020; Li and Scandolo, 2022; Nishihara et al., 2023), but their reported values
at inner core conditions span several orders of magnitude.

The material properties of the particular alloy that comprises the core must also be consistent with all
other seismically-observable properties of the Earth’s core, such as structures and heterogeneities within
both the outer and inner core (e.g., Waszek et al., 2023), seismic attenuation in the inner core (e.g.,
Tkal¢i¢ and Pham, 2018), and the inner core’s high Poisson’s ratio (e.g., Dziewonski and Anderson,
1981; Kennett et al., 1995), which is a measure of the vp/vg ratio. While pure iron has a Poisson’s ratio
that is too low to match the inner core (e.g., Fig. 9), it can be increased by the addition of C (Prescher
et al., 2015), H (Wang et al., 2021a), or Ni+Si (Liu et al., 2016), for example.

Paleomagnetic measurements can place constraints on the age of the Earth’s magnetic field (e.g., Tarduno
et al., 2010; Brenner et al., 2022). There are several mechanisms to generate a dynamo; tidal forces
could have driven the dynamo in the early Earth, while outer core convection driven by thermal and
compositional gradients is the most effective mechanism in the Earth today (e.g., Landeau et al., 2022).
The feasibility of this mechanism depends strongly on the properties of the core alloy, such as its liquidus
phase relations (Section 4.3), its melting curve (e.g., Fischer, 2016), and its thermal conductivity. The
thermal conductivity of Fe at core conditions is controversial (e.g., de Koker et al., 2012; Gomi et al.,
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2013; Pozzo et al., 2014; Konopkova et al., 2016; Ohta et al., 2016), and it can be significantly affected
by its light element composition (e.g., de Koker et al., 2012; Gomi et al., 2013; Pozzo et al., 2013; Zhang
et al., 2021).

4.5 Limitations and future work

To improve our understanding of Earth’s core composition using mineral physics constraints, we need
to better characterize the physical and chemical state of liquid Fe-Ni-X alloys (where X is one or more
light elements) at core conditions. Most experimental results are measured on solid Fe-Ni-X alloys,
not liquids, due to technical limitations. This is true of measurements of a wide variety of properties
(e.g., density, sound velocities, composition, thermal conductivity, electrical conductivity, etc.), and it is
commonly not straightforward to extrapolate these properties of solid alloys to those of the same alloy
in a liquid state.

Furthermore, many properties of these alloys have not yet been measured at core conditions, only at
lower pressures and temperatures. While measurements on solid Fe-Ni—X alloys are directly applicable
to the inner core, they typically require very large extrapolations in P and/or 7" to make comparisons
at inner core conditions. This is more of a limitation for sound velocity measurements (Sections 4.2.2—
4.2.3) than for density measurements (Sections 4.1.3-4.1.5). It is relatively routine to measure densities
at high pressures with in situ laser heating (e.g., Prakapenka et al., 2008), while there are more obstacles
to measuring sound velocities at high temperatures. Several recent studies have measured velocities at
high P-T (e.g., Sakairi et al., 2018; Takahashi et al., 2019b; Tanaka et al., 2020), though at pressures
and temperatures significantly lower than those in the core, paving the way for future studies to push
the conditions of those measurements. While large extrapolations of any kind should ideally be avoided,
they are particularly problematic for compositions that undergo a phase transition at high P-T, because
measurements on those alloys at lower P-T may be on a phase that is not stable at core conditions.

Solubility and partitioning studies would benefit from more in situ measurement capabilities, which
may allow for avoiding the chemical and physical effects of quenching and decompression. In particular,
hydrogen in Fe-rich alloys is known to diffuse out of the sample upon decompression, so that the H
content of an alloy can only be estimated using in situ XRD to detect its effect of the lattice parameter
of Fe (e.g., Thompson et al., 2018; Oka et al., 2022; Tagawa et al., 2022), a method that bears considerable
uncertainties.

High pressure-temperature mineral physics experiments bear large uncertainties in P and especially T'
measurements. There is better agreement over pressure scales at conditions of the upper and lower
mantle (Shen et al., 2020). However, there are larger discrepancies and more debate over pressure scales
at core conditions and beyond (e.g., Ikuta et al., 2023), which has been the subject of a number of recent
meetings and workshops; AIRAPT (International Association for the Advancement of High Pressure
Science and Technology) is one organization that is advancing these efforts. Accurate temperature
measurements in the LH-DAC require a careful optical design to minimize aberrations, along with
benchmarking and regular calibrations. Even with these precautions, T" uncertainties are typically ~5—
10%, due at least in part to axial and radial temperature gradients and instabilities in laser heating, all
of which are difficult to avoid with current techniques.

5 The formation of Earth’s core
The Earth’s metallic core is generally thought to have segregated from its silicate mantle throughout

the planet’s formation roughly 4.5 billion years ago. The Earth grew through the accretion of many
smaller objects, and the energy from these impacts would have caused large-scale melting on the planet’s
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surface, generating a local or global magma ocean(s). The molten metal in these impactors reacted with
this molten silicate at high pressures and temperatures in a series of metal-silicate partitioning reactions
before sinking down to join the growing core (e.g., Righter, 2003; Rubie and Jacobson, 2016) (Fig. 13). It
is critical to understand this core formation process due to its role in establishing the compositions of the
core and mantle, as well as setting the initial conditions for many deep Earth processes. In particular,
it offers a different approach to understanding core composition that is independent of light element
constraints from cosmochemistry (Section 3) and the core’s physical properties (Section 4).

5.1 Physics of accretion and core formation
5.1.1 Earth’s mass evolution

Because Earth’s core formation occurred simultaneously with the planet’s accretion, understanding core
formation requires an understanding of the mass, timing, and source regions of material accreted by
the Earth (Fig. 13b). Insights into the accretion process come primarily from N-body simulations,
which model the orbital evolution of the inner Solar System (plus Jupiter and Saturn) during terrestrial
planetary formation (e.g., Walsh et al., 2011; Fischer and Ciesla, 2014; Johansen et al., 2021; Woo et al.,
2022). The outputs from such simulations have been used in several studies on Earth’s core formation
(e.g., Rubie et al., 2015a; Gu et al., 2023, 2024), providing constraints on the accretion process and a
sense of the large stochastic variations that are possible (Fischer et al., 2017). N-body simulations can
also be combined with cosmochemical data (Section 3) to provide greater insight into the compositions
of the Earth’s building blocks and how they may have evolved with time during the Earth’s growth
(e.g., Fischer et al., 2018; Carter and Stewart, 2022).

Some studies instead use a multi-stage model where mass is added to the Earth over time in a large
number of steps (e.g., Wade and Wood, 2005; Badro et al., 2015), as in N-body simulations but following
a prescribed growth history. This results in evolving core formation conditions as the planet grows, in
contrast to earlier studies that modeled core formation as occurring at a single P-T (e.g., Li and Agee,
1996; Corgne et al., 2009; Righter, 2011), which may be thought of as some effective average of the
varying core formation conditions that the Earth experienced.

5.1.2 Extent of melting

Knowledge of the physical mechanisms of core formation can come from a variety of numerical and
experimental approaches. For example, the depth (P-T') of metal-silicate equilibration is often thought
to depend on the volume of impact-generated melt as well as melt geometry (e.g., a shallower global
magma ocean versus a deeper local magma pond). The fraction of the mantle that equilibrates with the
impactor’s metal (k,,qnue) should also depend in part on the extent of mantle melting (Fig. 13c), since
equilibration with solid silicates is prohibitively slow.

Estimates of the amount of melting caused by an impact can come from melt-scaling laws, based on
analytical approaches and /or smoothed particle hydrodynamic (SPH) simulations (Abramov et al., 2012;
Nakajima et al., 2021). These laws indicate that larger volumes of melt are produced by more head-on
impact angles, higher initial mantle temperatures, more massive impactors, and higher velocities, with
more localized melting produced by grazing impact angles. These melt-scaling laws are beginning to
be coupled with outputs from N-body simulations to better understand the conditions of Earth’s core
formation (de Vries et al., 2016; Gu et al., 2023).
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Fig. 13: An overview of Earth’s core formation (a) with several examples of how physical processes are
manifested in core formation models (side panels b—e). a: The Earth grew through a series of ener-
getic impacts, contributing to the generation of a magma ocean (MO) on the surface. The impactors’
metal sank through this magma ocean and pooled atop a rheologically-solid lower mantle at its base.
Eventually this metal descended through the lower mantle via fracturing, diapirism, and/or percolation,
forming the core and establishing its initial composition (Section 5.1). b: Examples of different impactor
compositions. CC-like bodies are more oxidized and volatile-rich (left; photo of Allende, a CV carbona-
ceous chondrite), while NC-like bodies are more reduced and volatile-poor (right; photo of NWAS869, an
ordinary chondrite) (Section 3.1). Scale bars are ~0.5 cm. c: Effects of different extents and geometries
of melting. A shallow magma ocean (left) would have exhibited a lower degree of silicate equilibration
(Kmantie) and a lower pressure and temperature of metal-silicate equilibration (P,,,; and T,,,;) than a
deeper magma ocean (middle). A deep but localized magma pond (right) may have had a similarly low
Epmantie but with higher P,,,; and T, ;. d: An undifferentiated impactor or one whose core emulsified as
it sank through the magma ocean (left) would have exhibited near-complete metal equilibration (high
Eeore), while a large impactor core that remained mostly intact (right) would have had a lower k.. e:
If the metal equilibrated with the magma ocean while it was sinking (left), it would have recorded a
relatively lower P,,,; and T,,,;, but if this signature was overprinted while the metal was ponded at the
base of the magma ocean (right), it may have a signature of higher P,,,; and T,
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5.1.3 Fluid dynamics of sinking impactor cores

The fraction of impactor metal that equilibrated (k,,,.) and the depth of equilibration were also affected
by how the metal descended through the magma ocean, and how the timescales of these processes
compared to diffusion timescales for chemical equilibration. An undifferentiated impactor would likely
have exhibited k. =~ 1 due to the small size of metal particles, while a differentiated impactor would
have k... < 1. The exact value should be dependant on the degree of impactor core fragmentation and
turbulent mixing, which may be functions of impact velocity, impact angle, impactor and target masses,
and other variables.

A giant impact (such as the Moon-forming impact) may have resulted in an impactor core that did
not have time to fully emulsify as it sank; in this case, the mostly-intact core would have reached the
base of the magma ocean within only a few hours (Canup, 2004; Deguen et al., 2014), resulting in a
low k., (e.g., Dahl and Stevenson, 2010) (Fig. 13d). Fluid dynamics experiments on analogue liquids
show efficient turbulent entrainment once the impactor core sinks through the magma ocean a distance
of 3—4 times its diameter, with shorter lengthscales and timescales of sinking required for equilibration
for smaller impactors and faster sinking velocities (Fig. 14a) (Deguen et al., 2014).

Importantly, higher impact velocities result in increased metal-silicate mixing, with laboratory experi-
ments indicating that at realistic velocities, k.. & 1 during Earth’s core formation for impactor diame-
ters of <100 km (Landeau et al., 2021). Kendall and Melosh (2016) similarly argued based on hydrocode
simulations that the cores of differentiated impactors would have been significantly stretched and dis-
persed as they plunged through the magma ocean, especially in oblique impacts, possibly resulting in
very high k.. even for large impactors.

If a sinking impactor core broke up into droplets, this may have been a rapid process producing droplet
diameters of ~1-20 cm, likely small enough to equilibrate with the magma ocean while descending (e.g.,
Rubie et al., 2003; Samuel, 2012; Deguen et al., 2014) with a terminal velocity of ~0.5-2 m/s (Rubie
et al., 2003; Ziethe, 2009). These metal droplets would have equilibrated continuously as they sank, so
that their compositions were overprinted by equilibration within a small region just above/at the base
of the magma ocean (Rubie et al., 2003). However, Rubie et al. (2003) argued that if the magma ocean
did not convect vigorously, the equilibration depth signature recorded by the BSE’s composition could
represent an effective average pressure of polybaric equilibration between the magma ocean and falling
metal droplets, which some convection models indicate may be plausible (Hoéink et al., 2006).

These types of fluid dynamical studies could also be used to constrain k,,,,;.. For example, Landeau
et al. (2021) showed that more silicate (relative to the size of the impactor) mixes with the metal as it
sinks through the magma ocean for smaller impactors and faster impact velocities (Fig. 14b).

5.1.4 Descent through a solid lower mantle

Whether or not the Earth today preserves a signature of metal-silicate equilibration while the metal
was falling or entrained in the magma ocean depends on whether the metal remained ponded at its
base, atop a rheologically solid (<40% melt; Solomatov, 2000) lower mantle, long enough to equilibrate
with the overlying magma ocean before that magma ocean solidified (Fig. 13e). The mechanism(s)
by which the molten metal moved through the solid silicate are somewhat controversial, with the three
main hypotheses being fracturing/dyking, diapirism, and /or percolation (e.g., Karato and Murthy, 1997;
Rubie et al., 2015b) (Fig. 13a).

Fracturing, or dyking, is the descent of the metal through brittle cracks in the silicate. Diapirism, or
the sinking of the metal in one or a few large blobs through the solid silicate, may be a more plausible
mechanism than fracturing, depending on silicate rheology. Percolation involves migration of liquid
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Fig. 14: Constraints on core formation from fluid dynamics experiments. a: Lengthscale (dotted lines)
or timescale (solid lines) that an entrained mixture of metal and silicate has to sink through a magma
ocean for the metal to equilibrate, as a function of the diameter of the metal+silicate mixture and the
sinking velocity. After Deguen et al. (2014). b: The total mass of silicate that mixes with the sinking
metal following an impact into a magma ocean (expressed as the ratio of this mixed silicate mass to the
impactor’s core mass). This quantity of mixed silicate is a function of the target:impactor radius ratio
and the impact velocity, which is shown here as a multiple of the escape velocity v,sqp.. After Landeau
et al. (2021).

metal along the grain boundaries of solid silicate and is generally thought to require a dihedral angle of
< 60° or a high melt fraction to produce an interconnected melt network. Many experimental studies
on the dihedral angles of lower mantle minerals have reported values of >60° (e.g., Shannon and Agee,
1998; Terasaki et al., 2007), though they decrease at higher P-T (Takafuji et al., 2004; Shi et al., 2013)
and with increasing S and O in the metal (Terasaki et al., 2005, 2007), and it may be possible to form
interconnected melts even with high dihedral angles and low melt fractions if the stress is sufficiently
high (Walte et al., 2011; Wang and Fei, 2023).

Regardless of mechanism, the metal was likely ponded on the solid silicate interface for timescales of
~10%-10* kyr before descending (Golabek et al., 2008, 2009; Lin et al., 2009; cf. Fleck et al., 2018).
These timescales are longer than the timescale required for metal-silicate equilibration, which Rubie
et al. (2003) estimates as ~10'-10* kyr, for example, suggesting that equilibration at the base of the
magma ocean may have overprinted any signature of equilibration from when the metal was sinking
through the magma ocean.

However, that would also require the magma ocean crystallization timescale to be longer than the equi-
libration timescale. The timescale for a magma ocean to crystallize is highly uncertain, with estimates
ranging from ~1072-10° kyr in the absence of an insulating atmosphere (Solomatov, 2000; Rubie et al.,
2003) to ~10%-10® kyr with an H,O-rich atmosphere (Elkins-Tanton, 2008; Hamano et al., 2013; Niko-
laou et al., 2019); the presence of a solid conductive lid would similar delay magma ocean solidification,
though the formation of a long-lived conductive lid on Earth’s magma ocean may have been unlikely
(Elkins-Tanton, 2012). Therefore, the presence of an insulating atmosphere and/or conductive lid likely
determined the extent to which the magma ocean equilibrated with the metal, and whether a large
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impactor core had time to equilibrate at the base of the magma ocean, while any metal droplets would
have likely equilibrated rapidly enough to only record the depth signature from near the base of the
magma ocean regardless (Rubie et al., 2003).

5.2 Metal-silicate partitioning
5.2.1 Experimental techniques for metal-silicate partitioning

Another key prerequisite for assessing the effects of core formation on planetary composition is an
understanding of the metal-silicate partitioning behaviors of major, minor, and trace elements during
core—mantle reactions, and how these behaviors change with evolving pressure, temperature, composition
(X), and oxygen fugacity (fO,) conditions in a growing planet. These behaviors are typically studied via
experiments in which mixtures of silicate (mantle analogue) and Fe-rich metal (core analogue), doped
with element(s) of interest, are melted under high pressure, allowed to chemically react, then quenched
and recovered to atmospheric conditions for chemical analysis.

There is a substantial amount of metal-silicate partitioning data in the literature derived from ex-
periments in a large volume press (LVP; e.g., multi-anvil press or piston—cylinder apparatus). These
methods allow for more control over experimental conditions and application of a wider variety of ana-
lytical techniques, providing greater insights into the effects of fO, and composition, for example, but
they are limited in the P-T conditions they can reach (generally a maximum of ~25 GPa).

To measure metal-silicate partitioning at the highest pressures and temperatures of Earth’s core for-
mation (up to ~80-110 GPa; e.g., Rubie et al., 2015a; Fischer et al., 2017; Gu et al., 2023) requires
experiments in a laser-heated diamond anvil cell. LH-DAC experiments can achieve these higher P-T
conditions at the expense of larger uncertainties, little to no control over redox conditions, difficulty per-
forming experiments at lower P-T' conditions (such as those achievable in an LVP), and limited choices
in sample recovery and analysis techniques, due primarily to the much smaller sample size required to
achieve these pressures. An example of an LH-DAC run product is shown in the inset of Fig. 15.

Both LVP and LH-DAC data tend to exhibit strong covariances in pressure and temperature, with higher
pressure data typically being obtained at higher temperatures too. This is primarily due to experimental
limitations and /or temperature instability when heating far above the silicate liquidus. This correlation
between P and T within a dataset can sometimes make it particularly difficult to disentangle the
effects of these variables on partitioning. Elements whose metal-silicate partitioning behaviors are best
understood are those with a large body of experimental data obtained using complementary LVP and
LH-DAC techniques.

5.2.2 Elements with well-studied partitioning behaviors

Elements whose partitioning behaviors have been the best studied so far can be broadly categorized
as refractory trace elements, candidate core light elements, and other groups of elements. The most
useful refractory trace elements for studying core formation are those whose BSE abundances are
well-constrained; that are relatively unaffected by volatile delivery/loss processes, so that their core
abundances are also well-constrained by cosmochemical arguments (Section 3); and that exhibit some
significant changes in metal-silicate partitioning behaviors with changing P-T-X-fO, (e.g., most of the
moderately siderophile elements). These combined properties allow these elements’ observed BSE abun-
dances to act as signatures of Earth’s core formation conditions, and some insight into these conditions
can be obtained by considering combinations of multiple refractory trace elements. Some of the most
well-studied elements in this category include, for example, Ni, Co, V, W, and Mo (e.g., Thibault and
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Walter, 1995; Righter et al., 2010; Bouhifd and Jephcoat, 2011; Siebert et al., 2013; Fischer et al., 2015;
Huang et al., 2021).

With this improved understanding of the conditions of core formation, partitioning data on candidate
core light elements (Si, O, S, C, H) can be used to forward-model their most likely abundances in the
core (Section 5.4). These elements are generally also well-studied (e.g., Tsuno et al., 2013; Fischer et al.,
2015, 2020; Suer et al., 2017; Clesi et al., 2018; Grewal et al., 2019b; Tagawa et al., 2021; Blanchard et al.,
2022), with less work on H at LH-DAC conditions due to experimental and analytical limitations.

The metal-silicate partitioning behaviors of many other groups of elements have also been studied to
learn about various processes, such as moderately and highly volatile elements, which may provide
insight into volatile delivery (Fig. 13b) and loss (e.g., Mahan et al., 2018b; Siebert et al., 2018; Vogel
et al., 2018; Bouhifd et al., 2020; Jackson et al., 2021); elements that are part of isotopic decay systems
and may thus act as heat sources or be used to constrain the timing of core formation and other early
Earth processes (e.g., Jackson et al., 2018; Jennings et al., 2021; Chidester et al., 2022); and highly
siderophile elements, whose BSE abundances are thought to be very sensitive to late accretion (e.g.,
Mann et al., 2012; Suer et al., 2021).

5.2.3 Quantitative description of metal-silicate partitioning

The metal-silicate partitioning of an element M with non-zero valence n in the silicate melt results in
the oxidation of iron via an exchange reaction:

MO, ., + gFe o M+ gFeO (19)
The behavior of element M may be described by a metal-silicate partition coefficient Dy;:
Xl\r/r[Let
Dy = 23 (20)
MO,, /5
where X7 is the mole fraction of M in the metallic melt and Xf/fl()n 1o 18 the mole fraction of its oxide in

the silicate melt. Sometimes D is expressed in terms of wt% instead of mole fractions, and sometimes
the denominator is written as the abundance of the element M instead of its oxide, especially if its
valence n is zero or unknown or if it can have multiple values (e.g., Dy = Cu® /Cait, where Cy and
Cil are the concentrations in wt% of M in the metal and silicate, respectively).

Alternatively, the partitioning behavior of element M may be described by an exchange coefficient
KM
D
KM _ M 21
D DFen/2 ( )

which has the advantage of normalizing out the effects of oxygen fugacity if the valence n is known.
This is because the oxygen fugacity in log units relative to the iron—wiistite buffer (AIW) is related to
the partition coefficient of iron (Dg,):

sil

AIW ~ 2log ;Feo — —2log Dy, (22)

met
Fe

under the approximation of ideality.

Either Dy (equation 20) or Ky (equation 21) may be parameterized as a function of many experimental
variables, depending on the element’s sensitivity to each variable, such as:

b - P
DMorK%[:a—i-T%—CT

(23)
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with possible additional terms for the light element composition of the metallic melt (e.g., d - log(1 —
X&) for sulfur), the structure/composition of the silicate melt (e.g., d-NBO/T, where NBO/T is the
number of non-bridging oxygen atoms per tetrahedrally-coordinated cation, a measure of the degree of
polymerization of the silicate melt), and/or oxygen fugacity (e.g., d - AIW, only used with Dy;).

For example, the metal-silicate partitioning behavior of carbon has been described as:

Cmet
logg D = logy, (%)
Cc
3000(1100 240(60) - P
= 1.5(7) + (T ) _ (T) +9.6(14) - log;o(1 — X&)

—20(9) - log o(1 — X&) — 0.12(4) - NBO/T — 0.24(9) - AIW

(24)

with 7" in kelvin, P in GPa, and fO, in log;, units relative to IW (Fischer et al., 2020; cf. Blanchard
et al., 2022). Equation 24 indicates that carbon becomes less siderophile (lower D) with increasing P,
X{ NBO/T, or fO,, or with decreasing X3". Below ~15 GPa, carbon becomes less siderophile with
increasing T', but this trend reverses at higher pressures. Equation 24 is shown compared to experimental
data on carbon metal-silicate partitioning in Fig. 15.

5.3 Conditions and timing of core formation from geochemical modeling

Core formation is an extremely complex process that inherently must be greatly simplified in numerical
models. These models are typically based on a small number of parameters that approximate the
physical conditions of core formation, describing the depth (P and T') and redox conditions of metal—
silicate equilibration, extent of metal and silicate equilibration, and sometimes other factors such as the
bulk compositions of Earth’s building blocks (especially when considering volatile elements) and the
timing of accretion and differentiation (especially when considering isotopic decay) (Fig. 13).

5.3.1 Observational constraints on core formation

These model parameters describing the conditions of core formation are constrained by requiring the
models to reproduce various aspects of modern-day geochemistry, including the observed BSE com-
position in terms of major, minor, and trace elements (Table 4) and bulk planetary fO, (defined as

mantle
AIW = 2log X;%ge , similar to equation 22 for an individual reaction). Geophysical properties, such
as Earth’s core mass fraction (Table 1) (e.g., Rubie et al., 2015a; Fischer et al., 2017; Chidester et al.,
2022) and core density and sound velocities (Section 1) (e.g., Badro et al., 2015), are sometimes also

used as constraints.

Additional insight can come from the BSE’s isotopic composition, such as in the Hf~W system. Hf is
lithophile and W is moderately siderophile, so they are efficiently separated by core formation, and "**Hf
decays into **W with a half-life of 8.9 Myr, making this system an excellent probe of the core formation
process. The Hf/W ratio (of a sample, reservoir, or body, for example) can be described in terms of
mole fractions of stable isotopes compared to those in chondrites:

XlSOHf X184W
fo/VV _ ( / )sample 1 (25>
(X180Hf/X184W)

chondrites
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Fig. 15: Metal-silicate partitioning behavior of carbon as a function of pressure and temperature. Filled
symbols indicate literature data that were used to parameterize the partitioning of C (equation 24), with
filled circles showing LVP data (Dasgupta et al., 2013; Chi et al., 2014; Stanley et al., 2014; Armstrong
et al., 2015; Li et al., 2015, 2016; Grewal et al., 2019b; Malavergne et al., 2019) and filled triangles
showing LH-DAC data (Fischer et al., 2020). Open symbols are data not used in the fit; the open
diamond is an ab initio calculation (Zhang and Yin, 2012), and the open triangles are LH-DAC data
(Blanchard et al., 2022). To better show the effects of pressure and temperature on C partitioning, the
data plotted here have been corrected using the fitted coefficients in equation 24 to eliminate variations
caused by other variables; values of D in this figure have all been corrected to arbitrary values of
Xo = Xg = 0, NBO/T = 2.6, and fO, = IW-2.2 to make it easier to visually compare the data.
Dashed lines show the fit (equation 24) for these values of X, Xg, NBO/T, and fO,, calculated at
pressures of 0, 15, 30, 45, 60, and 75 GPa. Inset: secondary electron image of an LH-DAC experiment
recovered from 59(10) GPa and 4200(400) K (Fischer et al., 2020).
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equal to approximately 17(4) for the BSE (e.g., Kleine and Walker, 2017). A sample’s W isotopic
composition can be expressed as a ***W anomaly, defined using epsilon notation:

182W )y 184W
( 182VV/ 15;z1\2\2mmpl6 —1{ x 10" (26)
(XX ) pse

€182w —

which is = 0 for the BSE (e.g., Yin et al., 2002). While the Hf~W isotopic system is often thought of
as a chronometer, it is sensitive to both the timing and conditions of core formation (e.g., Nimmo and
Agnor, 2006). The application of these equations to understanding the timing of Earth’s core formation
is discussed in Section 5.3.8.

5.3.2 Equilibration pressure

In multi-stage core formation models, the metal-silicate equilibration pressure following an impact
(P.gui) is commonly approximated as being a fixed fraction (fp) of Earth’s core-mantle boundary
pressure (or depth) at that time (Pgj,p), such that the equilibration pressure increases monotonically
as the Earth grows:

Pequil = fP ' PCMB (27>
(Rubie et al., 2011). This approach is able to reproduce Earth’s mantle composition for fp ~ 0.4 —0.75,
or equivalently, a maximum P,,; of ~45—100 GPa at the end of Earth’s growth (e.g., Wade and Wood,
2005; Rubie et al., 2011, 2015a; Badro et al., 2015; Fischer et al., 2017; Fischer and Nimmo, 2018; Olson
et al., 2022) (Fig. 16).

When equilibration depth is instead determined from a melt-scaling law coupled with N-body simula-
tions (Section 5.1.2), it does tend to increase linearly throughout most of Earth’s growth (with large
stochastic variations due to accretion history), but that equilibration depth often remains fairly constant
at its maximum value for the last ~30-40% of the core formation process (Gu et al., 2023) (Fig. 16).
However, the exact depth of mantle melting depends on the assumed initial masses of Earth’s impactors
in the N-body simulations, which are poorly known. Future modeling studies of core formation may be
able to utilize parameterizations of results like these to capture a more realistic P-T evolution without
incorporating full melt-scaling calculations (e.g., Gu et al., 2024).

5.3.3 Equilibration temperature

The temperature of metal-silicate equilibration (7%,,;) should be at or near the mantle liquidus temper-
ature at each pressure, though there is some disagreement over the liquidus at lower mantle pressures
(e.g., Fiquet et al., 2010; Andrault et al., 2011). Equilibration of the magma ocean with ponded metal
at its base, or with rapidly equilibrating metal droplets that record a depth signature near its base (Sec-
tion 5.1), should have occurred very close to the silicate liquidus. However, equilibration with falling
metal droplets at shallower depths could have been farther from the liquidus (Rubie et al., 2011). Sev-
eral studies have placed constraints on T,,,;, often parameterizing it as a fixed temperature difference
(AT, ,i1—1ig) from the liquidus temperature (7},,) at each P,,,; step:

Tequil = T}iq(Pequil) + AT‘equil—liq (28>

(Rubie et al., 2011). Estimates of allowed values of AT,,,;j;, range from approximately —400 to +750
K relative to the liquidus of Andrault et al. (2011) (e.g., Badro et al., 2015; Rubie et al., 2015a; Fischer
et al., 2017; Mahan et al., 2018b; Olson et al., 2022) (Fig. 16).
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Fig. 16 (previous page): Three examples of evolving core formation conditions and chemistry during
Earth’s accretion, maximizing core silicon (left column), oxygen (middle column), or sulfur (right col-
umn) contents. Solid, dashed, and dotted lines are three different Earth analogue planets from the
N-body simulations of Fischer and Ciesla (2014), each with a final mass of ~1 Earth mass and final
semimajor axis of ~1 AU but with different provenance and temporal evolution. Arrows indicate ac-
tual Earth values (e.g., Table 4). Top row: P-T conditions of metal-silicate equilibration, compared
to average equilibration pressures of 12 Earth analogues determined using a melt-scaling law (thicker
transparent grey curve, from Gu et al., 2023). Second row: bulk Earth oxygen fugacity relative to the

iron-wiistite buffer (calculated as 2log Xf:‘ééile). Third row: trace element oxides in the mantle. Fourth
row: light element composition of the corei with the ranges of final core compositions produced in the
three Earth analogues. Bottom: model parameters used (see text for details). AT, is the difference
between the equilibration temperature (7,,,;) and the silicate liquidus of Andrault et al. (2011) (equa-
tion 28). C and S contents refer to their abundances in the bulk Earth. Calculations were performed
using a modified version of the model of Fischer et al. (2017), with partitioning parameterizations (e.g.,

equation 24) from Fischer et al. (2015, 2020) and Suer et al. (2017). See text for more details.

5.3.4 Redox conditions

Because metal-silicate partitioning frequently involves a change in valence state, the partitioning be-
haviors of many elements are very sensitive to redox conditions. Some studies have modeled Earth’s
core formation as occurring at a fixed fO,, typically the modern bulk Earth value of ~IW-2.3 (e.g.,
Siebert et al., 2012; Mahan et al., 2018b; Suer et al., 2021). However, the redox conditions of core
formation most likely changed over the course of the Earth’s growth, increasing due to the accretion of
more oxidized materials from the outer Solar System at later times (e.g., Wetherill, 1990; O'Brien et al.,
2014) and due to metal-silicate partitioning itself (equation 19), particularly the reduction of silicon
from SiO, to Si metal and the corresponding oxidation of Fe metal to FeO at high P-T, increasing fO,
relative to the IW buffer (e.g., Javoy, 1995; Rubie et al., 2011). Furthermore, Wade and Wood (2005)
and other studies have argued that the mantle’s composition can only be reproduced in multi-stage
models if fO, increased over time.

It is now common practice to impose a changing fO, history during Earth’s growth, usually from reduced
to oxidized but sometimes from oxidized to reduced. For example, previous studies report successful
models with initial fO, ranging from ~IW-4 (Wade and Wood, 2005; Siebert et al., 2012) to ~IW-1
(Siebert et al., 2013; Badro et al., 2015), evolving up or down to its present-day value, indicating that
many fO, paths may match the Earth’s mantle composition (Wood et al., 2006). This approach can be
problematic, however, because it does not necessarily ensure consistency with metal-silicate partitioning
effects or guarantee conservation of oxygen atoms.

Alternatively, the pioneering work of Rubie et al. (2011) developed a method for “self-consistent” oxygen
fugacity evolution, in which the redox conditions of core formation are recalculated with each impact
based on metal-silicate partitioning and mass balance considerations instead of arbitrarily imposed. This
self-consistent fO, evolution method (Rubie et al., 2011) has been adopted in several subsequent studies
(e.g., Rubie et al., 2015a; Fischer et al., 2015, 2017; Chidester et al., 2022; Shi et al., 2022; Gu et al.,
2023, 2024). This approach is indeed more self-consistent and avoids violations of the mass balance of
oxygen, and only requires one (or variable) initial oxidation state(s) of accreted material to be specified,
but is more computationally expensive and difficult to implement relative to an imposed redox evolution.
Self-consistent redox calculations typically result in an evolution from reduced to oxidized, with Fischer
et al. (2015) showing that it is impossible to achieve a substantial decrease in fO, over time using this
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approach. In general, more oxidation occurs when Earth’s building blocks are initially more reduced
and/or when metal-silicate partitioning occurs at more extreme P-T (Fig. 16). This method can match
the Earth’s modern bulk fO, if most of Earth’s building blocks were initially reduced (approximately
IW-4 to IW-2.5), with outer Solar System materials often assumed to be more oxidized.

5.3.5 Extent of metal equilibration

The fraction of incoming metal that equilibrates with each impact (k,,,.) is typically modeled as being
constant throughout the Earth’s accretion. This is probably unrealistic, with variations likely due to
differences in impactor size and impact geometry (Section 5.1.3). However, this approximation helps to
reduce the number of parameters in core formation models, and may provide an effective average of the
k.ore Values that Earth experienced.

A few studies (e.g., Rubie et al., 2011; Suer et al., 2017; Mahan et al., 2018b; Gu et al., 2023, 2024)
have implemented more realistic treatments of k,,,., using different values for embryo versus planetesimal
impacts or using parameterizations of k.. derived from fluid dynamics experiments. On the other hand,
many studies have not considered any partial equilibration of the metal, implicitly assuming k... = 1
(e.g., Wade and Wood, 2005; Fischer et al., 2015; Badro et al., 2015). Rubie et al. (2015a) and Fischer
et al. (2017) tested different values of k.. to see which could most successfully reproduce the mantle’s
elemental composition, finding ranges of 0.7-1 and 0.2-1, respectively (e.g., Fig. 16).

Tighter constraints may be placed by requiring the models to reproduce the mantle’s Hf-W ratio and
isotopic composition (Eqs. 25-26), with Rudge et al. (2010) finding k... = 0.36 and Nimmo et al.
(2010) finding k... = 0.3-0.8, for example. There are tradeoffs between the effects of k... and core
formation timing on the Earth’s mantle €;gov; Fischer and Nimmo (2018) concluded that any k.. > 0.2
can match the mantle’s €50y for some formation timescale, but an independent constraint on timing
can result in tighter constraints on k... For example, requiring the Earth’s last giant impact to occur
at >65 Ma (Jacobson et al., 2014) would lead to an upper bound of k. < 0.55 (Fischer and Nimmo,
2018), whereas the more rapid accretion rates in the Grand Tack scenario would require k.. > 0.6
(Zube et al., 2019).

5.3.6 Extent of silicate equilibration

The extent of silicate equilibration in each impact may be expressed as the fraction of the Earth’s
mantle that equilibrates (typically with a constant value in the range 0 < k,,qnue < 1) or as the mass
of equilibrating silicates (mg;, often expressed in terms of the impactor’s mass so that larger impacts
result in more silicate melting/equilibration). As with k., many studies have not considered partial
equilibration of the mantle, equivalent to assuming £,z = 1 (e.g., Wade and Wood, 2005; Nimmo
et al., 2010; Rubie et al., 2011; Siebert et al., 2012, 2013). The ability of core formation models to
reproduce the mantle’s elemental composition is less sensitive to the amount of equilibrating silicate than
to other model parameters, so that any degree of silicate equilibration is plausible whether expressed
as mg; (Fischer et al., 2017) or as a fixed fraction of each impact-generated magma ocean (Gu et al.,
2023), though Fischer and Nimmo (2018) found that some constraints may be placed on my; using
the Hf-W system. A few studies (e.g., Rubie et al., 2015a; Suer et al., 2017; Mahan et al., 2018b)
have implemented parameterizations for the extent of silicate equilibration based on fluid dynamics
experiments (e.g., Deguen et al., 2011, 2014; Section 5.1). This approach may not affect the model’s
ability to match the Earth’s composition, which can be adequately matched using a constant k,,,,,,4. OF
mg;;, but it can be useful in reducing the number of model parameters.
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5.3.7 Bulk volatile abundances

The bulk compositions of Earth’s building blocks are also an important model parameter, especially when
considering volatile elements. Some studies have assumed constant volatile contents for C (Fischer et al.,
2020), S (Suer et al., 2017), or H (Tagawa et al., 2021) throughout accretion, for example. For these
elements, this strategy should provide an upper bound on their core abundances (e.g., Fig. 16), because
more volatile-rich material from the outer Solar System tends to be accreted preferentially later in N-
body simulations (e.g., Raymond et al., 2006; O’Brien et al., 2014), when the higher P-T of Earth’s
interior causes these elements to become less siderophile. In the extreme case of these elements only
being added to the Earth during late accretion, after core formation ceased, they would not be present
in the core at all.

Other studies have used multiple initial compositions, with more volatile-rich material originating in
the outer Solar System (if using N-body simulations) or being added only near the end of accretion (if
using an artificial mass evolution), usually with higher volatile contents coinciding with higher initial
redox states of accreted materials. This type of variable volatile accretion is important in making
core formation models more realistic, but it results in more model parameters that cannot be uniquely
resolved.

The variable(s) defining volatile delivery in core formation models (initial volatile contents and one or
more times when, or semimajor axes where, the volatile content changes) may be constrained by only
adopting values that can reproduce the BSE’s modern-day abundances of these elements. For example,
Rubie et al. (2015a) found that the BSE’s water content can be matched if accreted material from
outside 6-7 AU contained 20 wt% water ice, though there are significant uncertainties in the BSE’s
inventories of H and other volatiles (e.g., Marty, 2012). Rubie et al. (2016) and Jennings et al. (2021)
used similar models for S and C, while Blanchard et al. (2022) used four different initial C contents,
for differentiated and undifferentiated bodies inside and outside of 4.5 AU. Many studies based on a
continuous growth curve looking at volatiles such as S (Suer et al., 2017; Huang et al., 2021), H (Clesi
et al., 2018; Tagawa et al., 2021), and Zn (Mahan et al., 2018b) find the best match to the Earth if
more volatile-rich materials are added towards the end of accretion, consistent with the later accretion
of more oxidized, volatile-rich material from the outer disk.

5.3.8 Timing of core formation

The timing of Earth’s core formation can be investigated by coupling these models with an isotopic
system like HF-W (Eqs. 25-26). A more detailed discussion of this approach and its implications may
be found in Kleine and Nimmo (this volume). In brief, a single-stage core formation model with full
metal-silicate equilibration provides the earliest time at which core formation could have ended (Halliday
et al., 1996), which yields a timescale of ~30 Ma (Kleine et al., 2002; Schoenberg et al., 2002; Yin et al.,
2002). However, studies that use exponential growth curves or those from N-body simulations have
reported wide ranges of allowable core formation timescales, due primarily to the additional dependence
of the Hf~W system on the degree of metal-silicate equilibration (e.g., Nimmo and Agnor, 2006; Dahl
and Stevenson, 2010; Rudge et al., 2010). For example, Fischer and Nimmo (2018) found that Earth’s
€150w can be matched for Moon-forming impact timescales spanning at least ~10-175 Ma, depending
on other model parameters.

More extensive metal-silicate equilibration (higher k.., the fraction of impactor core that equilibrates,
and higher k,,,,,,. or m;, the fraction or mass, respectively, of silicate material that equilibrates) reduces
€130w, SO that lower degrees of equilibration require later core formation timescales to match the Earth’s
€150w- If independent constraints can be placed on either the extent of metal-silicate equilibration or
the timing of core formation, this tradeoff can be exploited to constrain other model parameters. For
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example, if k... = 0.55 and m,; > 4x the impactor’s silicate mass, then Earth’s core formation most
likely ended at >50 Ma (Fischer and Nimmo, 2018).

Of course, there are other approaches to constraining the timing of Earth’s formation in addition to
Hf-W core formation modeling, such as dating terrestrial and lunar geological materials with various
isotopic systems (e.g., Touboul et al., 2007; Valley et al., 2014; Borg et al., 2015) or modeling accretion
dynamics with N-body simulations (e.g., O’Brien et al., 2006; Morishima et al., 2010; Chambers, 2013).
A more complete picture of Earth’s formation timeline may be obtained through the synthesis of these
various approaches (e.g., Halliday, 2000; Lammer et al., 2021).

5.3.9 Limits on insights into core formation conditions

While core formation modeling can put some constraints on these parameters (P, ., AT, gui1-1iq, SPatially-
or temporally-varying fOs, keore, Kmantie O Mg, bulk volatile contents, core formation timescale), it is
difficult to obtain a unique solution due to strong tradeoffs between most parameters (Fischer et al.,
2017; Fischer and Nimmo, 2018). Fig. 16 shows the evolving core formation conditions and core and
mantle compositions for three Earth analogues, for three example combinations of model parameters.
All three sets of parameters result in a good match to the BSE’s FeO, NiO, CoO, S, and C contents
but imply very different core formation conditions, bulk Earth volatile contents, and core compositions
(Section 5.4) for the Earth, and different redox distributions in the disk.

These tradeoffs can be visualized by plotting the abundances of two elements against each other, such
as Si in the core and NiO in the mantle (Fig. 17). Model parameters that increase or decrease both core
Si and mantle NiO contents together, such as fp and AT, change the depth (or P-T') signature
of core formation based on the P and T dependencies of these elements’ metal-silicate partitioning
behaviors (equation 23). This category also includes k,,,. and mg;, because the extent of metal-silicate
equilibration determines whether the mantle today records more of a signature of core formation on
Earth’s smaller precursor bodies or one of re-equilibration at great depths in the Earth. On the other
hand, changing the initial fO, distribution in the disk changes the redox signature of core formation,
increasing core Si while decreasing mantle NiO (or vice versa). Model parameters that change the depth
signature trade off with each other to some extent, especially fp, k.., and mg;, which have similar
effects on the (core Si)/(mantle NiO) ratio (similar slopes in Fig. 17). For example, increasing fp can be
largely compensated for by simultaneously decreasing k,,,., resulting in very little change to the Earth’s
final composition and making it extremely difficult to uniquely constrain either parameter (Fischer et al.,
2017). Other pairs of elements may exhibit different behaviors, but most lithophile elements in the core
and siderophile elements in the mantle generally follow the trends shown in Fig. 17, with some variation
in slopes.

Even if some constraints can be placed on a model parameter, the interpretation of this value can be
challenging, as each parameter often encapsulates complicated and time-varying processes into a single
number. While each parameter is usually treated as a constant in core formation models, in reality their
values may have varied secularly over time, varied from impact to impact, varied spatially, and/or varied
in other ways. For example, the efficiencies of some volatile delivery and loss mechanisms would have
evolved with time as the Earth’s mass increased (e.g., Tian, 2015), changing the effective abundances
of volatiles added to the Earth. Stochastic variability in impactor mass and impact angle and velocity
would have produced variations in the depth and geometry of melting from impact to impact (e.g.,
Abramov et al., 2012; Nakajima et al., 2021), leading to changes in fp and k.. (Fig. 13). Maas et al.
(2021) argued that the fragmentation and settling of impactors’ metal would have exhibited variations
with latitude on the Earth, leading to spatially-varying k... and k,,qnt1e-

There are many other simplifications made in core formation models. For example, it is typically
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Fig. 17: Effects of varying five core formation model parameters on the Earth’s core Si and mantle NiO
abundances. All results are averages of 73 Earth analogues from the N-body simulations of Fischer
and Ciesla (2014). Grey dashed lines are compositions from a reference set of model parameters that
reproduces the BSE’s composition: fp = 0.55, AT, ,;_1;,;, = 0, step function in initial fO, at 2 AU,
keore = 1, mg; (mass of equilibrating silicate) = impactor’s silicate mass. Black error bars represent the
20 variability in our calculated compositions, due to variations in the provenance of accreted material
in different N-body simulations. Colored curves show the effects of varying one model parameter at a
time with the rest fixed at their reference values, with circles as calculated compositions, lines between
them as guides to the eye, and arrows indicating the direction of increasing the parameter. AT, 1,
is defined relative to the liquidus of Andrault et al. (2011). Initial fO, of Earth’s building blocks is
described by the location of a step from IW-3.5 to IW-1.5 with increasing semimajor axis (note that
as this parameter increases, the average fO, of accreted materials decreases). Going from lower left to
upper right is a signature of deeper (higher P-T') metal-silicate equilibration, while going from upper
left to lower right is a signature of more oxidized conditions. Tradeoffs exist between model parameters,
especially fp, keore, and my;, which produce Earth analogues with similar (core Si)/(mantle NiO) ratios
(similar slopes). After Fischer et al. (2017).

assumed that all incoming metal is efficiently equilibrated and segregated into the core; if any portion
of an emulsified impactor core remained stranded in the mantle, this would particularly affect the
abundances of siderophile elements in the mantle. However, in general, the merits of incorporating more
complex treatments of model parameters or processes are debatable; doing so would undoubtedly make
these models more realistic, but it would likely involve an increase in the number of parameters, and it
is already very difficult to constrain any parameter values while treating them as constants due to the
tradeoffs between them. Constant parameter values may be thought of as effective averages over all of
Earth’s core formation, providing some first-order insight into this process.

5.4 Predictions of core light element abundances

The composition of the BSE (e.g., Table 4) can be reproduced by numerous combinations of core forma-
tion model parameters (Section 5.3.9), with this range of conditions corresponding to a range of possible
core compositions. Fig. 16 shows examples of the final and time-evolving core compositions for three
Earth analogue planets, for different sets of model parameters that all match the BSE’s composition.
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These results can be used to put approximate upper and lower bounds on the abundances of various
light elements in the Earth’s core.

5.4.1 Silicon and oxygen

The left column of Fig. 16 shows an example that maximizes the amount of silicon in the core, with
relatively high values of fp and AT,,,;_;;, and low initial fO,. Silicon is particularly sensitive to these
parameters, due to its partitioning being strongly dependent on T (e.g., Fischer et al., 2015) and its
high valence. Using high values of fp and AT,,,;_;, can lead to very high abundances of FeO, NiO, and
CoO in the BSE, but the BSE’s observed composition can be recovered with a corresponding decrease
in initial fO, (to some extent; if fp and AT,,,;_;, are too high and initial fO, if too low, the BSE’s
NiO/CoO and NiO/FeO ratios cannot be reproduced).

Exploiting this tradeoff as much as possible, we find that a maximum of ~11-12 wt% Si in the core
can be obtained while still matching the BSE’s composition (Fig. 16, left column). On the other hand,
with relatively low fp and AT, and high initial fO,, the core only contains ~1.7-1.9 wt% Si (Fig.
16, right column). These results indicate that there is a wide range of core Si contents that can result
from core formation, but that silicon is always a major core light element in the Earth, present at the
~10°-10" wt% level.

The middle column of Fig. 16 shows an example model run that maximizes the amount of oxygen in
the core. As with silicon, core oxygen contents increase with core formation at higher P-T, though
the partitioning behavior of O is significantly less sensitive to P-T than that of Si is (e.g., Fischer
et al., 2015). Unlike silicon and most other lithophile elements, core O contents increase with increasing
fO4. This opposite trend in behavior makes it difficult to obtain very high core oxygen abundances.
Increasing fp or AT, i1, (or similarly, increasing k... or mg;) or increasing initial fO, all have the
effect of increasing the amount of oxygen in the core, but they also all increase NiO, CoO, and FeO in
the BSE, such that very high values cannot be used for all of these parameters simultaneously.

Given these constraints on core formation conditions from the BSE’s composition, we find a maximum
core oxygen abundance of ~1.4-2.1 wt% (Fig. 16, middle column). Other combinations of model
parameters can result in slightly lower core oxygen contents, down to <1 wt% (e.g., Fig. 16, right
column). Oxygen does not exhibit as wide a range of core abundances as silicon does; it is generally
always an important light element, present at the ~10™'-10° wt% level, but it never reaches high enough
abundances to dominate the core’s light element budget. The final core composition typically contains
more Si than O.

Previous studies have reported a range of core Si and O contents from core formation modeling. Those
that used self-consistent fO, evolution (Section 5.3.4) predict Si and O abundances that are broadly
compatible with these ranges, with more Si than O in the core (e.g., Rubie et al., 2011, 2015a; Fischer
et al., 2015, 2017; Chidester et al., 2022; Gu et al., 2023). Multi-stage models with a prescribed fO,
evolution yield similar trends in core Si and O contents, if they use either a constant fO, equal to its
modern value or redox conditions that evolve from reduced to oxidized as the Earth grows (e.g., Ricolleau
et al.,, 2011). On the other hand, multi-stage models that impose an fO, evolution from oxidized to
reduced typically predict more O than Si in the core, with abundances in the ranges ~2.7-5 wt% and
~1.5-3.6 wt%, respectively (e.g., Siebert et al., 2013; Badro et al., 2015).

5.4.2 Sulfur and carbon

For volatile elements like S and C, results of core formation models are extremely sensitive to the
assumed initial composition(s) of Earth’s building blocks. Often, those compositions are chosen so that
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the model reproduces the BSE’s volatile contents. Core formation conditions that make these elements
more siderophile result in lower BSE abundances, requiring higher bulk Earth volatile contents to match
the BSE and maximizing their abundances in the core. In these calculations, we assume constant bulk
C and S abundances for the Earth’s building blocks and neglect any contribution from late accretion,
which should also yield an upper bound on their core abundances (Section 5.3.7).

An example of this approach is shown in the right column of Fig. 16. Model parameters were chosen
to approximately maximize the siderophility of sulfur based on its metal-silicate partitioning behavior
(Suer et al., 2017), resulting in an upper bound on core sulfur of ~3.3 wt%. Interestingly, this core S
abundance is in excellent agreement with that estimated from geo-/cosmochemical constraints based on
volatile depletion trends in NC meteorites (Section 3.4; Table ). Parameters that lead to the highest core
sulfur contents correspond to some of the lowest core Si and O contents. Conversely, model parameters
that maximize core Si and O contents lead to the lowest levels of sulfur in the core. In these calculations,
we found a lower bound of ~0.5 wt% S in the core, though this number could be significantly lower
if sulfur was preferentially accreted later in Earth’s growth history and/or if late accretion contributed
notably to the BSE’s sulfur budget (Morgan, 1986; McDonough and Sun, 1995). Most literature studies
on S partitioning also report core sulfur contents in this range (e.g., Boujibar et al., 2014; Suer et al.,
2017; Mahan et al., 2018a; cf. Chidester et al., 2022). Overall, this suggests that Earth’s core sulfur
content is on the order of ~107'-10° wt%, similar to or slightly lower than Si and O abundances, though
lower levels of S may also be possible.

Core carbon contents are relatively high under core formation conditions that also lead to the highest
core oxygen abundances (Fig. 16, middle column). Changes to model parameters can produce only
slightly higher core C, with a maximum of ~0.15 wt% in this example, similar to our estimate of 0.2
wt% from geo-/cosmochemical constraints (Table 4). Core carbon contents are lowest for conditions that
maximize core S (Fig. 16, right column). Here we find a lower bound of ~0.016-0.017 wt% C, though
as with sulfur, this number is likely to be significantly lower when considering more realistic volatile
delivery histories. These calculations use the metal-silicate partitioning parameterization for carbon
from Fischer et al. (2020) (equation 24). Blanchard et al. (2022) reported more siderophile behavior for
C, so using their parameterization instead with the same model should result in higher levels of core C;
they report ~0.13 wt% carbon in the core using a different modeling approach. Using first-principles
calculations of carbon metal-silicate partitioning, Zhang and Yin (2012) concluded that the core could
contain ~0.1-0.7 wt% C. Therefore, carbon is most likely present in the Earth’s core at the ~107 210"
wt% level, significantly lower than core Si, O, and S abundances, but higher or lower levels of core C
may be plausible too.

Though S and especially C are probably not the single most abundant light element in the Earth’s core,
the core still represents the largest reservoir of these elements in the planet due to their siderophile
partitioning behaviors. The ranges of core S and C reported here imply that the core contains ~92-99%
and ~40-86%, respectively, of the Earth’s budgets of these elements, consistent with our independent
estimate of S in the core based on geo-/cosmochemistry (Section 3.6; Table 7). Understanding their core
abundances is therefore critical to constraining the bulk Earth abundances of these elements, with impli-
cations for the nature of Earth’s building blocks, habitability, and volatile delivery /loss processes.

5.4.3 Hydrogen

H was not included in the calculations shown in Fig. 16, but several previous studies have put constraints
on its core abundance based on metal-silicate partitioning experiments and core formation calculations.
In general, hydrogen is less well-studied than Si, O, S, and C, in large part due to experimental and
analytical limitations on determining its partitioning behavior at extreme P-T, and more work is needed
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to understand its behavior during Earth’s core formation. For example, only one experimental study
has been published on the metal-silicate partitioning of H above ~20 GPa (Tagawa et al., 2021).

High P-T experimental studies on hydrogen partitioning generally fall into two groups: those that
report strongly siderophile behavior and high core abundances of ~3000-6000 ppm H (e.g., Okuchi,
1997; Tagawa et al., 2021), and those that report less siderophile or even lithophile behavior, with
correspondingly lower core hydrogen abundances. For example, Clesi et al. (2018) predicted ~60 ppm H
in the core, and Malavergne et al. (2019) reported a wider possible range of ~5-3000 ppm H. Several ab
initio studies have also investigated the metal-silicate partitioning of hydrogen, with a similar extent of
disagreement over its siderophility (Zhang and Yin, 2012; Li et al., 2020b; Yuan and Steinle-Neumann,
2020). The higher core H estimates on the order of ~10"" wt% would imply that hydrogen may be
an important contributor to the core’s density deficit, whereas the lower estimates of ~10"*-107% wt%
would mean that it does not play a major role.

There are a number of factors that may contribute to these discrepancies between experimental studies
on hydrogen partitioning. It is very difficult to achieve high P-T conditions in H-bearing experiments,
and to quantitatively determine the H abundances of the metallic and silicate melts after equilibration,
due to the high diffusivity and volatility of hydrogen. Gaillard et al. (2022) proposed that different
results for H partitioning could be partly due to differences in speciation in the silicate melt at different
conditions, while Tagawa et al. (2021) suggested that the carbon content of the metal may play a role.
Many experimental studies on the behavior of hydrogen are H-saturated, such that the hydrogen contents
reported are actually solubilities, which may differ substantially from those resulting from partitioning
under H-undersaturated conditions.

Furthermore, there is the possibility of extensive H loss from metallic iron following decompression
and/or conversion to the bce structure. Numerous studies have reported high solubilities of hydrogen
in metallic iron at high P-T in the fcc, (d)hep, or liquid phase, with little or no solubility at lower P-T
in the bee phase. For example, lizuka-Oku et al. (2017) measured ~0.6-0.7 wt% deuterium in fcc iron
(equivalent to FeD, with = & 0.2) using in situ neutron diffraction at high P-T, with no measurable
deuterium in the metal of the recovered sample at ambient conditions, only vesicles (a common feature
in decompressed FeH, samples). Similarly, Machida et al. (2014) reported synthesizing fcc FeDg ¢, based
on in situ neutron diffraction analyses at high P-T, with no detectable deuterization of Fe at lower T’
where the bce structure is stable. Other studies have reported similar behavior using X-ray diffraction to
determine the volume expansion of the Fe lattice in situ as an indicator of H content, or other approaches
(e.g., Fukai and Suzuki, 1986; Okuchi, 1997; Ohtani et al., 2005; Shibazaki et al., 2009; Terasaki et al.,
2012; Yuan et al., 2018; Kim et al., 2023). For example, Tagawa et al. (2021) reported the synthesis of
hep FeH, g at 60 GPa and 4600 K, as well as fcc FeH, with z = 0.2-0.5 at more moderate P-T. After
subsequent decompression to atmospheric pressure, their sample exhibited the same lattice parameter
as pure Fe, and it did not form FeH when compressed again, suggesting that the hydrogen escaped
(Tagawa et al., 2021). It is well-documented that H has an extremely low solubility in Fe metal at low
P-T, with Vrbek et al. (2015) finding that only a few ppm or less of hydrogen can be dissolved into steel
at atmospheric pressure, for example.

It is possible that the studies reporting less siderophile behavior of H based on ex situ chemical analyses
of run products at ambient conditions (Clesi et al., 2018; Malavergne et al., 2019) suffered from hydrogen
loss from the metal. If so, their results would represent lower bounds on Dy and thus core H contents.
However, even though high pressure phases of Fe can take in significant H, that does not necessarily mean
that a molten iron alloy in equilibrium with a silicate melt under hydrogen-undersaturated conditions
will take in significant H. As an analogy, the solubility of Si in liquid Fe is extremely high at high P-T
(e.g., Edmund et al., 2022), but the Earth’s core cannot contain tens of wt% silicon, despite its high
abundance in the BSE, because Si is too lithophile (e.g., Bouhifd and Jephcoat, 2011; Ricolleau et al.,

60



2011; Tsuno et al., 2013; Fischer et al., 2015). The high observed solubility of H in iron thus provides an
upper bound on the core’s H content. There remains a great need for more metal-silicate partitioning
data on H at very high P-T, with lower (undersaturated) bulk hydrogen contents and better in situ
techniques for measuring H abundances.

Even if the metal-silicate partitioning behavior of hydrogen were perfectly understood, there would
remain large uncertainties in core H content due to uncertainties over different mechanisms for hydrogen
delivery to the Earth and incorporation into the core. As with other volatiles, we do not know exactly
how much hydrogen the bulk Earth contains. If hydrogen was preferentially delivered later in Earth’s
accretion, it may have experienced different conditions of core formation (e.g., higher P-T'); in the
endmember scenario in which all of Earth’s hydrogen was added only after core formation ceased (via
late accretion), it would not have participated in core formation at all. For example, Rubie et al. (2015a)
modeled the behavior of H during Earth’s accretion and core formation, with a more volatile-rich outer
disk. Despite treating H as infinitely siderophile, they found the best match to the BSE for model
parameters that resulted in only ~10-60 ppm H in the core (Rubie et al., 2015a). On the other hand, the
model of Young et al. (2023), in which the Earth is built from bodies with H-rich primary atmospheres,
is consistent with ~0.5 wt% hydrogen in the Earth’s core, making it the dominant contributor to the
core’s density deficit. Furthermore, even if the Earth’s core formed with a low H content, several studies
(e.g., Ohtani, 2021; Kim et al., 2023) have proposed that hydrous phases in subducted slabs could later
transport H to the core due to its high diffusivity.

5.4.4 Other possible light elements

Francis Birch famously described the Earth’s “pure iron” core as an “uncertain mixture of all the elements”

(Birch, 1952). In addition to the most likely core light elements discussed above, there are many other
elements whose abundances in the core are crucial to our understanding of various deep Earth processes,
including Mg and other lithophile elements, and other volatiles like N and noble gases.

A few experimental studies on the metal-silicate partitioning of Mg have suggested that it becomes less
lithophile at higher P-T (Badro et al., 2016; Du et al., 2019). The strong T-dependence of its solubility
in Fe-rich metal has inspired the suggestion that MgO may have exsolved from the Earth’s core during
secular cooling and helped drive the geodynamo (e.g., O’Rourke and Stevenson, 2016). Based on their
findings, Badro et al. (2018) suggest that the core could have contained ~0.5 wt% Mg (or ~0.8 wt%
MgO) when it formed, decreasing to ~0.3 wt% Mg in the present-day due to exsolution, in agreement
with the compositions reported by Chidester et al. (2022). Other lithophile elements such as Al and
Ca are likely present in the core in non-zero abundances too, but at lower abundances than Mg for
the same core formation conditions (e.g., Chidester et al., 2022). If the core’s magnesium abundance is
on the order of ~107" wt%, Mg would be only a minor contributor to the density deficit, but may be
sufficiently abundant as to be an important energy source for the dynamo, especially before inner core
crystallization.

Nitrogen partitioning is very sensitive to fO,, with more siderophile behavior under more oxidized
conditions. This behavior, similar to that of oxygen, is generally the opposite trend as seen with
cations, consistent with N dissolving in the silicate melt as N*~ (Libourel et al., 2003). Combined
with the dependencies of nitrogen partitioning on other variables, previous studies have found that N
becomes more siderophile toward the later stages of Earth’s growth (e.g., Dalou et al., 2017; Grewal
et al., 2019a; Jackson et al., 2021). An ab initio study of N partitioning (Zhang and Yin, 2012) reported
that the Earth’s core should contain on the order of ~1s-10s ppm (~10"*-107 wt%) nitrogen, with
most experimental studies (e.g., Grewal et al., 2019a; Speelmanns et al., 2019; Shi et al., 2022) reporting
slightly higher core N abundances of ~10s-100s ppm (rvl()_?’fl()_2 wt%), or possibly even higher (Grewal
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et al., 2019a). These values are broadly consistent with independent geochemical estimates (e.g., 75
ppm; Table 4). As with carbon (Section 5.4.2), it is unlikely that nitrogen is sufficiently abundant in the
Earth’s core to affect its density or other physical properties, but the core is likely the largest reservoir
of N in the planet.

The metal-silicate partitioning behaviors of helium and other noble gases have been investigated using
both experimental and computational approaches (e.g., Matsuda et al., 1993; Zhang and Yin, 2012;
Bouhifd et al., 2013, 2020; Yuan and Steinle-Neumann, 2021), though experimental data are lacking at
Earth’s core formation conditions. There is some disagreement over their partition coefficients at high
P-T, which may be due to the unique experimental challenges posed by such highly volatile elements; for
example, they might be degassed from samples during depressurization, making it difficult to accurately
determine their partition coefficients. Given their lithophile behaviors and low abundances in the BSE,
noble gases are unlikely to contribute significantly to the density or other physical properties of Earth’s
core, but they may be present in suffuciently high abundances as to influence the isotopic compositions
of ocean island basalts originating near the core—mantle boundary (e.g., Herzberg et al., 2013). Other
elements, such as phosphorus (e.g., Righter et al., 2010; Siebert et al., 2011; Tkuta et al., 2024), have
also been investigated, but are similarly unlikely to be dominant light elements in Earth’s core.

5.4.5 Summary and outlook

Here we have focused on assessing the possible ranges of light element abundances in the Earth’s core
as a result of core formation, as a way to constrain the core’s composition. However, many other groups
of elements are likely present in the core in sufficiently high abundances as to be important to other
processes. For example, the metal-silicate partitioning behaviors of Th, U, and K have been widely
studied to constrain their roles in the core’s thermal budget (e.g., Gessmann and Wood, 2002; Corgne
et al., 2007; Malavergne et al., 2007; Blanchard et al., 2017; Faure et al., 2020; Chidester et al., 2022),
and knowledge of the core abundances of moderately and highly volatile elements can help elucidate the
Earth’s volatile depletion trend and its origins (e.g., Mahan et al., 2018a,b; Siebert et al., 2018; Vogel
et al., 2018; Bouhifd et al., 2020).

Table 12 summarizes our constraints on the core’s light element composition based on high P-T metal-
silicate partitioning experiments and numerical modeling of core formation. Si, O, and S are all likely
present at wt% levels in Earth’s core, with more silicon than oxygen. The next most-abundant light
elements (Table 12) are likely C and H, with smaller amounts of other elements. We cannot establish
minimum core abundances for volatile elements that may have partly been delivered to the Earth
during late accretion; in the limit that the entire BSE inventories of these elements came from late
accretion, they would not be present in the core at all. Furthermore, not all combinations of light
element abundances shown in Table 12 are plausible; for example, the model parameters that maximize
the core’s S content result in the lowest Si and O contents (Fig. 16).

Some candidate core light elements will likely benefit from more metal-silicate partitioning experiments.
For example, the two published studies on carbon partitioning in an LH-DAC disagree somewhat (Fischer
et al., 2020; Blanchard et al., 2022), the only study on H partitioning at these P-T (Tagawa et al., 2021)
should be verified, and the partitioning of nitrogen should be studied to higher P-T (Jackson et al.,
2021). But for most light elements, the dominant uncertainties in their core abundances come from either
uncertainties in the mechanisms of core formation (Section 5.3) and/or uncertainties in the timing and
mechanisms of volatile delivery and loss (Section 5.3.7). Insights into the mechanisms of core formation
from different types of studies (Section 5.1) may be incorporated into these core formation models (e.g.,
Rubie et al., 2015a; Gu et al., 2023) to make them more realistic without introducing a large number
of model parameters. Volatile depletions can be better understood through the study of late accretion,
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Table 12: Constraints on light element abundances in the Earth’s core from metal-silicate
partitioning experiments and core formation modeling

Element Range expected in core’ References

Si ~1.7-12 wt% Fischer et al. (2015); this study

O ~0.8-2.1 wt% Fischer et al. (2015); this study

S ~0-3.3 wt%> Suer et al. (2017); this study

C ~0-0.15 wt%> Fischer et al. (2020); this study

H ~0-0.6 wt%>* e.g., Rubie et al. (2015a); Clesi et al. (2018);

Malavergne et al. (2019); Tagawa et al. (2021)

! Not all combinations of light elements within these ranges are possible. For example, higher
pressures of equilibration and more reducing conditions increase core Si but decrease O and S.

> Minimum values cannot be established for volatile elements due to uncertainties in the contribu-
tions from late accretion.

? It may be possible for core H to increase later in Earth history via reactions with subducted slabs
at the CMB (e.g., Ohtani, 2021).

the volatile contents of Earth’s building blocks, and loss due to impacts, magma ocean outgassing and
crystallization, hydrodynamic escape, etc.

5.5 Constraints on core composition from metal-silicate stable isotope frac-
tionation

The isotopic composition of the bulk silicate Earth is often used to understand the nature of the Earth’s
building blocks and how this accreted material may have changed over time (e.g., Fitoussi and Bourdon,
2012; Dauphas, 2017; Dauphas et al., 2024). In particular, some studies have found that the BSE has
ratios of **S/%*S and *"Si/*®Si that are different from those of chondritic meteorites (Georg et al., 2007;
Fitoussi et al., 2009; Labidi et al., 2013). If the bulk Earth has a chondritic isotopic composition for
these elements, their non-chondritic ratios in the BSE may be due to metal-silicate isotopic fractionation
during core formation. A detailed understanding of the isotopic compositions of the BSE and chondrites,
combined with experimental or theoretical results on metal-silicate isotopic fractionation, can then be
used to constrain the abundances of these elements in the Earth’s core. At present, this approach bears
considerable uncertainty, due in part to the lack of experimental data at appropriately high P-T.

Labidi et al. (2016) performed experiments on S isotopic fractionation during core formation, finding
that it is a “viable hypothesis” to explain the BSE’s S isotopes, though the exact magnitude of fraction-
ation (and thus the required S content of the core) remains unknown due to pressure effects. Mahan
et al. (2017) investigated Zn isotopic fractionation to estimate the Zn content of the core. Assuming a
chondritic S/Zn ratio, they found an upper bound of 6.3 + 1.9 wt% S in Earth’s core.

More work has been done on the isotopic fractionation of silicon during core formation than that of
any other candidate core light element. While these studies disagree on the exact magnitude of the
expected fractionation, most conclude that there must be at least a few weight percent of Si in the
core, and possibly an unrealistically high amount (e.g., Shahar et al., 2009, 2011; Armytage et al., 2011;
Zambardi et al., 2013; Hin et al., 2014). While these results are consistent with Si being an important
core light element, more work is needed to understand the variations between studies, pressure effects,
and nature of Earth’s building blocks before this method can provide a tighter constraint on core Si
abundance.

Shahar et al. (2016) showed that the extent of Fe isotopic fractionation during core formation at high
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P-T depends on which light elements are present. They argued that if the bulk Earth has chondritic
Fe isotopes, H and C cannot be the dominant light elements in the core, because their presence at those
levels would have caused a large Fe isotopic fractionation during core formation that is not observed.
However, Liu et al. (2017) found that none of the candidate core light elements have a large enough
effect on iron isotopic fractionation to be resolvable using this approach.

6 Future opportunities in geoneutrino science

Advances in science often accompany developments in technologies. This concept is particularly true for
advances in understanding the physical and chemical state of the Earth’s core at its initial and current
conditions, since the core is the most remote and inaccessible part of the planet. Here we review a
few possibilities for future advances in our understanding of the core based on new technologies using
geoneutrinos.

Neutrino science offers another entirely different realm of technology development. In 2005, particle
physicists first detected the Earth’s emission of geoneutrinos (electron antineutrinos emitted during 5~
decay) (Araki et al., 2005; McDonough, 2005). Over the ensuing two decades of research, great strides
have been made, new detectors have begun counting or are about to begin counting, and tighter con-
straints are being placed on the radiogenic power of the Earth (McDonough and Watanabe, 2023).

Two significant issues remain with respect to the detection of geoneutrinos: (1) the inability to measure
geoneutrinos emitted from the potassium decay chains; and (2) existing detectors are directionless —
that is, they are incapable of identifying the direction from which the dominant signal is derived. Great
research efforts are being invested in both problems. Recently, particle physicists have proposed and
tested a new method for detecting geoneutrinos emitted from the potassium decay chains (Cabrera
et al., 2023). Although further development is needed, this new technology shows considerable promise.
Second, the nuclear reactor industry is the major driving force in making detectors directionally capable.
There is considerable usefulness in being able to point back to a specific reactor location as the source
emitter of specific electron antineutrinos. In geoscience, a directional detector would vastly improve our
spatial insights into the strength of the signal from the crust versus the mantle. Also, such detectors
could examine the likelihood of the core being a host for K, Th, and/or U.

In other neutrino spectrometry studies, particle physicists have been developing technologies to sense
the Earth’s electron density and matter density state of the planet (Donini et al., 2019). Geoneutrino
studies focus on the detection of 1.8-3.3 MeV antineutrinos. Neutrino oscillation studies use 2-8 GeV
neutrinos to sense the electron density state of the Earth’s interior (Rott et al., 2015; Maderer et al.,
2023). Neutrino absorption studies use >10 TeV neutrinos to sense the mass density state of the Earth’s
interior (Van Elewyck et al., 2021). These latter high energy neutrinos are products of high energy
cosmic ray—air collisions in the atmosphere or of interstellar sources of cosmic rays that interact with
matter during their transit through the Universe.

Neutrino oscillation spectroscopy is sensitive to the electron density state of matter: Z/A, where Z is
the atomic number (i.e., number of protons, n,) and A is the atomic mass or total number of nucleons.
Therefore, this technique is most sensitive to the Earth’s hydrogen content (Z/A = 1/1 = 1) at a given
depth and less sensitive to every other element, which have Z/A values of ~0.5. Neutrinos are sensitive
to the effects of Earth’s matter during their planetary transit inside the Earth (i.e., during such transits,
a neutrino repeatedly oscillates from the electron to muon to tau states). This electron sensitivity is
due to a neutrino’s coherent and forward scattering with ambient electrons. Only electrons are relevant
for oscillation tomography, given their presence inside the Earth.

The number of electrons (n,) inside the Earth (or any other given matter) is its electron fraction:
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Ey = W =Y (WF, x Z;/A;), where WF; is the weight fraction of element ¢ and n, = n, for
electrically neutral materials. However, because of their compositional differences, the core and mantle
have different electron fractions. For a typical oscillation analysis, assuming the compositional model
given in Table 6, we have (Z/A).... = 0.4611 and (Z/A),ansie = 0.4923. By comparison, the core
model envisaged by Young et al. (2023), with ~0.5 wt% H, has a (Z/A).,re = 0.4708 and (Z/A)antie =
0.4921. These Z/A estimates can be tested with high-precision oscillation data to evaluate the chemical
composition of the Earth, specifically testing models for the hydrogen content of the core (Rott et al.,
2015; Maderer et al., 2023). However, these analyses will take another 50 years or less to come to
fruition, even with the benefit of combining signals from multiple instruments, given future instrument
construction and development and the necessary exposure time (i.e., for flux of 2-8 GeV neutrinos and

zenith angles >147°).

Neutrinos are known to only interact via the weak and gravity forces. However, at high energies (>1
GeV), because the cross section of a neutrino is dominated by deep inelastic scattering, neutrino—nucleon
interactions become possible. It has been demonstrated that neutrino interaction cross sections correlate
with their increasing energy (measured up to 980 TeV neutrinos) and are scattered (i.e., absorbed) due
to the presence of matter (Andeen et al., 2017; Reno, 2023). Therefore, sensing the mass density state
of the Earth requires neutrinos with energies >10 TeV. At these energies we have neutrino absorption
spectroscopy, which measures the attenuated flux of high-energy neutrinos taking long paths through
the Earth (i.e., zenith angles >147°) versus others following shorter paths.

Currently, there are only long term (~50 year time frame or less) prospects from neutrino absorption
spectroscopy for insights into the properties of the core, which include: core mass, planet mass, depth
to the core-mantle boundary, and perhaps more. Current estimates place the core’s mass at (1.93 +
0.04) x 10** kg, based on Earth’s mass and moment of inertia. Early results from about a decade of
IceCube data show promise, as this independent estimate already offers about +15% uncertainty on the
mass of the core (Upadhyay et al., 2023).

These and other results from such neutrino studies are essentially free and on the horizon, as physicists
will continue to extract all of the physics results possible from these massive experiments. Moreover,
because of the phenomenal science that has come from this field in recent years and how it has created a
new field of science, particle astrophysics, many new and bigger instruments are being built, developed,
and planned, offering many fruitful opportunities for collaborations between the Earth science and
neutrino communities.

It has been suggested that the Earth’s Fe-Ni-rich inner core could be a superionic hydride, possibly
also containing silicon, oxygen, and/or carbon (He et al., 2022; Wang et al., 2021b; Sun et al., 2023).
A superionic alloy simultaneously possess the properties of a liquid and a solid, with the non-hydrogen
components defining an organized crystalline structure while hydrogen is free-floating within this lattice
(Cavazzoni et al., 1999). Hydrogen is the driving element for the superionic behavior, as it is the fastest
diffusing element, an attribute needed for reaching this superionic state. Moreover, its mobility in a high
P-T iron hydride allows hydrogen to be in a superionic state, where it can be a superionic conductor
that is as conductive as is typical of metals. The existence of phases in a superionic state in the inner
core would be consistent with its low shear velocity and density compared to an Fe—Ni alloy. If the inner
core is comprised of a superionic compound (He et al., 2022; Wang et al., 2021b; Sun et al., 2023), that
would indicate that the bulk core has a high hydrogen content. Thus, future evaluation of a superionic
inner core awaits critical tomography measurements of the planet’s neutrino oscillation spectra.
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7 Conclusions

The Earth’s large metallic core is an Fe—-Ni-light element alloy. It is crucial to understand the identities
and abundances of the core’s light elements (e.g., Si, O, S, C, H), because doing so would dramatically
improve our understanding of dynamo generation, accretion and core formation, volatile delivery /loss,
the core’s thermal structure (and thus heat flux into the mantle), the Earth’s bulk composition, and
many other important properties and processes in the deep Earth. Here we have summarized results
from several different approaches for constraining core composition. While a huge amount of progress
has been made in recent decades, significant uncertainties and inconsistencies remain.

A geochemical approach to constraining the core’s composition (Section 3) involves comparing the
compositions of the BSE and the bulk Earth, which is based on a refractory element enriched chondritic
composition, with the difference between them indicating the composition of the core. This approach
is particularly useful for sulfur, because it provides a unique way to estimate the amounts of volatile
elements like S in the bulk Earth. Since S is also siderophile, constraining its abundance in the core
depends strongly on having a reliable estimate of the bulk Earth’s composition, including for volatiles.
Using the volatile depletion trends of NC meteorites (Fig. 5), the core can contain ~3.3 wt% S.

Mineral physics experiments and calculations can also help constrain the core’s composition. Comparing
the seismologically-determined density structure of the core with the densities of iron and Fe-light
element alloys (Section 4.1) provides constraints on how much of each light element is needed to match
the core density deficit. For example, this approach yields maximum outer core abundances (the amount
of each light element needed to match the core density if it is the sole light element) of ~7.9-8.8 wt%
Si, ~6.6-7.2 wt% O, ~9.9-15.8 wt% S, ~6.1-8.8 wt% C, or ~0.4-2.2 wt% H (Table 10). A similar
calculation could be performed based on seismic velocities (Section 4.2); however, there are not many
experimental sound velocity measurements at core pressures or temperatures, with most data from 300
K, so any comparison to the core requires large extrapolations and assumptions about thermal effects.
These mineral physics approaches are limited by uncertainties in the properties of the core, pure Fe, and
iron alloys. There are only limited experimental data on the properties of liquids at outer core conditions
or on solids at the extreme P-T of the inner core, and there are significant uncertainties in experimental
measurements of P and T'. Future studies could benefit from continuing to push these measurements to
higher P-T, improving techniques to study liquids, and investigating ternary or higher-order alloys.

A third mineral physics approach is based on liquidus phase relations (Section 4.3): the core’s composi-
tion must crystallize a denser (Fe-rich) liquidus phase, and it must produce a compositional difference
between the solid and liquid that is consistent with the core’s ICB density contrast. Considering binary
and ternary systems, some oxygen may be required in order to crystallize an Fe-rich inner core. To ex-
plain the ICB density contrast, it appears that some O and/or C is necessary, but they likely partition
too strongly into the liquid, such that other light elements (Si, S, and/or H) are also required. Future
advances may come from more data at higher P-T and from more data in general, especially for multi-
component systems. Robust density and/or velocity data for multicomponent solid and liquid alloys are
required to compare compositional measurements to seismological observables. Mineral physics data on
other core properties can also provide compositional constraints (Section 4.4); for example, the inner
core’s high Poisson’s ratio may require the presence of C, H, and/or Si.

Alternatively, insights into core composition can come from considering how much of each light element
should have gone into the core during its formation, by combining models of core formation with metal—
silicate partitioning data (Section 5). Core formation is a complex process; while considerable advances
have been made in understanding this process, it is inherently greatly simplified in models. Considering
a wide range of parameter space with self-consistent fO, evolution, the core may contain ~2-12 wt%
Si, ~0.8-2.1 wt% O, ~0-3.3 wt% S, and ~0-0.15 wt% C (Table 12; note that not all combinations
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within these ranges are possible). Future studies will benefit from an improved understanding of Earth’s
accretion, core formation, volatile delivery/loss, and bulk volatile contents, as well as more metal-
silicate partitioning data at higher P-T and improved analytical techniques to better understand these
experiments (especially for C and H).

We emphasize that the various approaches used here to constrain the core’s light element composition are
completely independent of each other and are based on different types of data. The maximum amount
of each light element in the core reported in Table 10 is based solely on density. This provides an upper
bound for each light element, and a rough guide to how much total light element the core should contain,
but otherwise does not indicate whether the core contains more C or Si, for example. On the other hand,
the allowed range of each light element in the core reported in Table 12 is based solely on metal-silicate
partitioning and core formation modeling, and not all combinations of light element abundances within
these ranges are possible. This approach provides some insight into which light elements should be
more abundant than others (e.g., more Si than C), but does not take into consideration any geophysical
properties of the core. The actual composition of the core must be consistent with all of these constraints
simultaneously. We hope that as our understanding of the geochemistry, mineral physics, and formation
of the core continue to improve, future studies will be able to further narrow the range of possible core
compositions consistent with all available constraints until a unique solution can be obtained.

Geoneutrinos offer an exciting prospect for new constraints on core composition in the future, especially
for hydrogen (Section 6). Recent and upcoming studies on the cores of other planetary bodies may
also offer insights into cores in general. For example, returning to decades-old Apollo seismic data,
complemented with more recent satellite data, has provided better constraints on the depth and nature
of the lunar core (Weber et al., 2011). A multi-year deployment of a Martian seismometer has yielded
significant insights into the depth, density, and nature of the core of Mars (Irving et al., 2023; Khan
et al., 2023; Samuel et al., 2023). NASA’s Messenger mission to Mercury has provided evidence for a
liquid iron-rich core and the possible presence of a solid inner core (Smith et al., 2012). The next two
decades promises to be equally exciting for the studies of Earth and planetary cores.

While the composition of Earth’s core remains uncertain, many recent advances have allowed for narrow-
ing down the range of possible compositions and considering more realistic, multicomponent core alloys.
Combining multiple independent constraints, such as those based on geochemistry/cosmochemistry,
various mineral physics approaches, and core formation, may provide unique insights into Earth’s core
composition. Such a multi-pronged approach may ultimately be necessary to narrow down the range of
possible compositions for this enigmatic yet critically important central region of our planet.
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